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书书书

内　容　简　介

　　本文集收录了２０１３年度中国气象局气候研究开放实验室在

国内外核心期刊发表的学术论文５９篇。内容涉及气候诊断、气

候预测理论及方法、气候模式模拟、气候变化检测及影响评估等

研究领域。
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陈丽娟，袁媛，杨明珠，等．海温异常对东亚夏季风影响机理的研究进展．应用气象学报，２０１３，２４（５）：５２１５３２．

海温异常对东亚夏季风影响机理的研究进展

陈丽娟　袁　媛　杨明珠　左金清　李维京
（国家气候中心 中国气象局气候研究开放实验室，北京１０００８１）

摘　　要

从短期气候预测关注的外强迫信号角度出发，回顾了国内外在海温异常对东亚夏季风和我国汛期降水影响机

理方面的主要研究进展，重点评述了热带太平洋ＥＮＳＯ循环、热带印度洋全区一致型海温模态、热带印度洋海温异

常偶极子、南印度洋偶极子和北大西洋海温三极子模态的年际变化及其对东亚夏季风年际变率的影响。从研究成

果在短期气候预测业务中应用的角度，重点关注海温异常和东亚夏季风年际变率以及我国汛期降水多雨带位置的

关系，总结了海温异常作为外强迫信号对我国汛期降水预测的指示意义以及汛期降水预测的难度。最后指出气候

预测业务对东亚夏季风影响的机理研究和动力气候模式发展方面的需求。

关键词：外强迫信号；海温异常；东亚夏季风；汛期降水

引　言

短期气候预测主要指月、季、年时间尺度的气候

预测，与人类的生产生活关系密切。该时间尺度的

预测既是初值问题，也是边值问题。随着预测时间

尺度的延长，更多地表现为边值问题［１］。在我国短

期气候预测的边值问题中，主要考虑的外强迫信号

包括多海区的海温异常［２８］、土壤湿度异常［９１１］、积

雪覆盖异常［１２１４］、极冰异常［１５１７］、植被异常［１８１９］等

信息。利用这些外强迫信号的气候预测业务或试验

性业务在国外从１９世纪后期就存在了，我国于２０

世纪５０年代正式发布气候展望
［２０］。在这些外强迫

信号中，对东亚夏季风预测而言，海温异常是最强、

最重要的因子，而土壤湿度、积雪覆盖、极冰、植被等

信息受资料来源、异常持续时间长短、因子季节性变

化等特征的限制，对东亚夏季风影响的不确定性更

大，在我国短期气候预测业务中的应用也受到季节

限制。长期的预测业务实践［２１］、海气相互作用方面

的理论研究进展［２２］、气候系统模式的发展［２３］均证实

海洋异常在全球气候异常和海气相互作用方面作用

重大。

本文以我国短期气候预测业务和服务中非常关

注的东亚夏季风和我国夏季降水预测为目标，回顾

了国内外全球主要海洋异常模态对东亚夏季风年际

变率的影响机理，重点梳理了热带太平洋ＥＮＳＯ循

环、热带印度洋全区一致型海温模态、热带印度洋海

温异常偶极子、南印度洋偶极子、北大西洋海温三极

子模态对东亚夏季风系统以及我国夏季降水多雨带

分布的影响，从而有利于全面认识海温异常的年际

信号在东亚夏季风和我国夏季降水预测中的应用能

力。

１　热带太平洋ＥＮＳＯ循环对东亚夏季风的

影响

　　作为年际气候变化中的最强信号，ＥＮＳＯ现象

很早就倍受气象学者关注。ＥＮＳＯ不仅是造成全球

气候异常的一个重要原因，也是导致亚洲季风异常

和我国旱涝发生的关键因素。我国位于东亚季风

区，东亚夏季风和冬季风异常直接导致我国气候异

常，ＥＮＳＯ通过大气环流以遥相关的形式影响东亚

季风系统的每个关键成员，并由此间接影响中国的

气候异常［２２２４］。国际上在ＥＮＳＯ冷暖位相对全球

２０１３０４０８收到，２０１３０７１２收到再改稿。

资助项目：国家重点基础研究发展计划（２０１３ＣＢ４３０２０３），国家自然科学基金项目（４１２７５０７３，４１００５０３８），国家科技支撑项目（２００９ＢＡＣ５１Ｂ０５）
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降水和温度分布型的影响方面也开展了大量研

究［２５２７］，但是这些结果基本上未给出ＥＮＳＯ循环对

东亚夏季风和中国区域的影响结果。本章着重回顾

ＥＮＳＯ循环对东亚夏季风和我国夏季降水的影响机

理，阐述菲律宾异常反气旋在ＥＮＳＯ循环对东亚夏

季风影响中的桥梁作用，随着对ＥＮＳＯ循环复杂性

的进一步认识，总结了不同分布型厄尔尼诺对东亚

夏季风的影响。

１．１　犈犖犛犗循环对东亚夏季风和我国夏季降水的

影响

大量研究表明，ＥＮＳＯ事件的不同阶段对我国

夏季降水有不同影响［２８］。厄尔尼诺发展期的夏季，

西太平洋副热带高压偏弱、偏南，影响我国的西南气

流偏弱，东亚夏季风偏弱，我国夏季主要季风雨带偏

南，中南半岛和华南大部降水偏少，东南沿海偏多，

夏季中期江淮流域多雨；厄尔尼诺衰减期的夏季，西

太平洋副热带高压偏强、偏北，影响我国的西南气流

偏强，东亚夏季风偏强，从而导致江淮流域降水偏

少、洞庭湖和鄱阳湖流域出现洪涝灾害［４，２８３０］。拉

尼娜对东亚夏季风和我国夏季雨带的影响与厄尔尼

诺大致相反，但拉尼娜影响没有厄尔尼诺影响显著。

拉尼娜发展阶段的夏季对应着强的东亚夏季风，我

国夏季华北和江南往往多雨；而拉尼娜衰减期的夏

季则对应弱的东亚夏季风，我国夏季江淮多雨，华

北、东北以及长江中游地区少雨［３０３１］。

厄尔尼诺和拉尼娜对东亚夏季风和我国夏季雨

带影响还可能与西太平洋暖池北部海温异常有关。

Ｈｕａｎｇ等
［３２３４］研究指出，东亚夏季风的季节内变化

受菲律宾附近对流活动影响。当菲律宾附近海域海

温偏暖导致对流活动增强时，西北太平洋副热带高

压在６月中上旬北跳明显，我国长江和淮河流域以

及韩国、日本夏季降水偏弱；相反，当暖池附近海温

偏冷、对流活动偏弱时，西太平洋副热带高压北跳不

明显，长江流域和淮河流域以及韩国、日本等地的夏

季降水偏强。曹杰等［３５］从非线性动力学理论角度

出发，研究了菲律宾附近对流活动强弱对西太平洋

副热带高压影响的物理机制。

西太平洋暖池的热状态不仅强烈影响西太平洋

副热带高压的季节内变化，还影响南海夏季风爆发

的早晚［３６］。当西太平洋暖池海水变暖时，则对流活

动从中印半岛向菲律宾以东加强，且西太平洋副热

带高压可能向北异常移动，在这种情况下，南海夏季

风可能提前爆发；相反，当暖池处于冷状态时，则菲

律宾的对流活动减弱，西太平洋副热带高压可能偏

南、偏西，南海夏季风可能爆发偏晚。其主要原因可

能是暖池热状态明显地影响着 Ｗａｌｋｅｒ环流与Ｈａｄ

ｌｅｙ环流
［３７］。

１．２　犈犖犛犗循环影响东亚气候异常的物理机制

研究表明，正是由于热带太平洋海温异常所产

生的对流活动异常分布，使ＥＮＳＯ事件对热带西太

平洋和东亚上空的季风环流有显著影响［３８］。在厄

尔尼诺成熟期，赤道中太平洋和以东地区对流活动

加强，而在热带西太平洋海洋性大陆区对流活动偏

弱，从而使赤道太平洋洋面上的对流活动异常形成

了一个偶极子结构。热带西太平洋海洋性大陆上空

的对流冷却使得热带大气在对流层低层产生Ｒｏｓｓ

ｂｙ波响应，从而在海洋性大陆以北的热带西太平洋

和我国南海地区强迫出反气旋环流的异常。与此异

常反气旋性环流相伴随的水汽输送异常使得东亚沿

岸附近的水汽输送增强，并在我国华南沿岸附近产

生异常辐合，导致了我国华南地区在厄尔尼诺盛期

出现降水正异常［２４，３９４０］。Ｗａｎｇ等
［２２，４１］也指出，在

ＥＮＳＯ的极端位相时出现在海洋性大陆以北的反气

旋异常（称为菲律宾异常反气旋）环流是连接ＥＮＳＯ

暖位相和东亚冬季风的桥梁，这个反气旋异常可以

持续到夏季，对东亚夏季风产生滞后影响。在厄尔

尼诺达到成熟期之后的夏季，东北亚往往出现异常

强的反气旋性环流，并且西太平洋副热带高压异常

偏西，从而加强副热带东亚地区的季风环流，并使长

江流域降水偏多，发生洪涝灾害。

１．３　不同分布型厄尔尼诺及其对气候影响

研究发现，２０世纪８０年代后ＥＮＳＯ不同位相

与次年夏季我国雨带的对应关系似乎较难成

立［４２４３］，例如２００２，２００４，２００６年发生了３次厄尔尼

诺事件，每次事件衰减年的夏季，我国的主要多雨带

并未出现在长江流域而是位于淮河流域至黄淮地

区［４３］，这可能与ＥＮＳＯ事件成熟期分布类型的变化

有关［４４］。事实上，早期研究已经注意到厄尔尼诺事

件的发生过程包括两类：一类主要在太平洋东部（秘

鲁沿岸）增暖再向西扩展，另一类则主要在赤道中太

平洋出现大范围增暖并自西向东扩展［４５４８］。但人们

注意到厄尔尼诺成熟期的海温分布特征在２０世纪

９０年代以后发生了显著变化，最大海温正距平中心

不同于传统的厄尔尼诺事件分布在赤道东太平洋秘

鲁沿岸，而是向西移动到赤道中太平洋日界线附近。

人们将这类事件称为中部型厄尔尼诺（或厄尔尼诺
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Ｍｏｄｏｋｉ），而将传统的厄尔尼诺事件称为东部型厄

尔尼诺［４９５４］。实际观测发现，２０世纪９０年代以后，

中部型厄尔尼诺的发生频率和强度都呈现明显上升

趋势［５４］，期间共发生了８次厄尔尼诺事件，其中５

次为中部型，而另外３次则兼有中部型和东部型的

共同特征，Ｋｕｇ等
［５２］称之为混合型厄尔尼诺［５５］。

中部型厄尔尼诺事件不仅在发展演变机制上与

东部型厄尔尼诺不同，其对全球大气环流［５６］、西北

太平洋台风和大西洋飓风活动［５７５８］以及北美、澳大

利亚和东亚的气温和降水［５６，５９６６］影响也表现出与东

部型厄尔尼诺的显著差异。当中部型厄尔尼诺发生

时，由于最大海温正距平中心位于赤道中太平洋日

界线附近，对流活跃区较东部型厄尔尼诺偏西，在赤

道太平洋上空地区会形成两个异常 Ｗａｌｋｅｒ环流

圈，从而对南美、北美西海岸，甚至日本和新西兰气

候的影响与东部型厄尔尼诺的影响可能完全相

反［４９，６７］。由于海温偏高，赤道太平洋中部为相对偏

湿的区域，由此会在西北太平洋上空对流层中层激

发正位相的太平洋—日本（Ｐａｃｉｆｉｃ—Ｊａｐａｎ，ＰＪ）波

列，在西北太平洋—北美地区上空的对流层中层激

发正位相的夏季太平洋—北美（Ｐａｃｉｆｉｃ—ＮｏｒｔｈＡ

ｍｅｒｉｃａｎ，ＰＮＡ）型，从而导致西北太平洋夏季风偏

强，东亚夏季风偏弱［６１］。

前面提到，菲律宾异常反气旋性环流是联系

ＥＮＳＯ与东亚气候异常的重要桥梁
［２２，２４，４０４１］。但当

中部型厄尔尼诺发生时，菲律宾异常反气旋强度会

显著减弱，持续时间会明显缩短，其位置则会西移到

我国南海地区［６８］，由此而导致在中部型ＥＮＳＯ事件

循环期，东亚南部的降水异常分布特征与东部型

ＥＮＳＯ对应的情况几乎完全相反
［５６，６２６４，６６］，该特征

提示在使用ＥＮＳＯ信号进行气候预测时，不能仅考

虑Ｎｉ珘ｎｏ指数，而要从热带海温分布型以及大气的

垂直环流特征等多种角度看待ＥＮＳＯ循环的影

响。

２　印度洋海温异常对东亚夏季风的影响

印度洋位于亚洲地区夏季季风气流上游，是亚

洲夏季风各种能量及水汽的重要源地之一，也是亚

澳季风系统活动的重要下垫面，Ｗａｌｋｅｒ环流、横向

季风环流和侧向季风辐散风环流均交汇于此，其中

自西南印度洋指向东亚、南亚的侧向季风辐散风环

流最强。因此，印度洋热力异常对作为“第二推动

力”的海陆热力特性差异，对印度洋—太平洋海温配

置，以及对大气环流和亚澳季风的变异均具有十分

重要的作用［６９７０］。大量研究显示，热带印度洋海温

异常模态和南印度洋偶极子模态对东亚夏季风和我

国夏季降水有明显影响。

热带印度洋海温异常最主要的模态就是全区一

致型海温变化，而热带印度洋秋季海温异常最主要

模态是热带西印度洋和东南印度洋反相变化的偶极

型海温模态［７１７２］。南印度洋偶极子是指副热带西南

印度洋和南热带中东印度洋ＳＳＴ异常呈反位相分

布模态。

２．１　热带印度洋海温异常偶极子

热带印度洋偶极子（ＴＩＯＤ）具有两个相反的模

态，通常将西印度洋偏暖、东南印度洋偏冷的模态称

为正偶极子（或偶极子正位相），将西印度洋偏冷、东

南印度洋偏暖的模态称为负偶极子（或偶极子负位

相）。ＴＩＯＤ具有明显的季节位相锁定的特征，通常

在春末夏初开始出现，秋季达到盛期，冬季快速衰

亡。一般５—６月海温负距平最先出现在爪哇岛南

部，同时赤道东南印度洋上出现东南风异常。７—８

月海温负距平加强且沿着印度尼西亚海岸向赤道方

向延伸，同时西印度洋开始出现海温正距平，赤道印

度洋纬向东风距平也随之加强。９—１０月上述特征

迅速达到盛期，赤道印度洋偶极型海温模态与赤道

印度洋东风距平相互耦合；１１—１２月偶极子快速衰

减［７１，７３］。

研究表明，ＴＩＯＤ对我国夏季降水有显著影响。

ＴＩＯＤ正偶极子发生的夏季，热带西印度洋偏暖、东

南印度洋偏冷的海温异常分布型使得赤道印度洋盛

行东风距平，从而使 Ｗａｌｋｅｒ环流减弱，同时菲律宾

附近对流活动减弱，西太平洋副热带高压偏强、偏

西、偏南，我国南方地区大气呈异常上升运动，为整

层水汽的异常辐合区，从而有利于我国华南夏季降

水偏多。而当ＴＩＯＤ负位相发生时，西太平洋副热

带高压偏弱、偏东、偏北，华北处于异常辐合区，降水

偏多，而南方降水偏少［７４７６］。

尽管有些年份，ＴＩＯＤ正（负）位相刚好发生在

厄尔尼诺（拉尼娜）发生年的夏、秋季节，使得ＴＩＯＤ

对印度洋周边地区气候的影响在很大程度上被认为

是ＥＮＳＯ的影响。但实际上，ＴＩＯＤ也有相对独立

于ＥＮＳＯ的一面。百年尺度的海温资料清楚地揭

示了热带印度洋偶极子和太平洋ＥＮＳＯ事件关系

的年代际变化。在１９４８—１９６９年阶段，正（负）位相
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的ＴＩＯＤ与暖（冷）ＥＮＳＯ事件表现出较多的相对独

立性，但在１９７０—２０００年阶段，两者常同时发生。

ＥＮＳＯ影响偶极子的整个生命史，而偶极子反过来

也会显著影响 ＥＮＳＯ事件发展阶段的强度
［７７７８］。

前面提到，２０００年以后中部型ＥＮＳＯ事件的发生频

率和强度都显著增加，统计结果显示，当中部型

ＥＮＳＯ事件发生时，热带印度洋海温和大气环流的

响应均没有东部型ＥＮＳＯ事件发生时显著
［５１，６８］，

ＴＩＯＤ与ＥＮＳＯ的同位相关系在近１０年是否发生

变化值得进一步深入研究。

正是考虑到 ＴＩＯＤ与ＥＮＳＯ显著的同位相关

系，刘宣飞等［７９］详细分析了偶极子独立发生年和偶

极子与 ＥＮＳＯ共同发生年我国夏季降水的特征。

研究表明，ＴＩＯＤ独立发生时，其正位相年，夏季江

南西部到华南大部的降水偏多；ＴＩＯＤ与ＥＮＳＯ同

时发生时，正位相年，河套、华北地区夏季降水偏少，

而东南沿海地区降水偏多。因此，ＥＮＳＯ与偶极子

对我国夏季降水关系的影响主要表现为在华南西

部、江淮流域、河套及华北地区起抵消作用，而在东

南沿海地区起协同作用。

２．２　热带印度洋全区一致海温模态

热带印度洋全区一致海温模态是热带印度洋海

温变化的最主要模态，并没有特别显著的季节变化

特征，但经常发生在ＥＮＳＯ事件成熟的冬季和次年

春季［６９］。早期研究已经揭示出热带印度洋全区一

致增暖（变冷）模态对太平洋厄尔尼诺（拉尼娜）事件

的滞后响应，而其中的物理机制包括印度尼西亚贯

穿流［８０］、大气桥［８１８３］、南印度洋海洋Ｒｏｓｓｂｙ波的传

播等［８４］。

然而，近几年的研究则更多强调热带印度洋海

温在ＥＮＳＯ衰减年所起的重要“充电器”作用，正是

因为热带印度洋全区一致海温增暖（变冷）在厄尔尼

诺（拉尼娜）衰减时却发展到盛期，因此，通过改变对

流活动和 Ｗａｌｋｅｒ环流异常以及激发向东传播的

Ｋｅｌｖｉｎ波，印度洋海温像“充电器”一样延续了ＥＮ

ＳＯ对大气环流和气候异常的影响
［８５８９］。例如，热

带印度洋全区一致增暖（变冷）通过海气相互作用激

发赤道印度洋—西太平洋异常 Ｗａｌｋｅｒ环流圈，加

强（减弱）西太平洋副热带高压的强度，进而有利于

南海夏季风爆发的推迟（提前）。由此可知，热带印

度洋全区一致海温模态在维持ＥＮＳＯ对第２年南

海夏季风爆发的影响方面起到了重要的传递作

用［８８］。

２．３　热带印度洋海温对菲律宾异常反气旋的影响

菲律宾异常反气旋被认为是联系ＥＮＳＯ与东

亚季风环流的重要纽带。Ｚｈａｎｇ等
［３９］最早提出了

与厄尔尼诺盛期相伴随的热带西太平洋的对流异常

减弱所造成的对流冷却异常，激发出大气 Ｒｏｓｓｂｙ

波响应，导致菲律宾异常反气旋的产生。Ｗａｎｇ

等［４１］也对该反气旋的产生进行研究，认为热带西太

平洋负海温异常使热带西太平洋的对流潜热释放减

弱，从而激发冷的 Ｒｏｓｓｂｙ波在菲律宾海域附近形

成菲律宾异常反气旋。另外，菲律宾异常反气旋的

建立和维持还受到 ＥＮＳＯ事件的遥强迫作用、热

带—热带外大气的相互作用（来自北半球中高纬度

地区的外强迫）以及季风海洋间相互作用的共同影

响。Ｃｈｏｕ
［９０］和Ｃｈｅｎ等

［９１］还提出了对菲律宾异常

反气旋建立起作用的另一种过程。Ｃｈｏｕ
［９０］认为在

厄尔尼诺情形下，菲律宾异常反气旋是印度洋生成

的低层异常反气旋环流东移，秋末锁定在菲律宾海

域称为菲律宾异常反气旋。在热带印度洋正偶极子

发生的夏季，海气相互作用使热带西印度洋对流活

动增强、异常上升运动发展，而东南印度洋对流活动

减弱、为异常下沉运动控制。根据 ＭａｔｓｕｎｏＧｉｌｌ响

应原理［９２９３］，正偶极子会激发关于赤道对称的异常

反气旋对。赤道北侧的异常反气旋比赤道南侧强，

且随正偶极子的发展成熟不断加强并缓慢向东移

动［６８］。而这种东移是由东西湿度和温度的水平不

对称以及强厄尔尼诺事件影响大尺度辐散异常所驱

动［９０９１，９４］。

由于该异常反气旋环流能持续到厄尔尼诺衰减

年的夏季，显著加强了西太平洋副热带高压并给我

国夏季南方带来大量降水。Ｗａｎｇ等
［２２］认为，西太

平洋局地海气相互作用的正反馈机制是菲律宾异常

反气旋能够维持到厄尔尼诺次年夏季的重要原因。

但 Ｗａｔａｎａｂｅ等
［９５］通过一系列的模拟试验发现，热

带印度洋全区一致增暖模态强度不一定比西太平洋

的异常冷水和中东太平洋的异常暖水强，而是通过

激发东传的 Ｋｅｌｖｉｎ波更加显著影响了菲律宾异常

反气旋在厄尔尼诺次年夏季的维持。Ｘｉｅ等
［８９］的统

计分析和大气环流模式进一步证实了该观点。近

期，Ｗｕ等
［９６９７］再次对比分析了西太平洋局地海温

和印度洋海温对菲律宾异常反气旋在厄尔尼诺衰减

年的作用，认为在衰减年夏季（６—８月），热带印度

洋暖海温的作用不断增强，而西太平洋冷海温的作

用则不断减弱。因此，当东部型厄尔尼诺事件发生
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时，在其发展年的夏秋季热带印度洋有西暖东冷的

正偶极子发生，而在其盛期至次年春季，热带印度洋

全区一致海温增暖发展，共同导致菲律宾异常反气

旋建立早、结束晚、强度强。而当中部型厄尔尼诺事

件发生时，印度洋海温的响应变得不显著，由此导致

菲律宾异常反气旋建立晚、结束早、强度弱［６８］。

２．４　南印度洋偶极子

研究发现，印度洋除了上述热带印度洋海温异

常一致型和热带印度洋偶极子（ＴＩＯＤ）模态外，在南

印度洋副热带区域存在西南印度洋（西极子）和南热

带中东印度洋（东极子）海温异常呈反位相分布的另

一种偶极型海温差异现象，具有明显的年际和年代

际尺度变化特征，称为南印度洋偶极子（ＳＩＯＤ）或南

印度洋偶极模（ＳＤＰ）
［９８１０１］。本文定义当西极子为

负异常海温、东极子为正异常海温时，为 ＳＩＯＤ

（ＳＤＰ）正位相，反之为ＳＩＯＤ（ＳＤＰ）负位相。研究表

明，ＳＩＯＤ现象主要出现在冬春季
［１００１０２］。晏红明

等［７０］研究认为，印度洋副热带海温偶极差异的季节

锁相出现在１—３月，而一些个例合成则显示ＳＩＯＤ

在春季最为显著［１０１，１０３］。但大多研究表明，ＳＩＯＤ在

前期秋冬季开始出现，并能持续到次年夏、秋季。因

此，ＳＩＯＤ在区域和季节锁相上与ＴＩＯＤ不同，同时

ＳＩＯＤ的持续性高于ＴＩＯＤ。

大多研究认为，ＳＩＯＤ的形成与大气环流异常

有重要关系。由于赤道印度洋环流场异常（热带季

风变化），激发出Ｋｅｌｖｉｎ波向南沿苏门答腊传播，之

后通过Ｒｏｓｓｂｙ波或耦合的Ｒｏｓｓｂｙ波向西传播，快

速地将海表高度异常、温跃层异常（或海温异常）由

热带印度洋向西南副热带印度洋传播［１０４］，并认为

这种波的传播每年有４次。但Ｘｉｅ等
［８４］认为ＳＩＯＤ

主要由ＥＮＳＯ强迫造成，杨明珠等
［１０１］认为ＳＩＯＤ

的形成是对前期秋冬季中高纬度环流场强迫（即对

风应力）的响应。另外，海温辐射云反馈过程对区

域海温变化的影响对于ＳＩＯＤ的维持具有重要作

用［７０，９８］。有研究认为，ＳＩＯＤ与ＥＮＳＯ是相互独立

的［１００］；也有研究认为，ＳＩＯＤ与ＥＮＳＯ事件具有密

切的联系，ＳＩＯＤ就像连接ＥＮＳＯ位相转换的一个

中间环节，ＳＩＯＤ事件前后期，ＥＮＳＯ的位相刚好相

反，ＳＩＯＤ在ＥＮＳＯ事件中的作用不仅涉及海气相

互作用的正负反馈过程，还与热带和副热带大气环

流之间的相互作用有关，尤其东南印度洋海温变化

所引起的异常纬向风由赤道印度洋向赤道太平洋传

播，对后期赤道东太平洋海温异常变化具有重要影

响［１０２］。还有研究认为，冬季ＳＩＯＤ能激发出极显著

的南北半球环绕太平洋的波列结构［１０５］，而南半球

的这种环流结构对ＥＮＳＯ循环的年际变化有重要

影响［１０６］。此外，ＳＩＯＤ与西太平洋暖池海温异常呈

显著的滞后相关关系，西太平洋暖池的热状况在联

系ＳＩＯＤ与夏季我国东部地区降水异常的关系中起

重要作用［１００］。

ＳＩＯＤ形成后，通过热力强迫影响并调整着局

地大气环流。副热带中纬度南印度洋区域海温变化

对邻近区域环流及降水具有显著影响［９８９９，１０７１０８］。

亚洲夏季风的来源可以追溯到南半球中高纬度地

区，马斯克林高压、索马里越赤道气流、孟加拉湾越

赤道气流等季风环流系统正是以副热带印度洋区域

作为其直接下垫面或源区［１０９］，ＳＩＯＤ对局地环流有

影响，也间接影响着亚洲季风系统。ＳＩＯＤ为正位

相时，夏季马斯克林高压增强，进而使得索马里越赤

道气流增强，在印度地区低空产生异常辐合、高层辐

散，从而增强印度季风环流，使得印度季风降水偏

多，印度季风偏强［１０１］；ＳＩＯＤ为负位相时，情况相

反。另外，ＳＩＯＤ海温异常分布型对南海夏季风建

立早晚起重要作用［１１０１１１］，ＳＩＯＤ通过加大（减弱）东

亚和西太平洋区域的海陆热力差异以及增强（减弱）

南海区域的对流活动对南海夏季风产生影响。前期

ＳＩＯＤ为正（负）位相时，南海夏季风建立较早（晚）。

ＳＩＯＤ与马斯克林高压变化的关系明显，并通过马

斯克林高压的影响，使得南半球中高纬度地区出现

异常波列，再通过 Ｈａｄｌｅｙ环流的变化，对北半球环

流产生影响［７０］。因此，ＳＩＯＤ形成后通过热力强迫

不仅影响局地大气环流，还对南北半球环流、亚洲季

风系统产生影响，并影响我国夏季降水的分布。概

括已有研究成果，ＳＩＯＤ主要通过３种途径影响我

国夏季降水：①通过影响当地马斯克林高压的强度

而改变越赤道气流强度，进而影响印度夏季风对中

国地区的西南水汽输送条件；②暖海温异常在热带

中东印度洋和海洋大陆可以维持到秋季，影响当地

对流以及来自印度洋和太平洋水汽输送通道上的量

值和输送方向，从而改变进入东亚的水汽输送条件；

③改变西北太平洋副热带高压的位置和强度，对我

国夏季降水造成影响。

总之，春季ＳＩＯＤ可以通过影响南北半球环流

系统和亚洲夏季风系统，进而对我国夏季降水产生

影响。具体表现：ＳＩＯＤ正位相年，黄河及其以北、

以东区域、华南地区降水明显偏多，长江流域降水偏
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少；ＳＩＯＤ负位相年，西南、江南、黄淮地区降水偏

多［７０，１００，１０３］。

３　大西洋海温异常对东亚夏季风的影响

早在２０世纪８０年代就有研究指出，冬季北大

西洋的海温异常能够引起欧亚环流的显著变化，并

可进一步影响到同期冬季东亚的地表气候［１１２］。实

际上，北大西洋海温异常对东亚夏季气候也存在显

著影响，但这方面研究直到最近几年才受到人们的

重视。Ｗｕ等
［１１３］指出，在年际时间尺度上东亚夏季

风的增强（减弱）与春—夏季北大西洋区域经向上呈

现为“－＋－”（“＋－＋”）的三极子型海温异常（以

下称为北大西洋海温三极子）显著相关。其中，显著

负相关主要出现在北大西洋热带和副极地地区，而

显著正相关主要出现在美国东部海域。在年代际时

间尺度上，当长江中下游夏季梅雨降水偏少（多）时，

前期冬季北大西洋的海温异常也呈现为一种“－＋

－”（“＋－＋”）的三极子型
［１１４］。观测分析和数值

试验结果表明，夏季北大西洋海温三极子可以激发

出一支跨越欧亚大陆的准正压的纬向遥相关波列，

并通过该波列引起东亚夏季风的强弱变化［１１５］。其

中，对应于北大西洋海温三极子的正位相（“－＋

－”），美国东部和西欧上空主要为显著的反气旋式

环流异常，而副极地北大西洋和乌拉尔山地区上空

为气旋式环流异常；反之亦然。由于乌拉尔山环流

形势是影响东亚夏季风降水的关键环流系统［１１６］，

若乌拉尔山地区上空的位势高度场异常偏高（低），

则该地区阻塞高压增强（减弱），有利于梅雨锋偏强

（弱），使长江中下游梅雨降水偏多（少），东亚夏季风

偏弱（强）。当夏季北大西洋海温三极子处于正（负）

位相时，乌拉尔山地区上空主要为负（正）的高度异

常所控制，因此，有利于长江中下游梅雨降水偏少

（多）和东亚夏季风偏强（弱）。

北大西洋海温三极子的形成受局地上方北大西

洋涛动（ＮＡＯ）型的环流异常所控制
［１１７１１８］。由冬至

夏，ＮＡＯ的活动中心将会发生系统性北移
［１１９］，它

所激发的海温三极子也随之北移。Ｚｕｏ等
［１１５］分析

发现，对东亚夏季风存在显著影响的北大西洋海温

三极子实际上是由前期春季的ＮＡＯ异常激发形成

的，而与同期夏季的ＮＡＯ异常无明显联系。其中，

夏季ＮＡＯ异常所激发的海温三极子主要位于热带

外北大西洋；而春季 ＮＡＯ异常所激发的海温三极

子的位置较偏南，其低纬度异常中心出现在热带北

大西洋。这也说明，东亚夏季风环流对北大西洋海

温三极子的响应敏感于对后者的经向位置异常。研

究还指出，东亚夏季风与北大西洋海温三极子的年

际关系在２０世纪７０年代之前较弱，而之后明显增

强，这种年代际不稳定性与ＮＡＯ的影响有关
［１２０］。

除了北大西洋外，南大西洋的海温异常对东亚

夏季风和我国夏季降水也可能存在显著影响。例

如，在年代际时间尺度上我国华北地区夏季降水与

南大西洋海温异常之间存在显著负相关关系［１２１］。

但南大西洋海温异常对我国夏季降水的影响机理尚

不明确。此外，在厄尔尼诺事件成熟的次年夏季，热

带大西洋海温往往高于其气候平均值；反之亦

然［１２２］。耦合模式的试验结果显示，只有在考虑大

西洋海温变化的情况下，模式才能够较好地再现

ＥＮＳＯ成熟次年印度—东亚季风区大气环流异常的

主要特征［１２３１２４］。因此，与印度洋类似，热带大西洋

海温异常在联系ＥＮＳＯ对东亚夏季风的影响中发

挥着重要作用。

４　总结和展望

本文主要回顾了太平洋ＥＮＳＯ事件、印度洋海

温、大西洋海温年际变率对东亚夏季风以及我国夏

季降水的影响机理研究。需要指出的是，近几年关

于不同分布型厄尔尼诺对东亚气候的不同影响、热

带印度洋海温的作用、南印度洋偶极子的作用，菲律

宾异常反气旋环流的发展演变特征及物理机制、大

西洋海温异常型的作用等研究已经在气候异常诊断

和短期预测业务中发挥了重要作用。

与厄尔尼诺的分布型及其气候影响的大量研究

相比，拉尼娜的分类及气候影响的研究相对较少，有

些研究认为拉尼娜事件的东部型和中部型特征非常

相似，可能不存在不同的分布类型［５２，１２５１２６］。最新研

究根据成熟期标准化的 Ｎｉ珘ｎｏ３和 Ｎｉ珘ｎｏ４指数及成

熟期海温距平的空间分布特征，将１９５０年以来的

１４次拉尼娜事件分为了东部型和中部型，并指出热

带大气对这两类不同分布型拉尼娜事件的响应特征

具有显著差异［１２７１２８］。值得注意的是，尽管拉尼娜

事件的气候影响可能没有厄尔尼诺事件显著，但是

拉尼娜事件的发展演变特征以及对东亚气候的影响

却表现出与厄尔尼诺事件明显的非对称性。Ｚｈａｎｇ

等［３９］利用东亚沿岸对流层低层的经向风作为东亚
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季风指数，分析了与Ｎｉ珘ｎｏ３区海面温度异常之间的

关系，指出厄尔尼诺盛期时东亚季风异常显著，而拉

尼娜期间东亚季风异常在统计上不显著，指出东亚

季风对厄尔尼诺和拉尼娜响应的不对称性。还有研

究表达了类似观点［１２９１３１］。因此，鉴于拉尼娜影响

的复杂性及其与厄尔尼诺影响的非对称性，关于拉

尼娜的不同分布型及其对东亚季风和我国气候异常

的影响更值得深入分析。

热带印度洋全区一致海温模态经常发生在

ＥＮＳＯ事件成熟的冬季和次年春季，ＴＩＯＤ也常发

生在厄尔尼诺（拉尼娜）发生年的夏秋季，但反过来

也会影响 ＥＮＳＯ 事件的强度。有研究表明
［１０２］，

ＳＩＯＤ事件就像连接正负ＥＮＳＯ位相转换的一个环

节，不仅涉及海气相互作用的正负反馈过程，还与热

带和副热带大气环流之间的相互作用有关。因此印

度洋海气相互作用是全球海气相互作用的一部分，

印度洋不同海温异常分布型与不同类型ＥＮＳＯ事

件的相互联系及独立作用对于亚洲季风系统和我国

气候的影响需要进一步探讨。另外，印度洋海气相

互作用与南半球中高纬度大气环流之间的联系及影

响、与青藏高原形成的南北海陆热力对比、与北半球

中高纬度环流系统的多因子多尺度相互作用及对我

国夏季气候的影响非常复杂，也是未来气候预测需

要深入探索的方向。

热带外北大西洋海温的年际变率主要受大气环

流控制，而前者对后者往往也存在显著的反馈作

用［１３２］。在北大西洋海温三极子影响东亚夏季风强

弱变化的过程中，虽然热带海温异常所引起的非绝

热加热起主导作用，但是热带外海温异常的贡献仍

需要在未来利用对大气内部变率有较好模拟能力的

气候模式进行深入研究［１１５］。

在实际的气候预测业务中，需要面临的问题非

常复杂，有的年份海温异常信号强且异常信息对东

亚夏季风的影响比较一致，有利于预报员根据已有

研究成果进行分析，但这种年份并不多；有的年份海

温异常信号强，但是不同海域的异常信息对东亚夏

季风的影响不一致甚至矛盾，因而很难判断采用哪

个强信号；有的年份海温异常信号弱，根据强信号影

响的研究成果对这些海温接近常年的特征不适用，

使得预报员无所适从。因此，针对实际气候预测业

务，海温的影响领域还有大量的研究工作要做。此

外，本文主要回顾了各大洋独立的海温年际变化特

征及其对东亚夏季风年际变率的影响，没有考虑各

大洋海温异常对我国气候变异的综合影响、海温异

常的年代际变化及其对东亚夏季风的影响以及海温

异常的多时间尺度特征与东亚夏季风的联系。在这

些领域已经有一些研究工作［１３３１３５］，值得进一步梳

理和应用。
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狆犺狔狊犚犲狊，２０１１，１１６：Ｃ１２００１，ｄｏｉ：１０．１０２９／２０１１ＪＣ００７３０４．

［１２７］　袁媛，晏红明．不同分布型ＬａＮｉｎａ事件及热带大气的响应

特征对比．科学通报，２０１２，５７（３４）：３３１２３３２２．

０３５　　 　　　　　 　　　　　　　 　　　　　　应　用　气　象　学　报　 　　　　　　 　　　 　　　　　　第２４卷　
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［１２８］　ＹｕａｎＹ，ＹａｎＨＭ．ＤｉｆｆｅｒｅｎｔｔｙｐｅｓｏｆＬａＮｉ珘ｎａｅｖｅｎｔｓａｎｄｄｉｆｆｅｒ

ｅｎｔｒｅｓｐｏｎｓｅｓｏｆｔｈｅｔｒｏｐｉｃａｌａｔｍｏｓｐｈｅｒｅ．犆犺犻狀犲狊犲犛犮犻犲狀犮犲犅狌犾犾犲

狋犻狀，２０１３，５８（３）：４０６４１５，ｄｏｉ：１０．１００７／ｓ１１４３４０１２５４２３５．

［１２９］　ＨｏｅｒｌｉｎｇＭＰ，ＫｕｍａｒＡ，ＺｈｏｎｇＭ．ＥｌＮｉ珘ｎｏ，ＬａＮｉ珘ｎａａｎｄｔｈｅ

ｎｏｎｌｉｎｅａｒｉｔｙｏｆｔｈｅｉｒｔｅｌｅｃｏｎｎｅｃｔｉｏｎｓ．犑犆犾犻犿犪狋犲，１９９７，１０：

１７６９１７８６．

［１３０］　ＷｕＢ，ＬｉＴ，ＺｈｏｕＴ．ＲｅｌａｔｉｖｅｃｏｎｔｒｉｂｕｔｉｏｎｓｏｆｔｈｅＩｎｄｉａｎＯ

ｃｅａｎａｎｄｌｏｃａｌＳＳＴａｎｏｍａｌｉｅｓｔｏｔｈｅｍａｉｎｔｅｎａｎｃｅｏｆｔｈｅ

ｗｅｓｔｅｒｎＮｏｒｔｈＰａｃｉｆｉｃａｎｏｍａｌｏｕｓａｎｔｉｃｙｃｌｏｎｅｄｕｒｉｎｇＥｌＮｉ珘ｎｏ

ｄｅｃａｙｉｎｇｓｕｍｍｅｒ．犑犆犾犻犿犪狋犲，２０１０，２３：２９７４２９８６．

［１３１］　ＷａｎｇＸ，ＷａｎｇＤＸ，ＺｈｏｕＷ，ｅｔａｌ．Ｉｎｔｅｒｄｅｃａｄａｌｍｏｄｕｌａｔｉｏｎ

ｏｆｔｈｅｉｎｆｌｕｅｎｃｅｏｆＬａＮｉ珘ｎａｅｖｅｎｔｓｏｎＭｅｉｙｕｒａｉｎｆａｌｌｏｖｅｒｔｈｅ

ＹａｎｇｔｚｅＲｉｖｅｒＶａｌｌｅｙ．犃犱狏犃狋犿狅狊犛犮犻，２０１２，２９：１５７１６８，

ｄｏｉ：１０．１００７／ｓ００３７６０１１１０２１８．

［１３２］　ＰｅｎｇＳ，ＲｏｂｉｎｓｏｎＷ Ａ，ＬｉＳ．ＭｅｃｈａｎｉｓｍｓｆｏｒｔｈｅＮＡＯｒｅ

ｓｐｏｎｓｅｓｔｏｔｈｅＮｏｒｔｈＡｔｌａｎｔｉｃＳＳＴｔｒｉｐｏｌｅ．犑犆犾犻犿犪狋犲，２００３，

１６：１９８７２００４．

［１３３］　ＸｉｅＳＰ，ＤｕＹ，ＨｕａｎｇＧ，ｅｔａｌ．ＤｅｃａｄａｌｓｈｉｆｔｉｎＥｌＮｉ珘ｎｏｉｎｆｌｕ

ｅｎｃｅｓｏｎＩｎｄｏｗｅｓｔｅｒｎＰａｃｉｆｉｃａｎｄＥａｓｔＡｓｉａｎｃｌｉｍａｔｅｉｎｔｈｅ

１９７０ｓ．犑犆犾犻犿犪狋犲，２０１０，２３：３３５２３３６８．

［１３４］　马音，陈文，冯瑞权，等．我国东部梅雨期降水的年际和年代

际变化特征及其与大气环流和海温的关系．大气科学，２０１２，

３６（２）：３９７４１０．

［１３５］　ＣｈｅｎＷ，ＦｅｎｇＪ，ＷｕＲ．ＲｏｌｅｓｏｆＥＮＳＯａｎｄＰＤＯｉｎｔｈｅｌｉｎｋ

ｏｆｔｈｅＥａｓｔＡｓｉａｎｗｉｎｔｅｒｍｏｎｓｏｏｎｔｏｔｈｅｆｏｌｌｏｗｉｎｇｓｕｍｍｅｒ

ｍｏｎｓｏｏｎ．犑犆犾犻犿犪狋犲，２０１３，２６：６２２６３５．

犃犚犲狏犻犲狑狅犳犘犺狔狊犻犮犪犾犕犲犮犺犪狀犻狊犿狊狅犳狋犺犲犌犾狅犫犪犾犛犛犜犃犐犿狆犪犮狋狅狀犈犃犛犕

ＣｈｅｎＬｉｊｕａｎ　ＹｕａｎＹｕａｎ　ＹａｎｇＭｉｎｇｚｈｕ　ＺｕｏＪｉｎｑｉｎｇ　ＬｉＷｅｉｊｉｎｇ

（犔犪犫狅狉犪狋狅狉狔狅犳犆犾犻犿犪狋犲犛狋狌犱犻犲狊，犖犪狋犻狅狀犪犾犆犾犻犿犪狋犲犆犲狀狋犲狉，犆犕犃，犅犲犻犼犻狀犵１０００８１）

犃犫狊狋狉犪犮狋

Ｔｈｅｉｍｐａｃｔｏｆｇｌｏｂａｌｓｅａｓｕｒｆａｃｅｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｙ（ＳＳＴＡ）ｏｎｔｈｅＥａｓｔＡｓｉａＳｕｍｍｅｒＭｏｎｓｏｏｎ

（ＥＡＳＭ）ａｎｄｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎｉｎＣｈｉｎａｉｓｒｅｖｉｅｗｅｄｆｒｏｍｔｈｅａｓｐｅｃｔｓｏｆｐｈｙｓｉｃａｌｍｅｃｈａｎｉｓｍｓ，ｏｎｔｈｅ

ｂａｓｉｓｏｆｋｅｙｅｘｔｅｒｎａｌｆｏｒｃｉｎｇｓｉｇｎａｌｓｉｎｓｈｏｒｔｔｅｒｍｃｌｉｍａｔｅｐｒｅｄｉｃｔｉｏｎ．ＦｏｃｕｓｉｎｇｏｎＥｌＮｉ珘ｎｏＳｏｕｔｈｅｒｎＯｓｃｉｌ

ｌａｔｉｏｎ（ＥＮＳＯ）ｃｙｃｌｅｉｎｔｈｅｔｒｏｐｉｃａｌＰａｃｉｆｉｃａｎｄｔｈｅｍａｉｎＳＳＴＡｍｏｄｅｓｉｎＩｎｄｉａｎａｎｄＡｔｌａｎｔｉｃＯｃｅａｎ，ｔｈｅｉｒ

ｉｎｔｅｒａｎｎｕａｌｖａｒｉａｂｉｌｉｔｙａｒｅｆｕｒｔｈｅｒｒｅｖｉｅｗｅｄａｓｗｅｌｌａｓｔｈｅｉｒｄｉｆｆｅｒｅｎｔｉｍｐａｃｔｓｏｎｔｈｅＥＡＳＭ，ｅｓｐｅｃｉａｌｌｙ

ｔｈｅｉｒｒｅｌａｔｉｏｎｓｈｉｐｗｉｔｈｔｈｅｍａｉｎｓｕｍｍｅｒｒａｉｎｆａｌｌｂｅｌｔｉｎＣｈｉｎａ．

ＤｕｒｉｎｇｄｉｆｆｅｒｅｎｔｐｈａｓｅｓｏｆＥＮＳＯｃｙｃｌｅ，ＥＮＳＯｅｘｅｒｔｓｄｉｆｆｅｒｅｎｔｉｍｐａｃｔｓｏｎｔｈｅＥＡＳＭａｎｄｔｈｅｓｕｍｍｅｒ

ｐｒｅｃｉｐｉｔａｔｉｏｎｉｎＣｈｉｎａ．ＩｎｔｈｅｄｅｖｅｌｏｐｉｎｇｓｕｍｍｅｒｏｆＥｌＮｉ珘ｎｏ，ｔｈｅＥＡＳＭｔｅｎｄｓｔｏｂｅｗｅａｋａｎｄｔｈｅｍａｉｎ

ｓｕｍｍｅｒｒａｉｎｆａｌｌｂｅｌｔｗｏｕｌｄｓｈｉｆｔｓｏｕｔｈｗａｒｄｉｎｅａｓｔｅｒｎＣｈｉｎａ．Ｈｏｗｅｖｅｒ，ｉｎｔｈｅｄｅｃａｙｉｎｇｓｕｍｍｅｒｏｆＥｌ

Ｎｉ珘ｎｏ，ｔｈｅＥＡＳＭｔｅｎｄｓｔｏｂｅｓｔｒｏｎｇ，ａｎｄｔｈｅｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎｗｏｕｌｄｂｅｂｅｌｏｗｎｏｒｍａｌｉｎｔｈｅＹａｎｇｔｚｅ

ＨｕａｉｈｅＶａｌｌｅｙ．ＴｈｅｓｉｔｕａｔｉｏｎｓａｒｅａｐｐｒｏｘｉｍａｔｅｌｙｒｅｖｅｒｓｅｆｏｒｔｈｅｉｍｐａｃｔｏｆＬａＮｉ珘ｎａｏｎｔｈｅＥＡＳＭａｎｄｓｕｍ

ｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎｉｎＣｈｉｎａ，ａｌｔｈｏｕｇｈｔｈｅｉｍｐａｃｔｏｆＬａＮｉ珘ｎａｉｓｎｏｔａｓｓｉｇｎｉｆｉｃａｎｔ．ＴｈｅｉｎｆｌｕｅｎｃｅｏｆＥＮＳＯｏｎ

ｔｈｅＥＡＳＭａｎｄｔｈｅｓｕｍｍｅｒｒａｉｎｆａｌｌｂｅｌｔｉｎＣｈｉｎａｉｓｃｌｏｓｅｌｙｃｏｒｒｅｌａｔｅｄｗｉｔｈｔｈｅＳＳＴＡｉｎｔｈｅｗｅｓｔｅｒｎＰａｃｉｆｉｃ

ｗａｒｍｐｏｏｌａｓｗｅｌｌａｓｔｈｅｒｅｓｕｌｔｅｄｃｏｎｖｅｃｔｉｖｅａｃｔｉｖｉｔｉｅｓｉｎｉｔｓｎｏｒｔｈｅｒｎｐａｒｔ．Ｍｏｒｅｏｖｅｒ，ｔｈｅＰｈｉｌｉｐｐｉｎｅＳｅａ

ａｎｔｉｃｙｃｌｏｎｅａｌｓｏｐｌａｙｓａｎｉｍｐｏｒｔａｎｔｒｏｌｅ．Ｉｎｒｅｃｅｎｔｙｅａｒｓ，ｄｉｆｆｅｒｅｎｔｔｙｐｅｓｏｆＥｌＮｉ珘ｎｏａｒｅｗｉｄｅｌｙｄｉｓｃｕｓｓｅｄ．

ＩｔｉｓｒｅｖｅａｌｅｄｔｈａｔｔｈｅＣｅｎｔｒａｌＰａｃｉｆｉｃ（ＣＰ）ＥｌＮｉ珘ｎｏｎｏｔｏｎｌｙｈａｓｄｉｆｆｅｒｅｎｔｅｖｏｌｕｔｉｏｎｍｅｃｈａｎｉｓｍｓ，ｂｕｔａｌｓｏ

ｓｈｏｗｓｄｉｆｆｅｒｅｎｔｉｍｐａｃｔｓｏｎｔｈｅｇｌｏｂａｌａｔｍｏｓｐｈｅｒｉｃｃｉｒｃｕｌａｔｉｏｎａｓｃｏｍｐａｒｅｄｗｉｔｈｔｈｅＥａｓｔｅｒｎＰａｃｉｆｉｃ（ＥＰ）Ｅｌ

Ｎｉ珘ｎｏｏｒｃｌａｓｓｉｃａｌＥｌＮｉ珘ｎｏ．

ＩｎｄｉａｎＯｃｅａｎＳＳＴＡｍｏｄｅｓａｌｓｏｓｈｏｗｓｉｇｎｉｆｉｃａｎｔｉｎｆｌｕｅｎｃｅｓｏｎｔｈｅＥＡＳＭａｎｄｔｈｅｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎ

ｉｎＣｈｉｎａ．Ｆｏｒｅｘａｍｐｌｅ，ｔｈｅｂａｓｉｎｗｉｄｅｗａｒｍｉｎｇ（ｃｏｏｌｉｎｇ）ｍｏｄｅｉｎｔｈｅｔｒｏｐｉｃａｌＩｎｄｉａｎＯｃｅａｎｗｏｕｌｄｃａｕｓｅａ

ｌａｔｅ（ａｎｅａｒｌｙ）ＳｏｕｔｈＣｈｉｎａＳｅａｓｕｍｍｅｒｍｏｎｓｏｏｎ（ＳＣＳＳＭ）ｏｎｓｅｔ；ｉｎｔｈｅｓｕｍｍｅｒｏｆｐｏｓｉｔｉｖｅ（ｎｅｇａｔｉｖｅ）

ｔｒｏｐｉｃａｌＩｎｄｉａｎＯｃｅａｎｄｉｐｏｌｅｐｈａｓｅ，ｍｏｒｅｐｒｅｃｉｐｉｔａｔｉｏｎｗｏｕｌｄｏｃｃｕｒｉｎＳｏｕｔｈＣｈｉｎａ（ＮｏｒｔｈＣｈｉｎａ）；ｄｕｒｉｎｇ

ｔｈｅｐｏｓｉｔｉｖｅ（ｎｅｇａｔｉｖｅ）ｐｈａｓｅｏｆｓｕｂｔｒｏｐｉｃａｌｓｏｕｔｈｅｒｎＩｎｄｉａｎＯｃｅａｎｄｉｐｏｌｅ，Ｉｎｄｉａｎｓｕｍｍｅｒｍｏｎｓｏｏｎｔｅｎｄｓ

１３５　第５期　　 　 　　　　　　　　 　陈丽娟等：海温异常对东亚夏季风影响机理的研究进展　 　　　　　　　　 　　　
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ｔｏｂｅｓｔｒｏｎｇｅｒ（ｗｅａｋｅｒ），ａｎｄＳＣＳＳＭｍａｙｅｓｔａｂｌｉｓｈｅａｒｌｉｅｒ（ｌａｔｅｒ）．Ｔｈｅｐｏｓｉｔｉｖｅ（ｎｅｇａｔｉｖｅ）ＮｏｒｔｈＡｔｌａｎｔｉｃ

ｔｒｉｐｏｌｅｍｏｄｅｗｏｕｌｄｌｅａｄｔｏａｓｔｒｏｎｇｅｒ（ｗｅａｋｅｒ）ＥＡＳＭｔｈｒｏｕｇｈｍｏｔｉｖａｔｉｎｇｑｕａｓｉｂａｒｏｔｒｏｐｉｃｚｏｎａｌｔｅｌｅｃｏｎ

ｎｅｃｔｉｏｎｗａｖｅｔｒａｉｎａｃｒｏｓｓｔｈｅＥｕｒａｓｉａｎｃｏｎｔｉｎｅｎｔ．

ＳＳＴＡｉｓｔｈｅｉｍｐｏｒｔａｎｔｐｒｅｓｉｇｎａｌｏｎｔｈｅｐｒｅｄｉｃｔｉｏｎｏｆｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙｉｎＣｈｉｎａ．Ｂｅｃａｕｓｅ

ｏｆｔｈｅｐｒｅｄｉｃｔａｂｉｌｉｔｙｏｆｓｈｏｒｔｔｅｒｍｃｌｉｍａｔｅｐｒｅｄｉｃｔｉｏｎ，ｉｔｉｓｓｔｉｌｌｄｉｆｆｉｃｕｌｔｔｏｇｉｖｅｈｉｇｈｓｋｉｌｌｐｒｅｄｉｃｔｉｏｎｆｏｒ

ｓｕｍｍｅｒｒａｉｎｆａｌｌａｎｏｍａｌｙｉｎＣｈｉｎａ．Ｓｏｍｅａｄｖｉｃｅｓａｎｄｒｅｑｕｉｒｅｍｅｎｔｓｏｎｔｈｅｐｈｙｓｉｃａｌｍｅｃｈａｎｉｓｍｒｅｓｅａｒｃｈａｎｄ

ｄｙｎａｍｉｃａｌｍｏｄｅｌｄｅｖｅｌｏｐｍｅｎｔａｒｅｐｒｏｐｏｓｅｄｉｎｏｒｄｅｒｔｏｉｍｐｒｏｖｅｔｈｅｐｒｅｄｉｃｔｉｏｎｏｆｔｈｅＥＡＳＭａｎｄｓｕｍｍｅｒ

ｒａｉｎｆａｌｌｉｎＣｈｉｎａ．

犓犲狔狑狅狉犱狊：ｅｘｔｅｒｎａｌｆｏｒｃｉｎｇｓｉｇｎａｌ；ＳＳＴＡ；ＥＡＳＭ；ｓｕｍｍｅｒｐｒｅｃｉｐ
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缓变下垫面对浅水方程的动力学订正*

达朝究1)2)† 冯爱霞3) 龚志强3) 宋健4)

1) (西北民族大学数学与计算机科学学院,兰州 730030 )

2) (兰州大学大气科学学院,兰州 730000 )

3) (国家气候中心气候研究开放实验室,北京 100081 )

4) (内蒙古工业大学理学院,呼和浩特 010062 )

( 2012年 7月 4日收到; 2012年 9月 7日收到修改稿 )

讨论了当下垫面随时间缓慢变化时浅水方程的形式. 从控制大气运动的连续性方程和动量方程出发,将下垫面

的缓慢变化作为一个小量叠加到固有下垫面函数上,利用大气的上下边界条件,得到改进的浅水方程. 在改进的浅

水方程中,由缓变局部水平体积散度,订正了局部水平体积散度和流体局部厚度变化之间的平衡,在此基础上得到

包含下垫面缓变的涡度方程.

关键词: 下垫面,全球变暖,缓变,浅水方程

PACS: 92.40.Cy, 92.60.Aa DOI: 10.7498/aps.62.039202

1 引 言

大气的下垫面指地球表面,包括海洋、陆地及

陆地上的高原、山地、平原、森林、草原、城市等

等. 下垫面的性质和形状, 对大气的热量、水分、

干洁度和运动状况有明显的影响; 在陆地上, 巨大

的山地和高原对气候的形成与影响有着不可忽视

的作用, 而在海洋上, 海平面的变化、海水成分的

变化, 以及海洋环流的异常无疑会影响大气环流,

进而影响气候.

全球变暖对大气、海洋系统及社会经济体系

具有深远的影响.以全球气候变化为核心的全球变

化问题, 引起各国政府、科学工作者的高度重视,

也是普通民众广泛关注的问题, 20世纪 80年代以

来,在全球范围内开展了全球气候变化及其影响的

研究 [1−10].

全球变暖对陆地生态系统的影响及其反馈,是

全球变化研究的焦点,全球变化对陆地生态系统的

影响已经进行了大量的研究,这主要体现在陆地结

构、植被变化和气候变化的关联 [11−13],这种关联

的年际气候变化表现为区域增温和降水波动 [14],

对气候变暖的响应呈现出全球气候增暖的趋势 [15],

这势必对我国区域发展带来影响 [16,17], 但是陆地

系统的变化对气候变化的影响还没有定量的研究;

全球变暖以后, 两极冰盖融化, 大量的淡水进入海

洋, 造成海平面的上升, 这会影响到海水的物理结

构,在持续温暖的条件下,海水的膨胀率也会增长.

这种变化是一种缓变性海洋灾害,其长期的累积效

应将加剧风暴潮、海岸侵蚀、海水入侵、土壤盐

渍化和咸潮等海洋灾害的致灾程度 [18−23],同样海

平面的上升对气候变化的影响也没有定量的研究.

在全球变暖条件下, 就极端事件的发生和发

展, 封国林, 候威, 龚志强等做了系统的研究. 首先

对于极端事件进行了理论研究, 给出了一种确定

极端事件阈值的新方法 [24], 对于温度破纪录事件

和温度极端事件也做了研究,得到中国各地区极端

温度变化幅度差异明显,具有明显的区域特征 [25],

*全球变化研究国家重大科学研究计划 (批准号: 2012CB955902)、国家自然科学基金 (批准号: 40930952, 41175067)、国家科技支撑计划
(批准号: 2009BAC51B04)、公益性行业 (气象) 科研专项 (批准号: GYHY201106016, GYHY201206009)、内蒙古自然科学基金 (批准号:
2011MS0112)和中央高校基本科研业务费专项资金 (批准号: zyz2011079)资助的课题.

†通讯作者. E-mail: jtdcj@163.com

c⃝ 2013 中国物理学会 Chinese Physical Society http://wulixb.iphy.ac.cn
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给出了温度突变的过程可能是极端温度事件由一

个相对稳定状态向另一个稳定状态演变过程的结

论 [26], 气候变暖对中国极端暖月事件的变率有明
显影响 [27], 全球增暖与中国温度破纪录事件的时
空分布有一定的关联, 随着全球变暖趋势的不断
增强,破纪录温度事件发生的频次呈现不断增加的
特点 [28,29].
综上所述,可以知道在全球变暖和人类活动的

双重影响下, 大气的下垫面会发生变化, 这种变化
会对气候有反馈作用 [30,31], 而气候的变化也会对
社会经济发展产生影响 [32]! 大气下垫面的变化对
气候的反馈作用就是本文要解决的问题,讨论正压
均值流体在下垫面发生缓慢变化时,浅水方程的形
式,以及对应涡度方程的变化.

2 缓变地形下的浅水方程

2.1 基础知识

2.1.1 连续性方程与运动方程
当流体内部无质量源、汇时,连续性方程为 [33]

∂ρ
∂ t

+∇ ·ρu= 0, (1a)

这里 ρ 是密度, p是压力, u是速度矢量,都是时间
t 和空间坐标 (x,y,z)的函数. 上式用全导数形式还
可写为

dρ
dt

+ρ∇ ·u= 0, (1b)

这里
d
dt

≡ ∂
∂ t

+u ·∇是全导数.

运动方程为 [33]

ρ
du
dt

=−∇p+ρ∇ϕ +F (u). (2)

这里 ϕ 是保守彻体力 (the body force)[33,34] 的位势,
是已知量. 而 F (u) 是非保守力, 在本文中表示大
气、海洋这样牛顿流体的摩擦力, F (u) 有如下的

近似表示

F (u)≈ µ∆u+
µ
3

∇(∇ ·u). (3)

假设 µ 和 ρ 是常数,方程 (1)与方程 (2)就封闭 [33],
未知的变量只有速度 u与压力 p.

2.1.2 旋转坐标系中的运动方程
对于大气与海洋, 由于它们随地球旋转, 而运

动方程 (2)是在惯性坐标系中描述的, 以地球角速
度 Ω 旋转的坐标系中描述大气海洋的运动方程 (2)
为 [33]

ρ
(

du
dt

+2Ω ×u

)
=−∇p+ρ∇Φ +F , (4)

这里 u 是地球上观测到的速度, 是相对速度, p 是

压力, 而 Φ 是位势函数 ϕ 与由于旋转而产生的向

心加速度 Ω × (Ω ×r)的位势函数 ϕc 之和;
du
dt
称

为相对加速度, 2Ω ×u是科氏加速度 [33].
方程 (1)在旋转坐标系中没有变化,仍为

dρ
dt

+ρ∇ ·u= 0. (5)

2.2 缓变下垫面下的浅水方程

如图 1所示,具有均匀常值密度 (ρ = const)的
一层流体,自参考面 z = 0算起,流体的表面高度为
h(x,y, t). 考虑到地球对大气、海洋的作用,把由位
势 Φ 引起的彻体力模式化为一个矢量 g,其方向垂
直于 z = 0 平面, 即 Ω = kΩ , 与垂直坐标轴平行、
方向相反 [33−35]. 在我们的研究问题中,流体的旋转

图 1 浅水模式
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轴与 z 轴重合, 所以在此情况下, 科氏参数 f 就是
2Ω sinθ (Ω 是地转角速度, θ 为纬度).由于全球变
暖,地球下垫面随时间会缓变,将其细化为两部分:
大气海洋的固有下垫面和随时间缓慢变化部分,记
其形式为

z ≡ HB(x,y, t) = hB(x,y)+σhS(x,y, t), (6)

这里 HB(x,y, t)是大气海洋下垫面, hB(x,y)为大气
海洋固有下垫面,而 hS(x,y, t)为随时间缓慢变化的
部分, 参数 σ 是刻画这种缓慢变化程度的一小量,
显然, 当参数 σ = 0 时, 问题就退化为大气下垫面
没有缓变的情况;平行于 x, y和 z轴的速度分量分
别是 u, v, w;施加在流体表面的压力可以是任意的,
在本文中取其为常数; 最后, 我们假设流体是无黏
性, 即 µ = 0, 或者在讨论中流体的黏滞性不是太
重要 [33−35].
显然,流体的深度 h(x,y, t)-HB(x,y, t)随时间和

空间变化的. 假设流体的深度特征量是已知量, 记
其为 H. 同样,假设存在一个运动的水平特征量,记
为 L0. 表征浅水理论的基本参数条件是

δ = H/L0 ≪ 1, (7)

δ 就是形态比,是描述水平运动与垂直运动关系的
一个量 [33−35]. 由于假设密度是常数,所以连续性方
程 (5)简化为不可压缩条件

∂u
∂x

+
∂v
∂y

+
∂w
∂ z

= 0, (8)

为了研究方便,将压力 p(x,y,z, t)写为 [33−35]

p(x,y,z, t) =−ρgz+ p̃(x,y,z, t), (9)

上式右侧第一项将于单位质量流体所受的常值重

力抵消. 假设无黏,这时候运动方程 (4)的分量形式
有如下表示

∂u
∂ t

+u
∂u
∂x

+ v
∂u
∂y

+w
∂u
∂ z

− f v =− 1
ρ

∂ p̃
∂x

, (10a)

∂v
∂ t

+u
∂v
∂x

+ v
∂v
∂y

+w
∂v
∂ z

+ f u =− 1
ρ

∂ p̃
∂y

, (10b)

∂w
∂ t

+u
∂w
∂x

+ v
∂w
∂y

+w
∂w
∂ z

=− 1
ρ

∂ p̃
∂ z

, (10c)

在推导 (10a), (10b)的过程中, f = 2Ω sinθ . 根据浅
流体模式的定义,用总压力 p(x,y,z, t)表示,有

∂ p
∂ z

=−ρg+O(δ 2), (11)

上式就是静力近似 [33−35]. 关于 z积分 (11)式,得

p(x,y,z, t) =−ρgz+A(x,y, t), (12)

这里 A(x,y, t)是积分常数,由上、下边界条件来定.
为了讨论方便取上边界条件为

p(x,y,h, t) = p0, (13)

也就是施加在流体表面的压力为 p0,这里的 p0 为

常数. 所以

A(x,y, t) = p0 +ρgh. (14)

将 (14)式代入 (12)式,得

p(x,y,z, t) = p0 +ρg(h− z), (15)

由 (15)式知道: 水平压力梯度与 z无关,即

∂ p
∂x

= ρg
∂h
∂x

, (16a)

∂ p
∂y

= ρg
∂h
∂y

. (16b)

所以水平加速度必然与 z无关,假设初始水平速度
与 z无关,则在以后的运动中仍能够保持与 z无关,
这样水平动量方程为

∂u
∂ t

+u
∂u
∂x

+ v
∂u
∂y

− f v =−g
∂h
∂x

, (17a)

∂v
∂ t

+u
∂v
∂x

+ v
∂v
∂y

+ f u =−g
∂h
∂y

. (17b)

由于水平速度 u, v与 z无关,将 (8)式关于 z积分得

w(x,y,z, t) =−z
(

∂u
∂x

+
∂v
∂y

)
+ w̃(x,y, t), (18)

上式中的 w̃(x,y, t) 为积分常数, 利用刚性地面
z ≡ HB(x,y, t) = hB(x,y)+σhS(x,y, t)处法向速度为

零的条件 [36],有

w(x,y,HB(x,y, t), t)

=u
∂hB

∂x
+ v

∂hB

∂y
+σ

(
u

∂hS

∂x
+ v

∂hS

∂y

)
, (19)

得到

w̃(x,y, t) =
(

u
∂hB

∂x
+ v

∂hB

∂y

)
+σ

(
u

∂hS

∂x
+ v

∂hS

∂y

)
+
[
hB(x,y)+σhS(x,y, t)

]
×
(

∂u
∂x

+
∂v
∂y

)
, (20)

故有

w(x,y,z, t) =
[
hB(x,y)+σhS(x,y, t)− z

]
×
(

∂u
∂x

+
∂v
∂y

)
+u

∂hB

∂x
+ v

∂hB

∂y

+σ
(

u
∂hS

∂x
+ v

∂hS

∂y

)
. (21)
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在自由面 z = h上相应的运动学条件是 [36]

w =
∂h
∂ t

+u
∂h
∂x

+ v
∂h
∂y

, z = h(x,y, t), (22)

由 (21)与 (22)式得到

∂h
∂ t

+u
∂h
∂x

+ v
∂h
∂y

− [hB(x,y)+σhS(x,y, t)−h]

×
(

∂u
∂x

+
∂v
∂y

)
−u

∂hB

∂x
− v

∂hB

∂y

−σ
(

u
∂hS

∂x
+ v

∂hS

∂y

)
= 0, (23a)

即

∂ (h−hB)

∂ t
+∇H ·uH(h−hB)

−σ∇H ·uHhS(x,y, t) = 0, (23b)

这里 ∇H 是水平梯度算子, uH 是水平速度,这较之

没有地形缓变的方程 [33]

∂ (h−hB)

∂ t
+∇H ·uH(h−hB) = 0 (24)

来说, 方程左侧的第三项就是下垫面缓变的效应,

该效应受参数 σ 的制约. 比较方程 (23b) 和方程

(24),从方程 (24)知道,下垫面没有缓变时,局部水

平体积散度 ∇H ·uH(h− hB) 和流体局部厚度变化

两者之间建立了平衡关系;从方程 (23d)知道,当下

垫面有缓变时,局部水平体积散度 ∇H ·uH(h−hB)、

流体局部厚度变化以及缓变局部水平体积散度之

间三者保持平衡关系,方程 (23d)订正原有平衡关

系 (24), 更真实地反映动力学关系; 还可以看到,

当下垫面没有缓变时, 即前文所说的 σ = 0, 方程

(23b)就退化为方程 (24),这说明方程 (23b)是方程

(24)的推广,方程 (24)是方程 (23b)的特殊情况. 方

程 (17a), (17b), (23)构成缓变下垫面条件下的改进

浅水模式方程组.

2.3 缓变地形位涡方程

在笛卡尔坐标系中,相对涡度的三个分量是

ωx =
∂w
∂y

− ∂v
∂ z

, (25a)

ωy =
∂u
∂ z

− ∂w
∂x

, (25b)

ωz =
∂v
∂x

− ∂u
∂y

, (25c)

由于假设 u, v与 z无关,有

ωx =
∂w
∂y

= O
(

W
L

)
= O

(
δ

U
L

)
, (26a)

ωy =−∂w
∂x

= O
(

W
L

)
= O

(
δ

U
L

)
, (26b)

ωz =
∂v
∂x

− ∂u
∂y

= O
(

U
L

)
, (26c)

所以, 相对涡度的水平分量是其垂直分量的 O(δ )
倍. 如果将方程 (17a)对 y求微商,将方程 (17b)对
x求微商,消去 h,便得

dζ
dt

≡ ∂ζ
∂ t

+u
∂ζ
∂x

+ v
∂ζ
∂y

=−(ζ + f )
(

∂u
∂x

+
∂v
∂y

)
, (27)

式中引进了记号

ζ ≡ ωx. (28)

利用 (24)式,可以把 (27)式写为

d(h−hB)

dt
+(hB −h)

(
1

(ζ + f )
dζ
dt

)
+σ

[
hS(x,y, t)

×
(

1
(ζ + f )

dζ
dt

)
+

(
u

∂hS

∂x
+ v

∂hS

∂y

)]
= 0, (29)

上式就是改进的浅水流体的位涡方程,可以作为大
气与海洋大尺度运动中考虑了下垫面缓变的动力

学模型. 同样当 σ = 0,方程 (29)就退化为 [33]

d(h−hB)

dt
+(hB −h)

(
1

(ζ + f )
dζ
dt

)
= 0. (30)

3 结 论

在全球变暖的大背景和人类活动的直接影响

下, 大气下垫面随时间会发生变化, 这种变化从某
种意义上来说是缓慢变化,这种缓慢变化对大气运
动会产生影响,涡度是描述空气微团旋转运动的强
弱程度及其方向的一个物理量,涡度方程定量地描
述了这种变化. 本文基于大气运动基本方程, 采用
了不可压缩和常值密度的假设,将下垫面的缓变作
为一个小量叠加于固有下垫面上,利用大气的上下
边界条件, 得到改进的浅水方程, 这个方程较之原
始浅水方程来说, 很好地处理了下垫面条件, 下垫
面的缓慢变化对浅水方程做了合理的动力学订正,
得到改进的位涡方程,其更适合描述大气运动的真
实状态.
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Abstract
In this paper, the shallow water equation is discussed, when the underlying surface is slowly changing. From the continuity
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摘要    2009 年 2 月中下旬至 3 月上旬, 中国长江中下游地区出现了持续阴雨天气, 这

次持续性异常事件影响范围之广、持续时间之长为历史罕见. 本文利用 EOF 分解方法对

相应时段 NCEP-DOE Reanalysis 2 逐日位势高度场距平资料进行分析, 定义了 10~30 天

延伸期稳定分量, 并根据各EOF分量的贡献率的不同变化特征进一步定义了 10~30天延

伸期气候态稳定分量和异常型稳定分量. 气候态稳定分量主要解释气候平均信息对延伸

期天气过程的影响, 而异常型稳定分量则侧重体现了持续性阴雨过程的“异常”特征. 研

究发现, 稳定分量尤其是异常型稳定分量具有如下特征: (1) 时间尺度较长, 能维持较长

时间(10 天以上)的稳定或者表现为月尺度的低频变化及超长波活动; (2) 空间活动范围

较大, 表现为行星尺度的超长波活动, 且在垂直各层有稳定一致的配置关系; (3) 能够较

好地反映中高纬大气环流的变化特征, 体现了指数循环和超长波的移动、调整活动; (4) 

与地面持续性天气过程有较好的对应关系. 

关键词   

稳定分量 

气候态稳定分量 

异常型稳定分量 

10~30 天延伸期预报 

  

 
 
近年来, 10~30 天延伸期预报成为天气和气候业

务预报发展的一个重要方向, 提高持续性异常极端

事件的延伸期预报能力, 是我国气象部门目前面临

的重大气象服务需求[1]. 金荣华等[2]对国内外延伸期

预报业务现状和延伸期预报的发展做了详细介绍 . 

目前国内外 10~30天延伸期的预报技巧普遍偏低, 重

要的原因就是其预报时效接近和超过了目前普遍认

可的逐日预报的理论可预报上限[3~12]. 但必须指出的

是, 逐日天气预报的时效超过了 2 周的理论上限后, 

并不意味着大气运动就没有可预报的分量. 一些行

星尺度的大气活动中心(副高、极涡等), 特征时间尺

度比天气尺度长得多 , 另外大气中还存在准双周

(10~20 天)振荡、季节内(30~60 天)振荡, 这些都能为

10~30 天延伸期提供可用的预报信息, 尤其对持续性

异常事件的预报有重要的影响和潜在预报价值[13~17]. 

观测研究表明, 大气演变中有一些变化较慢的过程
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存在于天气噪音水平之上, 这些缓变过程是和大尺

度大气运动相联系的, 其时间尺度达数周, 持续性比

根据非线性流体动力学所估计的持续性要长得多 , 

这表明在 10~30天的时间尺度内, 仍然存在一些可预

报的气象场的特征[17,18]. 丑纪范等[19,20]基于同一时段

不同气象场的特征具有不同的可预报性这一特征 , 

提出在 10~30天延伸期时间尺度内, 将气象场一分为

二: 数值模式的状态变量=可预报的稳定分量+不可

预报的混沌分量, 然后针对大气系统的可预报分量

和混沌分量采用不同的策略和方法进行延伸期预报. 

在相同的初始特征和外源强迫特征的条件下, 时空

尺度较大的系统具有较大的可预报性. 对于不同时

空尺度的大气或气候预测来说, 应针对其稳定分量

特别加以研究, 抓住其稳定分量的主要特点可以提

高对系统的认识和预测水平[19].  

因此, 针对 10~30 天的延伸期预报, 提取和分析

该时间尺度可预报的稳定分量, 并基于稳定分量改

进现有的全球预报模式, 对研究 10~30天延伸期可预

报性是一个既面临挑战又具有原始创新研究的课题. 

本文研究了 10~30 天延伸期稳定分量的定义、提取方

法和变化特征, 并结合 2009 年 2 月中下旬至 3 月上

旬长江中下游持续阴雨天气过程, 考虑到持续性异

常事件的特殊性, 将稳定分量进一步分为气候态稳

定分量和异常型稳定分量. 气候态稳定分量主要体

现气候信息对延伸期天气过程的影响, 而异常型稳

定分量则侧重体现了持续性阴雨过程的“异常”特征. 

需要说明的是, 本文中的稳定分量仅是从资料分析

角度提取, 与可预报的稳定分量存在一些不同, 我们

将在后续工作中对其可预报性进行分析, 并进一步

对可预报分量(可预报的稳定分量)进行分析, 进而尝

试对 10~30 天延伸期预报进行更进一步的探索.  

1  资料和方法 

1.1  资料 

本文所用资料为 NCEP-DOE Reanalysis 2 (资料

来源于 NOAA/OAR/ESRL PSD, Boulder, Colorado, 

USA, http://www.esrl.noaa.gov/psd) 1979~2009年逐日

资料, 资料的水平分辨率为 2.5°×2.5°. 另外还用到了

中国气象局国家气象信息中心提供的长江中下游地

区 41 站逐日降水量资料, 并绘制了 2009 年 2 月 14

日至 3 月 15 日 41 站平均日降水量演变图(图 1).  

 

图 1  2009 年 2 月 14 日至 3 月 15 日长江中下游地区 41 站

平均日降水量逐日演变图 

2009 年 2 月中下旬至 3 月上旬长江中下游地区

出现了持续时间历史罕见的连阴雨天气, 本文基于

此个例进行研究(以下简称个例). 罗小莉等[21]对这次

过程作了较详尽的分析, 将这次过程分为两个阶段: 

2 月 14 日至 20 日为第 1 阶段, 其中 14~17 日, 18~20

日各有一次冷空气活动; 2 月 21 日至 3 月 9 日为第 2

阶段, 期间不断有冷空气南下, 其中 24~28 日降水非

常明显, 6 日起随着环流调整, 雨区明显南压. 乌拉

尔山阻塞高压的偏强和较长时间维持、西太平洋副热

带高压异常偏北、青藏高原南缘的南支低槽系统活跃

以及切变线在长江中下游一带摆动形成了此次过程

的异常环流特征.  

1.2  方法 

本文主要采用了经验正交函数(EOF)分解方法[22], 

其基本思想是把气象要素场分解为具有典型分布意

义的空间特征向量场和对应时间权重系数的线性组

合. 空间特征向量表征某一气候变量场的变率分布

结构, 其空间分布形式代表了该变量场的主体分布

结构, 时间系数反映空间分布形式与某时间点的实

际分布形式相似或相反的程度:  

.m n m m m nX V Z              (1) 

利用 EOF 可以从近期历史气候资料中获取一组

正交的空间特征向量基底, 然后将个例过程的逐日

要素场展开到相应基底上, 得到一组对应的时间系

数序列: 
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.Z V X              (2) 

因为要素场的信息主要集中在前面一部分所占

比重较大的空间特征向量基底上, 所以可以截取前

面 p个向量用来近似表征总体场的变化情况[23], 而且

李志锦和纪立人[24]通过对 EOF 谱分量的研究发现, 

随着 EOF 分量序号数的增大, 可预报性依次减小: 

.m n m p p nX V Z                  (3) 

2  稳定分量的定义和提取方法 

2.1  稳定分量的定义、分类及提取方法 

穆穆等[25]与李建平和丑纪范[26]给出了稳定分量

和混沌分量的确切含义.  

当给定初始场 X0 和外源强迫 F 的情况下, 空间

尺度为 D(这里 D 为三维尺度)和时间尺度为 T 的气候

可预报性时间 Tp 满足如下函数关系:  

Tp=Tp(D×T; X0, F).            (4) 
在相同初始特征和相同外源强迫特征条件下 , 

对于特定的预报时间 Tp, 对应一个临界尺度 D 满足

式(4). 而系统的稳定分量是这样的一些分量, 其时

空尺度为(Di×T), 满足 

DDi, Tp(Di×T; X0, F);            (5) 
而系统的混沌分量是尺度为(Di×T)的那些分量, 它们

满足 

DiD, Tp(Di×T; X0, F)Tp.          (6) 
以上表明, 对于特定的预测时间尺度而言, 系统

的可预报的部分称为稳定分量, 而不可预报的部分

为混沌分量. 对于不同时空尺度的大气或气候预测

来说, 应针对其稳定分量特别加以研究, 抓住其稳定

分量的主要特点可以提高对系统的认识和预测水平.  

正如莫宁[27]指出: “只有当预报误差不超过预报

量的平均气候变化时, 个别过程的预报才能给出超

过统计(气候)描述所给的信息之外的补充信息, 相应

的期限可以称为所研究的过程的可预报性期限. ”为

进一步明确持续性异常事件中的特殊环流形势, 我

们试图将稳定分量做如下处理:  

( ) ( ) ( ) ,i i iD T D T D T               (7) 

其中 ,  (Di×T)(时空尺度为 (Di×T)的分量 ,  简记为

(Di×T), 以下类同)代表 10~30 天延伸期的稳定分量; 

( )iD T 代表多年气候平均的稳定分量; ( )iD T  为

距平扰动稳定分量. 即 10~30天延伸期的稳定分量可 

以看作多年气候平均的稳定分量叠加上一个距平扰

动稳定分量构成, ( )iD T 主要体现 10~30 天延伸期

的稳定分量中所包含的气候信息, 利用该部分分量

可以解释个例中气候平均的影响, 而 ( )iD T  可以解

释持续性异常过程中体现的“异常”稳定分量信息 , 

故将 ( )iD T 称为 10~30 天延伸期气候态稳定分量, 

( )iD T  称为 10~30 天延伸期异常型稳定分量.  

利用经验正交函数(EOF)分解方法可以通过多年

气候资料场得到一组正交的空间特征向量基底, 然

后将某时刻(或某段序列)的要素场展开到这组基底

上, 从而将要素场的变化转化为空间特征向量对应

时间系数的变化. 按照 EOF 分量对原始场的贡献率

进行排序, EOF 分量序号越小代表该分量对应的空间

分布型对原始场的贡献越大, 李志锦和纪立人[24]通

过对 EOF 谱分量的研究发现, 随着 EOF 分量序号数

的增大, 可预报性依次减小, 因此可以通过选取部分

EOF 序号数较大的分量来实现筛选稳定分量的目的. 

一般而言, 多数情况下 EOF 分量序号与多年气候资

料 EOF 所得空间特征值序号相近. 但在持续性异常

过程中, 可能会出现一些例外, 某些贡献率排名靠后

的 EOF 分量出现异常靠前并且维持相当长一段时间

的情况. 通过进一步分析表明, 该部分分量在很大程

度上可以解释持续性异常过程的气象要素的“异常”

分布型, 我们将这类 EOF 分量定义为 10~30 天延伸

期异常型稳定分量. 而将除此之外对原场贡献率较

大的 EOF 分量定义为 10~30 天延伸期气候态稳定分

量, 具体方法如下.  

(1) 首先利用近 30 年历史同期气候资料进行

EOF 分解, 获取一组正交的空间特征向量基底. 本文

取 1979~2008 年 2 月 14 日至 3 月 15 日共 30 年×30

天 500 hPa 逐日位势高度场, 对其距平场进行 EOF 分

解得到一组空间特征向量正交基. 利用各 EOF 分量

的空间特征向量与其对应时间系数的合成分量相对

于总合成场(即距平场)的解释方差百分比, 作为考察

该 EOF 分量对原场的影响指标, 并将其定义为该

EOF 分量的贡献率. 利用 30 年气候资料各 EOF 分量

多年平均贡献率进行排序, 取累积贡献率前 85%的

EOF 分量进行研究(表 1).  

(2) 将 2009 年 2 月 14 日至 3 月 15 日 500 hPa

逐日位势高度距平场序列展开到上述正交基上, 并

根据各分量的贡献率进行排序, 同样取累积贡献率

前 85%的 EOF 分量, 如表 2 所示. 
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表 1  多年平均累积贡献率前 85%的 EOF 分量 

排序 
贡献率 

(%) 
累积贡献率 

(%) 
原始序号 

平均持续时间 
(天) 

1 16.3 16.3 1 26 

2 9.2 25.5 2 24 

3 9.0 34.5 3 24 

4 7.1 41.5 4 23 

5 5.6 47.2 5 22 

6 5.4 52.6 7 21 

7 4.9 57.5 6 21 

8 3.7 61.2 8 21 

9 2.9 64.1 9 19 

10 2.8 66.9 10 18 

11 2.7 69.6 11 18 

12 2.2 71.8 12 17 

13 2.1 74.0 13 17 

14 2.0 76.0 14 17 

15 1.9 77.9 15 17 

16 1.6 79.5 16 15 

17 1.4 80.9 17 16 

18 1.3 82.2 18 13 

19 1.3 83.5 19 14 

20 1.1 84.6 20 14 

表 2  个例中累积贡献率前 85%的 EOF 分量 

排序 
贡献率 

(%) 
累积贡献率 

(%) 
原始序号 

平均持续时间 
(天) 

1 19.6 19.6 6 23 

2 9.6 29.2 3 18 

3 7.0 36.2 1 15 

4 6.0 42.2 5 15 

5 4.3 46.4 10 20 

6 3.8 50.3 11 22 

7 3.7 54.0 14 14 

8 3.7 57.7 2 16 

9 3.0 60.7 9 13 

10 2.5 63.2 22 13 

11 2.1 65.3 4 16 

12 1.9 67.2 19 8 

13 1.9 69.1 17 14 

14 1.8 70.9 12 12 

15 1.8 72.6 16 13 

16 1.7 74.4 13 11 

17 1.6 75.9 20 12 

18 1.5 77.4 23 11 

19 1.4 78.8 18 12 

20 1.4 80.2 38 15 

21 1.3 81.5 8 12 

22 1.3 82.8 16 13 

23 1.2 84.1 29 8 

24 1.2 85.3 7 11 

(3) 比较表 1与表 2可以发现有一些 EOF分量的

贡献率有了明显的增加, 这表明这些分量在个例中

作用更加突出. 如表 1 中 EOF6 分量的多年平均贡献

率为 4.9%, 排序第 7位, 而在个例中其贡献率提升至

19.6%, 排序为第 1 位. 图 2 给出了 EOF6 分量的空间

分布和贡献率的逐日变化情况, 可以发现该分量主

要体现波数为 3 的超长波分布特征, 结合个例中对应

时间系数的变化, 该分量在乌拉尔山地区为一正距

平中心, 利于阻塞高压的形成和维持, 在东亚地区为

一负距平中心, 这种形势十分有利于中高纬冷空气

的南下, 而在中国南部的副热带地区则表现为正距

平, 使得南下冷空气受阻同时正距平西北侧有利于

暖湿气流的北上, 这样的形势在低层表现为切变线

的维持, 从而造成了这次持续性阴雨过程. 在表 2 中

选取类似 EOF6 分量, 将贡献率排序提升 5 位以上并

且在累积贡献率前 85%内持续天数超过两周的 EOF

分量定义为 10~30天延伸期异常型稳定分量, 而将与

多年平均表现相近, 在累积贡献率前 85%内的其余

EOF分量定义为 10~30天延伸期气候态稳定分量. 在

个例中对于距平场而言, 异常型稳定分量贡献率为

37.2%, 气候态稳定分量的贡献率为 48.1%, 可见异

常型稳定分量所占比重相当高, 达到气候态稳定分

量的量级, 故对整个延伸期的天气过程产生了较大

的“异常”作用, 而其中 EOF6 的“异常”维持时间达两

周以上, 其重要作用不言而喻.  

2.2  稳定分量的演变情况 

个例反映的是长江中下游地区的持续阴雨过程, 

造成这次事件的主要原因是欧亚地区中高纬度大气

环流经向度加大, 乌拉尔山阻塞高压维持, 同时西太

平洋副热带高压异常偏北以及青藏高原南缘的南支

低槽系统活跃, 利于西南暖湿气流北上与冷空气在

长江中下游一带交汇产生降水. 图 3~5分别为个例中

北半球 500 hPa 位势高度距平场所得的 10~30 天延伸

期异常型稳定分量、气候态稳定分量和二者叠加所得

稳定分量间隔 5 天的日平均分布场.  

由图 3 可见异常型稳定分量在个例前 21 天尤其

前两周内一直维持着一个比较稳定的环流形势: 在

欧洲东部维持一个较强的正距平, 在东北亚一带为

较强的负距平, 在北太平洋上为较强的正距平中心, 

受其影响我国华南地区以南均呈现正距平分布. 而

图 4 气候态稳定分量的持续性不如异常型稳定分量
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图 2  北半球 500 hPa 位势高度场 EOF6 空间分布(a)和贡献率(b)随时间的变化 

 

图 3  北半球 500 hPa 位势高度距平场异常型稳定分量的空间分布(单位: dagpm) 

(a) 2 月 14 日; (b) 2 月 19 日; (c) 2 月 24 日; (d) 3 月 1 日; (e) 3 月 6 日; (f) 3 月 11 日 

那么明显, 尤其在个例时段第 16 日(3 月 1 日)极涡的

增强, 导致原本的槽脊形势减弱, 纬向环流特征有加

强趋势, 对应长江中下游持续阴雨有所减弱, 但由于

异常型稳定分量的异常强烈维持, 导致二者叠加所

得稳定分量直至持续至第 21 天(3 月 6 日)时仍然呈现

较强的经向环流特征(图 5), 形成了长江中下游地区

的短期降水加强形势. 而在第 26 天(3 月 11 日)时纬

向环流特征加强, 冷空气的南下形势减缓, 长江中下

游的持续阴雨过程结束. 综上, 气候态稳定分量更多

地体现了指数循环特征, 反映了中高纬的环流形势

变化, 尤其是中高纬的超长波槽脊移动和调整, 而异

常型稳定分量则集中反映了原场相对稳定的持续性

形势, 中高纬的超长波槽区在东北亚的维持和脊区

在欧亚大陆西部的维持形势, 这十分有利于中高纬

冷空气的南下, 同时北太平洋脊区向西南延伸至我

国华南, 使得南下的气流受到阻挡而堆积在长江一

带, 形成了本次持续阴雨过程. 可见, 异常型稳定分

量较清晰地反映了持续性的“异常”环流形势, 能够

较好地解释这次个例过程的形成原因.  

对比图 5 和图 3, 可以看出所提取的稳定分量尤

其是异常型稳定分量较清楚地对应了乌拉尔山阻塞

高压和东亚地区的低压形势, 同时副热带地区有高

压中心维持在长江以南地区 , 这种形势的维持与

2009 年 2 月 14 日至 3 月 9 日长江中下游地区连阴雨
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过程有较好的对应关系, 即所提取的异常型稳定分

量达到了预期的效果, 能够充分体现延伸期天气过

程的形势变化.  

将距平场所得异常型稳定分量和气候态稳定分

量叠加上气候平均态, 即可得到原场的稳定分量. 由

此原始位势高度场(图 6)分为两部分: 稳定分量(图 7)

和混沌分量(图 8). 图 7 为稳定分量的空间分布随时

间演变情况, 对比图 6, 可以发现稳定分量去除了变 

 

 

图 4  北半球 500 hPa 位势高度距平场气候态稳定分量的空间分布(单位: dagpm) 

 

图 5  北半球 500 hPa 位势高度距平场稳定分量的空间分布(单位: dagpm) 
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图 6  北半球 500 hPa 位势高度场的空间分布(单位: dagpm) 

(a) 2 月 14 日; (b) 2 月 19 日; (c) 2 月 24 日; (d) 3 月 1 日; (e) 3 月 6 日; (f) 3 月 11 日 

 

图 7  北半球 500 hPa 位势高度场稳定分量的空间分布(单位: dagpm) 

化周期较短的小尺度波动, 从而更清晰地反映了延

伸期内的大体形势变化, 在包含异常型稳定分量所

反映异常稳定形势的同时, 其形势分布更贴近实际

状况. 图 8 混沌分量中则包含了更多较小尺度的波动, 

25



中国科学: 地球科学   2013 年  第 43 卷  第 5 期 
 

843 

尤其其中周期为 5天左右的天气波动在 10~30天延伸

期内进一步发展和增强, 对短期天气过程有重要的

影响, 但总体而言由于其持续性较差, 变化周期较短, 

给 10~30天延伸期的预测带来困难, 故将其划分为混

沌分量.  

图 9(a)为稳定分量与原场间的距平相关系数

(ACC)的逐日变化情况, 反映了所提取的稳定分量与

原场有较好的相关关系 , 尤其在持续阴雨的时段

ACC 值都在 0.8 以上. 从预报角度讲, 抓住了稳定分

量的变化即可较为准确预测延伸期的天气过程. 而

如果单独考察气候态稳定分量, 不考虑异常型稳定

分量, 则 ACC 出现较大的振荡变化(图 9(b)), 尤其在

第 5~15 天出现一个低谷, 从侧面反映了异常型稳定

分量的持续性对于个例过程的重要性. 
 
 

 

图 8  北半球 500 hPa 位势高度场混沌分量的空间分布(单位: dagpm) 

 

图 9  北半球 500 hPa 位势高度场稳定分量的 ACC 评分逐日变化曲线 

(a) 包括异常型稳定分量; (b) 不包括异常型稳定分量 
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3  延伸期稳定分量的配置及演变 

3.1 不同尺度滤波与延伸期天气变化 

对变量场序列做距平处理, 实际上相当于去除

了变量的年变化和季节循环等特征, 这与低通滤波

有异曲同工之妙, 故上述对距平场提取稳定分量的

做法同样适用于滤波分量, 而且通过对不同时间尺

度滤波分量的分析, 可以使我们能更清楚地了解个

例中不同尺度波动的变化和配置关系 . 图 10(a)为

2009 年 2 月 22 日北半球 500 hPa 位势高度场 60 天以

上低通滤波分量的空间分布, 图中欧亚大陆西部为

一较强的高压脊区, 东部为东亚大槽控制区, 亚洲极

涡的偏强使得东亚大槽呈现较强的形势, 这十分利

于冷空气的大量南下影响我国中南部地区, 结合图

10(b)带通滤波分量在华南地区的脊区维持, 共同形

成了个例的环流形势. 图 11(a)为 60 天以上低通滤波

分量沿 30°N 的时间-经度剖面图, 由图可以发现在个

例对应时段内 120°E 附近一直维持着一个槽区低值

中心, 其中 2月 25日前后几天负值达到最强, 这与图

1 中长江中下游地区降水量峰值相对应. 而图 11(b)

显示了 10~60 天带通滤波分量的演变形势 , 其中

110°E~120°E 有几次较明显的低值中心变化过程, 这

与长江中下游连阴雨的几次过程有较好的对应关系. 

60 天以上低通滤波分量与 10~60 天带通滤波分量配

合叠加形成 500 hPa 层次控制长江中下游地区连阴雨

过程的槽区环流形势.  

3.2 不同高度层次稳定分量的配置 

对 200 和 850 hPa 两个层次重复上述稳定分量的

提取操作, 即从垂直方向的空间分布进一步考察异

常 EOF 分量的立体层次配置情况, 分别得到两个层

次的异常型稳定分量. 结合 200, 500 和 850 hPa 三个

层次的异常 EOF 分量的变化情况及其空间分布的对

应情况, 对各层次的异常 EOF 分量进行删减修正, 

最终得到各层异常 EOF 分量集合, 然后分别与各自

对应时间系数进行合成, 得到异常型稳定分量的逐 

 

 

图 10  北半球 500 hPa 位势高度场不同滤波分量的空间分布(单位: dagpm) 

(a) 60 天以上低通滤波; (b) 10~60 天带通滤波 

 

图 11  北半球 500 hPa 位势高度场不同滤波分量沿 30°N 的时间-经度剖面图(单位: dagpm) 

(a) 60 天以上低通滤波; (b) 10~60 天带通滤波异常型稳定分量 
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日演变情况. 图 12 为个例第 21 天(3 月 6 日)三个层

次的异常型稳定分量的空间分布图. 由图可见, 三个

层次的异常型稳定分量的空间分布较为一致, 都是

在亚洲东部维持了一个槽区而在欧亚大陆西部为脊

区, 反映了异常型稳定分量所体现系统的深厚稳定. 

三个层次的一致性, 也在一定程度说明了异常型稳

定分量的提取过程是较为成功和可靠的.  

3.3 不同变量场稳定分量的配置 

持续性异常事件是各要素场相互配置共同影响

所致, 对温度场和风场进行稳定分量的提取同样可

以得到类似的结论. 在个例过程中, 温度场稳定分量

与高度场有较好的配置关系, 在东亚槽区为低温中

心, 乌拉尔山附近及副热带地区为温度正距平区域, 

温压场的配置形成了长江中下游地区北方冷空气南

下与南方暖湿气流北上的形势, 从而造成此次持续

阴雨过程. 图 13 给出流场中稳定分量的空间分布和

随时间的演变情况.  

由图 13(a)~(e)可以发现在个例过程中欧亚大陆

的西部一直维持着一个反气旋式的环流, 同时配合 

 

 
 

 

图 13  北半球 500 hPa 流场稳定分量的空间分布 

(a) 2 月 14 日; (b) 2 月 19 日; (c) 2 月 24 日; (d) 3 月 1 日; (e) 3 月 6 日; (f) 3 月 11 日 

图 12  2009 年 3 月 6 日异常型稳定分量的空

间分布(单位: dagpm) 

(a) 200 hPa; (b) 500 hPa; (c) 850 hPa 
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亚洲东部的气旋式环流利于大量冷空气南下至东亚

地区, 另一方面在西北太平洋上空则为维持着一个

反气旋式环流, 利于暖湿气流北上, 冷暖空气在长江

中下游地区交汇, 并在该地区上空形成一个较强的

辐合形势, 有利于降水过程的发生和维持, 从而导致

了这次持续阴雨过程. 尤其在图 13(c)和(d) (2 月 24

日~3 月 1 日)上, 在长江中下游地区出现较强的西风

锋区, 流场呈现异常强的辐合形势, 这与个例时段较

强的降水过程有较好的对应关系.  

4  讨论和结论 

基于 2009 年 2 月中下旬至 3 月上旬长江中下游

地区的持续阴雨天气过程, 利用经验正交函数(EOF)

分解方法对 200, 500, 850 hPa 三个位势高度场距平资

料进行分析. 基于各 EOF 分量对原场贡献率的不同

变化特征定义了 10~30天延伸期稳定分量, 并进一步

定义了气候态稳定分量和异常型稳定分量. 气候态

稳定分量主要解释气候态对延伸期天气过程的影响, 

而异常型稳定分量则重点体现了持续性阴雨过程的

“异常”特征. 研究发现稳定分量(尤其异常型稳定分

量)具有如下特征: (1) 时间尺度较长, 能维持较长时

间(10 天以上)的稳定或者表现为月尺度的低频变化

及超长波活动; (2) 空间活动范围较大, 表现为行星

尺度的超长波活动, 且在垂直各层有稳定一致的配

置关系; (3) 能够较好地反映中高纬环流的变化特征, 

体现了指数循环特征和超长波的移动、调整活动; (4) 

与地面持续性天气过程有较好的对应关系. 10~30 天

延伸期稳定分量应该是在延伸期过程中占主导变化

地位的、具有较大时空尺度的大气活动中心或遥相关

型的配置, 它的活动变化受大气永久和半永久活动

中心的影响, 甚至也可能是大气活动中心在延伸期

尺度上的低频变化分量. 另一方面, 它不同于天气尺

度的长波活动, 其更体现了超长波的移动和调整, 与

西风带的指数循环有较为密切的联系.  

本文工作主要是从已有的历史资料中进行分析, 

在实际预报中, 如何提前确定稳定分量尤其是异常

型稳定分量, 这方面的工作有待进一步探讨.  

致谢 感谢审稿专家提出的宝贵意见.  
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动力统计客观定量化汛期降水预测研究新进展

封国林　赵俊虎　支　蓉　龚志强　郑志海　杨　杰　熊开国
（国家气候中心 中国气象局气候研究开放实验室，北京１０００８１）

摘　　要

汛期降水预测是短期气候预测的重要内容之一，也是难点之一。近２０年来，动力统计相结合的预测方法在解

决这一复杂的科学难题方面取得了一定进展。该文系统地介绍了近年来国家级气候预测业务中关于动力统计客

观定量化预测的原理、最优因子订正和异常因子订正两类预测方案，及动力统计集成的中国季节降水预测系统

（ＦＯＤＡＳ１．０）。２００９—２０１２年的汛期降水预测中，动力统计客观定量化预测方法４年平均ＰＳ评分为７３，距平相

关系数为０．１６，体现了较高的预报技巧。但该方法仍存在不足，需通过加强气候因子与降水之间关系的诊断分析、

完善短期气候模式的物理过程、改进参数化方案及研发有针对性的区域气候模式等手段，进一步提高模式本身的

预报技巧，使动力统计预测方法在汛期降水预测中发挥更大作用。

关键词：汛期预测；动力统计方法；历史资料

引　言

我国的气候灾害发生频率较高，旱、涝灾害极大

影响我国的经济建设和社会发展。据统计，每年气

候灾害所造成的损失占我国国民生产总值的２．７％

左右［１］。在近几十年全球气候变暖背景下，某些灾

害性天气气候事件频繁发生，且随着经济发展，气象

灾害造成的经济损失越来越严重［２］。因此，对月、季

节时间尺度旱、涝气候，尤其是汛期旱、涝趋势的预

测是我国大气科学工作者的一项重要课题［３］。

相关研究表明，动力统计相结合是提高短期气

候预测准确率的有效途径之一［４６］。围绕两者如何

有效结合的问题，国内外开展了广泛研究。其中，在

气候模式预报基础上结合数理统计方法，利用历史

资料信息对模式误差进行预报是引人注目的研究方

向。早在１９５８年，顾震潮就提出将数值预报从初值

问题改为演变问题［７］，并指出了数值天气预报中使

用历史资料的重要性和可行性［８］。丑纪范从理论上

探讨了在长期预报中动力和统计如何结合的问

题［９１２］，在此基础上，众多气象工作者从不同角度建

立相似动力模式
［１３１９］，发展适用于动力季节预测的

相似误差订正方法，并进行预测试验，其结果显示该

方法能有效提高热带降水和环流的预报技巧［２０２５］；

近年来，人们利用国家气候中心（ＮＣＣ）的实际业务

模式耦合全球环流模式（ＣＧＣＭ）
［２６３２］和较全面的

历史资料，发展了利用相似年的模式误差信息实现

对预报年气候模式预报误差预报的汛期降水动力

统计客观定量化预测方法，进一步有效改进模式预

测结果。

本文简要回顾了动力统计预测早期的研究成

果，在此基础上，系统介绍了近年来国家级气候预测

业务中关于动力统计客观定量化预测的原理、流程

和方案等方面的最新研究进展。

１　动力统计预测早期研究回顾

数值模式本身不可避免地存在误差，目前主要

从正面改进模式各个环节来减小模式误差，但进一

步提高预报水平的难度越来越大。相比之下，如何

２０１３０４０８收到，２０１３０７２２收到再改稿。

资助项目：国家自然科学基金项目（４０９３０９５２，４１１０５０５５），国家重点基础研究发展计划（２０１２ＣＢ９５５９０２，２０１３ＣＢ４３０２０４），公益性行业（气象）科

研专项（ＧＹＨＹ２０１１０６０１６）
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使用数理统计学方法来提高动力模式的预报水平，

实现动力和统计方法的有机结合，一直是倍受关注

的科学问题。事实上，在使用动力模式的数值天气

预报诞生不久，动力统计相结合的思路就应运而

生。

顾震潮在充分认识到模式只用初值的缺陷后，

提出将数值预报从初值问题改变为演变问题，并指

出天气数值预报中使用历史资料的重要性和可行

性［７８］。丑纪范将微分方程的定解问题变为等价的

泛函极值问题［９］，通过引入广义解首次建立了多时

刻预报模式。此后，基于不同原理使用大气近期演

变数据的预报方法被创造性提出：郑庆林等［１３］发展

了使用多时刻观测资料的数值天气预报新模式；邱

崇践等［１４１６］基于求解反问题提出了模式识别和参数

优化的新方法；通过将预报场视为叠加在历史相似

上的一个小扰动来建立相似动力模式
［１７１９］，对模式

模拟结果进行ＥＯＦ分解，确定支撑吸引子的缩减气

候模式自由度的方法［３３３４］；曹鸿兴［３５３６］基于大气运

动是不可逆过程，推导出了多时次观测的大气自记

忆性方程，并建立了自记忆预报模式［３７］，进而提出

了包含多个时间层的回溯阶差分格式［３８３９］，上述方

法利用历史资料信息求解三类反问题［４０］，属于动

力统计方法的内部结合，其数值试验表明预报技巧

在旬、月尺度的预报中有显著提高［４１］。

动力统计相结合的另一种表现形式为外部结

合，即两种方法相对独立，统计方法一般只作为模式

预报的外围辅助或后处理。早期发展的ＰＰ法和

ＭＯＳ法用于将环流预报信息转换成地面的天气预

报［４２４３］，利用过去观测或预报数据建立环流场与地

表要素场之间的统计关系，然后由模式输出环流场

间接预报地面要素场。在此基础上，进一步发展起

来降尺度技术［４４４８］和模式结果后处理技术等［４９］。

特别是模式误差订正技术［５０５１］，已成为改善模式预

报不可或缺的重要手段。任宏利等［２０２３］和郑志海

等［２４２５］分别发展了适用于动力季节预测的相似误差

订正方法，并进行了预测试验，其结果显示该方法能

有效提高热带降水和环流的预报技巧。２００８年以

来，利用实际业务模式ＣＧＣＭ和历史资料发展了利

用相似的模式误差信息实现对预报年气候模式预报

误差预报的汛期降水动力统计客观定量化预测方

法，并在２００９—２０１２年汛期降水预测中实现业务应

用，并体现了较高的预报技巧。

２　动力统计客观定量化预测原理、流程及

方案

２．１　动力统计客观定量化预测的基本原理

一般来讲，数值预报是作为偏微分方程的初值

问题提出来的，长期业务预报的经验表明，在相似的

初始场和边界条件下，大气状况演变在一定的时间

尺度范围内也具有一定的相似性［１２，２０２２］。因此在相

似动力模式中，可以将当前的预报场视为历史相似

加上一个小扰动，引入历史相似对应的预报误差信

息来估计当前的预报误差，从而减小数值模式误差，

将数值模式预报问题转化为预报误差的估计问

题［２３２５］。

２．２　动力统计客观定量化预测流程

基于动力统计客观定量化预测的基本原理，以

全国汛期降水预测为例，图１给出了动力统计客观

定量化预测的总体流程。总体的预测流程主要分为

５步：①前期处理，通过历史降水资料（美国气候预

报中心组合降水分析（ＣＭＡＰ）夏季降水数据和国家

气候中心全球海气耦合模式ＣＧＣＭ 生成的１９８３—

２００９年共２７年回报和预报的夏季降水数据）与气

候因子（主要采用国家气候中心整编的７４项环流指

数和ＮＯＡＡ的４０项气候因子，简称１１４项因子）的

相关性检验建立各区域预测因子集（区域划分参考

文献［５２］）；②预测方案选取，通过异常判别指标判

断预测年前期的因子是否出现异常，如果出现异常，

则采用异常因子订正方案，否则采用最优多因子组

合订正方案；③误差预报，通过步骤②有针对性的预

测方案选取预测年的相似误差，并进行区域集合形

成全国模式预报误差；④降水预报，模式预报误差与

模式原始预报结果相加，得到全国汛期降水距平百

分率预测结果；⑤预测检验，通过计算ＰＳ评分和距

平相关系数（ＡＣＣ）检验预测效果（评分方法详见文

献［５３］）。

　　预测流程中步骤②和③为重点，步骤②采用了

两种有针对性的预测方案：一为针对正常年份具有

普适性的最优多因子组合订正方案，另一为针对前

期因子异常年采用异常因子订正方案；而步骤③则

为动力统计预测的核心问题，即通过相似指标选取

相似年和相似误差，其中相似年份数的选取需要进

行敏感性试验。
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图１　全国汛期降水动力统计客观定量化预测流程

Ｆｉｇ．１　ＴｈｅｐｒｏｃｅｓｓｅｓｏｆＤｙｎａｍｉｃａｌＳｔａｔｉｓｔｉｃａｌＯｂｊｅｃｔｉｖｅａｎｄ

ＱｕａｎｔｉｆｉａｂｌｅＦｏｒｅｃａｓｔｉｎｇ（ＤＳＯＱＦ）ｏｆｓｕｍｍｅｒｒａｉｎｆａｌｌｉｎＣｈｉｎａ

２．３　动力统计客观定量化预测方案

由于区域气候特征的不同及影响因素的差异，

王启光等［２６２７］、熊开国等［２８２９］和杨杰等［３０３１］基于动

力统计的基本原理，从不同角度分别构建了针对长

江中下游地区、东北地区和华北地区汛期降水的多

种预测方案，这些预测方案归纳起来大致分为两类：

最优多因子组合订正方案和异常因子订正方案。

以长江中下游汛期降水预测为例，最优多因子

组合订正方案的预测流程如图２所示。具体步骤如

下［２６］：①根据ＣＭＡＰ历年降水资料和历年模式回

报结果得到汛期降水历年模式预报误差；②将１１４

项因子在预测年（例如２００９年）的１月因子和前一

年（２００８年）的２—１２月的因子作为预测年前期因

子，利用各单因子以交叉检验的方式对模式结果进

行相似误差订正，与ＣＭＡＰ降水资料对比，得到单

因子相似误差订正时２６年（１９８３—２００８年）ＡＣＣ

平均排序；③选取２６年ＡＣＣ平均值大于０．１０的因

子进行优化组合，将其中 ＡＣＣ最大值因子作为组

合的首因子，根据双因子对１９８３—２００８年交叉检验

的ＡＣＣ平均值的大小判断第２个因子，依此类推得

到前１１个优化因子组合；④利用前９个、前１０个和

前１１个优化因子共３种组合，对因子组采用ＥＯＦ

分解提取占８０％的主分量，利用欧氏距离对每种因

子组合选取４个相似年，结合历年模式误差分别选

取相似误差场；⑤将各相似年误差场根据重复出现

的次数加权集合平均，结合２００９年模式预测结果，

得到２００９年汛期降水预测结果。２００３—２００９年７

年的独立样本回报结果表明，基于最优多因子组合

的动力统计集成预测方案具有较高的预报技巧，

ＡＣＣ平均值为０．４３，相比于系统误差订正的７年

ＡＣＣ平均值０．２８有了明显提高
［２６］。

　　熊开国等
［２９］通过确定主导因子，应用演化相似

及优化因子组合配置等途径，发展了最优多因子动

态配置汛期降水相似动力预测新技术，并对我国东

北地区汛期降水进行了预报试验，交叉检验及对

２００５—２００９年进行独立样本检验的结果均表明该

方法对东北汛期降水有一定预报技巧，表明了汛期

降水预测中采用多因子动态配置的必要性，同时也

证实了利用历史资料改进数值模式的另类途径是可

行的，显示出业务预报应用的潜在能力。杨杰等［３０］

通过对前期因子进行单因子交叉检验筛选，建立适

用于华北夏季降水的区域特点的普适性固定关键相

似因子集，考虑到影响因子对区域汛期降水的年际

或年代际变化导致在不同的研究时段内的最优多因

子配置的动态变化，结合历史近期最优因子配置得

到预报时段内稳定的最优关键因子组合，研发了动
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态最优多因子组合的华北汛期降水模式误差估计及 预报技术，改善华北地区夏季降水预报效果。

图２　长江中下游地区汛期降水最优因子组合订正方案
［２６］

Ｆｉｇ．２　Ｔｈｅｓｃｈｅｍｅｆｏｒｒｅｖｉｓｉｎｇｔｈｅｆｏｒｅｃａｓｔｉｎｇｏｆｓｕｍｍｅｒｒａｉｎｆａｌｌｉｎｔｈｅ

ｍｉｄｌｏｗｅｒｒｅａｃｈｅｓｏｆｔｈｅＹａｎｇｔｚｅｂａｓｅｄｏｎｏｐｔｉｍａｌ

ｃｏｍｂｉｎａｔｉｏｎｆａｃｔｏｒｓ（ｆｒｏｍｒｅｆｅｒｅｎｃｅ［２６］）

　　上述分别针对长江中下游地区、东北地区和华

北地区的动力统计集成预测方案、最优多因子动态

配置预测方案和动态最优多因子组合预测方案，预

测方法存在一定差异，但均属于针对正常年份具有

普适性的最优多因子组合订正方案。另一类预测方

案为针对前期因子年采用异常因子发生异常订正方

案，预测流程如图３所示。

由图３可知，异常因子订正方案的预测流程主

要包括６步
［２７，３１］：①区域降水前期关键因子集建

立，②因子异常级阈值判断，③判断是否存在关键性

异常因子，④异常因子独立性判断及优化配置，⑤相

似年选取及加权集合相似误差计算，⑥求取汛期预

测结果。

　　王启光等
［２７］研究发现，１１４项逐月因子在历年

汛期前期总会出现部分因子异常的状况，其中１９８５

年前期异常偏小的因子明显较多，而１９９８年和

１９９９年前期异常偏大的因子明显多于往年，１９８３—

２００９年２７年因子异常偏小数量呈较明显的减小趋

势，并提出了基于因子异常并压缩维度预报ＮＯＦＭ

误差的方法，２００５—２００９年５年独立样本回报结果

表明，该方法可以将５年ＡＣＣ平均值由系统误差订

正的０．２２提高到０．４７，提高了长江中下游地区汛

期降水预报准确率。

此外，赵俊虎等［５４］研究了西太平洋副热带高压

（以下简称副高）指数的特征，将副高西伸脊点指数和

脊线指数的距平投影于二维平面，对副高进行分类，

并对其各种类型下我国夏季降水进行了合成分析，发

现夏季副高西伸脊点和脊线不同配置下我国汛期降

水的总体分布具有明显的规律性。在此基础上，杨杰

等［５５］基于动力统计客观定量化预报原理，将模式误

差动力统计客观定量化预报方案应用于副高的客观

定量化预测，并对２００３—２０１０年的副高区域的

５００ｈＰａ高度场进行了回报检验，结果显示该方案在

数值模式预报结果基础上有进一步提高，显示出较好

的预测水平。然后从高度场预测结果中提取出副高

脊线与西伸脊点指数，将其投影于二维平面，与文献

［５４］中副高统计分类相结合，进而得到了预报年副高

所属类型下我国汛期的可能雨型，检验结果表明：预

测的投影类型所对应的降水合成分布与实况降水具

有很好的一致性，达到了通过副高的定量化预测对汛
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期的旱涝分布形势进行预测的目的，为进一步提高汛 期降水预测水平提供一种可能的思路。

图３　异常因子订正方案

Ｆｉｇ．３　Ｔｈｅｓｃｈｅｍｅｂａｓｅｄｏｎａｎｏｍａｌｉｓｔｉｃｆａｃｔｏｒｓ

３　动力统计集成的中国季节降水预测系统

利用国家气候中心业务预报模式ＣＧＣＭ 和两

类动力统计预测方案，建立了动力与统计集成的季

节降水预测系统（ＦＯＤＡＳ１．０）。该系统在动力统

计客观定量化预测理论和方法的基础上，充分借鉴

国家气候中心和区域、省级气候中心现有科研和业

务成果，尤其是预报员的诊断技术和预报经验，研制

适合区域气候特点的预测方案。目前，ＦＯＤＡＳ１．０

已在国家气候中心、８个区域气候中心和广西、山东

等多省市气候中心实现准业务试用。

图４为ＦＯＤＡＳ１．０系统框架图。系统主要包

括以下模块：实时数据接收模块、历史检索模块、相

图４　ＦＯＤＡＳ１．０系统框架图

Ｆｉｇ．４　ＴｈｅｆｒａｍｅｄｉａｇｒａｍｆｏｒＦＯＤＡＳ１．０
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似因子客观选取模块、统计相似预测模块、全国降水

因子诊断订正模块、区域相似因子订正模块、动力

统计客观定量化预测模块、预测评分模块。预报产

品主要包括全国（或区域）季节降水的统计相似预测

图、动力统计客观定量化预测图以及预测产品的检

验图形等。此外，该系统还可以检索历年降水距平

百分率、因子演变曲线等，供预报员参考。ＦＯ

ＤＡＳ１．０的推广应用，为区域和省级气候中心进一

步加强月季节尺度降水等的客观定量化预报提供

了有力支撑，使之更好地为国家和区域的防灾、减灾

决策服务。

４　２００９—２０１２年汛期降水动力统计客观定

量化预测效果检验

　　围绕动力统计客观定量化预测的基本原理，采

用动力统计客观定量化预测方法对２００９—２０１２年

我国汛期降水进行了实际预测，逐年情况具体如下。

２００９年我国夏季降水整体偏少，黄淮流域、长

江下游、江南东部、东北北部和青藏高原东部等地区

降水较常年偏多，其余大部分地区降水偏少（图

５ａ）。２００９年动力统计客观定量化预测主雨带位

于黄淮流域，华南东部至江南南部、青藏高原东部及

东北北部降水偏多，西北至东北东南部的北方大部

地区、西南地区、长江下游等地区降水偏少（图５ｂ）。

其中东北北部、黄淮流域、青藏高原东部及江南东部

的降水偏多的预测与实况相符，西北至东北东部及

西南地区的降水偏少预测也与实况相符，而华南地

区降水偏多的预测与实况不符，预测结果ＰＳ评分

为７９，ＡＣＣ为０．３８。

　　２０１０年全国夏季降水整体偏多，主雨带位于江

汉至江南一带地区，西北西部、东北北部和南部、长

江中下游及其以南地区降水较常年偏多，华北、西北

东部及淮河流域等地区降水较常年偏少；动力统计

客观定量化预测全国降水偏多，预测除西北东部、华

北南部及华南等少数地区外，其余大部地区降水偏

多，全国降水偏多预测正确，但是北方降水偏多预测

错误，预测结果ＰＳ评分为７２，ＡＣＣ为０．１０
［５６］。对

此，赵俊虎等［５６］在分析２０１０年夏季降水异常气候

成因的基础上，进行降水动力统计诊断回报，回报

结果较初次预测有明显改进，回报结果ＰＳ评分为

７５，ＡＣＣ为０．２６，从而验证了前冬海温和积雪的异

常是导致２０１０年夏季降水异常分布的主要气候成

因，并提出了改进优化多因子汛期降水客观定量化

预测方法的可能途径。

图５　２００９年夏季降水距平百分率 （ａ）观测，（ｂ）预测

Ｆｉｇ．５　Ｄｉｓｔｒｉｂｕｔｉｏｎｓｏｆｏｂｓｅｒｖｅｄ（ａ）ａｎｄｐｒｅｄｉｃｔｅｄ（ｂ）

ｓｕｍｍｅｒｒａｉｎｆａｌｌａｎｏｍａｌｙｐｅｒｃｅｎｔａｇｅｓｉｎ２００９

　　２０１１年夏季我国降水整体偏少，降水异常偏多

的区域主要位于长江中下游地区，华北东部至东北

西部、西藏西南部至陕南一带地区降水也偏多；南

疆、内蒙古中部、东北东南部、华北南部及西南至江

南南部大范围地区降水偏少［５７］。动力统计客观定

量化预测［５７］主雨带位于华北，华南东部至江南南

部、西藏和西北中东部降水偏多，新疆经内蒙古至东

北的北方一带、西南经江汉至长江下游一带地区降
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水偏少；其中西南地区、南疆、内蒙古中西部及东北

东部的干旱预测正确，西藏南部、西北东部、江淮部

分地区以及华北沿渤海湾地区偏涝预测与实况相

符；而黄淮流域及华南、江南等地区的预测结果与实

况差异较大；预测结果ＰＳ评分为７０，ＡＣＣ为０．１２。

此外，在上述预测方法的基础上，进行了动力统计

诊断预测［５７］，预测主雨带位于江淮流域，新疆西部、

西藏至黄河上游、黑龙江东北部及华南地区降水偏

多；而新疆中东部经内蒙古至东北一带的北方地区

及西南等地区降水偏少；其中对主雨带的预测接近

实况，新疆东部、内蒙古大部、黄河中下游、东北东南

部及西南地区的干旱预测与实况一致，而东北西北

部、华南等地区预测与实况不符；预测结果ＰＳ评分

为７５，ＡＣＣ为０．２５。赵俊虎等
［５７］以长江中下游地

区为例，对比说明了动力统计客观定量化和动力统

计诊断两种预测方法选取因子的差异及后者预测

结果有一定提高的原因，并指出２０１１年夏季主雨带

偏南是中高纬度地区阻塞形势与低纬度地区副高的

季节内异常振荡及二者逐月不同配置的产物，而中

高纬度地区阻塞形势与低纬度地区副高的季节内异

常振荡是由海温、积雪等外强迫及东亚环流系统内

部成员相互作用共同所致。

２０１２年夏季我国降水整体偏多，大体呈北方

涝、长江旱的分布，主雨带位于黄河流域及其以北，

降水异常偏多的区域主要位于西北大部、内蒙古和

环渤海湾，此外东北大部、西南北部、江南等地区降

水偏多。黄淮、江淮、长江中游至广西北部及广东大

部等地区降水偏少，其中江汉至淮河上游降水异常

偏少（见文献［５８］图３ａ）。２０１２年３月动力统计客

观定量化预测南北两条雨带，即河套地区经华北北

部至黑龙江的北方多雨带和西南经华南至江南大部

的南方多雨带，此外预测黄淮流域降水也偏多，而其

他大部地方降水偏少（图略）；其中北方和江南等地

的降水偏多预报正确，华中地区降水偏少预报正确，

西北大部地区降水偏少预测错误，广东、云南等地降

水偏多预测与实况不符；预测结果ＰＳ评分为７０，

ＡＣＣ为０．０３。２０１２年５月动力统计客观定量化

预测主雨带位于北方地区，此外预测黄河下游和西

南地区降水偏多，此外大部分地区降水偏少，广西至

淮河流域一带大范围地区降水异常偏少（见文献

［５８］图３ｂ）；其中，北方多雨带预测和广西至淮河流

域一带大范围地区降水偏少预测正确；内蒙古东部

至辽宁、江南等地预测降水偏少，与实况不符；预测

结果ＰＳ评分为７６，ＡＣＣ为０．１６。

５　小　结

我国地处东亚季风区，地理自然条件复杂，区域

气候差异较大，围绕以旱涝预测为焦点的月季节尺

度的短期气候预测，在我国区域经济发展、建设中起

着重要作用，一直是国家和区域防灾减灾工作的重

中之重［５９］。近几年，在全球增暖的背景下，我国区

域气候异常和极端事件频发［６０６２］，客观上增加了国

家和区域对于提高月季节气候预测准确率的需求。

此外，由于全球增暖导致了影响短期气候的关键因

子发生变化，即在全球变暖背景下年代际变化带来

了统计相关不稳定的问题［６３］，更增加了预测的难度

和不确定性。为了适应气候变化和预测的新需求，

发展新的统计诊断与预测技术十分必要［６４６５］。从国

内外的研究进展来看，充分利用历史资料和数值模

式，采用动力和统计相结合的思路进行短期气候预

测，已成为提高客观预测水平的重要手段，有着广阔

的发展前景［６６６８］。动力学方法和数理统计学方法在

天气预报和短期气候预测中各有所长，如何使动力

与统计更有机的结合，是需要继续深入研究的一个

重要课题。

近年来动力统计客观定量化预测方法在短期

气候预测领域取得了一定突破，该方法在近４年的

全国汛期降水预测中表现出较高的预报技巧，这更

说明了动力统计相结合的短期气候预测思路的正

确性。目前，动力统计客观定量化预测方法已经从

季节气候预测移植到月气候预测中，此外还从降水

预测向气温和高度场预测［６９］进行了拓展。但该方

法仅是一种模式预报的外围辅助或后处理手段，也

存在不足之处，如采用多因子选取相似年时，部分因

子与降水之间的物理机制不清晰。目前只是进行

月、季节尺度气候预测试验，今后还需要向年际、年

代际气候预测方向拓展；预测结果对模式的预测能

力依赖性强，若模式结果很差，动力统计预测的提

升空间也很有限。因此，需要通过加强因子与降水

之间关系的诊断分析、完善模式物理过程、改进参数

化方案及研发有针对性的区域气候模式等手段，进
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一步提高模式本身的预报技巧，使动力统计方法有

更大的用武之地。
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长江上游降水变化及其对径流的影响

冯亚文 1，2，任国玉 1，刘志雨 3，吴吉东 4，张 雷 1

（1. 中国气象局气候研究开放实验室，国家气候中心，北京100081；
2. 中国科学院地理科学与资源研究所，北京100101；3. 水利部水利信息中心，北京100053）；

4. 北京师范大学环境演变与自然灾害教育部重点实验室，北京 100875

摘 要：利用长江上游地区60个国家基本、基准站1960年-2009年的月降水量资料和干流区屏山、寸滩和宜昌

3个水文控制站同期径流资料，分区域对长江上游地区的降水量、径流量变化趋势以及降水量和径流量的相关性进

行了分析。主要结论如下：①年降水量呈上升和下降趋势的气象站点空间分布相对集中，分别分布在屏山站以上

流域和屏山站以下流域；屏山站以下流域和整个长江上游地区年降水量近50年呈现下降趋势，屏山站以下流域秋

季降水量的显著减少是长江上游年降水量减少的主要原因；②整个长江上游月降水量趋势从1月-7月以上升趋势

为主逐渐转变到8月-12月以下降趋势为主，且月降水量变化趋势空间分布有从3月份至9份月由屏山站以下流域

开始逐渐向长江源头过渡的趋势，到9月份整个长江上游基本呈减少趋势；③与降水量变化趋势基本一致，屏山站

以下流域寸滩和宜昌站年径流下降趋势显著的主要原因是5月-11月径流的减少，且秋季下降显著，而屏山站春、

夏、冬和年径流呈上升趋势，且春季和冬季上升趋势很显著；④整个上游地区面雨量与径流量具有很好的相关性，

同期面雨量与径流量在月、季和年尺度上相关性都较显著。屏山以上流域隔月相关比同期相关性强。

关键词：长江上游；降水；径流；趋势；面雨量；气候变化

1 引言
长江上游流域，地形复杂，环境条件多样，不同

地区降水差异相对较大。未来南水北调西线工程

将从通天河、雅砻江、大渡河调水，这将改变长江流

域宜宾以上的来水情况；三峡大坝竣工后，上游降

水和径流的变化对其蓄水量和工程效益也有重要

影响。了解长江上游区域降水和径流的变化趋势

以及降水量对径流量的影响，对于三江源地区生态

和环境建设、三峡大坝年度和季节性蓄水的调度和

未来南水北调西线工程的建设与管理等，均具有重

要现实意义[1-3]。

前人对长江流域的降水和径流变化已做了许

多研究。如：任国玉等 [4]利用 1951年-1996年地面

气象记录资料计算我国全年和季节降水量长期变

化趋势特征指数，结果表明我国长江中下游地区年

和夏季降水量呈现明显增加趋势；姜彤等[5]研究发

现 1961年-2000年整个长江流域夏季降水显著增

加；沈浒英等[6]分析长江流域降水径流的年代际变

化，结果表明1951年-2001年长江流域夏季降水有

更加集中的趋势；Zhang等[7]研究发现近50年嘉陵江

干流和乌江流域 9月降水显著减少；Wang等[8]认为

1958年-2008年长江流域降水的减少是寸滩、宜昌、

汉口、大通站径流量减少的主要原因；王艳君等[9]研

究发现 1961年-2000年长江上游年和冬季降水显

著增加。这些研究多侧重于整个流域年、季尺度降

水和径流变化的分析，对上游单站月时间尺度的降

水量和径流量变化分析以及把两者结合起来的研

究较少。本文侧重于长江上游 60个气象站的月降

水量时空变化趋势分析，进而计算月、季和年度流

域面雨量，并分析降水量对径流量变化的影响，以

期为长江流域的水量调度、水资源保护、规划与管

理提供科学依据。
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2 数据来源与研究方法
2.1 数据来源

采用长江上游 60个国家基本气象站和基准气

候站观测资料。在这些站点中，大部分记录开始于

20世纪 60年代，为保证所有气象站点资料长度一

致，统一采用 1960年-2009年的月降水观测记录。

中国气象局国家气象信息中心对资料进行了质量

控制。部分站点个别月份存在缺测，由于上游站点

分布较稀疏，再加上地形起伏相对较大，临近站点

之间观测数据相关程度不高，采用临近站点资料进

行空间插值并不理想，因此对个别月份缺测数据

（占0.1%）的处理，均选用前后两年该月降水的平均

值来插补，年降水数据则由月降水累加所得，以保

证降水序列的完整和连续性。

水文资料选取长江上游屏山、寸滩和宜昌 3个
干流控制站1960年-2009年的月径流数据，资料来

源于水利部水文信息中心。研究区及气象、水文站

点分布见图1。
2.2 研究方法

线性倾向估计和Mann-Kendall秩次相关法是

趋势分析最常用的方法[10-13]，另外，还有累积距平、

滑动平均、二次平滑、三次样条函数及小波分析等

趋势分析方法[14]，而线性倾向估计以其简洁易操作

特点在国内水文气象趋势分析中多被采用[4，6，9，10，12]。

本文中降水量和径流量的趋势分析采用线性

倾向估计法。若用 yi 表示样本量为 n 的某一变量，

用 xi 表示 yi 所对应的时间，建立 xi 与 yi 之间的一

元线性回归方程[14]：

yi = axi + b， i = 1，2，⋯，n （1）
式中 a 为回归系数；b 为回归常数；a ×10称为气候

变化速率或变化速率，即每 10a 气象要素的趋势变

化值，其值为正或负的绝对值大小即表示 yi 随 xi 上

升或下降的快慢。变量 y 与时间 x 之间的相关系

数 r 计算公式如下 [14]：

rxy =
∑
i = 1

n

( )yi - ȳ ( )xi - x̄

∑
i = 1

n

( )yi - ȳ
2∑

i = 1

n

( )xi - x̄
2

（2）

式中 n 为时间序号；ȳ 和 x̄ 分别为变量 y 和时间 x

的均值；r 为正（负）时，表示变量在该时间段内有线

性增加（减少）的趋势；r 可称为趋势系数，给定显著

性水平α，若 || r > ra ，认为 y 的变化趋势是显著的。

在 n =50的条件下，当 || r 的值不小于0.231、0.273和
0.354 时，表示变量 y 的线性趋势通过了信度为

0.10、0.05和0.01的显著性检验，分别表示趋势变化

较显著、显著和很显著。流域面雨量采用泰森多边

图1 研究区及其水文、气象站点分布

Fig.1 The study area and hydro-meteorological stations
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形方法计算[15]：首先求得各测站的面积权重系数，然

后用各测站雨量与该测站面积权重系数相乘后累

加得到整个流域的面雨量 p ：

p = f1 p1+ f2 p2 + ,⋯,+fn pn （3）
式中 p 为流域面雨量；f1，f2，⋯，fn 分别为各测

站的面积权重系数；p1，p2，⋯，pn 分别为各测站

同时期降雨量。

3 降水趋势分析
3.1 年降水量趋势空间分布特征

长江上游 60个气象站近 50年（1960年-2009
年）年降水量趋势变化空间分布如图 2所示。年降

水量呈上升趋势的气象站有31个，主要分布在江源

地区、金沙江以及雅砻江流域，即屏山水文站控制

流域基本表现为上升趋势，其中上升趋势较显著的

是江源地区的伍道梁站以及川西高原的康定站和

小金站。具有下降趋势的气象站有29个，主要分布

在屏山站以下流域（本文指屏山至宜昌段），其中宜

宾、都江堰、峨眉山、乐山、昭通、略阳、广元和遵义8
个气象站降水下降趋势较显著，宜宾、都江堰、峨眉

山、乐山和昭通站的年降水下降幅度都超过-20mm/
10a，形成一个降水量趋势性下降中心。

总体来说，长江上游年降水量下降和上升的区

域分布都比较集中，即屏山水文站以上流域和以下

流域降水变化趋势基本相反，这两个区域分别对应

于竺可桢中国气候区划中的西藏类和云南高原类

气候类型[16]，分别主要受高原大陆性气候和海洋性

过渡气候的影响。这种趋势可能会导致局部地区

洪涝或干旱发生的频率增加，但整个长江上游流域

降水变化趋势具有升降互补性，可能在很大程度上

平抑了三峡大坝以上流域面雨量长期趋势性变

化。因此，以下分析面雨量变化时将长江上游划分

为屏山站以上流域、屏山站以下流域以及整个上游

流域分别进行讨论。

3.2 年、季面雨量变化趋势

长江上游流域年、季雨量趋势系数和趋势变化

速率见表1。
屏山站以上流域：年面雨量呈上升趋势，变化

速率为7.37mm/10a，但上升趋势不显著；春、夏和冬

季三季面雨量均表现出上升趋势，变化速率分别为

5.01mm/10a、2.06mm/10a和 0.85mm/10a，其中，春季

降水增加趋势很显著，冬季降水增加趋势显著；而

秋季面雨量呈不显著下降趋势；说明冬季和春季降

水增加是屏山站以上流域年降水增加的主要原因。

屏山站以下：年面雨量下降趋势显著，变化速

率为-15.63mm/10a；除冬季面雨量呈上升趋势外，

其它 3个季节降水均表现出下降趋势，其中秋季面

雨量减少趋势很显著，变化速率达-10.19mm/10a，

图2 1960年-2009年长江上游年降水量变化趋势空间分布（P<0.1）
Fig.2 Annual precipitation trends in the upper Yangtze River from 1960 to 2009
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说明秋季降水减少是年降水量下降的主要原因。

整个长江上游：年面雨量呈不显著下降趋势，

这与文献[17]研究发现长江上游年降水量有降低趋

势的研究结果一致；春、夏和冬季三季面雨量均表

现出弱的上升趋势，但是变化不显著；秋季面雨量

呈很显著下降趋势，变化速率为-7.08mm/10a；整个

上游地区四季面雨量趋势变化与屏山站以上流域

一致，且长江上游秋季面雨量变化趋势与年面雨量

趋势相同，说明近 50年来秋季降水，特别是屏山站

以下流域秋季降水量减少是长江上游年

降水量下降的主要原因。这与文献[18]
认为长江流域大多数站点秋季面雨量呈

显著下降趋势的研究结果一致。

3.3 月面雨量变化趋势

屏山站以上流域、屏山站以下流域

和整个上游地区各月面雨量变化速率列

于表2，趋势系数见图3。
屏山站以上流域：除了 9月和 12月

份面雨量呈不显著下降趋势外，其余 10
个月面雨量呈增加趋势，且 1月-5月份

上升趋势较显著，其中1月和3月份面雨

量上升趋势显著，3月-6月份的面雨量

变化速率都在1mm/10a以上，5月份达到

2.77mm/10a。

屏山站以下流域：1月、2月和 6月份面雨量呈

不显著上升趋势，其中 6月份变化速率为 1.99mm/
10a，3月份无明显变化趋势；其余8个月均为下降趋

势，其中 9 月份下降趋势很显著，变化速率达到

-7.87mm/10a。
长江上游：1月-7月份，除了4月份表现出微弱

的下降趋势外，其余6个月均呈上升趋势，其中1月
上升趋势显著，变化速率为0.60 mm/10a；8月-12月
份，连续5个月表现为下降趋势，其中9月份下降趋

屏山以上

屏山以下

长江上游

1月
0.56
0.29
0.60

2月
0.4

0.50
0.53

3月
1.19
0.00
0.59

4月
1.06

-0.64
-0.24

5月
2.77

-0.81
0.26

6月
1.13
1.99
0.18

7月
0.90

-1.83
0.11

8月
0.04

-1.91
-0.93

9月
-0.99
-7.87
-5.51

10月
0.13

-1.61
-0.97

11月
0.28

-0.72
-0.58

12月
-0.11
-0.21
-0.34

年

春

夏

秋

冬

注：*、**和***分别表示通过0.10、0.05和0.01的显著性检验。

屏山站以上

趋势系数

0.227
0.381***
0.074

-0.045
0.291**

变化速率

（mm/10a）
7.37
5.01
2.06

-0.58
0.85

屏山站以下

趋势系数

-0.318**
-0.092
-0.047
-0.430***
0.129

变化速率

（mm/10a）
-15.63
-1.44
-1.75

-10.19
0.59

长江上游

趋势系数

-0.152
0.040
0.030

-0.430***
0.190

变化速率

（mm/10a）
-4.69
0.61
0.98

-7.08
0.79

表1 1960年-2009年长江上游年、季节面雨量趋势系数及变化速率

Table 1 Seasonal and annual areal rainfall trends coefficient and change rate

in the upper Yangtze River from 1960 to2009

表2 长江上游各月面雨量变化速率

Table 2 Monthly mean areal rainfall change rate in the upper Yangtze River （mm/10a）

（虚线分别表示α=0.10、α=0.05和α=0.01的显著性水平临界值，图6、图7、图8同）

图3 1960年-2009年长江上游各月面雨量趋势系数

Fig.3 Trend coefficients of monthly mean areal rainfall in the upper
Yangtze River from 1960 to 2009
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势很显著，变化速率为-5.51mm/10a。
综上分析看出，屏山站以上流域、屏山站以下

流域和整个上游地区面雨量在 1月、2月、6月、9月
和 12月等 5个月份趋势变化一致，1月、2月和 6月

均为上升趋势，9月和 12月都为下降趋势；屏山站

以上流域和整个上游地区在4月、8月、10月和11月
份趋势变化不一致；屏山以下和整个上游地区在 3
月，5月和 7月变化趋势不一致。整个上游地区呈

上升趋势的月数与呈下降趋势的月数相等，但由于

降水的季节分配不均，主要集中在夏秋季节，故整

个上游地区年降水仍然为不显著下降趋势。其中

对秋季降水量减少贡献最大的是9月降水量明显减

少，对冬季降水量增加贡献最大的则是 1月降水量

的增加。

为对比月降水量上升或下降台站数的变化，图

4给出了长江上游月降水量具有不同变化趋势与通

过显著性检验的气象站数量百分比。从降水量呈

上升趋势的气象站来看，1月-8月整个上游地区以

上升趋势的气象站个数占优势，其中1月-3月平均

在80%以上，4月-8月5个月都在50%以上；上升显

著的气象站以 1月和 5月最多，约占参与统计气象

站总数的 20%。9月-12月以下降趋势的气象站占

优势，下降趋势站点占 60%以上，下降显著的气象

站以9月最多，为参与统计气象站总数的25%。

为进一步分析各月降水趋势的空间分布特征，

图5给出了长江上游各月降水量变化趋势空间分布

情况。

1月-2月：整个上游地区绝大多数气象站表现

为上升趋势，只有个别气象站表现为下降趋势，其

中1月份具有下降趋势的气象站主要分布在嘉陵江

上游以及下游偏西地区和泯沱江下游地区，上升趋

势较显著的站点主要位于干流区及右岸；2月份呈

下降趋势的站点主要在泯沱江流域西部，上升趋势

显著的站点主要位于整个上游地区偏北部。

3月-4月：具有上升趋势的站点集中分布在屏

山站以上地区和泯沱江流域，且上升趋势显著的站

点主要分布在金沙江和雅砻江流域；4月份呈下降

趋势的站点主要集中在嘉陵江流域和乌江流域，而

3月份乌江流域为上升趋势。

5月-7月：呈现上升趋势的站点 5月份主要分

布在宜宾以上地区，6月份主要位于干流区、右岸流

域和嘉陵江流域，7月份则分布比较凌乱，只有乌江

全流域为上升趋势。

8月-12月：8月份上升趋势和下降趋势的站点

分布亦较凌乱；9月份除了宜宾以上地区极少数台

站（9个）出现上升趋势外，其余地区均为下降趋势；

10月和11月具有上升趋势的站点仍然集中分布在

宜宾以上地区，站点个数比 9月份有所增加；12月

份有15个气象站表现出上升趋势，但均未通过显著

性检验，主要分布在江源地区和嘉陵江流域的偏东

部地区。

4 径流趋势分析
4.1 年、季径流趋势

年径流序列受人类活动和气候变化等因素的

影响，亦可表现出相应的随时间变化特征。这里对

长江上游干流屏山、寸滩和宜昌三水文站的年、季

径流序列进行趋势变化分析（表 3），并检验其统计

显著性。

从表 3可以看出，屏山站除秋季表现出下降趋

势外，其余季节都呈上升趋势，且冬季和春季径流

上升趋势很显著，年径流也呈上升的趋势，但上升

趋势不显著。寸滩站年径流下降趋势较显著，春、

图4 1960年-2009年长江上游月降水量具有不同变化趋势

与通过显著性检验（P<0.1）的气象站数量百分比（%）

Fig.4 Percentages of stations with monthly precipitation experiencing
varied trends in the upper Yangtze River from 1960 to 2009（%）
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夏和秋三季表现为下降趋势，其中秋季下降趋势显

著，冬季为很显著上升趋势。宜昌站年径流呈较显

著下降趋势，这与文献[19]、[20]研究发现长江上游

径流量趋于减少的结论相似；春、冬季为上升趋势，

夏、秋季为下降趋势，其中秋季下降趋势很显著，冬

季上升趋势显著。可见，近50年长江上游径流的减

少主要是由于屏山站以下流域秋季径流量减少所

致，这也与上文屏山站以下流域1960年-2009年期

间面雨量的年、季趋势变化基本一致。

4.2 月径流趋势

长江上游三水文站各月径流量变化趋势分析

结果见图 6。可以看出：屏山站近 50年 12个月中 6
月、8月、9月和 10月表现为不显著下降趋势外，其

余月份为上升趋势，其中1月-4月的径流增加趋势

很显著，5月径流增加趋势显著。寸滩站5月-11月
表现为下降趋势，其中9月、11月下降趋势较显著，

10月下降趋势很显著，1月-4月、12月为上升趋势，

其中1月-3月上升趋势很显著。宜昌站除12月外，

其余月份径流量变化趋势同寸滩站一致，但显著性

有所差异。近 50年整个长江上游地区三个水文站

1月-4月份径流量均表现出增加的趋势，6月、8月、

9月、10月径流量均表现出减少的趋势，5月、7月、

11月屏山站流量变化趋势与寸滩和宜昌站相反，12
月屏山站和寸滩站呈上升趋势，而宜昌站为下降趋

势，但上升和下降趋势均不显著。

站名

屏山

寸滩

宜昌

春季

0.549***
-0.020
0.073

夏季

0.014
-0.141
-0.083

秋季

-0.044
-0.356**
-0.434***

冬季

0.492***
0.478***
0.333**

年

0.076
-0. 271*
-0.264*

注：同表1。

表3 长江上游干流水文站年和季节径流趋势系数

Table 3 Seasonal runoff trend coefficients in the upper Yangtze River

图5 1960年-2009年长江上游月降水量变化趋势分布（P<0.1）
Fig.5 Monthly precipitation trends by meterological stations in the upper Yangtze River from 1960 to 2009
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5 面雨量与径流量相关性分析
长江上游径流补给来源分为冰雪融

水和大气降水两种，但以大气降水为主。

选取长江上游50年的径流、降水数据，对

屏山以上流域面雨量与屏山站径流量、整

个上游面雨量和宜昌站径流量分别做年、

季和月相关性分析，同期和延时1个月相

关性分析结果见图 7，同期年和季节相关

性分析结果见图8。
从屏山站以上流域面雨量与同期屏

山站径流量的相关性看，12 个月中 5
月-10月相关性显著，其中5月-8月和10
月份相关性很显著，9月份相关性显著，2
月和 11月表现为负相关；四季面雨量和

同期径流量除冬季表现为负相关外，春、

夏和秋三季的正相关性都很显著；年面雨

量和径流量相关性也很显著。

整个上游面雨量和同期宜昌站径流

量有很好的正相关性。从月份来看，1月
和 12月为显著相关，2月为较显著相关，

其余各月都表现为很显著相关；季、年面

雨量与同期径流量亦具有很好的正相关

性，除冬季为较显著外，其余都表现为很

显著，年面雨量与径流量相关性也很显

著。因此，长江上游流域多雨年与丰水

年、少雨年与枯水年对应关系很好。这也

说明，长江上游地区径流量年际变化主要

取决于流域降水，人类活动的影响仍十分

微弱。

由于长江上游流域面积大、流程长，

径流对降水的响应可能具有滞后性，故对

当月面雨量与下月径流量的相关性也做

了分析。结果表明：屏山站以上流域，2
月-6月、8月-9月、11月 8个月延时相关

性比同期相关性强；整个上游地区1月-3
月、9月-10月和 12月共 6个月的延时相

关性比同期相关性强，最高的延时相关出

现在 2月、3月和 8月，但 6月的降水对 7
月径流的影响相对比较弱。陈正洪等 [21]

也指出长江上游6月降水与7月宜昌站径

图7 1960年-2009年长江上游面雨量与径流量同月和延时1月相关系数

Fig.7 Correlation coefficients between areal rainfall and runoff at different hydro
stations from 1960 to 2009

图8 1960年-2009年长江上游季节和年面雨量与径流量相关系数

Fig.8 Correlation coefficients between areal rainfall and runoff at different hydro
stations from 1960 to 2009

图6 长江上游三水文站月径流量线性趋势系数

Fig.6 Monthly runoff linear trends coefficient in three hydrological stations
of the upper Yangtze River
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流关系较弱。造成这一现象的原因可能与上游冰

雪融水贡献增大、屏山站以下到宜昌流程短等因素

有关。

6 结论与讨论
利用长江上游 60个气象站的降水资料和 3个

水文站的径流资料，对长江上游地区降水和径流变

化趋势及相关性进行了分析，得出以下结论：

（1）整个长江上游地区年降水量近50年呈现下

降趋势，秋季降水的显著减少是年降水减少的主要

原因，特别是9月份降水下降趋势极显著，对整个上

游地区降水量的下降起关键作用；同时，年降水量

上升和下降的气象站点空间分布相对集中，分别分

布在屏山站以上流域和屏山站以下流域，屏山站以

下降水量的减少对整个长江上游地区年降水量下

降的贡献最大。

（2）从月降水量变化趋势来看，整个长江上游

地区1月-8月以上升为主，9月-12月以下降趋势为

主，而且从1月-12月，降水从以上升趋势为主逐渐

转变，并在 9月转为以下降趋势为主，持续至 12月

份，到 1月再转为上升趋势。从月降水趋势的空间

分布来看，屏山站以上流域大部分气象站点多数月

份表现出上升的趋势，其中1月-5月上升趋势较显

著；而屏山站以下流域和整个上游地区月降水趋势

基本一致，8月-12月表现为下降趋势，9月份月降

水量下降趋势很显著；同时从 3月-9月，月降水趋

势空间变化有从屏山站以下流域向长江源头逐渐

过渡，到 9月整个长江上游基本呈减少趋势的变化

规律。

（3）不同区域径流量趋势变化不一致。从年径

流来看，寸滩站和宜昌站下降趋势较显著，而屏山

站呈不显著上升趋势；屏山站春、夏和冬三季径流

量均呈上升趋势，且春季和冬季上升趋势很显著，

而寸滩站春、夏和秋三季表现为下降趋势，且秋季

下降趋势很显著。从月径流来看，屏山站与寸滩、

宜昌站表现不一致，屏山站 12个月中除了 6月、8
月-10月表现为下降趋势，其余月份均为上升趋势，

而寸滩、宜昌站5月-11月呈下降趋势。

（4）整个上游地区面雨量与径流量具有很好的

相关性。屏山以上流域有8个月延时1个月相关比

同期相关性强；整个上游地区同期面雨量与径流量

有很好正相关性，12个月的同期面雨量与径流量相

关性都较显著；季、年面雨量与径流量亦具有很好

的正相关性，除冬季外其余季节都表现为很显著。

本文仅仅研究了长江上游降水和径流的相互

关系，未考虑气温、蒸发、人类活动等其它因素对径

流的影响，而径流变化是气候变化因素与人类活动

对下垫面的改造共同作用的结果。因此，今后在分

析降水、径流演变规律时，还应全面考虑气候条件、

流域下垫面改变和人类活动等因素的综合影响。

但是，本文分析表明，目前引起长江上游地区径流

年际和趋势变化的主要因子仍然是降水。了解降

水量年际和趋势变化的规律和原因，对于长江上游

径流和洪水监测、预测，并进而对三峡大坝等重大

水利工程的运行、管理具有一定实际意义。
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Rainfall and Runoff Trends in the Upper Yangtze River

FENG Yawen1，2，REN Guoyu1，LIU Zhiyu3，WU Jidong4，ZHANG Lei1

（1. Laboratory for Climate Studies，National Climate Center，CMA，Beijing 100081，China；
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3. Hydrological Information Center，Ministry of Water Resources，Beijing 100053，China；

4. Key Laboratory of Environmental Change and Natural Disaster，MOE，Beijing Normal University，Beijing 100875，China）

Abstract: Spatiotemporal monthly rainfall-runoff analysis is the foundation of water regulation，

water resource protection and management，and drought and flood hazard prediction. Previous

studies of the Yangtze River have mainly focused on the whole river basin and seasonal or yearly

rainfall and runoff analysis. Here，rainfall records from 60 national basic and reference stations，

and hydrological data from three control stations of the upper Yangtze River were used to analyze

rainfall and runoff characteristics across the upper Yangtze River. First，the spatial distribution of

weather stations with upward and downward trends for precipitation were comparatively

concentrated. Weather stations with an upward trend were located in the Sichuan Basin above the

Pingshan Hydro station（PA region），while weather stations with a downward trend were mainly

located in the rest of the upper Yangtze River（PR region）. Annual precipitation in the upper

Yangtze River has declined in the last 50 years. Second，monthly precipitation trends show that

more than half of weather stations experienced upward trends in eight months（Jan-Aug）. The

spatial distribution of monthly rainfall shows a transition from the PA region to PR region between

Mar-Sep. Runoff shows a similar trend to rainfall and an indistinctively upward trend in Pingshan

station，and a downward trend in Cuntan and Yichang stations. The decrease in runoff in the PR

region from May-Nov is the main reason for the runoff drop seen at the Cuntan and Yichang

stations. Runoff in the PA region shows an upward trend in all seasons except autumn，especially in

spring and winter. A good correlation was found between area rainfall and runoff in the upper

Yangtze River.

Key words：Upper Yangtze River；Areal rainfall；Runoff；Trend；Precipitation；Climate change
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Nitrogen dioxide measurement by cavity attenuated phase shift
spectroscopy (CAPS) and implications in ozone production
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[1] Nitrogen dioxide (NO2) is a key species in studying photochemical smog and formation
mechanisms of nitrate in fine particles. However, the conventional commercially available
chemiluminescence (CL)-based method often has uncertainties in measuring NO2 because
of interferences with other reactive nitrogen species. In this study, an Aerodyne Cavity
Attenuated Phase Shift Spectroscopy (CAPS) NO2 monitor that essentially has no
interferences with nitrogen containing species was deployed in Beijing for the first time
during August 2012. The CAPS NO2 monitor is highly sensitive with a detection limit (3σ)
of 46.6 ppt for 1 min integration. The NO2 measured by CAPS shows overall agreement
with that from CL, yet large differences up to 20% were also observed in the afternoon.
Further, the discrepancies of NO2 measurements between CAPS and CL appear to be NOz

dependent with larger differences at higher NOz concentrations (e.g.,> 14 ppb). As a result,
the ozone production efficiency of NOx (OPEx) derived from the correlations of Ox-NOz

with the CL NO2 can be overestimated by 19–37% in Beijing. The daily OPEx calculated
with the CAPS NO2 ranges from 1.0 to 6.8 ppb/ppb with an average (±1σ) of 2.6 (±1.3) for
the entire study. The relatively low OPEx and the relationship between OPEx and NOx

suggest that ozone production chemistry is VOC sensitive during summer in Beijing. Two
case studies further show that high concentrations of NOx can significantly enhance the
formation of nitrate in fine particles in the presence of high O3 and favorable
meteorological conditions.

Citation: Ge, B., Y. Sun, Y. Liu, H. Dong, D. Ji, Q. Jiang, J. Li, and Z. Wang (2013), Nitrogen dioxide measurement by
cavity attenuated phase shift spectroscopy (CAPS) and implications in ozone production efficiency and nitrate formation in
Beijing, China, J. Geophys. Res. Atmos., 118, doi:10.1002/jgrd.50757.

1. Introduction

[2] Air pollution is a great concern in China in recent
years. The roles of megacities in regional air pollution, such
as photochemical smog and haze, have been extensively
investigated in previous works [Guttikunda et al., 2003,
2005; Kanakidou et al., 2011; Lawrence et al., 2007;
Madronich, 2006; Molina et al., 2010; Molina and Molina,

2004; Ran et al., 2012]. Beijing, one of the largest cities in
China and one of the top 25 world megacities, has a resident
population of more than 20 million in 2012 (http://www.
bjstats.gov.cn/nj/main/2012-tjnj/index.htm). The dense pop-
ulation and rapid economic growth have resulted in a sub-
stantial increase of anthropogenic pollutants in Beijing and
regions in its vicinity, which contributes significantly to the
air pollution in Beijing [Hao et al., 2005; Shao et al., 2006;
Wang et al., 2006]. It was estimated that ~74% of the ground
level NOx in Beijing is due to vehicular emissions, whereas
power plants and industrial sources contribute only 2% and
13%, respectively [Hao et al., 2005]. Although photochemi-
cal smog is a major air pollution issue in Beijing, the mecha-
nisms of the formation of surface O3 are not well known for
this area; specifically with respect to the formation mecha-
nisms of O3 in urban versus rural areas of Beijing. Wang
et al. [2006] found that O3 formation in a mountainous area
in the north of Beijing was limited by NOx; however, a
VOC-controlled ozone formation mechanism was dominant
at the urban sites in Beijing [Wang et al., 2010b]. Similarly,
Chou et al. [2009] found that reduction of NOx emission
appeared not to be effective toward reducing O3 concentra-
tion at an urban site in Beijing.
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[3] Previous studies [Chameides et al., 1992; Kleinman
et al., 1994, 2000; Sillman, 1999] have shown that the sur-
face O3 is primarily formed from photochemical reactions
of VOCs and NOx. NOx not only plays the role of catalyst
in the chain reactions for O3 production but also is a major
terminator of free radicals, which has the potential to limit
the formation of O3 in the atmosphere [Sillman, 1999;
Roberts et al., 1995; Seinfeld and Pandis, 2006]. Since the
oxidants of NOx can be removed from the O3-production-
reaction system, Liu et al. [1987] defined the number of
molecules of O3 formed per NOx as O3 production efficiency
of NOx (OPEx), which has been used as an important indicator
in studying O3 chemistry. Trainer et al. [1993] and Kleinman
et al. [1994] found better correlations between O3 and the
oxidation products of NOx, i.e., NOz (= NOy � NOx) than
the sum of reactive nitrogen species, NOy, in the photochemi-
cally aged air, based on which the OPEx was revised as
Δ[O3 +NO2] /Δ[NOz]. Therefore, accurate measurements of
NOy and NOx are of importance to understand the formation
mechanism of O3 production, and hence to make the corre-
sponding control strategies for mitigation of photochemical
smog. Because of interferences of reactive nitrogen species,
the OPEx derived from the commercially standard chemilumi-
nescence-based (called CL hereafter) instruments often has
large uncertainties and represents an upper limit, especially
in the photochemically aged air [Ge et al., 2010]. For example,
Dunlea et al. [2007] reported an overestimation of 22% of
NO2 measured by the CL monitors compared with the collo-
cated spectroscopic measurements in Mexico City. Such
uncertainties are expected to be enlarged in the downwind
areas of megacities where the production of NOz, such as
PAN and HNO3, in the total reactive nitrogen species is more
significant in comparison to urban cities.
[4] To improve the accuracy of NO2 measurements, a NO2

monitor utilizing Cavity Attenuated Phase Shift Spectroscopy
(CAPS) was recently developed [Kebabian et al., 2005,
2008]. The CAPS NO2 monitor directly measures the
absorption of NO2 at the wavelength of 450 nm and requires
no conversion of NO2 to other species. Compared to the
standard commercially available CL-based NOx analyzer,
the CAPS NO2 monitor shows much enhanced performance
in terms of sensitivity, accuracy, and baseline stability
[Kebabian et al., 2005]. In particular, the CAPS NO2 has es-
sentially no interferences from other nitro containing species,
although small spectral interferences from 1,2-dicarbonyl
compounds, such as glyoxal and methylglyoxal, are possible
due to the ±20 nm band-pass centered at 440 nm [Kebabian,
et al., 2008]. Commercially available CL analyzers are the
standard type of instrument employed at surface monitoring
network stations for ambient measurements of atmospheric
NO2. Ambient NO2 analyzers employing the same CL
detection scheme, yet utilizing UV photolysis with high
power LEDs to convert NO2 to NO prior to CL detection,
are also commonly utilized in field research. Similar to the
Aerodyne CAPS instrument, photolysis-chemiluminescence
(P-CL) instruments have higher sensitivity and chemical
selectivity for NO2 than the standard commercially available
NO2 CL analyzer [Ryerson et al., 2000; Pollack et al., 2010;
Sadanaga et al., 2010]. These P-CL systems are the current
recommended standard for ambient measurements of NO2

by the Global Atmospheric Watch (GAW). Considering the
above mentioned advantages of the commercially available

Aerodyne CAPS NO2 monitor compared to the standard
commercial CL analyzer, evaluation of the Aerodyne
CAPS NO2 instrument as a potential resource for future
NO2 measurements has significant implications for future
surface monitoring networks, especially for monitoring
sites with low concentrations of NO2 and/or where photo-
chemical production of NOz is intense.
[5] In this work, an Aerodyne CAPS NO2monitor was first

deployed at an urban site in Beijing, China for in situ mea-
surement of ambient gaseous NO2. Here we report the results
from 1 month measurement campaign during August 2012.
We first evaluate the performance of the CAPS NO2 monitor
by comparing with a standard, commercial CL-based NOx

analyzer (Thermo Scientific, Model 42i). Then, we explore
the impact of NO2 measurement on the derivation of OPEx.
Further, the implications of OPEx in O3-NOx-VOCs chemis-
try and the strategies for ozone pollution control in Beijing
are discussed. Finally, two high-O3 episodes are used to elu-
cidate the roles of O3 and NO2 in the formation of secondary
particulate nitrate.

2. Experimental

2.1. Sampling Site and Meteorology

[6] The ambient gaseous NO2 was measured in situ by an
Aerodyne CAPS NO2 monitor [Kebabian et al., 2005, 2008]
from 1 to 29 August 2012 at the Institute of Atmospheric
Physics (IAP), Chinese Academy of Sciences (39°58′ 28″N,
116°22′16″E), which is located between the north 3rd and
4th Ring Road in Beijing. We have two sampling sites in this
study, named site A and site B, which are approximately 50 m
apart. The CAPS NO2 monitor was deployed on the roof of a
two story building (~8 m above the ground) at site A.
Collocated gaseous species including NO, NOy, and O3 were
simultaneously measured by a NO/NOy analyzer (Thermo
Scientific, 42CY) and an Ozone Analyzer (Thermo
Scientific, 49C), respectively. In addition, NO, NO2, and
NOx were measured by a CL NO/NO2/NOx analyzer
(Thermo Electron Corporation, 42CTL) at site B. The detailed
descriptions of the sampling sites are given in Sun et al.
[2012]. The meteorological variables including temperature
(T), relative humidity (RH), precipitation, solar radiation
(SR), wind speed (WS) and wind direction (WD) were
obtained from the meteorology tower of IAP, which is
approximately 30 m away from site A and ~20 m from site B.

2.2. Cavity Attenuated Phase Shift Spectroscopy
NO2 Monitor

[7] The CAPS NO2 monitor determines NO2 by directly
measuring optical absorption of NO2 at 450 nm in the blue
region of electromagnetic spectrum [Kebabian et al., 2005,
2008]. Unlike standard CL monitors, the CAPS measures the
average time that the light spends within the sample cell and
requires no conversion of NO2 to other species, and thus is
not sensitive to other nitro containing species (such as
HNO3, nitrate, PAN, etc.). The CAPS NO2 system contains
three major parts including a blue light emitting diode (LED)
as the light source, a sample cell with two high reflectivity
mirrors centered at 450 nm, and a vacuum photodiode detec-
tor. The detailed principles of the CAPS system have been
described elsewhere [Kebabian et al., 2005, 2008]. In
brief, a square wave modulated LED light is input into
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the first reflected mirror, after passing through the absorp-
tion cell, the light appears to be a distorted waveform
which is characterized by a phase shift in comparison to
the initial modulation. By measuring the amount of the
phase shift (ϑ), the concentration of NO2 ( χ) can be
determined using the following formula:

cotϑ ¼ cotϑ0 þ c

2πf
αNO2 T ;Pð Þχ (1)

where c is the speed of light, f is the LED modulation
frequency, T andP are the sample temperature and pressure re-
spectively, aNO2 is the absorption coefficient of nitrogen diox-
ide at the measured T and P, and ϑ0 is the sensor response of
NO2-free air. Although the measurement of NO2 theoretically
requires no calibration, the CAPS NO2 monitor was calibrated
using a gas mixture with the known concentration of NO2

before the deployment because of the nonmonochromatic
light source.

2.3. Instrument Operations

[8] Ambient air was drawn into the instrument via 9.525
mm Teflon tubing at a flow rate of 0.85 L/min and passed
through a disposable filter cartridge to remove particulates
and prevent mirror contamination prior to being introduced
to the detector. In order to measure NO2 baseline, a zero air
generator that consists of a particle filter followed by a silica
gel dryer, two cartridges filled by charcoal, and the mixture
of charcoal and hydroquinone, respectively was used to gen-
erate NO2-free air. During this study, the NO2 was measured
at a time resolution of 1 s. Every hour, the ambient air flow
was automatically switched to NO2-free air to conduct base-
line measurements. The cell/mirror was first flushed for 45 s
and then the baseline was measured for the next 90 s.
Figure 1 shows the time series of NO2 baseline measured
for the entire study. Overall, the baseline was rather stable
throughout the study with more than 80% of data points fall-
ing within ±0.2 ppb and is well represented by a Gaussian
distribution. The detection limit, defined as three times of
one standard deviation (3σ), is 0.361 ppb for 1 s time resolu-
tion, which is equivalent to 46.6 ppt for 1 min integration.
The linear response range of CAPS NO2 instrument is 15
ppt–1 ppm. In comparison to the commercial CL-based
NOx analyzer, e.g., NO/NO2/NOx Analyzer (Model 42i,
TE) and NOx Analyzer (Model 42i-D, TE), the sensitivity
of the CAPS NO2 exceeds the CL analyzer by nearly an order
of magnitude.
[9] The CL-based gas monitors were calibrated during this

study. Daily zero/span checks were automatically done using
dynamic gas calibrators (Model 146C) combined with zero
air suppliers (Model 111) and standard gas mixtures for
NO. The multipoint calibrations of NOx 42CTL, and NOy

42CY analyzers were made on 20 August using the standard
gases, which were compared with National Institute of
Standards and Technology (NIST) traceable standards
(Scott Specialty Gases, USA). An O3 calibrator (49CPS)
was used to calibrate the O3 analyzers at the site A. The cal-
ibrator is traceable to the Standard Reference Photometer
maintained by World Meteorological Organization (WMO)
World Calibration Centre in Switzerland. All the gaseous
species above were recorded at a time resolution of 1 min,
yet 5 min averaged data were presented in this study.

[10] In addition to the gaseous species measurements, an
Aerodyne Aerosol Chemical Speciation Monitor (ACSM)
was used to measure the mass concentration and chemical
composition of nonrefractory submicron aerosol species in-
cluding organics, sulfate, nitrate, ammonium, and chloride
at a time resolution of ~15 min at the site A. The detailed
descriptions of ACSM measurements can be found in Sun
et al. [2012, 2013]. In addition, all the data in this study are
reported at Beijing local time which equals Coordinated
Universal Time (UTC) plus 8 h.

3. Result and Discussion

3.1. Intercomparison

[11] A time series of NO and NO2 measured by the CAPS
and CL instruments is presented in Figure 2. The NO mea-
sured by 42CY at site A and 42CTL at site B track each other
well (r2 = 0.94, Figure 3a). However, the regression slope of
0.91 suggests that the NO measured at site A appears to be
systematically lower than that observed at site B, which is
likely due to the calibration errors. Also, note that the
differences at the two sites are larger at low ambient levels
(< 1 ppb). For example, while the minimum of NO at site A
is approximately 0.4 ppb, which is close to the detection limit
of 0.4 ppb for 1 min average, the NO at site B however can
go down to 0.2 ppb.
[12] The NO2 measured by the CAPS NO2 monitor also

tracks tightly with that measured by the CL-based analyzers
(r2 = 0.91, slope = 0.999, Figure 3b), yet noticeable differ-
ences in particular during afternoon were observed.
Figure 3b shows that the differences between the CAPS
and CL appear to be NOz dependent. While the discrepancies
are within ~10% when NOz is below 8 ppb, large differences
up to ~30% at high NOz levels (> 14 ppb, Figure 3c) were
observed between CAPS and CL because of the interferences
of other reactive nitrogen species on CL NO2 measurement.
This is due to the well known sensitivity of the CL-based
NO2 measurements to organic nitrates and HNO3, which
depends upon inlet configuration and thermal operation
range of a molybdenum or stainless steel converter [Winer
et al., 1974; Parrish et al., 1990; Murphy et al., 2007;
Kebabian et al., 2008; Steinbacher et al., 2007]. At low
NOz levels (< 2 ppb), the CAPS NO2 shows slightly higher
values than that from CL. Although the band of 440 nm is
essentially interference free, the 1,2-dicarbonyl compounds,
e.g., glyoxal and methyl glyoxal can affect the accuracy of
CAPS NO2 measurements by absorbing in the same spectral
region. Such interferences might be significant when the ratio
of glyoxal to NO2 is high. However, based on previous mea-
surements of glyoxal and NO2 at both urban and rural sites
[Volkamer et al., 2005; Li et al., 2013], the interferences of
glyoxal on the measurement of ambient NO2 are generally
less than 10%.
[13] Figure 4b shows the diurnal variation of NO2 mea-

sured by the CAPS and CL for the entire study. While the
NO2 from two methods agree reasonably with each other at
nighttime, large differences up to 20% were observed during
daytime, mostly between 12:00 and 16:00. The large discrep-
ancies in the afternoon are likely due to the overestimation of
CL NO2 because of the interferences of abundant reactive
nitrogen species. In addition, the different sampling sites
might also contribute to the observed differences in NO2
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measurements. We also note that the CAPS NO2 sometimes
shows higher concentration than the CL NO2 at nighttime,
which might be due to the interferences of some nitrogen
containing species, e.g., peroxyacyl nitrates (PANs) and
N2O5, which are not thermally stable and can decompose to
NO2 in the CAPS system [Kebabian et al., 2008].
However, the discrepancies at nighttime (3.7%) are much
smaller compared to those observed during daytime (17.4%).

3.2. Time Series and Diurnal Variations

[14] The time series of NO, NO2, NOy, NOz, Ox, and partic-
ulate NO3

�, as well as the solar radiation during the observa-
tion period is shown in Figure 2. The NO shows regular and
prominent peaks in the early morning due to the traffic

emissions in the morning rush hour. This is evident from
the diurnal cycle of NO (Figure 4a), which shows a
pronounced morning peak. The NO concentration peaks
between 7:00 and 8:00 (~17 ppb) and then gradually
decreases to a low ambient level (~ 1 ppb) due to the titration
of NO by O3, and also the rising boundary layer during the
daytime [Lin et al., 2008, 2011].
[15] The gaseous NO2 also presents a pronounced diurnal

cycle, yet the highest concentration occurs in the early morn-
ing and the lowest values appear between 14:00 and 15:00
(Figure 4b). The low concentration of NO2 in the afternoon
is due to the deep boundary layer [Quan et al., 2013] and also
the oxidation to NOz, e.g., nitric acid, PAN, etc., consistent
with the pronounced NOz peak in the afternoon (Figure 5).
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Figure 1. (a) Time series of NO2 concentration (1 s data) measured from NO2-free air every 1 h for the
entire study, (b) Gaussian distribution of NO2 in Figure 1a. The two solid lines in Figure 1a indicate the
10th and 90th percentiles of the data points.
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Figure 2. Time series of gaseous NO, NO2, NOy, O3, Ox, and NOz, particulate NO3
� in submicron aero-

sols, and solar radiation (SR). The NOz,CL and Ox,CL are [NOy]� [NO] � CL [NO2] and [O3] +CL [NO2],
respectively, while The NOz,CAPS and Ox,CAPS are [NOy]� [NO] � CAPS [NO2] and [O3] +CAPS [NO2],
respectively.
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Figure 4c shows the diurnal cycles of NOx and NOy. Again,
the diurnal profile of NOx and NOy shows a large gap during
daytime with the max difference of ~ 15ppb at ~14:00,
clearly indicating the photochemical production of NOz.
The photochemical formation of NOz is strongly associated
with solar radiation and O3 mixing ratio. For example, the
high O3 pollution episodes, e.g., 9–10, 15–16, 19–26, and
28–29 August, show evident noon peaks, indicating the
photochemical production of NOz. However, the days with
weak solar radiation (< 300 W m�2) and low O3, e.g., 1,
7–8, 12, 17–18, and 27 August, show correspondingly low
production of NOz. The relationship between Ox and NOz

will be further discussed in section 3.2
[16] Figure 5 shows the diurnal variations of Ox,CAPS

(= [O3] +CAPS [NO2]) and NOz,CAPS (= [NOy] � [NO] �
CAPS [ NO2]), as well as the Ox,CL (= [O3] +CL [NO2])
and NOz,CL (= [NOy] � [NO] � CL [ NO2]). The diurnal
cycle of Ox is similar to NOz with higher values appearing
during the afternoon and lower ones at night and early
morning. In addition to the photochemical production,
regional transport might be another reason for the daytime
peaks. For example, Wang et al. [2010b] found that regional
pollution sources could contribute ~34–88% to the peak
ozone at the urban site in Beijing. In this study, the average
concentration of Ox for the second peak (15:00–18:00)
was 79.4 and 54.4 ppb, respectively, from the air masses
in the east-southwest and northeast. If assuming that the
Ox from clean regions in the northeast represents a
background level, the regional transport could contribute
~32% of Ox peak when the air masses are from the

east-southwest, overall consistent with the results from
Wang et al. [2010b].

3.3. Ozone Production Efficiency (OPEx)

[17] The OPEx is an important indicator to evaluate
O3-NOx-VOCs sensitivity and to make effective O3 control
strategies in urban areas [Couach et al., 2004; Rickard
et al., 2002; Shiu et al., 2007; Sillman, 1999; Xu et al.,
2009; Zaveri et al., 2003]. The OPEx can be derived from
the regression slopes of correlations between Ox and NOz

[Kleinman et al., 1994; Trainer et al., 1993]. Therefore, the
accuracy of NO2 measurement plays an important role in
the calculation of OPEx by influencing the quantification of
Ox and NOz. Using the same approach, the OPEx,CAPS and
OPEx,CL were obtained from the correlation analysis of [Ox,

CAPS] versus [NOz,CAPS] and [Ox,CL] versus [NOz,CL], respec-
tively in this study. Hourly averaged data between 7:00 and
17:00 are used for the correlation analysis. In addition, only
slopes with correlation coefficients R> 0.6 (significant level
at 95%) and intercept> 0 (the background Ox concentration)
are considered to be effective daily OPEx,CAPS/OPEx,CL for
this study. Given the general overestimation of CL NO2

[Steinbacher et al., 2007], the OPEx,CL calculated from the
NOy and NOx measured by 42CTL analyzer would represent
an upper limit of OPEx, especially in the photochemically
aged air [Ge et al., 2010].
[18] Figure 6 shows the calculated daily OPEx,CAPS and

OPEx,CL using 1 h average data for the entire study. It should
be noted that some OPEx values were missed in Figure 6
because the correlations of Ox versus NOz in these days did

(b)

(c)

(a)

Figure 3. (a) Comparison of NO measured at site A and B; (b) Comparison of NO2 measured by the CL
NOx analyzer at Site B and the CAPS NO2 monitor at Site A; (c) NO2 deviation between CAPS and CL
versus NOz. The data points are color coded with the NOz concentration in Figures 3a and 3b. Also, the data
points in Figure 3b are averaged according to NOz concentration with 2 ppb increment (solid circles).
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not meet the requirements for calculation of OPEx in this
study. The daily OPEx,CAPS varies from 1.0 to 6.8 ppb/ppb
with an average (±1σ) of 2.6 (±1.3) for the entire study. As
a comparison, the OPEx,CL is generally higher than OPEx,

CAPS, ranging from 0.9 to 8.1. The average of OPEx,CL for
the entire study is 3.4, which is ~30% higher than that of
OPEx,CAPS. The higher OPEx,CL is primarily due to the
overestimation of the CL NO2, leading to an over prediction
of [Ox,CL], and further a corresponding underestimation of
[NOz,CL]. As a result, the OPEx,CL calculated from the rela-
tionship between [Ox,CL] and [NOz,CL] is overestimated.
The discrepancies between OPEx,CAPS and OPEx,CL vary
day by day, and the overestimation of OPEx,CL ranges from
19–37% depending on photochemical production of NOz

and the differences of NO2 between CAPS and CL. Our
results suggest that the previously reported OPEx calculated
from the CL measurements [Xu et al., 2009; Ge et al.,
2012] might have been overestimated by 30% on average.
[19] Despite this, the OPEx,CAPS in this study overall falls

within the OPEx range previously reported in summer in
Beijing (Table 1), for example, 3–6 [Wang et al., 2006,
2010b] and 2.7–8.7 at the urban sites in Beijing[Chou
et al., 2009]. Also, the OPEx,CAPS in this study is close to
those reported in other cities, e.g., 2.5–4 for Nashville urban
plume [Nunnermacker et al., 1998], 2.2–4.2 in New York
City [Kleinman et al., 2000], and slightly lower than the
range of 3.9–4.7 observed in Los Angeles, California
[Pollack et al., 2012]. However, the OPEx in Beijing during
summertime is observed to be higher by a factor of 2.4
compared to wintertime [Lin et al., 2011], indicating higher
ozone production efficiency in summer than winter. It should
be noted that the OPEx in this study is generally lower than
the values observed during Olympics 2008 [Sun et al.,
2011; Chou et al., 2011]. One explanation for the higher
OPEx during the Olympic Games in 2008 is the different
VOCs-NOx-O3 sensitivity. During the 2008 Olympics, the
NOx emission was reduced by 47% due to the strict control-
ling strategy [Wang et al., 2010a]. The O3 formation was
likely shifted from VOC sensitive to NOx sensitive [Chou
et al., 2011; Sun et al., 2011]. Also, the low NOx

concentration generally would lead to the high OPEx values
(Figure 8). Another reason might be related to the well-
known phenomenon commonly referred to as the “weekend
ozone effect” or “holiday effect” [Fujita et al., 2003;
Pollack et al., 2012; Yarwood et al., 2003]. In these cases,
Chou et al. [2011] and Sun et al. [2011] observed that en-
hancements in ozone are caused by reductions in NOx emis-
sions on weekends that lead to enhancements in VOC/NOx

ratio and ozone production efficiency. Although the high
OPEx values observed during the 2008 Olympics also
coincided with weekends, the observed enhancements likely
reflect changes in ozone precursors due to the short-term, but
strict control policies implemented for this event. Note that
the OPEx varies differently among different O3 episodes.
Figure 7 shows the correlations of [Ox] versus [NOz] during
four O3 episodes (hourly maximum O3> 100 ppb), i.e., 9–10,
15–16, 19–20, and 23–26 August. Although the daily OPEx
during every episode is similar, the average OPEx for four
episodes is quite different, for example, the highest OPEx of
3.6 ppb/ppb is observed during the episode of 23–26
August, which is more than twice higher than 1.5 ppb/ppb
during the episode of 15–16 August.
[20] The daily OPEx in this study is always lower than the

value suggested for O3-VOC sensitivity (OPEx< 7, [Sillman,
1995]), indicating that the ozone production in summer in
Beijing is VOC-limited. Therefore, measures to control
VOC emissions in Beijing would be effective to reduce O3

levels. To further support this, we plot the daily OPEx versus
the peak of NOx in early morning ([NOx]0, a surrogate of NOx

emissions from local traffic) in Figure 8. Similar to that
reported by Chou et al. [2009] during the CAREBeijing-
2006 campaign, the daily OPEx presents a negative relation-
ship with [NOx]0, suggesting that reduction of NOx emissions
appears not to be helpful for mitigation of O3 pollution. The
decrease of OPEx as a function of [NOx]0 also supports the
potential O3-VOC sensitivity under the current ambient level
of NOx in Beijing. This is because that increase of Δ[NOz]
will not result in a corresponding increase of O3 since high
[NOx]0 is associated with high value of Δ[NOz]. [NOz]/
[NOy] is used to indicate the photochemical age by a number
of studies [e.g., Dommen et al., 1999; Ge et al., 2012;
Kleinman et al., 2000; Nunnermacker et al., 1998; Olszyna
et al., 1994]. The variations of daily OPEx as a function of
[NOz]/[NOy] are shown in Figure 8b. The OPEx shows a
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positive correlation with [NOz]/[NOy] (r
2 = 0.38, p< 0.05)),

indicating that the OPEx at the urban site of Beijing increases
simultaneously with the aging of air parcels. This result is
consistent with that observed at Peking University (near 4th
North Ring of Beijing) during CAREBeijing-2006 [Chou
et al., 2009] and also in agreement with those at various
urban sites, e.g., Houston and Tennessee, USA [Daum et al.,
2003; Zaveri et al., 2003]. However, the correlation between
OPEx and [NOz]/[NOy] is contrary to that observed at a rural
site (SDZ) in Beijing, where ~75% of O3 pollution is from
regional transport rather than local photochemical production
[Ge et al., 2012].

3.4. Case Studies

[21] Our previous study frequently observed high concen-
tration of nitrate in summer, which played an important role
in particulate matter pollution in Beijing [Sun et al., 2012].
Similarly, several episodes with high concentration of nitrate
were also observed in this study (Figure 2). The formation of
nitrate is mainly driven by three different processes, i.e., day-
time photochemical production (R1), gas-particle partitioning
(R2), and nighttime heterogeneous reactions (R3–R5). It
appears that high concentration of NO3

� is closely linked to
the high O3 and NO2, which are two key precursors in the
formation of nitrate particles. Here two high-O3 episodes were

chosen to further elucidate the roles of precursors of O3 and
NO2 in the nitrate formation.

NO2 þ OHþM→HNO3 gð Þ þM (R1)

HNO3 gð Þ þ NH3 gð Þ⇔NH4NO3 sð Þ (R2)

NO2 þ O3→NO3 þ O2 (R3)

NO2þNO3 þM→N2O5 þM (R4)

N2O5þH2O aqð Þ→2 HNO3 (R5)

[22] The first high-O3 episode (Ep1) occurred between 9–10
August (Figure 9). The daily maximum of O3 showed a large
enhancement from ~60 ppb on 8 August to ~100 ppb on 9–10
August, indicating the strong photochemical processing
during the 2 days. Although the OPEx values were similar,
2.6 and 2.5 ppb/ppb, respectively, the variations of nitrate in
aerosol particles were quite different. The concentration of
NO3

� remained consistently low (< 7 μg m�3) on 9 August,
yet exhibited a large enhancement associated with a
pronounced diurnal cycle on 10 August. The increase of
NO3

� on 10 August showed a corresponding decrease of
NOy and NO. While the NO3

� concentration was enhanced
by a factor of more than 6 from ~6 μg m�3 to 38 μg m�3 in
6 h (6:00–12:00), the NOy and NO decreased by ~ 53% and

Figure 6. Time series of daily OPEx,CAPS and OPEx,CL derived from the correlations of Ox,CAPS versus
NOz,CAPS, and Ox,CL versus NOz,CL, respectively.

Table 1. A Summary of the OPEx Reported in Beijing and Surrounding Regionsa

Location OPEx Method NO2 Instrument Date References

Beijing, Mountain area 3–6 [O3] versus [NOy] P-CL July 2005 Wang et al. [2006]
Beijing, Mountain area 3.0 [Ox] versus [ NOz] P-CL Olympics, 2008 Wang et al. [2010b]
Beijing, Urban 1.1 [Ox] versus [NOz] CL Winter 2007 Lin et al. [2011]
Beijing, Urban 3.7–9.7 [Ox] + [NOz] versus [NOz] P-CL Summer 2008 Chou et al. [2009]
Beijing, Urban 4–22 [Ox] versus [NOz] P-CL Olympics, 2008 Sun et al. [2011]
Beijing, Urban 8 [Ox] + [NOz] versus [NOz] P-CL Olympics, 2008 Chou et al. [2011]
Beijing, Urban 1–6.8 [Ox] versus [NOz] CAPS Summer 2012 This study
Beijing, Rural area
Urban plume 4.0 [Ox] versus [NOz] CL Summer 2008 Ge et al. [2012]
Rural plume 5.3 [Ox] versus [NOz] CL Summer 2008 Ge et al. [2012]
Nashville, Urban plume 2.5–4 [Ox] versus [NOz] P-CL July 1995 Nunnermacker et al. [1998]
New York, Urban 2.2–4.2 [O3] versus [NOz] P-CL July 1996 Kleinman et al. [2000]
Los Angeles, California 3.9–4.7 [Ox] versus [NOz] P-CL May–June 2010 Pollack et al. [2012]

aP-CL represents the photolysis-chemiluninescence instruments.
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85% to 47 and 9 ppb, respectively. It is very likely that the
NO3

� plume was due to the rapid photochemical production
from the reactions of NO2 and OH, followed by the formation
of nitrate particles. In addition, the relatively low ambient
temperature and high RH also facilitates the partitioning of
HNO3 to nitrate particles. After 12:00, the NO3

� started to
decrease rapidly mainly because of the evaporative loss of
NH4NO3 at high ambient temperature, and also the deeper
PBL. Although the variations of O3 and meteorological
variables were similar, the concentration of nitrate however
was much lower on 9 August than on 10 August, which was
likely due to the consistently low levels of NO2 limiting the
daytime photochemical production of nitrate from the
reaction of NO2 with OH.
[23] Beijing experienced another high-O3 episode during

23–26 August (Ep2, Figure 10). During the 4 day episode,
the variations of wind, RH and temperature were rather similar

day by day, and the precursors of O3 and NO2 remained at
high levels. The average OPEx of 3.4 ppb/ppb is among the
highest values throughout this study, suggesting the strong
photochemical processing during this episode. Indeed, the
daily maximum of O3 is up to 130 ppb, which is the highest
value observed in this study. To better elucidate the formation
of nitrate, we calculate the photochemical production rate of
HNO3 using NO2×UV as a surrogate during daytime and
the equilibrium constant of Kp for the reaction R2 (higher Kp

indicates more stable NH4NO3) [Seinfeld and Pandis, 2006].
The time series of NO2×UV and Kp is shown in Figure 11.
[24] The NO3

� presented two peaks occurring in the early
morning and around noon, and it appeared that the evolution
of NO3

�was separated into two stages, i.e., from midnight to
~3:00–4:00, and from ~5:00–6:00 to noon. During the first
stage, the increase of NO3

� was associated with a synchro-
nous increase of NO2 and a corresponding decrease of O3.
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While the NOwas low, the NO2 and O3 remained at a consid-
erable level, which facilitated the formation of the NO3 radi-
cal and dinitrogen pentoxide (R3–R4), and hence the
heterogeneous formation of HNO3 under high RH condi-
tions. This is consistent with the continuous increase of the
equilibrium constant of Kp for ammonium nitrate formation.
Although the low boundary layer height might have played a

role in the enhancement of NO3
� concentration, the first peak

at ~3:00–4:00 was more likely due to the heterogeneous reac-
tion associated with the removal of NOx at nighttime. The
formation of NO3 was then slowed down because the precur-
sor of O3 was almost completely consumed during this
period. The NO3

� started to increase again at ~5:00–6:00
and peaked between ~10:00–12:00. The increase of NO3

�

(b)

(c)

(d)

(a)

Figure 9. Time series of (a) wind vector, (b) RH and temperature , (c) particulate NO3
�, NOz, O3, and Ox,

(d) NO, NO2, and NOy during 8–11 August.
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exactly corresponded to the start of daytime photochemical
processing (NO2×UV in Figure 11). Meanwhile, the Kp

gradually decreased counteracting the formation of nitrate.
Therefore, the second increase of NO3

� suggests the photo-
chemical production dominates over the evaporative loss
processes during this stage. The photochemical production
reached a maximum at noon time when the NO3

� concentra-
tion peaked as well. After that, the NO3

� rapidly decreased
to the lowest level of the day in ~2–3 h, due to the reduced
photochemical production rate and significantly enhanced
evaporative loss.

4. Conclusions

[25] The ambient nitrogen dioxide (NO2) was measured in
situ by an Aerodyne Cavity Attenuated Phase Shift NO2

monitor in August 2012 at an urban site in Beijing. The
CAPS is highly sensitive with the detection limit an order
of magnitude lower than the standard, commercially avail-
able CL-based NOx analyzer, and also a wide linear
response range of 15 ppt–1 ppm. The NO2 measured by
the CAPS and CL shows overall agreement; however, large
discrepancies up to ~20%, in particular during the afternoon,
were also observed due to the interferences with reactive nitro-
gen species on CL measurements. The discrepancies therefore
were NOz dependent with larger differences associated at
higher NOz levels.
[26] The daily OPExwas derived from the correlation of Ox

versus NOz. The average OPEx for the entire study was 2.6
(1–6.8) ppb/ppb, which is comparable to the values previ-
ously reported in Beijing. Our results showed that the OPEx

derived from the CL NO2 can be overestimated by 19–37%
due to the interferences with reactive nitrogen species. The
overestimation is expected to be more significant in rural
and remote areas where the contribution of NOz to the total
NOy is much higher than urban cities. The generally low
OPEx and the negative correlation between OPEx and
[NOx]0 implied the VOC-limited ozone production in sum-
mer in Beijing. In addition, the OPEx increased as a function
of photochemical age, [NOz]/[NOy], which is in contrast to
that observed at rural sites, indicating the different sources
and photochemical processing of O3 between urban and rural
areas in and around Beijing.
[27] Two case studies during 9–10 August and 23–26

August 2012 revealed that high concentrations of precursors
of O3 and NO2 are of importance for the formation of nitrate
particles. A detailed analysis of the evolution of gaseous

species, nitrate, and meteorological conditions suggest that
the variations of nitrate in fine particles are caused by the com-
peting effects of different formation mechanisms, including
daytime photochemical production, gas-particle partitioning
equilibrium, and nighttime heterogeneous reactions. Overall,
high concentrations of NO2 and O3 with favorable meteoro-
logical conditions, e.g., high RH and low temperature, will
greatly facilitate the formation of nitrate particles and increase
the air pollution levels in the cities.
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摘  要  利用中国气象局热带气旋（TC）资料、NCEP/NCAR 再分析资料和美国 NOAA 向外长波辐射（OLR）
等资料，分析了 2010 年西北太平洋（WNP）及南海（SCS）热带气旋活动异常的可能成因，讨论了同期大气环流

配置和海温外强迫对 TC 生成和登陆的动力和热力条件的影响。结果表明，2010 年生成 TC 频数明显偏少，生成

源地显著偏西，而登陆 TC 频数与常年持平。导致 7～10 月 TC 频数明显偏少的大尺度环境场特征为：副热带高压

较常年异常偏强、西伸脊点偏西，季风槽位置异常偏西，弱垂直风切变带位置也较常年偏西且范围偏小，南亚高

压异常偏强，贝加尔湖附近对流层低高层均为反气旋距平环流，这些关键环流因子的特征和配置都不利于 TC 在

WNP 的东部生成。影响 TC 活动的外强迫场特征为：2010 年热带太平洋经历了 El Niño 事件于春末夏初消亡、La  
Niña 事件于 7 月形成的转换；7～10 月，WNP 海表温度维持正距平，140°E 以东为负距平且对流活动受到抑制；

暖池次表层海温异常偏暖，对应上空 850 hPa 为东风距平，有利于季风槽偏西和 TC 在 WNP 的西北侧海域生成。WNP
海表温度和暖池次表层海温的特征是 2010 年 TC 生成频数偏少、生成源地异常偏西的重要外强迫信号。有利于 7～
10 月热带气旋西行和登陆的 500 hPa 风场特征为：北太平洋为反气旋环流距平，其南侧为东风异常，该东风异常

南缘可到 25°N，并向西扩展至中国大陆地区；南海和西北太平洋地区 15°N 以南的低纬也为东风异常；在这样的

风场分布型下，TC 容易受偏东气流引导西行并登陆我国沿海地区。这是 2010 年生成 TC 偏少但登陆 TC 并不少的

重要环流条件。 
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South China Sea (SCS) were studied, and the possible effects of dynamic conditions and the thermal state on the 
frequency of TC genesis and landfall, derived from circulation patterns and boundary forcing, were analyzed using TC 
data from the China Meteorological Administration, NCEP/NACR reanalysis data, and the outgoing long-wave radiation 
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was near normal in 2010. The TC genesis locations were west of the usual genesis longitudes. The circulation patterns 
leading to fewer TCs were characterized as strong western North Pacific subtropical highs and South Asia highs, 
westward monsoon troughs, and vertical wind shear, anticyclone anomalies at low and high levels of the troposphere over 
Lake Baikal. Each of these features does not favor the genesis of TC in the eastern part of the WNP. Boundary forcing 
showed that the tropical Pacific experienced an El Niño event that ended in the late spring and early summer 2010 while a 
new La Niña event formed that July. From July to October, there was a positive sea surface temperature (SST) anomaly 
over the WNP west of 140°E while convection was suppressed east of 140°E. The subsurface temperature over the warm 
pool was much higher than normal, corresponding to an 850 hPa easterly wind anomaly. This thermal state led to the 
monsoon trough moving west of its average position and TC genesis in the eastern WNP. The SST and subsurface 
temperature features in the warm pool were the key thermal factors in the lower frequency of TCs in the western WNP in 
2010. Further analysis showed that there was an anticyclone 500 hPa wind anomaly over the middle latitudes of the North 
Pacific from July to October 2010. The easterly anomaly to the south of the anticyclone was accompanied by another in 
the west of the WNP and SCS. The easterly anomaly extended southward to 25°N and westward to mainland China and 
the western anomaly extended northward to 15°N. Such a wind anomaly pattern favors the westward movement of TCs 
and then making landfall in mainland China. These are, therefore, the circulation conditions required for much less 
frequent TC genesis and almost normal TC landfall. 
Keywords  Tropical cyclone, Western Pacific subtropical high, Monsoon trough, Vertical wind shear, Subsurface sea 

temperature 
 

1  引言 

每年在热带西北太平洋都会生成数十个热带

气旋，占全球热带洋面上热带气旋年生成总数的

1/3，从而使得我国成为受热带气旋影响最为严重的

国家之一，我国东南部沿海地区都有可能有热带气

旋登陆，平均每年大概有 7 个左右（苏振生，1949～ 
1988，1989～2004；吴晓鹏，2005～2008）。热带

气旋带来的大风、暴雨严重威胁人民的生命财产安

全。近几年因热带气旋造成的年平均直接经济损 
失达到 200 多亿元，平均每年死亡人数超过 500 人。

因此，研究生成热带气旋的条件和异常成因对热带

气旋活动趋势预测非常重要，有利于为防灾减灾提

供服务。 
陈联寿和丁一汇（1979）、Gray（1979）把热

带气旋形成的条件分为：热力条件、动力条件和环

境条件，并指出西北太平洋季风槽的位置对热带气

旋活动的分布有很大的影响。王慧等（2004）的研

究工作证明了季风槽活动影响热带气旋的生成，当

季风槽加强并向东扩展使得季风加强时，热带气旋

数明显增多。Chen et al.（1998）和 Chan（2000）
等的研究也指出，ENSO 循环中的季风槽加强东伸

或减弱西退显著影响热带气旋的生成位置。并且，

季风槽又与西太平洋副热带高压的演变紧密相关

(Wang and Wu, 1997)。大气涛动或遥相关型对热带

气旋的活动也有显著的影响。西北太平洋热带气旋

生成频次的年际变化与 6～9 月的南极涛动之间存

在显著的负相关关系（王会军和范可，2006），同

时也与冬春季节北太平洋海冰呈显著的反相关；而

冬春季北太平洋海冰通过北太平洋涛动（NPO）影

响西太平洋热带气旋生成的热力和动力环境（范

可，2007a, 2007b；王会军等，2007）。夏季亚洲—

太平洋涛动（APO）和西北太平洋热带气旋频数多

寡之间具有显著正相关关系（周波涛等，2008），而

春季 Hadley 环流偏强（弱），夏季西北太平洋热带

气旋频数减少（增多）（Zhou and Cui, 2008）。这些

影响热带气旋活动的物理机制分析都有助于全面

认识影响热带气旋活动的因子。 
除了对热带气旋生成进行物理诊断分析之 

外，我国学者还发展了热带气旋的气候预测方  
法，包括动力统计相结合的预测试验（王会军    
等，2006），具有物理意义的统计预报模型（范    
可，2007b），显示了对热带气旋预测研究的应用前景。 

事实上，每年热带气旋的生成和登陆预测都是

一个非常复杂的问题，影响每年热带气旋活动的主

导因子不尽相同，热带气旋的年代际尺度、年际尺

度、季节内振荡等信息的共同作用增加了气候预测

的难度。因此认识每年热带气旋活动的异常特征及

成因是我们加深对热带气旋活动认识、提高预测能

力的重要环节。已经有不少学者在这方面做了大量

有意义的工作（刘舸等，2007；王瑾等，2009）。
2010 年热带气旋活动的特殊性及其形成原因也非

常值得分析。 
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2  资料与方法 
 

本文采用的大气和海洋资料来自 NCEP的再分

析资料（Kalnay et al.，1996）。大气资料的长度为

1948～2010 年，分辨率为 2.5°（纬度）×2.5°（经

度）；海洋资料的分辨率为 2.0°（纬度）×2.0°（经

度），气候平均值选取 1971～2000 年 30 年平均。 
次表层海温资料来自美国 Godas 全球逐月次表

层海温（GODAS）资料，资料的长度为 1980～2010
年，水平分辨率为 1.0°（纬度）×0.333°（经度），

气候平均值选取 1981～2010 年 30 年平均。 
向外长波辐射（OLR）资料来自 NOAA，资料

的长度为 1979～2010 年，气候平均值选取 1981～
2010 年 30 年平均。 

本文使用的热带气旋频数及生成位置的历史

资料来自中国气象局编制的《热带气旋年鉴》（苏

振生，1949～1988，1989～2004；吴晓鹏，2005～
2008），2009～2010 年热带气旋实况资料来自中国

气象局中央气象台。这些资料中，热带气旋定义为

在西北太平洋和南海生成、中心附近的平均风力达

到 8 级（17 m/s）或以上的热带气旋（TC），包括

热带风暴、强热带风暴、台风、强台风、超强台风

5 个级别。气候平均值选取 1971～2000 年 30 年平

均。 

3  西北太平洋和南海热带气旋活动
特征 

3.1  生成热带气旋频数异常偏少，登陆频数与常年

持平 
2010 年在西北太平洋和南海共生成 14 个热带

气旋，较 1971～2000 年平均值（27 个）偏少 13 个，

与 1998 年并列为 1951 年以来生成热带气旋最少的

年份。热带气旋的生成时段主要集中在 7～10 月，

在这 4 个月中共有 13 个热带气旋生成，占全年总

数的 93%，但较常年同期偏少 7 个。除了 3 月生成

热带气旋数高于多年平均值，其余的月份均低于多

年平均（图 1a）。虽然 2010 年与 1998 年生成的热

带气旋数都为历史最少，只有 14 个，但 2010 年有

7 个在我国沿海地区登陆，与多年平均持平（图 1b），
登陆与生成频数比达到 50%，为 1951 年以来最高。

而 1998 年只有 4 个登陆，表现为生成少、登陆也

少的特征，符合一般热带气旋生成频次与登陆频次

成正比的活动规律。相比 1998 年生成异常少、登陆

也异常少的特征，2010 年热带气旋活动表现为生 
成异常少、登陆并不少。因此 2010 年热带气旋活

动表现得更加复杂。 
3.2  生成源地异常偏西 

参考美国联合热带气旋监测中心 (Joint 
Typhoon Warning Center, JTWC) 对热带气旋生成

源地的划分办法 (http://www.usno.navy.mil/JTWC/ 
[2011-04-26])，将西北太平洋和南海地区热带气旋

生成源地分为 3 个主要的区域（表 1）：120°E 以西、

120°E～145°E 区域、145°E～180°E，平均每年生成

热带气旋数分别为 4、12、12，即 120°E 以东为热

带气旋生成的主要源地。2010 年在 120°E 以西生成

TC 3 个，120°E～145°E 区域生成 11 个，在 145°E
以东没有编号热带气旋（第 12 号热带气旋为热带

低压时在 146.4°E，但达到热带风暴的编号级别时

位于 144.9°E）。这是造成 2010 年热带气旋总数异

常偏少的直接原因。 
1998 年生成 TC 与 2010 年的情况类似：在

120°E 以西生成 6 个，120°E～145°E 范围内生成 8
个，而在 145°E 以东没有热带气旋生成。所不同的

是 1998 年只有 4 个热带气旋登陆，登陆时间分布

图 1  2010 年逐月（a）生成和（b）登陆热带气旋频数（黑色：2010 年实况，空白：1971～2000 年平均） 

Fig. 1  The monthly frequency of tropical cyclone (TC) (a) genesis and (b) landfall in 2010 (dark columns indicate 2010 and white columns stand for the 

average from 1971 to 2000) 
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是 7 月 1 个、8 月 2 个、9 月 1 个（表 2）。而 2010
年有 7 个热带气旋登陆，其中 9 月 3 个、10 月 1 个。

即 2010 年 9～10 月登陆台风比 1998 年多 3 个，表

现为秋季异常活跃的特点。此外，对比登陆热带气

旋的路径：1998 年的登陆地点均在广东珠江口以北

地区，而 2010 年有 2 个 TC 到珠江口以西地区登 
陆，即 2010 年西行热带气旋明显偏多。 

表 1  不同 TC 生成源地的频数 
Table 1  The frequency of TC genesis in different positions 

 120°E 以西 120°E～145°E 145°E 以东

1971～2000 年平均 4 12 12 
1998 年 6 8 0 
2010 年 3 11 0 

表 2  7～10 月登陆 TC 频数 
Table 2  The frequency of TC landfall from July to October 

 7 月 8 月 9 月 10 月 
1971～2000 年平均 2 2 1.5 0.5 
1998 年 1 2 1 0 
2010 年 2 1 3 1    

是什么原因导致 2010 年热带气旋生成源地异

常偏西，生成的总频次异常偏少但是登陆数却不

少？下面我们将从大尺度环流特征和外强迫信号

的角度进行详细的分析。 

4  影响热带气旋活动的大气环流特征 

4.1  西太平洋副热带高压 
已有的研究表明，副热带高压的演变可通过影

响季风槽的经纬向位置进而影响热带气旋的形成

位置（Wang and Wu, 1997）。当副高从南海东撤到

菲律宾附近海域时，季风槽南侧西风东进，有利于

热带气旋在西北太平洋东侧生成。 
2010 年 7～10 月，500 hPa 高度距平场（图 2）

显示，西太平洋副热带高压异常强大，面积远远大

于气候值，西伸脊点较常年异常偏西，7～9 月西伸

至 110°E 以西，脊线异常偏北。从副高强度、西伸

图 2  2010 年（a）7 月、（b）8 月、（c）9 月、（d）10 月 500 hPa 高度距平场（单位：dagpm）（粗实线：2010 年 588 dagpm 等值线，粗虚线：1971～

2000 年平均 588 dagpm 等值线） 

Fig. 2  The 500-hPa geopotential height anomalies (dagpm) in (a) Jul, (b) Aug, (c) Sep, and (d) Oct in 2010 (the thick solid line represent 588-dagpm isoline 

in 2010 and thick dashed line represent that averaged from 1971 to 2000) 
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脊点及脊线指数[定义见赵振国（1999）]的逐月演

变显示：2010 年 1～9 月西太平洋副热带高压强度

较常年偏强，尤其是 7 月和 8 月强度为 1951 年    
以来最强值，10 月副高开始有所减弱；6～8 月    
西伸脊点的偏西程度也为 1951 年以来的历史第 1
位，平均在 90°E 附近，9 月西伸脊点位置在 100°E
附近，10 月才东撤至 135°E 左右；副高脊线位     
置在 6 月偏南，7 月接近常年，8～10 月均异常偏

北。 
由于 2010 年的 6～8 月副高体异常强大，副高

的西伸脊点可至 90°E 附近，且夏初副高脊线偏南。

在这种强大的副高体控制下，季风槽很难加强东

伸，季风槽南侧的西风也无法向东推进。热带气旋

的主要生成区域（5°N～25°N，120°E～170°E）基

本被副高所控制，以下沉气流为主（图 3），抑制了

该地区对流的发展，不利于热带气旋的生成。因此

在 2010 年 6 月没有热带气旋活动，7 月也只有 2   
个生成。随着 8 月西太平洋副热带高压北跳，热带

气旋才开始活跃起来。 
4.2  季风槽和垂直风切变 

季风槽是北半球夏季西南季风和副热带高压

脊南侧之信风合成的低压带，为热带气旋生成提供

有利的动力学条件。丁一汇和 Wright（1983）指出

热带气旋偏多年和偏少年，低层季风槽的分布显著

不同，当西北太平洋季风槽增强并向东扩展使季风

加强时，有利于热带气旋的生成，而且热带气旋生

成的位置也偏东；当季风槽弱时不利于热带气旋生

成且生成位置偏西。一般情况下，7～10 月季风槽

经历从南往北推进，然后又撤退的过程。从季风槽

的东西向气候特征看，其位置也会随季节向东伸

展，最东端一般位于 150°E 附近。 
影响热带气旋形成的另外一个关键环境因素

是垂直风切变。垂直风切变较大会抑制对流的发

展，从而抑制暖心和涡旋的形成（Demaria,1996）。
垂直风切变较小可以使得初始扰动的对流凝结所

释放的潜热能集中在一个有限的空间范围，热能量

可在对流层中上层集中，形成暖心结构，促使初始

扰动的气压不断下降，有利于热带气旋的形成。正

常年份弱的垂直风切变（纬向风切变小于 10 m/s）
位于西太平洋东部，可延伸至日界线附近。季风槽

东段的大部分位于宽阔的太平洋洋面，暖池附近。

暖的海温加上活跃的对流活动，且高低层风垂直切

变小，对流层上下空气相对运动很小，形成有利于

热带气旋发生、发展的条件。 
2010 年的季风槽活动出现异常（图 4），季风

槽位置异常偏西。7～10 月季风槽的东端都在 120°E 
附近，与正常年相比，2010 年季风槽东端位置较  
常年偏西 30 个经度。此外，沿着东伸季风槽分布

的弱垂直风切变带位置也较常年偏西，且范围偏

小，这是造成 2010 年热带气旋生成位置异常偏西

的主要动力条件。由于季风槽东端只延伸到 120°E
附近，使得在热带气旋生成重要源地之一的 145°E

图 3  2010 年 7～10 月 120°E～170°E 平均经圈环流的气压—纬度剖面图（经向风和垂直速度单位：m/s) 

Fig. 3  The pressure–latitude section of average meridional circulation (units: m/s for the meridional wind and vertical velocity) over 120°E–170°E from Jul to 

Oct in 2010 
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以东太平洋地区缺乏初始扰动生成和热带气旋发

展的动力条件，因此 2010 年在该区域没有热带气

旋生成。 
4.3  南亚高压及中高纬度环流 

作为东亚季风系统的重要成员，南亚高压和中

高纬度环流特征也会影响热带气旋的运动（陶诗言

等，1962；陈联寿，1965；丁一汇和 Wright，1983）。
南亚高压是北半球夏季出现在青藏高原及邻近地

区上空对流层上部最强大、最稳定的反气旋环流系

统。南亚高压位置及强弱的变化对南亚和东亚大范

围地区环流和天气气候有重要影响，也对热带气旋

的活动产生影响。热带气旋生成偏多的年份，对应

高层 100 hPa 高度场上孟加拉湾西南气流偏强，在

高原上空形成气旋性环流，削弱了南亚高压的强

度；而在热带气旋生成偏少的年份，高原上空以东

北气流为主，使得南亚高压强度加强。进一步分析

7～10 月热带气旋偏少年与偏多年的 100 hPa 高度

场差值图（图 5a），青藏高原上空为显著正值，这

与丁一汇和Wright (1983) 对 500 hPa高度场的分析

一致，说明南亚高压深厚强大时，热带气旋活动偏

图 4  2010 年（a）7 月、（b）8 月、（c）9 月、（d）10 月平均 850 hPa 流场和季风槽（粗线）。阴影区表示高低层风速垂直切变<10 m/s 

Fig. 4  850-hPa stream line and monsoon trough (broad-brush line) in (a) Jul, (b) Aug, (c) Sep, and (d) Oct in 2010 (the shaded regions stand for vertical wind 

shear <10 m/s) 

图 5  7～10 月（a）TC 偏少年与偏多年 100 hPa 高度场差值和（b）2010 年 100 hPa 高度场距平（单位：dagpm） 

Fig. 5  The 100-hPa geopotential height from Jul to Oct: (a) Difference (dagpm) between more and less frequency TC genesis years; (b) anomaly (dagpm) 

in 2010 
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弱。2010 年 7～10 月 100 hPa 高度场距平（图 5b）
显示整个青藏高原及其周边地区高度场异常偏高，

说明南亚高压偏强。 
850 hPa 风场上，孟加拉湾为东风距平，表示

西南风偏弱（图 6a），因而不利于季风槽形成并向

东伸展，造成热带气旋生成的动力条件不足。 
2010 年 7～10 月，西北太平洋（20°N～40°N，

120°E～180°E）区域的对流层上层为东风距平，表

明西风急流偏弱。由于西风减弱，在该区域南侧形

成异常气旋环流，其北侧形成异常反气旋环流（图

6b）。南侧异常气旋环流对应的对流层低层（图 6a）
为较强东风距平和弱的反气旋性环流距平特征，该

东风距平一直向西延伸至孟加拉湾。这样的高低层

纬向风异常配置使得高低层纬向风垂直切变幅度显

著增大，从而不利于涡旋系统生成，也不利于季风

槽形成和东伸，即热带气旋生成的动力条件不足。

这与王会军等（2007）的研究结论一致。此外，在

贝加尔湖西南地区，无论是在高层（200 hPa）还是

在低层（850 hPa）都存在一个异常反气旋。异常反

气旋东侧的偏北气流异常偏强，850 hPa 上偏北风距

平一直向南延伸到 20°N 附近，使得夏季风很难向北

推进，造成 2010 年夏季风明显偏弱（贾小龙等，

2011），因此季风槽也偏弱，不利于热带气旋的生成。 
除北半球环流系统对热带气旋活动有直接影响

外，南半球中高纬度的环流对热带气旋的生成也会造

成影响（王会军等，2006）。热带气旋活跃季节的南

极涛动（AAO）和西北太平洋热带气旋生成频次具

有显著的反相关关系。2010 年 6～10 月 AAO 处于  
异常正位相，西北太平洋地区纬向风的垂直切变幅度

加大，有利于对流层低层为异常反气旋环流（图 6a），
高层为异常气旋环流（图 6b），这些特征均不利于热

带气旋的生成和发展。2010 年的 AAO 与热带气旋的

关系完全符合王会军等（2006）的研究结果。 

 
5  造成大气环流异常的外强迫特征 

5.1  海表温度 
2010年经历了从El Niño 事件向La Niña 事件

的转换，一次中等强度的 El Niño 事件在 2009 年底

达到峰值后，于 2010 年春末夏初迅速消亡，并于

2010 年 7 月转为 La Niña 事件。2010 年后半年，

赤道中东太平洋为异常冷水，西太平洋地区为异常

暖水。因此该年热带气旋生成源地偏西的特征也主

要体现了 La Niña 事件海温分布型对热带气旋活动

的影响（Chan，2000）。 
从西北太平洋局地海温来看，2010 年上半年由

于处于 El Niño 的衰减期，热带西太平洋海温为负距

平，该地的对流活动受到抑制，不利于扰动产生。2010
年 6～10 月，随着 La Niña 事件的发展，热带西太平

洋海温维持正距平，而 140°E 以东的中太平洋海温则

为负距平。由于低纬的海气相互作用，使得 140°E
以东对流活动总体受到抑制（图 7），而 140°E 以西

至 100°E 的对流则明显加强，因此有利于热带气旋 
在该海域生成。2010 年热带气旋在夏秋季的活动经

历了从不活跃到相对活跃的演变过程。对比 1998 年

6～10 月热带海温距平分布，西太平洋海温为正距

平，中太平洋海温为负距平，而东太平洋海温为正距

平。中西太平洋的空间分布与 2010 年相似（东太平

洋海温距平不同，但是对热带气旋活动的直接影响很

小）。这说明 1998 年的 140°E 以东的热带中太平洋  
海温场分布特征也是非常不利于热带气旋活动的。 
5.2  次表层海温 

还有一些学者研究了西北太平洋暖池对热带

气旋活动的影响，结果发现暖池地区次表层海温与

生成的热带气旋个数具有显著相关（陈光华和黄 
荣辉，2006）。作为 ENSO 事件前期信号的暖池    

图 6  2010 年 7～10 月（a）850 hPa 和（b）200 hPa 风场距平（箭头）分布和纬向风距平（等值线，单位：m/s）分布 

Fig. 6  The (a) 850-hPa and (b) 200-hPa wind anomalies (vector) and zonal wind anomalies (isoline, units: m/s) from Jul to Oct in 2010 
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热状况将直接影响到上空的对流活动和大气环 
流，从而对西北太平洋热带气旋的生成与移动产生

影响。当西太平洋暖池次表层偏暖，季风槽位置偏

西北，TC 易在西北太平洋的偏西北位置（即 150°E
以西，10°N 以北）生成，这种状况下 TC 易往西北

方向移动，因而造成登陆我国的 TC 增多；相反，当

热带西太平洋暖池次表层处于冷状态、季风槽位置

偏东南，TC 易在 150°E 以东和 10°N 以南的区域生

成，这造成西北太平洋 TC 移动路径易于在日本东

南部转向东北方向，造成登陆我国 TC 偏少。 
2010 年 7～10 月，西太平洋暖池次表层海温异

常偏暖，对应上空 850 hPa 为异常东风（图 6a）控

制，这一异常强的东风向西一直延伸到阿拉伯海，

不利于季风槽向东南延伸，这也解释了前面 2010
年 7～9 月季风槽偏弱、位置偏西特征的热力强迫

成因。同时在高层（图 6b），与低层相对应的热带

西太平洋一直维持异常西风距平，这种高低层的配

置不利于低层西风气流进一步向东伸展，所以季风

槽明显偏西。对应热带气旋生成源地 200 hPa 高层

为散度负距平，对流上升支位于西北太平洋的西北

侧，因而有利于热带气旋在该区域活跃。 
2010 年 7～10 月，西北太平洋海表温度和次表

层海温的特征是 2010 年 TC 生成频数偏少、生成源

地异常偏西的重要外强迫信号。 

6  影响 TC 移动路径和登陆的重要环
流特征 

西太平洋热带气旋的移动主要受到副热带高

压和西风带环流的影响（朱乾根和林景瑞，1992）。
西太平洋地区的中层风场对登陆我国的热带气旋

移动路径也产生显著的引导作用，王磊等（2009）
认为副高位置偏东时，西北太平洋副高西南侧的 
东南气流有利于引导 TC 登陆厦门以北区域；反 
之，副高脊点偏西导致副高西北侧为西风异常，从

而使得登陆厦门以北的 TC 个数偏少。而 2010 年

7～10 月西太平洋副热带高压西伸至我国内陆地

区，且副高体庞大，控制了我国南方的大部分地区

和东海海域。这种特征一般是不利于热带气旋生成

和登陆我国的，究竟是什么原因造成在 2010 年生

成热带气旋异常偏少的情况下登陆我国的热带气

旋并不少呢？ 
图 8a 为 2010 年 7～10 月的 500 hPa 风矢量距

平场和 588 dagpm 等值线，在南海和西北太平洋地

区，15°N 以南的低纬和 25°N 以北的中纬度地区都

存在明显东风异常。值得关注的是在副热带中太平

洋 150°E～180°E 区域为气旋式环流距平，其北侧

为东风异常，而日本及其以东地区为明显的反气旋

环流距平，中心位置在（40°N，155°E）附近，其

南侧为东风异常，该东风异常南缘可到 25°N，并向

西扩展至中国大陆地区，在这种异常东风气流的引

导下，热带气旋容易西行和西北行并登陆我国沿海

地区。2010 年登陆热带气旋路径也显示了西行和西

北行路径占优势的特点。相比之下，1998 年 500 hPa
距平风场显示（图 8b），副热带 150°E～180°区域  
为气旋式环流距平，日本以东的反气旋环流中心位

置在（45°N，180°E）附近，较 2010 年明显偏北偏

图 7  2010 年 5～10 月 10°N～20°N 平均 OLR 距平的时间—经度剖面 

Fig. 7  The time–longitude section of OLR anomaly over 10°N–20°N from May to Oct in 2010 
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东，其南侧的东风异常南缘最多到 30°N，且东风异

常向西只延伸到 150°E，较 2010 年的东风异常伸展

区域明显偏北、偏东。因此 1998 年生成的 TC 不易

被引导至我国沿海地区。 
进一步合成热带气旋登陆达到 7 个以上年份的

500 hPa 距平风场（图略），环流特征与 2010 年相

似，在副热带中太平洋 155°E～180°区域为气    
旋式环流距平，在日本以东地区为反气旋环流距

平，中心位置在（43°N，165°E）附近，其南侧为

东风异常，其南缘可到 20°N，向西扩展可至中国东

部近海地区，热带西太平洋地区的东风异常在 5°N
以南。可见北太平洋地区的反气旋环流强弱和影响

范围与 TC 的移动路径和登陆密切相关。2010 年 
7～10 月，500 hPa 西太平洋副高异常强大和日本以

东异常反气旋距平环流导致中纬度东风气流增强

的共同影响是生成 TC 异常偏少却有利于西行登陆

我国的重要原因。 

7  小结 

本文分析了 2010 年西北太平洋热带气旋活动的

异常特征和大尺度环流条件及海洋外强迫特征，主 
要结论如下： 

（1）2010 年生成热带气旋频数异常偏少，生成

源地偏西，登陆热带气旋数与常年持平，登陆热带

气旋数与生成热带气旋数的比例为 1951 年以来历

史最高值。而 1998 年生成和登陆热带气旋均偏少，

相比之下，2010 年的热带气旋活动更加复杂。 
（2）热带气旋活动异常是大气环流异常的直接

结果。2010 年 7～10 月，副热带高压较常年异常偏

强、西伸脊点偏西；季风槽位置异常偏西，其东端

仅延伸到 120°E 附近，较常年偏西 30 个纬度；沿

着季风槽分布的弱垂直风切变带位置也较常年偏

西，且范围偏小；南亚高压异常偏强；贝加尔湖附

近对流层中高层均为反气旋距平环流；这些关键环

流因子的特征和配置都不利于 TC 的生成。 
   （3）环流异常受到海温异常演变的明显影响。

2010 年上半年由于处于 El Niño 的衰减期，热带西

太平洋海温为负距平且对流活动受到抑制，不利于

扰动产生。2010 年上半年，随着 La Niña 事件的发

展，热带西太平洋海温维持正距平，140°E 以西至

100°E 的对流明显加强，因此有利于热带气旋在该

海域生成。2010 年热带气旋在夏秋季经历了从不 
活跃到相对活跃的演变过程。2010 年 7～10 月海表

温度分布形态使得对流在热带西太平洋东部（140°E
以东）受到抑制而在西太平洋西部（140°E 以西）

加强，有利于热带气旋在西北太平洋西北部海域生

成。西太平洋暖池处于暖状态直接影响其上空的大

气环流，使得低层盛行异常东风，高层盛行异常西

风，抑制了季风槽向东南延伸，使得季风槽明显偏

西。西北太平洋海表温度和暖池次表层海温的特征

是 2010 年 TC 生成频数偏少、生成源地异常偏西的

重要外强迫信号。1998 年的热带中西太平洋海温距

平分布型与 2010 年相似，二者具有相似的影响热

带气旋生成的外强迫条件。 
（4）2010 年热带气旋移动和登陆频次受到中

纬度环流的显著影响。2010 年 7～10 月 500 hPa 距

平风场特征显示中纬度日本及其以东地区为反气

旋环流，其南侧为东风异常，该东风异常南缘可到

25°N，并向西扩展至中国大陆地区；南海和西北太

平洋地区 15°N 以南的低纬也为东风异常；在这样

的风场分布型下，热带气旋容易受偏东气流引导西

图 8  （a）2010 年和（b）1998 年 7～10 月 500 hPa 风场距平（箭头）和 588 dagpm 线（等值线） 

Fig. 8  The wind anomalies (vector) for 500 hPa and 588-dagpm isolines from Jul to Oct in (a) 2010 and (b) 1998 
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行并登陆我国沿海地区。这是 2010 年生成 TC 异常

偏少但登陆 TC 并不少的重要环流条件。而 1998 年

的 500 hPa 风矢量距平场显示在中纬度地区与 2010
年有很大差异，日本以东的反气旋环流中心较 2010
年明显偏北、偏东，其南侧的东风异常南缘最多到

30°N，且东风异常向西只延伸到 150°E，较 2010
年的东风异常伸展区域明显偏北、偏东。因此 1998
年生成的 TC 不易被引导至我国沿海地区。 
    初步分析显示，2010 年 TC 的生成数量和源地

受到热带地区动力和热力条件的显著影响，而 TC
的移动路径和登陆频次则受到中纬度环流系统的

明显作用。关于中纬度环流特征的成因还需要深入

研究。 
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基于多时间尺度的回归集成预测模型
�

胡娅敏１，２　覃志年３　陈丽娟４　罗晓玲２

１广东省气候中心，广州５１００８０

２广州市气候与农业气象中心，广州５１００８０

３广西自治区气候中心，南宁５３００２２

４国家气候中心中国气象局气候研究开放实验室，北京１０００８１

提　要：引入能够将非线性、非平稳过程的数据进行线性化和平稳化处理的ＥＭＤ方法，对广东降水的时间序列进行时间尺

度分离，从复杂的非平稳信号中提取相对简单以不同时间尺度振荡的准周期信号，选取能较好描述降水周期特征的ＩＭＦ分量

作为建模备选因子，然后以均生回归、均生相关、韵律拟合误差和拟合误差４种方法构建预测模型，结果得到采用多尺度因子

构建的４种单预测模型近１０年犘狊评分和降水距平符号同号率平均分在６８～７３分和５０％～５８％之间，而采用４种模型构建

的回归集成模型两种评分方法的平均分分别高达７９．８和６８．８％，较单一预测模型评分分别提高了近１０分和１０％以上。将

具有降水指示信号的前冬赤道东太平洋海温因子耦合到回归集成预测模型，其犘狊评分结果与纯降水集成模型相当，但同号

率评分略高３．１％。从而，提取要素序列的多种时间尺度特征，并采用多模型的集成预报，均能有效提高短期气候预测水平。

关键词：多时间尺度，经验模态分解，回归集成
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 国家自然科学基金青年基金项目（４０９０５０４３）、广州市科技计划项目（２０１０Ｙ１Ｃ０３１）、广东省气象局课题（２０１１Ｂ０４）、中国气象局气候预

测创新团队、中英瑞适应气候变化项目（ＡＣＣＣ／２０１０５２７）和中国气象局气候变化专项（ＣＣＳＦ２０１１２５）共同资助

２０１２年１２月１７日收稿；　２０１３年３月６日收修定稿
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ｉｆｔｈｅＳＳＴｓｉｇｎａｌｓｉｎｔｒｏｐｉｃａｌＥａｓｔＰａｃｉｆｉｃｉｎｔｈｅｐｒｅｖｉｏｕｓｗｉｎｔｅｒａｒｅｃｏｕｐｌｅｄｉｎｔｏｔｈｅＲＥＰＭ，ｔｈｅ犘狊ａｎｄ

ＳＳＲｓｃｏｒｅｓｈａｖｅｉｍｐｒｏｖｅｄ，ｂｕｔｔｈｅＳＳＲｓｃｏｒｅｓ，３．１％ｈｉｇｈｅｒｔｈａｎｔｈｅｆｏｒｍｅｒ．Ｔｈｅｒｅｆｏｒｅ，ｂｏｔｈｔｈｅｍｕｌｔｉ

ｔｉｍｅｓｃａｌｅｉｎｆｏｒｍａｔｉｏｎｅｘｔｒａｃｔｉｎｇｆｒｏｍｔｈｅｍｅｔｅｏｒｏｌｏｇｉｃａｌｅｌｅｍｅｎｔｓａｎｄｔｈｅｅｎｓｅｍｂｌｅｍｏｄｅｌｃｏｎｓｔｒｕｃｔｉｏｎ

ｃａｎｉｍｐｒｏｖｅｔｈｅａｃｃｕｒａｃｙｏｆｓｈｏｒｔｔｅｒｍｃｌｉｍａｔｅｐｒｅｄｉｃｔｉｏｎ．

犓犲狔狑狅狉犱狊：ｍｕｌｔｉｔｉｍｅｓｃａｌｅ，ｅｍｐｉｒｉｃａｌｍｏｄｅｄｅｃｏｍｐｏｓｉｔｉｏｎ（ＥＭＤ），ｒｅｇｒｅｓｓｉｏｎｅｎｓｅｍｂｌｅｐｒｅｄｉｃｔｉｏｎｍｏｄｅｌ

引　言

目前，提高短期气候预测水平的常用方法有两

种：一是对数值模式结果进行统计降尺度或动力降

尺度应用，其预报效果的好坏依赖于数值模式预测

结果的优劣。二是依靠改进统计方法，虽然统计方

法存在着某些局限性和不稳定性，比如历史样本的

有限性，统计方法无法对历史上没有出现过的气候

异常强度和分布做出预测，历史资料得到的统计关

系随着气候的长期变化也在不断的改变，甚至很多

关系目前已经变得不如当初发现它们时显著。但

是，由于数值预报水平发展仍有待提高，研究和发展

新的统计方法仍是提高省（市）短期气候预测水平的

有效途径之一。

短期气候预测中引入的经典数学方法大多是针

对线性和平稳时间序列进行分析的，而气象问题本

质上都是非线性的，因而对于气象要素序列中很多

非平稳和非线性过程不能较好地提取出有用的信

息。经验模态分解（ＥｍｐｉｒｉｃａｌＭｏｄｅＤｅｃｏｍｐｏｓｉ

ｔｉｏｎ，ＥＭＤ），即逐级进行平稳化处理，把不同周期的

波动从原信号中分离出来，且该波动是平稳的，称该

波动为本征模态函数（ＩｎｔｒｉｎｓｉｃＭｏｄｅＦｕｎｃｔｉｏｎ，

ＩＭＦ），不同的ＩＭＦ分量是平稳信号，具有非线性特

征和缓变波包的特征。另外，ＥＭＤ方法依据数据自

身的时间尺度特征来进行信号分解，无须预先设定

任何基函数，这一点与建立在先验性的谐波基函数

和小波基函数上的傅里叶分解与小波分解方法具有

本质性的差别。因此，ＥＭＤ 方法在处理非平稳及

非线性数据上，具有非常明显的优势（张明阳等，

２００７）。ＥＭＤ方法及相应的 Ｈｉｌｂｅｒｔ变换正成为处

理非线性、非平稳时间序列的有力手段，并已在生

物、海洋、大气科学、天文学和工程技术等领域中得

到了初步应用（林振山等，２００４；郑祖光等，２０１０）。

许多气象学家开展了基于ＥＭＤ方法对各种气象资

料时间序列的分析工作，主要包括：ＭＪＯ（Ｌｏｖｅｅｔ

ａｌ，２００８）、降水（ＭｃＭａｈｏｎｅｔａｌ，２００８）、气温（方仕

全等，２００５；邹明玮，２００７；玄兆燕等，２００８ａ；２００８ｂ）、

降水日数（毕硕本等，２０１０）、副热带大气系统（侯威

等，２００６）、成灾面积（刘莉红等，２００８）、海平面高度

（刘莉红等，２０１０ｂ）、大气边界层高度（刘莉红等，

２０１０ａ）和海水温度（杨周等，２０１０）。但是把这种方

法初步应用到预测的研究主要有：万仕全等（２００５）

和邹明玮（２００７）以扬州５３０年（１４７０—１９９９年）旱

涝级别序列和北半球１９９５年（１—１９９５年）树木年

轮序列为例，采用ＥＭＤ方法、均生函数和最优子集

回归方法构建了一个新的预测模型，结果表明，特征

ＩＭＦ分量有较高的可预测性，它对原序列趋势的预

测有重要指示意义。玄兆燕等（２００８ｂ）采用ＥＭＤ

和神经网络方法相结合对石家庄的气温和降水进行

预测，结果得到ＥＭＤ方法降低了被预测信号中的

非平稳性，其预测精度比直接用神经网络预测的预

测精度有较明显的提高。这些研究（万仕全等，

２００５；邹明玮，２００７；玄兆燕等，２００８ａ；２００８ｂ）采用实

例数据在预测方面做了初步尝试，这为气候预测开

辟一条新的有效途径。

另一方面，随着科技的发展，集成方法已经成为

当前气候预测中的关键技术，尤其是气候模式发展

的重要方向（陈法敬等，２０１１；尤凤春等，２００９；狄靖

月等，２０１３；纪永明等，２０１１）。然而，目前大部分气

象部门预测方案都是采用单一的数理方法来构建模

型，由于使用的预测手段不同，考虑影响气象要素的

物理因素不同，各种预报方法得到的预报结果也不

尽相同或存在很大差异，但都能在一定程度上提供

一些有用的信息。因此，若采用一种客观方法将各

种预报结果加以集成，可提高对气象变量的短期气

候预测准确率（魏凤英，２００７；２０１１）。雷向杰（２０１１）

基于多元回归预测法、月际持续性预测法、年际持续

性预测法和基于ＥＯＦ的Ｄｏｗｎｓｃａｌｉｎｇ法共４种方

法建立了集成预测模型，结果得到集成预测方法的

效果明显优于单一预测方法。毕硕本等（２０１２）采用

ＥＭＤ对广西２月气温序列进行分解，然后对得到的

ＩＭＦ分量构建集成预报成员，用均生函数逐步回归

法对各集成成员进行预测，结果表明加入ＥＭＤ算
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法和集成预报技术的方法比单一预测方法具有更好

的预测能力。从而可见，集成方法的引入可有效改

进短期气候预测效果。

本文引入ＥＭＤ方法对广东降水时间序列进行

多时间尺度分离，将复杂的非平稳信号简化为相对

简单的不同时间尺度振荡的准周期信号，选取能较

好描述降水周期特征的ＩＭＦ分量作为预测模型的

备选因子，然后分别采用均生回归、均生相关、韵律

拟合误差和拟合误差４种方法对选取的备选因子构

建预测模型。最后，参照雷向杰（２０１１）的研究方法，

再以这４种预测模型为备选因子，采用多元线性回

归方法构建集成预测模型。与毕硕本等（２０１２）研究

不同的是，他们是对ＩＭＦ分量构建集合序列，即考

虑了初值的集合，本文是对预测方法进行集成，即考

虑了预测模型的集成。本研究期望引入ＥＭＤ方法

和回归集成预测模型能提高广东降水的短期气候预

测水平，为政府决策部门提前做出准确的指导。

１　资料和方法

１．１　资料处理

降水和气温数据是由广东省气候中心提供的

１９６１—２０１１年广东８６个台站的逐月降水和气温观

测资料，以１９８１—２０１０年作为气候平均值。

用于降水和气温检验的方法为２０１０年中国气

象局国家气候中心《短期气候预测质量分级检验办

法》中的Ｐｓ六级评分方法。

１．２　研究方法

本文采用相关分析、经验正交函数（ＥＯＦ）、

ＥＭＤ、均生回归、均生相关、韵律拟合误差、拟合误

差、多元线性回归和回归集成等方法对资料进行处

理、多时间尺度分离和模型构建。其中，均值生成函

数（魏凤英等，１９９０）（ＭｅａｎＧｅｎｅｒａｔｉｎｇＦｕｎｃｔｉｏｎ，

ＭＧＦ），提出了视 ＭＧＦ为原序列生成的、具有周期

性的基函数的新构思，设一时间序列狓（狋）：

狓（狋）＝ ｛狓（１），狓（２），…，狓（狀）｝ （１）

式中，狀为样本量。

狓（狋）的均值为：

狓＝
１

狀∑
狀

犻＝１

狓（犻） （２）

对于式（１）定义均值生成函数：

狓犾（犻）＝
１

狀犾∑

狀犾－１

犼＝０

狓（犻＋犼犾）　（犻＝１，…，犾，１≤犾≤犿）

（３）

式中狀犾＝ＩＮＴ（狀／犾），犿＝ＩＮＴ（狀／２）或ＩＮＴ（狀／３），

ＩＮＴ表示取整数。根据式（３），可以得到犿 个均生

函数，将均生函数定义域延拓到整个数轴上，即作周

期性延拓，构造均生函数延拓矩阵。而均生回归法，

即先把降水序列作均生延拓，对得到的所有均值生

成函数因子，采用多元线性回归方法（魏凤英，２００７；

吴诚鸥等，２００７；黄嘉佑，２００４）建立预测模型。另

外，均生相关法，即先把降水序列作均生延拓，再对

延拓结果与原序列计算相关，取２～７、７～１５和１５

～犖／２年间（犖 为序列长度）的延拓序列高相关的３

个因子，即找到长、中、短３个不同尺度因子，采用多

元线性回归方法建立预测模型。韵律拟合误差法参

见魏淑秋（１９８５）工作。拟合误差法参见谢小康

（１９９４）工作。本文主要采用ＥＭＤ（郑祖光等，２０１０）

方法对各月、季降水序列进行多时间尺度分离，分别

采用均生回归、均生相关、韵律拟合误差和拟合误差

４种方法对基于ＥＭＤ得到的ＩＭＦ分量构建月、季

降水预测模型。

２　基于ＥＭＤ算法的多时间尺度信息

提取及集成模型构建

２．１　基于犈犕犇算法的多时间尺度信息提取

长时间的降水序列本身蕴含了其多重周期演变

特性，但由于影响降水系统的复杂性，使该序列包含

了许多非平稳和非线性信息，如何从中提取出具有

预测指示意义的周期特征，是众多研究者关注的重

点之一，ＥＭＤ工作在尺度分离工作中的优势已被一

些学者证明。

对广东各月或季降水序列进行标准化，然后用

ＥＭＤ方法分解，通常能得到５～６个ＩＭＦ分量和１

个趋势项，计算各ＩＭＦ分量与原序列的相关系数，

以及ＩＭＦ分量所占方差贡献，选取相关系数高、方

差贡献大的ＩＭＦ因子作为２．２节建模的备选因子。

选取广东汛期（４—９月）降水为例进行ＥＭＤ分

析。首先，对１９６１—２０１１年广东汛期降水进行

ＥＭＤ，得到４个ＩＭＦ分量和１个趋势项（图１）。在

构成广东汛期降水量变化的４个不同时间尺度的波

频中，ＩＭＦ１与原序列相关系数为０．７８，其周期分别
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表现为４ａ，而ＩＭＦ２、ＩＭＦ３和ＩＭＦ４的相关系数分

别为０．２５、０．２２和０．１６，周期分别为７、１２和２５ａ，

最后一项ＩＭＦ５为趋势项，与原序列相关系数为

０．０７，表现为自２０世纪６０年代中期以来广东汛期

降水一直呈现上升趋势，但近５年增加趋势不明显。

图１　１９６１—２０１１年广东汛期

降水量的ＩＭＦ１～ＩＭＦ５分量

Ｆｉｇ．１　ＴｈｅＩＭＦ１ｔｏＩＭＦ５ｃｏｍｐｏｎｅｎｔｓｏｆ

Ｇｕａｎｇｄｏｎｇｐｒｅｃｉｐｉｔａｔｉｏｎｄｕｒｉｎｇｒａｉｎｙ

ｐｅｒｏｉｄｆｒｏｍ１９６１ｔｏ２０１１

　　计算各ＩＭＦ分量的方差贡献得到，ＩＭＦ１占方

差的贡献达６３．０％，比较ＩＭＦ１分量与原序列

（图２ａ），可以看出ＩＭＦ１基本能拟合出原序列，说

明汛期降水主要以４ａ振荡为主。ＩＭＦ１和ＩＭＦ４

这２个分量累积方差贡献达７９％，取这两个ＩＭＦ分

量合成与原序列曲线的对比（图２ｂ），可以看出合成

曲线基本包含了原序列信息，与原序列相关系数高

达０．８８，即在ＩＭＦ１分量中加入２５ａ长周期的

ＩＭＦ４分量，其合成效果较图２ａ更好。若取ＩＭＦ１

～ＩＭＦ４，则累积方差贡献达９３．２％，与原序列相关

系数高达０．９７，其重构值与原值非常接近，可见

ＥＭＤ方法分离出多时间尺度信息基本能重构原信

息的特征。

图２　汛期降水量与ＩＭＦ１分量（ａ）、

ＩＭＦ１＋ＩＭＦ４（ｂ）和ＩＭＦ１＋ＩＭＦ２＋

ＩＭＦ３＋ＩＭＦ４重构序列（ｃ）的对比

（虚线：原序列，实线：ＩＭＦ分量合成）

Ｆｉｇ．２　Ｔｈｅｃｏｍｐａｒｉｓｏｎｂｅｔｗｅｅｎｔｈｅ

ｐｒｅｃｉｐｉｔａｔｉｏｎａｎｄｔｈｅｆｉｒｓｔｃｏｍｐｏｎｅｎｔ（ａ），

ｔｈｅｃｏｍｐｏｓｉｔｉｏｎｆｒｏｍｔｈｅｆｉｒｓｔａｎｄｔｈｅ

ｆｏｕｒｔｈｃｏｍｐｏｎｅｎｔｓ（ｂ）ａｎｄｔｈｅｃｏｍｐｏｓｉｔｉｏｎ

ｆｒｏｍｔｈｅｆｉｒｓｔ，ｔｈｅｓｅｃｏｎｄ，ｔｈｅｔｈｉｒｄ，ｔｈｅ

ｆｏｕｒｔｈｃｏｍｐｏｎｅｎｔｓ（ｃ）ｄｕｒｉｎｇｒａｉｎｙ

ｐｅｒｏｉｄｉｎＧｕａｎｇｄｏｎｇ

（Ｔｈｅｄａｓｈｅｄｌｉｎｅｉｓｔｈｅｐｒｅｃｉｐｉｔａｔｉｏｎａｎｄ

ｔｈｅｓｏｌｉｄｌｉｎｅｉｓｔｈｅＩＭＦｃｏｍｐｏｎｅｎｔｓ）

２．２　基于多尺度信息的统计模型构建

对基于ＥＭＤ方法得到具有较高相关系数和较

大方差贡献的ＩＭＦ分量，分别采用均生相关法、均

生回归法、韵律误差法和拟合误差法构建降水的预

测模型，建模年份为１９６１年至预测前一年，回报检
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验时采用逐年向前滚动检验法。其预报结果如表１

和表２，可以看出４种预测方法对近１０年广东汛期

降水的犘狊评分平均值在６８～７３分之间，而降水距

平同号率评分的平均值在５０％～５８％。与原降水

序列构建模型相比（表略），多时间尺度各单一预测

模型均有不同程度的提高，犘狊评分增加了３分，同

号率评分增加了５％，可以看出若剔除了原序列中

的噪音，在一定程度上能有效改进预报效果。

表１　基于犈犕犇多时间尺度的预测

模型广东汛期降水犘狊评分

犜犪犫犾犲１　犜犺犲犘狊狊犮狅狉犲狅犳犌狌犪狀犵犱狅狀犵狆狉犲犮犻狆犻狋犪狋犻狅狀

犳狉狅犿犃狆狉犻犾狋狅犛犲狆狋犲犿犫犲狉犱狌狉犻狀犵２００２－２０１１犫犪狊犲犱狅狀

狋犺犲犿狌犾狋犻狋犻犿犲狊犪犮犾犲狆狉犲犱犻犮狋犻狅狀犿狅犱犲犾犳狉狅犿犈犕犇

年份 均生相关 均生回归 韵律 拟合误差 回归集成

２００２ ６９．２ ７２．３ ６８．３ ６９．８ ８０．２

２００３ ７２．８ ７４．４ ６８．０ ７６．６ ８５．３

２００４ ７０．０ ７４．１ ７１．０ ６７．８ ７８．３

２００５ ７４．４ ７２．８ ７０．２ ７０．５ ８１．３

２００６ ７２．１ ７２．２ ６２．２ ７６．７ ７８．４

２００７ ７０．９ ７３．８ ７０．３ ７１．４ ８０．７

２００８ ７４．５ ７１．９ ６７．０ ７２．４ ７７．９

２００９ ５７．４ ６７．１ ６９．５ ６４．７ ７７．９

２０１０ ６６．４ ７３．８ ７２．２ ７０．９ ７８．１

２０１１ ７４．１ ７６．７ ６４．４ ７０．９ ８０．３

平均 ７０．２ ７２．９ ６８．３ ７１．２ ７９．８

大于６０

的年份
９ １０ １０ １０ １０

表２　基于犈犕犇多时间尺度的预测模型广东

汛期降水距平符号的同号率评分（单位：％）

犜犪犫犾犲２　犜犺犲犪狀狅犿犪犾狔狊犻犵狀犮狅狀狊犻狊狋犲狀犮狔狉犪狋犲犫犲狋狑犲犲狀

狋犺犲犺犻狀犱犮犪狊狋犪狀犱狋犺犲狅犫狊犲狉狏犲犱狆狉犲犮犻狆犻狋犪狋犻狅狀犻狀犌狌犪狀犵犱狅狀犵

犳狉狅犿犃狆狉犻犾狋狅犛犲狆狋犲犿犫犲狉犱狌狉犻狀犵２００２－２０１１犫犪狊犲犱狅狀狋犺犲

犿狌犾狋犻狋犻犿犲狊犪犮犾犲狆狉犲犱犻犮狋犻狅狀犿狅犱犲犾犳狉狅犿犈犕犇（狌狀犻狋：％）

年份 均生相关 均生回归 韵律 拟合误差 回归集成

２００２ ４６．５ ５０．０ ４７．７ ４５．３ ６７．４

２００３ ５５．８ ５５．８ ４４．２ ６１．６ ７０．９

２００４ ５２．３ ５９．３ ５５．８ ４７．７ ６５．１

２００５ ５９．３ ５３．５ ５１．２ ５３．５ ６９．８

２００６ ６６．３ ６６．３ ４６．５ ６８．６ ７２．１

２００７ ５１．２ ５２．３ ４８．８ ５０．０ ６６．３

２００８ ６８．６ ６１．６ ５２．３ ６７．４ ６９．８

２００９ ３８．４ ５０．０ ５２．３ ４４．２ ６６．３

２０１０ ４５．３ ５３．５ ５３．５ ５１．２ ６１．６

２０１１ ６９．８ ７４．４ ５２．３ ６０．５ ７９．１

平均 ５５．３ ５７．７ ５０．５ ５５ ６８．８

大于５０

的年份
７ １０ ６ ７ １０

２．３　基于回归方法的集成预测模型构建

集成预报的基本含义是将两个以上模型的预报

结果用统计方法集成为单一的预报结果。集成预报

的关键是如何确定权重系数。通常采用简单的算术

平均或根据各种方法事先人为设定历史预报技巧或

用回归系数给各种预报方法不同的权重。在预报样

本量不是足够大的情况下，算术平均通常不能得到

最优集成预报。在有限样本情况下，回归系数可以

保证在最小方差意义下得到最优集成拟合（魏凤英，

２００７），因此本文选取回归集成法（朱伯承，１９８１）构

建预测模型。回归集成法将狀种原始预报模型狔１，

狔２，…，狔狀 作为新的预报因子，求预报量实况值狔的

回归方程：

狆＝犪０＋犪１狔１＋犪２狔２＋犪３狔３＋犪４狔４ （４）

　　其系数满足如下线性方程组

狊１１犪１＋狊１２犪２＋…＋狊１狀犪狀 ＝狊１狔

狊２１犪１＋狊２２犪２＋…＋狊２狀犪狀 ＝狊２狔

　　　　　

狊狀１犪１＋狊狀２犪２＋…＋狊狀狀犪狀 ＝狊狀狔

犪０ ＝狔－（犪１狔１＋犪２狔２＋…＋犪狀狔狀

烅

烄

烆 ）

（５）

狊犻犼 ＝∑
犕

犽＝１

（狔犻犽－狔犻）（狔犼犽－狔犼）

其中：

狊犻狔 ＝∑
犕

犽＝１

（狔犻犽－狔犻）（狔犽－狔犼）

式中，犕 为预报次数，狔犻犽为第犻种原始预报方法所

作的第犽次预报值，狔犽 为第犽次实况值。将式（５）

的解代入式（４）便得回归集成预报方程。

本文选取均生相关狔１、均生回归狔２、韵律误差

狔３ 和拟合误差狔４ 共４种预报模型作为集成成员的

备选因子，采用多元线性回归方法构建如式（４）的集

成预测模型。取４种单预测模型预测年份前１０年

的回报值代入式（５），得到犪０，犪１，犪２，犪３ 和犪４５个系

数的解，代入式（４）即得到回归集成预测模型。该集

成预测模型是动态的，各台站的回归系数随预测对

表３　以汛期降水５个台站为例得到

的集成模型的回归系数

犜犪犫犾犲３　犜犺犲犲狀狊犲犿犫犾犲犿狅犱犲犾狉犲犵狉犲狊狊犻狅狀

犮狅犲犳犳犻犮犻犲狀狋狊犳狅狉狆狉犲犮犻狆犻狋犪狋犻狅狀犪狋犳犻狏犲狊狋犪狋犻狅狀狊狅犳

犌狌犪狀犵犱狅狀犵犳狉狅犿犃狆狉犻犾狋狅犛犲狆狋犲犿犫犲狉

台站 犪０ 犪１ 犪２ 犪３ 犪４

阳山 －１．７ ０．４１ ０．０ ０．９８ －０．６５

广州 １６．５ －１．７１ ２．５７ ０．５８ －１．０６

饶平 －２２．１ ０．２８ －２．７４ ０．７１ １．１９

台山 －０．２ ０．０ １．００ ０．５５ －０．８０

中山 －５．２ ０．１８ ０．０ －０．４７ －０．４２
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象（降水或气温等）、预测年和预测时段（季、月及旬

等）的变化而动态改变。以汛期降水为例，取

２００２—２０１１年８６个台站近１０年４种单预测模型

的回报值代入式（５），分别计算得到各台站的５个回

归系数，表３列出任意５个台站的犪０，犪１，犪２，犪３ 和

犪４ 回归系数，可以看出在不同的台站预测过程中各

种预测模型发挥着不同的作用，效果各有优劣。

　　对回归集成方法近１０年广东汛期进行回报

（表１和表２），可以看出回归集成的效果明显优于各

单独预测模型，犘狊评分的平均值上升到７９．８分，较

单一模型中最优的均生回归法增加了６．９分，降水

距平符号同号率平均值为６８．８％，较单预测模型增

加了１０％以上。较原降水序列回归集成模型（表

略），其犘狊评分和同号率评分分别增加了１０分和

１０％以上，说明开展物理模型的集成预测，能有效提

高短期气候预测水平。

　　进一步分析各预测模型的空间预测效果，以

２０１２年汛期为例，对广东８６站降水进行ＥＭＤ分解

后，选取特征ＩＭＦ分量，分别采用均生相关法、均生

回归法、韵律拟合误差法和拟合误差法构建模型进

行预测，得到如图３所示结果，实况的分布为广东省

大部分降水偏少，各单预测模型也均预测出降水偏

少的形势，其犘狊评分在６７．４～７４．２分之间。对这

４种预测方法进行回归集成，得到的预测结果与实

况最为接近，其犘狊评分在７７．２分，可以看出，回归

集成较其他单一预测模型在空间分布和量级的预测

上较单一预测模型更优。

３　前冬海温对广东汛期降水的影响及

其与序列方法的集成

　　虽然降水序列本身包括了很多重要信息，但降

图３　２０１２年汛期广东降水预测实况及各种预测结果

（ａ）实况，（ｂ）均生相关，（ｃ）均生回归，（ｄ）韵律拟合误差法，（ｅ）拟合误差，（ｆ）回归集成

Ｆｉｇ．３　Ｔｈｅｐｒｅｃｉｐｉｔａｔｉｏｎｏｂｓｅｒｖａｔｉｏｎ（ａ）ａｎｄｐｒｅｄｉｃｔｉｏｎｒｅｓｕｌｔｓｆｒｏｍｔｈｅｍｅｔｈｏｄｓ

ｏｆｍｅａｎｇｅｎｅｒａｔｉｏｎｃｏｒｒｅｌａｔｉｏｎ（ｂ），ｍｅａｎｇｅｎｅｒａｔｉｏｎｒｅｇｒｅｓｓｉｏｎ（ｃ），

ｒｈｙｔｈｍｆｉｔｔｉｎｇｅｒｒｏｒ（ｄ），ｆｉｔｔｉｎｇｅｒｒｏｒ（ｅ）ａｎｄｒｅｇｒｅｓｓｉｏｎｅｎｓｅｍｂｌｅ（ｆ）
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水本身只是一个事后信息，更有效的提高短期气候

预测的方法是分析影响降水的物理系统，由于影响

降水系统的复杂性，这种信息具有非线性和非平稳

性。众所周知，降水的成因很复杂，因而降水预测是

目前短期气候预测的难点和重点。降水不仅受自身

变化规律的影响，同时受到外强迫和大气环流影响。

随着全球气候变暖变“乱”，仅用降水时间序列本身

预测一方面不稳定，另一方面预测不出异常等级。

因此，有必要考虑对降水预测具有指示意义的外强

迫信号和环流因子。然而，考虑到环流因子是一个

相对的快变量，很容易遗忘前期信号对降水的指示，

另一方面大气的混沌性会限制季节尺度的预报性。

因此，下面开展海温外强迫因子与降水自身规律结

合构建预测系统。

将广东８６站汛期降水量进行ＥＯＦ展开，取能

表述其平均特征的第一特征向量对应的时间系数与

前期不同时期全球海温（ＳＳＴ）计算相关，结果得到

前冬（１２月到次年２月）赤道东太平洋地区有一正

高相关中心（图略），对该区域海温序列进行ＥＭＤ

展开，取前３个ＩＭＦ分量作为预测备选因子构建逐

步回归方程。对２００２—２０１１年海温模型进行回报

检验（表４），近１０年平均犘狊和同号率分别为６８．３

分和５２．８％，与降水单预测模型结果相当。进一步

将海温因子耦合到回归集成预测模型，其犘狊评分

结果与纯降水集成模型相当，但同号率评分略高３．

１％。海温因子对降水的可能影响：当冬季赤道东太

平洋海温偏高，有利西太平洋副热带高压偏南，易出

表４　采用前冬犛犛犜信号预测及其与

降水序列预测的集成结果对比

犜犪犫犾犲４　犜犺犲犮狅犿狆犪狉犻狊狅狀犫犲狋狑犲犲狀狋犺犲狆狉犲犱犻犮狋犻狅狀犳狉狅犿

犛犛犜狊犻犵狀犪犾狅犳狆狉犲狏犻狅狀狊狑犻狀狋犲狉犪狀犱狋犺犲狉犲狊狌犾狋狊狑犻狋犺狋犺犲犛犛犜

犮狅狌狆犾犲犱犻狀狋狅狋犺犲狆狉犲犮犻狆犻狋犪狋犻狅狀犲狀狊犲犿犫犾犲狆狉犲犱犻犮狋犻狅狀犿狅犱犲犾

年份
前冬ＳＳＴ模型 序列＋ＳＳＴ集成

同号率／％ 犘狊 同号率／％ 犘狊

２００２ ３２．６ ６１．０ ７０．９ ８２．３

２００３ ７０．９ ７９．５ ６６．３ ７９．３

２００４ ８０．２ ７９．０ ６２．８ ７４．０

２００５ ２７．９ ６０．７ ７０．９ ７９．７

２００６ ３０．２ ５４．３ ８３．７ ８４．８

２００７ ５０．０ ７０．０ ７５．６ ８２．４

２００８ １０．５ ３８．８ ８３．７ ８０．７

２００９ ６８．６ ７７．０ ７０．９ ８０．５

２０１０ ６９．８ ８０．１ ６５．１ ８０．３

２０１１ ８７．２ ８２．１ ６８．８ ７５．１

平均 ５２．８ ６８．３ ７１．９ ７９．９

大于５０的年份 ６ ９ １０ １０

现南方类雨型（陈兴芳等，２００３）。

４　结论和讨论

本文引入能够将非线性、非平稳过程的数据进

行线性化和平稳化处理的ＥＭＤ方法，对广东降水

和影响降水的海温因子的时间序列进行时间尺度分

离，从复杂的非平稳信号提取出相对简单的不同时

间尺度振荡的准周期信号，选取能较好描述降水周

期特征的关键备选因子，然后以均生回归、均生相

关、韵律拟合误差和拟合误差４种方法构建集成预

测模型。结果得到：

（１）ＥＭＤ方法能提取降水序列不同尺度的周

期特征，广东汛期降水主要呈现为４、７、１２和２５ａ

周期，其中以 ４ａ周期为主，占总方差贡献的

６３．０％，其次是２５ａ长周期，它和４ａ短周期占方差

贡献的７９％，与原序列相关高达０．８８，４和２５ａ周

期的重构值基本能包含汛期降水的绝大部分信息。

（２）采用均生相关、均生回归、韵律拟合误差法

和拟合误差预测方法对近１０年广东汛期进行回报，

结果得到各单一预测模型的犘狊评分的平均分为６８

～７３分，同号率评分的平均分为５０％～５８％，而回

归集成犘狊评分和同号率的平均值分别达到７９．８分

和６８．８％，较单一预测模型的评分分别偏高了１０

分和１０％以上。同时，回归集成也较好地模拟出降

水的偏多空间分布型。从而开展物理模型的集成预

测，能有效提高短期气候预测水平。

（３）将具有降水指示信号的前冬赤道东太平洋

海温因子耦合到回归集成预测模型，其犘狊评分结

果与纯降水集成模型相当，但同号率评分略高

３．１％。可见，寻找对降水预测具有指示意义的外强

迫信号和环流因子可一定程度上提高降水预报的准

确率。

本文采用ＥＭＤ方法提取能较好描述降水周期

特征的关键备选因子，并分别采用均生回归、均生相

关、韵律拟合误差和拟合误差４种方法构建预测模

型，接着采用回归方法对４种模型进行集成，研究得

到引入ＥＭＤ和回归集成方法能有效提高短期气候

预测效果。同时，将具有降水指示信号的前冬赤道

东太平洋海温因子耦合到回归集成预测模型，其犘狊

评分结果与纯降水集成模型相当，但同号率评分略

高３．１％。寻找对降水预测具有指示意义的外强迫

信号和环流因子可一定程度上提高降水预报的准确
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率。但是由于影响降水因子的复杂性，且外强迫因

子和环流因子均是和降水序列作前期相关来寻找关

键区，而这种相关关系并不十分稳定，且这种信息易

受非线性作用的干扰，因而如何提取影响降水系统

中可识别的具有可预报性的物理因子，是今后将进

一步深入开展的工作。
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CLIMATE PREDICTION EXPERIMENT FOR TROPICAL CYCLONE FREQUENCY 
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Abstract：Based on an analysis of the relationship between the tropical cyclone frequency and large scale 

circulation anomaly in NCEP reanalysis, large scale atmosphere circulation information forecast by 

JAMSTEC SINTEX-F coupled model is used to build a statistical model to predict the tropical cyclone 

frequency over the South China Sea and the western North Pacific. The SINTEX-F coupled model has 

relatively good prediction skill for some circulation features associated with the tropical cyclone frequency 

including sea level pressure (SLP), wind vertical shear, tropical convergence belt and cross-equatorial air flow. 

Predictors derived from these large scale circulations have good relationships with the tropical cyclone 

frequency over the South China Sea and the western North Pacific. A multivariate linear regression (MLR) 

model is further designed using these predictors. This model shows good prediction skill with the anomaly 

correlation coefficient reaching, based on the cross validation, 0.71 between the observed and predicted 

tropical cyclone frequency. However, it also shows relatively large prediction errors in extreme tropical 

cyclone years (1994 and 1998, for example). 

 

Key words: CGCM; large scale circulation; tropical cyclone; climate prediction 
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1	 引言
气候变化伴随着极端天气、气候事件频率和强

度的变化。了解全球和区域极端气候事件长期变化规

律，是当前气候变化监测、检测和预估研究的重要方

面，对于气候变化影响和适应性评价也有帮助。

极端气温事件是极端天气与气候事件中的一类，

其定义方法有很多[1-3]。目前国际上主要采用极端气温

指数来研究极端气温事件。由于各国、各地区极端指

数定义不一，研究方法不同，气候变化检测、监测和

指数专家小组选取了16个极端气温指数（14个常用

指数见表1），用于区域或全球极端气温事件变化的

分析。这些极端气温指数是基于简单的数学统计，

除去反映季节或年内最大、最小值的极值指数外，

都是采用阈值指标来度量的。超过阈值的值被认为

是极值，该事件称为极端事件。阈值又分为绝对阈

值和相对阈值。

本文比较了绝对阈值和相对阈值指数的适用范

围，重点讨论相对阈值的确定方法。不同研究者对相

对阈值的选择、修订、样本选取、样本容量和计算方

法不尽相同，导致计算的阈值有所差别；同时参考期

	浅谈极端气温事件研究中阈值确定方法
李娇1, 2  任国玉2  战云健2, 3 

（1 辽宁省铁岭市气象局，铁岭 112000；2 中国气象局气候研究开放实验室，北京 100081； 

3 中国气象科学研究院，中国气象局，北京 100081）

摘要：比较了极端气温事件研究中，绝对阈值和相对阈值指数的适用范围。归纳总结了近年来国内外在陆地极端气温事

件研究中，相对阈值百分位选取、修订以及资料和计算方法的异同，评价了不同计算方法的优缺点和适用范围，讨论了

参考期选取的影响。综合已有研究结论发现，采用不同的相对阈值计算方法检测出的极端气温事件长期趋势以及变异性

特征差异极小。为了增强极端气温事件趋势变化分析的统计意义，以及对不同研究和不同区域分析结果进行比较，在资

料选择和处理、阈值计算方法、气候基准期的确定等方面还需要进一步完善和规范。
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的选择不同也提出了相对阈值的代表性问题。本文主

要针对这些问题进行简要总结与讨论。

2	 绝对阈值指数
绝对阈值指数是选取某个影响人类或生物的界

限气象要素值来定义的指数。例如：将日最高气温高

于35℃的日数作为高温日数（事件），将日最低气温

低于0℃的日数作为霜冻日数（事件）。绝对阈值指

数定义的极端事件较为直观，计算简单。绝对阈值气

温指数由于基于固定值，在全球各地的适用性有所差

别，在估算线性趋势时要慎重。Zhou等[4]在中国大陆

绝对气温指数趋势变化分析时做如下处理，认为在研

究时段的2/3年份未出现某项极端事件记录，则估算

该站该指数的线性趋势是不可信的。绝对阈值指数适

用于空间变率较小的地区，当研究区域气候差异较大

时，通常采用相对阈值指数来表征。

3	 相对阈值指数

3.1	 相对阈值的定义方法
相对阈值指数是相对于当地气候态的百分位临界

值定义的，即从概率分布角度统计的小概率事件。这

种定义方法考虑了不同地区气候的差异性，避免了极

端气温事件绝对强度随区域不同，难以用同一标准做

比较的问题[5]。百分位阈值是相对阈值的代表，它是

基于气候重现期的思想[6]。重现期反映了小概率事件

平均发生的时间间隔或年数，重现期越长表明发生概

率越小，类似事件越是稀有。具体的重现期计算与选

取的百分位数值和样本容量有关。目前相对阈值的应

用较为广泛。

例如：冷（暖）日和冷（暖）夜指数是根据当

地日最高、最低气温分布中最冷和最暖的某一分位数

值，估计出一年或年内特定时段内极端气温事件发生

的频次。将某站参考气候期内同日的最高气温资料按

升序排列，得到该日第x（100－x）个百分位值，这

样依次得到366个值，将其作为逐日的极端高温事件

的上（下）阈值。当某日最高气温大于等于（小于等

于）此阈值时，认为该日发生了暖（冷）昼事件。暖（冷）

夜事件则以逐日最低气温为研究对象，定义同上。

具体百分位数的选择取决于业务和研究需要。

一般来说，气候变化研究中的极值不宜取的太极

端，典型重现期不能太长，这样可以确保每一年都

检测出足够数量的极端事件，使得气候变化分析更

具统计意义。一般极端气温事件的百分位数值多取

为90%（10%）或95%（5%），也有人分别取99%和

1%[7, 8]，将此概率所对应的气温临界值定义为极端气

温事件的阈值。

3.2	 相对阈值的修订
为了去除逐日阈值曲线中包含的天气尺度扰动，

得到光滑的逐日阈值曲线，需对其进行低通滤波处

理。黄丹青等[9]认为滤去8d以下波动的逐日阈值修订

方法，能够更合理地检测极端气温事件；张雷等[10]参

考前人工作，将气温百分位阈值采用5日滑动平均处

理，使得逐日阈值更加连续。不同的研究对极端气温

阈值的修订方法不同，也有研究未对逐日阈值进行滤

波。总体来说，这对检测出的极端事件的频率及趋势

变化影响很小。

4	 相对阈值研究中存在的问题

4.1	 资料问题
对极端气温事件的研究主要采用逐日最高、最低

气温观测资料。例如，有研究以日最高（低）气温第

95（5）百分位定义的阈值，用来检测特定季节高温

热浪和寒潮事件[11]。也有研究[9, 12]以日平均气温资料

表1	常用的极端气温指数
序号 代码 名称 定义 单位

1 FD0 霜冻日数 日最低气温（TN）＜0℃的全部日数 d

2 SU25 夏季日数 日最高气温（TX）＞25℃的全部日数 d

3 ID0 结冰日数 日最高气温（TX）＜0℃的全部日数 d

4 TR20 炎热夜数 日最低气温（TN）＞20℃的全部日数 d

5       TXx 月极端最高气温 每月内日最高气温的最大值 ℃

6 TNx 月最低气温极大值 每月内日最低气温的最大值 ℃

7 TXn 月最高气温极小值 每月内日最高气温的最小值 ℃

8 TNn 月极端最低气温 每月内日最低气温的最小值 ℃

9 TN10p 冷夜日数          日最低气温（TN）＜10%分位值的日数 d

10 TX10p 冷昼日数 日最高气温（TX）＜10%分位值的日数 d

11 TN90p 暖夜日数 日最低气温（TN）＞90%分位值的日数 d

12 TX90p 暖昼日数 日最高气温（TN）＞90%分位值的日数 d

13 WSDI 热日持续指数 每年至少连续6天日最高气温（TX）＞90%分位值的日数 d

14 CSDI 冷日持续指数 每年至少连续6天日最低气温（TX）＜10%分位值的日数 d

91



气象科技 进展

38 Advances in Meteorological Science and Technology  气象科技进展 3（5）- 2013

来选取百分位阈值，分析相对高、低温事件。按照极

端事件的统计学定义，第一种样本的概率分布双尾侧

分别对应日间和夜间的相对暖、冷事件；日平均气温

反映逐日气温的平均状态，以日平均气温为研究对象

可以检测出全天平均状态下的暖、冷事件。因为最低

和最高气温在很多台站呈现出非对称性趋势，利用两

种资料检测出的极端气温事件频次趋势变化可能有所

差别。实际研究中，究竟采用哪种资料作为样本，要

依照研究目的和资料可获得性等进行选择。

黄丹青等[9]以日平均气温资料为研究对象，确定

了以90%（10%）为标准的日、旬、月和季四种不同

时间尺度的极端高（低）温事件阈值。将相对阈值的

定义方法分别应用于逐日、逐旬、逐月和逐季尺度，

这样一年中分别得到365，36，12和4个阈值。不同时

间尺度的阈值随时间的分布形势基本一致，但研究时

段内逐日超过高阈值日数的时间分布具有不同特点。

超过日尺度高阈值的日数分布均匀，为3～5d；超过

旬尺度高阈值的日数在0～14d；而基于月阈值和季阈

值得到的日数取值范围更广。因此，基于逐日时长的

资料（样本）选取方式检测极端气温事件更为合理。

但是，逐日气温阈值的定义表明，这种方法可供

使用的样本量有限，只有30个。为了增加概率分布参

数估计的稳定性，Folland等[13]提出增加额外的数据来

扩充样本量的思想。增加的数据要相对独立，并能够

准确代表该日的概率分布特征。Jones等[14]完善了这

种做法，采用某日及前后间隔各5d的5个数据作为样

本（5SD）。最近国外的研究中多是采用连续5d的资

料，即以某日为中心，补充前后2d的资料（5CD）。

这样在标准气候期中，有5×30个样本来反映当日的

气候分布。国内研究多未详细说明是否增加以及如何

扩充样本量。

4.2	 计算方法不同
百分位阈值的主要计算方法有三种：（1）针对

不同气候要素采用不同分布型的边缘值来确定阈值；

（2）采用经验公式计算某个百分位值作为极端事件

的阈值；（3）累积频率法（CDF）。第一种参数化

方法，计算较为复杂，同时参数估计和选取的概率分

布类型会增加阈值的不确定性。第二种经验公式方法

计算简单，不受错误值干扰，但是当数据结构不服从

正态分布时，用经验公式法求得的阈值同样具有不确

定性。第三种累积频率法同样不需要了解气象要素的

具体统计模型，但是，当确定的组数较少时，求算阈

值的精确性较差。

不同分布型的边缘值方法。该方法要考虑气象

要素的概率分布特征，然而不同的气象要素概率分布

函数有所不同。在实际确定某一分布时，通常用极

大似然方法根据均值μ、方差2σ和变化系数来确定。

但参数估计和选取的概率分布类型会增加阈值的不确

定性。气温要素的概率分布一般都服从正态分布，但

大多数情况下，并非严格正态。特别是台站气温的月

（年）平均值，在一定程度上近似为正态或偏度很小

的铃型分布。总体来说，月平均气温、平均最高和最

低气温等，是否基本符合正态分布，常因地区、季节

而略有差异[6]。

Folland等[13]提出计算百分位阈值的三个步骤。首

先计算逐日的30年气候平均值，然后逐日去除30年的

均值（即计算距平值）以消除年际变化；最后对逐日

的距平值选择一个合适的概率分布函数进行拟合来计

算某个百分位的阈值。

Jones等[14]进一步给出了估算阈值的详细步骤，介

绍了逐日基准气候值的算法。例如1月1日的平均气温

是30年基准气候期内1月1日气温的平均；在非闰年2
月29日的值由2月28日和3月1日平均算出。由于这366
个值不能产生一个光滑的日平均温度的年际序列，需

要进行平滑。文中采用11点的二项式滤波，滤去8.8d
以下的天气变化。同样以距平值拟合气象要素的概率

分布函数，来求算百分位值。 
经验排序公式法。经验排序公式法根据顺序统计

量的累积概率与数据排序后的位置建立相关联系，估

计百分位值。经验公式方法计算简单，不受错误值干

扰，近年来广泛用于极端事件百分位阈值的估计。

方法1：设某个气温变量有n个值，将这n个记录

按升序排列，得到x1，x2，…，xn，则百分位值为[15]：

                                x0 = (1－a) xj +axj+1                                    （1）
式中：j =[ p(n+1)]，a =p(n+1)－ j。j为气温记录按大小

升序排列后的序号；p为百分位值对应的概率；方括

号表示数值取整；n为序列样本容量。

方法2：如果某个气温变量有n个值，将这n个记

录按升序排列x1，x2，…，xn，某个值小于或等于序号

为m对应的事件出现概率为[16]：

                 p = (m－0.31)/(n + 0.38)                  （2）
式中：m为xm的序号，n为某个气温变量记录的个数。

如果有30个值，那么第95个百分位值为排序后的x29 

（ p = 94.4）和x30（ p = 97.7）的线性插值。

需要注意的是：只有当分析的数据服从或近似服

从正态分布时，这两个经验公式才能得到较准确的结

果[17]。但对于不同地区和不同季节的气温序列，正态

分布存在不同程度的偏态性质，因此采用以上两个公
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式确定的百分位值会有一定偏差。周云等[17]以偏态分

布下的累积概率分布函数，通过理论推导和数值模拟

建立新的经验百分位值估计公式，丰富了非正态分布

条件下经验公式的选择。Folland等[18]则列举了满足其

他分布（潜在正态分布、Gamma分布和指数分布）的

经验公式。

累积频率法（CDF）。李庆祥等[19,  20]和黄丹青

等[9, 21-23]根据气温要素的实际样本频率分布作为实际

概率分布的近似，确定样本频率分布的组数，求得变

量的频率分布后，利用累积频率分布确定百分位阈

值。例如将第90百分位与按分组后各组的累积频率值

相比较，落入某两组的累积频率值时，采用线性插值

求取第90百分位值。

该方法不需要了解气象要素的具体统计模型，

因此避免了任何分布假设。但是，当确定的组数较少

时，求算阈值的精确度较差。李庆祥[19]认为根据最

高气温的实际样本频率分布作为实际概率分布的近

似，在极端高温阈值的选择上较前两种经验公式效

果要好。

不同方法计算的阈值具有一定差别，因而检测

出的极端气温事件的日数也有差别，但对极端气温事

件频率和强度的趋势变化影响很小。Zhang等[24]采用

经验公式和高斯分布函数分别获得百分位阈值方法，

计算得到的极端气温日数比率（大于阈值日数与总日

数的比值）差别很小。Bonsal等[16]认为采用经验公式

（方法2）和Gamma分布函数检测出的极端气温事件

频率长期趋势以及年际变率几乎相同。

4.3	 参考期选择
由于各个国家、各个台站建站时间不同，为了更

好地比较不同站点、不同研究时段的极端气温事件，

国外文献多以世界气象组织规定的某一30年基准气候

期作为气候参照时段，在基准气候期内确定阈值作为

极端气温事件的标准，来评估极端气温事件频率和强

度相对于该时期的变化程度。在基准气候期选择的阈

值具有相对稳定性和可比性，因此可以沿用到未来一

段时间，不同站点间也可以进行比较。也有文献在整

个研究时段选取阈值[13, 25, 26]，用以研究整个时段内的

极端气温事件的总体变化情况。近几年，国内研究多

在基准气候期内选取阈值[27-30]来分析极端气温事件的

变化。

以整个研究时段作为参考期，选取气温相对阈值

的一个主要问题是，计算获得的台站极端气温指数的

气候平均值和平均重现期相同[8, 12]。例如，文献[12]
给出的各个代表站极端低温指数T10%和极端高温指

数T90%的40年平均值是相同的，都为36d，平均重现

期都为10d（表2）。因为对于某一天，40年中日平

均气温低于T10%阈值的天数都是4d，全年按照365个
历日计算，极端低温日数共有1460d，40a平均每年

36.5d。在这种情况下，进行区域之间极端气温事件的

气候学比较就很困难。

表2		各代表站极端低温、高温日数的多年	
（1961—2000年）平均值	

代表站名 乌鲁木齐 沈阳 兰州 成都 南京 福州

T10%/d 36（10） 36（10） 36（10） 36（10） 36（10） 36（10）
T90%/d 36（10） 36（10） 36（10） 36（10） 36（10） 36（10）

注：此表据文献[12]改制，括号内为平均重现期	

在基准参考期计算相对阈值的方法也存在问题。

Zhang等[24]采用蒙特卡罗模拟试验发现：基准气候期

内确定的极端气温百分位阈值指标，由于抽样的不确

定性，阈值在基准气候期前后存在非均一性，当许

多站点求算平均时，这种非均一性更加明显。因此

估计的极端事件频数在趋势分析时会产生错误结论。

Zhang等[24]对该问题进行了处理，bootstrapping方法的

提出和应用减少或消除了有关极端气温指数趋势估计

中的可能偏差。

对于参考期的选择，Jones等[14]认为：当两个时

期的平均气温相差不大时，选择不同的参考期对极

端气温事件的检测结果不是很敏感。他们分别采用

1931—1960年和1961—1990年作为参考期，得到的极

端冷、暖事件日数相差不大，因为这两个时段的平均

气温几乎没有差异。他指出，如果极端气温事件阈值

在一个变化的参考期内确定，则可能会得到有所不同

的结论。

气候状态的改变影响极端事件概率的情况有3种
可能情况：气候要素均值发生变化，气候要素变率

（标准差）发生变化，变率和均值同时变化。气候状

态的不同变化对极端事件的影响是不同的。有研究表

明[31]，平均值的很小变化会导致极端事件频率发生

很大变化；标准差变化对极端事件频率的影响要大于

均值变化的影响。参考期的选择一般对极端气温阈值

本身和极端气温事件的气候学特征分析有影响，然而

在全球气候变暖的背景下，随着气候参考期（目前为

1981—2010年）不断调整，参考期的选择对于极端气

温事件的长期趋势变化的影响还有待于进一步研究。

5	 结论与讨论
本文归纳总结了近年来国内外在陆地极端气温事

件研究中，绝对阈值和相对阈值指数的适用范围。重

点评述了相对（百分位）阈值选取、修订以及样本和
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计算方法的异同，评价了不同计算方法的优缺点和适

用范围，讨论了参考期选取对分析结果的影响。

已有研究对相对阈值选择、修订、样本选取、样

本容量和计算方法不尽相同，导致计算的极端气温事

件阈值有所差别，检测出逐年的和各个年代极端气温

事件的频数也略有不同，但总体来说，不同计算方法

一般只对阈值本身和极端气温事件年际、年代际变化

分析结果具有影响，而对于极端气温事件长期趋势研

究结果几乎没有影响。对极端气温事件气候变化分析

结果影响比较大的主要是资料选取和处理方法，需要

今后给予足够重视。不同的参考期选取对于极端气温

事件的长期趋势变化的影响还有待于进一步研究。

但是，为了增强极端气温事件趋势变化分析的

统计意义，同时为了增加不同研究和不同区域分析

结果之间的可比性，在极端气温事件阈值定义、计

算方法和气候基准期选择等方面，确实需要进一步

完善和规范。
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我国冬季气温与影响因子关系的年代际变化
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摘　　要

利用１９５１—２０１２年冬季全国１６０个站月平均气温以及ＮＣＥＰ／ＮＡＣＲ再分析资料和海温、北极海冰等资料，分析

了我国冬季气温及其关键影响因子的年代际变化特征，重点研究了关键影响因子对我国冬季气温影响关系的年代际

变化。研究表明：我国冬季气温在１９８５年之前处于冷期，之后为暖期；我国冬季气温异常与影响因子的关系发生了显

著的年代际变化，而且影响因子之间的关系也发生了显著的年代际变化。针对这种年代际变化的基本事实，提出针

对冷期和暖期中不同影响因子与冬季气温的关系分时段建立冬季气温的多因子回归预测模型，可以反映冬季气温及

其影响因子关系的年代际变化特征。正确的预测策略是利用相同年代际背景下预测对象与预测因子的时间序列资

料建立预测模型，以确保预测模型中反映的预测对象与预测因子关系的稳定性，进而保持较高的拟合及预测水平。

关键词：冬季气温；影响因子；东亚冬季风；年代际变化

引　言

在全球变暖背景下，我国冬季气温表现出了显

著的年代际变化特征，１９８５年以来经历了１６个暖

冬，而从２００４年之后又出现偏冷特征，特别是２００８

年以来，冬季极端冷事件明显增多。正确认识冬季

气温年代际变化的成因对于有效地预测冬季气温异

常非常重要。

研究表明：近百年来，我国不同地区的年平均气

温均反映出２０世纪２０年代初和８０年代中期的两

次增暖［１］。我国气温变暖存在较强的区域性和季节

性特征，以北方地区增暖强度最大且在冬季增暖最

显著［２］。影响我国冬季气温年际气候异常的大气环

流因子主要有东亚冬季风、西伯利亚高压、北极涛

动、西太平洋副热带高压和青藏高原高度场等［３６］，

外强迫信号主要有ＥＮＳＯ循环
［７８］、北极海冰［９］、热

带印度洋海温和黑潮海温异常［１０１１］等信号，这些影

响因子也存在年代际变化。在年代际时间尺度上，

东亚冬季风１９８７年以后持续减弱
［１２］；西伯利亚高

压从２０世纪７０年代开始减弱直到９０年代末，在近

２０年表现出增强趋势
［１３］；北极涛动在８０年代之前

多处于负位相，之后出现正位相频次增加［１４］；冬季

喀拉海和巴伦支海的海冰存在１０年变化周期
［１５］；

赤道东太平洋海温也在１９７７年之后较前一阶段增

暖０．５℃，而西北太平洋的海温降低达０．６℃
［１６］，Ｅｌ

Ｎｉ珘ｎｏ事件在２０世纪８０年代之前多为东部型，而之

后多为中部型［１７］，这两种海温模态对我国冬季气候

的影响也不同；热带印度洋海表温度发生了由冷到

暖的年代际变化，２０世纪５０—６０年代为偏冷期，

８０—９０年代为偏暖期
［１８］；黑潮区海温在２０世纪９０

年代后期呈现出升高趋势［１９］。

大量研究表明，近几十年我国冬季气温不仅发生

了明显的年代际变化，其影响因子也发生了年代际变

化，更重要的是我国冬季气温异常与关键影响因子的

关系也可能发生了变化。近期有研究认为，ＥＮＳＯ和

东亚冬季风的关系在２０世纪７０年代中期以后减弱，

由显著负相关变为相关不显著［２０］，这说明影响我国

冬季气温异常的各关键因子之间的相互关系也可能

发生了变化，增加了对冬季气候预测的难度。

２０１３０３２０收到，２０１３０５２７收到再改稿。
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　　本文旨在研究我国冬季气温及其影响因子年代

际变化的基础上，重点揭示冬季气温与关键影响因

子关系发生年代际变化的基本事实，以及在短期气

候预测中如何正确利用这种变化关系来建立预测模

型，从而探索我国冬季气温异常的预测方法。

１　资料与方法

本文所用的资料包括国家气候中心整编的全国

１６０个站１９５１—２０１２年逐月气温，取当年１２月与

次年１月和２月的气温平均值作为当年的冬季平均

气温，气候平均态采用 １９５１—２０１１ 年平均值。

ＮＣＥＰ／ＮＣＡＲ提供的１９５１—２０１２年２．５°×２．５°的

月平均再分析资料［２１］；Ｈａｄｌｅｙ中心提供的同时段

月平均全球海平面气压资料 ＨａｄＳＬＰ２
［２２］和英国大

气数据中心（ＢＡＤＣ，ｈｔｔｐ：∥ｂａｄｃ．ｎｅｒｃ．ａｃ．ｕｋ／ｄａ

ｔａ／ｈａｄｉｓｓｔ／）同时段的１°×１°北极海冰密集度（ＳＩＣ）

资料，以及美国国家海洋大气局同时段的２．０°×

２．０°的月平均海温资料和逐月ＥＮＳＯ指数（ＯＮＩ）序

列资料［２３］。

本文所用的大气环流指数资料包括：利用冬季

西伯利亚中心区域平均海平面气压定义的西伯利亚

高压指数［２４］，可反映东亚大槽及相关冷空气活动强

弱的冬季风指数［２０］，美国气候预测中心（ＣＰＣ）提供

的北极涛动（ＡＯ）指数，西太平洋副热带高压面积指

数［２５］和青藏高原高度场指数［２６］。

此外，还考虑外强迫因子（印度洋海温、黑潮海

温和北极海冰）对我国冬季气温的影响，热带印度洋

全区一致海温模态（ＩＯＢＷ）定义为热带印度洋２０°Ｓ

～２０°Ｎ，４０°～１１０°Ｅ区域平均的海温距平；黑潮海

温指数定义为１５．５°～３２．５°Ｎ，１２０．５°～１５０．５°Ｅ区

域平均的海温距平［２７］；北极海冰指数定义为北冰洋

区域７６．５°～８３．５°Ｎ，６０．５°～１４９．５°Ｅ海冰密集度

平均值［２８］。

利用相关分析获得两个序列之间协同变化的关

系，采用滑动狋检验方法确定冬季气温序列的气候

突变时间，利用多元线性回归建立拟合模型。

２　冬季气温及关键影响因子的年代际变化

２．１　冬季气温的年代际变化特征

１８８５年以来，我国气温变化存在３个显著增温

期，前两次变暖分别为１８８５—１９００年和１９１０—１９４０

年［２９］，第３次变暖从２０世纪８０年代中期开始，滞后

于北半球的增暖时间［３０］。通过计算我国冬季气温

１９５１—２０１１年的线性变化趋势，得出近６１年来增暖

率为０．３℃／１０ａ。为了准确定义我国冬季气温冷期

和暖期的分界线，利用滑动狋检验得出我国冬季气温

在１９８５年发生由冷到暖的突变（图１断线所示）。在

１９８５年之前为冷期，平均气温为－０．５℃；而１９８５年

之后为暖期，平均气温为０．７℃，较之前上升了１．２℃。

丁一汇等［３１］对我国７个地区冬季地表气温序列用同

样的方法进行突变检验发现，全国７个地区冬季气温

也普遍在１９８５年之后发生突变。

　　由于季节内变化特征的影响，有的冬季表现为持

续偏冷或偏暖，有的冬季表现为冷暖交替。为详细了

解冬季冷暖的变化，定义我国冬季（月）平均气温距平

不大于－２σ（σ为标准差，相当于气温距平不大于

－３．５℃）作为异常冷季（月）阈值，概率为４０年一遇；

冬季（月）平均气温距平不大于－１．２９σ且大于－２σ

（即气温距平不大于－２℃且大于－３．５℃）作为冷季

（月）阈值，其发生概率为１０年１次；冬季（月）平均气

温距平不大于－０．４３σ且大于－１．２９σ（即气温距平不

大于－１℃且大于－２℃）作为偏冷季（月）阈值，其发

生的概率是几年１次。类似地，定义异常暖季（月）平

均气温距平不小于２σ，暖季（月）平均气温距平不小于

１．２９σ且小于２σ，偏暖季（月）平均气温距平不小于

０．４３σ且小于１．２９σ。由图１可知，在１９８５年之前的

冷期，有１１年冬季偏冷、４年冷和２年异常冷，共１７

年；而只有２年冬季偏暖。１９８５年之后的暖期，有

１３年冬季偏暖，２年为暖，２年为异常暖，共１７年，

而在暖期中仅有１年冬季偏冷。在２０００年之后，我

国冬季气温虽在暖期中，但并未保持持续升温趋势，

尤其在２００８年低温雨雪冰冻发生之后，我国冬季气

温总体趋势明显下降，出现偏冷的月份增加。

　　在１９５１—１９８５年冷期，冬季３个月出现偏冷月

２１次、冷月７次、异常冷月４次、偏暖月１３次，没有

出现暖月和异常暖月（图２）；在１９８６—２０１１年暖

期，偏暖月出现１８次、暖月７次，异常暖月２次。值

得关注的是１９８６—２００３年中，偏冷月仅出现１次，

未出现冷月和异常冷月；而在２００４—２０１１年，偏冷

月出现５次，冷月１次，７年中有５年出现了偏冷

月，出现偏冷月的概率较１９８６—２００３年明显增大，

我国冬季气温是否进入了由暖转冷的阶段值得关注

和进一步研究。
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图１　１９５１—２０１１年全国冬季月平均气温距平演变

（断线为气温距平滑动狋统计量，横点线为滑动狋检验量０．０１显著性水平临界值）

Ｆｉｇ．１　ＡｎｏｍａｌｉｅｓｏｆｔｈｅｗｉｎｔｅｒｔｅｍｐｅｒａｔｕｒｅｉｎＣｈｉｎａｆｒｏｍ１９５１ｔｏ２０１１

（ｄａｓｈｅｄｌｉｎｅ：ｍｏｖｉｎｇ狋ｔｅｓｔｓｔａｔｉｓｔｉｃｖａｌｕｅ；

ｓｔｒａｉｇｈｔｄｏｔｔｅｄｌｉｎｅ：０．０１ｓｉｇｎｉｆｉｃａｎｔｌｅｖｅｌｃｒｉｔｉｃａｌｖａｌｕｅ）

图２　１９５１—２０１２年全国平均冬季１２月（ａ）、１月（ｂ）、２月（ｃ）气温距平演变

Ｆｉｇ．２　ＡｎｏｍａｌｉｅｓｏｆｔｈｅｔｅｍｐｅｒａｔｕｒｅｉｎＤｅｃｅｍｂｅｒ（ａ），

Ｊａｎｕａｒｙ（ｂ）ａｎｄＦｅｂｒｕａｒｙ（ｃ）ｏｖｅｒＣｈｉｎａ
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２．２　影响冬季气温异常关键因子的年代际变化

我国冬季气温具有非常显著的年代际变化特

征，影响冬季气温异常的关键因子是否也具有类似

的年代际变化特征值得探讨。首先，我国冬季冷暖

变化与欧亚地区的大气环流型密切相关。１９５１—

１９８５年冷期的５００ｈＰａ高度距平场（图３ａ）显示欧

亚地区呈北高南低的距平分布，大西洋—西欧—乌

拉尔山至东亚北部地区为“＋－＋－”的典型欧亚型

（ＥＵ）波列分布，乌拉尔山高压脊强且东亚大槽较

深，东亚高纬度地区偏北气流较强，盛行经向环流，

冷空气活动较强，东亚冬季风偏强，同时西太平洋副

热带高压偏弱，这种环流配置有利于冷空气南下入

侵我国，我国冬季容易发生寒潮或大范围持续偏冷

的情况。１９８６—２０１１年暖期的５００ｈＰａ高度距平

场（图３ｂ）与冷期（图３ａ）的环流型相反，大西洋至东

亚为“－＋－＋”的波列分布，欧亚地区呈北低南高

的距平分布，乌拉尔山为负距平区且东亚大槽较浅，

东亚西风带盛行纬向环流，冬季风偏弱，不利于冷空

气南下影响我国，同时西太平洋副热带高压偏强，有

利于我国大部分地区气温偏高。可见，１９８５年前后

的冬季冷期阶段和暖期阶段，欧亚地区大气环流型

基本呈相反的分布特征。

由１９５１—２０１１年冬季６０°～７０°Ｅ经度范围内

５００ｈＰａ位势高度距平随纬度的时间变化（图４）可

图３　冷期（ａ）和暖期（ｂ）冬季５００ｈＰａ位势高度场距平

Ｆｉｇ．３　Ａｖｅｒａｇｅａｎｏｍａｌｉｅｓｏｆｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔａｔ５００ｈＰａ

ｄｕｒｉｎｇｃｏｌｄｅｐｉｓｏｄｅｓ（ａ）ａｎｄｗａｒｍｅｐｉｓｏｄｅｓ（ｂ）ｉｎｗｉｎｔｅｒ

图４　１９５１—２０１１年冬季６０°—７０°Ｅ区域平均５００ｈＰａ位势高度距平的

时间纬度剖面图（单位：ｄａｇｐｍ）

Ｆｉｇ．４　Ｌａｔｉｔｕｄｅｔｉｍｅｓｅｃｔｉｏｎｏｆ６０°—７０°Ｅａｖｅｒａｇｅａｎｏｍａｌｉｅｓａｔ５００ｈＰａ

ｉｎｗｉｎｔｅｒｆｒｏｍ１９５１ｔｏ２０１１（ｕｎｉｔ：ｄａｇｐｍ）
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以看出，冷期（１９５１—１９８５年）５００ｈＰａ高度场从赤

道到４０°Ｎ附近地区持续为负距平，４０°Ｎ以北的中

高纬度地区多为正距平；表明乌拉尔山地区高度场

距平呈北高南低的分布，脊强槽深，有利于我国大部

地区气温偏低。暖期（１９８６—２０１１年）５００ｈＰａ高度

场在４０°Ｎ以南的中低纬度地区为正距平，中高纬

度地区多为负距平，乌拉尔山地区高度场距平呈北

低南高的分布，弱脊浅槽，有利于我国大部地区气温

偏高。

　　进一步分析影响我国冬季气温关键因子的指数

累积距平演变（图５）可知，这些关键影响因子也发

生了显著的年代际变化。由图５可知，西伯利亚高

压从２０世纪５０—６０年代末期持续增强，７０年代开

始持续减弱，直至２１世纪进入平稳期；而冬季风指

数显示从２０世纪５０年代持续增强至８０年代初，然

后持续减弱至２１世纪初；ＡＯ的年代际变化与西伯

利亚高压和冬季风指数变化有所不同，２０世纪５０—

８０年代末期有准１０年左右的周期振荡，但从２０世

纪９０年代开始至２１世纪持续向正位相转换。西伯

利亚高压、冬季风指数和 ＡＯ３个影响因子的年代

际变化与我国冬季气温的年代际变化具有较好的一

致性。图５还反映了中低纬度大气环流因子的年代

际变化，西太平洋副热带高压（以下简称副高）面积

和强度以及青藏高原高度场（以下简称高原高度场）

大约在１９７６年前后发生了从负位相到正位相的突

变。由图５可以看出，Ｎｉ珘ｎｏ３区海温和９月北极海

冰都发生了明显的年代际变化。Ｎｉ珘ｎｏ３区海温突变

时间为１９７６年和２００８年，海温指数经历了降低、升

高、又在波动中降低的过程。９月北极海冰在２０世

纪８０年代之前累积距平持续增加；１９８２年开始累

积距平值出现转折性下降，表明海冰明显减少，尤其

在２００４年之后累积距平直线下降。由图５也可以

看出，热带印度洋全区一致海温模态（ＩＯＢＷ）在２０

世纪５０—７０年代均处于负位相，１９７６年开始经历

了近１０年的冷暖交替变化，８０年代中期进入暖位

相，气候突变点为１９８６年。而黑潮海温与ＩＯＢＷ

海温变化相似，１９８６年有短暂回升，之后在２０世纪

９０年代中期进入正位相。

图５　我国冬季气温的关键影响因子累积距平曲线

Ｆｉｇ．５　ＣｕｍｕｌａｔｉｖｅａｎｏｍａｌｉｅｓｏｆｔｈｅｋｅｙａｆｆｅｃｔｉｎｇｆａｃｔｏｒｓｏｆｗｉｎｔｅｒｔｅｍｐｅｒａｔｕｒｅｉｎＣｈｉｎａ
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　　综上所述，影响我国冬季气温异常的关键因子

发生了显著的年代际变化，多数因子的年代际变化

超前于冬季气温变化。其中 Ｎｉ珘ｎｏ３区的海温距平

的年代际变化超前于冬季气温变化大约有１０年，９

月北极海冰距平超前大约３～４年，西太平洋副高强

度、面积和高原高度场超前大约８～１０年，而西伯利

亚高压、冬季风指数、ＡＯ和ＩＯＢＷ 超前大约１～２

年，而黑潮海温的年代际变化较冬季气温变化略有

滞后。需要指出的是，这些影响因子年代际转型的

时间与我国冬季气温的年代际转型时间并不完全一

致，多数外强迫信号和大气环流因子的转型时间超

前，影响因子与我国冬季气温的年代际变化之间必

然存在某种内在的物理联系，正是这些影响因子年

代际和年际变化的影响决定了我国冬季气温年代际

和年际变化特征，其机制有待深入探究。

３　冬季气温与影响因子关系的年代际变化

３．１　时间域的年代际变化特征

从全时段（１９５１—２０１１年）、冷期（１９５１—１９８５

年）和暖期（１９８６—２０１１年）我国冬季气温与前期和

同期的大气外强迫因子、大气环流因子的相关系数

（表１）发现，海温指数和北极海冰指数与我国冬季

气温相关关系发生了显著的年代际变化，尤其是冬

季黑潮区海温和ＩＯＢＷ 指数与我国冬季气温相关

关系在冷期比暖期更为显著，但９月北极海冰与我

国冬季气温相关关系在暖期比冷期更为显著。即我

国冬季气温与同期黑潮区海温、赤道印度洋海温的

相关关系发生了年代际减弱、而与９月北极海冰指

数的相关关系发生了年代际增强的特征。同期大气

环流因子对我国冬季气温不同时段的影响不完全相

同，冬季风指数、西伯利亚高压以及西太平洋副高面

积指数等在整个时段均显著影响我国冬季气温，但

是它们在暖期中与冬季气温的相关关系较冷期更为

显著，它们与我国冬季气温的关系发生了年代际的

增强。高原高度场指数在整个时段均显著影响我国

冬季气温，但它在冷期与冬季气温的相关更为显著，

说明青藏高原的热力作用与我国冬季气温的关系出

现年代际减弱的趋势。另外，ＡＯ指数在全时段与

冬季气温相关不显著，但是分阶段之后（冷期和暖

期）相关关系略有增强。ＡＯ指数在全时段与我国

冬季气温相关不显著的主要原因是它对全国不同区

域冬季气温的影响不同所致。

表１　大气外强迫因子和环流因子与我国冬季气温的相关系数

犜犪犫犾犲１　犜犺犲犮狅狉狉犲犾犪狋犻狅狀犮狅犲犳犳犻犮犻犲狀狋狊狅犳狑犻狀狋犲狉狋犲犿狆犲狉犪狋狌狉犲狋狅犲狓狋犲狉狀犪犾犳狅狉犮犻狀犵犪狀犱犮犻狉犮狌犾犪狋犻狅狀犳犪犮狋狅狉狊

因子 时间 秋季 冬季

全时段 ０．１０ ０．３６

黑潮海温 冷期 ０．２０ ０．５３

暖期 ０．０４ ０．１２

全时段 ０．１０ ０．２８

ＩＯＢＷ 冷期 ０．１５ ０．３３

暖期 ０．２０ ０．１８

全时段 ０．３３（９月） ０．２０

北极海冰 冷期 ０．０３（９月） ０．０６

暖期 ０．６１（９月） ０．３８

全时段 －０．３０ －０．５８

冬季风 冷期 －０．１５ －０．５２

暖期 ０．０８ －０．６７

全时段 －０．０７ －０．５９

西伯利亚高压 冷期 －０．２４ －０．５０

暖期 ０．２０ －０．７６

全时段 ０．２１ ０．３４

副高面积 冷期 ０．２９ ０．３１

暖期 ０．１０ ０．４０

全时段 ０．１５ ０．４９

高原高度场 冷期 ０．１９ ０．５５

暖期 ０．０７ ０．３７

全时段 －０．０４ ０．１９

ＡＯ 冷期 －０．０３ ０．１６

暖期 －０．０７ ０．１９

　　　　　　　　注：表示相关系数达到０．０５显著性水平。
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３．２　空间域的年代际变化特征

在我国冬季气温经历了冷暖期交替之后，冬季

气温与其影响因子之间相关关系不仅在时间尺度上

发生了改变，在空间分布上也发生了变化。图６给

出了冬季风指数、冬季ＡＯ指数、９月北极海冰指数

与冷期和暖期冬季气温的相关系数分布图。冷期冬

季风指数与我国气温在大部分地区呈显著负相关，

高相关区中心位于东北南部、华南大部；而暖期两者

显著相关的区域增加，尤其是新疆和东北大部相关

度增加。这说明冬季风在冷期和暖期对全国冬季气

温影响范围和强度的显著性发生了改变。ＡＯ与我

国冬季气温分别在冷期和暖期的相关关系的空间分

布变化显示，ＡＯ由负位相转正位相过程中，在东

北、华北和新疆地区的正相关区域变化不大，但与我

国中部至南部地区呈负相关，尤其与云南地区的负

相关显著增强。该现象值得进一步研究。而９月北

极海冰和我国冬季气温相关在冷期并不显著，在进

入暖期后则呈显著正相关，尤其是西北东部到西南

地区相关尤为显著。

图６　我国冬季气温与关键影响因子相关分布（阴影表示达到０．０５显著性水平区域）

Ｆｉｇ．６　Ｔｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｂｅｔｗｅｅｎｗｉｎｔｅｒｔｅｍｐｅｒａｔｕｒｅａｎｄｋｅｙａｆｆｅｃｔｉｎｇｆａｃｔｏｒｓ

（ｓｈａｄｅｄａｒｅａｓｄｅｎｏｔｅｐａｓｓｉｎｇｔｈｅｔｅｓｔｏｆ０．０５ｌｅｖｅｌ）

　　不仅我国冬季气温异常与影响因子的关系发生

了年代际变化，同时影响因子之间的关系也发生了

年代际变化。从东亚冬季风时间序列与同期全球海

温的相关系数分布（图７）可以看出，冷期（图７ａ）东
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亚冬季风与中东太平洋、印度洋以及西太平洋暖池

和日本海等海区呈负相关，与赤道中太平洋南北两

侧中纬度海区呈正相关，这种相关的空间分布是典

型的ＥＮＳＯ分布型。也就是在ＬａＮｉ珘ｎａ年的冬季

东亚冬季风较强，相应地，我国冬季气温偏低，Ｅｌ

Ｎｉ珘ｎｏ年的冬季则相反。而暖期（图７ｂ）冬季风指数

与全球海区几乎没有达到显著性水平的相关区域，

说明冬季风指数与冬季海温相关关系呈现出显著的

年代际减弱特征。

由以上分析可见，不仅我国冬季气温异常与影响

因子的时空关系发生了显著的年代际变化，而且影响

因子之间的相互关系也发生了显著的年代际变化。

图７　冷期（ａ）和暖期（ｂ）冬季风指数与同期海温相关图

（阴影区相关系数达到０．０５显著性水平）

Ｆｉｇ．７　Ｔｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｂｅｔｗｅｅｎｗｉｎｔｅｒｍｏｎｓｏｏｎｉｎｄｅｘａｎｄｓｉｍｕｌｔａｎｅｏｕｓ

ＳＳＴｓｉｎｃｏｌｄｅｐｉｓｏｄｅｓ（ａ）ａｎｄｗａｒｍｅｐｉｓｏｄｅｓ（ｂ）

（ｓｈａｄｅｄａｒｅａｓｄｅｎｏｔｅｐａｓｓｉｎｇｔｈｅｔｅｓｔｏｆ０．０５ｌｅｖｅｌ）

４　冬季气温预测方法的探讨

统计预测方法依然是目前短期气候预测业务的

主要方法之一，但该方法的缺陷是利用历史资料建

立的统计预测模型有很高的历史回报拟合率，但在

实际气候预测时技巧比较低。主要因为预测对象和

影响因子之间虽然具有显著的统计关系，但缺乏明

确的物理联系，造成所建立的预测模型不能正确反

映两者真实的物理机制；另外，影响因子与预测对象

的关系已经发生了变化，而统计预测模型没有正确

反映两者之间变化的关系，从而导致统计预测结果
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不正确。

前面分析指出，我国冬季气温及其影响因子具

有显著的年代际变化特征，冬季气温与关键影响因

子的关系以及不同影响因子之间的时空关系也出现

了显著的年代际变化。正确的预测方法和策略应该

是在同样的年代际背景下，利用预测对象与预测因

子的关系建立预测模型，以确保预测技巧的稳定性

和有效性。

为了证明这种策略的有效性，根据表１给出的

全时段、冷期和暖期的前期外强迫因子和同期大气

环流因子与我国冬季气温的相关关系，分别建立全

时段、冷期和暖期的冬季气温回归模型。该模型中

使用了同期外强迫因子和大气环流因子，并不具有

实际预测的能力，但可用于比较３种不同建模策略

的差异。为直观比较各因子对冬季气温的贡献大

小，对冬季气温和影响因子序列分别进行标准化处

理。

试验１：利用与冬季气温在全时段显著相关的

外强迫因子和大气环流因子以及多元线性回归方

法，进行冬季气温（犢）的拟合试验，线性回归方程为

犢 ＝０．０２３犡１－０．０４８犡２＋０．４２５犡３－０．６４７犡４＋

０．０１７犡５－０．１０６犡６＋０．４７１犡７－０．３２７。（１）

式（１）中，犡１ 表示冬季黑潮海温指数，犡２ 表示

ＩＯＢＷ指数，犡３ 表示９月北极海冰指数，犡４ 表示西

伯利亚高压，犡５ 表示冬季风指数，犡６ 表示冬季西太

平洋副高面积指数，犡７ 表示冬季高原高度场指数的

贡献。可以看出，在全时段中北极海冰、西伯利亚高

压、高原高度场的贡献较大。

试验２：利用与冬季气温在冷期显著相关的外

强迫因子和大气环流因子以及多元线性回归方法，

进行冬季气温（犢）的拟合试验，线性回归方程为

犢 ＝－０．１１１犡１－０．０９９犡２－０．５９２犡４－

０．０４５犡５＋０．１０２犡６＋０．３６７犡７－０．４４７。（２）

式（２）中，犡１ 表示冬季黑潮海温指数，犡２ 表示

ＩＯＢＷ指数，犡４ 表示西伯利亚高压指数，犡５ 表示冬

季风指数，犡６ 表示冬季西太平洋副高面积指数，犡７

表示冬季高原高度场指数。可以看出，在冷期西伯

利亚高压和高原高度场的贡献较大。

试验３：利用与冬季气温在暖期显著相关的外

强迫因子和大气环流因子以及多元线性回归方法，

进行冬季气温（犢）的拟合试验，线性回归方程为

犢 ＝０．１１７犡３－０．６１５犡４＋０．２５５犡５＋

０．２６１犡６＋０．５６７。 （３）

式（３）中，犡３ 表示９月北极海冰指数，犡４ 表示西伯

利亚高压指数，犡５ 表示冬季风指数，犡６ 表示冬季西

太平洋副高面积指数。根据回归系数可见，暖期北

极海冰、西伯利亚高压、冬季风、西太平洋副高的贡

献较为均衡，其中西伯利亚高压的影响更突出些。

在不同时段，主要影响因子有所不同，其原因也值得

进一步分析。

图８给出了３个模拟试验的拟合气温与冬季气

温时间序列。试验１中，全时段拟合的冬季气温与观

图８　试验１模型拟合、试验２模型拟合、试验３模型

拟合和观测的冬季气温标准化时间序列

Ｆｉｇ．８　ＴｈｅｈｉｎｄｃａｓｔｗｉｎｔｅｒｔｅｍｐｅｒａｔｕｒｅｂｙＴｅｓｔ１，Ｔｅｓｔ２，Ｔｅｓｔ３ａｎｄ

ｔｈｅｔｉｍｅｓｅｒｉｅｓｏｆｓｔａｎｄａｒｄｉｚｅｄｏｂｓｅｒｖｅｄｔｅｍｐｅｒａｔｕｒｅ
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测值在冷期的相关系数为０．７７，均方根误差为

０．５８；在暖期的相关系数为０．６２，均方根误差为

１．２７。试验２中，冷期显著因子拟合的冬季气温与

观测值在冷期的相关系数为０．８０，均方根误差为

０．５０；在暖期的相关系数为０．６０，均方根误差为

１．３２。试验３中，暖期显著因子拟合的冬季气温，与

观测值在冷期的相关系数为０．５６，均方根误差为

１．３５；在暖期的相关系数为０．６６，均方根误差为

０．６０。

　　可见，利用冷期影响因子建立的模型拟合冷期

气温时，均方根误差最小，相关系数最大，拟合效果

最佳，但该模型拟合暖期气温效果最差。利用暖期

的影响因子建立模型拟合暖期气温时，均方根误差

最小，相关系数最大，拟合效果最佳，而该模型用于

冷期的气温拟合效果最差。全时段模型对冷期的拟

合效果较冷期因子建立的模型拟合差，对暖期的拟

合效果较暖期因子建立的模型拟合差。３组拟合试

验说明，不能笼统地用全时段影响因子建立统计预

测模型，更不能用冷期的影响因子建模来预测暖期

的冬季气温，或用暖期的影响因子建模来预测冷期

的冬季气温。不同年代际背景下应选取不同的关键

影响因子对气温进行预测，这样才可能提高预测准

确率。

５　结论和讨论

本文分析了我国冬季气温及其影响因子的年代

际变化特征，揭示了多个影响因子与我国冬季气温

时空关系发生了显著的年代际变化，提出采用正确

的建模策略才能够有效地利用统计预测方法提高冬

季气温的预测技巧。主要结论如下：

１）我国冬季气温及其关键影响因子均具有显

著的年代际变化特征。１９８５年冬季之前为冷期，之

后为暖期，其中２００４—２０１１年冬季暖的范围和程度

明显减弱。影响我国冬季温度异常的关键因子也具

有显著的年代际变化，且大多超前于我国冬季气温

的变化。

２）我国冬季气温及其影响因子的时空关系发

生了年代际变化，冬季气温与热带印度洋、黑潮海

温、高原高度场的相关关系发生了显著的年代际减

弱，与９月北极海冰指数、冬季风指数、西伯利亚高

压以及西太平洋副高面积指数的相关关系发生了年

代际增强；影响因子之间的关系也发生了年代际变

化，冬季风指数与冬季海温的关系也发生了显著的

年代际变化，呈减弱趋势。

３）针对我国冬季气温与其影响因子的时空关

系发生了年代际变化的事实，提出了考虑冷期和暖

期不同影响因子对冬季气温的影响，分时段建立预

测模型的策略。这样可以适应冬季气温及其影响因

子关系发生年代际变化的事实，对提高预测准确率

极其重要。

本文仅仅揭示了我国冬季气温与影响因子及其

关系年代际变化的一些基本事实，对于我国冬季气

温和影响因子关系年代际变化的机理以及对冬季气

温预测方法的应用还需要深入研究。本文提出了分

时段建立统计预测模型的策略，但在使用统计预测

模型对未来状态进行预测时，要求预测时段与建立

统计模型所使用的资料序列处于同一个年代际变化

背景下，即假设模型结构在建模和预测期间保持不

变，若遇到预测时段内发生年代际突变时仍存在不

确定性，需要进一步对年代际变化趋势进行预测。

关于预报对象和预报因子之间年际关系的年代际变

化机理和预测应用问题还需深入研究。
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Abstract  An effective statistical downscaling scheme 
was developed on the basis of singular value decomposi-
tion to predict boreal winter (December-January-February) 
precipitation over China. The variable geopotential height 
at 500 hPa (GH5) over East Asia, which was obtained 
from National Centers for Environmental Prediction’s 
Coupled Forecast System (NCEP CFS), was used as one 
predictor for the scheme. The preceding sea ice concen-
tration (SIC) signal obtained from observed data over 
high latitudes of the Northern Hemisphere was chosen as 
an additional predictor. This downscaling scheme showed 
significantly improvement in predictability over the orig-
inal CFS general circulation model (GCM) output in cross 
validation. The multi-year average spatial anomaly cor-
relation coefficient increased from –0.03 to 0.31, and the 
downscaling temporal root-mean-square-error (RMSE) 
decreased significantly over that of the original CFS 
GCM for most China stations. Furthermore, large pre-
cipitation anomaly centers were reproduced with greater 
accuracy in the downscaling scheme than those in the 
original CFS GCM, and the anomaly correlation coeffi-
cient between the observation and downscaling results 
reached ~ 0.6 in the winter of 2008. 
Keywords:  statistical downscaling, winter precipitation, 
China, Coupled Forecast System 
Citation:  Liu, Y., K. Fan, and Y.-P. Yan, 2013: A new 
statistical downscaling scheme for predicting winter pre-
cipitation in China, 6, 332‒336, doi:10.3878/j.issn.1674- 
2834.13.0008. 

1  Introduction  
Climate change is critical in the fields of industry and 

agriculture, particularly for the production of food and 
energy and water resources, which are directly related to 
the sustainable development of society. With considera-
tion of climate change, seasonal prediction and improve-
ments in accuracy have become important scientific re-
search targets. 

The East Asian Winter Monsoon (EAWM), prevalent 
over China during boreal winter (December-January-Feb-
ruary), causes cold waves, gales, snowstorms, and other 
disastrous weather-related events. For example, central 
and southern China experienced an anomalously heavy 
snowfall during the winter of 2007–2008, and northern 
China endured a persistent storm during the winter of  
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2009. Such winter disasters have caused substantial losses 
in lives and property. Many researches have focused on 
anomalous winter weather and climate events (Tao and 
Wei, 2008; Gao, 2009; Sun et al., 2009; Wang et al., 2011). 
The study of Wang (2003a, b) has shown that winter 
anomalies in 2002 and 2003 at high latitudes in the 
Northern Hemisphere are mainly attributed to interannual 
variability in atmospheric circulation anomalies, and the 
changes in the Ural and North Pacific blocking high led to 
variability of the atmospheric systems over East Asia 
(Geng et al., 2001). Considering the influence of these 
large-scale variables, heavy winter snow activity in north-
eastern China and North China’s surface temperature can 
be predicted effectively by statistical models with a year- 
to-year increment prediction approach (Fan, 2011; Fan 
and Tian, 2012). Hindcast results of the nine-level at-
mospheric general circulation model developed at the 
Institute of Atmospheric Physics (IAP9L-AGCM) indi-
cate that the predictability of winter precipitation is rela-
tively small over China (Lang et al., 2003). The prediction 
capability of region-average winter precipitation in east-
ern China can be improved by using prediction schemes 
established on the basis of dynamical and statistical in-
formation (Lang, 2011). Furthermore, Wang and Fan 
(2009) indicated that consideration of both GCM tropical 
information and the previous signal can increase the 
summer rainfall predictability over East Asia.  

Several studies have focused on the prediction of re-
gion-average winter precipitation. Even though some sta-
tistical downscaling schemes were developed for precipi-
tation over stations (Kang et al., 2011; Chen et al., 2012), 
few compared model prediction with data from 160 sta-
tions in China. Therefore, large-scale variables are used in 
this study to predict the winter precipitation over these 
stations; similar statistical downscaling research in spring 
and autumn precipitation over China stations has been 
reported by Liu and Fan (2012a, b). The synchronous 
predictor from the GCM prediction and preceding signal 
from observation are considered simultaneously. The cho-
sen current predictor is accurate and closely related to 
China winter precipitation, while the previous predictor 
represents the delayed effect of climate on subsequent 
precipitation. 

2  Data and method 
2.1  Data 

The GCM hindcast was used from the Coupled Fore-
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cast System (CFS) of the National Centers for Environ-
mental Prediction (NCEP). CFS is a fully coupled dy-
namical prediction system that has been an important 
component of the monthly to seasonal prediction system 
of the NCEP’s Climate Prediction Center (CPC) since it 
became operational in 2004 (Saha et al., 2006). Here, 
geopotential height at 500 hPa (GH5) during 1982–2012 
winters was used to define the current predictor. To facili-
tate the assurance and effectiveness of winter simulations, 
the CFS GCM datasets used in this study were initialized 
on 1 October. The joint reanalysis data of the NCEP and 
National Centers for Atmospheric Research (Kalnay et al., 
1996) were compiled on a 2.5×2.5 regular latitude-lon-
gitude grid. We used the GH5 in the reanalysis dataset to 
estimate the prediction skill of CFS GCM. 

The sea ice concentration (SIC) data used in this study 
as the preceding predictor in the downscaling scheme 
covered the period of 1982–2012 and used Met Office 
Hadley Centre’s sea ice and sea surface temperature data 
set version 1 (HadISST1) (Rayner et al., 2003), which 
includes globally complete monthly fields on a 1×1 
latitude-longitude grid. Monthly precipitation at the 160 
stations for 1982–2011 was obtained from the National 
Climate Center of the China Meteorological Administra-
tion. This long-term monthly precipitation dataset was 
used to establish and validate the downscaling model. The 
present study used winter precipitation data at 160 sta-
tions over China as the predictand. 

2.2  Method 

Because the length of the CFS GCM data period is 
limited, a method known as one-year-out cross validation 
was used. One year of predictor and predict data are ex-
cluded from the respective data set, and the data from the 
residual years were used in the training period. Next, a 
prediction based on the training period was made for the 
remaining years (Michaelsen, 1987). This cross-validated 
procedure was performed 30 times to produce preci-
pitation predictions from 1982 to 2011 for the validation. 
Finally, this downscaling method was conducted for re-
al-time prediction of winter precipitation in 2012.  

The singular value decomposition (SVD) of the cross- 
covariance matrix (Bretherton et al., 1992; Uvo et al., 
2001), which statistically describes the link between pre-
cipitation and its predictors, was used to downscale the 
China winter precipitation. We chose this linear method to 
objectively determine coupled anomaly patterns in the 
predictor and predict and fields. Before SVD analysis was 
performed, the predictors and predictand were recon-
structed by using the respective empirical orthogonal 
functions (EOFs) and principal components to filter the 
noise during the training period. The specific procedure 
for the downscaling method can be found in Liu and Fan 
(2012a). The criterion of the retained EOF modes refers to 
Kaiser’s rule (Wilks, 2006): 

,
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  ,            (1) 

where m 
represents the mth retained eigenvalue of EOF 

(m=1,…,K, K is the total number of the eigenvalue of 
EOF), sk,k 

is the variance of the kth element of the variable 
field, and T is a threshold parameter, here T=0.7 (Jolliffe, 
1972, 2002). On the basis of Eq. (1), the first nine, two, 
and three EOF modes were retained for the predictand 
(precipitation), GH5, and SIC, respectively. 

In this study, the root-mean-square-error (RMSE) skill 
score indicated the difference between the RMSE of the 
original CFS GCM and that of the downscaling models 
through division of the former output. The formula for the 
RMSE skill score is 

GCM SD
skill score

GCM

RMSE  RMSE
RMSE 100%

RMSE


  ,  (2) 

where RMSEGCM and RMSESD indicate the RMSE of the 
original CFS GCM and downscaling output, respectively. 
A positive RMSEskill score indicated an improved prediction 
skill. 

3  Results 
3.1  Predictors 

Statistical downscaling used long-term general circula-
tion variables and regional variables to derive a robust 
relationship between the predictors and the predictand. 
Local changes in meteorological parameters in mid-lati-
tudes, including precipitation, are mainly controlled by 
atmospheric circulation (Parker et al., 1994; Steinberger 
and Gazit-Yaari, 1996). Therefore, the GH5 during the 
1982–2012 winters was considered for the 20–60°N, 70– 
180°E (East Asia) region, which covers Baikal, the west-
ern North Pacific, the EAWM, and the Somali jet, among 
other areas. These related and important atmospheric sys-
tems strongly influence the precipitation over China 
(Chen and Zhao, 2000; Wang, 2001). Moreover, the spa-
tial correlation coefficient of GH5 between the reanalysis 
and CFS GCM data over this region can reach 0.97. 

Summer Arctic sea ice was reduced under the scenario 
of global warming; this trend became more rapid after the 
late 1990s (Comiso et al., 2008). Decreases in autumn 
Arctic sea ice have affected climate variation in winter the 
Northern Hemisphere atmospheric circulation (Honda et 
al., 2009). Such recent declines in Arctic sea ice have led 
to a weakened EAWM system, which has resulted in re-
cent cold and snowy winters (Liu et al., 2012; Ma et al., 
2012). A weak EAWM is characterized by southerly wind 
anomalies, including a weakened Siberian High with 
warm surface air temperature and increased precipitation 
over China, and vice versa (Wang and Jiang, 2004; Gao, 
2007). Therefore, September-October SIC over the 50°N 
region poleward during 1982–2012 was selected from 
observed data as the preceding predictor. Table 1 shows 
specific characteristics of the two predictors. 

 
Table 1  Description of the predictors used in this study. 

Predictors Period Datasets Domains 

GH5 1982–2012 
winter 

CFS 20–60°N, 
70–180°E 

SIC 1982–2012 
Sep-Oct 

HadISST1 50–90°N, 
0–359°E 
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3.2  Cross validation and real-time forecast of SD 

A downscaling model was established that involved the 
two aforementioned predictors and validation of the 
downscaling result compared with the original CFS GCM 
output was performed. The spatial anomaly correlation 
coefficient (ACC) between observation and original CFS 
GCM, or the downscaling result in the cross validation for 
1982–2011, is shown in Fig. 1. With regard to the original 
CFS GCM, the ACC passed the 95% confidence level 
during 17% years from 1982 to 2011 and more than 66% 
years for the downscaling ACC in the counterpart. The 
multi-year average of ACC improved from –0.03 of the 
original CFS GCM result to 0.31 of the statistical down-
scaling. Moreover, the multi-year average of the spatial 
RMSE skill score of winter precipitation over China 
reached 75.9% (figure not shown). To provide a better 
understanding, we estimated the improvement of the 
downscaling scheme over the original CFS result, or the 
RRMSE, which is defined by the ratio of RMSEGCM to the 
RMSESD. Figure 2 shows the spatial pattern of temporal 
RRMSE during 1982–2011. The downscaling over northern 
China (i.e., 3–10) performed better than that of southern 
China (i.e., 1–3). For most stations in China, the RRMSE 

was larger than 1, with the exception of two stations de-
noted by yellow points in the figure. This result demon-
strates that the value of winter precipitation from down-
scaling is closer to observation than that of the original 
CFS GCM. 

Snow storms and freezing rain occurred in southern 
China in the winter of 2008 (Fig. 3a), which caused sig-
nificant economic losses and disrupted highway and rail-
way transport, energy support systems, communication, 
agriculture, and the lives of residents (Wei et al., 2008). 
We used the downscaling method to determine whether it 
could improve the performance of the original CFS GCM 
hindcast during 2008 winter. The observational scenario, 
CFS hindcast, and downscaling results are shown in Fig. 
3. A large positive precipitation anomaly was centered on 

 

 
 

Figure 1  Spatial anomaly correlation coefficient of winter precipita-
tion among the observation, CFS GCM output, and downscaling result. 
The hollow rectangle and solid circle represent original CFS and down-
scaling results, respectively. The multi-year average of the anomaly cor-
relation coefficient is given at the left bottom of the panel. The dashed 
line represents the correlation coefficient at the 95% confidence level. 

 
 
Figure 2  Improvement of the downscaling scheme over the original 
CFS result (RRMSE) during 1982–2011. The purple, red, orange, and 
yellow solid circles represent the different thresholds of RRMSE, respec-
tively. 

 
Jianghuai and the Yangtze River Valley, and other parts of 
China experienced relatively less precipitation (Fig. 3a). 
For the original CFS GCM, most parts of China experi-
enced positive precipitation anomalies, except for parts of 
northwestern China, and a significantly larger positive 
precipitation anomaly region than that recorded in obser-
vations moved to southwestern China (Fig. 3b). Figure 3c 
shows the hindcast of 2008 winter obtained from the 
downscaling result. The downscaling scheme predicted 
the locations of the positive precipitation anomaly center 
over southern China and negative precipitation anomalies 
over most parts of China, except for northeastern China. 
Moreover, the magnitude of winter precipitation obtained 
from the downscaling results is comparable to that of ob-
servation. Furthermore, the ACC between observation and 
downscaling was 0.66, compared with 0.04 from the 
original CFS GCM (Fig. 1). 

For all prediction models, hindcast was used to evalu-
ate the average performance. However, our final objective 
was to apply the predictive models in the forecasting of 
future climate variation. By applying the downscaling 
scheme in this study, a real-time predicted precipitation 
anomaly pattern appeared in the 2012 winter (Fig. 4). 
This large positive precipitation anomaly was centralized 
mainly in Jianghuai Valley, South China, northern Inner 
Mongolia, and North China; northeastern China and 
western China were relatively dry. It should be noted that 
the first principal component of SIC in 2012 Septem-
ber-October, which explains 40% of the total variance, 
showed conditions similar to those of September-October 
2008 (figure not shown); therefore, southern China is 
likely to experience increased precipitation this winter. 

4  Conclusion and discussion 
In this study, statistical downscaling based on CFS 

GCM output and observational data of large-scale circula-
tion variables was used to predict winter precipitation 
over stations in China. In particular, GH5 from global 
CFS GCM and SIC from observational records were used 
as predictors. Downscaling outperformed the original 
CFS GCM considerably in predicting winter precipitation  
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Figure 3  The spatial patterns of precipitation anomaly in the winter of 
2008. (a), (b), and (c) indicate observation, CFS GCM prediction, and 
downscaling results, respectively. Units: mm d–1. The red (blue) repre-
sents the negative (positive) precipitation anomaly region. 

 
in the cross-validation experiment. Real-time prediction 
in precipitation over China stations has been implemented 
for the winter of 2012.  

In the cross validation for 1982–2011, the multi-year 
average spatial ACC improved significantly from –0.03 to 
0.31. The downscaling temporal RMSE decreased sig-
nificantly compared with that of the original CFS GCM 
over most China stations. Furthermore, the precipitation 
pattern of observation in 2008 winter reproduced by the 
downscaling scheme was more accurate than that of the 
original CFS GCM. The main precipitation centers were  

 
 

Figure 4  Pattern of 2012 winter precipitation anomaly obtained from 
downscaling. Units: mm d–1. The red (blue) represents the negative 
(positive) precipitation anomaly region. 

 
reproduced by the statistical downscaling model. More- 
over, the ACC between the observation and downscaling 
result reached ~ 0.6; in the counterpart of original CFS 
GCM, the ACC was 0.04. In general, the circulation- 
based approach successfully conveyed information from 
the large-scale atmosphere to the local regions. 

Because the previous predictor SIC had a stable rela-
tionship with circulation in the mid-high latitudes of the 
Northern Hemisphere (Wu et al., 2011), autumn SIC ac-
counted for deficiency of the GCM prediction of the cir-
culation in mid-high latitudes to some extent, and the pre-
dictive skill in precipitation over East Asia was improved 
over with the original GCM output. Therefore, the com-
bination of both GCM and observational information is an 
effective method for improving the prediction capability 
of the downscaling scheme. Additional stations have been 
erected in China; therefore, more observed information 
can be used to establish and validate the predictability of 
the downscaling method. More detailed prediction of 
month-by-month precipitation in winter is an objective for 
future research. 
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摘  要  本研究针对中国夏季站点降水，研制建立了基于 Climate Forecast System（CFS）实时预测数值产品及观

测资料的统计降尺度预测系统。此预测系统选取了 CFS 模式中当年夏季 500 hPa 高度场和观测资料中前一年秋、冬

季海表面温度场作为预测因子，两因子的关键区分别为泛东亚地区和热带太平洋地区。统计降尺度模型对 1982～

2011 年中国夏季降水的回报效果较 CFS 模式原始结果显著提高，空间距平相关系数由 0.03 提高到 0.31，时间相

关系数在中国大部分地区显著提高，最大可达 0.6。均方根误差较 CFS 模式原始结果明显降低，同时，此降尺度

模型较好的回报出 2011 年汛期降水的距平百分率的空间分布型。 
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Abstract  A statistical downscaling system for forecasting summer precipitation at stations in China has been 

established in this study on the basis of real-time prediction of numerical products from the Climate Forecast System 

(CFS) and observational data. The summer 500-hPa geopotential height in the current year from CFS and the previous 

autumn–winter sea surface temperature from observations were selected as the two predictors, with corresponding key 

regions of Pan–East–Asia and the tropical Pacific, respectively. The statistical downscaling hindcast on the 1982–2001 

summer precipitation over China improved the performance of the prediction compared with that of the original CFS. 

The spatial anomaly correlation coefficients increased from 0.03 to 0.31, and the temporal correlation coefficients over 

most parts of China also increased significantly by the downscaling scheme with a maximum of 0.6. The root mean 

square error decreased in comparison with the output of the original CFS. Furthermore, we successfully created a 

hindcast on the 2011 summer precipitation anomaly pattern in China by using this statistical downscaling scheme. 

Keywords  CFS, China, Summer precipitation, Statistical downscaling 

                                                              
收稿日期  2012–09–03，2012–11–07 收修定稿 

资助项目  全球变化研究国家重大科学研究计划 2010CB950304，国家自然科学基金（Granted）41175071，公益性行业（气象）科研专项

GYHY200906018，中国科学院知识创新工程重要方向项目青年人才类（Grant）KZCX2-YW-QN202，公益性行业（气象）科研专项

GYHY201206016（部分资助） 

作者简介  刘颖，女，1982 年生，博士，从事短期气候预测研究。E-mail: liuying@cma.gov.cn 

112



    大    气    科    学 

Chinese Journal of Atmospheric Sciences
37 卷

Vol. 37
 

 

1288 

 

1  引言 

在全球变暖背景下，气候变化成为科学界的研

究热点之一，气候的形成和变化不仅是大气内部状

态和过程的反映，也是陆地、海洋、冰雪圈以及生

物圈等与大气相互作用的结果（曾庆存等，2003）。

王会军（1997）指出，气候异常变化对全球各方面

都会产生重要影响，因此，气候预测成为当今人类

社会面临的一个重大课题。由于影响气候短期变化

的因子众多，且因子间又有复杂的相互作用，我们

尚未对其中的这些预测因子的详细物理过程及其

影响有清晰的科学认识。对于中国来讲，夏季降水

占全年比重较大，在北方地区占 50%以上，南方地

区占 40%左右（图 1），因此，夏季降水预测对我国

的国民经济以及现代化建设有着非常重要的作用。

但是，由于中国地处东亚季风区，自然条件复杂，

剧烈变化的气候影响着东亚季风系统等因素，导致

中国夏季降水的短期气候预测业务平均水平一直

不高。 

短期气候预测方法主要分为数值模式方法  

和物理统计方法，对于大尺度环流模式（GCM）而

言，其对热带地区以及大尺度环流具有较高预测能

力，但对东亚地区的降水几乎没有预测能力，那 

么，降尺度方法的提出有效利用了 GCM 的高预测

性能对局地变量进行预测。近年来，我国学者已在

夏季降水短期气候预测以及降尺度方面取得诸多

成果。如提出了年际增量的预测方法并将其应用到

我国夏季降水、台风等预测中（范可等，2007；范

可等，2008；Fan and Wang, 2009）。Zhu et al.（2008）

利用经验正交分解和奇异值分解相结合的方法对

亚太地区的夏季风降水做了降尺度预报，提高了本

区域夏季风降水的距平相关系数，同时均方根误差

显著降低。Wang and Fan（2009）利用模式对热带

地区较好的可预测性对东亚地区降水进行降尺度

预测，研究证明，这种方法能够提高东亚乃至中国

夏季降水的预测能力。Lang and Wang（2010）对中

国 6 个区域进行了研究，将模式输出资料与观测资

料相结合，针对不同区域选取影响因子，研究结果

显示，新的预测方法对各区域夏季降水距平符号、

量值以及年际变化上优于模式本身的预报。Gu et  

al.（2011）利用中国气象局国家气候中心的大尺度

海—气耦合模式（CGCM–NCC）对中国不同区域

夏季降水进行了统计降尺度研究，降尺度结果较模

式原始结果提高了中国区域夏季降水的预测技巧。

Chen et al.（2012）和 Sun and Chen（2012）分别针

对中国站点以及全球的夏季降水从 GCM 的大尺度

环流变量中选取最优预测因子，降尺度模型结果的

距平相关系数以及均方根误差均较 GCM 模式原始

结果分别有显著的提高和降低。 

美国国家环境预报中心（National Centers for 

Environmental Prediction, NCEP）的气候预测系统

(Climate Forecast System, CFS) 可以为全球提供最

新的多时间尺度预测资料（Saha et al., 2006）。此预

测系统的第一代从 2004 年 8 月开始业务运行，同

时，对 1981～2004 年共 24 年进行了历史回报。第

二代在 2011 年 3 月开始进行业务实时预测，并提

供了 1982～2010 年的回报试验结果。已经有许多

利用 CFS 模式资料展开的研究。Yang et al.（2008）

对亚洲季风区的气候、主要降水区的年际变化以及

大尺度环流系统做了细致分析。陈官军等（2010）

也对此模式系统不同初始场资料对东亚夏季的预

报效能进行了检验评估。Yuan and Liang（2011）针

对美国降水，利用 WRF (Weather Research and 

Forecasting) 模式对 CFS 模式资料进行了动力降尺

度回报。Gao et al.（2011）评估了 CFS 模式资料对

梅雨带的预测能力。然而，现阶段利用 CFS 模式资

料对中国地区站点夏季降水进行统计降尺度预测

的研究还很少。因此，我们利用此资料对中国夏季

降水进行预测。 

2  数据 

 降水资料来源于中国气象局国家气候中心

1982～2011 年的 160 站点月平均数据。大气资料为

NCEP/NCAR 再分析资料（1982～2011 年）中的 500 

hPa 高度场（GH5），水平分辨率为 2.5°×2.5° 

（Kalnay et al., 1996）。海温资料为 1981～2011 年

秋、冬季 NOAA 的海表面温度 (Sea Surface Temper- 

ature, SST) 资料，水平分辨率为 2°×2°（Smith et  

al., 2008）。 

CFS 模式有两个版本（CFSv1 和 CFSv2），本

研究使用 CFSv2 版本的月平均资料，起始时间为

1982 年，资料更新至今。其中 1982～2010 年的结

果取自回报试验。各月每隔 5 天分别从 0、6、12 和 

18 UTC 开始积分，积分时间为 9 个月，即回报当

月数据并对未来 1～9 个月进行预报。2011 和 2012

年的 CFS 资料取自实时预测，每天都从上述 4 个时
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次开始积分，积分时间同为 9 个月。在本研究    

中，对每个月中所有不同初值的积分进行集合平

均，并利用双线性插值方法将集合结果插值到

2.5°×2.5°水平网格上。为了保证资料完整性并及时

参加国家气象局的汛期会商，我们选取 2 月份起报

的 6、7、8 月 GH5 高度场资料。 

3  方法 

本文使用场信息耦合型方法建立统计降尺度

预测模型。此方法的优点在于，能够针对预测因子

和预测量空间场的主要信息，通过提取两变量场的

最优耦合变化型建立模型。具体步骤为： 

首先，在建模的拟合时段 t 内，利用 EOF

（Empirical Orthogonal Function）分析，分别对预

测因子和预测量变量场进行分解，基于 Kaiser’s 标

准（Wilks，2006）保留主模态进而将预测因子和预

测量回算到原始变量场形式。此步骤能够将变量场

中多余的噪音去除，达到滤波目的。Kaiser’s 标准

公式为 

, 
1

,
K

m k k
k

T s
K

λ
=

> ∑           （1）

 
其中， mλ 表示保留的 EOF 特征值， ,  k ks 为所分解

变量的第 k 个方差，T 为阈值参数，这里取 T=0.7 

（Jolliffe，1972；2002）。 
其次，将滤波之后的预测因子和预测量利用

SVD（Singular Value Decomposition）分解，提取两

变量场之间的耦合变化型。 

最后，利用得到的预测因子和预测量的 SVD

模态对、对应的时间系数以及预测时间段 t＋1 预测

因子场，利用多元线性回归方法，做出统计降尺度

预测（Liu and Fan，2012a，2012b），建模过程如图

2 所示。 

4  预测因子选取 

500 hPa高度场代表着对流层中层的无辐散层，

可以很好地体现高空大尺度环流波动（例如，槽脊

移动、阻塞系统等）的情况。由于天气系统的斜压

性以及上下游效应，从 GH5 中可以抓住大尺度环

流背景场的变化，从高低空系统的配置关系我们就

可以推知低空系统的变化，从而对地面天气的未来发

展形势做出预测预报。因此，我们选取来自于 CFS

模式资料的同期因子夏季 GH5 为预测因子，其关

键区为 30°S～60°N，70°E～180°E，以下称泛东亚

地区。图 3 为 1982～2011 年 NCEP 再分析资料与

CFS 资料之间的 GH5 相关场。可以看到，显著的

正相关区集中在低纬度地区，相关系数最大可达到

0.6 以上，东亚及周围地区上空也存在显著的正相

关区。同时，1982～2011 年 NCEP 再分析资料与

CFS 模式资料中泛东亚地区 GH5 的空间相关系数

能够达到 0.97 以上。观测与 CFS 模式资料中 GH5

的 EOF 第一模态主成分，都显示出了随时间下降的

趋势，两者之间的相关系数可以达到 0.46（图略）。

图 1   1982～2011 年夏季降水量占全年降水的百分率空间分布以及中国 160 站分布情况。黄色圆点代表 160 站位置 

Fig. 1   The percentage pattern of the summer precipitation in annual mean during 1982–2011 and the 160 station locations in China. Yellow dots represent the 

locations of 160 stations 
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因此，CFS 模式对 1982～2011 年夏季 500 hPa 高度

场的回报能力较好，本研究将考虑利用夏季 GH5

为预测因子，建立统计降尺度模型。 

中国夏季降水与泛东亚地区 GH5 的 SVD 第一

模态空间分布以及对应的时间系数由图 4 给出。对

于观测情形，由图 4c 可以看出，GH5 场在泛东亚

地区中高纬为代表冷空气活动的高度异常场；在日

本—中太平洋上空存在着一个异常的 PJ（Pacific– 

Japan）波列（Nitta, 1987；Nitta and Hu, 1996）。PJ

遥相关分布型与中国的气候变化有着密切的联系，

例如，影响西太平洋副热带高压和中国降水（Huang 

and Li，1987；Kosaka and Nakamura，2006）。而热

带及其以南地区则代表了南半球通过越赤道气  

流等系统的作用，对中国降水产生影响。降水场 

中，中国的东部地区大体呈现出南北多中间少（南

北少中间多）的中国降水典型空间分布特征（图

4e）。相对于观测情形，在 CFS 中 GH5 的 SVD 模

态空间分布场中，其热带地区大片带状负值区分裂

为两块，而存在于东亚东北部地区的正值中心消

失，取而代之的是在偏东的地方出现了一个负值的

高值中心（图 4c、d）。而相应的降水场中，CFS 回

报出了除东北地区的中国东部大部分地区的异常

降水型（图 4a、b）。在观测与 CFS 中 SVD 第一模

态对应的时间系数之间相关都超过了 0.8（图 4e、f）。 

ENSO（El Niño–La Niña）存在于热带太平洋，

是海气相互作用的重要系统。它是全球天气和气候

年际变化的重要原动力之一（Kiladis and Diaz, 

1989），影响着全球气候的年际变化（Webster et al., 

1998），也是短期气候预测一个重要的基础。虽然

ENSO 与东亚夏季风之间的关系在长期变化中显示

出不稳定特征（Wang,  2002），但它仍然是引起中

国降水变化的主要外强迫因子之一。一般来讲，El 

Niño 易于导致弱的夏季风，而 La Niña 易于导致  

强的夏季风（Wang et al., 1999）。当发生 El Niño 时，

纬向 Walker 环流的上升支东移，西太平洋副热带高

压偏强，东亚季风偏弱，容易导致中国南方地区降

水偏多，北方偏少；而发生 La Niña 时，情况相反

（Bjerknes，1966，1969；臧恒范和王绍武，1984；

任富民等，2012）。许多学者利用 ENSO 信号对降

水进行预测预报（Ropelewski and Halpert, 1987；Jain 

and Lall, 2001；Maity and Kumar, 2006）。1982～2011

年中国夏季降水 EOF 第一模态的时间系数与

1981～2010 年秋、冬季 SST 的 EOF 第一模态的时

间系数的相关系数可以达到 0.52（超过 99%信度检

验水平）。 

1982～2011 年夏季降水与 1981～2010 秋冬季

SST 的 SVD 第一模态由图 5 给出。可以看到，SST

的 SVD 第一模态为 ENSO 的典型分布型，表现为

热带中东太平洋和热带西太平洋呈现相反的变化

趋势（图 5b），而对应此 ENSO 型分布的中国夏季

降水为北方大部分地区和华南、长江下游之间相反

的降水趋势，且雨带呈现东北—西南走向，而不是

经典的准东西走向的“三明治”雨带分布特征。降

水与 SST 的 SVD 第一模态对应的时间系数之间的

相关系数为 0.85。同时，可以看到，在 2000 年前

后，时间系数出现了一个转型期。Zhu et al.（2011）

指出，中国东部雨带在 2000 年前后出现了转型，

其原因在于：太平洋年代际涛动（Pacific Decadal 

Oscillation, PDO）在 2000 年前后同样出现了转型，

这就影响了西风急流以及中高纬环流，从而导致中 

图 2  场信息耦合型统计降尺度方法示意图 Y (t＋Δt) 为预报年的降水值，Ri (x) 为降水的 SVD 空间模态， ˆ ( )K t t+ Δ 为预报年的 SVD 时间系数。

Fig. 2   The sketch map of the field information coupled patterns statistical downscaling method 
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图 3   1982～2011 年 CFS 模式与观测的夏季 GH5 相关场。阴影区颜色由浅到深分别代表 90%、95%以及 99%的信度检验水平 

Fig. 3   The correlation coefficients for summer 500 hPa geopotential height between the reanalysis data (NCEP) and Climate Forecast System output during 

1982–2011. The shaded areas (from light to dark) correspond to 90%, 95%, and 99% confidence levels, respectively 

图 4   1982～2011 夏季（a，b）中国观测站点降水、（c，d）泛东亚地区 GH5 的 SVD 第一模态空间分布型以及（e，f）对应的时间系数。（a、c、e）

基于 NCEP 资料，（b、d、f）基于 CFS 模式资料 

Fig. 4   The first leading SVD modes for the observed rainfall in China and the GH5 over Pan–East Asia, and the corresponding time coefficients during 1982–

2011 summers. (a, c, e) Based on the NCEP dataset; (b, d, f) based on the CFS GCMoutput  
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图 5   1982～2011 夏季中国观测站点降水（a）与 1981～2010 年秋冬

热带太平洋 SST（b）的 SVD 第一模态空间分布型以及对应的时间系

数（c） 

Fig. 5    The first leading SVD modes of the (a) observed rainfall in China

during 1982–2011 summers and (b) 1982–2010 autumn–winter SST over 

the tropical Pacific, and (c) the corresponding time coefficients 

图 7  观测与 CFS 模式原始结果（a）以及降尺度结果（b）夏季降水的时间距平相关系数的空间分布。阴影区颜色由浅到深分别代表 90%、95%以

及 99% 的信度检验水平  

Fig. 7   The anomaly correlation coefficients of summer precipitation between the observation and (a) the original CFS output, (b) the downscaling result. The 

shaded areas (from light to dark) correspond to 90%, 95%, and 99% confidence levels, respectively 

图 6   1982～2011 年观测数据与 CFS 模式原始数据（黑色）以及降尺

度结果（蓝色）夏季降水空间距平相关系数。AVE 为多年平均值，

Cross 代表交叉检验降尺度结果。绿色、黑色和红色虚线分别代表了

90%、95%和 99%的信度检验水平。 

Fig.  6   The spatial anomaly correlation coefficients of summer pre-

cipitation between the observations and the CFS GCM output as well as 

the downscaling result. AVE and Cross represent the multi-year average 

and the cross validation results of downscaling. The green, black, and red 

dashed lines correspond to the 90%, 95%, and 99% confidence levels 
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国雨带的变化。 

5  统计降尺度预测结果 

由于建模和检验的时段为 1982～2011 年，因

此我们采用去掉一年的交叉检验方法来对降尺度

模型进行检验。图 6 给出了观测与模式结果以及降

尺度结果的降水量之间的空间距平相关系数 ACC

（Anomaly Correlation Coefficient）。降尺度模型将

30 年平均的 ACC 从模式原始结果的 0.03 提高到

0.31，且在 97%年中降尺度结果的 ACC 都超过了

95%的信度检验水平，在 80%的年份中 ACC 超过

了 99%的信度检验水平（图 6），最大值可以达到

0.6。同时，对于 30 年的时间距平相关系数 TCC 的

空间场来讲，CFS 模式原始结果的 TCC 只有在内

蒙古的部分地区，相关系数通过了显著性检验，其

他大部分地区的相关系数均小于 0.3（图 7a）。而降

尺度结果与观测数据之间在中国的西北、东北大

部、黄淮、华南以及西南地区都具有显著的相关系

数，最大值可以达到 0.6（图 7b）。因此，降尺度模

型显著提高了 1982～2011 年中国夏季降水的时间

TCC 和空间 ACC。 

 那么，我们又比较了降尺度结果的均方根误差

（RMSE,Root Mean Square Error）与模式原始结果

RMSE 之间的差异。PRMSE（RMSE 的降低百分率）

的表达式为： 

GCM SD
RMSE

GCM

= 100%
E E

P
E

−
× ，   （2）

 其中，EGCM和 ESD分别代表模式原始结果和降尺度

结果的 RMSE，PRMSE 大于零且绝对值越大，说明降

尺度结果越接近于观测值。 

图 8 为 1982～2011 年 PRMSE 空间分布情况，

对于全国的 160 个站来讲，除个别站点之外，大多

数站点的 PRMSE都大于零。降尺度结果的 RMSE 比

模式原始结果的 RMSE 最多可减小 40%以上。因 

此，此降尺度模型回报的 1982～2011 年夏季降水

在量级上较 CFS 模式原始结果更加接近观测数据。 

 由前面的分析可以看到，此降尺度模型夏季降

水预测能力在 1982～2011 年的总体（平均）水平

较高，那么，对具体年份的预测效能如何呢？

1982～1983 年发生了较强的 El Niño 事件，而中国

地区的长江流域在 1983 年夏季出现洪涝，华北及

华南地区普遍干旱（图 9a）。实际预测业务中，1983

年的夏季降水预报评分（PS 评分）不到 45 分。而

CFS模式将中国东部大部分地区回报了降水正距平

（图 9b），与实际降水型相差较大。经过降尺度之

后，此降尺度模型大体回报出了“＋－＋”的降水

距平空间分布型（图 9c），PS 评分提高到了 87 分。

同样，此模型对于 2006 年夏季降水的预测较 CFS 模

式原始结果，以及历史实际业务预测都有显著提高。

此模型回报出了中国东部地区“－＋－”的降水距平

空间分型（图 9d、f），PS 评分也从 67 分提高到 85

分。1982 年（2005 年）秋冬季，赤道中东太平洋地

区出现了显著的海温异常偏高（偏低）现象，使得亚

洲季风环流减弱（增强）（Wang et al.，1999），最

终导致雨带的偏南（偏北）。因此，赤道太平洋地

区的海温是夏季降水预测的重要因素之一。 

我们又对 2011 年夏季的降水距平百分率做了

检验，公式为： 

100%
R RP

R
−

= × ，      （3） 

其中，P 代表降水距平百分率，R 为某一站点的某

年降水量，R 为某站点降水量的气候平均态，这里

为 1982～2011 年。P 大于 13%表示降水偏多，P 小

于－13%表示降水偏少（王绍武等，1999），P 介于

两者之间表示降水正常。 

图 10 为 2011 年夏季降水距平百分率的情况。

2011 年夏季东北大部分地区降水偏少，同时在西南

地区以及华南也出现了较严重的干旱现象，而在长

江下游地区的降水偏多，西北地区大部分地区降水

偏多（图 10a）。图 10b 为回报的 2011 年汛期降水

情况。东北地区的偏旱，以及长江下游地区的降水 

图 8   1982～2011 年 PRMSE 

Fig. 8   The decreased percentage of RMSE (PRMSE) during 1982–2001 
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图 9 （a、b、c）1983 年和（d、e、f）2006 年夏季降水距平空间分布型：（a、d）观测数据，（b、e）CFS 模式原始结果，（c、f）降尺度结果。单

位：mm d−1 

Fig. 9   The spatial patterns of summer precipitation anomalies in (a, b, c) 1983 and (d, e, f) 2006. (a, d), (b, e), and (c, f) represent observations, CFS output, 

and the downscaling result, respectively. Units: mm d−1 

图 10  2011 年夏季降水距平百分率空间分布型：（a）观测数据；（b）降尺度结果 

Fig. 10   The patterns of the 2011 summer precipitation anomaly percent from (a) observations and (b) downscaling result 
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偏多都较好的回报了出来，然而对于西南地区干

旱，预测的结果偏弱，而华南地区的降水偏少没有

回报出来，回报结果与观测之间的 ACC 为 0.28。

总体来讲，此预测模型回报出了 2011 年汛期主要

的降水区。 

基于前面对此预测模型的回报检验，我们利 

用 1982～2012 年每年 2 月起报的 GH5 的 CFS 模式

资料以及 1981～2011 年秋冬季 SST建立预测模型，

对 2012 年夏季降水进行预测（图略）。2012 年汛期

预测结果显示，在东北地区、内蒙古地区以及长江

中游的小部分地区降水偏少，在黄淮、长江下游以

及华南地区降水偏多。 

6  结论 

本文利用同期夏季 CFS 实时预测模式资料以

及前期秋、冬季观测资料，针对中国 1982～2011

年夏季站点降水建立了以场信息耦合型为建模方

法的统计降尺度预测模型。此降尺度模型引入的两

个预测因子，分别为泛东亚地区 CFS 模式资料的

GH5 和热带太平洋地区观测资料的 SST。文中分析

了预测因子与预测量之间的 SVD 第一模态对，结

果显示，两预测因子与预测量之间不仅有明晰的物

理过程，而且具有显著的统计关系。 

此降尺度模型对 1982～2011 年中国夏季降水

的回报效果较 CFS 模式原始结果显著提高，表现为

距平相关系数（ACC）的提高和均方根误差（RMSE）

的降低。此模型较好回报出了 1983 年和 2006 年中

国夏季降水距平的空间分布型，说明 ENSO 信号是

影响中国夏季降水的重要因素之一。同时，该模型

较好的回报出了 2011 年汛期降水的距平百分率的

空间分布型，空间距平相关系数可以达到 0.28。因

此，此降尺度模型有效结合前期因子与同期因子的

综合作用，能够获取天气系统更多的同期和滞后效

应，从而影响中国夏季降水，为夏季降水的预测提

供有价值的信号。 
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摘　　要

基于全国气象台站逐日地面降雪观测数据，对我国２５°Ｎ以北不同气候区强降雪事件的地理分布和年内旬、月

变化等气候特征进行分析，并探讨１９６１—２００８年其时间序列演变特征，及１９６１—２００８年和１９８１—２００８年（气候变

暖后）气候变化趋势。结果表明：强降雪量和强降雪日数在青藏高原东部、新疆和东北北部最多；强降雪强度高值

中心出现在云南。东北北部、华北、西北、青藏高原东部强降雪事件多发生于初冬和初春，年内分布呈双峰型；新疆

和黄淮地区年内分布呈单峰型，前者多发生在隆冬时节，后者多发生于晚冬；１９６１—２００８年东北北部、新疆、青藏高

原东部平均强降雪量和强降雪日数呈明显增加趋势；气候变暖后我国大部年强降雪量增多，强降雪日数增加，强降

雪强度增强。

关键词：强降雪量；强降雪日数；强降雪强度；气候特征

引　言

伴随着全球气候变暖，部分地区极端气候事件

的强度和频率发生了相应变化，北半球中高纬度地

区极端强降水事件频率增加［１］，冬季降雪量和暴雪

发生频率也有所增加［２３］。一般认为，全球气候变暖

会导致海面和地面蒸发能力增强，包括强降雪事件

的强降水事件频率可能增加［４］。了解全球陆地和较

大区域范围强降雪事件频率和强度的真实情况，有

助于理解全球和区域气候变化的机理。此外，强降

雪事件是气候学意义上的小概率事件，对自然和社

会系统具有很大影响。因此，研究全球陆地和区域

性强降雪事件，对于检测气候变化信号、减轻区域气

象灾害影响均具有重要意义。

近年来，国内学者对降水事件分析较多［５１２］，而

对降雪特别是强降雪的分析较少［１３１５］。已有关于强

降雪事件研究，多是从天气学和短期气候异常监测、

预测角度进行强降雪过程诊断分析。也有研究探讨

了我国各个区域强降雪事件的空间分布和年内分配

特征，如臧海佳［１６］分析了中国降雪的时空分布，指

出我国各级别降雪天气现象主要发生在２５°Ｎ以北

地区；邹进上等［１７］、韦志刚等［１８］和丁永红等［１９］分别

研究了青藏高原和宁夏等地区多年强降雪事件频率

或积雪日数的气候学特征；杨秀春等［２０］利用遥感技

术探讨了我国北方草原地带积雪和强降雪事件监测

问题。但是，利用完整的地面气象观测资料，开展全

国性强降雪事件气候特征及其变化分析的工作，目

前还很少。

本文利用最新的逐日地面降雪观测资料，研究

了我国２５°Ｎ以北地区强降雪量、强降雪日数和强

度的主要气候特征及其变化，包括空间的地理分布

差异、强降雪量和强降雪日数的季节性变化（旬、月）

特征、强降雪量、强降雪日数和降雪强度的时间演变

以及气候变化趋势。

１　资料和方法

资料来源于国家气象信息中心资料室提供的全

国７４０个测站１９５１—２００９年的逐日降水量、降雪资

２０１２０９２１收到，２０１３０３１８收到再改稿。

资助项目：公益性行业（气象）科研专项（ＧＹＨＹ２０１１０６０１３，ＧＹＨＹ２０１２０６０２４）

通信作者，ｅｍａｉｌ：ｇｕｏｙｏｏ＠ｃｍａ．ｇｏｖ．ｃｎ
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料，这些站绝大部分属于国家基准气候站和基本气

象站，个别为一般气象站。在所用资料中，２０世纪

５０年代初站点较少；其后站点数量增长迅速，到

１９６０年站点数量已经接近６５０个；１９６０年以后直到

现在，各年的站点数量变化不大，基本上维持在６５０

～７００之间。

气候基准期选择１９７１—２０００年，该时段内资料

连续无缺测的站点数量为６２９个。研究区域选择有

降雪的２５°Ｎ以北我国大陆地区（图１），该地区拥有

的气象台站数量为５６４个。本文利用５６４个站点

１９６１—２００８年资料分析我国强降雪事件变化，台站

的分布情况见图１，其中Ⅰ区为东北北部，Ⅱ区为华

北地区，Ⅲ区为黄淮地区，Ⅳ区为西北地区，Ⅴ区为

新疆，Ⅵ区为青藏高原东部，Ⅶ区为东南地区。考虑

到降水要素资料的时间序列对于台站位置变动等影

响没有温度和风速敏感，本文选取资料连续无缺测

站点，没有对日降水资料进行均一化订正。

图１　研究区站点分布及降雪气候分区

Ｆｉｇ．１　Ｔｈｅｄｉｓｔｒｉｂｕｔｉｏｎｏｆｍｅｔｅｏｒｏｌｏｇｉｃａｌｓｔａｔｉｏｎｓａｎｄｓｎｏｗｆａｌｌｒｅｇｉｏｎａｌｉｚａｔｉｏｎ

　　由于ＲＥＯＦ方法
［２１２２］能够清晰显示气候变量

场不同的地理区域特征，而被广泛用于气候变量场

分区研究中，本文采用 ＲＥＯＦ方法，根据１９７１—

２０００年降雪日数资料对研究区域的降雪变异性进

行分区。分区的临界相关系数确定为０．４（资料序

列长度为３０年，α＝０．０５），即将ＲＥＯＦ载荷向量值

大于０．４的区域划为一个降雪气候区
［２３］。青藏高

原西北部缺少观测站点，插值结果可能存在虚假现

象，故本文不讨论西藏西部区域。

本文对降雪年和雪季等定义见表１。降雪年是

指从当年７月１日至下一年６月３０日的１年时间，

例如２０００年降雪年为２０００年７月１日—２００１年６

月３０日。雪季是指按天气现象统计降雪年内第１

日出现固态降水天气现象日期和最后１日出现固态

降水天气现象日期之间的时间间隔。统计时剔除了

有液态降水出现的降雪日，由于出现固、液混合态降

水时，难以计算出当日的降雪量，同时考虑到雨、雪

交加的日子地面气温不会过低，难以形成明显积雪，

不会对农业生产和社会生活造成重要影响。

目前对极端降水（雪）或强降水（雪）事件的定义

方法很多。有些研究选取某个固定的日降水（雪）量

值作为阈值，判定出现大于该阈值的降水（雪）即为

极端降水（雪）。例如，就降雪而言，我国通常将日降

雪量超过１０ｍｍ的降雪事件称为暴雪，日降雪量超

过５ｍｍ的降雪事件称为大雪。事实上，在我国气

候的地域差异十分明显，不同地区降水和降雪差异

很大，因此用绝对阈值定义日强降雪事件，在各个地

区之间缺乏可比性。目前在气候极值变化研究中经

常选择某个百分位值作为阈值定义极端气候事

件［２４２５］。设某个气象要素值有狀个值，将这些值按

升序排列，取累积频率为某个百分位的观测值作为

阈值，大于该阈值的即为极端气候事件。

本文定义雪季内日（２４ｈ）降雪量超过气候基准

期８０％分位值的全部降雪日数和总降雪量为强降
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雪事件频率和强降雪量的指标；强降雪强度（年）是

指雪季内强降雪量与强降雪日数的比值。选取

８０％百分位是因为有些台站降雪频次较少，为了保

证各个分区内每年有足够的观测记录数据，以便使

强降雪事件的统计和区域间比较具有意义。

表１　降雪和强降雪指标定义

犜犪犫犲犾１　犇犲犳犻狀犻狋犻狅狀狅犳犻狀犱犻犮犲狊狅犳狊狀狅狑犳犪犾犾犪狀犱犻狀狋犲狀狊犲狊狀狅狑犳犪犾犾狌狊犲犱犻狀狋犺犻狊狆犪狆犲狉

指标 定义

降雪年 从当年７月１日至下一年６月３０日

雪季 降雪年内第１日和最后１日出现固态降水天气现象的时间间隔（单位：ｄ）

年降雪量 降雪年内降雪量总和

强降雪日数和强降雪量 雪季内日（２４ｈ）降雪量超过气候基准期内８０％分位值的总降雪日数（单位：ｄ）和总降雪量（单位：ｍｍ）

强降雪强度 雪季内强降雪量与强降雪日数的比值（单位：ｍｍ·ｄ－１）

　　在计算各个分区和全国平均气候时间序列时，

采用Ｊｏｎｅｓ等
［２６］提出的计算区域平均时间序列的

方法。该方法是将每个分区按经纬度划分网格，求

取每个网格区的平均距平值，然后采用面积加权平

均法，得到区域平均的要素距平时间序列。本文采

用２°×２°的经纬度网格，面积加权平均采用每个网

格中点纬度的余弦作为权重系数。

２　强降雪气候特征

２．１　强降雪事件地理分布

图２为我国多年平均强降雪量、强降雪日数和

强降雪强度的地理分布情况。总体上看，强降雪量

和强降雪日数具有大体一致的空间分布特征：东北

北部、北疆和青藏高原东南部为３个高值区域；东北

南部、内蒙古东部、华北和黄土高原、江淮流域强降

雪日数和降雪量相对较高。我国多年平均强降雪量

和强降雪日数较少区域主要分布在江南地区、西北

地区的南疆和内蒙古西部。江南地区主要因为气温

高，强降雪事件频率和降雪量比较少；西北内陆干燥

区域主要因为水汽匮乏，雪季降水稀少，强降雪事件

频率和降雪量很低。

强降雪强度的地理分布与强降雪量、强降雪日

数有很大差异，强降雪强度高值中心出现在强降雪

频率很低的南方地区。云贵高原、长江中下游和东

南沿海地区强降雪强度最高，而强降雪频率很高的

东北北部和青藏高原东南部强降雪强度则较低，强

降雪强度最低值出现在四川盆地、南疆北部和内蒙

古西部。

图２　多年平均强降雪量（单位：ｍｍ）（ａ）、　　　

强降雪日数（单位：ｄ）（ｂ）及　　　

强降雪强度（单位：ｍｍ·ｄ－１）（ｃ）空间分布　　　

Ｆｉｇ．２　Ｔｈｅｄｉｓｔｒｉｂｕｔｉｏｎｓｏｆａｎｎｕａｌｉｎｔｅｎｓｅ　　　

ｓｎｏｗｆａｌｌ（ｕｎｉｔ：ｍｍ）（ａ），ｔｈｅｎｕｍｂｅｒｏｆ　　　

ｉｎｔｅｎｓｅｓｎｏｗｄａｙｓ（ｕｎｉｔ：ｄ）（ｂ）ａｎｄｉｎｔｅｎｓｅ　　　

ｓｎｏｗｉｎｔｅｎｓｉｔｙ（ｕｎｉｔ：ｍｍ·ｄ－１）（ｃ）　　　
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　　从局地分布特点来看，中部的华山、青藏高原东

部的梅里和玉龙雪山以及青藏高原西南侧山地等地

点强降雪量较大（图２ａ），年平均强降雪量最多出现

在喜马拉雅山脉北麓，中心位于西 藏 聂 拉 尔

（１２２．２ｍｍ）、西藏嘉黎（６７．６ｍｍ）和云南德钦

（５３．７ｍｍ）。年平均强降雪日数分布（图２ｂ）与强降

雪量分布基本相同，华山、梅里、玉龙雪山、青藏高原

西侧等高海拔地区强降雪日数较多，但强降雪日数最

多发生在西藏嘉黎（７．３ｄ），而不在强降雪量最多的

聂拉尔（５．３ｄ），其次是青海青水河（６．９ｄ）和四川石

渠（２．４ｄ）。年平均强降雪强度分布（图２ｃ）最大中心

出现 在 云 南 玉 溪（３６．２ ｍｍ·ｄ－１）、云 南 昆 明

（２７．３ｍｍ·ｄ－１）和云南丽江（２４．１ｍｍ·ｄ－１）。这些

地区均位于我国西南水汽通量最大区域。

　　表２给出各个分区多年强降雪量和强降雪日

数。由于东南地区强降雪频次和降水量很小，故未

做区域平均统计（下同）。青藏高原东部强降雪日数

最多，其次是东北北部、新疆；西北地区、黄淮地区和

华北地区；强降雪量最多也是出现在青藏高原东部，

其次为新疆和东北北部，西北地区、黄淮地区和华北

地区强降雪量最小。

表２　１９７１—２０００年不同区域

累积强降雪量和强降雪日数

犜犪犫犾犲２　犃犮犮犪犿狌犾犪狋犲犱犻狀狋犲狀狊犲狊狀狅狑犳犪犾犾犪犿狅狌狀狋狊犪狀犱

狋犺犲狀狌犿犫犲狉狅犳犻狀狋犲狀狊犲狊狀狅狑犳犪犾犾犱犪狔狊犻狀犱犻犳犳犲狉犲狀狋

狊狌犫狉犲犵犻狅狀狊犳狉狅犿１９７１狋狅２０００

地区 强降雪量／ｍｍ 强降雪日数／ｄ

东北北部 ３１６．９ ５０．４３

华北 ２２１．２ ３１．５７

黄淮 ２２１．９ ２６．５８

西北 １４９．２ ２８．１５

新疆 ３２１．１ ４８．８９

青藏高原东部 ５１１．７ ７０．７９

２．２　强降雪事件年内变化

强降雪日数和强降雪量的年内各月分布基本一

致（表３和表４）。北方各地区和青藏高原东部年内

各月变化呈现双峰型，黄淮地区呈现单峰分布特点。

东北北部区强降雪量和强降雪日数最多均出现在３

月和１０—１１月；华北地区强降雪量最多出现在１１

月，其次是３月和１月，而强降雪日数与强降雪量略

有不同，最多是３月，其次是１１月和１月；西北地区

强降雪量和强降雪日数最多均出现在３—４月

和１１月；新疆强降雪量最多出现在１１—１２月和２

表３　１９７１—２０００年不同区域平均强降雪量月变化（单位：犿犿）

犜犪犫犾犲３　犕狅狀狋犺犾狔犿犲犪狀犻狀狋犲狀狊犲狊狀狅狑犳犪犾犾犻狀犱犻犳犳犲狉犲狀狋狉犲犵犻狅狀狊（狌狀犻狋：犿犿）

月份 东北北部 华北地区 黄淮地区 西北地区 新疆 青藏高原东部

７ ０．０ ０．０ ０．０ ０．０ ０．０ ２．７

８ ０．０ ０．０ ０．０ ０．７ ０．０ ２．１

９ ０．７ ０．１ ０．０ ０．７ ０．５ １９．０

１０ ６１．５ １４．１ ４．１ ２０．３ ２０．０ ７９．０

１１ ６７．４ ４６．８ ２７．４ １９．３ ６３．３ ３７．３

１２ ３５．０ ３１．９ ３２．７ ４．７ ７６．２ １６．８

１ １６．２ ３４．７ ４８．０ ５．５ ５１．７ ２３．４

２ １７．９ ３１．６ ４６．２ １０．０ ５３．４ ４７．９

３ ７９．９ ４５．４ ５１．５ ３９．０ ４０．２ １０５．８

４ ３５．５ １５．２ １０．６ ３３．５ １４．７ ９４．８

５ ２．８ １．３ １．３ １５．２ １．２ ６４．９

６ ０．０ ０．０ ０．０ ０．４ ０．０ １８．０

表４　１９７１—２０００年不同区域平均强降雪日数月变化（单位：犱）

犜犪犫犾犲４　犜犺犲狀狌犿犫犲狉狅犳犿狅狀狋犺犾狔犿犲犪狀犻狀狋犲狀狊犲狊狀狅狑犱犪狔狊犻狀犱犻犳犳犲狉犲狀狋狉犲犵犻狅狀狊（狌狀犻狋：犱）

月份 东北北部 华北地区 黄淮地区 西北地区 新疆 青藏高原东部

７ ０．００ ０．００ ０．００ ０．００ ０．００ ０．５０

８ ０．００ ０．００ ０．００ ０．０５ ０．００ ０．３２

９ ０．１０ ０．０３ ０．００ ０．１５ ０．１１ ３．１４

１０ ８．０７ １．７７ ０．６０ ３．８５ ３．００ ９．９３

１１ １１．４３ ６．５５ ３．２３ ３．９５ ９．６８ ４．５７

１２ ５．８３ ４．７２ ４．０９ １．１５ １１．８４ ２．６１

１ ２．７３ ４．９１ ５．５３ １．３５ ８．２１ ３．６８

２ ３．３３ ４．４９ ５．６３ ２．３５ ７．７４ ６．９３

３ １３．０３ ６．９２ ６．０２ ７．３５ ６．２６ １３．４０

４ ５．４０ ２．０１ １．３２ ５．９０ １．８４ １３．００

５ ０．５０ ０．１７ ０．１４ ２．００ ０．２１ ９．９３

６ ０．００ ０．００ ０．００ ０．０５ ０．００ ２．７９
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月，而强降雪日数最多出现在１１—１２月和１月；青

藏高原东部强降雪量和强降雪日数最多出现在３—

４月，其次出现１０月和５月。单峰型分布型强降雪

量和日数峰值出现在隆冬和晚冬，黄淮地区强降雪

量和强降雪日数最多均出现在１—３月。

　　图３为我国各个区域强降雪量和强降雪日数年

内各旬之间的变化特征。各个区域强降雪量和强降

雪日数的旬际变化规律与月际变化相似，但可以更

精确地反映年内变化情况。总体上看，强降雪量和

强降雪日数年内变化基本相近，东北北部、西北、青

藏高原东部和新疆等地双峰分布特点更明显，黄淮

地区呈现单峰型分布，华北地区则表现出不明显的

双峰型，实则属于单峰型与双峰型之间的过渡类型。

具体地说，东北北部强降雪量和强降雪日数最

多的时间都出现在１０月下旬、３月中旬和３月下

旬；华北地区强降雪量最多出现在１月上旬、３月中

旬和１１月上旬，强降雪日数最多则出现在３月中

旬，其次是１月上旬和１１月上旬；黄淮地区强降雪

量和强降雪日数最多均出现在３月上旬，强降雪量

次多出现在２月下旬和１月上旬，强降雪日数次多

出现在１月上旬和２月中、下旬；西北地区强降雪量

和强降雪日数最多出现在３月下旬和１０月上旬，强

降雪量次多出现在３月中旬，强降雪日数次多出现

在４月上旬；新疆强降雪量和强降雪日数峰值均出

现在１２月上旬，强降雪量次多出现在１１月中旬和

１月上旬，强降雪日数次多出现在１月上旬和１１月

中旬；青藏高原东部强降雪量和强降雪日数最多均

出现在３月下旬、１０月中旬和４月中旬。

图３　１９７１—２０００年不同区域强降雪量（虚线）和强降雪日数（实线）年内变化

Ｆｉｇ．３　Ｔｈｅｃｈａｎｇｅｓｏｆｔｅｎｄａｙａｖｅｒａｇｅｉｎｔｅｎｓｅｓｎｏｗｆａｌｌ（ｄａｓｈｅｄｌｉｎｅ）

ａｎｄｔｈｅｎｕｍｂｅｒｏｆｉｎｔｅｎｓｅｓｎｏｗｄａｙｓ（ｓｏｌｉｄｌｉｎｅ）

ｉｎｄｉｆｆｅｒｅｎｔｒｅｇｉｏｎｓｆｒｏｍ１９７１ｔｏ２０００
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２．３　时间序列演变

对我国１９６１—２００８年强降雪量、强降雪日数和

降雪强度分区平均，分析各区平均的强降雪量、强降

雪日数和强降雪强度的逐年演变特征（图略）。

东北北部强降雪量增加趋势明显（达到０．０５显

著性水平），在２０世纪８０年代前以偏少为主，强降

雪量最少的年份为１９７１年；８０年代以后转为偏多，

强降雪量最多年份为２００６年，次多年为１９８０年。

华北地区强降雪量没有明显的年代际变化，但年际

波动较大，强降雪量最少年份为１９６７年，最多为

２００６年。黄淮地区强降雪量阶段性变化比较明显，

有４个偏多期，分别是６０年代后期、８０年代初期、

８０年代末９０年代初期和２１世纪初期，近几年为偏

少时期，强降雪量最多和最少的年份分别为１９８８年

和１９７６年。西北地区的强降雪量在７０年代中期前

以偏少为主，仅１９６５年和１９６６年超过气候平均值，

而１９６６年的强降雪量是分析时段内最多的年份，７０

年代中期以后到８０年代末，强降雪量偏多，９０年代

以来偏少为主，只２０００年和２００６年多于气候平均

值，１９９８年是强雪量最少的年份。新疆强降雪量增

加趋势明显，８０年代中期以前以偏少为主，而分析

时段内强降雪量最多的年份１９６８年和最少的年份

１９６４年都出现在这个偏少的背景里，９０年代中期以

后，强降雪量以偏多为主，２０００年是强降雪量次多

的年份。青藏高原东部强降雪量增加趋势明显，强

降雪量７０年代以前明显偏少，最少年份为１９６４年，

７０年代和８０年代在平均值附近年际变化不大，９０

年代出现了分析时段内降雪量最多的１９９５年，此后

呈波动减少，２００１年后又呈波动增加。

各地区强降雪日数演变曲线与强降雪量演变趋

势和阶段性变化大体一致。东北北部、华北地区强

降雪强度年际和年代际变化均不大，只是在２００６年

华北地区出现１个降雪强度极值。黄淮地区降雪强

度在２０世纪７０年代中期前和８０年代中期到９０年

代中期偏大；７０年代中期到８０年代中期和９０年代

中期以来，强降雪强度偏小。西北地区７０年代中期

以前强降雪强度偏小，８０年代偏大。新疆最强降雪

强度出现在８０年代中期，最小为２００６年。青藏高

原东部强降雪强度８０年代以前波动性较大，８０年

代和９０年代较稳定，２０００年前后的几年较小，近年

略有增加。

２．４　变化趋势

对我国强降雪量、降雪日数和降雪强度进行变

化趋势分析，图４是１９６１—２００８年和１９８１—２００８

年强降雪量、降雪日数和降雪强度的变化趋势系数

空间分布图。趋势系数是要素序列与自然数１，２，

３，…，狀的相差系数，相差系数正负表示要素序列趋

势的增加或减少，该值为正（负）时，表示该要素在狀

年内呈线性增加（减少）的趋势。

　　１９６１—２００８年我国大部分地区强降雪量没有

明显变化趋势，增加趋势较明显地区为黑龙江省东

北部、新疆北部、河西走廊中段和青藏高原东北部

（达到０．０５显著性水平），减少趋势明显地区为河套

平原东南部、松嫩平原西部、燕山山脉西部、山东北

部、长白山区南部；强降雪日数的趋势变化空间分布

与强降雪量变化空间分布基本一致；强降雪强度变

化趋势全国大部均不显著，增加趋势明显地区为柴

达木盆地东北部，减小趋势明显地区为松嫩平原西

部、燕山山脉西部、黄土高原西部。

　　考虑２０世纪８０年代以后全球变暖明显，分析

１９８１—２００８年我国强降雪变化，结果显示从２０世纪

８０年代以来的２８年中，我国大部地区强降雪量无明

显变化趋势，增加较明显地区为新疆西部和北部、呼

伦贝尔草原、长白山脉北部，减小较明显地区为东北

地区中西部、黄河源区南部、河套平原东南部；强降雪

日数变化趋势空间分布与强降雪量基本一致；强降雪

强度变化趋势全国大部不显著，增加趋势明显地区主

要为新疆西部、长白山脉北麓，减小趋势明显地区为

阿尔山西南、黄河源区南部。

我国大范围气候变暖主要发生在２０世纪８０年

代初以后，为了解气候变暖前后我国强降雪事件的

变化，分别分析和比较了全国及各个区域１９６１—

１９８０年和１９８１—２００８年平均强降雪量、强降雪日

数和强降雪强度（表５）。由表５可见，气候变暖后

全国大部年强降雪量增多，强降雪日数增加，强降雪

强度增强。强降雪量增多最大地区为青藏高原东

部，其次为新疆，华北区强降雪量没有增多，反而表

现出减少；强降雪日数增加最多的地区为青藏高原

东部，其次为新疆，华北地区强降雪日数减少；强降

雪强度增强最明显地区为黄准地区，其次为西北地

区，东北北部和华北地区强降雪强度减弱，华北地区

较东北北部减弱更多。
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图４　１９６１—２００８年强降雪量（ａ）、强降雪日数（ｂ）、强降雪强度（ｃ）和

１９８１—２００８年强降雪量（ｄ）、强降雪日数（ｅ）、强降雪强度（ｆ）变化趋势系数空间分布

Ｆｉｇ．４　Ｓｐａｔｉａｌｄｉｓｔｒｉｂｕｔｉｏｎｏｆｔｈｅｉｎｔｅｎｓｅｓｎｏｗｆａｌｌ（ａ），ｔｈｅｎｕｍｂｅｒｏｆｉｎｔｅｎｓｅｓｎｏｗｄａｙｓ（ｂ），

ｉｎｔｅｎｓｅｓｎｏｗｉｎｔｅｎｓｉｔｙ（ｃ）ｃｈａｎｇｅｔｒｅｎｄｓｄｕｒｉｎｇ１９６１—２００８，ａｎｄｔｈｅｉｎｔｅｎｓｅｓｎｏｗｆａｌｌ（ｄ），

ｔｈｅｎｕｍｂｅｒｏｆｉｎｔｅｎｓｅｓｎｏｗｄａｙｓ（ｅ），ｉｎｔｅｎｓｅｓｎｏｗｉｎｔｅｎｓｉｔｙ（ｆ）ｃｈａｎｇｅｔｒｅｎｄｓｄｕｒｉｎｇ１９８１—２００８

表５　１９６１—１９８０年和１９８１—２００８年不同区域平均年强降雪量、

年强降雪日数和年强降雪强度比较

犜犪犫犾犲５　犆狅犿狆犪狉犻狊狅狀狅犳犪狀狀狌犪犾犿犲犪狀犻狀狋犲狀狊犲狊狀狅狑犳犪犾犾犪犿狅狌狀狋狊，狋犺犲狀狌犿犫犲狉狅犳犻狀狋犲狀狊犲狊狀狅狑犱犪狔狊

犪狀犱犻狀狋犲狀狊犲狊狀狅狑犻狀狋犲狀狊犻狋狔犫犲狋狑犲犲狀１９８１—２００８犪狀犱１９６１—１９８０犳狅狉犱犻犳犳犲狉犲狀狋狊狌犫狉犲犵犻狅狀狊

要素 时段 东北北部 华北 黄淮 西北 新疆 青藏高原东部

强降雪量／ｍｍ
１９６１—１９８０年 ９．５ ７．８ ７．０ ４．３ ９．１ １３．０

１９８１—２００８年 １０．９ ７．３ ７．３ ５．０ １１．３ １７．１

强降雪日数／ｄ
１９６１—１９８０年 １．４８ １．０６ ０．８６ ０．８６ １．４２ １．８４

１９８１—２００８年 １．７３ １．０１ ０．８７ ０．９６ １．７２ ２．３５

强降雪强度／（ｍｍ·ｄ－１）
１９６１—１９８０年 ６．４ ７．４ ８．１ ５．０ ６．４ ７．１

１９８１—２００８年 ６．３ ７．２ ８．４ ５．２ ６．６ ７．３

３　结论和讨论

本文利用地面观测站逐日降雪资料，研究了我

国２５°Ｎ以北地区强降雪量、强降雪日数和强降雪

强度的气候空间分布，强降雪量和强降雪日数的月、

旬变化特征，强降雪量、强降雪日数和强降雪强度的

时间演变和空间趋势变化，得到以下主要结论：
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１）我国强降雪量和强降雪日数在青藏高原东

部、新疆和东北北部最多；强降雪强度中心出现在云

南，超过２０ｍｍ·ｄ－１。

２）强降雪量和强降雪日数年内变化基本相近，

东北北部、西北地区、青藏高原东部和新疆等地区双

峰分布特点更清楚，黄淮地区呈单峰型分布，华北地

区则表现出不明显的双峰型，实则属于单峰型与双

峰型之间的过渡类型。

３）１９６１—２００８年我国强降雪量和强降雪日数

在东北北部、新疆、青藏高原东部均呈明显增加趋

势，其他地区变化不明显；强降雪强度各地区均无明

显变化趋势。气候变暖后全国大部年强降雪量增

多，强降雪日数增加，强降雪强度增强。

气象站的降水观测资料是研究强降雪事件气候

特征的基础，因此单站降水观测资料的精度直接影

响计算和分析结果。降雪量是利用符合一定标准的

容器，将收集到的雪融化后测得的量值。由于风对

雨、雪进入雨量器的干扰（动力损失）、雨量器承水器

和储水瓶（筒）内壁对部分降水的吸附湿润损失和降

水停止到观测时刻以及降水间歇期内雨量器储水瓶

（筒）中雨（雪）水的蒸发（蒸发损失），使雨量器的观

测值比实际降水量系统偏小，其中动力损失或风速

导致的偏差最为严重，液态降水时的最大测量误差

值可达实际降水量的１０％，固态降水时更可达

５０％，甚至为１００％
［２７２９］。因此，降雪受近地面风速

影响较大，近些年地面风速减弱明显［３０３２］，对降雪观

测的影响不仅表现在测量值的误差上，还表现为风

速改变，影响到降雪测量误差的改变［３３］。

目前，还没有全国经过降水动力损失误差订正

的日观测资料，因此无法获得真实的雪季日降雪量

和强降雪量估计值。根据最近的区域性研究结果，

降水量或降雪量测量的绝对误差在降水量多的低纬

度地区较大；而相对误差在高纬度地区，特别是内蒙

古东部较大［３３］。考虑降雪测量误差，本文对我国东

北、内蒙古、新疆和青藏高原等地区的多年平均强降

雪量和降雪强度估计结果可能偏低１０％以上，在北

方平均风速较强的春季，强降雪量和降雪强度估计

偏低会更多；文献［３１］指出近地面风速变化呈明显

的减小趋势，本文对强降雪量和降雪强度的气候变

化分析可能增加的趋势偏大，减小的趋势偏小。但

是，由于平均风速减弱引起的降雪测量误差变化，主

要影响降雪和强降雪事件气候变化分析，对本文的

气候特征分析影响很小。
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东亚地区云垂直结构的 CloudSat 卫星观测研究  
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摘  要  本文利用卫星 CloudSat 同时结合了与其同轨道的卫星 CALIPSO（Cloud-Aerosol Lidar and Infrared 
Pathfinder Satellite Observations）2007 至 2009 年 3 年的观测资料，将东亚地区划分为六个研究区域，着重研究了

东亚地区云垂直分布的统计特征。结果表明：东亚地区不同高度的云量之和具有明显的季节变化趋势，夏季最大，

春秋次之，冬季最小。海洋上空的单层云量最大值出现在冬季，而在陆地上空则出现在夏季。从云出现概率来看，

东亚地区单层云出现的概率在春、夏、秋、冬季节依次为 52.2%，48.1%，49.2%和 51.9%，而多层（2 层和 2 层

以上）云出现的概率在春、夏、秋、冬季节分别为 24.2%，31.0%，19.7%，15.8%。云出现的总概率和多层云出

现的概率，在六个区域都呈现出夏季最大，冬季最小；对 4 个季节都呈现出东亚南部比东亚北部大，海洋上空比

陆地上空大的特点，表明云出现的总概率的季节变化主要由多层云出现的概率的变化决定。东亚地区云系统中最

高层云云顶的高度，在夏季最高，为 15.9 km，在冬季最低，为 8.2 km；在东亚南部和海洋上空较高，平均为 15.1 
km；在东亚北部较低，平均为 12.1 km，且呈现东亚南北部之间差异较大的特点。东亚地区云系统的云层厚度基

本位于 1 km 到 3 km 之间，且夏季大，冬季小；对同一季节，不同区域的云层厚度差别较小；当多层云系统中的

云层数目增加时，云层的平均厚度减少，且较高层的云层平均厚度大于较低层的。云层间距的概率分布基本呈单

峰分布，出现峰值范围的云层间距在 1 到 3 km 之间，各区域之间没有明显差别，季节变化也不大。本文的研究

为在气候模式中精确描述云的垂直结构提供了有用的参数化依据。  
关键词  云垂直结构  云量  CloudSat  云观测卫星 
文章编号  1006-9895(2013)01-0091-10         中图分类号  P426        文献标识码  A 
doi:10.3878/j.issn.1006-9895.2012.11188 

 

Analysis of Vertical Structure of Clouds in East Asia with CloudSat Data 
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Abstract  Statistical characteristics of the vertical structure of clouds over East Asia are obtained by dividing the area 
into six regions and analyzing the 2007, 2008, and 2009 datasets from the cloud observing satellite CloudSat and 
Cloud-Aerosol Lidar and Infrared Pathfinder Satellite Observations (CALIPSO). Results indicate that the total cloud 
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amount exhibits a distinct tendency of seasonal change at various altitudes, reaching a maximum in summer and 
minimum in winter. The maximum value of single-layer cloud amount appears in winter above the ocean and in summer 
above land. The frequency of occurrence of single-layer clouds in East Asia is 52.2%, 48.1%, 49.2%, and 51.9% for 
spring, summer, autumn, and winter, respectively; that for multilayer clouds is 24.2%, 31.0%, 19.7%, and 15.8%, 
respectively. For all six regions, the frequency of occurrence for both types of clouds is highest in summer and lowest in 
winter. In all four seasons, cloud frequency in the southern region of East Asia is higher than that in the northern region 
and is greater above the ocean than that above land. These results indicate that variance in the frequency of occurrence for 
total clouds is decided by that of multilayer clouds. Cloud top height of the highest cloud layer in East Asia reaches a 
maximum in summer and minimum in winter at 15.1 km and 8.2 km, respectively. The difference in levels is higher in 
the southern region above the ocean than in the northern region above land at 15.1 km and 12.1 km, respectively. In 
addition, the thickness of the cloud layer ranges from 1 km–3 km and is largest in summer and smallest in winter; little 
difference appears among the regions. Moreover, when the number of cloud layers in the multilayer cloud system 
increases, the mean cloud thickness decreases, and the mean thickness of the higher cloud layer is larger than that of the 
lower. The intervals among cloud layers show single peak distribution with the peak value appearing between 1 km and 3 
km; differences among regions and seasons are minimal. This work supplies useful information for accurate 
parameterization of vertical cloud structures. 
Keywords  Cloud vertical structure, Cloud amount, CloudSat, Cloud observing satellite 

  

1  引言 

到目前为止，云仍然是气候模拟和气候变化研

究中最大的不确定因子之一。首先，云本身在地气

系统辐射平衡中扮演着双重角色，一方面，云将到

达大气层顶的太阳短波辐射反射回太空，对地气系

统起冷却作用，另外一方面，地表受到太阳辐射加

热后放射出的长波辐射又被大气中的云截获，对地

气系统起加热作用；其次云和气溶胶之间的相互作

用导致的直接和间接辐射强迫的气候效应十分明

显，但目前对于此作用的科学理解水平还很低

（Forster et al.，2007）。因此，准确模拟云在气候

变化中的作用是目前大尺度天气气候模式中的难

点和热点问题，而这其中的重点之一是如何准确模

拟云在辐射收支方面的作用及其对气候的影响。对

于云对气候的反馈作用模拟的差异，主要取决于对

云辐射强迫模拟的差异，是导致不同的大气环流模

式之间模拟结果差异的重要原因之一（Cess et al.，
1989，1990）。云的辐射强迫为某一给定大气的净

太阳辐射通量（向下通量减去向上通量）与假定云

不存在时同一大气的净太阳辐射通量之差（石广

玉，2007），其值表征云对于地球气候系统能量收

支平衡的影响，提高对云辐射过程和云的辐射强迫

模拟的准确度成为提高气候模式模拟精度的关键。

国内外在该领域已经开展了多年的研究（Arking，
1991；赵高祥和汪宏七，1994；Wielicki et al.，1995；
刘玉芝等，2007）。由于对于云结构的精确描述目

前仍然是大尺度气候模式中的难点，因此在气候模

式描述云辐射过程中，云的垂直分布的不确定性是

研究云对气候影响的最大障碍之一（Barker et al.，
1999）。地表观测表明，云层常常是重叠的（Wang et 
al.，2000）。多层云的重叠问题对大气和地表的辐

射加热（或冷却）率有很大影响。而云的加热率不

仅影响云的发展，也对大气和地表的辐射收支平衡

产生重要影响（荆现文等，2009；张华和荆现文，

2010）。例如，到达地面的辐射通量在晴空大气环

流模式（General circulation model）之间的差别仅

为几 W m–2，而有云大气在大气环流模式之间的差

别却高达 100 W m–2（Barker et al.，1999）。 
在气候模式中，处理云在垂直方向上的重叠时

采取了不同的假设，如最大重叠，随机重叠以及最

大／随机重叠和指数衰减重叠。而 Liang and Wang
（1997）提出了一个处理多层云重叠的“马赛克”

（MOASAIC）方法，在大气环流模式辐射参数化中

显式地考虑云的垂直相关，结果表明，大气环流模

式对云的垂直重叠的处理非常敏感，与假定随机云

重叠的结果相比，显式处理云相关的大气环流模式

结果具有非常不同的大气辐射加热率分布，所导致

的气候影响非常大：热带和副热带对流层的中高层

大气在全年变暖超过 3℃，两极夜间北半球平流层

变得更暖，最大超过 15℃。 
为了在大气环流模式中给出准确描述云的重

叠的参数化方案，就需要用观测资料提供云的空间

分布特征作为基础和验证。研究表明：云的垂直结
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构（Cloud Vertical Structures）是非常重要的云宏观

特征（Slingo and Slingo，1988；Randall et al.，1989；
Wang and Rossow，1998），这一结构主要包含云层

数目和间距，以及它们的高度分布等。以往的卫星

和地面观测提供的云量垂直分布的信息非常有限

（Wang et al.，2000），而在 2006 年 4 月美国航天

航空局（NASA）成功发射了太阳极轨云观测卫星

CloudSat，其上所搭载的 94 GHz 毫米波云观测雷达

垂直分辨率非常高，为我们研究云的垂直结构提供

了丰富的观测资料。 
CloudSat 资料已经被用于研究东亚地区的云垂

直结构。比如：Luo et al.（2009）采用 14 个月的

CloudSat 观测资料对比分析了东亚地区和印度季风

区的云量和云垂直结构及其季节变化；汪会等

（2011）采用 3 年（2006 年 9 月至 2009 年 8 月）

的 CloudSat 资料进一步对比分析了东亚季风区、印

度季风区、西北太平洋季风区和青藏高原地区的云

量和云垂直结构及其季节变化特征，还进一步分析

了亚洲季风区低云量的分布及其与对流层低层稳

定性的相关。 
本文运用统计的方法，对 CloudSat 卫星观测资

料加以分析和研究，不仅将东亚地区作为一个整体

进行研究，而且将东亚地区分为 5 个子区域分别进

行分析，在 Luo et al.（2009）和汪会等（2011）研

究结果的基础上进一步细化了对东亚地区云的垂

直分布特征的理解，为今后在气候模式中精确描述

该地区云的垂直结构提供一定的参考依据。 

2  卫星观测数据描述与处理 

本文采用了 CloudSat 所搭载的 94 GHz 毫米波

云廓线雷达（CPR）提供的观测资料，分析了 2007～
2009 年 3 年的资料，用 3 月、4 月和 5 月份的平均

结果表征春季，6 月、7 月和 8 月表征夏季，9 月、

10 月和 11 月表征秋季，12 月、1 月和 2 月表征冬

季。CloudSat 卫星是 2006 年 4 月 28 日（UTC）由

美国航天航空管理局（NASA）成功发射入太空的

太阳极轨气象观测卫星，几周后开始获得相关数

据。CloudSat 每根轨道运行时间约为 2 小时，进行

约 37081 次扫描，扫描星下点为 1.1 km（沿轨道运

行方向）×1.3 km（垂直轨道运行方向）的区域，

垂直方向扫描 30 km，并分为厚度为 0.24 km 的 125
层，扫描信息以 1.1 km×1.3 km×0.24 km 的扫描  
格点为单位储存，目前已经反演出多种 2 级产品（参

见 http://www.cloudsat.cira.colostate.edu/cloudsat_doc 
umentation/CloudSat_Data_Users_Handbook.pdf.[20
12-01-09]）。 

 本文工作主要使用了二级产品中 2B-GEOPROF
和 2B-GROPROF-Lidar（参见网站 http://cloudsat. 
cira.colostate.edu/dataSpecs.php.[2012-01-04]），前者

信息来自于 CloudSat 卫星上搭载的 94 GHz 毫米波

雷达，后者信息同时整合了 CloudSat 搭载的毫米波

雷达的信息和与 CloudSat 同轨道，运行时差只有

15 秒的 CALIPSO 卫星搭载的激光雷达的信息，结

合两者可同时发挥毫米波雷达和激光雷达的优点。

在判断扫描格点中是否存在云时，我们用到了

2B-GEOPROF产品中的CPR_Cloud_mask和Radar_ 
Reflectivity 数据以及 2B-GEOPROF-Lidar 中的

CloudFraction 数据。其中，CPR_Cloud_mask 的数

据说明见表 1。而 Radar_Reflectivity 中所含的信息

是雷达的反射率因子的对数表现值，单位是 dBZ，
CPR 的最小可探测信号大约为－30 dBZ；Cloud- 
Fraction 所包含的数据是经过激光雷达订正过的 
扫描格点中存在云的部分的百分比。Luo et al.
（2009）和 Barker（2008a）在各自工作中对于确   
定扫描格点中是否存在云同样使用了上述 3 部分数

据，但是使用了不同的阈值法。前者在满足 Radar_ 
Reflectivity ≥－28 dBZ 的前提下，将扫描格点的信

息整合为厚度为 1 km 的垂直层，假如组成 1 km 的

雷达扫描格点中格点满足 CPR_Cloud_mask≥20，
即认为扫描格点云量为 100%，否则扫描格点的云

量等同于 CloudFraction 的值；后者则在满足

Radar_Reflectivity ≥－30 dBZ 的前提下，采用只有同

时满足 CPR_Cloud_mask≥20 和 CloudFraction≥ 

99%时，才认定该扫描格点云量为 100%，否则云量

为 0。两者比较，前者的方法认为只要 CloudSat 上搭

载的毫米波雷达和 C A L I P S O 搭载的激光雷 

表 1  CPR_Cloud_mask 数据值说明 
Table 1  Values assigned to Cloud_mask Field of CloudSat 
data 

值 含义 

0 没有探测到云 

1 损坏的数据 

5 地面噪音 

5～10 弱探测信号 

20～40 探测到有云存在，值越大，探测越准 
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达二者有其一探测到存在云，就认为扫描格点存在

云，而后者认为只有毫米波雷达和激光雷达同时探

测到云才认为扫描格点存在云，前者会比后者高估

云存在的概率，而本文在两种方法的基础上选取了

折中的阈值法，即，当每个扫描格点的数据满足

Radar_Reflectivity ≥－ 30 dBZ 和 CPR_Cloud_ 
ask≥20；或者 Radar_ Reflectivity≥－30 dBZ 和

CPR_Cloud_mask ≤20 和 CloudFraction ≥99%时，

我们认为该扫描格点有云存在，否则扫描格点无云

存在。 

3  研究方法 

图 1 给出的是本文研究的区域的示意图。我们

研究了图 1 所示的整个东亚地区（记为 Total），同

时因为东亚地区属季风气候，不同区域具有不同的

气候特征。为了比较细致的研究它们之的差别，我

们参照 1995 年版《中国自然地理》（赵济，1995）
中的划分方法，按照图 1 所示将东亚的主要区域划

分为西北地区（以下简称 Nw）、青藏高原区（以下

简称 Tibet）、北方地区（以下简称 North）、南方地

区（以下简称 South）和东部海域（以下简称 E.O）

5 个部分，分别进行研究。综合一共得到 6 个区域

的结果。 
    下面以 Tibet 和 2007 年 1 月为例说明本文的计

算思路。CloudSat 的资料是以轨道为单位储存，因

此本文首先选取出 2007 年 1 月中运行的所有轨道，

接着根据扫描廓线的经纬度依次提取出这些轨道

经过 Tibet 的部分，并将此部分以 50 根廓线为单位

划分为子区域（下文简称子域），然后判断出子域

中的每个扫描格点是否存在云。接着计算出每个子

域内不同高度上存在云的格点数据与这一高度扫

描格点总数（50）的比值，近似的认为此值为该子

域在不同高度上的云量。需要特别说明的是，这里

的近似是因为气候研究中通常定义的云量是指某

一时刻观测到的天空中存在云的面积与天空面积

的比值，是单一时刻的观测量，而由于 CloudSat
每 0.16 秒完成一次单根廓线的扫描，因而将此处由

50 根廓线所组成的子域中存在云的扫描格点与全

部扫描格点的比值近似为云量，也就是将 50 个时

刻观测到的值近似为单个时刻观测到的值，但是由

于完成 50 根廓线的扫描只需要 8 秒钟，因此这里

的近似处理相当于将 8 秒内 50 个时刻的观测数据

近似为只观测了单个时刻，而该单个观测过程需要

8 秒时间。其次，以月为单位计算出经过 Tibet 所有

子域不同高度云量的算术平均值，这一平均值就代

表 Tibet 区域在 2007 年 1 月不同高度上的云量平均

值。然后，我们计算出 2007 年 1 月经过 Tibet 的所

有廓线中单层云和多层云（2 层及 2 层以上）的数

目（廓线中存在云的扫描格点在垂直方向连续的层

数定义为此廓线中的云层的数目），同样以月为单

图 1   研究区域划分示意图 

Fig. 1   The schematic of regional divisions in this work 
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位计算出这些值与扫描廓线总数的比值，这一比值

在本文就代表 Tibet 区域在 2007 年 1 月中的单层云

和多层云的出现概率；最后计算出每个廓线中云层

的云顶/云低高度，同样以月为单位计算出这些值与

扫描廓线总数的比值，这一比值在本文就代表 Tibet
区域在 2007 年 1 月中平均的云顶/底高度最后，计

算出所有区域在 3 年共 36 个月中的平均值之后，再

平均出春夏秋冬 4 个季节的结果，其中春季为 2007
年至 2009 年 3 月、4 月和 5 月共 9 个月的平均值，

夏季为 6、7 和 8 月的平均值，秋季为 9、10 和 11
月的平均值，冬季为 12、1 和 2 月的平均值，同时

计算了每 9 个月平均值组成的集合的标准差。表 2
给出了 6 个区域 4 个季节统计的扫描廓线数。 

表 2  6 个区域 4 个季节统计的扫描廓线数  
Table 2  The number of calculated pixels in 6 regions for 
four seasons 

 Total  Nw  North  South  Tibet   E.O 

春季 5103483 982104 713878 663855 699305 1044010

夏季 5637991 1071109 779817 714631 763817 1170591

秋季 5518669 1055143 779995 713529 744365 1159807

冬季 4888235 911190 676144 617947 650407 994643

 

4  结果分析与讨论 

4.1  云量的垂直分布及其季节变化 
图 2（见文后彩图）分别给出 6 个研究区域 4

个季节不同高度的平均云量，误差棒表示该高度上

的标准差。从垂直方向上云量峰值的季节分布来

看，E.O 区域与其他 5 个以陆地下垫面为主的区域

有着明显的差别，E.O 垂直方向上面云量峰值的最

大值出现在冬季，达到了 0.31，春秋季次之，最小

值出现在夏季，为 0.21；而其他 5 个区域的云量峰

值的最大值都出现在夏季，分别为 Total：0.23；Nw：

0.23；North：0.24；South：0.24；Tibet：0.35。Total
区域、North 区域和 South 区域峰值的最小值都出 
现在秋季，依次为 0.16、0.19 和 0.18；而 Nw 区域

和 Tibet 区域的最小值都出现在冬季，依次为 0.16
和 0.19。从误差棒表示的标准差可以看出，总体而

言，图中所示季节的平均值对于 3 年 9 个月的平均

状态有较好的代表性，但不同区域 9 个月的变化  
幅度各不相同，Tibet、North 和 E.O 变化相对      
比较大，标准差最大值依次达到了 0.1、0.06 和 
0.06，而其他 3 个区域变化较小，标准差分别为

Total：0.03，NW：0.05 和 South：0.04。 
4.2  东亚地区云垂直结构参数的统计 

Wang and Rossow（1998）通过在戈达德空间研

究所（Goddard Institute of Space Studies）的大气环

流模式（GISS GCM）中的 13 个试验，总结出了几

个重要的云垂直结构参数：（1）云是否重叠（即有

无多层云）；（2）多层云系统中云层之间的距离；（3）
最上层云顶位置高度。我们通过对 CloudSat 卫星资

料的分析，统计了东亚地区的上述三个云垂直结构

参数。图 3 分别给出四个季节在 6 个研究区域发生

多层云的平均概率，误差棒同样表示标准差。因为

在统计的过程发现云层数目超过 5 层的概率非常

小，基本在 0.001 左右，因此，图中只给出了存    
在云的总概率和 1 至 4 层云出现的概率。整体而言，

东亚地区单层云出现的概率在春夏秋冬分别为

52.2%、48.1%、49.2%和 51.9%，在冬春季最大，秋

季次之，夏秋最小，而多层（2 层和 2 层以上）云

出现的概率在春夏秋冬分别为 24.2%、31.0%、19.7%
和 15.8%，在夏季最大，春秋季次之，冬季最小，与

出现云的总概率一致，与汪会等（2011）的研究结

果中对东亚季风区的研究结果相符。 
从存在云的总概率来看，4 个季节的区域差异

都一致地呈现出 South 区域最大，春夏秋冬依次为

84.5%、89.3%、81.6%和 78.5%，Total 和 E.O 次之，

而后是 North 区域，最小的是 Nw 区域，春夏秋冬

分别为 70.3%、68.6%、55.5%和 65.6%。反映出南

方地区出现云的概率大，而北方地区则相对较小；

海洋上空出现云的概率大，而陆地上空出现云的概

率小的特点。由于 Tibet 区域的情况比较特殊，夏

季作为热源，加上季风带来的充足水气，存在云的

概率超过了 E.O，仅次于 South 区域，而秋冬季又

小于 E.O 地区和 Total 区域，在春季与两者持平。

比较不同季节之间的差异，除了 Nw 之外的 5 个区

域出现云的总概率都呈现出在夏季最大，春秋季次

之，冬季最小的特征。 
以上结果表明，东亚地区南方的多层云比北方

多，海洋上空的多层云比陆地上空的多；且与之前

的研究（Luo et al.，2009；汪会等，2011）结果相

一致地表现出夏季多云、冬季少云，夏季多云主要

是因为多层云的概率增加所致。 
为了研究整个东亚地区以及 5 个子区域的云层

高度和厚度，对本文得到的 CloudSat 卫星的观测数

据进行统计分析，分别按照 6 个研究区域和 4 个季
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节进行研究，同时，在多层云出现的情况下，再按

照云层出现数目的不同区分，分别计算出不同区

域、不同季节在不同云系统情况下的云顶高度和云

底高度的平均值。图 4（见文后彩图）分别给出整

个东亚地区中 6 个研究区域，1 层云、2 层云、3 层

云和 4 层云系统中各层云的云顶和云底高的平均

值。先看单层云系统的平均云顶高，对比 4 个季节，

Nw 平均云顶高最大值出现在春季，其他 5 个区域

平均云顶高最大值都出现在夏季。夏季的 6 个区域

之间比较，平均云顶最高的区域是 South 区域，为

10.3 km，平均云顶最低的区域是 North 区域，为 7.6 
km；春秋季的平均云顶高低于夏季，春季平均云顶

高位于 Nw 区域的 8.3 km 和 E.O 区域的 8.0 km 之

间；秋季的平均云顶高位于 South 区域的 5.9 km 和

Tibet 区域的 7.4 km 之间，除了 Nw 区域和 Tibet 区
域冬季云顶高略高于秋季外，其他区域的平均云顶

高都是冬季最低；冬季，平均云顶最高的区域是

Nw 区域，为 7.3 km，平均云顶最低的区域是 E.O
区域，为 3.9 km。从云的平均厚度来看，4 个季节

对比，夏季的平均云厚度最大，6 个区域平均厚度

最大的是 South 区域，为 4.6 km，最小的是 Nw 区

域，为 3.0 km；春秋次之，平均厚度的范围分别是

2.6 km 到 3.1 km 之间和 2.1 km 和 3.0 km 之间；冬

季最小，6 个区域平均厚度最大是发生在 Nw 区域

为 2.3 km，平均厚度最小的是 South 区域，为 1.7 km。

对 2 层、3 层和 4 层云系统，最高层云云顶高的平

均值除了个别地区之外，同样是夏季最高，春秋次

之，冬季最小。下面分春夏秋冬四个季节给予具体

描述。对春秋两季，2 层、3 层和 4 层云系统中第

二，第三和第四层云的平均云顶高最大的都是发生

在 South 区域，分别为 11.0 km、12.6 km 和 14.3 km，

和 11.8 km、14.2 km 和 15.4 km，最小的则都是发

生在 North 区域，分别为 9.3 km、10.3 km 和 10.7  
km，和 8.8 km、9.9 km 和 10.7 km。夏季，2 层和 3
层云系统中第二层和第三层云的平均云顶高最大

的都是在 South 区域，分别为 14.2 km 和 15.6 km，

最小的都是在 Nw区域，分别为 10.0 km和 10.8 km；

而 4 层云系统中第四层云的平均云顶高最大的则发

生在 Tibet 区域，为 15.9 km，最小的也是在 Nw 区

域，为 11.4 km。冬季，2 层、3 层和 4 层云系统中

图 3   6 个区域发生多层云的季节平均概率:（a）春季；（b）夏季；（c）秋季；（d）冬季 

Fig. 3   Seasonal averaged probability of multilayer cloud occurrence in six regions: (a) Spring; (b) summer; (c) autumn; (d) winter 
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第二，第三和第四层云的平均云顶高最大的都是发

生在 E.O 区域，分别为 9.4 km、12.2 km 和 13.4 km，

最小的分别发生在 North，North 和 Tibet 区域，值

分别为 8.2 km、9.0 km 和 8.3 km。不同研究区域之

间的差别体现出，位于东亚南部地区和海洋下垫面

上空的云层比较高，而位于东亚北部的云层比较

低，且东亚南北部之间差别比较大。观察云层厚度

的变化，平均云层厚度大部分位于 1 km 到 3 km 之

间，且不同区域的云层厚度差别较小，随季节变化

也不大。一个明显趋势是当多层云系统中的云层数

目增加时，云层的平均厚度减少，验证了 Luo et al.
（2009）对于东亚和南亚地区的研究结论，此外较

高层的云层平均厚度大于较低层的云层平均厚度。 
许多研究表明，多层云系统中云层之间的距离

也是重要的云垂直结构参数之一（Barker，2008a，
2008b），因此，本文对云层的间距参数也进行了分

析。表 3 给出 6 个研究区域 4 个季节不同云系统下

云层间距的平均值。结果表明：东亚地区云层间距

的季节平均值位于 5.7 km 到 1.1 km 之间，同一区

域间距的季节变化不大，秋季和夏季略为偏高，春

季和冬季略为偏低。North 和 Nw 区域的云层间距

最小，South 区域和 E.O 区域云层间距最大，说明

海洋为主的下垫面区域的云层间距大于以陆地为

主的下垫面区域的云层间距，处于较低纬的 South
区域和 E.O 区域的云层间距大于处于较高纬的

North 区域和 Nw 区域的云层间距，另一个明显的

趋势是随着云系统中云层数目的增加，云层间距逐

渐缩小。本文的研究结果表明，6 个区域云层间距

的概率分布基本呈单峰分布，概率峰值出现在

0.08～0.3 之间，且云层数越多，概率越大。出现峰

值范围的云层间距在 1～3 km 之间，各区域之间没

有大的区别，季节的变化也不大，这与李积明等

（2009）的研究结果是一致的。因此，在此只给出

夏季 6 个研究区域 2 层、3 层和 4 层云系统情况下

云层间距的概率分布（见图 5）。 

5  讨论和结论 

   本文利用 CloudSat 提供的 2007~2009 年三整年

的卫星观测资料，详细分析了东亚不同区域云的分

布的统计特征，得出以下结论： 
（1）东亚地区单层云出现的概率在春夏秋冬分

别为 52.2%、48.1%、49.2%和 51.9%，而多层（2
层和 2 层以上）云出现的概率在春夏秋冬分别为

24.2%、31.0%、19.7%和 15.8%。出现单层云的概

率远高于多层云出现的概率。 
（2）东亚地区不同高度的云量之和具有明显的

季节变化趋势：夏季最大，春秋次之，冬季最小。

海洋上空的单层云量最大值出现在冬季，而在陆地

上空则出现在夏季。 
（3）从存在云的总概率的统计结果得出，东亚

表 3  6 个区域 4 个季节不同云系统下云层间距的平均值（单位：km） 
Table 3  The mean values of intervals between cloud layers in different cloud systems in six regions for four seasons (units: km) 

  Nw North South 

  春 夏 秋 冬 春 夏 秋 冬 春 夏 秋 冬 

2LS* L2-L1** 3.45 3.82 3.69 3.26 3.17 3.78 3.28 2.77 4.59 5.56 5.16 2.36 

3LS L2-L1 2.45 2.67 2.74 2.60 2.37 2.47 2.36 2.30 3.02 3.61 3.46 2.75 

 L3-L2 2.46 2.79 2.48 2.05 2.10 2.79 2.19 1.69 3.30 3.58 3.58 4.15 

4LS L2-L1 1.87 1.97 2.07 2.21 1.72 1.82 1.87 1.81 2.14 2.60 2.62 1.87 

 L3-L2 1.97 2.10 2.16 1.80 1.91 1.94 1.52 1.51 2.75 2.78 2.79 2.69 

 L4-L3 1.86 2.20 1.88 1.36 1.62 2.27 1.69 1.13 2.49 2.56 2.63 2.68 

  Tibet E.O Total 

  春 夏 秋 冬 春 夏 秋 冬 春 夏 秋 冬 

2LS L2-L1 3.41 4.96 4.08 3.41 4.23 5.71 4.79 4.35 4.44 5.60 5.08 4.10 

3LS L2-L1 2.39 3.44 2.83 2.21 2.84 3.78 3.68 3.07 3.13 3.88 3.83 3.04 

 L3-L2 2.65 3.53 3.17 2.73 2.90 3.44 2.86 3.48 3.12 3.40 3.31 3.41 

4LS L2-L1 1.95 2.37 2.05 1.47 2.04 2.67 2.39 2.10 2.20 2.79 2.96 2.15 

 L3-L2 2.03 3.08 2.66 1.35 2.31 2.75 2.77 2.73 2.63 2.84 2.96 2.83 

 L4-L3 2.17 2.52 2.30 1.69 2.35 2.55 2.09 2.50 2.39 2.57 2.56 2.50 

*第一列中 2LS、3LS 和 4LS 分别表示两层云、三层云和四层云系统。 

**第二列中 L2-L1、L3-L2 和 L4-L3 分别表示第 2 层云与第 1 层云的间距、第 3 层云与第 2 层云的间距和第 4 层云与第 3 层云的间距。 
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地区具有南方云多，北方云少；海洋上空云多，陆

地上空云少的特点。季节变化表明，夏季存在云的

总概率最大，冬季最小，而存在单层云的概率反而

是夏季最小，春冬季最大，表明云出现的总概率的

变化趋势主要由多层云出现概率的变化趋势决定。 
（4）季节平均的云层高度结果表明：位于东亚

南部地区和海洋下垫面上空的云层比较高，而位于

东亚北部的云层比较低，且东亚南北部之间差别比

较大。观察云层厚度的变化，平均云层厚度大部分

位于 1 km 到 3 km 之间，且不同区域的云层厚度差

别较小。一个明显趋势是当多层云系统中的云层数

目增加时，云层的平均厚度减少，且较高层的云层

平均厚度大于较低层的云层平均厚度。 
（5）分析多层云系统中云层间距的概率分布表

明：出现峰值概率的云层间距在 1～3 km 之间，各

区域之间没有大的区别，季节的变化也不大。而云

图 5   6 个区域夏季的云层间距的分布概率：（a）双层云系统中第二层与第一层云的间距；（b）三层云系统中第二层与第一层云的间距；（c）三层云

系统中第三层与第二层云的间距；（d）四层云系统中第二层与第一层云的间距；（e）四层云系统中第三层与第二层云的间距；（f）四层云系统中第

四层与第三层云的间距 

Fig. 5   The occurrence probability distribution of intervals among cloud layers at summer in six regions: (a) For the intervals between the 1st and 2nd layers in 

two-layer cloud system; (b) for the intervals between the 1st and 2nd layers in three-layer cloud system; (c) for the intervals between the 2nd and 3rd layers in 

three-layer cloud system; (d) for the intervals between the 1st and 2nd layers in four-layer cloud system; (e) for the intervals between the 2nd and 3rd layers in 

four-layer cloud system; (f) for the intervals between the 4th and 3rd layers in four-layer cloud system 
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层间距出现的概率的极大值在 0.8～0.3 之间，且云

层越多，概率越大。 
以上研究结果是本文利用最新发射的云观测

卫星 CloudSat 同时结合了与其同轨道的激光雷达

观测卫星CALIPSO 2007～2009年3年的观测资料，

经过处理和分析得到的。目前其他的观测手段尚无

法获取如此高垂直分辨率的云的结构信息。因此，

本文的结果对于理解东亚地区及其 5 个子区域云的

垂直结构，并在气候模式中精确描述该地区云的结

构提供了可供参考的定量信息，具有十分重要的意

义。 
 
致谢  本文所用的资料来自美国宇航局（NASA）的 CloudSat 项目，
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图 2   6 个区域季节平均的云量随高度的变化:（a）春季；（b）夏季；（c）秋季；（d）冬季 

Fig. 2   Variation of seasonal averaged cloud amount with height in six regions: (a) Spring; (b) summer; (c) autumn; (d) winter 

图 4  4 个季节 6 个区域平均云层高度和厚度:（a）单层云系统；（b）双层云系统；（c）三层云系统；（d）四层云系统  

Fig. 4   The mean level and thickness of clouds in six regions for four seasons: (a) Single-layer cloud system; (b) two-layer cloud system; (c) three-layer cloud 

system; (d) four-layer cloud system 
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广西夏季降水的多时间尺度特征及影响因子

覃志年１）　胡娅敏２
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摘　　要

利用１９５１—２０１１年广西夏季降水站点资料和ＮＣＥＰ／ＮＡＣＲ等多种再分析资料，通过相关分析、经验模态分解、

统计检验分析了广西夏季降水的多时间尺度特征及其影响因子，利用多元线性回归方法对夏季降水进行拟合和预测

试验。结果显示：广西夏季降水具有多时间尺度特征，不同时间尺度对应着环流因子不同时间尺度的分量；在准２年

尺度上，主要影响因子为季风槽、低空急流、高空急流、贝加尔湖高度场、南印度洋东部海温。利用对广西夏季降水影

响显著的环流因子本征模态函数分量和多元线性回归方法拟合夏季降水，相关系数为０．７３，表明广西夏季降水是环

流因子多时间尺度共同作用的结果。利用前期冬季南印度洋东部海温异常本征模态函数作为前兆因子预报广西

夏季降水，６个独立样本检验显示预测与实况趋势一致，该工作可供利用多时间尺度信息进行区域气候预测参考。

关键词：夏季降水；多时间尺度；经验模态分解；本征模态函数

引　言

夏季降水异常会导致区域性干旱或洪涝等自然

灾害发生，因而政府和公众极为关注夏季各地降水

量的预测。广西位于旱涝灾害频发的华南地区，其

夏季降水量占年降水量的４７．５％，开展广西夏季降

水量研究有重要的应用价值。近１０年，很多学者从

降水异常成因、旱涝分布规律与环流特征、客观预报

方法等多方面对广西夏季降水量异常进行预测研

究［１４］，这些研究多基于降水序列本身或平滑后的新

序列进行。而气象要素序列多具有非平稳和非线性

特征，因此需要对其具有的多时间尺度特征进行分

析和再应用，该领域已取得一系列进展，其中经验模

态分解（ｅｍｐｉｒｉｃａｌｍｏｄｅｄｅｃｏｍｐｏｓｉｔｉｏｎ，ＥＭＤ）能有

效提取气象要素序列非平稳和非线性过程中的有用

信息，使其平稳化。ＥＭＤ方法应用范围较广，包括

气温［５１２］、降水［１２１３］、降水日数［１４１５］、波流相互作

用［１６］、季 节 内 振 荡［１７］、海 平 面 高 度［１８］、海 表 温

度［１９２０］、成灾面积［２１２２］等等，首先基于ＥＭＤ方法进

行多时间尺度分离，然后对要素序列进行周期分析

或趋势分析。万仕全等［２３］、邹明玮［２４］、玄兆燕

等［５，２５］和毕硕本等［２６］进一步将该方法应用到预测

研究中，结果表明，经过ＥＭＤ分解后的本征模态函

数主分量有较高的可预测性，它对原序列趋势的预

测有重要指示意义。玄兆燕等［５，２５］采用ＥＭＤ和神

经网络方法相结合对石家庄的气温和降水进行预

测，结果显示：ＥＭＤ方法降低了被预测信号中的非

平稳性，预测精度较直接用神经网络有明显提高。

这些尝试为气候预测开辟了一条有效途径。

已有研究主要是对要素序列尺度分离后，进行

周期和趋势分析，或基于分离后的本征模态函数分

量，采用数理统计方法进行拟合或预测。事实上，深

入了解预测对象的影响因子和影响机制，对于提高

预报对象的准确率更具实际意义，有利于深入认识

造成不同时间尺度气象要素异常的物理机制。本文

２０１２１２０６收到，２０１３０４０２收到再改稿。
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基于ＥＭＤ方法对广西夏季降水进行尺度分离，着

重分析可能引起降水不同时间尺度变化的环流因子

和外强迫因子，并从多时间尺度角度来研究导致广

西夏季降水异常的可能物理机制，建立相应的预测

模型，以提高广西夏季降水的短期气候预测能力。

１　资料和方法

本文所用资料包括广西气候中心提供 的

１９５１—２０１１年夏季（６—８月）广西８８个气象站降水

量资料；ＮＣＥＰ／ＮＣＡＲ１９５１年１月—２０１１年１２月

逐日再分析资料［２７］，水平分辨率为２．５°×２．５°；

ＥＲＳＳＴ．ｖ３（ｅｘｔｅｎｄｅｄｒｅｃｏｎｓｔｒｕｃｔｅｄｓｅａｓｕｒｆａｃｅｔｅ

ｍｐｅｒａｔｕｒｅｓｖｅｒｓｉｏｎ３）１９５１年１月—２０１１年１２月

海温资料，水平分辨率为２°×２°；ＮＯＡＡＣＩＲＥＳ

２０ｔｈｃｅｎｔｕｒｙｒｅａｎａｌｙｓｉｓｖｅｒｓｉｏｎ２１９５１年１月—

２０１０年１２月逐日积雪资料（高斯格点）；ＣＰＣｓｏｉｌ

ｍｏｉｓｔｕｒｅｖｅｒｓｉｏｎ２１９５１年１月—２０１０年１２月逐

月土壤湿度资料，水平分辨率为１°×１°。

此外，根据文章分析需要，采纳已有研究成果和

相关分析等方法定义了几个影响夏季降水的关键环

流因子。包括西太平洋副热带高压（简称副高）脊线

位置［２８］；贝加尔湖阻高强度指数，为４５°～５５°Ｎ，

１１０°～１３０°Ｅ区域５００ｈＰａ平均位势高度；季风槽指

数，为１５°～２０°Ｎ，８０°～９０°Ｅ区域８５０ｈＰａ风场平

均风速；低空急流指数，为１８°～２５°Ｎ，１１０°～１２０°Ｅ

区域８５０ｈＰａ风场平均风速；副高南侧偏东气流指

数为副高南侧 １８°～２５°Ｎ，１１０°～１２０°Ｅ 区域

８５０ｈＰａ风场平均风速；高空急流指数是２０°～

２５°Ｎ，９０°～１１０°Ｅ区域２００ｈＰａ风场平均风速；海

温指数取２０°～３０°Ｓ，９５°～１１０°Ｅ区域平均海表温

度；后６个指数的选取方法见第３章，指数在使用时

均进行了标准化处理，气候值均选取１９８１—２０１０年

平均。

本文采用相关分析、合成分析、功率谱、带通滤

波、突变检验、统计显著性检验、经验正交函数分析

（ＥＯＦ）、ＥＭＤ等方法
［２９］对资料进行处理和多时间

尺度分离。其中ＥＭＤ方法可对非线性非平稳信号

逐级进行平稳化处理，即可将不同周期的波动从原

信号中分离出来，并且该波动是平稳的，不同尺度的

波动被定义成为本征模态函数（Ｉｎｔｒｉｎｓｉｃ Ｍｏｄｅ

Ｆｕｎｃｔｉｏｎ，ＩＭＦ），不同的ＩＭＦ分量是平稳信号，具

有显著的缓变波包特性［２９］。以下分别用ＩＭＦ狀表

示第狀个本征模态函数。

２　广西夏季降水的多时间尺度特征

首先对１９５１—２０１１年广西夏季站点降水资料

进行ＥＯＦ分析，空间第１模态为全区一致型，解释

了总方差的４５．８％，而桂北和桂南地区呈现相反符

号的第２模态仅解释总方差的１０．４％，反映了广西

地区降水变化具有显著的全区一致性特征。将第１

模态对应的时间系数与原降水做相关计算，得到相

关系数为０．９８，因此将广西地区的夏季降水作为一

个整体考虑比较合理。

本文取全区夏季降水的累积距平百分率作为降

水指数，计算方法如下：

犚犼 ＝∑
８８

犻＝１

狉犼犻－珔狉犻

珔狉（ ）
犻

×１００。 （１）

式（１）中，犚犼 为犼年全区累积降水距平百分率；犼为

年份序号，即１９５１，１９５２，……，２０１１，狉犼犻为第犻个站

犼年夏季降水量，珔狉犻 为第犻个站１９８１—２０１０年夏季

平均降水量，犻＝１，２，３，……，８８，共计８８个站。

对１９５１—２０１１年的广西累积降水距平百分率

进行ＥＭＤ分解，得到５个ＩＭＦ分量和１个趋势项，

ＩＭＦ１～ＩＭＦ５各分量通过０．０５显著性水平的周期

分别为２年、７．６年、１２．７年、１９年和３８年，这些周

期与江淮梅雨的２～３年、６～８年、１２～１５年和１８

～２０年周期特征相近
［３０］。其中ＩＭＦ１～ＩＭＦ４分量

方差贡献分别为５５％，１８％，１２％，１２％。计算ＩＭＦ

各分量与原序列相关系数，并利用功率谱进行周期

分析（红噪音标准谱的显著性水平为０．０５），ＩＭＦ１

与原序列相关系数为０．７１，前３个ＩＭＦ分量合成与

原序列相关高达０．９２，即在ＩＭＦ１分量中加入７．６

年和１２．７年周期的ＩＭＦ２和ＩＭＦ３分量，合成效果

更好，多时间尺度合成信息将更接近于原序列。

３　影响广西夏季降水的环流因子和外强迫

信号

　　广西（２２°～２６°Ｎ，１０５°～１１２°Ｅ）为中高纬度环

流和低纬度环流、西太平洋和印度洋水汽输送、东南

季风和西南季风交汇的过渡区，因而广西降水的影

响因子复杂，其中，导致降水异常的直接原因是同期

大气环流异常。分别计算夏季降水与对流层低层

（以８５０ｈＰａ风场为代表）、中层（以５００ｈＰａ高度场
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为代表）和高层（以２００ｈＰａ风场为代表）的相关（图

１），可以看到，降水与８５０ｈＰａ风场的正相关区主要

位于阿拉伯海—孟加拉湾—南海北部的低纬度地

区，与５００ｈＰａ高度场的正相关区主要位于贝加尔

湖附近的中纬度地区，与２００ｈＰａ风场的负相关区

主要位于华南—中南半岛北部的低纬度地区。夏季

８５０ｈＰａ南亚季风槽偏强、孟加拉湾低空急流偏强、

副高南侧的偏东气流偏强，同时５００ｈＰａ贝加尔湖

高度场为正距平，２００ｈＰａ华南上空的东风急流偏

强，则广西夏季降水易偏多；反之亦然。

选取通过０．０５显著性水平的区域平均特征作

为环流因子，主要包括８５０ｈＰａ季风槽区（１５°～

２０°Ｎ，８０°～９０°Ｅ）可表征孟加拉湾水汽输送特征；低

空急流区（１８°～２５°Ｎ，１１０°～１２０°Ｅ）可表征华南水

汽输送特征；副高南侧偏东气流区（１８°～２５°Ｎ，１１０°

～１２０°Ｅ）可表征西太平洋水汽输送特征；５００ｈＰａ

贝加尔湖阻塞高压区（４５°～５５°Ｎ，１１０°～１３０°Ｅ）可

表征中纬度环流经向度及冷空气活动条件；２００ｈＰａ

华南高空急流区（２０°～２５°Ｎ，９０°～１１０°Ｅ）可表征对

流层辐合系统的深厚性。

图１　广西夏季降水与同期８５０ｈＰａ风场（ａ）、５００ｈＰａ高度场（ｂ）、２００ｈＰａ风场（ｃ）和２月海温（ｄ）的相关分布

（阴影区显示达到０．０５显著性水平）

Ｆｉｇ．１　ＴｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓｏｆＧｕａｎｇｘｉｓｕｍｍｅｒｐｒｅｃｉｐｉｔａｔｉｏｎｔｏ

８５０ｈＰａｗｉｎｄｆｉｅｌｄ（ａ），５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔ（ｂ），２００ｈＰａｗｉｎｄｆｉｅｌｄ（ｃ）

ａｎｄＳＳＴｉｎＦｅｂｒｕａｒｙ（ｄ）（ｔｈｅｓｈａｄｅｄｄｅｎｏｔｅｓｐａｓｓｉｎｇｔｈｅｔｅｓｔｏｆ０．０５ｌｅｖｅｌ）

　　降水除受到大气环流变率的直接影响外，外强

迫因子的变化也会造成大气环流和降水异常。分别

计算广西夏季降水指数与前期冬春季及同期夏季海

温、土壤湿度、青藏高原积雪等的相关，寻找影响广

西夏季降水的前兆信号。

广西夏季降水与前期２月海温相关场中，在南

印度洋东部、澳大利亚西部海域呈显著负相关（图

１ｄ），根据文献［３１］可知，春季南半球中纬度印度洋

区域海温偏低，南半球马斯克林高压和澳大利亚高

压环流增强，会导致南半球越赤道气流加强，南亚夏

季风增强，水汽输送增强，从而有利于广西降水偏

多。选择通过０．０５显著性水平检验的相关区（３０°

～２０°Ｓ，９５°～１１０°Ｅ）作为海温指数。

广西夏季降水与前期春季（３～５月）华南地区

土壤湿度为负相关，但未通过显著性检验，与夏季（６

～８月）土壤湿度为正相关，通过显著性检验（图
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略）。这说明春季土壤湿度对夏季降水的影响比较

复杂，而夏季降水偏多与土壤偏湿的关系很明显，因

此土壤湿度很难作为广西夏季降水异常的先兆信

号。

广西夏季降水与上一年１２月青藏高原雪盖为

负相关，但未通过显著性检验。与欧亚中纬度局部

地区雪盖呈弱正相关（图略），研究指出［３２］：冬季欧

亚积雪异常偏多时，副热带高压脊线北跳偏迟，广西

地区６月处在副热带高压北侧，易多雨；７月受副热

带高压脊控制，易少雨；８月副热带高压北跳，又处

于其南侧，受季风槽和热带辐合带影响，局地易有洪

涝。但本文的相关分析显示积雪异常信号并未通过

显著性检验，说明积雪对广西夏季降水的影响还存

在较大不确定性。

初步分析表明，由于积雪、土壤湿度和热带太平

洋海温异常对广西夏季降水异常影响不显著，而南

印度洋东部海温异常的影响比较显著，因此可利用

该区域海温信息作为预测因子进行应用分析。

４　广西夏季降水和影响因子的多时间尺度

特征

４．１　年代际尺度特征

对广西夏季降水距平百分率采用滑动狋检验、

ＭａｎｎＫｅｎｄａｌｌ方法和 Ｙａｍａｍｏｔｏ方法进行突变检

验，得到广西夏季降水在２０世纪８０年代初、９０年

代初分别发生１次突变。选取１９８３—１９９２年作为

广西夏季降水偏少期，１９９３—２００２年为降水偏多

期，两者相减得到广西夏季降水的年代际变化［３３３４］

信息。

多雨期与少雨期夏季５００ｈＰａ高度场差值图

（图２ａ）表明，在欧亚中高纬度地区为西低东高形势，

图２　多雨期与少雨期夏季５００ｈＰａ位势高度场（单位：ｄａｇｐｍ）（ａ）、８５０ｈＰａ风场（ｂ）、

２００ｈＰａ风场（ｃ）、２月海温场（单位：℃）（ｄ）差值距平（阴影区表示达到０．０５显著性水平）

Ｆｉｇ．２　Ｔｈｅｄｉｆｆｅｒｅｎｃｅｂｅｔｗｅｅｎｔｈｅｒｉｃｈｒａｉｎｐｅｒｉｏｄａｎｄｔｈｅｐｏｏｒｒａｉｎｐｅｒｉｏｄｉｎｓｕｍｍｅｒｆｏｒ

５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔ（ｕｎｉｔ：ｄａｇｐｍ）（ａ），８５０ｈＰａｗｉｎｄｆｉｅｌｄ（ｂ），２００ｈＰａｗｉｎｄｆｉｅｌｄ（ｃ）

ａｎｄＳＳＴｉｎＦｅｂｒｕａｒｙ（ｕｎｉｔ：℃）（ｔｈｅｓｈａｄｅｄｄｅｎｏｔｅｓｐａｓｓｉｎｇｔｈｅｔｅｓｔｏｆ０．０５ｌｅｖｅｌ）
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在乌拉尔山地区为深槽，贝加尔湖地区为强高压控

制，这种环流型有利于冷空气在乌拉尔山堆积，同时

贝加尔湖阻塞高压易导致西风带气流分支，副热带

锋区南压，在８５０ｈＰａ风场中（图２ｂ），广西上空为

气旋式辐合区，来自于南海和中南半岛的水汽输送

路径清晰；在２００ｈＰａ风场中（图２ｃ），广西处于青藏

高原东部到西南气旋式辐合区的东南部，与低层的

西南水汽输送路径一致，表现出相当正压结构，这种

配置有利于广西夏季降水偏多。

　　多雨期与少雨期海温差值场表现为２月和春季

（图略）赤道中东太平洋和南印度洋东部海温偏低，

而我国东部沿海地区、菲律宾以南的热带西太平洋

地区海温偏高。已有研究表明［３５３６］，菲律宾地区海

温偏高，对流偏强，有利于夏季副高北跳偏早，江淮

降水偏少；而菲律宾以南对流偏强时，副高偏南偏

西，有利于长江以南降水偏多，而广西受副高引导的

西太平洋水汽条件的影响，夏季降水易处于偏多期。

４．２　年际尺度特征

计算广西夏季降水距平的标准化值，选取１个

标准差作为多雨年和少雨年的标准，则多雨年有

１９９３，１９９４，１９９８，２００１，２００２，２００８年，少雨年有

１９８３，１９８４，１９８５，１９８９，１９９０，１９９２年，选取年份与

文献［３１］一致。用多雨年降水量减去少雨年降水

量，得到降水的年际变化［３３３４］信息，分析多雨年和少

雨年差值的环流合成。

５００ｈＰａ差值合成距平图（图３ａ）显示，在中高

图３　多雨年与少雨年年际尺度大气环流和外强迫距平分布场（阴影区表示达到０．０５显著性水平）

（ａ）夏季５００ｈＰａ高度场（单位：ｇｐｍ），（ｂ）夏季８５０ｈＰａ风场，

（ｃ）夏季２００ｈＰａ风场，（ｄ）２月海温场（单位：℃）

Ｆｉｇ．３　ＴｈｅｃｉｒｃｕｌａｔｉｏｎａｎｄＳＳＴａｎｏｍａｌｙｆｉｅｌｄｓｂｅｔｗｅｅｎｔｈｅｒｉｃｈｒａｉｎｙｅａｒａｎｄｔｈｅｐｏｏｒｒａｉｎｙｅａｒｆｏｒ

５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔ（ｕｎｉｔ：ｇｐｍ）（ａ），８５０ｈＰａｗｉｎｄｆｉｅｌｄ（ｂ），２００ｈＰａｗｉｎｄｆｉｅｌｄ（ｃ），

ＳＳＴｉｎＦｅｂｒｕａｒｙ（ｕｎｉｔ：℃）（ｄ）（ｔｈｅｓｈａｄｅｄｄｅｎｏｔｅｓｐａｓｓｉｎｇｔｈｅｔｅｓｔｏｆ０．０５ｌｅｖｅｌ）
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纬度地区乌拉尔山为负距平，贝加尔湖地区为正距

平，多雨年为西低东高分布，贝加尔湖以南的大范围

地区达到０．０５显著性水平，表明贝加尔湖地区位势

高度场偏强，阻止了冷空气东移，有利于冷空气在乌

拉尔山堆积，中高纬度地区以经向型分布为主，冷空

气易南下影响广西。由８５０ｈＰａ水平风场（图３ｂ）

可知，广西上空为气旋式环流，其东南侧为强西南风

距平，孟加拉湾地区为异常反气旋性环流，其东侧为

偏南风分量。西太平洋为反气旋式环流，有利于副

高西伸加强。对应的２００ｈＰａ风场（图３ｃ），青藏高

原东部至华南为显著的气旋式环流，广西处于气旋

环流的东南侧，西南风偏强。高、中、低层的这种环

流配置有利于广西夏季降水偏多，而少雨年的几个

关键环流系统配置相反。

由多雨年与少雨年的春季海温差值场（图３ｄ）

可知，在热带太平洋没有显著的信息，在我国东部近

海地区为正距平，南印度洋东部为显著负距平。这

说明ＥＮＳＯ的年际变化对广西夏季降水的影响较

为复杂，印度洋可能存在较显著的年际先兆信号。

４．３　年际和年代际时间尺度影响因子的异同

对比图２与图３可知，引起广西夏季降水异常

的年际信号和年代际信号在８５０ｈＰａ和２００ｈＰａ风

场的关键环流区域比较一致，季风槽指数、低空急流

指数、副高南侧偏东气流指数等的年际和年代际尺

度信息接近。５００ｈＰａ高度场上，贝加尔湖阻塞高

压强度指数和副高脊线位置的年际和年代际尺度的

环流分布型略有差异，主要表现在年际信号更显著。

海温的年际信号和年代际信号呈现明显不同的特

征，年代际显著信号在西太平洋暖池区，而年际显著

信号在南印度洋东部地区。

上面从年际和年代际尺度初步分析了广西夏季

降水异常所对应的环流和外强迫信号，这些因子在

不同尺度上对广西夏季降水异常的相对贡献有待研

究，因此挑选与广西夏季降水相关关系达到０．０５显

著性水平的指数（表１）进行分析。另外增加了实际

业务中经常使用的西太平洋副热带高压脊线［２８］指

数。首先对夏季降水和各指数进行２～９年和１０～

３０年带通滤波，然后计算相关系数，分析它们在年

际及年代际尺度上的关联性。可以看出，无论年际

尺度还是年代际尺度，有些因子的相关值并不是很

高，甚至低于原序列，说明仅有年际和年代际尺度信

息还不足以解释广西夏季降水异常。

表１　各指数与广西夏季降水量的相关系数

犜犪犫犾犲１　犜犺犲犮狅狉狉犲犾犪狋犻狅狀犮狅犲犳犳犻犮犻犲狀狋狊犫犲狋狑犲犲狀犲犪犮犺犻狀犱犲狓犪狀犱犌狌犪狀犵狓犻狊狌犿犿犲狉狆狉犲犮犻狆犻狋犪狋犻狅狀

指数 原始资料 年际相关 年代际相关

季风槽指数 ０．３１ ０．５５ ０．３５

低空急流指数 ０．４１ ０．４９ ０．５４

副高南侧偏东气流指数 －０．３１ －０．２４ －０．２４

贝加尔湖阻塞高压强度指数 ０．３０ ０．２１ ０．１５

西太平洋副热带高压脊线指数 －０．１４ －０．５２ －０．４７

高空急流指数 －０．４１ －０．５３ －０．６７

海温指数 －０．３４ －０．２４ －０．３４

　　　　　　　　　注：若相关系数绝对值大于０．２５，表明该相关超过０．０５显著性水平。下同。

４．４　广西夏季降水影响因子的多时间尺度特征

上面分析指出仅保留影响因子的年际和年代际

信号还不足以代表影响广西夏季降水异常信息，这

里利用ＥＭＤ方法对６种夏季环流指数和２月海温

指数进行展开，进而分析各指数的ＩＭＦ分量与夏季

降水各ＩＭＦ分量间的关系。计算得到多数指数的

ＩＭＦ１均有２～４年周期振荡，这与占方差贡献５０％

以上的夏季降水的高频振荡相一致，广西夏季降水

中第２到第４本征模态与这些指数的同一尺度的模

态有着相近的周期（５～８年、９～１３年和１９年）。因

此，广西夏季降水可能受到这些指数多尺度振荡的

影响。

为了进一步探讨各因子与广西夏季降水在多时

间尺度上的关系，分别计算各指数的ＩＭＦ分量与降

水ＩＭＦ分量的相关系数，并将达到０．０５显著性水

平的高相关因子分量列于表２，选取方差贡献达

１０％以上的ＩＭＦ１～ＩＭＦ４进行分析。

　　影响夏季降水第１个本征模态（ＩＭＦ１）变化的

因子较多，与８５０ｈＰａ的季风槽、低空急流和５００ｈＰａ

贝加尔湖阻塞高压呈显著正相关，与２００ｈＰａ高空

急流、副高南侧气流和东印度洋海温呈负相关，同期

５个环流因子的合成与夏季降水的ＩＭＦ１的相关系

数为０．６４，这说明夏季降水的ＩＭＦ１在同期受到多

种指数相同或相近尺度信息的影响。对比５种环流
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指数ＩＭＦ１分量合成与夏季降水的ＩＭＦ１分量（图

４ａ），两者大致吻合。因此，造成夏季降水高频（即主

频）变化的直接因子可能是８５０ｈＰａ的季风槽、低空

急流、副高南侧偏东气流和５００ｈＰａ贝加尔湖阻塞

高压强度，以及２００ｈＰａ高空急流的高频振荡。即

夏季８５０ｈＰａ季风槽、低空急流和副高南侧的偏东

气流偏强（弱），５００ｈＰａ贝加尔湖阻塞高压偏强

（弱），２００ｈＰａ华南上空的东风急流偏强（弱），广西

夏季降水易偏多（少），与４．２节的环流分析一致。

另外，若春季南印度洋东部海温偏高，有利于夏季广

西降水偏多，这可能与该处海温异常对越赤道气流

强弱的影响有关。

表２　各指数的犐犕犉１～犐犕犉４分量与广西夏季降水相应犐犕犉分量的相关系数

犜犪犫犾犲２　犜犺犲犮狅狉狉犲犾犪狋犻狅狀犮狅犲犳犳犻犮犻犲狀狋狊犫犲狋狑犲犲狀犐犕犉犮狅犿狆狅狀犲狀狋狊

狅犳犲犪犮犺犻狀犱犲狓犪狀犱狋犺犪狋狅犳犌狌犪狀犵狓犻狊狌犿犿犲狉狆狉犲犮犻狆犻狋犪狋犻狅狀

指数 ＩＭＦ１ ＩＭＦ２ ＩＭＦ３ ＩＭＦ４

季风槽指数 ０．３３ ０．５０

低空急流指数 ０．４９ ０．５７

副高南侧偏东气流指数 －０．３２ －０．４９ －０．４７

贝加尔湖阻塞高压强度指数 ０．３４

西太平洋副热带高压脊线指数 ０．３３

高空急流指数 －０．２５ －０．３９ －０．７７

海温指数 －０．２８ －０．４９ －０．４３

图４　广西夏季降水ＩＭＦ１（ａ），ＩＭＦ２（ｂ），ＩＭＦ（３），ＩＭＦ４（ｄ）分量（实线）与

各显著影响环流因子ＩＭＦ分量合成（虚线）对比

Ｆｉｇ．４　ＴｈｅｃｏｍｐａｒｉｓｏｎｓｂｅｔｗｅｅｎＩＭＦ１（ａ），ＩＭＦ２（ｂ），ＩＭＦ３（ｃ），ＩＭＦ４（ｄ）ｏｆＧｕａｎｇｘｉｓｕｍｍｅｒ

ｐｒｅｃｉｐｉｔａｔｉｏｎ（ｓｏｌｉｄｌｉｎｅ）ａｎｄｔｈｅｉｒｐｒｏｍｉｎｅｎｔｉｎｄｅｘ（ｄａｓｈｅｄｌｉｎｅ）

　　影响夏季降水第２本征模态ＩＭＦ２变化的因子

主要为副高脊线的ＩＭＦ２（图４ｂ）。而副高脊线原序

列与夏季降水原序列的相关系数仅为－０．１４，这说

明副高脊线的ＩＭＦ２分量对夏季降水的ＩＭＦ２分量

有较大影响，其ＩＭＦ１和ＩＭＦ３与夏季降水相应的

ＩＭＦ分量周期变化并不同步。表明在６～８年的时

间尺度上，夏季副高脊线偏北（南），广西夏季降水易

偏多（少）。

影响夏季降水第３本征模态ＩＭＦ３变化的因子

有副高南侧偏东气流、高空急流和南印度洋东部海

温，这说明夏季降水的ＩＭＦ３分量主要受到同期高

空急流和８５０ｈＰａ副高南侧气流的ＩＭＦ３调制，两
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者相关系数达－０．５５。图４ｃ是副高南侧偏东气流

和高空急流的ＩＭＦ３合成与夏季降水的ＩＭＦ３分量

对比图，可见两者呈反位相关系，尤其是在２０世纪

７０年代初以前和８０代年末至２１世纪初的反位相

关系非常明显。这表明夏季高层东风急流和低层副

高南侧偏东气流偏强（弱）时，广西夏季降水易偏多

（少）。另外，春季南印度洋东部海温的偏低，有利于

后期广西夏季降水偏多，这与４．１节的年代际尺度

分析一致。

影响广西夏季降水第４个本征模态ＩＭＦ４变化

的因子主要有季风槽、低空急流、副高南侧偏东气

流、高空急流和南印度洋东部海温，其中同期环流因

子合成的相关系数均超过０．４５。图４ｄ是４种环流

指数ＩＭＦ４分量合成与夏季降水ＩＭＦ４的对比，二

者位相上基本吻合，但量值有差异。表示在准２０年

尺度上，夏季季风槽、低空急流和副高南侧偏东气流

偏强（弱），华南上空的东风急流偏强（弱），有利于广

西夏季降水偏多（少）。印度洋海温信号也表现出对

降水的显著影响。

上述分析显示，增加６～８年、准２０年尺度信息

使广西夏季降水异常的影响因子信息更加全面，各

时间尺度上影响因子的ＩＭＦ分量拟合更接近于降

水序列的分量。

５　利用影响因子对广西夏季降水的预测试验

　　利用环流指数的ＩＭＦ分量和多元线性回归方

程，进行广西夏季降水的拟合和预测试验（所有变量

进行了标准化处理），拟合降水和实况的复相关系数

达到０．７３，夏季降水的线性回归方程为

犢 ＝－０．０４＋０．２０犡１１＋０．４５犡２１－０．１０犡３１＋　

０．３９犡４１－０．０４犡５１＋０．０７犡６２－

０．３４犡３３－０．８９犡５３－０．３１犡１４－

０．１８犡２４－１．６５犡３４－０．８４犡５４。 （２）

其中，犡１狀表示季风槽指数ＩＭＦ狀分量的贡献，犡２狀表

示低空急流指数ＩＭＦ狀分量的贡献，犡３狀表示副高南

侧偏东气流指数ＩＭＦ狀分量的贡献，犡４狀表示贝加尔

湖阻塞高压强度指数ＩＭＦ狀分量的贡献，犡５狀表示高

空急流指数ＩＭＦ狀分量的贡献，犡６狀表示副高脊线指

数ＩＭＦ狀分量的贡献。

在０．０５显著性水平下，分子自由度为１２，分母

自由度为４８时，犉０．０５＝１．９２，统计量值
［３７］犉＝４．６１

＞犉０．０５，上述回归方程是显著的。拟合值与实况值

非常吻合（图５），说明这些因子是通过多时间尺度

的叠加影响广西夏季降水。分别计算广西夏季降水

与各影响因子的偏相关系数，达到０．０５显著性水平

的偏相关因子有低空急流指数ＩＭＦ１分量（相关系

数为０．４５）、贝加尔湖阻塞高压强度指数ＩＭＦ１分量

（相关系数为０．３７）、季风槽指数ＩＭＦ１分量（相关

系数为０．２５）、高空急流指数ＩＭＦ３分量（相关系数

为－０．４２），高空急流指数ＩＭＦ４分量（相关系数为

－０．３５），说明 ８５０ｈＰａ的低空急流、季风槽和

５００ｈＰａ贝加尔湖阻塞高压的准２年周期影响以及

高空急流的年代际变化对夏季降水的影响更为显

著。该方程表明所选同期环流因子对广西夏季降水

有显著影响。

图５　采用环流指数因子的ＩＭＦ分量的线性回归

拟合值（虚线）与广西夏季降水（实线）的对比

Ｆｉｇ．５　Ｔｈｅｆｉｔｎｅｓｓｖａｌｕｅｆｒｏｍｔｈｅｌｉｎｅａｒｒｅｇｒｅｓｓｉｏｎ

ｏｆＩＭＦｃｏｍｐｏｎｅｎｔｓｆｒｏｍｄｉｆｆｅｒｅｎｔｉｎｄｅｘｅｓ

（ｄａｓｈｅｄｌｉｎｅ）ａｎｄＧｕａｎｇｘｉｓｕｍｍｅｒｒａｉｎｆａｌｌ（ｓｏｌｉｄｌｉｎｅ）

　　此外，利用前期２月南印度洋东部海温指数来

构建广西夏季降水的预测模型，采用海温指数的

ＩＭＦ１～ＩＭＦ４分量与广西夏季降水建立（狀＝５５）多

元线性回归方程，其复相关系数为０．４３，广西夏季

降水预测的线性回归方程为

犢 ＝－０．５２－７．５３犡１－１０．８１犡２－

３７．９２犡３－３．０２犡４。 （３）

式（３）中，犡１～犡４ 分别代表海温指数的ＩＭＦ１～

ＩＭＦ４分量的贡献。在０．０５显著性水平下，分子自

由度为４，分母自由度为５０时，统计量值
［３７］犉＞

犉０．０５，上述回归方程是显著的（图６），拟合与实况非

常吻合。利用该方程对２００６—２０１１年夏季降水进

行了独立样本检验，２００６—２０１１年的预测值（标准

化后）分别为１８．９，－４．９，３．３，－３．９，－１１．９，

－２８．８；而相应的实况值（标准化后）为１２．９，－９．３，

２３．４，－１２，－３，－３０．４。即近６年的预测结果与实

况同号率完全一致，可见在多时间尺度上，南印度洋
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图６　采用海温指数因子的ＩＭＦ分量线性回归

拟合值（虚线）与广西夏季降水（实线）的对比

Ｆｉｇ．６　Ｔｈｅｆｉｔｎｅｓｓｖａｌｕｅｆｒｏｍｔｈｅｌｉｎｅａｒｒｅｇｒｅｓｓｉｏｎ

ｏｆＳＳＴＩＭＦｃｏｍｐｏｎｅｎｔｓ（ｄａｓｈｅｄｌｉｎｅ）ａｎｄＧｕａｎｇｘｉ

ｓｕｍｍｅｒｒａｉｎｆａｌｌ（ｓｏｌｉｄｌｉｎｅ）

东部海温因子可以作为一个显著的前兆信号预测广

西夏季降水。

６　结论和讨论

本文利用广西站点资料和多种再分析格点资

料，从年际和年代际尺度出发，获得影响广西夏季降

水异常的７个关键指数，由于它们无法从两个时间

尺度诠释造成降水异常的全部信息，进而采用ＥＭＤ

方法对指数进行尺度分离，从多时间尺度的角度分

析了影响广西夏季降水的主要环流因子和外强迫因

子，并尝试利用影响因子的本征模态函数进行广西

夏季降水的拟合和预测试验。主要结论如下：

１）广西夏季降水表现为准２年、７．６年、１２．７

年、１９年和３８年的周期特征，即广西夏季降水表现

出多时间尺度的特征。

２）在年际和年代际尺度上，影响广西夏季降水

异常的环流型比较一致，即夏季８５０ｈＰａ季风槽、低

空急流和副高南侧的偏东气流偏强（弱），５００ｈＰａ

贝加尔湖阻塞高压偏强（弱），副高脊线偏北（南），

２００ｈＰａ华南上空的东风急流偏强（弱）时，广西夏

季降水易偏多（少）。前期海温异常信号在年际尺度

上位于冬季南印度洋东部，在年代际尺度上位于菲

律宾以南的西太平洋暖池区。

３）影响因子的年际和年代际尺度信息不能解

释广西夏季降水异常的全部，对影响因子的进行

ＥＭＤ分解显示各因子的本征模态函数（ＩＭＦ）在不

同时间尺度上影响广西夏季降水，影响因子的多时

间尺度特征分析有利于理解造成降水异常的因子分

量来源。

４）用影响夏季降水的同期环流因子对应的

ＩＭＦ分量和多元线性回归方程拟合夏季降水，拟合

和实况夏季降水的复相关系数高达０．７３，说明夏季

降水确实受到多种因子的多时间尺度的共同影响。

用前期冬季南印度洋东部海温的ＩＭＦ分量和多元

线性回归方法构建广西夏季降水的预测模型，对

２００６—２０１１年的独立样本检验表明：预测模型的同

号率达１００％，说明南印度洋东部海温因子可以作

为广西夏季降水预测的前兆信号。

本文利用ＥＭＤ方法从多时间尺度角度寻找了

影响广西夏季降水的同期环流因子及前期外强迫因

子，并分析引起降水异常的环流配置。该工作仅为

初步诊断分析，还需深入研究广西夏季降水的影响

因子的物理演变过程及其对外强迫的响应机制，此

外，可以利用动力气候模式对环流预测的高技巧信

息［３８３９］，从动力与统计相结合的角度［４０４２］进一步提

高夏季降水预测能力。利用印度洋海温指数的预测

试验也只是单因子影响结果，而实际大气受到多因

子非线性的作用，因此预测模型也需进一步完善。

致　谢：感谢国家气候中心刘芸芸高级工程师提供西太平洋

副热带高压监测资料。
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ABSTRACT

The El Ni~no–Southern Oscillation (ENSO) tends to behave arguably as two different ‘‘types’’ or ‘‘flavors’’

in recent decades. One is the canonical cold-tongue-type ENSO with major sea surface temperature anom-

alies (SSTA) positioned over the eastern Pacific. The other is a warm-pool-type ENSOwith SSTA centered in

the central Pacific near the edge of the warm pool. In this study, the basic features and main feedback pro-

cesses of these two types of ENSO are examined. It is shown that the interannual variability of upper-ocean

heat content exhibits recharge–discharge processes throughout the life cycles of both the cold tongue (CT)

and warm pool (WP) ENSO types. Through a heat budget analysis with focus on the interannual frequency

band, the authors further demonstrate that the thermocline feedback plays a dominant role in contributing to

the growth and phase transitions of both ENSO types, whereas the zonal advective feedback contributes

mainly to their phase transitions. The westward shift of the SSTA center of the WP ENSO and the presence

of significant surface easterly wind anomalies over the far eastern equatorial Pacific during its mature warm

phase are the two main factors that lead to a reduced positive feedback for the eastern Pacific SSTA.

Nevertheless, both the WP and CT ENSO can be understood to a large extent by the recharge oscillator

mechanism.

1. Introduction

The phenomena of El Ni~no–Southern Oscillation

(ENSO) are recognized to play a crucial role in global

climate variability (Rasmusson and Carpenter 1982;

Ropelewski and Halpert 1987; Mason and Goddard

2001). In general, the canonical El Ni~no has its major

center of sea surface temperatures anomalies (SSTAs)

in the equatorial Pacific cold-tongue (CT) region. Re-

cently, a number of studies reported that, in addition to

this canonical El Ni~no type, a different type of El Ni~no

with its major SSTA center shifted to the central Pacific

by the warm-pool (WP) edge region, is becoming a com-

mon occurrence during the past 20 years (Larkin and

Harrison 2005a,b; Ashok et al. 2007; Kao and Yu 2009;

Kug et al. 2009). There is evidence that this ENSO type

may emerge even more frequently in a warming climate

as projected by the Intergovernmental Panel on Climate

Change (IPCC) Fourth Assessment Report (AR4) sim-

ulations (Yeh et al. 2009). This El Ni~no type is accom-

panied by a distinct tropical atmospheric circulation

pattern (Ashok and Yamagata 2009) and exhibits signif-

icantly different global climate impacts compared to CT

El Ni~nos through tropical–extratropical teleconnections

(e.g., Weng et al. 2007, 2009; Kim et al. 2009; Zhang et al.

2011, 2012). So far, various definitions and nomencla-

tures, such as date line El Ni~no (Larkin and Harrison

2005a,b), El Ni~no Modoki (Ashok et al. 2007), central

Pacific ENSO (Kao and Yu 2009; Yeh et al. 2009), and

WPEl Ni~no (Kug et al. 2009; Ren and Jin 2011, hereafter

RJ11), have been given to this type of ENSO. We adopt

the terminology of WP and CT El Ni~no/ENSO in this

study to highlight the fact that the WP and CT ENSO

SSTAs overlay over very different climatological back-

ground sea surface temperatures.

A number of attempts have beenmade to examine the

dynamical processes responsible for the generation and
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maintenance of theWPEl Ni~no type. Ashok et al. (2007)

stressed the important role of wind-induced tropical

Pacific thermocline variability in the evolution of WP

El Ni~no events. Kug et al. (2009) accentuated that the

zonal-current-driven advective feedback plays a key role

in the developing phase of theWPEl Ni~no type, whereas

the thermocline feedbackmay be of less importance. Kao

andYu (2009) reported that phase reversal signatures are

unclear for WP El Ni~nos, whereas Yu et al. (2009, 2010)

emphasized initial extratropical triggers or preconditions

for the generation of theWP-type ENSO events. Further,

Yu and Kim (2010a) suggested that there are three pos-

sible phase transition pathways for this El Ni~no type

under different preconditions. However, most WP El

Ni~no events occurred in the early 1990s and in the 2000s

when the tropical Pacific decadal variability was in

warmphases. This decadalmodulation of the background

statemight have interfered, to some extent, with the basic

characteristics of the WP ENSO in all previous studies.

Kug et al. (2010), based on model output analyses, in-

dicated that the dynamical feedbacks may not be crucial

for the phase transition of the WP El Ni~no owing to

a weak discharge of equatorial heat content so that a

WPEl Ni~no event is rarely followed by a cold (LaNi~na)

event.However, most coupled general circulationmodels

still fail to simulate both ENSO types due to relatively

large model biases (Yu and Kim 2010b; Ham and Kug

2012). The basic features and dynamical processes as-

sociated with the WP ENSO flavor remain elusive and

need to be further studied.

Bejarano and Jin (2008), in their theoretical study of

the ENSO regime dependence on climate mean state

changes, showed that there are two leading ENSO-like

modes coexisting under the current climate conditions.

One of the modes, termed the quasi-quadrennial (QQ)

mode, has its SSTA pattern centered over the eastern

equatorial Pacific (see their Fig. 7i), similar to the ob-

served SSTA pattern of CT ENSO. The other mode,

termed the quasi-biennial (QB) mode, has its SSTA

center shiftedwestward (see their Fig. 8i), which is similar

to the observed SSTA pattern of WP ENSO. Although

the zonal advective feedback plays a more important role

in the phase transition for the secondmode, the dynamics

of the two modes can be both understood to some extent

by the recharge oscillatormechanism (Jin 1996, 1997a; Jin

and An 1999).

Motivated by the study of Bejarano and Jin (2008), we

give evidence that the 2009–10 event, the strongest WP

El Ni~no event in recorded history, is reminiscent to their

QB mode (Fig. 1). As seen in Fig. 1, this WP El Ni~no

event exhibits a clear recharge–discharge process of

upper-ocean heat content [referred to as the recharge–

discharge index (RDI), defined as the zonal-mean zonal

gradient of equatorial thermocline anomalies] and a fast

FIG. 1. (a) Zonal-mean equatorial indices of SSTA (line with circles, K) and SSHA (solid line, 0.025m) and

recharge oscillkator index (RDI) (dashed line, 1 3 1028) for the 2009–10 case. The indices are generated over

58S–58N. The SSTA index is averaged over 1608E–1108Wand the SSHA index over 1208E–1108W. RDI is defined

as the average of zonal gradient of SSHA over 1208E–908W, positively proportional to meridional geostrophic

current and represents the intensity of recharge–discharge of equatorial upper-ocean heat content. SSH is from

the GODAS data and the climatology is defined in 1980–2010. (b),(c) As in (a) but for the QQ and QB modes,

based on Fig. 5 of Bejarano and Jin (2008), where the green and blue lines are thermocline depth anomaly index

(unit: 10m) and its derived RDI (unit: 2.53 1026) that are averaged over 1408E–908Wand the SSTA indices over

1808–908W.

1 SEPTEMBER 2013 REN AND J I N 6507

154



phase transition indicated by the zonal-mean thermocline

variability. In this study, we will examine the recharge

oscillator mechanisms for the two ENSO types and the

associated dynamical feedback in depth.

To capture the basic spatiotemporal features of

the two ENSO types, we will utilize the so-called WP

Ni~no index (WPI) and CT Ni~no index (CTI) de-

veloped in our recent study (RJ11). By removing the

decadal signal, we will focus on interannual variabil-

ity features of the two ENSO types and examine the

dynamical feedback processes to determine their contri-

butions to growth and phase transitions. This paper will

be organized as follows. The utilized datasets are de-

scribed in section 2. The indices and patterns for the two

ENSO types are given in section 3. We examine the re-

charge–discharge processes of upper-ocean heat content

associated with both ENSO types in section 4 and

compare contributions of the different dynamical feed-

back processes to the growth and phase transitions in

section 5. We conclude with a summary and discussion

in section 6.

2. Data and ENSO indices

We use the improved extended reconstructed SST

version 3b (ERSSTV3b) (Smith et al. 2008) dataset from

the National Climate Data Center of the National Oce-

anic and Atmospheric Administration. This SST data

consists of monthly 28 spatial superobservations, which
are defined as individual observations averaged onto a

28 horizontal grid. We will examine the period from

January 1950 to February 2011.

The interior ocean temperature, current, and sea

surface height variables are primarily taken from the

Simple Ocean Data Assimilation (SODA) reanalysis

version 2.2.4 (Giese and Ray 2011) for the period from

January 1871 to December 2008. The ocean model in

the data assimilation system is based on the Parallel

Ocean Program (POP) version 2.0.1 (Smith et al. 1992)

with a horizontal resolution of 0.258 latitude by 0.48
longitude. There are 40 vertical levels with a resolution

of about 10m in the upper 100m. This global ocean

model is forced by an extended atmospheric forcing

field from a new NOAA reanalysis dataset [the

Twentieth-Century reanalysis, version 2 (20CRv2)]

(Whitaker et al. 2004; Compo et al. 2006) for the period

1871–2008.

In addition, the assimilation products generated from

the Global Ocean Data Assimilation System (GODAS)

(Behringer andXue 2004) from theNational Centers for

Environmental Prediction (NCEP) are used for com-

parisonwith the SODA-data-based results. TheGODAS

analysis is available at a 1/38 3 1/38 horizontal resolution in

the tropics for the period from January 1980 to February

2011.

Traditional Ni~no-3 and Ni~no-4 indices from January

1950 toFebruary 2011 are directly obtained online (http://

www.cpc.noaa.gov/data/indices/sstoi.indices) from the

NOAA/Climate Prediction Center: the indices are de-

fined as SSTA averages over the Ni~no-3 region (58S–58N,

1508–908W) and Ni~no-4 region (58S–58N, 1608E–1508W).

In this study, we remove the long-term linear trend from

all indices before further analyses.

The two traditional Ni~no indices, Ni~no-3 and Ni~no-4,

have been extensively used to quantify the ENSO phe-

nomenon. A combination of these two, the Ni~no-3.4 in-

dex defined by the SSTA averaged in the Ni~no-3.4 region

(58S–58N, 1708–1208W) (Trenberth 1997), is widely used

in ENSO research and operational climate monitoring.

Since the SSTA patterns of the ENSO types are highly

correlated, neither of the two traditional indices alone

can characterize the WP ENSO independently. All three

indices capture the broad-scale nature of the ENSO-

related SSTA and, thus, exhibit the main signals of the

different ENSO types. Therefore, based on a transfor-

mation of Ni~no-3 and Ni~no-4 indices, RJ11 proposed

WPI and CTI (refer to the appendix for details) to de-

scribe the two different ENSO types. These two indices

can be used effectively to delineate time evolutions and

extract characteristic patterns for both ENSO types.

We also utilize other indices proposed previously

to represent the different ENSO flavors. One is the

El Ni~no Modoki index (EMI) proposed by Ashok

et al. (2007) to replicate the second empirical orthog-

onal function (EOF) of tropical Pacific SSTAs, which is

defined as [SSTA]C2 0.5[SSTA]E 2 0.5[SSTA]W, where

brackets denote spatial averages in the central (C: 1658E–
1408W, 108S–108N), eastern (E: 1108–708W, 158S–58N),

and western (W: 1258–1458E, 108S–208N) areas, respec-

tively. This index is somewhat similar to the trans-Ni~no

index proposed by Trenberth and Stepaniak (2001).

Another is the central Pacific ENSO index (CPI) pro-

posed by Kao and Yu (2009), who realized that the

second SSTAEOF is not quite adequate to describe the

main features of the different ENSO flavors indepen-

dently and devised a somewhat more complicated in-

dex. CPI is also based on an EOF decomposition of

data with SSTA related to the Ni~no-112 index, which

is defined at (108S–08, 808–908W), linearly removed.

Similarly, an eastern Pacific ENSO index (EPI) is de-

fined by linearly removing the Ni~no-4-index-related

SSTA. All of these somewhat related indices utilize

SSTA beyond the Ni~no-3 and Ni~no-4 regions. Overall

all these new indices, despite being derived from dif-

ferent definitions, are essentially describing the same

phenomenon.
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3. Removal of the decadal signal from the ENSO
indices

Figure 2a shows time evolutions of the normalized

WPI, EMI, and CPI. All of these indices represent the

temporal characteristics of the WP ENSO type and ex-

hibit more or less the same characteristics in the last six

decades. The correlation betweenWPI and EMI amounts

to 0.86 and to 0.80 between WPI and CPI. These indices

exhibit strong interannual and decadal variability besides

a weak long-term linear trend. Their spectral coherence

seems to be partly due to the decadal variability. Another

main common feature found among the indices is the

clear interannual variability superimposed on the slower-

varying decadal signal.Weng et al. (2007) have noted that

EMI is dominated by decadal time-scale variability,

whereas Kao and Yu (2009) reported that the CP ENSO

shows a dominant period near the 2-yr band. The con-

siderable divergence of these conclusions reflects that the

SSTA in the tropical central Pacific exhibit multi-time-

scale characteristics. Therefore, to solely focus on the

interannual variability of the WPENSO type, we filtered

out the decadal signals from our indices.We first produce

low-pass filtered (LPF) WPI and CTI with a Gaussian

filter, where the spectrum cutoff is chosen at 6 yr for WPI

and 8 yr for CTI, and then subtract the LPF indices from

the original indices to obtain high-frequency (HF) WP

and CT indices (Fig. 2c).

In Fig. 2c, both HF WPI and HF CTI clearly feature

variability on interannual time scales without any back-

ground decadal signal. Their correlation amounts to 0.11,

indicating that WPI and CTI are independent from each

other on interannual time scales. Furthermore, the cor-

relations between HF WPI, HF CPI, and HF EMI are

calculated (the second elements of gray number pairs in

Figs. 2a,b). Their differences relative to the first elements

reflect the impact of the decadal signals on the correla-

tions. That is, the good coherence between the nonfiltered

indices (Fig. 2a) is partly attributed to the decadal signal.

This implies that the classification of CT El Ni~no, WP El

Ni~no, and La Ni~na events directly based on unfiltered

indices are subject to large interference from the decadal

signal. In contrast, the decadal signal exhibits little impact

on the canonical ENSO. Hence, we will use HFWPI and

HF CTI to examine features and dynamical processes for

the two types of ENSO in the present study. Compared

with the SSTApattern regressed uponWPI, the regressed

SSTA pattern upon HF WPI displays weakened anoma-

lies in the central Pacific and subtropics where the SSTAs

are also related to the decadal variability (not shown).

FIG. 2. Normalized indices: (a) CPI, WPI, and EMI; (b) CTI and EPI; and (c) HF CTI and

WPI. All indices are subject to 3-month running mean after the normalization. Yellow lines

correspond to one standard deviation of the indices. Gray number pairs in (a) or (b) are cor-

relation coefficients between the indices with and without the decadal, respectively, while the

gray number in (c) is correlation between the detrended indices. All of correlations are ob-

tained by using the indices before the running mean.
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Figure 3 shows the life cycles of the two ENSO types,

where the differences between the patterns with and

without the decadal signal are compared by using the

original and HF indices. Clearly, the WPI-regressed

pattern features a longer duration than the CTI-regressed

one, an eastward extension in the developing phase, and

a westward retreat in the decaying phase. In contrast,

with the decadal signal removed, the WP ENSO exhibits

FIG. 3. Evolution of SSTA (K) (shading) and zonal wind stress anomalies (vectors, 0.01Nm22) regressed (top)

upon the detrended original (left) CTI and (right) WPI and (middle) by their HF indices. Both fields are averaged

over 58S–58N. Ordinates are from lead 24 months to lag 24 months to event peak. Vectors smaller than 10% of the

reference size are masked out. (bottom) SSTA (solid lines) and zonal wind stress anomalies (dashed lines) at lag

0 from the middle panels are shown. SODA data are used for wind stress.
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a much reduced duration and evolves in a similar way to

the CT ENSO, where the SSTAs diminish in the western

Pacific but show almost no change in the eastern Pacific.

It is evident that the distinct phase transition character-

istics of the WP ENSO type have become much clearer

after filtering out the decadal variability. To examine

atmospheric wind responses to the SSTA, the regression

patterns of anomalous zonal wind stress are computed

(Fig. 3). For the CT ENSO type, the surface westerly

wind anomalies dominate over the central Pacific during

the mature positive ENSO phase and only weak anom-

alous easterly winds are found in the far eastern Pacific.

In contrast, for the WP ENSO type, the center of the

westerly wind anomalies shifts to the west of the date

line and significant easterly wind anomalies occur over

the eastern Pacific east of 1508W during the peak ENSO

phase. These features are highlighted in Fig. 3c. The

westward displacements of SSTA and wind stress pat-

terns are the primary features of the WP ENSO type.

Later, we will show that the westward shift of the SSTA

pattern center and the presence of large easterly wind

anomalies in the eastern Pacific are crucial for the re-

duction of SSTA growth in the eastern Pacific during

WP ENSO events.

4. Recharge oscillator mechanisms of the two
ENSO types

For the canonical ENSO cycle, the recharge oscillator

mechanism that depicts the recharge and discharge of the

equatorial upper-oceanic heat content (HC) has been

proposed to be responsible for the transition process

between warm and cold ENSOphases (Jin 1997a,b). This

recharge mechanismwas further extended to include two

key dynamical feedbacks (Jin andAn 1999): that is, one is

the so-called zonal advective feedback that represents the

zonal advection process of climate-mean temperature by

anomalous zonal geostrophic current (e.g., Picaut et al.

1997) and the other is the so-called thermocline feedback

that represents the vertical advection process of sub-

surface temperature anomalies by climate-mean upwell-

ing (Suarez and Schopf 1988; Battisti and Hirst 1989; Jin

1997a,b). The two feedbacks can be linked dynamically

through the geostrophic balance between thermocline

depth and ocean current and contribute positively to the

growth and phase transition of ENSO (Jin and An 1999;

An and Jin 2001). The recharge (discharge) of equatorial

HC during La Ni~na (El Ni~no) phase, which corresponds

to a convergence (divergence) of the meridional geo-

strophic current, forms a zonally uniform positive (neg-

ative) excursion of the equatorial thermocline leading the

following El Ni~no (La Ni~na) by a phase of 908, which is

accompanied by an eastward (westward) equatorial zonal

geostrophic current. This typical characteristic of the re-

charge oscillatormechanism involving the zonal advective

and thermocline feedback processes was demonstrated to

operate for both the QQ and QBmodes by Bejarano and

Jin (2008), as also seen in Fig. 1. Following Bejarano and

Jin, here we examine the typical characteristics of the

recharge oscillation and the roles of these two dynamical

feedbacks in the WP ENSO evolution compared to the

CT ENSO.

In the first-order approximation, the thermocline var-

iations can be well represented by sea surface height

anomalies (SSHAs) or the upper-ocean HC that is de-

fined by vertically integrated ocean temperature through

the upper 300m. Here, SSHAs are used to represent the

thermocline variation and, following the approach of Jin

and An (1999), anomalous zonal and meridional geo-

strophic currents (Ug and Vg) are estimated from the

meridional and zonal gradients of SSHAs, respectively.

A positive (negative) zonal gradient of SSHA can lead

to a poleward (equatorward) heat transport by the di-

vergence (convergence) of the meridional geostrophic

current (Meinen and McPhaden 2000). Figures 4 and 5

show time evolutions of anomalous SSH, Ug, and Vg re-

gressed upon the CT andWP ENSO indices. The former

is the time–longitude cross section of the equatorial-mean

SSHA and Ug, thereby examining the zonal ocean heat

(or warm water) exchange between the east and west

Pacific and the latter is the time–latitude cross section of

zonal-mean SSHA and Vg, thereby examining the me-

ridional heat exchange between the equatorial and off-

equatorial regions.

The CT ENSO case (Figs. 4a and 5a) shows a typical

recharge–discharge process of upper-ocean HC: that is,

a basinwide meridional heat exchange between the

equatorial and off-equatorial regions and an accompa-

nied basin-scale zonal heat transport between thewestern

and eastern equatorial Pacific. Notably, Vg is poleward

(equatorward) with a positive (negative) zonal gradient

of SSHA and Ug is eastward (westward) when the equa-

torial SSHA are greater (less) than the off-equatorial

SSHA. In particular, Vg (Ug) reaches a maximum when

the zonal (meridional) contrast of SSHA is the largest.

We observe that Ug becomes uniformly eastward when

the equatorial SSHA are larger than the off-equatorial

SSHA with about a 12-month lead time to event peak.

About 4 months later,Vg switches from an equatorward

to a poleward current as the zonal gradient of the

SSHA changes from negative to positive sign, indicat-

ing the beginning of the discharge process of equatorial

HC. Then,Ug reaches itsmaximumwhen the zonal-mean

equatorial SSHA reach a maximum at around a 4-month

lead time to event peak andVg reaches its peak poleward

velocities at lag 0 month. Afterward, Ug reverses its sign
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at about lag 4 months to event peak. Then, for lag

10 months,Vg reverses its sign when the recharge process

of equatorial HC begins, and Ug also reaches the peak

westward velocity at this time.Almost the same regressed

patterns are obtained using HF CTI (not shown).

The patterns for the WP ENSO evolution (Figs. 4b

and 5b) based on the original nonfiltered WPI appear

to be quite different from those of the CT ENSO type

(Figs. 4a and 5a). The zonal contrast pattern of SSHA

exhibits a long duration, which yields a weak phase

transition. Interestingly, the discharge process in terms

of the poleward zonal-mean Vg can still be clearly ob-

served during the warm phase. It is overall difficult to see

a clear phase transition signature and an accompanying

recharge–discharge process because the ENSO signal is

obscured by strong decadal variability. In contrast, the

HF-WPI-regressed patterns (Figs. 4c and 5c) are very

similar to the CT ENSO patterns (Figs. 4a and 5a), but

quite different from the unfiltered WP ENSO patterns

(Figs. 4b and 5b). It suggests that the influence of the

decadal signal on the WP ENSO features may be greater

than the distinctness between the two ENSO types. The

largest feature in the distinctness is the westward shift of

the positive SSHA center for the WP ENSO.

In Figs. 4c and 5c, the timings of the SSHAand current

changes are also identified. The eastward Ug (poleward

Vg) is set up when the meridional (zonal) contrast of the

equatorial SSHA reverses at around lead 14 (10)months

to event peak, then reaches its peak amplitude when the

equatorial SSHA reach a maximum in the meridional

(zonal) direction at lead 4 (0) months, and afterward re-

verses when the equatorial SSHA reverses again the sign

of its meridional (zonal) contrast at about lag 2 (14)

months. Then, Ug reaches its maximum westward am-

plitude at around lead of 16 month. Further, these re-

sults for the major features of theWP ENSO have been

reconfirmed using the GODAS dataset (Figs. 4d and 5d).

In addition, the meridional asymmetry of mass exchange

represented by the zonal-mean SSHAandVg, mentioned

by Kug et al. (2003), are likewise apparent during theWP

ENSO evolution.

Figure 6, similar to Fig. 1, highlights the major fea-

tures of the recharge oscillation for the twoENSO types:

that is, the clear recharge–discharge processes of HC as

FIG. 4. Regressions of SSHA (shading, 53 1023m) andUg anomalies (vectors, 53 1023m s21) upon the detrended

(a) CTI; (b) WPI; and (c),(d) HF WPI, where (a)–(c) are made by using SODA data and (d) GODAS data. An

average over 58S–58N is used. Vectors smaller than 10% of the reference size are masked out; ordinates are lag

months.
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measured by RDI or Vg and the leading zonal-mean

equatorial thermocline variations as expressed by the

SSHA indices, which only are approximations of the real

zonally uniform-distributed thermocline variations that

lead strictly in quadrature (908 phase shift) to the SSTA

indices (Jin 1997a;Meinen andMcPhaden 2000).Overall,

the intensity of the recharge–discharge process (mea-

sured by RDI or Vg) during the WP ENSO evolution is

evidently smaller compared to the CT ENSO evolution.

This weakening, on one hand, is because the climato-

logical variance of SSHA is smaller in the central Pacific

than in the eastern Pacific (not shown). On the other

hand, since the center of the recharge–discharge process

shifts to the west for the WP ENSO evolution, a weak

additional recharge–discharge process of opposite sign

occurs in the far eastern Pacific and acts to partly cancel

the zonal-meanmeridional exchange ofHC, as also noted

by Kug et al. (2010).

The above results suggest that the recharge oscillator

mechanism operates for the WP ENSO type. To further

contrast the WP and CT ENSO life cycles, we sample

the regressed patterns of SSTA, SSHA, and anomalous

geostrophic currents upon the HF WP and HF CT in-

dices at the different lag months relative to event peak

(Fig. 7), where an empirical constant factor is applied to

amplify the magnitude of the patterns at large lag times.

Based on the ENSO durations in Fig. 3, we approximate

an e-folding time scale of 20 months and define the

amplification factor as ei/M, where i is the lead/lag month

and M 5 20.

Overall, the WP ENSO and CT ENSO types exhibit

similar spatial patterns during their transition phases

but different patterns during their peak phases as the

former exhibits the westward-shifted SSTA center and

the stronger easterlies in the far eastern Pacific compared

to the latter. During the negative (positive) ENSO pha-

ses, the recharge (discharge) of basinwide equatorial

ocean HC is clearly captured as represented by the con-

vergence (divergence) of the near-equatorial Vg. As a

result, the zonally uniform positive (negative) equatorial

thermocline excursions and accompanied Ug on the

equator are formed, which lead the observed SSTA peak.

These are typical features of the recharge oscillator

mechanism. For the WP ENSO type, a variation of this

mechanism is clearly visible with a westward-shifted

recharge–discharge process center relative to the CT

ENSO type, which is probably a consequence of the

strong equatorial wind stress anomalies over the far

FIG. 5. As in Fig. 4 but for SSHA (shading, 5 3 1023m) and Vg anomalies (vectors, 5 3 1023m s21), where a

zonal-mean over 1308E–908W is used. Abscissas are lag months.
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eastern Pacific during the peak ENSO phases. In other

words, the westward-shifted SSHA center can be dy-

namically balanced by the strong surface wind anomalies

in the equatorial eastern Pacific.

5. Heat budget analysis

Relative contributions of different physical processes

to the SST thermodynamics associated with ENSO have

been examined through ocean mixed layer heat budget

analysis using model outputs and oceanic analysis data-

sets (e.g., An et al. 1999; Kang et al. 2001; Jin et al. 2006;

Zhang et al. 2007; Kug et al. 2009, 2010). In this study,

heat budget analyses, based on the two oceanic reanalysis

datasets, are performed to investigate the relative im-

portance of different dynamical feedbacks in the SSTA

evolution for the two different types of ENSO.

The mixed layer averaged temperature tendency equa-

tion can be generally expressed as
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where an overbar denotes a climatological mean and

a prime its departure from it (anomaly); T, u, y, and w

denote oceanic temperature, zonal current, meridional

current, and vertical velocity, respectively. The last terms,

Q and R, denote the thermal forcing and residual terms,

which are not considered in this study. The mean up-

welling advection inEq. (1) can be further decomposed in

an approximation following (Jin and Neelin (1993); An

et al. 1999; Zhang et al. 2007):

2w
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›z
’w

T 0sub
H

2w
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H
, (2)

whereH is the effective mean mixed layer depth for the

vertical advection (constant 50m in this study). Subscript

‘‘sub’’ denotes a subsurface-layer average between 50 and

100m. The first term in Eq. (2) is often referred to as the

thermocline feedback (Jin and An 1999). All dynamical

terms in Eq. (1) are first estimated using the monthly

reanalysis datasets and then their evolution patterns from

24-month lead to 24-month lag are obtained by regressing

them upon the HF WP and CT indices.

Following Jin et al. (2006), we regroup these terms into

six feedback terms as follows:
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FIG. 6. Time evolutions of the zonal-mean SSHA (solid lines, 2 3 1023m), anomalous Ug (solid dotted lines, 1 3 1024m s21) and

Vg (dot–dashed lines, 23 1025m s21) indices, RDIs (dashed lines, 0.53 1029). (a)–(d) correspond to those in Figs. 4 and 5, respectively.

All indices are calculated from 58S–58N, 1308E–908W, where Vg indices are obtained by subtracting the south from north of equator.

Ordinates are lag months.
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Here, MC denotes the effect of mean circulation, ZA the

zonal advective feedback, EK the Ekman pumping feed-

back, TH the thermocline feedback, NDH the nonlinear

dynamical heating, and TD denotes the thermodynamical

damping. The ZA, EK, and TH terms, as the three major

dynamical feedbacks (cf., Jin and Neelin 1993; Jin and

An 1999), all tend to make positive contributions to the

growth of ENSOwithTHbeing the largest term (Jin et al.

2006). The NDH term acts to generate an asymmetry

(skewness) of SSTA amplitude between El Ni~no and

La Ni~na (Jin et al. 2003; An and Jin 2004).

In this study, we focus on the first four linear terms and

examine their contributions to the growth and phase

FIG. 7. Phase evolutions of the regressed SSTA (contours, 0.1K), SSHA (shading, 5 3 1023m) and geostrophic

current anomalies (black vectors; Ug 5 3 1023m s21, Vg 2.5 3 1023m s21) at eight different lag months for (a) CT

ENSO and (b) WP ENSO by using the detrended HF CTI and HFWPI, respectively. Amplification factors are used

to recover amplitude of fields at different lags with e-folding time of 20 months for CT andWP ENSOs. SODA data

are used.
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transitions of the two types of ENSO. We note that the

WPI-related tendency patterns are not confined to the

western equatorial Pacific. To fully understand the WP

ENSO evolution through heat budget analysis, we need

to examine the SSTA tendency patterns across the en-

tire equatorial Pacific.

In Fig. 8, the MC terms, which are overall negative

during ENSO peak phase, generally serve as a negative

feedback for both ENSO types. The EK terms are rel-

atively small and appear less important, although they

also show a weak positive feedback to the growth of the

two types of ENSO. Overall, the features of theMC and

EK terms are nearly the same in the two datasets, except

that the mature-phase EK term patterns in the eastern

Pacific are slightly different for theWPENSO type. The

ZA and TH are the twomost robust terms, serving in the

phase transitions of both ENSO types. The ZA term

exhibits a clear 908 phase shift in bothCT andWPENSO

cycles relative to the SSTA peak, indicating that it con-

tributes to the phase transition. In the GODAS dataset,

the ZA term seems to be somewhat stronger for the WP

ENSO type than in the SODA dataset. This difference

reflects the common problem that the ocean advection

estimation in reanalysis datasets is still associated with

large uncertainties. The contributions of the ZA term to

the growth rate of both CT andWPENSO types seem to

be small in both datasets. The TH term is the dominant

term and leads the peak time by less than 908 during both
CT and WP ENSO evolution, indicating that it contrib-

utes largest to both ENSO growth and phase transition.

To compare directly the roles of the ZA with the TH

terms in contributing to the growth ofENSO,we examine

zonal distributions of the equatorial tendency averaged

at peak phase. As shown in Fig. 9, the ZA terms are

much less important for the growth of ENSO than the

TH terms owing to their relatively small amplitude,

independent of the sign difference between the two

datasets. The TH term dominates not only in the growth

of the CTENSObut also in that of theWPENSO in both

datasets. The tendency pattern of the WP ENSO type,

relative to the CT ENSO type, shifts to the west and its

eastern part is largely suppressed over the eastern equa-

torial Pacific region because of the eastern Pacific easterly

wind anomalies.

To more clearly depict the contributions of the ZA

and TH terms to the growth and phase transition of the

two ENSO types, we decompose the tendency patterns,

which evolve with lag time in Fig. 8 into symmetric and

asymmetric parts with respect to 0 lag. These two parts

represent the contributions of the feedback terms to the

growth and phase transition of ENSO, respectively.

Figure 10 shows these two parts of the tendencies as a

function of lag time to event peak. All of the asymmetric

curves, averaged over either the Ni~no-3 or Ni~no-4 region,

exhibit a positive peak before 0 lag and a negative peak

after, indicating clearly that both ZA and TH terms

contribute to the phase transition for both ENSO types.

However, only the TH-related symmetric parts show a

positive contribution to their growths. In particular, the

amplitude of such a contribution is almost equal in the

two Ni~no regions for the WP ENSO type but quite dif-

ferent for the CT ENSO type. This reflects that the TH

term serves for the WP ENSO growth identically in both

Ni~no-3 and Ni~no-4 regions. In contrast, the symmetric

curves of the ZA terms exhibit less amplitude.

Overall, the TH term makes dominant contributions

to the growth and phase transitions for both ENSO types,

while the ZA term plays a significant role in their phase

transitions. In addition, the results of a heat budget

analysis as shown in Figs. 8–10 are consistent with those

in Figs. 3–7, such as the westward-shifted SSHA center

and the westward tendency centers in the mature phase

for the WP ENSO compared to the CT ENSO, as well

as the coincident signs of the zonal geostrophic current

anomalies and the ZA tendencies estimated from ocean

currents.

6. Summary and discussion

Evidence exists to support the hypothesis that two

different types of ENSO coexist in our climate regime:

the cold-tongue (CT) ENSO with maximum SSTA

variability located in the eastern equatorial Pacific and

the warm-pool (WP) ENSO with major SSTA variabil-

ity located in the central Pacific at the edge of theWP. A

number of studies have revealed that this WP ENSO

type exhibits some distinct spatiotemporal features and

dynamics from the CT ENSO. In this study, motivated

by the study of Bejarano and Jin (2008) in which they

found two leading ENSO-like coupled modes coexisting

under current climate condition and the striking simi-

larity of the two modes to the observed ENSO types, we

examined the observed features and physical processes

associated with the recharge oscillator mechanisms for

the two ENSO types.

To contrast the observed features, we compared the

indices for the two ENSO types and found that all in-

dices for the WP ENSO show strong decadal variability

besides the interannual variability that ENSO dominates.

To focus on the interannual variability, we first removed

the decadal signal and then examined the spatiotemporal

characteristics and dynamics for the twoENSO types.We

showed a clear recharge–discharge process of ocean heat

content throughout the life cycle for the WP ENSO. The

mixed layer heat budget analyses further indicated that

both thermocline feedback and zonal advective feedback
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FIG. 8. Evolution of temperature tendency (0.01Kmonth21) of the four dynamical feedback terms for (a),(c) CTENSO

and (b),(d) WP ENSO by using (a),(b) SODA and (c),(d) GODAS datasets. Fields are averaged over 58S–58N. Ordinates

denote lag months. A zonal 31 (5) point running mean is used for SODA (GODAS) data.

1 SEPTEMBER 2013 REN AND J I N 6517

164



play important roles in the phase transitions of both

ENSO types, where the former is the dominant contrib-

utor to the growth rate for both ENSO types and the

latter contributes little to the growth rate. Regrettably,

the oceanic reanalysis is known for poor estimates of

oceanic currents, which may add an uncertainty to our

conclusions regarding the zonal advective feedback.

To test the sensitivity of our conclusions regarding the

applicability of the recharge oscillator to the WP ENSO

type, we conducted additional analyses using other in-

dices (HF EMI and HF CPI) and a composite analysis

sampling typical WP El Ni~no events. All of these results

(not shown) are quite similar to those above, indicating

well that our main conclusions are not dependent on the

definitions of the indices used and the contributions of

the La Ni~na phase. Also, a natural question is why the

recharge oscillation for the WP ENSO has not been de-

tected in the previous studies (e.g., Kug et al. 2009). Our

current study shows that the strong background decadal

signal has interfered with, apparently, the recharge–

discharge process and hence biased their conclusion.

The results in this study indicate that the WP ENSO

can be understood to a large extent by a variation of the

recharge oscillator theory. Recent studies showed indirect

evidence in support of this conclusion. For example,

McPhaden (2012) recently pointed out that the zonal-

mean warm water volume (WWV) index that is based on

the recharge oscillator mechanism is becoming less lead-

ing the Ni~no-3.4 SSTA index since 2000 when the WP El

Ni~no events occurred frequently. Dewitte et al. (2012)

also showed that the total WWV index corresponding to

the first two oceanic baroclinic waves of the equatorial

Pacific significantly lead the modified Ni~no-4 index for

the WP type of events. Based on the results in this study

that the ZA and TH terms play similar roles between the

two ENSO types, except for the zonally different center

positions of the SSTA pattern and associated zonal wind

patterns, a conceptual diagram for delineating the re-

charge oscillator mechanism of theWPENSO along with

the original recharge oscillator model is shown in Fig. 11.

Figures 11a–d display the four phases for the CT ENSO

evolution, based on the recharge oscillator diagram of Jin

and An (1999). Noting that the ZA term exhibits an un-

certain contribution to the growth of ENSO during its

peak phases, we thus express the zonal (geostrophic)

current anomalies by dashed arrows (Figs. 11a,c).

The recharge oscillator model for the WP ENSO type

is similar to that for the CT ENSO. The schematic dia-

gram (Figs. 11e–h) exhibits the westward shift of SSTA,

surface wind anomalies, and thermocline variation pat-

terns during the peak phases and the presence of strong

surface wind anomalies over the far eastern equatorial

Pacific. The shifted SSTA and wind patterns are crucial

for the reduction of SSTA growth in the eastern Pacific

FIG. 9. Zonal distributions of (left) ZA and (right) TH feedback terms (0.01Kmonth21) at

the peak phase averaged from lag22 to 2months in Fig. 8 for CTENSO (dashed lines) andWP

ENSO (solid lines) based on the (a) SODA and (b) GODAS datasets.
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and, hence, maintain the characteristic WP ENSO pat-

tern. This is the main factor that makes the WP ENSO

different from the CT ENSO.

Our results on the roles of theZA term in contributing

to the growth and phase transition during the entire

ENSO life cycle are consistent with previous studies. For

example, Wang and McPhaden (2001), in an observa-

tional analysis, showed that the anomalous zonal ad-

vection term is of particular importance in the onset and

development phases of ENSO. Zhang et al. (2007) found

that the ZA term prefers to act as a transition driver and

that the TH term contributes to both the growth and

phase transition of ENSO. Kug et al. (2009), as shown in

their Fig. 10, also found that the ZA term plays an im-

portant role in the development phase of theWPElNi~no.

However, the role of the ZA term in driving the SSTA

growing at the peak phase is still unclear for both theWP

and CT ENSO, based on the results obtained from the

model simulations and reanalysis datasets (e.g., Zhang

et al. 2007; this study). Moreover, the importance of the

TH term for the WP ENSO, as revealed in this study,

appears to be different from that by Kug et al. (2009,

2010). The major reason is that the TH term here has

a different definition from their studies in which it was

directly defined as the vertical advection of mixed layer

temperature anomalies by mean upwelling. Their defi-

nition actually underestimated the TH term because it

involves the negative feedback by the mean upwelling

damping (2wT 0/H).

This study has suggested that the WP ENSO operates

as a variation of the classical recharge oscillator mecha-

nism in the sense that both ZA and TH terms contribute

to the growth and phase transition as for the CT ENSO.

Either of the two ENSO types will have a tendency to

emerge under the particular initial values, preconditions,

or background states, which needs to be studied in the

future. The theoretical results of Bejarano and Jin (2008)

suggest that the two independent but similar modes, with

likeness of the CT and WP ENSO, can coexist under

current climate conditions. Thus, we contend that both

CT andWP ENSOmay be named as a different type of

interannual modes of variability.

Our current focus is only on understanding how the

recharge oscillator mechanism (Jin 1997a,b; Jin and An

1999) operates for the WP ENSO. Indeed, there are

other dynamical mechanisms in the literature depicting

FIG. 10. Time evolution of symmetric (red lines) and asymmetric (blue lines) tendency parts of ZA and TH

feedback terms (0.01Kmonth21) averaged over the Ni~no-3 (solid lines) and Ni~no-4 (dashed lines) regions in Fig. 8

for (left) CT ENSO and (right) WP ENSO based on the (a) SODA and (b) GODAS datasets. Abscissas are lag

months.
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the different paradigms for ENSO: for example, the

delayed oscillator (Suarez and Schopf 1988; Battisti and

Hirst 1989), the coupled wave oscillator (Cane et al. 1990),

the advective–reflective oscillator (Picaut et al. 1997), and

the western Pacific oscillator (Weisberg and Wang 1997).

For the WP ENSO, besides the apparent difference of

wind anomalies over the eastern Pacific, differences also

exist over the western Pacific as well as the eastern and

FIG. 11. Schematic diagrams for (a)–(d) CTENSOand (e)–(h)WPENSO recharge oscillator

mechanisms in the (a),(e) warm, (b),(f) warm-to-cold, (c),(h) cold, and (d),(g) cold-to-warm

phases. The red (blue) shadings on the top planes representing the sea surface denote positive

(negative) SST anomalies, and those on the inclined planes representing the climatic ther-

mocline denote positive (negative) subsurface temperature anomalies. The dark gray arrows

denote mean upwelling,; the black arrows represent the zonal and meridional upper-ocean

geostrophic current anomalies, and the solid yellow arrows stand for wind stress anomalies: W,

C, H, and L denote warm, cold, high, and low, respectively.
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western boundaries, indicating the possibility that the

other dynamical oscillator mechanisms may play roles in

WP ENSO, which will be addressed in future studies.
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APPENDIX

Definitions of Two Niño Indices for CT and WP
ENSO

By using a coordinate transform in the Ni~no-3–Ni~no-4

phase space, RJ11 defined the CT Ni~no index and WP

Ni~no index (NCT and NWP) as follows:(
NCT 5N32aN4

NWP5N42aN3 ,
a5

(
2/5, N3N4. 0

0, otherwise.
(A1)

Indices N3 and N4 denote Ni~no-3 and Ni~no-4 indices,

respectively, and NCT and NWP are a piecewise linear

combination of N3 and N4 conditioned by the ENSO

phase. The transformation parameter a can be deter-

mined by minimizing a cost function defined by the total

metrics ofNCT over the WP El Ni~no time andNWP over

the CT El Ni~no time. However, one key question is

how to determine a priori the time of occurrence of the

WP/CT El Ni~no. This is discussed here in terms of dif-

ferent schemes. RJ11 has directly used a method of

cluster analysis designed initially by Kug et al. (2009) to

identify theWP (CT) El Ni~no month onceN4 (N3) of this

month is greater than the other and both greater than

0.58C. The cost function for this minimization scheme is

written as

J(a)5 [NCT]
2
WPEN

1 [NWP]
2
CTEN

, (A2)

where the timing of WPEN and CTEN is always fixed

with a changed. One can search a in a broad parameter

domain to make

J(a*)/min when a5a*. (A3)

Here a* is the optimal. Figure A1 presents the J (RJ11)

as a function of a, where a* ’ 0.42. In this study, the

training period for determining a is January 1951–

February 2011.

To test the impacts of different schemes on valuinga*,

a dynamic scheme is designed in contrast to the static

scheme of RJ11. That is, with a changed, we re-

determine the timing of theWPEN andCTEN by taking

one standard deviation of the newly generated indices

from Eq. (A1) as the criterion for identification. The

new J curve is also plotted in Fig. A1 as a contrast, where

a* ’ 0.41. So far, only the signatures of the deter-

mination of the two types of El Ni~no have been utilized

for valuing a*. This is because a natural separation has

FIG. A1.Metrics as a function ofa (abscissa) for defining theCT and

WP indices using three kinds of unified cost functions (ordinate).

FIG. A2.WP indices (gray lines) and theirmean (black line) using differentawith an internal of

0.01 from 0.3 to 0.5.

1 SEPTEMBER 2013 REN AND J I N 6521

168



been observed between the two clusters in N3–N4 phase

space that correspond to the two types of El Ni~no, as

shown in Fig. 1a of RJ11, whereas no such separation

exists for the La Ni~na case. This is also why La Ni~na is

difficult to separate into two clear types even though the

transformation in Eq. (A1) is used. A question is whether

there is a possibility to separate both the El Ni~no and

LaNi~na through varyinga. Therefore, we simply take the

correlation between NWP and NCT as the cost function

of a. When these two indices are irrelevant (viz., zero

correlation), a*5 0.45 is easily obtained by the J curve

(JCORR) in Fig. A1. However, in this case, the separa-

tion makes it difficult to represent exactly some ob-

served El Ni~no events despite the fact that La Ni~na is

not well separated yet (not shown).

Based on this comparison, it appears that the dynamic

scheme is much simpler and more effective. Figure A2

further tests the sensitivity of transformed indices toa. It

is clear that theWP index is not sensitive to a, indicating

that the transformed indices can be widely applied.
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Abstract

During the late 1970s, the El Niño-Southern Oscillation (ENSO) experienced a notable regime change, manifested

by a change in amplitude, dominant ENSO period, and sea surface temperature anomaly (SSTA) propagation

characteristics. The present study shows that these features of the ENSO regime change are associated with property

changes of the canonical ENSO, i.e., cold-tongue (CT) type ENSO. Another signature of the ENSO regime change is

manifested in the frequent occurrence of a warm-pool (WP) type ENSO that accompanies SSTAs centered over the

central Pacific near the WP edge and exhibits characteristics differing from those of the CT ENSO. The distinct

manifestations of the two types of ENSO detected in this ENSO regime change are clearly identifiable with the

removal of the strong background decadal signal. Since the late 1970s, the WP ENSO has featured a weak eastward

(westward) propagation of the SSTA center in the developing (decaying) phase, which makes no net contribution to the

observed eastward propagation, and a 2̶3 yr period compared to the 4̶5 yr period of the CT ENSO. Observations

strongly suggest that the WP and CT ENSO are independent quasi-biennial and quasi-quadrennial modes,

respectively, of the tropical Pacific climate variability. Our observations also suggest that these two ENSO modes have

coexisted actively since the late 1970s when either El Niño or La Niña can be separated into the two types.

Keywords ENSO regime change; warm-pool ENSO; cold-tongue ENSO

1. Introduction

The El Niño-Southern Oscillation (ENSO) is the

dominant mode of natural climate variability in the

tropical Pacific, occurring on interannual timescales.
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In the late 1970s, the ENSO regime experienced a

major change (An and Wang 2000; An and Jin 2000;

Fedorov and Philander 2000; Wang and An 2001). The

dominant period of the ENSO cycle changed from a

high-frequency regime during 1960s̶1970s to a low-

frequency regime during 1980s̶1990s. The ENSO

amplitude increased, which was accompanied by

significant changes to the spatiotemporal structure of

the ENSO. Before the late 1970s, the warm equatorial-

Pacific SSTAs propagated westward (Rasmusson and

Carpenter 1982); after 1980, the warm SSTAs

propagated eastward or were nearly stationary with

little propagation (Wallace et al. 1998). This feature of

the ENSO regime change was illustrated clearly in

terms of ENSO zonal propagation changes by

Trenberth and Stepaniak (2001), and more precisely, in

terms of zonal propagation changes of only the El Niño

phase by other researchers (McPhaden and Zhang

2009; Ren and Jin 2011). These changes in the ENSO

properties concurred with the prominent climate shift

in the North Pacific, the cause of which is still a subject

of research (Trenberth and Hurrel 1994; Meehl et al.

2009).
In recent years, the notion of ENSO regime change

is being reflected in an increasing number of studies

suggesting that, in addition to the canonical cold-

tongue (CT) type El Niño, there is a different type of El

Niño/ENSO named “Dateline El Niño” (Larkin and

Harrison 2005a, b), “El Niño Modoki” (Ashok et al.

2007; Weng et al. 2007), “Central-Pacific ENSO/El

Niño” (Kao and Yu 2009; Yeh et al. 2009), and

“Warm-pool El Niño/ENSO” (Kug et al. 2009; Ren

and Jin 2011). Despite using different names, these

studies more or less described the same phenomenon.

In this paper, we use the terminology “Warm-pool

(WP) ENSO”. The WP ENSO, with different tele-

connections and climate impacts from the CT type

(Weng et al. 2007; Kim et al. 2009; Zhang et al. 2012),
has occurred frequently in the past 30 years (Kug et al.

2009) and may continue to do so in a warming climate

(Yeh et al. 2009).
In the ENSO regime after the late 1970s, both CT

and WP ENSO types have been actively coexisting

(Ren and Jin 2011; Takahashi et al. 2011; McPhaden et

al. 2011), reminiscent of the two leading ENSO-like

modes coexisting under current climate conditions.

Bejarano and Jin (2008), in their theoretical study of

the ENSO regime dependence on climate mean-state

changes, showed that the so-called quasi-quadrennial

(QQ) mode has its SSTA pattern centered in the eastern

equatorial Pacific, while the so-called quasi-biennial

(QB) mode has its SSTA center shifted westward (see

their Fig. 5). They are similar to the observed SSTA

patterns of the CT and WP ENSO, respectively. In this

study, we differentiate the contributions of the two

ENSO types to the ENSO regime change in the late

1970s and examine the correspondence between the

two types and the two modes.

2. Data

The sea surface temperature (SST) dataset used was

the improved Extended Reconstructed SST version 3b

(Smith et al. 2008) from the National Climate Data

Center at the National Oceanic and Atmospheric

Administration (NOAA). This study focused on the

period of Jan 1950̶Feb 2011. Traditional Niño3 and

Niño4 SSTA indices (N3I and N4I)were obtained from

the Climate Prediction Center/NOAA. To effectively

capture the spatiotemporal features of the two types of

ENSO, Ren and Jin (2011) defined the WP and CT

Niño indices (WPI and CTI) by introducing a

transformation of N3I and N4I. As seen in Fig. 1, WPI

has a strong decadal timescale (~8̶16 year period) in

its spectra besides the interannual timescales, com-

pared to CTI. This feature can also be seen in the

spectra of the El Niño Modoki index (EMI) devised by

Ashok et al. (2007) and in the central Pacific ENSO

index (CPI) of Kao and Yu (2009). This is consistent

with the result of Weng et al. (2007). Furthermore, two

statistically significant (90% confidence level) peaks

were visible on interannual timescales (2̶3 and 4̶5 yr

periods). Kao and Yu (2009) noted a near 2 yr period

peak in their CPI. We argue here that the strong

background decadal variability, evident in these

indices, may have biased previous analyses of both the

WP ENSO and the ENSO regime change, which was

first noted by Ren and Jin (2013) in examining the

mechanism of WP ENSO. To focus solely on the

interannual variability, this study used high-frequency

(HF) indices created by removing the decadal

timescale (above 6 years). It can be roughly seen in Fig.

1 that HF-WPI depicted a period shortening since the

late 1970s, with the HF-CTI quite similar to the CTI.

3. Results

The zonal phase propagation changes of SSTAs

along the equator are an important indicator of the

ENSO regime change (Trenberth and Stepaniak 2001).
Trenberth and Stepaniak calculated lag correlations

using Niño3.4 and trans-Niño indices to reveal the

nature of different ENSO propagation directions and

capture the ENSO regime change in the late 1970s.

Following this approach, Ren and Jin (2011) used CTI

and WPI to represent the dramatic regime change and
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confirmed the asymmetry in propagation direction

changes between El Niño and La Niña phases; i.e.,

only El Niño changed from a westward to eastward

propagation, while La Niña propagated westward

(McPhaden and Zhang 2009). Here we reexamine the

El Niño phase propagation change using HF-CTI and

HF-WPI.

Figure 2a shows a similar but more robust ENSO

regime change relative to Fig. 4b of Ren and Jin (2011).
The HF-CTI leads the HF-WPI by approximately 4̶5

months, with high positive correlations before the late

1970s, capturing the well-known westward propaga-

tion of El Niño SSTAs (Rasmusson and Carpenter

1982). These significant correlations, however, disap-

peared sharply in the late 1970s. Instead, positive

correlations appeared at an 8̶10 month lag after the

late 1970s, which reflects a clear but weak eastward

propagation. In contrast, a westward propagation has

dominated the La Niña phase for the past 6 decades

(not shown). This indicates that one major feature of

the ENSO regime change in the late 1970s is the

observed propagation change of El Niño from west-

ward to eastward.

The overall low correlation in Fig. 2a, at almost all

lags after the late 1970s, clearly suggests the potential

independence of the two ENSO types. This was also

discussed by Ashok et al. (2007). It is confirmed by the

contrast between the situations before 1980 and after

1980 (Figs. 2b and 2c); either the El Niño or La Niña

states since 1980 tend to be separated into the two

groups that correspond to the positive or negative

phase of the two different ENSO types. It is also

apparent that two major features indicate the ENSO

regime change (see the colored number pairs). The first

is that WP El Niño has been occurring more frequently

than CT El Niño since 1980, with a slight increase in

December 2013 H.-L. REN et al. 837

Fig. 1. Wavelet power spectra for CTI (a), WPI (b), CPI (c), and EMI (d), divided by their variances. Normalized WPI

(black) and HF-WPI (red) in (e) and CTI (black) and HF-CTI (red) in (f), which are linearly detrended, with a 3 month

running mean. The yellow, green, and red dashed lines correspond to 90%, 95%, and 99% confidence levels,

respectively, of a χ
2

test for a red-noise process with a lag-1 autocorrelation of 0.72 (Torrence and Compo 1998).
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amplitude (Lee and McPhaden 2010). The second is

that CT El Niño became much stronger after 1980.

These features motivated us to focus on the distinct

contributions of the two ENSO types to the regime

change.

Figure 3 depicts the evolution of the equatorial

SSTAs to clarify typical characteristics and changes of

the El Niño phase propagation in terms of the two

different ENSO types. In Fig. 3a, the WP El Niño

features a short duration and a weak eastward propa-

gation of positive SSTAs during its developing phase.

The figure also clearly illustrates that the maximum

remains near the central Pacific, notwithstanding the

extension of the warming slightly eastward during the

mature stage, as is observed in some cases during

boreal winter (Ashok et al. 2007). After removing the

two strongest CT El Niño events (1982/83 and

1997/98), a weak westward propagation of WP El Niño

after 1980 is visible, significantly so during its decay-

ing phase (not shown). Due to the approximate

symmetry between the eastward and westward

propagations with respect to lag 0, the pure WP El

Niño makes no net contribution to the observed

eastward propagation of El Niño since 1980 (Fig. 2a).
Before 1980, the HF-WPI-related positive SSTAs

initiated in the eastern Pacific, propagated westward,

and matured near the dateline (Fig. 3b). The CT El

Niño shows a similar westward propagation before

1980 (Fig. 3d), but an eastward propagation, with an

associated amplitude increase, after 1980 (Fig. 3c).
These results suggest that El Niño propagation and

amplitude changes occurring in the late 1970s are

Vol. 91, No. 6Journal of the Meteorological Society of Japan838

Fig. 2. Lead-lag partial correlations for the positive phases of HF-CTI and HF-WPI, using a 15 yr running window in (a),

where the duration of the positive phases of these indices are determined by the leading index. Shading denotes the 95%

confidence level of a studentʼs t-test, with a degree of freedom of about 60. Scatter plots for HF-CTI and HF-WPI before

1980 (b) and after 1980 (c), where the green, red, blue, and black denote WP El Niño, CT El Niño, La Niña (the two kinds

of blue marks in (c) denote the separation of two types of La Niña), and near neutral states, respectively, as defined by the

criterion of one standard deviation of either index in the whole period. Colored number pairs represent the numbers of

the colored dots and their averaged values.
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primarily due to the CT El Niño property change. The

similarity between the patterns in Figs. 3b and 3d

reflects the strong westward propagation of ENSO, as

seen in Fig. 2a, and thus the predominance of the CT

type before 1980, notwithstanding during the time, a

few WP El Niño-like events might have occurred (Kug

et al. 2009; Yu and Kim 2010).
Another apparent feature in Fig. 3 is the change in

duration of positive SSTAs. After 1980, the WP El

Niño persisted for a shorter period and the CT El Niño

for a longer period (which is quantitatively presented

in Fig. 4), compared to pre-1980, when the El Niño

SSTAs had similar durations irrespective of the type.

This may indicate a similar change in ENSO

periodicity, which is confirmed by power spectrum

analyses, as shown in Fig. 4. In this study, the period

bands are assumed significant simply if they have a

spectral change of more than 100%, instead of based

on a statistical test. The most significant feature of the

CT ENSO is the intensification of the power spectrum

and the increase of the interannual timescale from a 3̶

4 yr period before 1980 to a 4̶5 yr period after 1980.

Furthermore, it is clear that the WPI has a dominant

interannual scale spectral peak at a 2̶3 yr period after

1980. This is even more pronounced after 1990 when

more WP El Niño events occurred (McPhaden et al.

2011), compared to the 4̶5 yr period before 1980.

Such a significant ENSO periodicity change strongly

indicates the correspondence between the two

observed ENSO types and the two leading ENSO

modes, QQ and QB, suggested theoretically by

Bejarano and Jin (2008). That is, the QQ mode

dominated before the late 1970s, which mostly

occurred as the CT ENSO (note that it remains

controversial whether the WP ENSO existed at that

time). After the late 1970s, the QB mode emerged as

December 2013 H.-L. REN et al. 839

Fig. 3. Lead-lag partial regressions of the equatorial SSTAs (contours, unit: K) averaged from [5°S, 5°N], upon (a) the

positive-phase HF-WPI after 1980, (b) the same as (a) but before 1980, (c) the positive-phase HF-CTI, and (d) the same as

(c) but before 1980. Shading denotes the 95% confidence levels of a studentʼs t-test. Ordinates are lag months.
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the WP ENSO type with increasing occurrences,

coexisting with the QQ mode that appears as the

stronger CT ENSO type, with a slightly longer period

than it previously had.

4. Summary and concluding remarks

As stated in the introduction, many studies have

revealed changes in ENSO properties occurring in the

late 1970s and an increasing number of studies suggest

that a different ENSO type (WP ENSO), in addition to

the canonical CT ENSO, has occurred frequently in the

past 30 years. These studies appear to reveal the same

phenomenon: The ENSO regime change in the late

1970s was not only a change in ENSO properties but

also in the dominant ENSO modes. We have

demonstrated in this study that the ENSO regime

change since the late 1970s is predominantly

manifested by the two types of ENSO: The dramatic

changes of the CT ENSO properties, which are

consistent with previous studies (e.g., An and Wang

2000), and the frequent occurrence of WP ENSO

events, which demonstrates the emergence of an

independent mode coexisting actively with the CT

ENSO in the tropical Pacific.

This study has clarified the roles of the two ENSO

types in manifesting the ENSO regime change by

removing the decadal variability, which is strong

enough in the central Pacific to obscure certain

characteristics of the WP ENSO. The CT ENSO was

mainly manifested by changes in the properties

including the intensification of the amplitude, length-

ening of the period, and a tendency of eastward

propagation after the late 1970s. The typical WP El

Niño has a clear extension of SSTAs to the east during

its mature phase, with a westward-shifted SSTA center

(relative to CT events) that propagates weakly east-

ward in the developing phase and westward in the

damping phase, and hence makes no net contribution

Vol. 91, No. 6Journal of the Meteorological Society of Japan840

Fig. 4. Wavelet power spectra of CTI (a) and WPI (b) for the different periods, where the confidence levels are as per Fig. 1

and the shadings denote that the values of the red lines are 100% greater than those in the blue lines. Panels (c) and (d) are

the same as panels (a) and (b), but for the B-T power spectra (c.f., Ghil et al. 2002), with the 95% confidence level

represented by dashed lines.
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to the observed eastward propagation since the late

1970s. Moreover, the WP ENSO typically features a

2̶3 yr period with an increasing significance and the

CT ENSO features an enhanced QQ period, confirm-

ing the active coexistence of the QB and QQ modes

that correspond to the two types of ENSO in the

observation. It may be suggested that a complete

definition of the different ENSO types must incorpo-

rate information not only on the spatial patterns, but

also on the timescales. Also, it is proved that La Niña,

similar to El Niño, appears to be separated into two

types since 1980.

This study aimed to develop a deep understanding of

the ENSO regime change in the late 1970s by linking

new observational evidence with previous studies, not

only regarding the change in ENSO properties, but also

the change in ENSO types (or ENSO mode stability).
The observed ENSO periodicity changes in the late

1970s reflect the sensitivity of ENSO modes that occur

in the neighborhood of codimension-2 degeneracy to

climate mean state changes (Jin and Neelin 1993; Jin

1997; Bejarano and Jin 2008). It is suggested that the

essential change of the ENSO regime is likely in the

stability of the two ENSO modes. Furthermore, the

demonstration that the ENSO regime change in the late

1970s can be understood in terms of the WP and CT

ENSO types and that the theoretical QB and QQ modes

can be used to interpret the two ENSO types needs to

be further validated in future studies by experiments

based on the model of Bejarano and Jin (2008).
Still, questions remain as to what caused the ENSO

regime change, how the change relates to changing

background conditions (e.g., Ashok et al. 2007; Kim

and An 2011), and whether the current ENSO regime

will persist or be altered in a changing climate (e.g.,

McPhaden et al. 2011). A recent study has reported the

weakened interannual variability in the tropical Pacific

Ocean since 2000 (Hu et al. 2013). This is conceivable

if WP ENSO events keep occurring actively but CT

ENSO becomes inactive under the current climate

conditions, and thus the total ENSO period might be

shortening since 2000 (refer to the indices in Fig. 1).
These results may imply the emergence of another

ENSO regime change, which is worthy of further

study. Moreover, it should be stressed that decadal

signals need to be removed from data when clarifying

the typical WP ENSO features and related issues that

may be biased by the background decadal variability

(Ren and Jin 2013).
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ｉｎＮｏｒｔｈｅａｓｔＣｈｉｎａ［Ｊ］．ＪｏｕｒｎａｌｏｆＭｅｔｅｏｒｏｌｏｇｙａｎｄＥｎｖｉｒｏｎｍｅｎｔ，２０１３，２９（１）：４７－５４．

中国东北地区冬季气温变化特征及其与大气

环流异常的关系

沈志超１，２　任国玉２　李娇１，３　孙秀宝１，２

（１南京信息工程大学大气科学学院，江苏 南京 ２１００４４；２中国气象局气候研究开放实验室，国家气候中心，北京 １０００８１；
３铁岭市气象局，辽宁 铁岭 １１２０００）

　　摘　要：利用１９５７—２０１０年冬季中国东北地区９０个站气温资料，应用 ＲＥＯＦ和聚类分析方法将东北地区划分为南、北两
个冬季气温变化子区，分析讨论其冬季气温变化趋势和冷暖异常特征，及其与主要环流指数之间的同期和滞后关系。使用向后

去除变量选择法，选取最优预测因子，并建立了全区和各子区的回归统计模型。结果表明：中国东北地区冬季增温较明显，平均

上升速率为０４５℃／１０ａ，北部略高；与同期欧亚纬向环流指数之间存在着较显著相关；前期８月东太平洋副热带高压面积指
数、前期１０月亚洲区极涡面积指数和前期８月北半球极涡面积指数与中国东北地区冬季气温存在着显著相关，复相关系数为
０７０，并且是回归方程最关键预测因子。在对冷、暖冬预测时，可以将选定时段和区域副热带高压和极涡面积指数作为重要的
影响因素，且误报率较低。

关键词：东北地区；冬季气温；旋转主分量分析；环流指数；相关；预测

　　中图分类号：Ｐ４６８０＋２１／Ｐ４３４　　文献标识码：Ａ　　ｄｏｉ：１０．３９６９／ｊ．ｉｓｓｎ．１６７３５０３Ｘ．２０１３．０１．００８

引言

中国东北地区位于北半球中高纬度地带，是全

球陆地气候增暖最明显的区域之一，冬季地面气温

升高速率明显高出中国平均值和全球平均值。王绍

武［１－２］指出，在近百年全球气候变暖的背景下，中国

东北地区冬季升温趋势十分明显。任国玉等［３］研究

表明，中国现今增暖最明显的地区包括东北、华北、

西北和青藏高原北部，最显著变暖季节在冬季。李

春和方之芳［４］指出，东北地区气温最大升温超过了

０７℃／１０ａ。平均升高０５℃／１０ａ以上。
在冬季总体气候变暖的背景下，影响东北地区

的寒潮频数也显著下降，暖冬年份明显增多［５］。但

是，最近几年，冬季极端严寒事件又时有发生［６］。影

响东北冬季平均和极端气温变化的因素很复杂，除

了台站附近观测环境变化引起的资料序列偏差和大

气中温室气体浓度增加的可能影响外，气候系统内

部的年际到年代以上尺度变异性显然也是不可忽视

的。丁一汇等［７］指出，对气候系统内部的过程与机

理缺乏足够的认识，气候模式的可靠性还不高等。

研究冬季温度变化有助于理解气候增暖本质，对于

理解东北地区冬季气温的可预测性具有重要意义。

这方面的研究已有不少。孙凤华等［８］指出，气

候变暖增加了冬季气候变率，即增加气候异常事件

的发生概率和强度，不仅引发暖冬事件，如在２００４—
２００５年东北的冬季气温达到了偏冷标准，且没有得
到准确的预报，因此，如何找出其影响因子和强信号

来更好地预测也就显得更为重要。陈佩燕等［９］指

出，影响中国东部地区冬季温度异常的关键海区，前

期夏、秋季赤道印度洋、赤道东太平洋海温异常与中

国东部地区冬季温度异常有较好的相关关系，对预

测中国东部地区冬季温度异常有一定的前兆意

义［１０］。杨素英等［１１］指出，在对流层中层，亚洲极涡

（特别是极涡面积）、贝加尔湖高压脊和东亚大槽是

影响中国东北冬季气温异常的关键同期因子。已有

研究一般集中在对海温［１２］、雪盖［１３］、海冰［１４－１５］、高

原热力异常［１６］、西伯利亚高压［１７］、北大西洋涛动

（ＮＡＯ）［１８］、北极涛动（ＡＯ）［１９］和极涡［２０－２１］等因子

的探讨。

本文利用近５３ａ东北地区９０站冬季气温资料，
在划分为南、北个冬季气温变化子区的基础上，分析

讨论东北地区冬季气温变化趋势和冷暖异常的时空

特征，进一步研究这种时空变化与主要环流指数之
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间的同期和滞后关系，以及各环流因子对不同子区

的作用情况，寻找最关键的预测因子和强信号，并探

讨对东北冬季气温的可预报性。

１　资料与方法

１１　资料来源
所用国家气象信息中心气象资料室整编的中国

７５６个基本基准站地面月气温数据集资料。资料经
过均一化处理。为使资料序列长度尽可能一致，选

取 １９５７年及以前建站的站点，排除了１９５７年以后
建站的测站资料序列。观测资料序列长度为１９５７—
２０１０年。其中黑龙江省泰来站只缺少１９５７年１２月
记录，用附近３个站当月资料对该站该月缺测值进
行插补。全部入选台站数为９０个（图１）。这些台站

图１　中国东北９０个气象站的位置与分区界限
Ｆｉｇ．１　Ｔｈｅｓｅｌｅｃｔｅｄ９０ｗｅａｔｈｅｒｓｔａｔｉｏｎｓｉｎｔｈｅｎｏｒｔｈｅａｓｔ

Ｃｈｉｎａｉｎｔｈｉｓｐａｐｅｒａｎｄｔｈｅｂｏｕｎｄａｒｙｌｉｎｅｏｆ
ｔｗｏｓｕｂｒｅｇｉｏｎｓｏｆｔｈｅｓｔｕｄｙａｒｅａ

空间分布基本均匀，可以满足东北地区冬季长期气

候变化分析的需要。

　　定义冬季为当年１２月和翌年１—２月。冬季年
份用１２月所在的年份表示，如 １９５７年１２月和１９５８
年 １—２月则记为 １９５７年冬季，因此分析时期为
１９５７—２００９年共５３个冬季。７４项环流指数来源于
国家气候中心气候系统诊断室。

１２　分析方法
采用旋转经验正交分解（ＲＥＯＦ）方法识别冬季

平均气温变异的空间差异性［２２］。ＥＯＦ分析方法是
在分析气象要素的时空分布时，将资料序列分解成

空间和时间两部分，且分解具有正交性。分解结果

得到多个荷载分布场及相应的时间变化系数，主要

空间模式反映气象要素的主要空间特征。ＲＥＯＦ则
是通过因子轴的转动，能够分解出要素场中不同地

理区域变化的特征。

为了准确合理地分区，采用聚类分析方法，对已分的

各区边界加以鉴定。Ｐｅａｒｓｏｎ相关系数聚类分析方法用来

衡量两个数据集合是否在一条线上面。其计算公式：

ｒ＝
∑ｘｙ－∑

ｘ∑ｙ
Ｎ

（∑Ｘ２－
（∑Ｘ）２
Ｎ ）（∑Ｙ２－

（∑Ｙ）２
Ｎ槡

）

（１）

环流因子初选。用前一年１月至前一年１１月的
７４项环流指数，计算了持续时间分别为１个月、２个
月、３个月３０种月季组合，共得到备选环流指数因子
数２２２０（７４×３０）个。求其与东北各区冬季平均气温
距平序列之间的相关，选取超过０００１显著性水平
的相关因子。

向后去除变量选择方法。在回归分析中一种变

量的选择过程中，将所有变量输入到方程中，然后按

顺序移去。考虑将与因变量之间的部分相关性最小

的变量第一个移去（部分相关：对于因变量与某个自

变量，当已移去模型中的其他自变量对该自变量的

线性效应之后，因变量与该自变量之间的相关性。

当变量添加到方程时，它与 Ｒ方的更改有关。可称
为半部分相关）。如果它满足消除条件，则将其移

去。移去第一个变量之后，考虑下一个将方程的剩

余变量中具有最小的部分相关性的变量移去。直到

方程中没有满足消除条件的变量，过程结束。这与

逐步回归建立的回归方程不同［２４］。

网格面积加权法。在建立各区域平均时间序列

时，采用Ｊｏｎｅｓ等［２３］提出的计算区域平均气候时间

序列的方法。首先将东北整个区域按经纬度划分网

格，网格尺寸为２°×２°，共４０个网格。然后将每个
网格里所有站点数据进行算术平均，得到各网格平

均值。最后应用面积加权法计算所有网格点的平均

值，获得各区冬季平均温度时间序列。计算全部网

格面积加权平均值的公式：

Ｙｋ ＝
∑
ｍ

ｉ＝１
（ｃｏｓθｉ）×Ｙｉｋ

∑
ｍ

ｉ＝１
（ｃｏｓθｉ）

（２）

式（２）中，Ｙｋ为第 ｋ年全国平均值，ｉ＝１，２，…，ｍ，
（ｍ为网格数），Ｙｉｋ为第 ｉ个网格中第 ｋ年的平均值，
θｉ为第ｉ个网格中心的纬度。

本文采用逐步回归、线性拟合等统计分析方法。

其中多元回归方程采用Ｆ检验，Ｆ００１（３，４０）＝４３１。
相关系数的显著性检验采用 ｔ检验［２２］。本文中 Ｎ＝
５３，则ｒ０００１＝０４４，ｒ００１＝０３５，ｒ００５＝０２７。
１３　区域划分结果

由于地理环境的差异，东北不同地区冬季气温

变化有一定的差异。对东北冬季气温距平场进行

ＲＥＯＦ分解计算，可以较好地揭示出差异性。由表１
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可知，前两个特征向量的方差贡献分别为４６％和
表１　中国东北冬季气温距平场 ＲＥＯＦ分解前３个特征

向量的方差贡献和累计方差贡献

Ｔａｂｌｅ１　Ｖａｒｉａｎｃｅｃｏｎｔｒｉｂｕｔｉｏｎａｎｄａｃｃｕｍｕｌａｔｅｄｖａｒｉａｎｃｅ
ｃｏｎｔｒｉｂｕｔｉｏｎｏｆｔｈｅｆｉｒｓｔｔｈｒｅｅｅｉｇｅｎｖｅｃｔｏｒｓｏｆＲＥＯＦ
ｃｏｍｐｏｎｅｎｔｓｆｏｒｗｉｎｔｅｒｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｉｅｓ

ｏｖｅｒｔｈｅｎｏｒｔｈｅａｓｔＣｈｉｎａ

　旋转后特征向量序号 １ ２ ３

旋转后方差贡献 ０４６２ ０３７０ ００３９
累计方差贡献 ０４６２ ０８３２ ０８７２

３７％，前３个特征向量的累计方差贡献达到８７％。
　　图２ａ至图２ｃ给出东北冬季气温距平 ＲＥＯＦ分
解的前３个特征向量载荷的空间分布。第１特征向
量均为正值，且由北向南逐渐增大，以辽宁省营口为

大值中心，为０９３。第２特征向量均为负值，但负值
绝对值由北向南减小，黑龙江省黑河、齐齐哈尔一带

为低值中心，为 －０８９。第３特征向量体现出东西
部地区的差异变化，高值中心出现在大兴安岭以西，

向东逐步减小。

　　前２个特征量中心特征值的绝对值均在 ０８以

图２　中国东北冬季气温距平ＲＥＯＦ的第１（ａ）、第２（ｂ）、第３（ｃ）特征量分布和聚类分析（ｄ）
Ｆｉｇ．２　Ｔｈｅｄｉｓｔｒｉｂｕｔｉｏｎｓｏｆｔｈｅｆｉｒｓｔ（ａ），ｓｅｃｏｎｄ（ｂ）ａｎｄｔｈｉｒｄ（ｃ）ｅｉｇｅｎｖｅｃｔｏｒｓｏｆＲＥＯＦｃｏｍｐｏｎｅｎｔｓｆｏｒｗｉｎｔｅｒ

ｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｉｅｓｉｎｎｏｒｔｈｅａｓｔＣｈｉｎａａｎｄｉｔｓｃｌｕｓｔｅｒａｎａｌｙｓｉｓ（ｄ）

上，构成以中国辽宁、黑龙江省为中心的２个主要的

局地变化区域。第３个特征量的中心出现在蒙古国

境内，中国境内只有两个站的特征值超过０６，其方

差贡献很小，不作为单独分区依据。

根据以上分析结果，将东北地区划分出以辽宁

西南和黑龙江北部为中心的两个局地变化区域

（图２阴影区），第１特征向量０６的载荷线与第２特

征向量０６５的载荷线比较接近，为此使用聚类分析

方法，发现使用第１特征向量０６的载荷线分区更

接近聚类分析。最终确定如图１所示的东北南区和

北区２个子区。北区共有３５个站，南区有５５个站。

２　结果分析

２１　冬季气温主要特征及异常年的划分
采用网格面积加权法得到各区域时间序列，用５

点滑动平均和一元线性趋势分析全区以及各分区温

度变化趋势（图３）。从图３可以看出，１９５７—２００９
年东北冬季气温上升趋势非常明显，全区升温趋势

为 ０４５℃／１０ａ，北区为 ０４７℃／１０ａ，南区为
０４４℃／１０ａ；与文献［２５］中国１９５１—２００１年冬季
温度上升趋势，增温速率高为 ０３６℃／１０ａ比较吻
合。近５３ａ东北冬季平均气温上升了约 ２４３℃。
增温主要是自１９８０年代开始。１９８０年代以前，气温

181



５０　　　 气 象 与 环 境 学 报 第２９卷　

在较小的范围内上下波动，而从２０世纪８０年代初

图３　１９５７—２００９年全区（ａ）和北区（ｂ）及南区（ｃ）
气温距平变化趋势

Ｆｉｇ．３　Ｔｈｅｔｒｅｎｄｓｏｆａｉｒｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｉｅｓｉｎｔｈｅ
ｓｔｕｄｙａｒｅａ（ａ），ｔｈｅｎｏｒｔｈｓｕｂｒｅｇｉｏｎ（ｂ）ａｎｄｔｈｅｓｏｕｔｈ

ｓｕｂｒｅｇｉｏｎ（ｃ）ｆｒｏｍ１９５７ｔｏ２００９

开始，气温呈不断上升趋势。

　　从偏暖年份看，２０世纪８０年代中期以后的年份
也明显增多。８０年代以前，没有距平超过１个标准
差的暖年；而以后却出现了８个距平超过１个标准
差的偏暖年份，而且温暖程度也越来越大。记录中

最暖的２００６年温度距平值为２３倍标准差。最近
２０ａ为东北冬季最暖，其中２００６年冬季最暖。
　　图４给出了东北地区冬季气温的线性倾向率的

图４　中国东北冬季气温线性倾向率的等值线分布
Ｆｉｇ．４　Ｃｏｎｔｏｕｒｄｉｓｔｒｉｂｕｔｉｏｎｏｆｌｉｎｅｒｔｅｎｄｅｎｃｙｒａｔｉｏｏｆ
ｗｉｎｔｅｒａｉｒｔｅｍｐｅｒａｔｕｒｅｏｖｅｒｔｈｅｎｏｒｔｈｅａｓｔＣｈｉｎａ

等值线分布。１９５７—２００９年黑龙江省东北部地区增
长趋势最为显著，达到０８℃／１０ａ，而西部增长相对
较慢，东北地区气温平均升高了０４５℃／１０ａ（或）
以上。与王绍武［２］中国 １９５１—２００１年年平均气温
变化趋势，东北最大升温达到了 ０８／１０ａ和李春
等［４］指出东北地区气温最大升温超过了 ０７／１０ａ，

平均升高０５／１０ａ或以上，比较一致。
　　为减少区域平均时人为因素的影响，使用全区、
南、北子区ＥＯＦ第１特征向量对应的时间系数标准
化值为对应区域冬季平均气温距平序列，用来反映

冬季平均气温的冷暖异常变化。考虑到所用资料为

５３ａ，冷暖冬年的气候概率不宜过大，也不宜太小，以
冬季平均气温距平大于（小于）１０（－１０）倍标准
差作为确定冬季冷暖的标准。

　　表２表明，东北南、北两子区的冷、暖冬年有较
表２　中国东北各区异常冷暖冬年

Ｔａｂｌｅ２　Ａｂｎｏｒｍａｌｃｏｌｄａｎｄｗａｒｍｗｉｎｔｅｒｙｅａｒｓ
ｉｎｔｈｅｄｉｆｆｅｒｅｎｔｒｅｇｉｏｎｓｏｆｔｈｅｎｏｒｔｈｅａｓｔＣｈｉｎａ

北区

冷冬年 暖冬年

南区

冷冬年 暖冬年

全区

冷冬年 暖冬年

１９６４ １９８８ １９６６ １９５８ １９６７ １９８８
１９６５ １９９０ １９６７ １９８８ １９６８ １９９１
１９６８ １９９４ １９６９ １９９１ １９６９ １９９４
１９６９ １９９５ １９７６ １９９４ １９７６ １９９７
１９７６ １９９７ １９８０ １９９７ １９８０ １９９８
１９７７ １９９８ １９８４ １９９８ １９８５ ２００１
２０００ ２００１ １９８５ ２００１ ２０００ ２００３
－ ２００３ ２０００ ２００３ － ２００６
－ ２００６ － ２００６ － －
－ ２００７ － ２００８ － －

大的不同。１９５７—２００９年两者共同的冷冬年只有
３ａ，暖冬年有７ａ，共同异常冷暖冬年份约占全部年
份的５０％。冷冬年集中发生在 ２０世纪 ６０—７０年
代，暖冬年集中发生在９０年代以后，且暖冬年发生
强度和频率有显著增加趋势，冷冬年发生强度和频

率则显著减小。这一结果与前人研究获得的东北地

区冬季气候明显变暖的结论完全一致［５］。

２２　冬季平均气温与环流指数的相关性
２２１　与同期和前期环流指数的关系

用东北各区冬季平均气温距平序列与同期经向

纬向环流指数进行相关，发现中国东北冬季气温和

欧亚纬向环流指数、亚洲纬向环流指数呈正相关。

其中与欧亚纬向环流指数相关最强，南区相关系数

最高为０６９，显著性水平α＜０００１（表３），因此，欧
表３　中国东北冬季气温与环流指数的相关关系

Ｔａｂｌｅ３　Ｔｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｂｅｔｗｅｅｎｗｉｎｔｅｒａｉｒ
ｔｅｍｐｅｒａｔｕｒｅａｎｄｃｉｒｃｕｌａｔｉｏｎｉｎｄｅｘｏｖｅｒｔｈｅｎｏｒｔｈｅａｓｔＣｈｉｎａ

项目 北区 南区 全区 显著性水平α
欧亚纬向环流指数

（ＩＺ，０°—１５０°Ｅ）
０５５５０６９１０６６８ ０００１

亚洲纬向环流指数

（ＩＺ，６０°—１５０°Ｅ）
０４３５０６４８０５９４ ００１

东亚槽位置（ＣＷ） ０３５４０３６７０３７７ ００１
东亚槽强度（ＣＱ） ０４６４０２８９０３６８ ００５
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亚纬向环流的强弱是影响冬季中国东北地区气温高

低的重要因子，其中对南部影响最为显著。在异常

发展的纬向型环流控制下，东亚大槽偏浅，西风带波

动振幅不大且快速东移，高空西风气流强盛，中国东

北地区冬季气温异常偏高。

　　图５给出了欧亚纬向环流指数与中国东北９０

图５　欧亚纬向环流指数与中国东北９０站
冬季气温同期相关系数分布

Ｆｉｇ．５　Ｔｈｅｄｉｓｔｒｉｂｕｔｉｏｎｏｆｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｂｅｔｗｅｅｎ
ｔｈｅｓｉｍｕｌｔａｎｅｏｕｓＥｕｒａＡｓｉａｎｚｏｎａｌｃｉｒｃｕｌａｔｉｏｎｉｎｄｅｘａｎｄ

ｗｉｎｔｅｒａｉｒｔｅｍｐｅｒａｔｕｒｅｆｒｏｍ９０ｗｅａｔｈｅｒ
ｓｔａｔｉｏｎｓｏｖｅｒｔｈｅｎｏｒｔｈｅａｓｔＣｈｉｎａ

站冬季平均气温的同期相关系数。同样可以看出，

大部分站点具有显著的正相关，南部地区相关系数

高达０７５，北部地区相关较低，但多数台站也通过了
α＜００１的显著性水平检验，表明东北地区冬季平
均气温与欧亚纬向环流指数有较高的正相关性。

　　用前一年 １月至前一年 １１月的 ７４项环流指
数，计算持续时间分别为１个月、２个月、３个月３０
种月季组合，共得到备选环流指数因子数２２２０（７４×
３０）个。求其与东北各区冬季平均气温距平序列之
间相关发现，东北冬季气温与前期１０个副热带高压
面积指数呈现较显著正相关关系（表 ４），与前期 ５
个极涡面积指数呈现较显著负相关关系（表５）。相关
性在不同区域存在较大差异以及较大的月季差别。

　　其中前期８月东太平洋副热带高压面积指数、
前期７—８月北美大西洋副热带高压面积指数与中
国东北冬季气温相关最好，超过０５５（显著性水平α
＜０００１）。前期夏季６—８月北半球副热带高压面
积指数、北美大西洋副热带高压面积指数、北美副热

带高压面积指数和太平洋副热带高压面积指数相关

均较好，最大相关系数超过 ０５（显著性水平
α＜０００１）。总体来说，中国东北北区相关性好于南

表４　中国东北冬季气温与前期夏季副热带高压指数的相关关系
Ｔａｂｌｅ４　Ｔｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｂｅｔｗｅｅｎｗｉｎｔｅｒａｉｒｔｅｍｐｅｒａｔｕｒｅａｎｄｓｕｍｍｅｒｓｕｂｔｒｏｐｉｃａｌ

ｈｉｇｈｉｎｄｅｘｏｖｅｒｔｈｅｎｏｒｔｈｅａｓｔＣｈｉｎａ

副热带高压指数
前期夏季６—８月

北区 南区 全区

前期７—８月

北区 南区 全区

前期８月

北区 南区 全区

显著性

水平α

北半球副热带高压面积指数（５°Ｅ—３６０°） ０５０５０４８１０５１１ ０５３８０５０２０５３７ ０５５６０４７７０５２８ ０００１
北非副热带高压面积指数（２０°Ｗ—６０°Ｅ） ０２１４０３１２０２８７ ０２４７０３２１０３０６ ０３０３０３１００３２０ ００５０
北非大西洋北美副热带高压面积指数（１１０°Ｗ—６０°Ｅ） ０４４８０４６５０４７８ ０４７８０４８６０５０３ ０４９４０４３３０４７５ ００１０
西太平洋副热带高压面积指数（１１０°Ｅ—１８０°） ０４５６０４１５０４４９ ０４６４０４０２０４４４ ０４２７０３４３０３９１ ００５０
东太平洋副热带高压面积指数（１７５°Ｗ—１１５°Ｗ） ０４７２０４１６０４５６ ０５１４０４５８０４９９ ０５５３０４７６０５２６ ０００１
北美副热带高压面积指数（１１０°Ｗ—６０°Ｗ） ０５４４０５０００５３９ ０５６００５２９０５６３ ０５３６０４４６０５００ ０００１
大西洋副热带高压面积指数（５５°Ｗ—２５°Ｗ） ０４２８０４１００４３３ ０５１９０４５９０５０２ ０４２６０３２８０３７９ ００１０
南海副热带高压面积指数（１００°Ｅ—１２０°Ｅ） ０３６２０４０１０４０３ ０４１３０４４４０４５１ ０３８５０４０１０４１２ ００１０
北美大西洋副热带高压面积指数（１１０°Ｗ—２０°Ｗ） ０５４１０５０２０５３８ ０５８３０５４１０５８０ ０５６００４５６０５１５ ０００１
太平洋副热带高压面积指数（１１０°Ｅ—１１５°Ｗ） ０４８３０４３２０４７１ ０５１２０４５１０４９４ ０５３５０４４８０５０１ ０００１

表５　中国东北冬季气温与前期极涡指数的相关关系
Ｔａｂｌｅ５　ＴｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｂｅｔｗｅｅｎｗｉｎｔｅｒａｉｒｔｅｍｐｅｒａｔｕｒｅａｎｄｐｏｌａｒｖｏｒｔｅｘｉｎｄｅｘｏｖｅｒｔｈｅｎｏｒｔｈｅａｓｔＣｈｉｎａ

极涡指数
前期８月

北区 南区 全区

前期１０月

北区 南区 全区

亚洲区极涡面积指数（１区，６０°Ｅ—１５０°Ｅ） －０４１３ －０３５８ －０３９５ －０５３３ －０４８５ －０５２５
太平洋区极涡面积指数（２区，１５０°Ｅ—１２０°Ｗ） －０４２８ －０３５０ －０３９６ －０３３７ －０３１０ －０３３４
北美区极涡面积指数（３区，１２０°Ｗ—３０°Ｗ） －０２９４ －０２０８ －０２５０ －００９５ －００６３ －００７８
大西洋欧洲区极涡面积指数（４区，３０°Ｗ—６０°Ｅ） －０３０２ －０２９６ －０３１１ －０１２９ －００７８ －０１００
北半球极涡面积指数（５区，０°—３６０°） －０５３５ －０４５６ －０５０６ －０３７５ －０３１３ －０３５１
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区，７—８月好于夏季。８月东太平洋副热带高压面
积指数相关性达到最高。

中国东北冬季气温与前期１０月亚洲区极涡面
积指数、前期８月北半球极涡面积指数相关最好，最
大相关系数绝对值均超过 ０５，显著性水平达到
α＜０００１，其中中国东北北区相关性又好于南区。
中国东北冬季气温与前期其他区域极涡面积指数相

关性一般不高，仅与前期８月太平洋区极涡面积指
数呈现较显著的负相关关系。

２２２　主要前期影响因子的选取与预测
根据以上冬季气温与前期副热带高压和极涡面

积指数的相关分析结果，选取超过０００１显著性水
平的相关因子，并用多元回归方法计算最优预测因

子，得到关键因子：前期８月东太平洋副热带高压面
积指数（１７５°—１１５°Ｗ）Ｘ１，前期１０月亚洲区极涡面
积指数（１区，６０°Ｅ—１５０°Ｅ）Ｘ２，前期８月北半球极
涡面积指数（５区，０°—３６０°）Ｘ３，建立中国东北回归
预测方程。

全区：Ｙ＝０２４３Ｘ１－０３０１Ｘ２－０３２３Ｘ３　Ｒ＝０６７
Ｆ＝１３３３

北区：Ｙ＝０２６７Ｘ１－０２９０Ｘ２－０３４６Ｘ３　Ｒ＝０７０
Ｆ＝１５５２

南区：Ｙ＝０２４２Ｘ１－０２９２Ｘ２－０２２５Ｘ３　Ｒ＝０６１
Ｆ＝９６９

以上各式均通过了显著性水平为００１的 Ｆ检
验，Ｆ＞＞Ｆ００１（３，４０）＝４３１。复相关系数分别为
０６７、０７０、０６１。北区和全区冬季平均气温与所选
取的前期环流因子复相关系数较高。

图６给出关键因子多元回归值（图６中折线）与

图６　标准化多元回归预测值与中国东北北区（ａ）和
全区（ｂ）冬季气温标准化距平的比较

Ｆｉｇ．６　Ｃｏｍｐａｒｉｓｏｎｏｆｓｔａｎｄａｒｄｉｚｅｄｐｒｅｄｉｃｔｅｄｖａｌｕｅｓｂｙ
ｍｕｌｔｉｖａｒｉａｂｌｅｒｅｇｒｅｓｓｉｏｎａｎｄｓｔａｎｄａｒｄｉｚｅｄａｎｏｍａｌｉｅｓ
ｏｆｗｉｎｔｅｒａｉｒｔｅｍｐｅｒａｔｕｒｅｉｎｔｈｅｎｏｒｔｈｓｕｂｒｅｇｉｏｎ（ａ）

ａｎｄｔｈｅｗｈｏｌｅｓｔｕｄｙａｒｅａ（ｂ）

冬季平均气温距平序列的关系。可见，两者对应关

系较好。

　　表６分别列出各个区域冷冬年、暖冬年及对应
表６　中国东北冷暖冬年及对应的预测值

Ｔａｂｌｅ６　Ｔｈｅｃｏｌｄａｎｄｗａｒｍｗｉｎｔｅｒｙｅａｒｓａｎｄｔｈｅｉｒ
ｃｏｒｒｅｓｐｏｎｄｉｎｇｆｏｒｅｃａｓｔｖａｌｕｅｓｏｖｅｒｔｈｅｎｏｒｔｈｅａｓｔＣｈｉｎａ

北区

冷年 预测值 暖年 预测值

全区

冷年 预测值 暖年 预测值

１９６４ －１６２６８１９８８ ０５４４８ １９６７ －０４３３２１９８８ ０５２９２
１９６５ －１１２２４１９９０ １０３２８ １９６８ －１８５６４１９９１ １１２２５
１９６８ －１８５７８１９９４ １３９５０ １９６９ －１５４７４１９９４ １４０７８
１９６９ －１５１５３１９９５ ０６９０５ １９７６ －１９０２１１９９７ １５９０４
１９７６ －１８６８２１９９７ １５４５９ １９８０ －０５６７６１９９８ ２６３２２
１９７７＃ －０９３８３１９９８ ２６３５９ １９８５＃ －０８６９６２００１ １３９０６
２０００ －０１５７５２００１ １４３４７ ２０００ －０２３４４２００３ １３６５７
－ － ２００３ １３８４３ － － ２００６ １４１０２
－ － ２００６ １３９１１ － － － －
－ － ２００７ １５７５０ － － － －

　　注：为大于（小于）１０（－１０）；＃为接近１０（－１０）。

的模型预测值。根据大于（小于）１０（－１０）倍标
准差作为确定冬季冷暖的标准，１９５７—２００９年，北区
８０％的暖冬年和８０％冷冬年可以预测出，全区８７％
的暖冬年能够预测出来，而冷冬年仅有５０％能预测
出来。因此，本文所建立的统计预测模型对东北地

区冷、暖冬年具有一定预测能力，尤其是暖冬年，误

报率较低。

　　图７给出利用后１０ａ独立样本资料计算获得的

图７　冷暖冬年模型预报值与观测值相关系数空间分布
Ｆｉｇ．７　Ｔｈｅｓｐａｔｉａｌｄｉｓｔｒｉｂｕｔｉｏｎｏｆｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔ
ｂｅｔｗｅｅｎｆｏｒｅｃａｓｔｖａｌｕｅｓａｎｄｏｂｓｅｒｖａｔｉｏｎａｌｖａｌｕｅｓ

ｏｆｃｏｌｄａｎｄｗａｒｍｗｉｎｔｅｒｙｅａｒｓ

各站预测值与实际观测值之间的相关系数分布情

况。平均相关系数 ｒ＝０６１，大部分区域在 ０６０以
上，北区大部超过０７０。由于１０ａ独立样本试验容
量不大，有相当大的随机性。仅有的２０００年和２００９
年两个冷冬年均成功地预测出来，２００１年和２００６年
两个暖冬预测出一个。除了２００５年，距平超过０５
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倍标准差的冷暖年份趋势均报对。说明其具有一定

的预测能力。

２３　冷暖冬年同期环流异常特征与成因
合成冷，暖冬年的同期５００ｈＰａ高度场和海平面

气压距平场（图略）。在暖冬年，欧亚大陆的中纬度

地区是大面积的正距平，欧亚大陆的高纬度地区为

负距平。这种北低南高的位势高度距平场的配置使

得欧亚纬向环流占优势，极涡在亚洲的活动范围减

小，强度减弱。西风带波动振幅不大且快速东移，高

空西风气流强盛，气流北侧靠近高纬度地面气压为

负距平。在气流南侧气压为正距平。距平场的上述

特征，抑制了冷暖气团的经向交换，加上高纬度空气

持续冷却，中纬度增温稳定维持，最终在高纬度出现

气温负距平，中纬度出现气温正距平，中国东北地区

出现暖冬年。冷冬年的位势高度距平场分布与暖冬

年基本呈现出相反分布，欧亚大陆的中纬度地区为

负距平控制，高纬度表现为正距平，使得冷冬年在中

高纬度地区盛行经向环流。在这样的环流形势背景

中，极地的冷空气在西风带的偏北气流引导下，源源

不断地向南入侵，造成中纬度的中国东北地区气温

异常偏低，出现冷冬年。

从表４—表５可以看出，极涡与东北气温呈显著
负相关，副热带高压与东北气温呈正相关关系，如果

８月和１０月极涡面积显著收缩，通常后期冬季中国
的大部分地区气温上升；反之，若当年８月和１０月
的极涡面积显著扩展，那么冬季中国东北地区气温

有下降趋势；尤其是当前期亚洲区极涡面积扩大（缩

小），冬季气温显著下降（上升）。从夏季同期

５００ｈＰａ高度距平场可以看出，当极涡面积异常偏大
（偏小），反映副热带高压的５８８线主体也偏小（偏
大）、偏南（偏北），即北半球副热带高压面积偏小

（偏大）。

３　结论与讨论

（１）根据ＲＥＯＦ分析，东北地区气温分布可分为
两个区域：以辽宁渤海湾为中心的南部地区，以黑龙

江北部为中心的北部地区。

（２）各分区冬季气温变化的特征，表现为一致的
上升趋势，上升的幅度以北部地区为最大，其次是南

部地区，西部地区温度上升最缓慢。冷冬年发生在

２０世纪８０年代以前，暖冬年发生在９０年代以后，南
北区冷暖差异较明显。

（３）用前一年１月至前一年１１月的７４项环流
指数，分别计算了持续时间为１个月、２个月、３个月
３０种月季组合，共 ２２２０个备选因子数。选取超过
０００１显著性水平的相关因子，建立 “最优”回归方

程，得到两个极涡面积指数和一个副热带高压面积

指数为中国东北冬季气温的最优预测因子；冷、暖冬

年预测可以将选定时段和区域的极涡和副热带高压

面积指数作为一个重要的影响因素，且误报率较低。
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ABSTRACT

Observational evidence indicates that the correlation between Tibetan Plateau (TP) winter snow and East

Asian (EA) summer precipitation changed in the late 1990s. During the period 1979–99, the positive cor-

relation between the TP winter snow and the summer precipitation along the Yangtze River valley (YRV)

and southern Japan was disrupted by the decadal climate shift. In contrast, the summer precipitation over the

Huaihe River valley (HRV) and the Korean Peninsula showed a strong positive correlation with the pre-

ceding winter snow over the TP during the period 2000–11.

The radiosonde temperature measurements over the TP show a pronounced warming since the late 1990s.

This warming is associated with the significant increase in surface sensible heat flux and longwave radiation

into atmosphere. The latter is closely related to the decrease of surface albedo and the soil hydrological effect

of melting snow due to the decadal decrease in the preceding winter and spring snow over the TP. The TP

warming induced by the decrease in winter snow, together with the cooling of the sea surface temperature in

the tropical central and eastern Pacific, intensifies the land–sea thermal contrast in the subsequent spring and

summer over EA, thus causing a northward advance of the EA summer monsoon. Accompanying the

northward migration of the summer monsoon, the summer precipitation belt over EA shifts northward.

Consequently, the high summer precipitation region over EA correlatingwith the precedingwinter snow over

the TP has shifted northward from the YRV and southern Japan to the HRV and the Korean Peninsula since

the late 1990s.

1. Introduction

The Tibetan Plateau (TP), which has an average al-

titude of approximately 4 km, is one of the earth’s most

complex geographical features. The TP serves not only

as a physical barrier but also as an elevated heat source

that establishes a thermal contrast between the plateau

and surrounding cooler air in the summer (Ding 1992).

The combination of these two significant effects appears

to be a central factor influencing the large-scale mon-

soon circulation over East Asia (EA) (e.g., Flohn 1957;

Li and Yanai 1996). The seasonal cycle and interannual

variation in theEA summermonsoon rainfall are known

to be closely related to variations in TP heating (Ye and

Gao 1979; Tao and Ding 1981; Hsu and Liu 2003; Wu

andQian 2003; Zhao et al. 2007). Zhang et al. (2004) and

Ding et al. (2009) examined the relationship between

winter and spring snow cover over the TP and the de-

cadal variations of the EA summer monsoon rainfall

based on the observed data for the period from the 1960s

to 1990s. Correlation analysis documented that the TP

winter snow has a significant positive correlation with

the subsequent summer precipitation along the Yangtze

River valley (YRV; 288–318N, 1108–1208E) in China. It is
proposed that an increase in the winter snow cover over

the TP is closely related to a significant reduction in

surface sensible heat flux and a subsequent cooling over

the TP and its surrounding atmosphere. The cooling is

caused by the surface albedo and soil hydrological effect

of melting snow owing to the snow increase over the TP.

TP cooling thus reduces the land–sea thermal contrast

during summer over EA, leading to a weak EA summer

monsoon, which brings more precipitation to the YRV

(Ding et al. 2009).

Recently, Si et al. (2009) found that summer precipi-

tation in EA exhibited a decadal shift in the late 1990s.

During the 1980s and 1990s summer precipitation was

mainly concentrated along the YRV. Since the late 1990s

the precipitation belt has shifted northward to the
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Huaihe River valley (HRV; 318–338N, 1108–1208E),
which has an average distance of 200–300 km from the

YRV. However, the winter snow cover over the TP has

shown a significant decreasing trend since the late 1990s.

That is to say, both the TP winter snow and the EA

summer precipitation have undergone a decadal change

in the late 1990s, which naturally raises questions as to

whether the TP snow–EA precipitation correlation pat-

tern also experienced a similar change in the late 1990s

and, if so, what new correlation pattern between the TP

winter snow and the subsequent summer precipitation

over EA has been established. With these questions in

mind, we will examine the decadal change in the corre-

lation between the TP winter snow and the EA summer

precipitation in the last decade. Additionally, a physi-

cal mechanism responsible for the change in the TP

snow–EA precipitation correlation in the last decadal

period is discussed.

This paper is arranged as follows. Section 2 describes

the datasets used in this study. In section 3, we docu-

ment the decadal decreases in the winter and spring snow

over the TP, while in section 4 we examine the decadal

changes in summer precipitation over EA in the last de-

cade. In section 5, we compare the correlation patterns

of the winter snow cover over the TP with summer pre-

cipitation in EA between the two periods of 1979–99 and

2000–11. Plausible causes for these changes are discussed

in section 6. A summary is provided in section 7.

2. Data

The main observational data analyzed in this study

include the following products.

1) The daily surface-observed snow depth, wind speed,

air temperature, soil temperature, and pressure data

used in this study are from the National Meteorolog-

ical Information Center (NMIC) of the China Mete-

orological Administration (CMA). The monthly data

are derived from daily data. Because surface observ-

ing stations in the western TP begin providing oper-

ational observations since the late 1970s, our research

is performed using data records starting from 1979 to

add more observations in the western TP. In this

study, 72 stations (Fig. 1) located where there is good

temporal continuity in meteorological observations

are used. The quality control of this dataset was made

by the NMIC of the CMA.

2) Monthly station rainfall data include 160 stations in

China, 11 stations in southern Japan, and 8 stations in

South Korea. The Chinese station data are provided

by theNational Climate Center of the CMA included

information from 160 stations, of which we chose 46

stations located in east China. Station data in southern

Japan and South Korea are derived from the Global

Historical Climate Network (GHCN) of the National

Climate Data Center (NCDC) of the National Oce-

anic and Atmospheric Administration (NOAA).

3) Radiosonde temperature data (Guo and Ding 2009)

are provided by the NMIC of the CMA. Twice-daily

observational data at 0000 and 1200 UTC are com-

bined into a merged daily radiosonde temperature

dataset. The quality control of this dataset also was

done by the NMIC of the CMA recently.

4) The National Aeronautics and SpaceAdministration

(NASA) Global Energy and Water Cycle Experi-

ment (GEWEX) Surface Radiation Budget (SRB)

release 3.1 dataset (Cox et al. 2006; Gupta et al. 2006)

also is used in this study. This dataset uses Interna-

tional Satellite Cloud Climatology Project (ISCCP)

clouds and radiance and other inputs to produce

monthly mean upward and downward longwave radi-

ative flux on a 18 latitude 3 18 longitude resolution.

The current release 3.1 covers the period from July

1983 through December 2007.

5) The atmospheric data are derived from the National

Centers for Environmental Prediction (NCEP)–

National Center for Atmospheric Research (NCAR)

reanalysis dataset (Kalnay et al. 1996).

6) Monthly mean sea surface temperature (SST) data

used are the optimum interpolated SST (OISST)

dataset (Reynolds and Smith 1994) provided by

NOAA at a 28 latitude 3 28 longitude resolution.

3. Observed decreasing trend in the TP winter and
spring snow

An examination of the observed snow depth data re-

veals that a prominent reduction in the winter and spring

snow depth occurred throughout the TP during the last

decade. Figure 2 depicts the time series of snow depths

FIG. 1. Distribution of the 72 surface-observing stations (black

dots) over the Tibetan Plateau. The shaded area (gray) indicates

regions with an altitude above 2500m.
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over the TP averaged for the 72 stations in winter and

spring during the period 1979–2011. It can be seen that

thewinter and spring snowdepth over theTP experienced

a distinct decadal change in the late 1990s. This decadal

change point is further confirmed by the Yamamoto

method and Mann–Kendall method. The snow depth

increases greatly from 1979 to 1996 and then decreases

abruptly from 1996 to 1999. Since 1999 snow depth

remains low except in winter 2008, possibly due to in-

terannual variation. The average winter snow depth is

0.6 cmday21 during 1979–99, but it drops to an average of

0.37 cmday21 for the period 2000–11. The average spring

snow depth is 0.32 cmday21 during 1979–99, but it drops

to an average of 0.25 cmday21 for the period of 2000–11.

Figure 3 presents the decadal change (2000–11 mean

minus the 1979–99 mean, as below) in the winter snow

depth over the TP. The regions experiencing significant

snow reduction cover the majority of the TP.

4. Summer precipitation changes in East Asia

In tandem with a reduction in winter and spring snow

throughout the TP, the precipitation and large-scale at-

mospheric circulation in EA have experienced consider-

able changes. Recently, Si et al. (2009) found that the

summer precipitation in east China exhibited a substantial

decadal shift in the late 1990s. Before 1999, the main

precipitation belt was located along the YRV; sub-

sequently, it has steadily shifted northward to the HRV.

Figure 4 displays the difference in summer precipita-

tion patterns between 2000–11 and 1979–99 in east China.

The most notable features are the two coherent zonal

bands of precipitation anomalies, with opposite signs,

over the YRV and HRV. One zonal area of negative

anomalies is found along the YRV. Across the HRV,

large precipitation anomalies with opposite signs are also

observed. This pattern resembles the second leading

mode of the empirical orthogonal function (EOF) anal-

ysis for the summer precipitation in east China in Si et al.

(2009). Si et al. analyzed the spatial and temporal varia-

tion of the summer precipitation over theYRVandHRV

and found that the second leading mode accounted for

21% of the total variance. This mode was characterized

by a seesaw between the YRV and HRV (see Si et al.

2009, Fig. 1d). The time coefficients of the second leading

mode also displayed an abrupt phase transition from

negative to positive in the late 1990s (see Si et al. 2009,

Fig. 1e). This change indicates that the summer precipi-

tation has increased over the HRV but decreased over

the YRV since the late 1990s.

Figure 5 shows the spatial pattern of contemporaneous

correlation between the time series of summer precipi-

tation averaged over the YRV/HRV and summer pre-

cipitation series of eachof the 65 stations inEA.Themost

striking feature revealed by this figure is that the pre-

cipitation variations over southern Japan and Korean

Peninsula are in phase with precipitation over YRV/

HRV, showing a positive relationship. This correlation

pattern also agrees with the results of Ninomiya and

Akiyama (1992) and Ding and Chan (2005), who found

that the mean summer precipitation belt over EA is nor-

mally elongated and narrow, extending from east China

to southern Japan.

Therefore, the decadal change in the summer preci-

pitation over east China in the late 1990s is not a local

phenomenon but is connected to the shift in the large-scale

FIG. 2. Time series of (a) winter and (b) spring snow depth

(cmday21) over the Tibetan Plateau, averaged for the 72 stations

from 1979 to 2011. The dashed curve indicates the third-order

polynomial fit. The horizontal dashed lines indicate averaged values

for the two decadal periods 1979–99 and 2000–11. The horizontal

solid lines indicate averaged values for the period 1979–2011.

FIG. 3. Changes (2000–11 mean minus 1980–99 mean) in winter

snow depth (cmday21) over the Tibetan Plateau based on the

surface-observed data. The shaded areas are statistically significant

at the 95% confidence level according to a Student’s t test.

7624 JOURNAL OF CL IMATE VOLUME 26

189



precipitation regime over EA. For southern Japan, the

precipitation is also relatively high during the 1980s and

1990s, but relatively low during the 2000s. In contrast, the

summer precipitation levels on Korean Peninsula are

relatively low during the 1980s and 1990s but are com-

paratively high during the 2000s (not shown). This trend

implies that the primary summer precipitation belt,

indeed, shifted northward throughout EA in the late

1990s.

The changes in summer precipitation patterns through-

out EA are revealed by EOF analysis. The normalized

observed summer [June–August (JJA)] precipitation in

EA is used in the EOF analysis. The first EOF mode,

which accounts for 16.6% of the total variance, displays

a pattern of an elongated band of positive precipitation

anomalies along the YRV, southern Japan, and southern

South Korea and negative precipitation anomalies over

other EA regions (Fig. 6a). The first EOF mode clearly

indicates that the main precipitation belt extends from

the YRV to southern Japan, and its time coefficient show

a declining trend (Fig. 6b). The second EOF mode ac-

counts for 14.2%of the total variance. The spatial pattern

corresponds to coherent variations over HRV and the

Korean Peninsula and opposite variations in YRV and

the area south of YRV (Fig. 6c). Figure 6d illustrates the

time coefficient of the second EOF mode, which shows

an abrupt decadal change in the late 1990s.Moreover, the

period from the early 1980s to 1990s is mainly in the

negative phase of time coefficient, implying that it is wet

in the YRV, the area south of YRV, and southern Japan

but dry over the HRV and Korean Peninsula. Since the

late 1990s the phase abruptly turns positive. This change

implies the decadal northward shift of the precipitation

belt. For the earlier decade (1979–99), the average value

of absolute time coefficient of the first EOFmode is 2.51,

while the average value of absolute time coefficient of the

second EOF mode is 2.26. This result indicates that the

YRV–southern Japan mode is the leading mode during

1979 to 1999. For the later decade (2000–11), the average

value of absolute time coefficient of the first EOFmode is

2.09, while the average value of the second EOF mode is

2.82. The first leading EA summer precipitation mode

distinctly changes from a YRV–southern Japan mode

during 1979–99 to an HRV–Korean Peninsula mode in

the last decade (2000–11), indicating a decadal northward

shift in the summer precipitation belt in EA.

All of these results reveal that the summer precipita-

tion patterns in East China and EA have both demon-

strated a decadal change in the late 1990s. This decadal

change is opposite to the previous one in the late 1970s.

The decadal change in precipitation over EA occurred

in the late 1970s withmore precipitation in theYRV and

southern Japan and less in the HRV and the Korean

Peninsula since then (e.g., Hu 1997; Chang et al. 2000;

Huang 2001; Wang 2001; Gong and Ho. 2002; Yu et al.

2004; Ding et al. 2009; Zhou et al. 2009).

5. Decadal change in the TP snow–EA
precipitation correlation

The above analysis reveals that both TP winter snow

and the ensuing EA summer precipitation underwent a

dramatic decadal change in the late 1990s. In this sec-

tion, we will examine whether the correlation between

TP winter snow and the following summer precipitation

in EA changed in the late 1990s.

To elaborate on the relationship between the above

two elements for the time periods of 1979–99 and 2000–

11, a correlation analysis is applied to the winter snow

depth over the TP and the following summer precipi-

tation in EA.

FIG. 4. Changes (2000–11 mean minus 1980–99 mean) in total

summer precipitation (mm) over east China. The shaded areas are

statistically significant at the 95% confidence level according to

a Student’s t test.

FIG. 5. Correlation map between the summer precipitation over

the Yangtze River and Huaihe River valleys averaged for the 46

stations and summertime precipitation over East Asia for 1979–

2011. The shaded areas are statistically significant at the 95%

confidence level.
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For the period 1979–99, the correlation map between

the TPwinter snow series (Fig. 2) and the summer rainfall

in EA indicate a significant positive zonal band along the

YRV and southern Japan (Fig. 7a). The correlation pat-

tern obtained from the analysis implies that an above

normal TP winter snow will be followed by increased

precipitation along the YRV and southern Japan during

the subsequent summer and vice versa.

However, for the period 2000–11 the correlation pat-

tern changes radically and differs from the first period’s

pattern. The positive correlation shift northward from

theYRVand southern Japan to theHRVand theKorean

Peninsula, while a negative correlation along the YRV

and southern Japan is detected (Fig. 7b). The result sug-

gests that an above normal TP winter snow favors in-

creased summer precipitation along the YHR–Korean

Peninsula and decreased summer precipitation along

YRV–southern Japan. This change implies a decadal

change in the correlation pattern between the TP snow

and the EA summer precipitation in the late 1990s.

6. Causes of the decadal change in the TP snow–EA
precipitation correlation

We present a brief description in this section of why

the regions of high correlation between the TP winter

snow and the subsequent summer precipitation over

East Asia have shifted northward from the YRV to the

HRV. This may be closely related to the decadal re-

duction in the snow over the TP since the late 1990s. It is

known that an anomalous preceding winter snow cover

may affect the surface albedo and influence soil hy-

drology, which may further alter the soil moisture and

surface and atmosphere temperature during the sub-

sequent summer, thus leading to variations in the en-

suing large-scale atmospheric circulation and the Asian

summer monsoon (Liu and Yanai. 2002). Shukla (1984)

and Shukla and Mooley (1987) pointed out that the

memory of a winter snow anomaly in the climate system

resides in the wetness of the subsurface soil as snowmelts

during spring and summer, which influences the soil and

air temperature in the following summer and affects

the regional monsoon circulation. Figure 8a illustrates

the lagging effect of winter snow depth on the summer

thermal condition over the TP by using a lead–lag cor-

relation. We denote the high snow depth as year 0 and

the following year as year 1. For the winter snow depth

over the TP, the high snow depth peaks during January–

February (1) and persists to early spring. Snow melting

(Fig. 8a, red curve) begins to develop a significantly

positive correlation with snow depth in March (1), which

persists toApril (1). Snowmelting is a sink for latent heat;

FIG. 6. Spatial pattern of (a) EOF1 and (c) EOF2 for summer precipitation and (b),(d) their corresponding time

coefficient during 1979–2011. The dashed curves in (b),(d) indicate a third-order polynomial fit.
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snow melts to water that is available for evaporation,

runoff, and to increase soil moisture by diffusion and

gravitational transport (Vernekar et al. 1995). The top

layer (0–7 cm) soil moisture (Fig. 8a, green curve)

anomalies have a moderate persistence from winter to

mid spring. High persistence is seen in the middle layer

(28–100 cm) soil moisture (Fig. 8a, blue curve) and per-

sists to late spring. This result is consistent with a longer

persistence of soil moisture for the middle layer than the

top layer in an earlier analysis of a numerical simulation

byWang et al. (2009). A significantly negative correlation

with soil temperature (Fig. 8b, red curve), sensible heat

flux (Fig. 8b, green curve), and air temperature (Fig. 8b,

blue curve) persists from December (0) to March (1).

This is largely because of the snow albedo effect. When

snow is present on the ground, the soil and air tem-

perature is colder than without snow. After March (1),

a large amount of snow melts and effectively decreases

the snowpack and the albedo effect. Snowmelt water

increases not only the soil moisture but also the heat

capacity of the soil. The air temperature retains a high

negative correlation long after all of the snow is melted

because of the large heat capacity of the wetter surface.

However, air temperature is not significantly corre-

lated with the winter snow depth in May (1) when most

of the snow over the TP has melted. In summary, the air

temperature over the TP is low because of the snow

albedo effect in winter, heat loss energy used in melting

snowpack, and the larger heat capacity of the wetter

soil from spring and summer.

The anomalous snow condition over the TP may

significantly affect the TP heating field. Based on pre-

vious estimates of heat sources and sinks over the TP in

summer, the surface sensible heat flux is a dominant

component of atmospheric heating field over the TP,

especially over the western part of the TP (Ye and Gao

1979; Nitta 1981; Murakami and Ding 1982; Luo and

Yanai 1984). Ye and Gao (1979) computed various

components of long-term mean heat balanced over the

TP and their seasonal variations, and pointed out that

the sensible heating is the primary factor in atmospheric

heating sources over the entire TP until the rainy season

occurs.

We have estimated sensible heat flux by using the 72

station observed data. The sensible heat (H) is calcu-

lated by

H5 rcpCHU(Ts 2Ta) , (1)

FIG. 7. Correlation between the winter snow depth over the

Tibetan Plateau averaged for the 72 stations and the observed

summer precipitation over EastAsia for the period (a) 1979–99 and

(b) 2000–11. Shaded areas are statistically significant at the 95%

confidence level.

FIG. 8. (a) Correlation of the TP snow depth with the TP

snowmelt (change ofmonthly snow depth, red curve), 0–7-cm-deep

volumetric soil moisture (green curve), and 28–100-cm-deep

volumetric soil moisture (blue curve) of the ECMWF Interim

Re-Analysis forDecember (0)–February (1) at the 72 stations (298–
358N, 908–1048E) for the period 1979–2011. Note that the high

snow-depth year designated as year 0 and following year as year 1.

The black solid curve is for the autocorrelation of the TP snow

depth with its December–February (DJF) values. (b). Correlation

of the TP snow depth with the TP soil temperature (red curve),

sensible heat flux (green curve), and air temperature (blue curve)

for December (0)–February (1) at the 72 stations for the period

1979–2011.

1 OCTOBER 2013 S I AND D ING 7627

192



where r is air density, Cp the specific heat at a constant

pressure,U the wind speed,Ts the soil temperature,Ta is

near-surface air temperature, and

CH 5 0:00121 0:01/U (2)

(Chen and Wong 1984).

Figure 9 shows the seasonal mean sensible heat fluxes

over the TP averaged for the 72 station during the period

1979–2011. Significant increasing trends in sensible heat

flux, derived by using a third-order polynomial fit, are

obvious in all three seasons since the late 1990s. The trend

in summer is 0.6%decade21. It is in winter when the

trend is most notable, 1.6%decade21. The trend in

spring is comparably strong, 1.5%decade21.

Additionally, TP warming is an important factor driv-

ing the Asian summer monsoon. The seasonal variation

in TP heating is closely associated with the anomalous

reversal of the zonal thermal contrast in the Asian mon-

soon region. This variation, therefore, may influence the

large-scale atmospheric circulation and summer mon-

soon in EA (Flohn 1957; Yanai et al. 1992; Li and Yanai

1996; Wu and Zhang 1998; Wang et al. 2008). Figure 10

shows the decadal changes in surface longwave radia-

tion ratio (surface longwave upward flux/downward flux)

over the TP. For winter, the decadal difference in surface

longwave radiation ratio is positive over the entire pla-

teau; that is, it represents the TP warming over most of

the TP in the later decade, with surface longwave radia-

tion ratio increasing by 2%–9%—even by 9%–15% in

a few regions. A similar difference between the two pe-

riods, but with a relative smaller warming tendency, also

appears in spring and summer.

We also examine the temperature series mostly in the

central and eastern TP averaged for the 15 stations

(Fig. 11a) at five levels from 1979 to 2011 (Figs. 11b,c). A

remarkable feature is that the radiosonde temperature

exhibits a prominent decadal change in the late 1990s. A

distinctive tropospheric (from 500 to 200 hPa) warming

trend and stratospheric (100 hPa) cooling trend are found

over the TP in spring. The warming trend is most prom-

inent in the upper troposphere and around 300 hPa. For

summer, warming also occurs in the troposphere, with

the amplitude of the warming tending to strengthen with

increasing altitude, shifting to a cooling trend above

200 hPa. The tropospheric warming trend over the TP is

notably more pronounced in summer than in spring.

Augmented atmospheric warming in the spring and

summer over the TP since the late 1990s may, in turn,

influence the land–sea thermal contrast in the EA mon-

soon region. Previous research revealed a positive cor-

relation between TP snow and oceanic forcing (SST

FIG. 9. Seasonal-mean sensible heat fluxes (Wm22) over the TP

averaged for the 72 stations for (a) winter, (b) spring, and (c) sum-

mer. The dashed curve indicates a third-order polynomial fit;

horizontal solid lines indicate averaged values for the period of

1979–2011.

FIG. 10. Changes (2000–07 mean minus 1984–99 mean) in the

surface longwave radiation ratio (%) (upward flux/downward flux)

in (a) winter, (b) spring, and (c) summer.
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anomalies in the tropical central and eastern Pacific),

and both factors had a high negative correlation with

the land–sea thermal contrast in the EA monsoon re-

gion (Ding et al. 2009). This result implies that, if the

TP has below normal (above normal) snow in the pre-

ceding winter and the tropical central and eastern Pacific

anomalously cools down (warms up), the land–sea ther-

mal contrast in the EA monsoon region will intensify

during the subsequent spring and summer. Based on the

computational methods discussed by Yanai et al. (1992),

the vertically integrated (surface to 200hPa) apparent

heat source Q1 is estimated by using the NCEP–NCAR

FIG. 11. (a) Distribution of the 15 radiosonde stations over the Tibetan Plateau and (b) spring and (c) summer

temperature (8C) over the TP averaged for the 15 stations from 500 to 100hPa. The horizontal solid lines indicate

averaged values for the period of 1999–2011; Dashed curves indicate a third-order polynomial fits.
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reanalysis dataset. Here, the difference ofQ1 between the

TP and the tropical central and eastern Pacific is defined

as the land–sea thermal contrast index. The higher the

thermal contrast index, the more amplified the land–sea

thermal contrast. The time series of the land–sea thermal

contrast index for 1979–2011 is depicted in Fig. 12, which

shows a distinct rising trend and a change in sign from

negative to positive since the late 1990s, indicating an

augmented land–sea thermal contrast in the EA mon-

soon region.

As the land–sea thermal contrast increases, the large-

scale atmospheric circulation changes over the EA mon-

soon region during the subsequent spring and summer.

Under the above forcing of the heightened land–sea

thermal contrast, the northern boundary of the EA sum-

mer monsoon migrates northward. As seen from Fig. 13,

anomalous low-level westerly winds decrease along the

YRV, and anomalous westerly winds simultaneously in-

crease along the HRV, indicating the northward migra-

tion of the northern boundary of the summer monsoon

over EA. The anomalous cyclonic circulation strengthens

over the HRV while it weakens over the YRV. Thus, the

precipitation belt is located along the HRV but departs

from the YRV (Fig. 4). Accompanying the northward

advance of the summer monsoon, the EA monsoon

subsystems also shift northward.

Because the westerly subtropical jet marks the pole-

ward limit of the Hadley cell, a systematic northward

shift of the jet implies that the Hadley cell expands

northward in the Northern Hemisphere. Figure 14a il-

lustrates the change in outgoing longwave radiation

(OLR) in the summer. Enhanced convection is obtained

in the climatological tropical western North Pacific in-

tertropical convergence zone (ITCZ) and areas to its

north, where the climatological OLR values are less than

220Wm22 along 08–138N, implying that the tropical

western Pacific ITCZ is enhanced and displaced north-

ward. However, convection is suppressed to the north of

the climatological western North Pacific subtropical high

(WNPSH) where the climatological OLR values are

greater than 250Wm22 along 208–308N, implying that

the WNPSH is enhanced and displaced northward as

well. The change in the WNPSH is more evident in the

500-hPa geopotential height difference for the 2000–11

mean minus 1980–99 mean. As seen from Fig. 14b, geo-

potential height is raised in an extensive area to the north

of the climatological WNPSH, where the climatologi-

cal 500-hPa geopotential height values are greater than

5880 gpm, whereas it drops in the extensive area to the

south of the climatological WNPSH, further verifying

the northward displacement of theWNPSH. Because the

locations of the ITCZ and WNPSH are considered as

rising and subsiding branches of the Hadley cell, respec-

tively, an enhancement and northward displacement of

the ITCZ and the WNPSH implies that the local Hadley

cell in EA intensified and expanded northward during the

last decade. Because subsidence causes adiabatic heat-

ing and suppresses convection, this northward expansion

leads to midlatitude (near 308N) tropospheric warming

FIG. 12. Time series of the difference between the normalized

vertically integrated (from surface to 200 hPa) apparent heat

source Q1 (Wm22) averaged over the Tibetan Plateau (288–438N,

708–1058E) and the tropical central and eastern Pacific (108S–108N,

1808–1208W) for (a) spring and (b) summer. The solid lines denote

9-yr running mean curves.

FIG. 13. Changes (2000–11meanminus 1980–99mean) in 850-hPa

zonal components (red shading denotes westerly components and

blue shading denotes easterly components, m s21) and 850-hPa

winds (vectors, m s21) in summer. The shaded area (gray) indicates

altitudes above 2500m.
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and a broadening of subtropical dry zones (near 308N)

(Fu et al. 2006; Hu and Fu 2007), which would contribute

to a decrease in summer precipitation along theYRVand

southern Japan, but an increase summer precipitation

along the HRV and Korean Peninsula.

As previously noted, water vapor transport is one of

the most important components of the EA monsoon

system. Anomalous precipitation is directly related to

water vapor transport. Here, an analysis is made to ex-

amine the differences in water vapor transport over the

EA monsoon region between the periods 1979–99 and

2000–11.

Figure 15 displays the anomalous composite field

of the 850-hPa water vapor transport for 1979–99 and

2000–11. The shaded areas indicate the convergence of

the anomalous water vapor. During 1979–99 the tropical

southwest water vapor transport converges with the

northwest midlatitude water vapor transport above the

main rain belt along the YRV and southern Japan. This

anomalous water vapor transport is associated with a

southward displacement of theWNPSH and a southward

migration of the northern boundary of the EA summer

monsoon. During 2000–11, in contrast, the water vapor

convergence zone moves northward to the HRV and

Korean Peninsula. The origin of the anomalous con-

vergence is from the subtropical southeast water vapor

transport and the northeast midlatitude water vapor

transport. The subtropical southeast branch originates

from the East China Sea. This anomalous water vapor

transport is associated with a northward displacement of

the WNPSH and a northward migration of the northern

boundary of theEAsummermonsoon,which is favorable

for a heavier rain belt along the HRV (Zhou and Yu,

2005) and Korean Peninsula.

Another phenomenon in the anomalous water vapor

transport pattern worth discussion is the ENSO signal

FIG. 14. (a) Changes (2000–11 mean minus 1980–99 mean) in

outgoing longwave radiation (Wm22) in summer. The red thick

contours indicate the climatological outgoing longwave radiation

distribution averaged for summer in 1981–2010. Values exceeding

the 95% confidence level according to a Student’s t test are stip-

pled. (b) Changes (2000–11 mean minus 1980–99 mean) in 500-hPa

geopotential height (gpm) in summer. The red thick contours in-

dicate the climatological 500-hPa geopotential height distribution

averaged for summer in 1981–2010. Values exceeding the 95%

confidence level according to a Student’s t test are stippled.

FIG. 15. Anomalous 850-hPa water vapor transport (kgm21 s21)

in summer for the period (a) 1979–99 and (b) 2000–11. The diver-

gence ofwater vapor transports is plotted in shading; A (C)mark the

centers of the anomalous anticyclone (cyclone); the dashed curves

indicate the anomalous anticyclone (cyclone) ridge (trough).
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from the tropical central and eastern Pacific. Through-

out the period 1979–99, the circulation anomalies at low

latitudes are dominated by an elongated anticyclonic

ridge extending from the southeast coast of China to the

western Pacific. This ridge has two centers at 228N, 1208E
and 208N, 1408E. This anomalous anticyclonic ridge

conveys, in part, the impacts of warm tropical central

and eastern Pacific SSTs to the EA climate through the

Pacific–EastAsia teleconnection (Wang et al. 2000;Wang

and Zhang 2002), which leads to a higher water vapor

supply to the YRV and southern Japan. During the later

period of 2000–11, the anomalous circulation change

occurs at the low latitudes of EA and the former anticy-

clonic ridge is replaced by a cyclonic trough. This decadal

shift results from the decadal change in the remote forc-

ing produced by the tropical central and eastern Pacific

SST anomaly. During the 1980s and 1990s, the SST over

the tropical central and eastern Pacific is relatively high.

Since the late 1990s, the central and eastern Pacific ex-

periences a high La Ni~na event period, leading to a cor-

responding cold SST over the tropical central and eastern

Pacific during the 2000s (Fig. 16).

Overall, the northward migration of the northern

boundary of the summer monsoon, the subtropical west-

erly jet, the WNPSH and the local Hadley cell over EA

results in the northward shift of the summer precipi-

tation belt from the YRV and southern Japan to the

HRV and Korean Peninsula. These results suggest that

the connection between the northward shifts in the high

summer precipitation throughout EA with the TP winter

snow may be closely related to the significant decadal

reduction in snow depth over the TP since the late 1990s.

7. Summary

A significant trend in the decline of winter and spring

snow over the TP since the late 1990s is confirmed based

on weather station observational data. This trend may

exert some considerable influence on the precipitation

and large-scale atmospheric circulation over the TP and

its surrounding areas, including the displacement of

the primary summer precipitation belt and the northern

boundary of the summermonsoon over EA. It is verified

that the summer precipitation belt over EA experienced

a decadal shift in the late 1990s. There is a remarkable

difference between the periods prior to and following

the late 1990s, with the summer precipitation belt chiefly

located along the YRV and southern Japan before the

late 1990s, subsequently shifting northward to the HRV

and Korean Peninsula.

In addition, the correlation between the TP winter

snow and the following summer precipitation in EA

changed in the late 1990s. For the period from the 1980s

to the 1990s, the correlation analysis reveals a strong

positive correlation between the TPwinter snow and the

subsequent summer precipitation along the YRV and

southern Japan. Since the late 1990s, however, the areas

of strong positive correlation between the TP winter

snow and summer precipitation over EA shift northward

from the YRV and southern Japan to the HRV and

Korean Peninsula, thus leading to a negative correlation

along the YRV and southern Japan. An above normal

winter TP snow favors increased precipitation along the

HRV and the Korean Peninsula but decreased precipi-

tation along the YRV and southern Japan in the sub-

sequent summer.

Further analysis suggests that this change in correlation

patterns is closely associated with the decadal decrease in

snow over the TP since the late 1990s. The increase in TP

heating, mainly owing to the decrease in winter snow,

together with the decrease in SST in the tropical central

and eastern Pacific, possibly enhances the land–sea

thermal contrast over EA in the subsequent spring and

summer. Thus, the northern boundary of the EA summer

monsoon and the summer precipitation belt migrate

northward. Correspondingly, the WNPSH and the local

Hadley cell advance northward over East Asia, and the

water vapor convergence zone moves northward from

FIG. 16. Changes (2000–11 mean minus 1982–99 mean) in observed winter sea surface

temperature (8C) based on theNOAAOISST data. Values exceeding the 95% confidence level

according to a Student’s t test are stippled.
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the YRV and southern Japan to the HRV and Korean

Peninsula. These changes led to an increase in pre-

cipitation over the HRV and Korean Peninsula and

a decrease over the YRV and southern Japan in the

subsequent summer. Thus, the decadal northward shift

of the high correlation region over EA between the TP

snow depth and the monsoonal precipitation in the late

1990s is closely related to the decrease in winter and

spring snow over the TP. However, it is not apparent why

the TPwinter and spring snowhas experienced a decadal-

scale decrease.

For a long time period, the TP role, especially on the

interannual time scale, in regional climate change is still

an open question whether it plays an active role. This

work provides evidence indicating the close relationship

between decadal variations of the TP snow and that of

the rainfall pattern in EA, but it does not mean logically

that the rainfall anomaly pattern in EA is dominated

completely by the TP snow variations as this relation-

ship may be an indicator of, and is probably affected by,

the external large-scale forcing from the interdecadal

variation of SST in the Indian, Pacific, and even Atlantic

Oceans, as well as polar ice concentration.
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江淮流域夏季降水对前冬持续时间长短的响应*
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( 2012年 10月 19日收到; 2012年 11月 1日收到修改稿 )

利用 NCEP/NCAR再分析资料计算得到江淮流域 1961—2011年前冬持续时间,分析其时空变化特征,并进一

步探究它与后期江淮流域夏季降水的关系.结果表明,江淮流域前冬持续时间存在着明显的年际和年代际变化,前

冬持续时间显著偏长年份比偏短年份的前冬温度低、气压高、北风强,表明温度、气压、经向风可能是反映江淮流

域前冬持续时间的关键因子,且不同区域各气象要素对季节长度的影响存在一定差异; 1961—2011年江淮流域前冬

持续时间与该区域夏季降水呈显著正相关关系;统计分析亦发现,前冬持续时间显著偏长 (偏短)的代表年份中,夏

季降水以偏多 (偏少)为主;对典型代表年份环流场进行合成分析发现,前冬持续时间显著偏长时,乌拉尔山与鄂霍

次克海地区夏季易形成阻塞形势,进而会对江淮流域夏季降水产生影响;最后利用奇异值分解从空间场相关的角度

探讨了两者的联系,发现江淮流域夏季降水与前冬持续时间存在非常显著的关系.

关键词: 江淮流域,季节划分,前冬持续时间,夏季降水

PACS: 92.60.Wc DOI: 10.7498/aps.62.069203

1 引 言

江淮流域地处中国东部, 受夏季风的影响, 夏
季降水年际变率大, 易发生旱涝灾害, 如 1954 年、
1991年、1998年的洪涝,以及 1959年、1961年、
1978年的干旱,都给该地区人民生产和生活造成了
非常严重的损失. 因此, 探寻江淮流域夏季旱涝异
常的前期信号,并对夏季降水进行预测具有十分重
要的意义.
以往的研究主要集中于从不同的角度揭示江

淮流域夏季降水的成因,例如早在 1962年,陶诗言
等 [1] 就指出, 江淮流域持久性旱涝与 500 毫巴高
度场流型的持续性异常有密切联系; 宣守丽等 [2]

的研究也表明,夏季各月东亚高空急流位置、强度
以及急流扰动的异常与我国淮河流域降水异常密

切相关,环流型的异常会影响江淮流域上空冷暖气
流的强度, 进而影响该地区降水; 赵亮等 [3,4] 发现

厄尔尼诺 -南方涛动 (ENSO)循环可以通过影响东

亚夏季风环流异常的范围而使雨带位置发生变化,
而东亚夏季风强弱会使雨量发生变化; 赵勇和钱
永甫 [5] 则指出青藏高原东部和其以北区域的大尺

度热力差异对江淮流域夏季降水有很好的指示性;
司东等 [6] 的研究发现, 20世纪 90年代末由于江淮
梅雨期东亚中纬度地区对流层明显增暖,东亚副热
带大气扩张,导致东亚副热带急流北移, Hadley环
流圈拓宽北伸和中纬度西风带北移,使得梅雨雨带
向北移动, 导致长江以南降水减少, 长江以北降水
增多.
综上可见, 以往的研究多从环流型的持续性

异常、ENSO 循环、青藏高原的热力作用、水汽
输送 [7] 等角度揭示了江淮流域夏季降水的成因,
研究的影响因子多为同期要素, 缺少预测意义. 近
来,张世轩等 [8]利用多要素相似度量季节划分方法

研究了中国东部地区前冬季节来临早晚与我国夏

季雨带的联系,发现前冬来临早晚与夏季雨型具有
一定的对应关系. 而事实上, 夏季季节的长短决定
了雨季的长短,因而仅使用冬季季节来临时间不能

*国家自然科学基金 (批准号: 41175067, 41105055, 41275073)、国家重点基础研究发展计划 (批准号: 2012CB955902)和公益性行业 (气象)科研
专项 (批准号: GYHY200806005, GYHY201106016)资助的课题.

† 通讯作者. E-mail: zhirong@cma.gov.cn

c⃝ 2013 中中中国国国物物物理理理学学学会会会 Chinese Physical Society http://wulixb.iphy.ac.cn
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全面地把握冬季特征对夏季降水的影响,而使用冬
季季节持续时间作为指标,既包含了冬季来临时间
也包含了结束时间,能够更为全面地代表前冬季节
长短与夏季降水的关系. 因此, 本文利用季节划分
方法计算江淮流域冬季持续时间,并进一步探讨了
江淮流域夏季降水对前期冬季持续时间长短的响

应,然后利用奇异值分解从空间场相关的角度探讨
了两者的联系, 结果显示二者关系密切, 江淮流域
前冬持续时间是其夏季降水多寡的一个显著前期

信号.

2 资料和方法

2.1 分区与资料

根据王遵娅 [9]提出的气候分区方法,本文江淮
流域的选取范围为 (27.5—35◦N, 107.5—122.5◦E).
使用的资料主要包括:

1) NCEP/NCAR提供的 1960—2011年日平均
再分析资料, 主要包括地面温度、气压、相对湿
度、经向风和纬向风; 1961—2011 年月平均再分
析资料,主要包括高度场、比湿、地面气压、经向
风和纬向风等, 分辨率均为 2.5◦× 2.5◦; 其中位于
江淮流域 (27.5—35◦N, 107.5—122.5◦E) 的共有 28
(7×4)个格点;

2) 中国气象局气象信息中心资料室提供的
1961—2011年中国 160站月平均降水资料,选取江
淮流域范围内的 34个站点.

2.2 季节划分方法

张世轩等 [8] 将利用多要素构造气候状态变量

的观点 [10,11] 应用于相似性度量季节划分方法上,
提出一种多要素相似度量季节划分方法. 本文主
要根据此季节划分方法计算江淮流域前冬的起始、

结束以及持续时间. 具体步骤简介如下.
将日平均温度、气压、相对湿度和风速 (分别

用 P, T , RH, U , V 表示)资料进行候平均 (以 5天为
一候)处理,得到各个要素的候平均资料序列;然后
利用上述要素在空间上构造一个气候态变量 F (t),
其表达式如下:

F (t) = (P,T,RH,U,V ), (1)

取 1月和 7 月的平均场分别作为冬季和夏季的典
型气候状态场 (分别记为 Fw 和 Fs), 消去其两者

的公共部分 F ∗ = 1/2(Fw +Fs),得到偏差量 F ′
w 和

F ′
s ); 然后计算各候气候变量 F (t) 的偏差量 F ′(t)

(F (t)′ =F (t)−F ∗). 并进一步计算各个时段偏差量
F ′(t)与 F ′

w (或 F ′
s )的相似系数 R(t):

R(t)≡ (F ′(t),F ′
w)/[||F ′(t)|| · ||F ′

w||], (2)

上式右端各变量均为矢量, R(t)就可以表征某一候

实际场与典型的冬季 (或夏季)场的相似程度,当实
际场与典型场达到一定的相似度时 (即 R(t)达到一

定量值),便可将这一时间点 t 定义为季节的开始时

间.
最后,根据 R(t)的投影角 ϕ(t) = arccosR(t)给

出四季的划分标准: 本文选取当 0 6 ϕ(t) < π/4
为冬季开始, 3π/4 < ϕ(t) 6 π 为夏季开始, π/4 6
ϕ(t)6 3π/4为春季或秋季开始,各季节的终止日期
即为下一个季节起始日期的前一天.
从 构 造 的 气 候 态 变 量 的 定 义 F (t) =

(P,T,RH,U,V ) 可以看出, 这一气候态变量综合考
虑了气压、温度、湿度和风等气象要素,这些气象
要素能够全面地表征一定地点和特定时刻大气的

基本特征,因而能够比较准确地刻画各地区一年四
季的演变.

3 江淮流域前冬持续时间与夏季降水
的变化特征分析

3.1 江淮流域前冬持续时间与夏季降水的
变化特征

利用第 2.2节的季节划分方法计算得到 1961—
2011年江淮流域前冬平均持续时间序列 (图 1(a));
图 1(b)为 1961—2011年江淮流域夏季降水距平百
分率序列.
由图 1(a)可见,近 50年江淮流域前冬平均持续

时间约为 122 d,前冬持续时间最长的年份是 1998
年,为 140 d;最短的年份是 1973年,仅为 106 d,两
者相差 34 d, 表明前冬持续时间的年际变率很大.
此外, 由前冬持续时间的标准化距平累加量曲线
可以看到, 江淮流域前冬持续时间也同时具有非
常明显的年代际变化: 1961—1980 年前冬持续时
间存在逐渐缩短的趋势, 1980—2001年左右则又逐
渐增长, 2001 年之后逐渐变短. 而由图 1(b) 可见,
1961—2011年江淮流域夏季降水距平百分率最大
值为 32.5% (1998年),最小值为 −39.5% (1978年),

201



物理学报 Acta Phys. Sin. Vol. 62, No. 6 (2013) 069203

表明江淮流域夏季降水的强度也存在很强的年际

变化;由夏季降水距平百分率的标准化距平累加量
曲线可见, 江淮流域夏季降水在 1961—1979 年都
是以偏少为主, 1980年之后降水逐渐增多,特别是
90年代中期之后降水量增大趋势最为明显.

图 1 1961—2011年江淮流域前冬持续时间 (a)与夏季降水
距平百分率; (b)序列变化 (曲线为标准化距平累加量)

江淮流域 1961—2011年前冬持续时间与夏季
降水距平百分率的相关系数为 0.445, 置信水平达
到 99%, 表明近 50年江淮流域前冬持续时间与夏
季降水存在显著的正相关关系.

3.2 江淮流域前冬持续时间与中国夏季降
水的相关性分析

为了探究江淮流域前冬季节持续时间与夏季

降水之间的联系, 本文计算了 1961—2011 年前冬
持续时间序列与中国 160 站夏季降水距平百分率
的相关分布,得到时滞相关系数空间分布,如图 2.
由图 2 可以看出, 江淮流域 1961—2011 年前

冬持续时间与中国 160 站降水的相关系数在江淮
流域存在明显的高值区,大部分区域置信水平都达
到 95%,表明江淮流域前冬持续时间与夏季降水存
在显著的正相关,即前冬持续时间显著偏长 (偏短)
时,夏季降水偏多 (偏少).

图 2 1961—2011年江淮流域前冬持续时间与全国 160站夏
季 (6—8月)降水量相关系数分布图 (阴影区分别为置信水平
达到 90%, 95%的区域)

3.3 江淮流域前冬持续时间与夏季降水的
统计分析

江淮流域 1961—2011年前冬持续时间的标准
偏差约为 8.0, 本文以此作为标准选取江淮流域前
冬持续时间显著偏长与偏短年份作为典型代表

年份, 并研究这些典型年份对应的夏季降水特征.
前冬平均持续时间距平 (PWLA, preceding winter
lengths anomalies, 单位: d) 与夏季降水距平百分
率 (SRAP, summer rainfall anomalies percentage, 单
位:%)的对应关系见表 1.
由表 1可见,在前冬持续时间显著偏长的 8年

中,除 1974年 SRAP为负值外,其余年份 SRAP均
为正值, 即夏季降水偏多, 表明江淮流域前冬持续
时间显著偏长时, 夏季降水易偏多; 而在前冬持续
时间显著偏短的 9年中, 1980, 1999, 2007年 SRAP
为负值, 占 3/9, 其余年份 SRAP 均为负值, 占 6/9;
表明当江淮流域前冬持续时间显著偏短时,夏季降
水以偏少为主.

表 1 江淮流域前冬持续时间显著偏长与偏短年份对应的夏季降水距平百分率

偏长 1974 1983 1989 1996 1998 2000 2008 2011

PWLA 8.6 9.7 10.1 10.2 18.5 10.6 9.5 18.2

SRAP −7.9 16.5 8.0 15.3 32.5 14.1 11.7 7.2

偏短 1971 1973 1976 1980 1985 1997 1999 2007 2009

PWLA −14.2 −14.6 −8.4 −9.6 −10.5 −8.5 −8.1 −8.6 −11.0

SRAP −16.3 −6.5 −22.9 32.3 −28.1 −3.9 18.3 7.3 −6.4
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3.4 江淮流域前冬持续时间显著偏长与偏
短年份对应的气象特征分析

本文采用的季节划分方法是基于日平均温度、

气压、相对湿度和风场来确定一年四季的起始与

结束时间, 并进而划定四季的长度, 因此接下来分

析江淮流域前冬持续时间显著偏长与偏短年份对

应的日平均温度、气压、相对湿度和风场的差异,

探究造成前冬持续时间长度出现差异的原因.为了

得到有统计意义的结果,分别对上述气象要素进行

统计假设检验 [12−14]. 此处为了便于分析,图 3中计

算前冬各气象要素差值时取的是前一年 12月与当

年 1, 2月的平均值.

由图 3(a)可以看出,前冬持续时间显著偏长与

偏短年份温度的差值在整个江淮流域均为负值,除

东北部分地区外, 其余地区置信水平均达到 95%,

即江淮流域前冬持续时间显著偏长年份比偏短年

份温度低. 由图 3(b), 江淮流域前冬持续时间显著

偏长年份比偏短年份气压高,除西部与东南部分地
区外,其余地区置信水平均达到 95%. 图 3(c)是相
对湿度的差值分布,可以发现整个江淮流域均未通
过显著性检验, 在西北与东南地区差值为正值, 其
余地区则为负值,表明江淮流域前冬持续时间显著
偏长与偏短年份, 相对湿度的差异并不明显, 相对
湿度对前冬持续时间的影响可能比较小. 图 3(d)是
风场的差值分布,可以看到江淮流域中部与东部沿
海地区置信水平均达到 95%,并且整个区域均为异
常偏北风控制,说明江淮流域前期冬季持续时间显
著偏长年份北风比偏短年份的强.
根据以上分析, 江淮流域前冬持续时间显著

偏长年份比偏短年份温度低、气压高、北风强,而
相对湿度的差异不是特别明显, 表明温度、气压、
经向风可能是影响江淮流域前冬持续时间的关键

因子, 而相对湿度的影响可能较小, 并且在不同的
区域各个气象要素对季节长度的影响也可能存在

差异.

图 3 持续时间显著偏长与偏短年份冬季 (前一年 12月与当年 1, 2月平均)地面温度 (a),单位 ◦C,气压 (b),单位 hPa;相对
湿度 (c),单位%;经向风和纬向风 (d),单位 m/s的差值分布 (阴影区为置信水平达到 95%的区域)

4 江淮流域前冬持续时间显著偏长与
偏短年份夏季大气环流场和水汽输

送场分析

江淮流域夏季降水与全球 500 hPa环流形势关

系紧密 [15],同时,夏季东亚地区上空夏季风水汽输

送通量与江淮流域降水也密切相关,水汽输送最大

中心与最大降水中心有很好的对应,并且在水汽辐

合带附近能够产生大量降水 [16−20],所以本文接下

来利用合成分析研究江淮流域前冬持续时间显著

偏长与偏短年份夏季大气环流场与水汽输送通量

场的异同,并进一步分析造成江淮流域夏季降水产
生差异的原因.

4.1 前冬持续时间显著偏长与偏短年份对
应的夏季环流场分析

首先,分别对前冬持续时间显著偏长与偏短年
份的夏季 500 hPa高度场, 850 hPa风场进行合成分
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析,得到结果如图 4所示.

由图 4(a),前冬持续时间显著偏长时,欧亚大陆
中高纬度 500 hPa高度场距平由西向东均呈现 “+,
−, +”的分布特点,乌拉尔山、鄂霍次克海附近位
势高度偏高, 贝加尔湖北部地区位势高度偏低, 江
淮流域上空形成一个西风槽. 乌拉尔山、鄂霍次克
海附近 850 hPa风场各形成一个明显的反气旋式环
流, 而贝加尔湖北部则形成了一个气旋性涡旋, 这
种环流形势有利于欧亚大陆的偏冷空气向南输送,
导致江淮流域北部易受异常偏北风影响. 同时, 江
淮流域南部则为异常偏南风,南北气流在江淮流域
上空形成了一条明显的切变线.

图 4 前冬持续时间显著偏长年份 (a)与偏短年份 (b)对应的
夏季 500 hPa高度场与 850 hPa距平风场的合成分布 (阴影区
为位势高度距平值,等值线为位势高度,单位 dagpm;矢量线为
距平风场,单位 m/s)

当前冬持续时间显著偏短时 (图 4(b)),乌拉尔
山、鄂霍次克海附近地区 500 hPa高度场位势高度
偏低,江淮流域西风带平稳. 同时,乌拉尔山、鄂霍
次克海附近地区 850 hPa 风场分别形成气旋性涡
旋,欧亚大陆上空的冷空气向江淮流域输送的强度
比较弱,江淮流域受异常偏南气流控制.

4.2 江淮流域前冬持续时间显著偏长与偏
短年份夏季 500 hPa高度场差值分析

由于 500 hPa环流形势对江淮流域夏季降水能
够产生很大的影响,因此为了研究江淮流域前冬持
续时间显著偏长与偏短年份夏季 500 hPa高度场的
差异,本文接下来对它们的差值进行合成分析.

如图 5所示,江淮流域前冬持续时间显著偏长

与偏短年份夏季 500 hPa高度场的差值分布,在乌
拉尔山与鄂霍次克海地区置信水平均达到 95%,表
明前冬持续时间显著偏长年份比偏短年份夏季乌

拉尔山与鄂霍次克海地区 500 hPa位势高度显著偏
高,因此乌拉尔山与鄂霍次克海地区易形成阻塞环
流形势. 而相关研究也表明 [21−23],夏季乌拉尔山与
鄂霍次克海地区的阻塞高压对江淮地区降水有很

大影响,陆日宇和黄荣辉 [23] 就指出阻塞高压日数

多的年份基本上都是江淮地区的涝年,而阻塞高压
日数少的年份则都是江淮地区的旱年. 因此, 可能
正是 500 hPa环流形势的这种显著性差异造成了江
淮流域夏季降水的多寡.

图 5 前冬持续时间显著偏长与偏短年份对应的夏季 500 hPa
高度场差值分布 (等值线为高度场差值,单位 dagpm; 阴影区
为置信水平达到 95%的区域)

4.3 前冬持续时间显著偏短与偏短年份对
应的夏季水汽输送场分析

江淮流域夏季降水同时受很多因子的共同影

响,而水汽条件始终是其中一个重要的因子. 江淮
流域夏季降水的强度与水汽输送形势密切相关,水
汽输送的强弱、路径以及辐合辐散能够直接影响

降水的强度与范围.图 6是江淮流域前冬持续时间
显著偏长与偏短年份分别对应的水汽输送场,它们
明显存在着很大的差异.
我国夏季降水的水汽源地主要位于孟加拉湾、

南海以及西太平洋等地区 [19]. 当江淮流域前冬持
续时间显著偏长时 (图 6(a)),江淮流域主要是受异
常偏南的水汽输送控制,图 6(a)阴影区显示, 由南
海向江淮流域的水汽输送明显异常偏强,而来自孟
加拉湾与西太平洋地区水汽输送则比较弱. 同时,
江淮流域北部则主要是异常偏北水汽输送,南北暖
湿、干冷空气在江淮流域交绥,形成了一条明显的
切变线, 进而形成锋区, 因而导致江淮流域降水偏
多. 图 6(a)中江淮流域大部分地区水汽输送通量距
平散度均为负值,也表明该地区存在异常水汽输送
辐合.前冬持续时间显著偏短时 (图 6(b)),江淮流域
受异常偏南水汽输送控制,南海与西太平洋等地区
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的南方暖湿水汽输送较强,而来自欧亚大陆的北方
干冷空气活动比较弱,冷暖空气难以在江淮流域辐
合,导致江淮流域降水相对偏少. 图 6(b)中,江淮流
域大部分地区水汽输送通量距平散度均为正值,也
表明该地区水汽输送存在异常辐散,因而不利于在
该区域形成降水.此外,根据 4.1节的分析,水汽输
送形势与 500 hPa高度场和 850 hPa风场也存在很
好的对应关系,说明大气环流形势与水汽输送存在
非常紧密的联系.

图 6 前冬持续时间显著偏长年份 (a)与偏短年份 (b)对应的
夏季整层 (垂直积分从地面气压至 300 hPa)水汽输送通量场
的合成分布 (阴影区为经向水汽通量距平,正值表示异常向北,
负值表示异常向南,单位 kg/s;矢量线为水汽输送通量距平,单
位 kg/s;等值线为水汽输送通量距平散度,单位 10−5 kg/m·s−1)

5 江淮流域前冬持续时间与夏季降水
的奇异值分解

奇异值分解是对两个场交叉协方差矩阵进行

广义对角化运算,它能同时在时间和空间上考虑两
个要素场的相互关系,并得到两要素场数对相关的
空间分布,而且这种空间分布能最大解释要素场的
方差 [24,25]. 为了研究江淮流域前冬持续时间与夏
季降水之间相关场的空间结构,揭示两个场关系密
切的地域分布,本文接下来利用奇异值分解探讨它
们的联系.
根据采用的奇异值分解方法及分析的需要,以

江淮流域 1961—2011 年 28 个格点的前冬持续时
间为左场, 34 个站点夏季降水距平百分率为右场,
对它们进行 SVD 分解, 得到奇异值和左、右奇异
向量,这两个向量分别对应于江淮流域前冬持续时
间和夏季降水场的空间分布型.

表 2 给出了江淮流域前冬持续时间与夏季降
水场前 4 对奇异向量协方差占总方差的百分比、
相应模态的相关系数、左右奇异向量对各自场的

方差贡献率等指标. 从表 2 中看出, 前 4 对空间分
布型可以解释总方差的 65.34%,这说明前 4对奇异
向量能表示出前冬持续时间与夏季降水场耦合作

用的大部分特征,研究这 4对奇异向量的对应关系,
即可以较真实地反映前冬持续时间与夏季降水场

的对应关系和特征,因此以下只分析前 4对空间分
布型的特征.
空间分布型在一定程度上反映了两个场的遥

相关特征,每一对奇异向量分别对应于前冬持续时
间和夏季降水场的一种空间分布型,成对空间分布
型清晰地展示出两个场相关的空间结构. 第一对奇
异向量解释总方差的 22.38%,首先分析第一对空间
分布型的特征即同性相关系数分布.

表 2 江淮流域前冬持续时间与夏季降水奇异值分解结果

奇异向量 第 1对 第 2对 第 3对 第 4对

协方差百分比/% 22.38 16.83 15.25 10.88

相关系数 0.60 0.52 0.54 0.64

PWLA方差百分比/% 11.22 15.99 17.67 7.00

SRAP方差百分比/% 9.47 6.73 4.98 6.54

图 7 江淮流域前冬持续时间 (a)与夏季降水 (b)第一空间分
布型

图 7为第一对空间分布型,从图 7(a)右奇异向
量分布型看出, 江淮流域除西南部分地区外, 其余
大部分地区都为负值区,西北大部分地区和江西省
北部地区相关系数都小于−0.3,置信水平达到 95%
(α0.05 = 0.271), 部分地区相关系数甚至小于 −0.7.
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右奇异向量 (图 7(b)) 的空间分布型表现为江淮流
域西南、东南大部分地区是负值区,西北、东北部
分地区以及中部是正值区,大部分地区置信水平都
达到 95%.
图 8 为第二对空间分布型, 解释总方差的

16.83%. 由左奇异向量 (图 8(a)) 其空间分布型可
以看出, 江淮流域整个区域均为正值区, 这是全区
域一致性分布型态,并且绝大部分地区相关系数都
在 0.4以上,置信水平达到 99% (α0.01 = 0.351). 而
从夏季降水场奇异向量 (图 8(b))来看,江淮流域西
北、东南以及中部地区是正值区,西南部以及江西
省北部地区为负值区,并且整个江淮流域绝大部分

地区均是正值区,这表明当江淮流域前冬持续时间
偏长时,江淮流域夏季降水整体上是偏少的.
图 9 为第三对空间分布型, 解释总方差的

15.25%. 左奇异向量 (图 9(a)) 与第二对左奇异向
量 (图 7(a))分布型比较一致,均表现为全区域一致
性正值区的分布型态,高值区位于江淮流域中北部,
正值中心位于湖北北部和安徽北部,可解释其原始
场方差的 17.67%.夏季降水场奇异向量 (图 9(b))表
现为江淮流域全区大部分地区均为正值区,正值中
心分别位于北部和南部地区. 而湖北省大部分地区
与浙江省北部地区则是负值区,负值中心分别位于
湖北省西部和浙江省东部.

图 8 江淮流域前冬持续时间 (a)与夏季降水 (b)第二空间分布型

图 9 江淮流域前冬持续时间 (a)与夏季降水 (b)第三空间分布型

图 10 江淮流域前冬持续时间 (a)与夏季降水 (b)第四空间分布型

图 10 为第四对空间分布型, 解释总方差的

10.88%. 前冬持续时间奇异向量 (图 10(a))表现为

江淮流域西南部为负值区,而西北与东南部则为正

值区. 夏季降水场奇异向量 (图 10(b))在湖北省西

部与江苏、浙江省大部地区是正值区,其余部分则

为负值区,正值区位于湖北西部和江苏、浙江交界

处,负值中心位于河南西南部、安徽北部以及湖南

中南部.
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上述奇异值分解表明: 江淮流域前冬持续时间
与夏季降水存在明显的遥相关,由前四对奇异向量
可以发现,江淮流域夏季降水与前冬持续时间呈现
显著的正相关.本节利用奇异值分解得到的江淮流
域前冬持续时间与夏季降水的空间分布型与 3, 4
节根据统计、合成分析得到的结果也比较一致.

6 结 论

中国大部分地区位于中纬度, 季节变化明显,
受太阳辐射的驱动,造成地面温度、降水、大气环
流等发生调整,导致一年内春、夏、秋、冬四季的
更替,因而四季的转变实际上反映的是气象要素和
气候现象状态的变化 [26−30]. 本文利用多要素相似
度量季节划分方法研究了江淮流域前冬持续时间

的变化特征,并且进一步利用统计、合成分析与奇
异值分解等方法分析了江淮流域夏季降水对前冬

持续时间长短的响应,发现二者确实存在着一定的
遥相关关系.主要结论如下:

1)江淮流域前冬持续时间的年际变率很大,并
且具有明显的年代际变化, 1961—1980年前冬持续
时间存在逐渐缩短的趋势, 1980—2001年左右则又
逐渐变长, 2001年之后逐渐变短. 此外,根据典型代
表年份的合成分析可以发现,江淮流域前冬持续时
间显著偏长年份比偏短年份温度低、气压高、北

风强,而相对湿度的差异不是特别明显,表明温度、

气压、经向风可能是影响江淮流域前冬持续时间

的关键因子,并且在不同的区域各个气象要素对季
节长度的影响也可能存在差异.

2) 1961—2011年江淮流域前冬持续时间与夏
季降水指数的相关系数为 0.445, 置信水平达到
99%,说明近 50年江淮流域前冬持续时间与夏季降
水指数存在显著的正相关关系. 通过分析发现, 前
冬持续时间显著偏长年份比偏短年份夏季乌拉尔

山与鄂霍次克海地区 500 hPa位势高度高,而当乌
拉尔山与鄂霍次克海地区形成阻塞形势时,易造成
江淮流域夏季降水偏多.

3) 江淮流域前冬持续时间与夏季降水的奇异
值分解表明,江淮流域前冬持续时间与夏季降水存
在明显的遥相关. 由前四对奇异向量可以发现, 江
淮流域夏季降水与前冬持续时间呈现显著的正相

关关系.
以上为江淮夏季降水对前冬持续时间长短响

应的初步结论, 江淮流域位于东亚季风区, 其夏季
降水同时受夏季风、西太平洋副热带高压、极涡、

阻塞形势、青藏高原的动力与热力作用等因素的

共同影响 [31−35],并且各个因子之间的相互作用也
很复杂,因此仅从其前冬持续时间依然是难以准确
地确定其夏季降水的强度.本文的工作也仅是为江
淮流域夏季降水的预报提供一定的参考,而如何合
理利用这些结果预报我国夏季降水还需要更加深

入的研究.
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Summer precipitation response to the length of the
preceding winter over yangtze-huaihe river valley∗
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Abstract
By using NCEP/NCAR reanalysis datasets, the length of preceding winter (LPW) in the Yangtze-Huaihe River valley (YHRV)

from 1961 to 2011 is derived. We investigate the variation of LPW and the relationship between LPW and following summer precipi-
tation, and the results indicate that LPW clearly displays interannual and decadal changes in the period of 1961–2011. The variation of
LPW is closely related to temperature, pressure and meridional wind speed, statistical analysis indicates that a longer LPW corresponds
to a lower temperature, a higher pressure and a stronger meridional wind, which shows that temperature, pressure, meridional wind
are probably the key factors of adjusting the LPW. These characteristics also vary from region to region. There is significantly positive
correlation between the summer precipitation and LPW. The statistical analysis also indicates that the longer (shorter) the LPW, the
more (less) the summer precipitation in YHRV is. The comprehensive analysis of the circulation field indicates that when LPW is
significantly longer than climatic status, a blocking situation is formed easily in the region of Ural Mountains and the Sea of Okhotsk
in the summer, which will affect the summer rainfall in YHRV. By using singular value decomposition method, it is found that the
relationship between summer precipitation and LPW is also very significant.
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摘  要  利用 71 个气象站 1960～2009 年共 50 年的冬季逐日降水、风速和天气现象资料，以及 3 个站降水对比观

测试验数据，对东北地区降雪测量记录的风场变形误差进行了评价和订正，并在此基础上分析了风场变形误差对

研究区降雪量变化趋势估算结果的影响。结果如下：1）东北地区冬季降雪量台站观测记录普遍被低估，全区观测

的冬季平均降雪量为 15.1 mm，而风场变形误差订正后冬季平均降雪量为 22.5 mm。各站绝对误差介于 1.1～19.4 

mm，平均绝对误差为 7.5 mm，各站相对误差介于 11.8%～50.8%，平均相对误差为 34.1%。2）主要由于受气象

台站观测环境改变导致的风速减弱现象影响，东北地区大部分台站雨量计对降雪的捕获率有所增加，冬季降水观

测中的风场变形误差减小，引起实测的降雪量变化趋势估算值被高估。风场变形误差订正前，东北地区近 50 年的

冬季降雪量变化趋势为 0.4 mm·(10 a)–1，而风场变形误差订正后，冬季降雪量变化趋势为 0.1 mm·(10 a) –1。3）

东北南部地区台站受风场变形误差影响尤其明显，冬季实测的降雪量变化趋势偏高更大，订正后和订正前趋势差

值为－1 mm·(10 a)–1，即订正前冬季降雪量变化趋势被高估程度达到了 64.3%。 

关键词  降雪  降水量  风速  误差  气候变化  中国东北 

文章编号  1006–9585（2013）02–0178–09         中图分类号  P467          文献标识号  A 

doi:10.3878/j.issn.1006-9585.2012.11133 

 

Effects of Wind-Induced Errors on Winter Snowfall and Its Trends 
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Abstract  Datasets of daily precipitation, wind speed, and weather phenomena of 71 stations during 1960–2009 and 

experimental observations of precipitation from three stations are used to estimate wind-induced errors in winter snowfall 

records over northeastern China, and to analyze the effects of wind-induced under-catch on long-term winter snowfall 

trends. The results show that winter snowfall is generally undervalued. Although the region’s average annual snowfall 

was measured at 15.1 mm, the corrected snowfall was 22.5 mm, which indicates an average error of 7.5 mm, or relative 

error of approximately 34.1%. In recent years, the gauge catch rate has increased due to the weakening of surface wind 

speed resulting from urbanization and micro-environmental change surrounding the stations, which have led to an 

overestimate of winter snowfall trends in the study region. This analysis shows a 50-year linear trend of winter snowfall 

of 0.4 mm/10 a when original precipitation data are included and a long-term trend of winter snowfall at 0.1 mm/10 a 

when adjusted data are used. The effect of wind-induced error on the estimates of winter snowfall trends is particularly 
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significant in the southern part of the study region, with an overestimate for long-term trends reaching −1 mm/10 a, or 

approximately 64.3% in terms of relative bias. 

Keywords  Snowfall, Precipitation, Wind speed, Error, Climate change, Northeast China 

 

1  引言 

降水是表征一个地区气候特征和气候变化的

重要参数。降水观测资料广泛应用于气候变化分

析、气候预测和陆地水循环等研究中。因此，气象

台站降水观测资料的准确性和代表性问题就是开

展相关研究、业务首先需要解决的。 

 导致降水观测误差的原因是多方面的，其中风

场变形误差是降水误差中最主要的原因之一。由于

雨量计器口上方风场的改变引起的雨滴（雪花）下

落轨迹的偏移，以及雨量计摆放或设计上的缺陷，现

有气象观测站测量的降水量普遍比实际降水量偏

低。风场变形误差在中高纬度地区冬季降雪情况下

更为明显（Yang et al., 1998, 1999）。 

降水测量的风场变形误差很早以前就引起了

研究者的关注，但由于各国雨量计型号、安装高度

和观测规范的差异，这个问题始终没有得到很好的

解决。通过对比观测试验，一些研究者获得了针对

不同国家和地区的不同型号雨量计在不同风速下

的捕获率，并发展了降水风场变形误差的订正方法

(Sevruk, 1985; Goodison et al., 1998)。近年来，国内

学者也通过对比观测试验，试图了解我国降水观测

误差并寻求找到解决我国降水观测误差的方法（杨

大庆等，1988，1989，1990；任芝花等，2003，2007；

Ren and Li，2007）。这些先期研究为深入评价全球陆

地和中国地区降水观测误差及其对现有降水气候学

和气候变化分析结果的影响奠定了良好的基础。 
 近年来，随着对近地面风速观测资料分析的深

入，发现 20 世纪中期以来中国大陆地区国家基准

气候站和基本气象站记录的平均风速和大风频率

呈显著下降趋势（任国玉等，2005；Guo et al., 2010；

Jiang et al., 2010）；全球陆地平均风速也呈现明显下

降趋势（Vautard et al., 2010; 赵宗慈等，2011）。根

据 Ding et al.（2007）和叶柏生等（2008）前期分析，

如果地面风速随时间减小，会导致普通雨量计的捕

获率提高，进而引起实际观测的降水量出现一定变

化。因此，至少在中国大陆以及全球其他陆地区域，

大部分气象台站观测的近地面平均风速普遍下降

趋势可能已经引起气象台站雨量计捕获率增加，降

水测量中的风场变形误差减小，并进而影响对降水

量特别是冬季降雪量长期趋势变化的估计（Førland 

and Hanssen-Bauer, 2000; Ding et al., 2007; 叶柏生

等，2008；任国玉等，2010）。 

 近年研究还发现，近地面平均风速的大幅下降

在很大程度上与人为因素造成的局地观测环境改

变和城市化影响有关（刘学锋等，2009；张爱英等，

2009）。因此，风速导致的降水量变化趋势估计偏

差，尽管可能与大尺度大气环流演化有一定联系，但

更主要的原因还是人为因素引起的一种观测资料

系统性偏差。但不论是自然还是人为因素影响，从

气候变化研究的角度来看，近地面平均风速下降引

起的降水量测量误差变化都是“虚假”现象，需要

加以客观评价和订正（任国玉等，2010）。 

 现有对我国降水观测误差的评价和订正研究，

主要是基于天山乌鲁木齐河源对比观测试验结果

（Ye et al., 2004; Ding et al., 2007; 叶柏生等，2007，

2008）以及全国 30 个标准雨量站对比观测结果（任

芝花等，2003；Ren and Li, 2007）开展的。虽然乌

鲁木齐河流域对比观测试验考虑了多种天气现象，对

于天山高山区域甚至西北其他山地区域具有较好

的代表性，但试验数据不一定完全适合中国其他地

区，应用据此获得的订正方法到我国其他地区可能

会产生一定误差。20 世纪 90 年代，中国气象局曾

在全国 30 个台站开展了普通雨量计与坑式雨量计

的对比观测试验，获得了多年连续试验数据。这些

工作为今后系统评价和订正我国风速等因素引起

的降水观测误差奠定了基础。 

 本文运用东北地区 1992～1998 年 3 个站的对

比观测试验结果，发展了一个新的适应于东北地区

的冬季降雪量风场变形误差的订正方法，订正了全

区 71 个站冬季日降雪量资料，并在此基础上进一

步分析了风场变形误差对冬季区域降雪测量及其

变化趋势估计的影响。 

2  资料和方法 

2.1  研究区域和资料 
本文选取的是中国气象局组织的全国降水对

比观测试验数据中的东北地区海伦、长春、宽甸 3

个站降水对比观测资料（对比观测试验站点分布见
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图 1）。资料来自国家气象信息中心保存的《中国降

水测量误差及其订正资料集》（黎明琴等，2000）。

降水对比试验站采用 1 台坑式雨量计和 2 台台站用

普通雨量计进行平行观测。坑式雨量计与其中 1 台

普通雨量计间的安装距离约为 5 m，2 台普通雨量

计间的距离在 10～15 m 之间。坑式雨量计器口与

地表面齐平，周围是标准化设计的防溅网。试验中

两台普通雨量计的使用可降低随机误差的影响（任

芝花等，2003；Ren and Li，2007）。观测试验资料

长度为 1992～1998 年共 7 年。试验观测获得的日

降雪资料经过质量控制，包括剔除缺测记录以及剔

除吹雪、雨夹雪等天气现象时的记录。 

区域常规气象观测资料，在全国 560 站 1960～

2009 年近 50 年逐日降水、风速和天气现象记录资

料中，根据序列长度不少于 50 年，缺测不超过 5%

的原则，并根据天气现象资料，剔除了雨夹雪、降

雨和雾凇等非降雪的记录，最终选取东北地区 71

个台站（分布情况见图 1）。 

考虑到东北区域内不同地区的降雪量变化趋

势可能存在差异。为了更好地了解风场变形误差对

各地区降雪量变化趋势的影响，参考孙秀忠等

（2010）对东北地区降雪的区划方法，对全国冬季

原始降雪观测资料做旋转经验正交函数（EOF）分

析，根据各站与载荷高值中心站相关程度并结合地

理因素，将东北地区分为北区和南区 2 个子区域（分

区界限见图 1）。 

2.2  风场变形误差形成原理和误差订正方法 

降水观测误差包括微量损失、蒸发误差、沾湿

误差以及风场变形误差。风场变形误差又称动力损

失，是造成降水观测误差的最重要原因之一。 

目前，对于降水测量中的风场变形误差的形成

原理已经有较深入研究。在国内，任芝花等（2003）

根据 Mk2 雨量计风洞实验结果（Sevruk and Klemm, 

1989），分析风场变形误差形成原理主要为：雨量

计器口上方的风速显著大于周围环境场风速，并且

随着风速的增加风速的增量也加大。风速偏大导致

了雨滴或者雪花下落时与地面的夹角变小，雨滴或

雪花呈飘逸状态，或呈发散状下落，从而引起雨量

计收集到的降水量低于周围环境中的降水量。由于

坑式雨量计器口与地面高度一致，在最大程度上避

免了仪器本身引起的风场结构变化，可以认为其不

受风场变形误差影响，能够准确测量到各种风速条

件下的降水量。 

降水观测误差的基本订正方程为（Sevruk, 1985; 

Yang et al., 1999, 2001）： 

Pc=K(Pg+ΔPw+ΔPe+ΔPt)，    （1） 

其中，Pc为订正后的降水，Pg 为雨量计观测到的降

水量，ΔPw和 ΔPe分别代表沾湿和蒸发损失，K 为

订正系数，ΔPt 为微量降水。 
由于本文只研究动力损失项即风场变形误差

对降水的影响，则订正方程可简化为： 

Pc=K Pg，             （2） 

其中订正系数 K=1/CR，此处 CR 是指普通雨量计

降水捕获率，降水捕获率是指气象台站现用雨量计

测得降水量与对比观测期间坑式雨量计测得的“真

实”降水量的比值。由于普通雨量计收集到的降水

量较“真实”值偏低，所以降水捕获率 CR≤100%， 
K 则大于或等于 1。当风速为 0 时 K=1，当风速大

于 0 时 K＞1。近几十年来，由于风速存在明显趋势

变化（任国玉等，2005），K 也将随时间改变。如果

风速随时间变弱，则 K 随时间变小，反之则 K 随时

间变大。K 随时间的变化必然会影响 Pc的趋势。 
获得风场变形误差的订正方法只需确定降水

捕获率 CR 与风速的关系。降水捕获率与观测场附

近风速和降水类型、雨量计类型等相关（Yang et  

al., 1995; 叶柏生等, 2007），可以直接利用对比观测

试验数据，获得普通雨量计降水捕获率与风速之间

的关系。 

Yang et al. (1999) 指出，通常情况下通过试验

结果获得风速与捕获率之间的关系时，降雪量较小

图1  研究区域、对比试验站点和气象站点分布以及分区界限 

Fig. 1  Locations of study area, experimental stations, meteorological 

stations, and the two sub-regions classified based on varimax-rotated 

empirical orthogonal function (REOF) method 
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的降雪事件会对结果产生虚假影响。所以本文在确

定东北地区风速和降雪捕获率的关系时，采用试验

中 78 次降雪量大于或等于 1.0 mm 的降雪事件记录，

剔除了降雪量小于 1.0 mm 的降雪记录。图 2 表示 3

个对比观测站1992～1998年降雪量所对应的10 m高

度日平均风速与普通雨量计降雪捕获率的关系。 

根据试验数据拟合，得到冬季普通雨量计降雪

捕获率与降雪日平均风速的关系式为 

CRsnow=exp(－0.12Ws)×100，Ps≥1.0 mm,  

Ws＜6.5 m/s，n=78，R2=0.50            （3） 

其中，CRsnow为普通雨量计相对于坑式雨量计的降

雪捕获率；Ps 为普通雨量计观测到的降雪量；Ws

为 10 m 高度日平均风速；n 为统计样本数，R 为

相关系数。 

2.3  统计分析方法 
本文在降雪量测量误差订正的基础上，进一步

对比分析了东北地区全区和分区情况下订正后与

订正前冬季平均降雪量的长期趋势变化。东北地区

降雪量及其误差的区域平均值是 71 个站的简单算

术平均，其线性趋势则根据各自时间序列的一元线

性回归方程斜率获得。线性趋势的显著性采用的是

t 检验（魏凤英，2009）。 

3  结果分析 

3.1  风场变形误差对降雪测量的影响 
利用 2.2节中所述订正方法对近 50年东北地区

71 站冬季逐日降雪资料进行了订正。根据订正前后

的资料比较，分析了东北地区台站观测降雪量的风

场变形误差。降雪的绝对误差是指订正前（实测）

降雪量与订正后降雪量差值的绝对值，相对误差是

指绝对误差与订正后降雪量的百分比值。 
    从图 3a 中可以看出，绝对误差的大值区主要位

于黑龙江东部和辽宁的东南部地区，对应冬季降雪

量较大区域。图 3b 显示的是相对误差的空间分布，

相对误差较大的区域集中在黑龙江省东北部和辽

东半岛南部，从整个区域来看多数台站相对误差均

大于 20%，说明东北地区冬季降雪量观测记录受风

场变形影响产生的相对误差非常明显。 

对东北地区冬季以及逐月降雪量误差大小的统

计结果见表 1。整个区域订正后和实测的冬季平均降

雪量分别为 22.5 mm 和 15.1 mm。但各站降雪的绝对

图 2  日平均风速与普通雨量计捕获率之间的关系（降雪量大于 1.0 mm）

Fig. 2  The relationship between daily wind speed and the gauge catch 

rates of snow (snowfall more than 1.0 mm) 

图 3  东北地区冬季实测降雪量（a）绝对误差和（b）相对误差的空间分布 

Fig. 3  Spatial distributions of the absolute errors and relative errors of winter snowfall measurements in Northeast China 
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误差差异较大，冬季平均误差从 1.1～19.4 mm 不等，

平均值为 7.5 mm；相对误差各站也不尽相同，最大的

可达 50.8%，均值达到了 34.1%。从各月平均的绝对

和相对误差来看，各月比较一致，月份之间差异较小。 
 

表 1  东北地区近 50 年订正前后降雪量以及风场变形误差 

Table 1  Snowfall amount and wind induced error in recent 50 

years in Northeast China 

 

实测平均 

降雪量 

（mm） 

订后平均 

降雪量 

（mm） 

绝对误差

范围 

（mm） 

相对误 

差范围 

平均绝

对误差

（mm）

平均相

对误差

12 月 5.8 8.5 0.2～6.5 9.7%～49.4% 2.7 32.7%

1 月 4.7 7.0 0.8～11.0 10.3%～53.8% 2.3 33.2%

2 月 4.6 7.0 0.6～7.1 14.1%～52.1% 2.5 36.4%

冬季 15.1 22.5 1.1～19.4 11.8%～50.8% 7.5 34.1%

 
3.2  风场变形误差对降雪量变化趋势的影响 

根据订正前后的降雪资料，进一步分析评价了

风场变形误差对东北地区冬季降雪量变化趋势估

计值的影响。方法是：分别计算风场变形误差订正

前后 1960～2009 年冬季降雪量序列的线性趋势值，

获得订正后减订正前降雪量线性趋势的差值，分析

订正前（即实际测量）降雪量变化趋势被高估或低

估的程度。趋势偏差是指订正后与订正前趋势差值

的绝对值与订正后趋势绝对值的百分比值。 
    图 4 是订正前后冬季降雪量线性变化趋势差值

（订正后减订正前）的空间分布情况。趋势差值大

于 0 表示该区域实际观测的降雪量变化趋势被低估

了，反之则被高估。从图 4 中可以看出趋势差值大

于 0 的台站主要位于黑龙江北部地区，其中黑龙江

东北部较大，达到了 1 mm·(10 a)–1以上；另一方面，

辽宁、吉林和黑龙江中部等地区实测的降雪量变化趋

势被高估，订正后变化趋势有所减小，其中辽宁的大

部分地区和吉林东南部订正前的降雪趋势被高估程

度较大，绝对值一般也可达 1 mm·(10 a) –1 以上。 

从图 5a–c 可以看出，所有区域订正后的冬季降

雪量都高于订正前降雪量，即订正后的气候均值增

大了；近 50 年来北区的实测降雪量变化趋势被低

估，但低估程度不明显；南区和整个区域冬季实测

降雪量的变化趋势被高估，即整个区域的上升趋势

被高估，南区的下降趋势绝对值被低估，其中南区

下降趋势绝对值被低估程度较大；从整个区域来看

实测降雪量有上升趋势，而订正后降雪量变化趋势

趋于平缓，接近于 0。 

从图 5 d–f 中可以看出 12 月订正前后趋势基本

保持一致；1 月实测降雪量变化趋势在一定程度上

被低估，但低估程度不明显；2 月订正后降雪量下

降趋势明显大于实测的降雪量下降趋势，实测的降

雪量下降趋势被高估程度较明显。 

表 2给出了东北各区域以及各月订正前后降雪

量变化趋势以及趋势差值和偏差的大小。整个分析时

期北区冬季实测降雪量变化趋势为 1.2 mm·(10 a)–1，

但订正后降雪量变化趋势为 1.4 mm·(10 a)–1，订正

后趋势值略有增加，相对增加量为 14.3%；南区冬

季实测降雪量变化趋势为－0.6 mm·(10 a)–1，订正

后降雪量变化趋势为－1.6 mm·(10 a)–1，比实测趋

势下降 1 mm·(10 a)–1，相对减少量为 64.3%；从   

整个区域来看，冬季实测降雪量变化趋势为 0.4 

mm·(10 a)–1，订正后的趋势为 0.1 mm·(10 a)–1， 

表 2  各区域以及各月降雪量变化趋势以及趋势差值和趋势

偏差 

Table 2  The linear trends of snowfall amounts for regions 
and months and the trend differences between aft-corrected 
and original data and relative bias 

 

实测趋势 

[mm•(10 a)–1]

订正后趋势 

[mm•(10 a) –1] 

订正后与订 

正前趋势差值 

[mm•(10 a) –1]

趋势 

偏差 

冬季全区 0.36 0.07 -0.29 414.3%

冬季北区 1.2** 1.4* 0.2 14.3%

冬季南区 -0.56 -1.57 -1.01 64.3%

 全区 12 月 0.20 0.16 -0.04 25.0%

全区 1 月 0.45 0.57 0.12 21.1%

全区 2 月 -0.29 -0.66 -0.37 56.1%

*为通过 0.1 的显著性检验，**为通过了 0.05 的显著性检验。 

图 4  东北地区降雪量趋势差值的空间分布 

Fig. 4  Spatial distribution of snowfall trend differences in Northeast 

China 
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趋势估计值减少了 0.3 mm·(10 a)–1，订正后降雪量

的长期上升趋势变得更微弱。 

表 2 也给出了风场变形误差对东北逐月降雪量

变化趋势估计的影响。从逐月的统计来看，各月存

在一定的差异。对于整个区域，12 月和 2 月实测的

降雪量变化趋势被高估，而 1 月的实测趋势被低 

估，其中 2 月的实测趋势被高估程度最为明显，趋

势的偏差达到了 56.1%。 

4  讨论 

我国现有的降水资料风场变形误差订正方法

图5  东北地区订正前后降雪量时间序列及其线性趋势：（a）全区；（b）北区；（c）南区；（d）12月；（e）1月；（f）2月 

Fig. 5  Winter snowfall amount and the linear trends of the aft-corrected data (red) and original data (black): (a) All regions; (b) northern part; (c) southern 

part; (d) Dec; (e) Jan; (f) Feb 
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是在天山乌鲁木齐河源对比观测试验基础上发展

的（杨大庆等，1989，1990）。本文通过分析东北

地区 3 个地点对比观测试验结果，得到了日平均风

速与普通雨量计捕获率的统计关系。对于降雪量较

大的降雪事件，本文获得的日平均风速与普通雨量

计降雪量捕获率的关系与杨大庆等（1990）得到的

结果相近，但在数值上有一定差别。 

通过两处对比观测试验发展的风速与普通雨

量计捕获率关系曲线比较发现：东北地区试验得到

的结果随日平均风速增加，冬季普通雨量计降雪捕

获率下降更快；在同样风速情况下，本文得到的降

雪捕获率一般更低（图 6）。造成这一差异的主要原

因，除了样本数量和试验区域的差异以外，用于得

到风速与捕获率关系的降雪量数据最小值取值不

同，以及观测仪器的差异可能也是重要的。 

本文所用的 3 个对比观测站资料相比于天山乌

鲁木齐河源对比观测试验资料，站点数和试验时间

长度都有所增加。东北地区 3 个对比观测站分别位

于黑龙江、吉林和辽宁省，其中 2 个处在平原地区，

1 个在东部山地，对全区地形和气候特征具有较好

的代表性。对比试验观测资料长达 7 年，基本满足

了针对整个区域的研究需要。因此，本文获得的分

析结果是有一定说服力的。但是，由于对比观测试

验站点数仍然偏少，对比试验观测长度也还有限，

目前无法逐站开展针对当地特点的风场变形误差

订正。今后还需要开展更多、更长时间的对比观测

试验和深入的科学研究。 

本文对降水测量记录的订正只考虑了风场变

形误差，并未考虑沾湿损失、蒸发损失和微量损失

对降雪测量的影响。已有的基于对比观测试验的误

差分析表明，我国全国平均的降水量蒸发误差可认

定为 0，风场变形误差则达到 10.97%，沾湿误差为

6.79%（任芝花等，2003；Ren and Li，2007）。尽

管风场变形误差是最大的观测误差，但沾湿误差也

不容忽视。特别是对于水资源评价，降雪或降水观

测的沾湿误差应该得到进一步重视。但本文的主要

目的不是单纯确定冬季降雪测量的误差，而是分析

评价降雪观 测误差对冬季降雪量长期变化趋势估

计的系统影响。虽然沾湿误差的影响也较大，但其

随时间的变化较小，不像风场变形误差那样随时间

出现显著系统变化，因而也不会对降雪量变化趋势

估计值造成明显影响。 

本文关于风场变形误差对降雪量变化趋势估

算影响分析结果表明，东北地区特别是东北南部区

域，由于过去 50 年内多数台站近地面平均风速明

显减小（任国玉等，2005；Jiang et al., 2010），风速

引起的冬季降雪观测误差持续降低，导致台站实际

观测记录的降雪量变化趋势被高估了，即观测的长

期正趋势偏大，负趋势绝对值偏小。这一现象在

Ding et al.（2007）的研究中已经被指出。但东北北

部区域风场变形误差订正前后降雪量变化趋势的

差异并不明显，虽然订正前实测降雪量变化趋势有

被低估的问题，但低估程度却并不明显。因此，进

行风场变形误差订正后，东北地区冬季降雪量变化

趋势比原来有较明显的降低。过去利用未订正资料

研究东北地区冬季降雪量变化，其获得的趋势估算

值普遍有偏高现象。 

5  结论 

本文利用降雪对比观测试验结果，得到了针对

东北地区降雪资料风场变形误差的订正方法，并在

此基础上分析风场变形误差对降雪量气候均值和

长期气候变化趋势估计值的影响，得到以下结论： 

（1）东北地区冬季降雪量台站实测观测记录普

遍被低估，全区目前实测的冬季平均降雪量为  

15.1 mm，而风场变形误差订正后冬季平均降雪量

为 22.5 mm。各站绝对误差介于 1.1～19.4 mm，平

均绝对误差为 7.5 mm；各站相对误差介于 11.8％～

50.8%，平均相对误差为 34.1%。冬季各月的绝对和

相对误差比较平均，月份之间差异较小。 

图 6  天山乌鲁木齐河源对比观测试验与东北地区对比观测试验结果

中风速与普通雨量计捕获率关系曲线 

Fig. 6  Relationships of the gauge catch rates and daily wind speeds for 

Northeast China and Tianshan Urumqi River 
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（2）对实测和订正后降雪量长期变化趋势对比

分析表明，主要由于受气象台站附近观测环境改变

导致的地面风速减弱趋势影响，东北地区大部分台

站雨量计对降雪的捕获率有所增加，冬季降水量观

测中的风场变形误差减小，引起降雪量的长期变化

趋势估算值偏高。东北地区近 50 年实测的冬季降

雪量变化趋势为 0.4 mm·(10 a)–1，而风场变形误差

订正后全区平均冬季降雪量变化趋势为 0.1 

mm·(10 a)–1。 

（3）东北南部地区台站平均地面风速减小尤其

明显，冬季降雪量变化趋势估算值偏高更大，订正

后和订正前趋势差值达到了－1 mm·(10 a)–1，实测

的变化趋势被高估程度达到 64.3%。而北部地区变

化趋势则被低估，由于订正前后趋势差异并不明

显，因而被低估程度较小。 

（4）从逐月的分析结果来看，冬季各月风场变

形误差对实测降雪变化趋势估计的影响有一定差

异。从整个区域来看，12 月和 2 月实测降雪量变化

趋势被高估，1 月被低估，其中 2 月的实测趋势被

高估程度最为明显。 

因此，在开展降水特别是中高纬度地区冬季降

雪气候变化分析时，需要十分重视风场变形误差随

时间变化对分析结果的影响，要应用风场变形误差

订正后的资料开展研究。 
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孙颖 , 尹红 ,田沁花 , 等.全球和中国区域近50 年气候变化检测归因研究进展 [J] .气候变化研究进展 , 2013 , 9 (4) :235一245

摘 要: 回顾了近年来国内外对全球和中国区域气候变化的检测归因研究 , 主要集中在对 20 世纪中期以来温度 、 降水和

主要极端事件变化的检测归因研究进展 , 而不涉及更长时间尺度历史气候变化的检测归因。分析表明 , 国际上近年来在

气候变化检测归因研究领域发展迅速 ,从全球尺度气温变化的检测归因发展到区域尺度和多变量的检测归因。但在中国 ,

虽然也有一些研究探讨了中国东部南涝北旱等发生的原因 , 但在以数理统计推断方法为基础的气候变化事实归因领域的

研究仍然巫待加强 。一些重要的问题 , 如中国不同区域的变暖 、 不同区域的变干或变湿的归因分析 , 以及这些因子和引

起全球气候变化因子的异同等 , 都是迫切需要回答的科学问题。

关键词: 检测归因; 气候变化; 全球尺度; 区域尺度

引 言

气候变化的检测归因是识另lJ人为和自然因子对

气候变化相对贡献的核心研究内容 , 是回答 “气候

变化在多大程度上是由人类活动引起的 ” 这一科学

问题的重要科学基础 。自20世纪90 年代以来 , 检测

归因研究迅速成为气候变化研究的一个热点问题 ,

从研究如何给出检测和归因研究的主要气候变量指

标 、 主要参照物 , 到具体的检测归因分析的主要方

法以及分析影响 20 世纪气候变化的可能因子 , 研究

内容十分广泛 l'}。20 世纪 80 年代以来 , 由于对全球

气候变暖原因的争议不断 , 气候变暖的归因研究一

直是国际上的热点和焦点问题 l2j 。

气候变化检测归因的主导思想是利用不同工具

分辨各种因子的作用 ,然后给出影响明显的因子 。气

候变化的检测和原因判另lJ有多种方法 , 如简单的指

标和序列法 、 最优指纹法和贝叶斯方法等 , 其主要

工具是数理统计方法 (如指纹法和贝叶斯分析等)和

气候模式 (简单和复杂模式 )['}。从 20世纪 90 年代

以来 , 检测归因领域的研究在不断发展和深化 。研

究对象从全球平均气温发展到降水 、极端事件以及

一些中小尺度的现象 , 如台风等 。研究的空间尺度

从全球平均发展到大陆和洋盆尺度 , 乃至区域尺度

的细化过程 。研究方法从最初的简洁直观的单步归

因发展到多步归因 , 其 目的是为了解决除温度以外

的其他变量的归因问题 }'}。而一些具体的研究方法 ,

收稿 日期 : 20 13一0 1一10二修回 日期 : 20 13一03一25

资助项 目: 气候变化专项 (C C SF 201342 ); 973 项目 (20 12C B 4一7205) ; 中国气象局气候研究开放实验室 20 12/20 13年度开放青年基金

作者简介: 孙颖 , 女 , 研究 员 , 主要从事气候和气候变化研究 , sun ying @ cm a gov tcn
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如最优检测法等也在发展 , 从使用一般的最小二乘

到总体最小二乘 ,或者贝叶斯方法[#] 。随着这些研究

的不断深人 , 观测资料的不断完善和气候模式的快

速发展 , 对引起气候变化原因的科学认识也在不断

深化 。越来越多的证据表明 , 尽管观测资料和气候

模式仍然存在不确定性 ,但是对20 世纪50 年代以来

的气候变化 , 人类活动对全球变暖的影响是非常可

能的12. 5!。可辨别的人类活动影响扩展到了气候的其

他方面 , 包括海洋变暖 、大陆尺度的平均温度 、温

度极值以及风场[5l 。而自政府间气候变化专门委员

会 (IP C C ) 发布第四次评估报告 (A R 4 ) 以来 , 检测

归因领域的研究已经发展到对其他变量 , 如降水101

和极端事件的归因分析l'}, 而对台风等一些变量变

化的归因研究也在进行[8] , 虽然 目前只能得出低信

度的结论 , 但这反映了国际上在这一领域的快速发

展趋势 。

近年来 ,随着对气候变化原因认识的深化 , 气

候变化检测归因从对气候变化基本观测事实的归因

扩展到气候变化影响领域的归因 , 也就是要对气候

变化产生的影响进行归因分析 。这使得传统的检测

归因从定义到方法学的研究均有很大的扩展 。2009

年9 月 , IP c c 第一和第二工作组联合召开 “气候变

化检测与归因 ” 专家研讨会 , 讨论了检测和归因的

定义 、 评价方法 、 资料与要求等 , 在此基础上形成

了覆盖检测与归因不同研究领域 , 包括气候变化观

测事实和影响等的指导性文件[3l ,并综合了4种检测

归因方法 , 包括对外强迫的单步归因 、多步归因 、联

合归因以及对观测到的气候条件变化的归因 , 囊括

了目前研究这一因果链采用的不同途径 。并指出 ,

不管采用哪一领域的哪种方法 , 作者都要明确所研

究的问题是归因于气候或环境条件变化还是其他外

强迫或外驱动因素的变化 。对于研究结果要从使用

的数据 、 模式 、 方法 、 混淆因子等方面存在的问题

给出可信度评价 。

从上面这些研究进展可以看到 , 国际上检测归

因的研究发展很快 , 研究领域已经从对气候变化观

测事实的归因扩展到了气候变化影响等领域的归因

分析 。本文将从20 世纪50 年代以来气候变化事实检

测归因的角度出发 , 针对国内外科学界近年来在该

领域的研究进行回顾 , 但不包括对古气候和气候变

化影响检测归因的研究分析 。主要从国际和国内在

气温 、 降水和主要极端事件变化的研究进展几个方

面 , 总结和回顾相关的研究 , 并对我国在该领域的

发展方向作出思考和探讨 。

1 检测归因的定义和主要方法

1.1 检测归因的定义

2009年 IP C C 统一了不同领域的检测归因定义 。

在其发布的指导性文件中明确指出 , 气候变化的检

测是在某种给定的统计意义上展现气候或受气候影

响的系统发生变化的过程 ,而不提供该变化的原因 。

如果观测到的某种变化单独由于内部变率本身随机

发生的可能性很小 ,如< 10% ,则可以说这种变化被

检测到了 。归因定义为以某种给定的信度 , 估算多

种因子对某种变化或某个事件变化的相对贡献的过

程 。归因的过程需要观测到的变化必须能够检测到 。

与过去的定义相比 , 强调了多种因子的变化 。

和上述检mfJ 归因的定义相一致 , 近年来 , 关于

检测归因的方法研究有了很大的进展 。从数学原理

上发展了检测 、归因技术 ,还发展了针对气候系统特

点的检测方法 , 以期寻找气候变化的指纹 。这些检

测 、 归因技术大体上可分为多元分析和贝叶斯推断

两大类 , 前者包括回归法 、样式 (Pa tte m )相关法等 ,

后者因能包容不同来源的数据而备受重视 , 应该说

这些方法各有优劣 。下面对常用的方法进行介绍 。

, .2 最优指纹法

20世纪 70 年代末 , H as se lm ann 提出一种定量化

鉴别人为气候变化信号并作归因分析的方法 , 这就

是最优指纹 (O FP )法 。最优指纹法是一种增强人为

气候变化信号特征使之排除低频 自然变率噪声干扰

的技术方法 , 一般用在定量化鉴别人为气候变化的

研究中 。它比任意选择的某一气候指标 (如全球平

均气温) 作为检测变量 , 更有说服力 。但是 , 由于

它必须对气候信噪比极大化 , 因而需要知道气候信

号与噪声两者的空间一时间结构 。这种方法不仅对

早期的外部强迫检测有用 , 而且也可用于区分不同
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的强迫机制来进行归因分析I9] 。研究表明 ,最优指纹

法是与其他一些最佳平均或滤波方法十分接近的方

法 , 在噪声背景下它可以最佳地估计出气候变化振

幅 , 当然 , 这种方法也类似于其他领域的一些信号

处理方法 。

最优指纹法可以用多元回归来实现 , 即把观察

的气候变化少看作是外部气候强迫X 的线性结合 ,再

加上内部气候变化 u , 即y = 别 + ul g] 。其中y 是经

过滤波的观测资料 , 使其能够充分反映观测气候的

时空变化 , 矩阵X 包括对外部强迫响应模态 , 」为

对应这些模态的标量因子矢量 , u为内部气候变率 。

矩阵X 的信号来 自祸合模式 (C G C M ) 、 大气模式

(A G C M )或简化气候模式如能量平衡模式 (EB M )。

拟合多元回归模式 , 需要估计自然内部变率 。观测

资料序列太短 , 而且还包括外强迫因子的影响 , 因

此不适合用来计算内部变率 。一般用C G C M 的控制

试验计算内部变率 。

要得出结论 : A 是 B 的原因 , 必须全面考虑论域中

所有的事件 。因此 , 格兰杰早期提出的因果关系定

义是建立在完整信息集以及发生时间先后顺序基础

上的 ,根据条件分布函数来判断 。由于用量测样本

来估计分布函数是否相等是相当困难的 , 于是退而

求其次 , 只验证变量的数学期望E 是否相等 。

2 全球尺度的气候变化检测归因

1.3 格兰杰因果检验

该方法既考察变量间的相互关系又考虑其自身

变化 。两个时序变量之间的因果关系检验是由Cl ive

W J.G ran ge r提出的 , 称为格兰杰因果性分析法 Ì0] 。

格兰杰的基本着眼点是两个变量尤与r呈高度相关 ,

并不能说明两者之间一定存在因果关系 , 须对相关

变量进行因果关系检验 。利用概率或分布函数来表

示: 在所有其他事件固定不变的条件下 , 如果一个

事件A 的发生或不发生对于另一个事件 B 的发生概

率有影响 ,并且两个事件在时间上又有先后顺序 (A

前 B 后 ) , 则可说 A 是 B 的原因 。格兰杰因果检验主

要适用于时间序列数据模型的因果性检验 , 其结论

只是统计意义上的因果性 , 需要从物理角度加以审

慎考察 , 必要时需要用数值模拟加以验证 。

设两个时间序列为X 三{xt} 与 Y 三{y }̀ , t= 1 ,

2 , … , N (N 为样本量)。格兰杰检验可以判断变量

X 是否能预测变量 Y , 若不能 ,则认为X 不能导致 Y,

反之亦然 。检验方法是判断F 统计量的临界值是否

大于F 分布的标准值 , 若临界值概率p < a , 则X 不

能导致Y 的零假设不成立 , 即X 能导致 Yo 要严格确

定因果关系 , 必须考虑到完整的信息集 ,也就是说 ,

2 .1 地表气温

对全球气温变化的归因分析主要是将全球气温

归因为人为外部强迫 (主要包括 CO :等温室气体和

气溶胶辐射强迫)、自然强迫 (如火山活动和太阳活

动) 和内部变率 (如EN so 、N A o 、PD o 等) 3部分

的影响 。目前对全球气温变化的归因研究结果较多 ,

IP C C 第一次评估报告表明 ,人类活动产生的各种排

放正在使大气中的温室气体浓度显著增加 , 这将增

强温室效应 , 从而使地表升温11 ']。IP C C 第二次评估

报告表明 , 人类活动 已经对全球气候系统造成 了

“可以辨别 ” 的影响I'2]。IP C C 第三次评估报告表

明 , 20世纪 50年代以来观测到的大部分增暖 “可

能 ” () “ % )归因于人类活动造成的温室气体浓度

上升口31 。IP C C A R 4表明 , 近半个世纪以来的全球变

暖 “很可能 ” () 90 % ) 是由人为温室气体浓度增加

导致 (图 1)。

自IP C C A R 4以来 ,一些新的研究进一步深化了

对气温变化的归因认识 。新一代气候模式 (C M IPS )

的结果进一步支持了温室气体强迫对气温变化的影

响 , 对模式不确定性对归因结果的影响有了更深人

的研究 , 对其他因子的贡献有了进一步的认识 。

H ub er 等 I'41基于全球能量方法 , 对观测到的全球表

面温度变化的贡献因子进行估计 , 20 世纪中叶以来

由温室气体增加导致的全球气候变暖约为 0.85 ℃,

其中大约一半被气溶胶的冷却作用抵消后 , 与全球

观测到的变暖相当 , 因此观测到的温度变化趋势极

不可能由自然变率引起 。Stott 等 l̀5]用 H adG EM Z一E S

模式检测出了温室气体强迫的影响 。但是 , 他们发

现有些模式和观测振 幅存在不一致的现象 , 如

C anE SM Z 模式可能高估了温室气体的影响 。 San ter
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仅考虑自然强迫的模式模拟结果

同时考虑自然和人为强迫的模式模拟结果

- 观测结果

图 1 观测到的大陆与全球尺度地表温度与使用自然和人为强迫的气候模式模拟结果的对比 (相对于 1901 一 1950 年相应平

均值 , 1906 一 2005 年观测到的年代际平均值用黑线绘于年代中』自 , 其虚线部分表示空间覆盖率低于 50% 。蓝色阴影表示

仅使用太阳活动与火山自然强迫的 5 个气候模式 19 个模拟试验结果的 5% 一95 % 置信区间。红色阴影表示同时使用 自然强

迫和人为强迫的 14 个气候模式 58 个模拟试验结果的 5% 一95 % 置信区间) ts1
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P lo tted ag ain st th e e ente r o f th e d eea de an d relativ e to th e eo rr esP o n d in g av erag e fo r l9 0 l一19 50 . L in es are d a sh ed w h ere sPatia l

eo v erag e 15 le ss th an 5 0 % .B lu e sh ad ed b an d s sh ow the s % 一9 5 % ran ge fo r 19 sim u latio n s fr o m 5 e lim ate m o d els u sin g o n ly th e

n atu ra l fo rc in gs d u e to so lar ac tivity an d vo lean oe s.R e d sh ad ed b and s sho w th e s % 一9 5 % ra n g e fo r 58 sim u la tion s fro m 14 eljm ate

m o de ls u sing b o th n ato ral an d an throP o g en ie fo rc in gs [5]

等l'6}通过 C M IP S 的 20 个模式与卫星数据的分析发

现了人类影响大气上层温度的明显证据 。Jo nes 等 l'7}

基于H ad G EM I模式对最近温度记录的分析表明 ,黑

碳气溶胶 (矿石燃料和生物燃料) 的影响可以被检

测出来 , 但黑碳气溶胶的影响比温室气体作用小 。

Jones等 ['81利用 1900一 1999年 H ad C M 3模式和 5个

不同观测数据得出的最优检测分析结果表明 , 温室

气体和气溶胶的检测结论对数据的选择不敏感 , 回

归系数是广泛一致的 。然而 , 不同数据集的最优估

计回归系数是变化的 , 这相当于与内部气候变率有

关的不确定性 。

2. 2 降水

相对于地表气温的检测归因 , 降水的归因要困

难得多 。因为降水仅在陆地区域有长期的观测值 ,而

在覆盖范围以及均一性方面 , 降水数据存在很大的

问题 。因此 , 由于数据问题 、 模式模拟结果的不一

致以及降水的低信噪比 , 无法进行有意义的对比分

221



4 期 孙颖 , 等: 全球和中国区域近 50 年气候变化检测归因研究进展

析 。国际检测归因特设小组 (ID A G )日咐旨出 , 由于

缺少充足的证据以及模式的不确定性 , 因此难以检

测出人类影响下降水的变化 。尽管大部分大气模式

在外强迫驱动下能够较好地模拟出全球和区域的地

表气温变化 , 但是却难以合理再现全球及区域降水

变化 , 特别是亚洲季风区的陆地降水变化 。近年来 ,

虽然大量的多模式集合较大地提高了对温度的检测

归因结论的信度 , 但对于降水而言 , 仍然难以区分

各模式结果中常见的系统误差与降水变化信号 , 对

降水的检测归因仍然是很大的挑战队 , ,]。

早期对于降水的检测归因 , 不同研究结论间的

一致性较低 , 甚至互相矛盾 。例如 , Al len 等1201 的研

究显示 , 考虑了人类强迫和 自然强迫的全球平均降

水的模式模拟值与观测数据较为一致 ,但是L am bert

等l22j 认为该一致性很可能是由于降水对 自然强迫的

响应 。近年来 , W 己ntz 等l23] 基于 1987一 2006年观测

数据的研究结果认为全球降水是依据 C laus ius -

C lap eyron方程增加的 , 但是有研究显示 , 20 年的研

究时段不足以判断降水对全球变暖的响应的模式模

拟与观测值是否一致 。相比于仅有长波强迫的模拟

结果 , 人类影响和 自然强迫叠加作用下的模拟值更

加接近全球平均的陆地降水观测值I2#] 。模拟结果显

示 , 人为强迫可能导致全球平均降水量的增加以及

降水型的经向变化 , 即高纬度地区降水增加 , 而亚

热带地区的降水减少四 , 并可能通过改变热带辐合

带或太平洋上沃克环流的位置从而改变热带地区的

降水分布 。Z han g等 161和 St ott等国的研究均表明 , 人

为强迫对于北半球中纬地区的降水增加 、 北半球亚

热带和热带地区的降水减少 , 以及南半球亚热带和

热带地区的降水略增影响显著 。

研究大幅增加 。很多研究显示 , 近几十年极端温度

的变化中可以检测到人类活动的信号I27] 。

H eg er l等[28 }指出 , 极端地面温度有可能受到人

为强迫的影响 。这一评估是基于全球多个极端温度

资料集 , 包括对这一尺度上极暖事件数量增加和极

冷事件数量减少的报告 。他们同时指出人为强迫可

能已使极端温度的风险大大增加 , 还使2003年欧洲

热浪的风险大大增加 。St ott 等1291 利用单步归因理论

得出 , 已经观测到的夏季高温频率增加的趋势在北

半球以外的较多地区也均可被直接归因于人类活动

的影响 。

C hristi di s等[30l 通过最优指纹法对比了观测和模

拟的极端温度分布时变区域参数 , 首次尝试将外部

动力因子和 自然因子对观测到极端暖 日变化的归因

进行分离 , 并对观测到的可能引起极端温度变化的

因子变化进行部分的归因 , 可以看出 , 人为因子对

极端暖夜强度增加和极端冷 日、 冷夜强度减少存在

显著影响 。Zwi er s等 13 ']也对全球尺度及大陆和次大

陆尺度上极端温度的影响进行了人类活动强迫及自

然强迫分离研究 ,都指出了人类活动在其中的影响 。

2 .3 极端地表气温

确定极端气候变化的原因涉及一些独特问题 。

观测资料的数量和质量都有限 , 使得对过去变化的

估算结果具有不确定性;许多变量的信噪比较低 ,资

料数量不足 , 无法检测这类微弱的信号 。此外 , 全

球气候模式 (C C M )在模拟极端值方面存在问题 ,降

尺度技术也只能部分地规避这些问题 。但是 , 由于

极端事件检测的重要性 , 近年来对极端温度变化的

2 .4 极端降水

对极端降水的检测归因研究相对较少 , 一方面

是由于日平均降水观测资料较缺乏 , 另一方面是由

于气候模式对降水模拟的不确定性很大 , 特别是在

热带等受对流参数化影响较显著的地区Iv] 。但是 , 由

于极端降水事件可能产生极为严重的影响 , 近几年

在极端降水的检测与归因方面有了一些新进展 。目

前在做此方面研究工作时 , 一般首先选定几种极端

降水指数 , 在检验模式模拟性能的基础上 , 基于气

候模式不同强迫试验下的模拟结果 , 对极端降水进

行检测并作归因分析 。

全球气候模式集合平均的分析结果显示 , 在全

球和半球尺度上 , 可以检测到人类活动对极端降水

的影响 。H eg er l等网指出 , 人类活动很可能对全球

20 世纪前 50 年的强降水发生频率的增长趋势是有

贡献的 , 但是外部强迫与极端降水之间直接的影响

和反馈还很难建立 。A lla n等 [3z] 使用卫星观测数据和

模式模拟结果检测了热带地区在自然因子驱动下 ,
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降水与地表气温和大气含水量的反馈关系 , 结果表

明 ,降水一般在暖位相期间将增加 ,冷位相期间将减

少 ,且观测的极端降水幅度比模式预估结果大 。st ott

等[2el 指出 , 人类活动的影响在全球水循环的不同方

面都已经被检测到 , 而水循环与极端降水的变化直

接相关 。M in 等[7j 基于CM IP3 中模式的模拟结果 ,使

用最优指纹法对最大 日降水量 (R X ID ) 和连续 5天

最大降水量 (RX SD ) 进行了分析 , 结果表明人类活

动导致的全球变暖对北半球 20 世纪下半叶2/ 3 的陆

地区域上强降水事件的增加是有贡献的 (图2 )。

由于噪音的增加和不确定性以及其他一些因子

的影响 , 在小的空间尺度上人类活动的检测是比较

困难的 。Fow ler 等 (331 的研究表明 , 到目前为止 , 人

类活动对英 国冬季极端降水的影响仅可以检测出

50% , 而在其他季节检测出人类活动影响的可能性

更小 。Pall等134}基于H adA M 3一N 144季节预测模式在

最大日降水量 连续 5 天最大降水量

6 4 (b)
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两种不同排放情景 (实际排放和假定20 世纪人为温

室气体排放没有发生 ) 下的结果 , 使用多步归因方

法对英格兰和威尔士 2000 年秋季洪水进行了分析 ,

结果表明全球人为温室气体的排放对2000 年秋季洪

水的发生是有贡献的 。

3 中国区域的气候变化检测归因

在全球范围内 , 人类活动影响气候变化已经得

到大量的检测结果 。然而 , 对陆地和更小尺度气候

变化的检测和归因的研究要比全球尺度的研究更困

难队 “81。首先 ,对于小尺度的变化 ,内部变率比强迫

响应的相对贡献要大 , 因为在大尺度范围内部变率

的空间差异被平均掉 了 。其次 , 气候强迫响应的模

式往往是大尺度的 , 当我们的注意力集中在全球区

域范围内时 , 有较少的空间信息帮助区分不同强迫

响应之间的差别 。第三 , 在一些全球气候模式模拟

中忽略的强迫或许在区域尺度上是重要的 , 例如土

地利用变化或者黑碳气溶胶等 。最后 , 模拟的内部

变化和强迫响应的可靠性在小尺度比全球尺度要低 ,
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虽然网格单元格变化通常在模式中没有被低估l35] 。

鉴于上述原因 , 区域尺度检测归因的研究起步

相对要晚 。而在中国 , 这一领域的研究相对也比较

少 。针对中国区域的气温变化 , 一些研究利用简单

或复杂的气候模式 ,考虑 自然强迫 (如太阳活动 、火

山活动) 以及人类活动 (如温室气体排放 、硫酸盐

气溶胶的直接和间接效应等) 研究了气温变化的原

因 。也有试验考虑全球气候系统中圈层之间的相互

作用 , 如考虑海温或E N SO 的作用 , 以检测东亚温

度和降水变化的原因 。大多数气候模式模拟20 世纪

的全球气候变化 , 也有些模式模拟 1000 年中国的气

候变化 。下面本文将从地表气温 、降水和极端事件

3 个方面回顾在该领域的研究成果 。

3 .1 地表气温和降水

在气候增暖的检测归因方面 , 中国学者从观测

分析到数值模拟开展了大量工作 , 而对降水的检测

归因则多与季风的变化联系在一起 。在对气温的归

因方面 , 利用全球和区域气候模式 , 多数研究的共

识是 , 20 世纪东亚和中国变暖 , 除了气候的 自然变

化 , 人类活动可能起了一定作用 , 尤以20 世纪50 年

代以来最明显I', '6]。Z hou等 f37]检验了参加IPC C A R4

的 19 个祸合模式对 20 世纪全球和中国气温变化的

模拟 , 其中对全球地表平均温度的模拟效果较好 ,

但是对20 世纪中国气温演变的祸合模式模拟效果要

差 。外强迫解释了20 世纪中国年平均气温变化的

犯.5% ,而内部变率 (噪音)的贡献则高达67 .5% ,信

噪比仅为 0.69 。这意味着对区域尺度的气温变化而

言 , 强迫机制较之全球平均情况要复杂得多 。D uan

等[38l 利用海气祸合模式对青藏高原20 世纪气候的模

拟发现 , 全球温室气体浓度增加对青藏高原变暖有

贡献 , 而且由于高原上空臭氧浓度下降 , 温室气体

浓度的增加对青藏高原的影响可能比其他地区更

重要 。满文敏等 1391 基于气候系统模式 FG O A L s_91

对 20 世纪气温变化的模拟表明 , 对中国地区而言 ,

20 世纪早期的气温变化受 自然变率影响 , 但20 世纪

后期的变暖主要是温室气体增加的结果 。在自然和

人为因子共同作用下 ,模式能够再现20 世纪50 年代

以来中国东部气温变化冬 、春两季增暖的特征 , 但

没有模拟出夏季长江中下游地区及淮河流域的降温

趋势 。关于气溶胶对中国气候变冷的影响 , 周秀骥

等1401 在区域气候模式中考虑了气溶胶的影响 , 模拟

结果显示 中国大陆地 区的地面气温均有所下 降 。

M en on 等[4l] 研究认为中国黑碳气溶胶对区域气候变

冷作用具有显著影响; 另外 , 硫酸盐气溶胶的辐射

影响具有明显的季节变化和地理分布特征 , 大量的

模拟研究显示 , 夏季硫酸盐气溶胶对中国东部区域

气温变冷具有显著贡献圈。

对于20 世纪70 年代以来中国东部地区 “南冷北

暖 ” “南涝北旱 ”的气候变化 , 姜大膀等l43] 基于 6套

全球海气祸合气候模式的数值模拟结果 , 指出20 世

纪后期东亚夏季风的年代际减弱 (对应降水的 “南

涝北旱 ” 现象) 与同期人类活动引发的全球变暖之

间没有明显的联系;如果21 世纪温室效应在20 世纪

后期的基础上进一步加剧 , 东亚夏季风系统可能会

受此影响而趋于增强 。周天军等I44] 基于大气环流模

式特别是区域气候模式的数值试验表明 , 夏季硫酸

盐气溶胶的负辐射效应超过了温室气体的增暖效应 ,

从而对变冷产生贡献 。但现有的数值模拟证据不足

以说明气溶胶增加对 “南涝北旱 ”型降水异常有贡献 。

3 .2 极端事件

在极端事件的归因方面 ,中国的研究相对较少 。

龚道溢等145 }指出北极涛动 (A O )对中国大部分地区

冬季气温有一定影响 , 通过最高和最低气温计算得

来的冬季极端温度指数 (暖 日 、冷日 、暖夜和冷夜)

也必将受到同期A O 的影响 。冬季A O 对这些地区的

冬季极端温度指标有显著的影响 。龚志强等I46] 研究

表明 , 中国温度升高及极端温度出现频数变化的原

因可能在于3个方面 : (l) 全球范围内的温室效应的

增强; (2 )经济发达地区 、人 口密集地区的城市热岛

效应乃至区域热岛效应的加强 ;(3) 火山活动等各种

外强迫的加强 。杨萍等 I47] 的研究表明 , 20 世纪 90 年

代以来夏季显著的热岛效应 , 是城区极端高温事件

发生频次明显高于其他地区的重要原因; 但城区极

端低温事件的发生频次有可能发生了与热岛效应无

关的突变过程 。中国科学家利用近百年资料和分辨

率较高的区域气候模式对极端天气事件进行的分析
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和模拟表明 , 温室效应将使中国区域的 日最高和最

低气温明显升高 , 而 日较差减小 。模拟得到的年平

均日最高气温的显著增加区基本位于中国南部 , 而

最低气温在黄河以北和长江以南的增加更显著 。

4 气候变化检测归因研究的不确定性

目前 , 气候变化检测归因研究主要基于观测资

料和气候模式模拟结果 ,使用各种统计方法进行 。在

这个过程中 , 主要存在两个方面的不确定性 : 一是

模式的不确定性 ,二是观测资料的不确定性川。其中

模式的不确定性主要来源于模式本身物理 、化学 、生

物过程的不完善 , 如气溶胶 一云 一辐射的祸合 、生

态系统对气候变化的响应与反馈等; 另一方面是辐

射强迫的不确定性 ,对于充分混合的温室气体来说 ,

辐射强迫的不确定性较小 , 但是对于一些其他类型

的辐射强迫 , 如气溶胶 、森林变农田的陆面变化的

辐射强迫非常大 。同时 , 阶段性的火山活动和太阳

释放总能量的变化也存在不确定性 , 如20 世纪之前

火山强迫有很大的不确定性 , 而卫星时代以前太阳

辐射强迫的估计存在很大的不确定性 。

用于检验气候模式结果的观测资料不足及观测

资料本身的限制等原因 , 观测资料也存在一定的不

确定性 。以气温为例 , 在观测网络覆盖范围 、经纬

度单元格内数据源分布状况 、 不同年代际温度记录

数量的差异 、温度序列长度 、站点气温观测连续性 、

站点的城乡分布 、城乡温度差异 、城市热岛效应等

方面都存在着一定的差异1481 ,降水的观测更加复杂 ,

不确定性更大 。如城市化对地面气温记录的影响难

以完全分离 , 现有的全球和区域陆面气温序列中还

不同程度地保留着城市热岛效应增强因素的影响 ,

在一些发展迅速 、 城乡差别悬殊的国家和地区 , 城

市化的影响尤为突出 。

5 结语和未来展望

总的来说 , 随着最近几年观测资料的增加 , 检

测归因方法和技术的进一步完善 , 以及国际上大规

模气候模式比较计划的实施与开展 , 气候变化的检

测归因研究在国际上取得了较大的进展 。如表 1所

示 , 现在对全球和大陆尺度地表气温变化的归因有

了很好的认识 。对人为信号的识别扩展到了气候的

很多方面 ,包括海洋变暖 、大陆尺度的平均温度 、温

度极值以及风场 。同时 , 对其他变量的归因研究也

开始推进 , 包括大气高层的温度 、降水和北极海冰

等 。开始对一些复杂的科学问题 , 如气候极端事件

与气候变化的关系 , 不同时间尺度气候变化的成因

或机理等问题进行研究 。这些研究结果的出现 , 极

大地深化了对引起气候变化原因这一科学问题的认

识 , 推进了相关领域的研究进展 。从未来的发展来

表 1 IP c c 第一工作组 4次评估报告关于气温和降水变化检测归因的研究结论t5. ”一川
Ta b le 1 C on elu sion s o f detecti on and att ri bu tion o f te e an d P reeiP ita ti on eh an g es in th e fo ur as sessm en t r叩 o rt s b y

Int erg overm en tal pan elon C I汕 at e C han ge (IP C C )w orking gro uP I(W G I)

IP C C 评估报告 关于气温的主要结论 关于降水的主要结论

第一次 (1990 年 ) 人类活动产生的各种排放正在使大气中的温室气体浓

度显著增加 , 这将增强温室效应 , 从而使地表升温

观测到陆地部分区域的降水变化 , 海洋上的降水由于缺少数据

难以得到其趋势。没有关于人为强迫对降水影响的相关内容

第二次 (1995年) 人类活动已经对全球气候系统造成了 “可以辨别” 的

影响

降水的变化与地球表面正在变暖的气候是一致的 (如更活跃的

水循环 、 更多的严重降水事件和降水时间的改变)

第三次 (2001年 ) 20 世纪50 年代以来观测到的大部分增暖 “可能 ” 归因

于人类活动造成的温室气体浓度上升

观测到的北半球高纬度降水变化与模式对人类强迫响应的模拟

结果间存在定性的一致性

第四次 (2007年 ) 20 世纪50 年代以来的全球变暖 “很可能 ” 是由人为温 可辨别的人类活动影响尚未能够扩展到降水变化。但有研究表

室气体浓度增加所导致。可辨别的人类活动影响扩展 明: 考虑人为影响和自然变率的模式模拟陆地降水与观测值相

到了气候的其他方面 , 包括海洋变暖 大陆尺度的平 关显著

均温度 、 温度极值以及风场

225



4 期 孙颖 , 等: 全球和中国区域近 50 年气候变化检测归因研究进展

看 , 虽然观测资料和气候模式的不确定性对检测归

因的研究结果有较大影响 , 但仍可预期 , 随着科技

的进步和资料 、模式等的发展 , 检测归因研究还将

取得更大的进展 。

而从中国现阶段的情况来看 , 由于我国在检测

归因领域的起步很晚 , 在这一领域仍然缺乏强有力

的科技支撑 , 因此需要加强这一领域的工作 , 提升

我国在气候变化检测归因领域的影响力 , 深化对东

亚地区人为或 自然气候变化的机理认识 , 为我国参

与气候变化国际合作和国际谈判提供科学基础 。未

来我们将可能在以下几个方面加强研究 :

(l) 针对中国的气候变化问题 ,需要加强基于数

理统计方法的气候变化检测归因研究 。在我国 , 虽

然一些工作揭示了温室气体或气溶胶在东亚地区温

度和降水变化中的作用 , 但是 , 这些工作所应用的

方法基本都是一致性检验的方法 , 即使用不同强迫

因子驱动气候模式所得到的结果和观测进行对比 ,

没有进一步应用数理统计方法(如最优检测法等)对

这些结果进行统计分析和推断 , 而这些统计推断方

法正是检测归因分析的核心内容 。因此 , 我们需要

针对一些重要的科学问题 , 如人为和自然因子对中

国区域气候变化的不同贡献做出研究 , 尤其是对一

些关键变量 , 如温度 、 降水 、 极端事件以及对东亚

地区有着重要影响的季风等大尺度环流的归因等 ,

要加强研究 。

(2 )对检测归因分析中的一些关于观测资料和模

式的关键科学技术方法需要加强研究 。观测资料的

选取以及不同观测资料的差异对归因结果可能存在

什么样的影响 , 明确如何选取有代表性的观测资料

是进行检测归因研究的必要工作之一 。同时 , 东亚

地区由于其特殊的地理位置和复杂的气候过程 , 大

部分气候模式对东亚气候的模拟性能较差 , 如何挑

选有意义的气候指标 , 如何最大程度地在区域尺度

上使信噪比最大化 , 如何合理地使用统计方法理解

模式的结果和不确定性 , 都是在东亚地区的检测归

因研究中的关键技术问题 。

(3 )加快与国际接轨 ,加强对区域尺度和不同变

量气候变化的归因研究 。从 目前的科学认识水平来

看 , 虽然对于区域尺度气候变化的检测归因仍然被

认为是一个很复杂的问题 , 但国际上已经开始在相

关领域进行了很多的工作 。而随着国际上大规模气

候模式比较计划的开展 , 气候模式分辨率的提高以

及模式性能的加强 , 未来对区域尺度上不同变量变

化趋势的检测与归因将会有较大进展 。因此 , 对于

东亚区域而言 , 未来需要加强不同变量变化趋势的

检测与归因研究 , 以满足对理解区域气候变化原因

认识的不同需求 。.
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tem Peratur e to m ulti一vari ables.H ow ever, in C hina , the relevan tstu 勿 15 stillatan init ialstage.A lth ough some

stu dies exP lore th e Phy siealreasons beh ind th e dry N orth Chlna an d w etSouth C hin a sin ee 19705 , the deteetion an d

att ri but io n stu d ies b ased o n stat istieal in fe ren ee m eth o ds ar e still v ery littl e an d n eed to b e stren gth ened . M an y
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２０１２／２０１３年东亚冬季风活动特征

及其可能成因分析
�

王东阡１，２　周　兵１　孙丞虎１　袁　媛１　柳艳菊１　王朋岭１

１国家气候中心，北京１０００８１

２中国气象局气候研究开放实验室，北京１０００８１

提　要：东亚冬季风目前处于年代际偏强的气候背景下，２０１２／２０１３年东亚冬季风强度指数（ＥＡＷＭ）为０．８３，连续第六年

强度偏强。２０１２／２０１３年冬季，北极涛动（ＡＯ）指数维持负位相，导致全国平均气温较常年同期略偏低。季内，西伯利亚高压

强度变化显著，与之相对应，我国气温季内阶段性变化大，前冬冷、后冬暖。进一步研究表明，前秋北极海冰的大幅偏少是造

成东亚冬季风偏强的重要原因，前期海冰范围的减少有利于冬季欧亚大陆北部的海平面气压出现正异常，致使西伯利亚高压

的偏强，有利于冷空气南下我国。而西伯利亚高压和东亚冬季风季内变化主要是受平流层环流异常信号影响，１月中旬前后，

北半球高纬地区平流层位势高度出现明显正异常并迅速下传影响对流层中低层，造成西伯利亚高压和冬季风季内阶段性偏

弱。

关键词：东亚冬季风，西伯利亚高压，北极涛动，北极海冰
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ＥＡＷＭ．

犓犲狔狑狅狉犱狊：ＥａｓｔＡｓｉａｎｗｉｎｔｅｒｍｏｎｓｏｏｎ（ＥＡＷＭ），Ｓｉｂｅｒｉａｎｈｉｇｈ，ＡｒｃｔｉｃＯｓｃｉｌｌａｔｉｏｎ，Ａｒｃｔｉｃｓｅａｉｃｅ

引　言

东亚冬季风是东亚季风系统中重要的组成部

分，是北半球冬季最活跃的大气环流系统之一，东亚

冬季风的异常直接影响东亚地区冬季天气气候特

征。当东亚冬季风偏强时，低层西伯利亚高压和阿

留申低压偏强，中层东亚大槽偏深，造成副热带北风

气流偏强，东亚副热带地区气温偏低（Ｌａｎｅｔａｌ，

１９８４；陈隽等，１９９９；高辉，２００７）。东亚冬季风系

统与我国冬季气候异常也有着密切的关系，研究表

明，东亚冬季风强度与我国各地冬季气温均为负相

关，偏强的东亚冬季风会导致冷空气和寒潮活动频

繁影响我国地区，造成低温冷害等灾害性天气频发

（Ｃｈａｎｇｅｔａｌ，１９８２；Ｄｉｎｇｅｔａｌ，１９８７；Ｚｈａｎｇｅｔａｌ，

１９９７；郭其蕴，１９９４；孙丞虎等，２０１２）。统计分析

发现（吴尚森等，２０００），异常偏强的东亚冬季风还会

造成我国华南地区冬季异常冷月的出现。同时，东

亚冬季风的发展变化也与我国春季和夏季的气候异

常有一定的关系。

２０１２／２０１３年冬季，东亚冬季风强度较常年同

期略偏强，季风强度季内变化显著，与之相对应，我

国冬季平均气温－３．７℃，较常年同期（－３．４℃）偏

低０．３℃，季内，我国气温变化呈现前冬冷、后冬暖

的阶段性变化特征。前冬东北、华北地区气温均创

近４０年新低，低温雨雪天气导致新疆北部、内蒙古

中东部及黑龙江东北部等地遭受不同程度雪灾，对

部分地区交通安全、物流运输和电力供应造成不利

影响（黄威，２０１３；花丛，２０１３）；而在后冬，全国除

东北和内蒙古东部偏冷外，其余大部地区气温以偏

暖为主（关月等，２０１３；安林昌等，２０１３）。由此可见，

东亚冬季风强度的季内变化与我国冬季天气气候异

常有密切的联系，那么，影响东亚冬季风系统的主要

外强迫因子是什么？造成东亚冬季风强度季内变化

的原因又是什么？本文将针对上述问题加以分析，

并试图给出初步的解释。

１　资料和方法

本文使用的主要资料包括：国家气象信息中心

提供的１９５１年以来中国２２８６站温度资料，美国气

象环境预报中心（ＮＣＥＰ）和美国国家大气研究中心

（ＮＣＡＲ）提供的ＮＣＥＰ／ＮＣＡＲ再分析数据集（Ｋａｌ

ｎａｙｅｔａｌ，１９９６），以及美国国家海洋和大气管理局

（ＮＯＡＡ）提供的ＩＭＳ海冰积雪范围数据集（Ｈｅｌ

ｆｒｉｃｈｅｔａｌ，２００７）。本文使用的气候平均值为

１９８１—２０１０年。

为表征东亚冬季风活动特征，本文还计算东亚

冬季风指数（朱艳峰，２００８）和西伯利亚指数，具体

定义为：

东亚冬季风指数：

犐ＥＡＷＭ ＝犝５００（２５°～３５°Ｎ，８０°～１２０°Ｅ）－

犝５００（５０°～６０°Ｎ，８０°～１２０°Ｅ）

西伯利亚高压指数：

犐ＳＨ ＝犛犔犘（４０°～６０°Ｎ，８０°～１２０°Ｅ）

２　２０１２／２０１３年冬季东亚冬季风活动

及其影响

２．１　东亚冬季风活动特征

２０１２／２０１３年冬季，东亚冬季风强度指数为

０．８３，较常年同期略偏强（图１）。从其年代际变化

特征上看，东亚冬季风目前处于年代际偏强的阶段，

已连续６年强度偏强。季内，冬季风强度变化显著，

前冬冬季风偏强，后冬冬季风偏弱，２月上旬出现低

频 尺度的偏强阶段（图２）。西伯利亚高压同样处于

图１　１９６１—２０１２年东亚冬季风标准化

强度指数（ＥＡＷＭ）演变

Ｆｉｇ．１　ＶａｒｉａｔｉｏｎｏｆｓｔａｎｄａｒｄｉｚｅｄＥａｓｔ

Ａｓｉａｎｗｉｎｔｅｒｍｏｎｓｏｏｎ（ＥＡＷＭ）ｉｎｄｅｘ

ｄｕｒｉｎｇ１９６１－２０１２
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图２　２０１２／２０１３年东亚冬季风强度

指数（ＥＡＷＭ）逐日演变

Ｆｉｇ．２　ＤａｉｌｙｖａｒｉａｔｉｏｎｏｆＥａｓｔＡｓｉａｎｗｉｎｔｅｒ

ｍｏｎｓｏｏｎ（ＥＡＷＭ）ｉｎｄｅｘｉｎ２０１２／２０１３

偏强的年代际背景下，但２０１２／２０１３年冬季西伯利

亚总体强度呈现正常略偏弱的特征（图３）；逐日监

测表明，西伯利亚高压强度表现出与东亚冬季风相

对应的季内变化特征（图４）。

图３　１９６１－２０１２年冬季标准化西伯利亚

高压强度指数（ＳＨ）演变

Ｆｉｇ．３　ＶａｒｉａｔｉｏｎｏｆｓｔａｎｄａｒｄｉｚｅｄＳｉｂｅｒｉａｎ

Ｈｉｇｈ（ＳＨ）ｉｎｔｅｎｓｉｔｙｉｎｄｅｘｉｎｗｉｎｔｅｒｓ

ｏｆ１９６１－２０１２

图４　２０１２／２０１３年冬季西伯利亚高压

强度逐日演变（单位：ｈＰａ）

Ｆｉｇ．４　ＤａｉｌｙｖａｒｉａｔｉｏｎｏｆＳｉｂｅｒｉａｎＨｉｇｈ

（ＳＨ）ｉｎｔｅｎｓｉｔｙｉｎｄｅｘｉｎｗｉｎｔｅｒ

２０１２／２０１３（ｕｎｉｔ：ｈＰａ）

２．２　我国冬季气温异常特征

２０１２／２０１３年冬季，全国平均气温－３．７℃，较

常年同期（－３．４℃）偏低０．３℃（图５）。与常年同期

相比，东北大部、内蒙古东部、华北大部、华东大部、

华中大部、新疆北部和中部、西藏西部部分地区气温

偏低，其中东北大部、内蒙古东部、华北东北部、新疆

北部和西藏西部局部地区偏低２～４℃，局部偏低

４℃以上；其余大部地区气温接近正常或偏高，其中

云南大部和青海南部气温偏高１～２℃（图６）。季

内，我国气温变化呈现前冬冷、后冬暖的阶段性变化

特征，其中２０１２年１２月上旬至２０１３年１月上旬，

全国除西南地区略偏暖外，北方和中东大部气温偏

低２～４℃，部分地区偏低达４℃以上。２０１３年１月

上旬至２月下旬，全国除东北大部和内蒙古东部偏

冷外，其余大部地区气温以偏暖为主（图７）。

图５　冬季全国平均气温（单位：℃）历年变化

Ｆｉｇ．５　Ｖａｒｉａｔｉｏｎｏｆｔｈｅｗｉｎｔｅｒｍｅｎａ

ｔｅｍｐｅｒａｔｕｒｅｓｏｖｅｒＣｈｉｎａｄｕｒｉｎｇ

１９６１－２０１１（ｕｎｉｔ：℃）

２．３　我国极端事件特征

２０１２／２０１３年冬季，共有９次冷空气过程影响

我国，受冷空气活动影响，我国主要发生了极端低

温、极端日降温和极端连续降温事件。全国共有

１２８站的日最低气温达极端低温事件监测标准，主

要分布在华北北部、西南东北部和新疆等地，其中西

藏狮泉河（－３６．７℃）等６站的日最低气温突破历史

极值（图８）。同期，全国共有１４１站发生极端日降

温事件，主要发生在东北南部、华南和青海、西藏等

地，普遍降温幅度达１０℃以上，其中１８站的降温幅

度突破历史极值（图９）。另外，黑龙江、青海和西藏

等地共４５站的连续降温幅度达极端事件监测标准，

其中３站的连续降温幅度突破历史纪录。

３　２０１２／２０１３年冬季大尺度环流异常

特征

３．１　北极涛动

北极涛动（ＡＯ）作为高纬地区大气环流异常的
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重要组成部分，与欧亚中高纬地区表面气温和海平

面气压变化都有密切联系，并通过影响西伯利亚高

压影响东亚冬季风的强度变化（Ｔｈｏｍｐｓｏｎｅｔａｌ，

１９９８；２０００；Ｗａｌｌａｃｅ，２０００；Ｗａｎｇｅｔａｌ，２０００）。

２０１２／２０１３年冬季，ＡＯ指数持续维持负位相，有利

于极地的冷空气向南侵袭影响我国。图１０给出冬

季ＡＯ指数与表面气温和２００ｈＰａ纬向风场的相关

关系。可见，欧亚地区中高纬大部分地区为显著的

正相关区域，表明ＡＯ位于负位相时，对应欧亚中高

图６　２０１２／２０１３年冬季全国平均

气温距平（单位：℃）

Ｆｉｇ．６　Ｍｅａｎｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｉｅｓｏｆ

Ｃｈｉｎａｉｎｗｉｎｔｅｒ２０１２／２０１３（ｕｎｉｔ：℃）

图７　全国平均气温距平（单位：℃）

（ａ）１２月１日至１月１０日平均，

（ｂ）１月１１日至２月２８日平均

Ｆｉｇ．７　Ｍｅａｎｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｉｅｓ

ｏｆＣｈｉｎａ（ｕｎｉｔ：℃）

（ａ）１Ｄｅｃｅｍｂｅｒｔｏ１０Ｊａｎｕａｒｙ，

（ｂ）１１Ｊａｎｕａｒｙｔｏ２８Ｆｅｂｒｕａｒｙ

图８　２０１２／２０１３年冬季（２０１２年

１２月１日至２０１３年２月２８日）全国

极端低温事件站点分布

Ｆｉｇ．８　Ｓｔａｔｉｏｎｄｉｓｔｒｉｂｕｔｉｏｎｏｆｅｘｔｒｅｍｅ

ｄａｉｌｙｍｉｎｉｍｕｍｔｅｍｐｅｒａｔｕｒｅｓ（ＤＭＴ）

ｆｒｏｍ１Ｄｅｃｅｍｂｅｒ２０１２ｔｏ

２８Ｆｅｂｒｕａｒｙ２０１３

图９　２０１２／２０１３年冬季（２０１２年

１２月１日至２０１３年２月２８日）全国

极端日降温事件站点分布

Ｆｉｇ．９　Ｓｔａｔｉｏｎｄｉｓｔｒｉｂｕｔｉｏｎｏｆｅｘｔｒｅｍｅ

ｄａｉｌｙｔｅｍｐｅｒａｔｕｒｅｄｒｏｐ（ＤＴＤ）ｆｒｏｍ

１Ｄｅｃｅｍｂｅｒ２０１２ｔｏ２８Ｆｅｂｒｕａｒｙ２０１３

纬地区表面气温负异常（图１０ａ）。一方面，中高纬

地区气温的偏低减弱了该地区与极区的经向温度梯

度，从而不利于纬向西风的加强，如图１０ｂ所示，欧

亚大陆５０°～８０°Ｎ区域为ＡＯ指数与２００ｈＰａ纬向

风正相关区域，表明 ＡＯ负位相时该区域纬向西风

减弱；另一方面，减弱的纬向基本流有利于中高纬地

区环流经向度加大，槽脊活动增多，引导极地的冷空

气南下影响欧亚中高纬地区，造成该地区表面气温

偏低。

３．２　高低层环流特征

根据上节的分析，北极涛动（ＡＯ）持续负位相有

利于欧亚中高纬地区环流经向度加大，图１１ａ给出

２０１２／２０１３年冬季对流层５００ｈＰａ高度及其异常场
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分布，分析表明，在５００ｈＰａ高度场上，欧亚大陆中

高纬环流呈“两槽一脊”的环流形势，乌拉尔山的高

压脊持续偏强，而东亚槽也异常偏强，有利于冷空气

沿高空槽南下。此外，东亚中纬地区，位势高度距平

场上为“北低南高”异常分布型，导致我国东部长江

以北地区的东北、华北、内蒙古东部以及黄淮地区气

温偏低，而长江以南的大部分地区气温偏高。而从

海平面气压异常场分布来看（图１１ｂ），欧亚地区表

现为“北高南低”的海平面气压异常分布，有利于欧

亚大陆中高地区气温的偏低和低纬地区气温的偏

高。进一步分析表面，２０１２／２０１３年冬季我国气温

异常、５００ｈＰａ高度场异常和海平面气压场异常的

分布，与 Ｗａｎｇ等（２０１０）研究中东亚地区冬季气温

ＥＯＦ分解第一模态及其对应的环流场相一致，受这

种大尺度环流分布型影响，我国东南部地区为低层

异常南风控制，整体表现出现东北冷、西南暖的温度

异常分布特征。值得指出的是，２０１２／２０１３年冬季

海平面气压场异常分布表现出对应ＡＯ持续负位相

的分布特征，而不是典型的东亚冬季风和西伯利亚

图１０　１９８１—２０１２年北极涛动（ＡＯ）

指数与冬季表面气温（ＳＡＴ）（ａ）及

２００ｈＰａ（ｂ）纬向风场的相关分布

（阴影为通过α＝０．０５显著性水平检验）

Ｆｉｇ．１０　ＣｏｒｒｅｌａｔｉｏｎｏｆＡｒｃｔｉｃＯｓｃｉｌｌａｔｉｏｎ

ｉｎｄｅｘｗｉｔｈ（ａ）ＳＡＴ，（ｂ）２００ｈＰａｚｏｎａｌ

ｗｉｎｄｄｕｒｉｎｇ１９８１－２０１２

（Ｖａｌｕｅｓｓｉｇｎｉｆｉｃａｎｔｌｙｅｘｃｅｅｄｉｎｇα＝０．０５

ｓｉｇｎｉｆｉｃａｎｃｅｌｅｖｅｌｏｆｔｅｓｔａｒｅｓｈａｄｅｄ）

图１１　２０１２／２０１３年冬季５００ｈＰａ

位势高度及距平场（ａ，单位：ｇｐｍ）和

海平面气压距平场（ｂ，单位：ｈＰａ）分布

Ｆｉｇ．１１　Ｄｉｓｔｒｉｂｕｔｉｏｎｏｆ５００ｈＰａｇｅｏｐｏｔｅｎｔｉａｌ

ｈｅｉｇｈｔａｎｏｍａｌｙ（ａ，ｕｎｉｔ：ｇｐｍ）ａｎｄｓｅａｌｅｖｅｌ

ｐｒｅｓｓｕｒｅ（ＳＬＰ）ａｎｏｍａｌｙ（ｂ，ｕｎｉｔ：ｈＰａ）

ｉｎｗｉｎｔｅｒ２０１２／２０１３

高压偏强的特征，这也是西伯利亚高压强度在季节

尺度上略偏弱的重要原因。

４　东亚冬季风异常的可能原因

４．１　北极海冰的影响

前期研究表明，９月海冰范围与后期冬季大尺

度大气环流异常有着密切联系，海冰的减少会导致

北极地区增暖，并通过与大气的正／负反馈作用影响

遥远区域的气候变异（Ｈｏｎｄａｅｔａｌ，１９９９；２００９；Ａｌ

ｅｘａｎｄｅｒｅｔａｌ，２００４；Ｓｃｒｅｅｎｅｔａｌ，２０１０；Ｋｕｍａｒ

ｅｔａｌ，２０１０；Ｗｕｅｔａｌ，２０１１）。观测结果也显示，冬

季巴伦支海—喀拉海海冰偏少时，东亚冬季风会偏

强。自２０１２年夏季开始，北极海冰覆盖范围持续异

常偏小，偏小幅度超过气候态两倍标准差，这一状况

一直持续到２０１２／２０１３年冬季（图略）；其中８月中

旬至１０月中旬，海冰覆盖面积持续低于自有观测资

料以来年海冰覆盖面积的最小纪录———２００７年同

期海冰覆盖面积。而从海冰范围距平分布来看（图
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１２），秋季北极大部分地区海冰范围较常年明显偏

少，巴伦支海北部、喀拉海、拉普捷夫海、楚科奇海、

波弗特海和巴芬湾等海域海冰范围较常年同期偏低

２０％～６０％，其中喀拉海北部和波弗特海偏低６０％

以上。图１３给出９月北极地区海冰范围与冬季海

平面气压的相关系数分布，分析可以发现，自欧洲东

部到西伯利亚地区为显著的负相关区域，表明前期

海冰范围的减少有利于冬季欧亚大陆北部的海平面

气压出现正异常，致使西伯利亚高压的偏强，有利于

冷空气南下我国。另一方面，前期秋季北极海冰偏

少使得北极地区温度较常年同期偏高，导致极区与

欧亚大陆之间的温差较常年同期偏小，减弱了欧亚

图１２　２０１２年秋季北极海冰范围距平分布

Ｆｉｇ．１２　Ｄｉｓｔｒｉｂｕｔｉｏｎｏｆｓｅａｉｃｅｅｘｔｅｎｄ

ａｎｏｍａｌｉｅｓｉｎａｕｔｕｍｎ２０１２

图１３　９月北极海冰范围（ＡＳＩ）指数与

冬季海平面气压场（ＳＬＰ）的相关分布

（阴影为通过α＝０．０５显著性水平检验）

Ｆｉｇ．１３　ＣｏｒｒｅｌａｔｉｏｎｏｆＳｅｐｔｅｍｂｅｒ

ｎｅｇａｔｉｖｅＡｒｃｔｉｃＯｓｃｉｌｌａｔｉｏｎｉｎｄｅｘｗｉｔｈ

ｗｉｎｔｅｒｓｅａｌｅｖｅｌｐｒｅｓｓｕｒｅ

（Ｖａｌｕｅｓｓｉｇｎｉｆｉｃａｎｔｌｙｅｘｃｅｅｄｉｎｇα＝０．０５

ｓｉｇｎｉｆｉｃａｎｃｅｌｅｖｅｌｏｆｔｅｓｔａｒｅｓｈａｄｅｄ）

北部的西风急流，有利于欧亚地区高纬的冷空气南

下影响我国，最终导致今年冬季我国东北、内蒙古东

部、华北、华东等地大范围低温的出现。

４．２　平流层环流异常下传的影响

４．１节的分析显示，北极海冰异常偏少作为相

对持续和稳定的外强迫因子，有利于冬季西伯利亚

高压的偏强，这与２０１２／２０１３年冬季西伯利亚高压

略偏弱的事实并不完全吻合，进一步研究发现，西伯

利亚高压强度表现出明显的季内变化特征，在１２月

初至１月上旬和２月上中旬明显偏强，而在冬季的

其他时段偏弱，西伯利亚高压强度的这种阶段性减

弱受平流层位势高度异常下传影响。

图１４给出２０１２／２０１３年冬季平流层大气环流

演变特征，分析发现，在２０１３年１月上中旬，平流层

图１４　（ａ）北半球高纬标准化高度

距平（单位：ｈＰａ），（ｂ）１５０ｈＰａ上传

波动热通量［单位：℃·（ｍ·ｓ）－１］，

（ｃ）２０ｈＰａ纬向风（单位：ｍ·ｓ－１）演变

Ｆｉｇ．１４　（ａ）Ｖａｒｉａｔｉｏｎｓｏｆｓｔａｎｄａｒｄｉｚｅｄ

ｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔａｎｏｍａｌｙｉｎＮｏｒｔｈｅｒｎ

Ｈｅｍｉｓｐｈｅｒｅ（ｕｎｉｔ：ｈＰａ），（ｂ）１５０ｈＰａ

ｏｕｔｇｏｉｎｇｈｅａｔｆｌｕｘ（ｕｎｉｔ：℃·ｍ·ｓ
－１）

ａｎｄ（ｃ）２０ｈＰａｚｏｎａｌｗｉｎｄ（ｕｎｉｔ：ｍ·ｓ－１）
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１０ｈＰａ 等 压 面 出 现 明 显 的 位 势 高 度 正 异 常

（图１４ａ），并伴随着一次平流层爆发性增温过程（图

略），平流层位势高度正异常出现后迅速下传并在１

月中下旬开始影响对流层中低层。从１５０ｈＰａ上传

波动热通量和２０ｈＰａ纬向风场的演变特征来看（图

１４ｂ和１４ｃ），在这一次平流层位势高度正异常下传

过程中，首先，在２０１２年１２月中旬至２０１３年１月

上中旬，整个平流层有异常强的上传波动热通量，这

种异常强的上传波动热通量在平流层辐合，从而引

起平流层的纬向基本流的减速；伴随着纬向西风减

速作用，平流层极涡强度大大减弱，减弱的幅度在１

月中旬前后达到最强，西风环流逆转为东风环流，形

成暖的极区，导致平流层爆发性增温现象；在极区建

立起来的东风环流不利于波动热通量的上传，从而

抑制对流层能量的向上频散；在这种情况下，平流层

大气环流在非绝热过程的调整下向辐射平衡发展，

产生西风加速，从而逐渐恢复西风环流。在整个过

程大约５０ｄ的时间里，纬向基本流的偏弱一直在中

高纬度维持（图１４ｃ），从而形成弱的绕极涡旋，有利

于ＡＯ 负位相的维持，这也是北极涛动在２０１２／

２０１３年冬季持续维持负位相的原因之一。同时，根

据陈文等（２００９）的研究，平流层位势高度正异常下

传至对流层中低层后的１个月左右时段内，会导致

西伯利亚地区海平面气压的降低，是造成西伯利亚

高压季内变化的重要原因。

５　小　结

（１）２０１２／２０１３年冬季，东亚冬季风强度较常

年同期略偏强，季内冬季风强弱转换阶段性特征明

显。

（２）２０１２／２０１３年冬季，我国气温主要表现为

东北冷，西南暖的异常分布，全国平均气温－３．７℃，

较常年同期（－３．４℃）偏低０．３℃，季内，我国气温

变化呈现前冬冷、后冬暖的阶段性变化特征。

（３）２０１２／２０１３年冬季，北极涛动持续位于负

位相，欧亚中高纬地区高层纬向西风减弱，环流经向

度加大，在５００ｈＰａ高度场上，欧亚大陆中高纬环流

呈“两槽一脊”的环流形势，乌拉尔山的高压脊持续

偏强，而东亚槽也异常偏强，有利于极地的冷空气南

下影响欧亚中高纬地区，是造成我国北方地区气温

偏低的重要原因。

（４）自２０１２年夏季开始持续偏低的北极海冰

覆盖，有利于２０１２／２０１３年冬季西伯利亚地区海平

面气压偏高，致使西伯利亚高压和东亚冬季风偏强，

而２０１３年１月中旬前后平流层位势高度正异常下

传并影响对流层中低层，是导致西伯利亚高压和冬

季风出现显著季节内变化的重要原因。
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Analysis of stable components in extended-range forecast for the
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In this paper we try to extract stable components in extended-range forecast for the coming 10–30 days by using
empirical orthogonal function (EOF) analysis, similarity coefficient and some other methods based on the National Cen-
ter for Environmental Prediction (NCEP)/National Center for Atmospheric Research (NCAR) reanalysis daily data. The
comparisons of the coefficient of variance of climatological background field and truth data in winter between 2010 and
2011 are made. The method of extracting stable components and climatological background field can be helpful to increase
the forecast skill. The skill improvement of air temperature is better than geopotential height at 500 hPa. Moreover, this
method improves the predictability better in the Pacific Ocean. In China, the forecast in winter in Northeast China is more
uncertain than in the other parts.

Keywords: stable components, climatological background, coefficient of variance
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1. Introduction
In recent years, the standards of the extended-range fore-

cast in the coming 10–30 days have been improving greatly.
Because the atmosphere is a forced dissipative nonlinear sys-
tem, its predictability is sensitive to initial condition. It
has long been recognized that the upper limit of weather
predictability for the synoptic and larger scales is about 2
weeks.[1–6] However, it is well established that some com-
ponents in the climate system are more predictable than oth-
ers. For instance, large-scale structures tend to be more pre-
dictable than small-scale structures and numerical evidence
supports the hypothesis that the climate state is predictable
beyond 2 weeks.[7,8] Studies show that some low-frequency
atmosphere system can be observed. For example, as the
Madden–Julian oscillation (MJO) is found,[9,10] research re-
sults support that MJO influences the weather significantly in
China.[11–13] These studies strengthen our confidence to im-
prove the extended-range forecast in the coming 10–30 days.

The extended-range forecast in the coming 10–30 days is
gradually becoming a hot study direction in weather forecast.
Chen et at.,[14] and Ding and Li[15] introduced a new approach
using the nonlinear local Lyapunov exponent (NLLE) to study
the atmospheric predictability from the view of nonlinear er-
ror growth dynamics. The spatiotemporal distributions of pre-
dictability limit of monthly and seasonal mean geopotential
height and temperature fields were investigated.[16,17] More-
over, Mu[18] established a novel concept of nonlinear singular
vector (NSV) and nonlinear singular vector value (NSVA) and

improved the technique of conditional nonlinear optimal per-
turbations (CNOPs). These study results were used widely in
the study of predictability, ensemble forecast and many other
fields.[19,20]

The interannual variability of a climate mean consists of
both climate signal and noise. The climate signals are those
variations forced by the slowly varying anomalous bound-
ary conditions external to the climate system.[21–24] A climate
anomaly may display a certain degree of predictability if the
percentage of climate signal in its total variability is large
enough to overcome the destructive effect of the noise.[25]

Many observations and studies showed that there is a strong
relationship between the stable component and atmospheric
oscillation,[26–29] and the stable components can be forecasted
objectively on a 10–30 day time scale.[30–34] Therefore, some
work extracted stable components in extended-range forecast
for the coming 10–30 days by using empirical orthogonal
function (EOF) analysis and some other methods during the
snow storm event in the winter 2010 and 2011.[35–37] The sta-
ble components in extended-range forecast for the coming 10–
30 days can be divided objectively into two parts, i.e., climatic
stable components and abnormal stable components, by an-
alyzing the contribution rate, similarity coefficient, etc. We
combine climatic stable components and low-pass filter com-
ponents to obtain the climatological background field and to
investigate the 10–30 day component background. In this pa-
per, the coefficient of variance is calculated to examine the pre-
dictability between true atmosphere and climatological back-
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ground field in last two winters. These results can deepen our
understanding of the predictability of extended range forecast
for the coming 10–30 days and provide a new way to think and
solve the problem of extended range forecast for the coming
10–30 days.

2. Data and method
2.1. Data

This study is based on the data reanalyzed by the National
Center for Environmental Prediction/ National Center for At-
mospheric Research (NCEP/NCAR)[38] for the period January
1980–April 2012. The dataset has a 2.5◦× 2.5◦ horizontal res-
olution and extends from 1000 hPa to 10 hPa, with 17 vertical
pressure levels. The data of February 29 in leap year are omit-
ted to keep it consistent.

2.2. Method

In this paper extracted are the components in extended-
range forecast for the coming 10–30 days by the Butterworth
Band-pass Filter on a month timescale. There we just extract
stable components in extended-range forecast for the coming
10–30 days in December of 2010 for example. The basic func-
tion of climate state can be extracted by EOF analysis based on
the NCEP/NCAR reanalysis daily data of geopotential height
from 1981 to 2010 in December from the following equation:

Xm×n =Vm×mTm×n, (1)

where Xm×n is the sequence of meteorological elements, Xm×m

is the space characteristic vector, Tm×n is time coefficient. And
then we calculate the daily data of geopotential height in De-
cember of 2010 by the Butterworth Band-pass Filter. Based
on Eq. (1), contribution rate can be obtained by combining
the space characteristic vectors of EOF and the corresponding
time coefficients, the time coefficients can be calculated from
the following equation:

T =V ′X . (2)

The contribution rate is used to check how to influence
original field and explain the elements which influence this
weather process in view of 10–30 days. When the explained
variance of one component keeps at top twenty for more than
fifteen days in one month, we define this component as stable
component in extended-range forecast for the coming 10–30
days.

There are three big circulation systems at 500 hPa: sub-
tropical high system in low latitudes, westerly belt system in
middle latitudes, and polar vortex system in high latitude. The
active degrees of these three circulation systems are different
in different seasons. For example, westerly belt system shows
three strong troughs in winter and four weak troughs in sum-
mer instead. The anomalies of three big circulation systems

can lead to the anomaly of atmospheric circulation. Experi-
ences show that atmospheric circulations are different in dif-
ferent seasons and different sectors. If the daily contribution
rates of top 50 eigenvetors in December 2010 correspond to
these in climate perfectly, the change of weather system would
be similar to its historical change. Because they are differ-
ent (Fig. 1), many extreme weather events happen every year.
Therefore, it is an interesting thing to study the change of ex-
plained variances of eigenvetors.
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Fig. 1. December contribution rate: (a) climate and (b) 2010.

Y is defined as a threshold to separate climatic stable com-
ponent from abnormal stable component. If one stable compo-
nent, whose sequence of explained variance in climate minus
its sequence of explained variance of a case is less than Y in ab-
solute value, is called climatic stable component. Moreover, if
one stable component, whose sequence of explained variance
in climate minus its sequence of explained variance of a case
is equal or more than Y in absolute value, is called abnormal
stable component. There we assign the numbers from one to
fifteen to Y and obtain the corresponding climatic stable com-
ponents. The similarity coefficient (Eq. (3)) between climatic
stable components in 1981 to 2010 is calculated and climatic
stable component of a case.

cos(θ) =

m
∑

i=1
xiyi√

m
∑

i=1
x2

i

√
m
∑

i=1
y2

i

, (3)

where cos(θ) represents the similarity coefficient, x and y are
different metrorological elements, and m is sample size.

The flowchart of the objective separation of stable com-
ponents is shown in Fig. 2. First, according to the 1980–2010
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Fig. 2. Flowchart of the objective separation of stable components.

NCEP/NCAR data in December, the 10–30 days components
are obtained. Subsequently, climatic mean 10–30 day com-
ponents in each day are multiplied by orthogonal eigenvetors.
Top 20 eigenvetors are selected to obtain climatic 10–30 day
stable components, and the similarity coefficient is calculated
with climatic stable components. We consider that when the
similarity coefficient reaches extremum, Y is the right thresh-
old that we want (Fig. 3). At this time, the climatic stable
components and abnormal stable components can be ascer-
tained objectively. For example in this case the geopotential
height data in December 2010 at 500-hPa level, 2 is a reason-
able threshold for Y . We combine climatic stable components
and low-pass filter components to obtain climatological back-
ground field.
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Fig. 3. Similarity coefficient between climatic 10–30 day stable com-
ponent and climatic stable component when the threshold is in a range
from 1–15.

The standard deviation is

Sx =

√
1
n

n

∑
t=1

(xt − x̄)2, (4)

where x is the meteorological time series; x̄ is average; n is
sample size. Standard deviation represents the average level
of the variable change around average. So it can reflect the
level of difficulty in predicting the variable. Of course, it is
easier to predict a variable with lower Sx than with higher Sx.
However, if there are two variables with different magnitudes,
each changes according to its own percentage, we can obtain
that their standard deviations are not equal. The larger magni-
tude variable has a higher standard deviation and the smaller
magnitude variable has a lower standard deviation. In order
to avoid this relative error and to compare the 500 hPa geopo-
tential height and the climatological background field, we cal-
culate their coefficient of variance (CV ) from the following
formula:

CV =
1
x̄

√
1
n

n

∑
t=1

(xt − x̄)2 (5)

to compare their predictabilities.

3. Geopotential field and temperature field at
500 hPa in winter 2010

3.1. Geopotential field at 500 hPa
3.1.1. The CVCVCV analysis of truth field

Figure 4 shows the CVs of truth field at 500-hPa level
in the Northern Hemisphere in winter 2010. The CVs reach
their minima in the equator and increase along the direction
of latitude increasing. It is in accordance with Li and Wang’s
studies.[39] In December 2010, the CVs are below 0.005 in
south of 20◦ north latitude. They are lower in Southwest China
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Fig. 4. The CVs of geopotential truth field at 500-hPa level in the Northern Hemisphere in (a) December 2010, (b) January 2011, (c) February 2011, and (d)
Winter 2010. December, January, and February (DJF) (×10−3).

and higher in Northeast China. There is a closed-isoline in the
Japan Sea, with values exceeding 0.025. In January 2011, the
CVs in China are similar except in Northeast China. The iso-
lines become dense in high latitudes. In February 2011, they
change a little but turn a closed-isoline in the North Pacific
Ocean. The CV isolines become dense in mid-latitudes of the
Pacific Ocean and the uncertainty of prediction increases. Ac-
cording to Fig. 4(d), the CVs are higher in Northeast China
than in the other parts of China in winter 2010. Moreover, the
isolines are dense in the North Pacific Ocean.

3.1.2. The CV analysis of climatological background
field

From the CVs of geopotential climatological background
field at 500-hPa level in the Northern Hemisphere in Fig. 5, we
can obtain the information similar to that in Fig. 4. The CVs
of climatological background field in Eurasia during Decem-
ber 2010 have two closed-isolines, and the west one is stronger
than the other. In January 2011, there is a high closed-isoline
in Northeast China and the Japan Sea, while the 0.005 isoline
moves toward north which means that in this section the fore-
cast skills are higher than December 2010. From Fig. 5 we

can see that in high latitudes the CVs are higher than those in
low latitudes, at the same time they show zonal distribution. In
winter 2010 (Fig. 5(d)), the CVs are higher in Northeast China
than in the other parts of China too. Especially, a compari-
son of Fig. 4 with Fig. 5 shows that the CVs of climatological
background field are obviously less than the CVs of truth field
in both Asia and the Pacific Ocean. It means that the climato-
logical background field is easier to predict than the truth field
at 500-hPa level. Therefore, the method of extracting stable
components and obtaining climatological background field is
helpful to increase the forecast skills. Moreover, the values in
both truth field and climatological background field are higher
in Northeast China than in the other parts. We may explain
that in China the forecast of geopotential field at 500 hPa in
winter in Northeast China is more uncertain.

3.2. Temperature field at 500 hPa
3.2.1. The CV analysis of truth field

From the CVs of truth field at 500-hPa level in the North-
ern Hemisphere (Fig. 6) we can see that the CVs are very low
in low-latitudes and increase along the direction of increasing
latitude. The CVs are low in Southwest China while high in
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Fig. 5. The CVs of geopotential climatological background field at 500-hPa level in the Northern Hemisphere in (a) December 2010, (b) January 2011, (c)
February 2011, and (d) Winter 2010. (DJF) (×10−3).
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Northeast China. In January 2011, the CVs of truth field are
flat in south of 40◦ north latitude. They are lower in Southwest
China while higher in Northeast China. With the time going
on, there is a high closed-isoline which influences most of the
Northwest Pacific Ocean at 500 hPa in February 2011. The

0.015 isoline moves to south in China which makes CVs in
Northeast China and North China higher. Figure 6 shows that
there is a high closed-isoline exceeding 0.025 in the North Pa-
cific Ocean in winter 2010. The CVs of temperature truth field
of China reach their maxima in Northeast China.
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Fig. 6. The CVs of temperature truth field at 500-hPa level in the Northern Hemisphere in (a) December 2010, (b) January 2011, (c) February 2011, and (d)
Winter 2010. (DJF) (×10−3).

3.2.2. The CV analysis of climatological background
field

Figure 7 shows the CVs of temperature climatological
background field at 500-hPa level in the Northern Hemi-
sphere. It displays the zonal distribution in December 2010
and changes little in the south of 20 ◦N. The isolines become
dense in the section of juncture of Eurasia and the Pacific

Ocean. In January 2011 there are two high closed-isolines in
Northeast China and Okhotsk, which influence the change of
temperature at 500 hPa together. The CVs of climatological
background field at 500 hPa are sparse in February 2011 and
show a high closed-isoline in the Central Pacific Ocean which
influences East China especially some coastal areas.
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Fig. 7. The CVs of temperature climatological background field at 500-hPa level in the Northern Hemisphere in (a) December 2010, (b) January 2011, (c)
February 2011, and (d) Winter 2010. (DJF) (×10−3).

From the CVs of temperature climatological background

field at 500-hPa level in the Northern Hemisphere in winter

2010 we can see that there is a strong high center in the North-

west Pacific Ocean which makes the isolines in Northeast

China dense. We consider that the predictability in Northeast

China is influenced mainly by the Northwest Pacific Ocean at

500-hPa level. Comparing Fig. 6 with Fig. 7, the CVs of tem-

perature climatological background field are more stable than

that of truth field.

4. Geopotential field and temperature field at
500 hPa in winter 2011

4.1. Geopotential field at 500 hPa
4.1.1. The CV analysis of truth field

Figure 8 shows the CVs of geopotential truth field at 500-
hPa level in the Northern Hemisphere in winter 2011. The
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predictability in low latitudes is better than in other latitudes.
In December 2011 and February 2012, there is a high closed-
isoline exceeding 0.030 in the East Pacific Ocean. While in
January 2012 the high closed-isoline appears in Aleutian area,
which influences East Siberia obviously. From winter 2011 we
can see that there are two closed-isolines in the North Pacific
Ocean and the East Pacific Ocean and the CVs in the West Pa-
cific Ocean are sparse. The CVs in Northeast China are higher

than in the other parts in China, which means that the pre-

dictability limit in Northeast China is higher too. Comparing

with Fig. 4, the source region of weather system influencing

the distribution of CVs in China can be distinguished as two

parts by time sequence: In former winter, the source region is

in Siberia of North Eurasia, while in later winter, the source

region is the Pacific Ocean.
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Fig. 8. The CVs of geopotential truth field at 500-hPa level in the Northern Hemisphere in (a) December 2011, (b) January 2012, (c) February 2012, and (d)
Winter 2011. (DJF) (×10−3).

4.1.2. The CV analysis of climatological background
field

Comparing Fig. 8 with Fig. 9, we can see that the CVs of
climatological background field we extracted are lower than
those of truth field in the same areas. Moreover, the patterns
in two fields are very similar, which means that the climatolog-

ical background field can grasp the main circulation systems
in truth field. Although just calculating low-pass filtering may
also show some improvement, it is not clear whether separat-
ing climate signal from noise can lose some useful informa-
tion. Obviously, the method we put forward is better than the
simple low-pass filtering.
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Fig. 9. The CVs of geopotential climatological background field at 500-hPa level in the Northern Hemisphere in (a) December 2011. (b) January 2012. (c)
February 2012 , and (d) Winter 2011. (DJF) (×10−3).

4.2. Temperature field at 500 hPa
4.2.1. The CV analysis of truth field

Figure 10 shows the CVs of temperature truth field at
500-hPa level in the Northern Hemisphere. In December 2011
and January 2012, high closed-isolines are in the North Pacific
Ocean and the section of juncture of America and the North-

east Pacific Ocean. Then the high closed-isoline moves to the
Center Pacific Ocean in February 2012. The CVs of truth field
in winter 2011 (Fig. 10(d)) shows that they change little in the
same latitudes. The predictability of North China is lower than
in the other parts, this phenomenon is similar to that in winter
2010.
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Fig. 10. The CVs of temperature truth field at 500-hPa level in the Northern Hemisphere in (a) December 2011, (b) January 2012, (c) February 2012, and
(d) Winter 2011. (DJF) (×10−3).

4.2.2. The CV analysis of climatological background
field

Figure 11 shows the CVs of temperature climatological
background field at 500-hPa level in the Northern Hemisphere.
Comparing with Fig. 7, it is obvious to find that the CVs are
very sparse and different from month to month. The CVs in
China become lower and lower with the time going on and they

are almost below 0.004 in February 2012. The predictability
is better in the south of 30◦ north latitude with the CVs below
0.005 in winter. Moreover, figure 11 shows the temperature
CVs in Northeast China are mainly influenced by the North
Pacific Ocean and the predictability in the East Pacific Ocean
is better than that in the West Pacific Ocean.
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Fig. 11. The CVs of temperature climatological background field at 500-hPa level in the Northern Hemisphere in (a) December 2011, (b) January 2012, (c)
February 2012, and (d) Winter 2011. (DJF) (×10−3).

5. Conclusion and discussion
In this paper, we try to extract the stable components in

extended-range forecast for the coming 10–30 days by using
empirical orthogonal function analysis, similarity coefficient
and some other methods based on the NCEP/NCAR reana-
lyzed daily data. The CVs of climatological background field
and truth field in the winter 2010 and 2011 are compared to
obtain some results.

The method of extracting stable components and clima-
tological background field can be helpful to increase the fore-
cast skill. The improvement on air temperature is better than
geopotential height at 500 hPa. It is meaningful for extended-
range forecast for the coming 10–30 days.

From the distribution of CVs in winter 2010 and 2011

we can see that the predictability decreases along the direction
of increasing latitude. Moreover, this method improves the
predictability obviously in the Pacific Ocean. The forecast in
winter in Northeast China is more uncertain than in the other
parts of China. The predictability of air temperature in North-
east China is influenced by the North Pacific Ocean mainly at
500 hPa.

In this paper developed is a new method of separating
climate signal from noise to solve the difficulty in extended-
range forecast for the coming 10–30 days based on some com-
prehensive studies. The results seem encouraging. How-
ever, the relevant studies need to be continued to combine this
method with model results for weather forecast. Moreover,
how to combine with boundary condition, for example, ENSO,
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also needs to be investigated.
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王小玲，丁一汇．２０１３．２０１０年夏季欧亚异常阻高演变过程及对天气气候的影响．气象，３９（９）：１０８９１０９５．

２０１０年夏季欧亚异常阻高演变过程

及对天气气候的影响
�

王小玲１，２，３　丁一汇３

１中国科学院大气物理研究所，北京１０００２９

２中国科学院大学，北京１０００４９

３国家气候中心，中国气象局气候研究开放实验室，北京１０００８１

提　要：２０１０年６—８月，北半球存在欧亚遥相关，异常最早出现在北大西洋高空急流出口区，为负扰动，扰动沿遥相关波列

向下游传播，造成莫斯科地区的高温热浪以及巴基斯坦与中国西北和东北部的暴雨洪涝。遥相关分析表明，急流出口区的负

扰动首先引起俄罗斯西部的正扰动，阻塞高压发展，造成持续高温干旱；之后引起西亚北部的负扰动，造成冷空气频繁南下，

与北上和西进的印度季风交汇在巴基斯坦北部，造成极严重的洪涝；８月初扰动沿高空急流继续向下游传播，在我国西北、东

北以及朝鲜半岛造成洪涝，甘肃舟曲突发性大暴雨和泥石流以及松花江暴雨就发生在这个时期。由于２０１０年夏季整个欧亚

地区经向型环流异常发展，高空急流经向分量很大，这导致高、低纬冷暖空气在不同地区持续相互作用，不仅使阻塞高压在中

高纬俄罗斯西部异常发展、强大和持续，而且使低纬巴基斯坦发生严重洪涝，以及我国中纬度地区的强烈暴雨。季风活动在

引发上述暴雨洪涝起着十分关键的作用，分别表现为来自低纬阿拉伯海和孟加拉湾的两支暖湿气流与沿着阻高东侧南下的

冷空气在巴基斯坦北部上空交汇；来自印度洋、太平洋的暖湿气流和中纬度西风带的水汽在我国东北以及朝鲜半岛上空交

汇。
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引　言

自２０１０年６月中旬起，俄罗斯西部上空持续维

持阻塞高压近２个月（Ｄｏｌｅｅｔａｌ，２０１１；Ｇｒｕｍｍ，

２０１１）。作为中高纬地区典型的持续性环流异常，阻

塞高压通过上下游效应影响大范围地区的天气气候

（叶笃正等，１９６２；Ｄｏｌｅ，１９８６；赵振国，１９９９；丁一汇

等，２００８）。先是俄罗斯出现持续高温天气，强烈的

高温引发多处森林大火；接下来巴基斯坦经历了严

重洪涝（Ｈｏｕｚｅｅｔａｌ．，２０１１）；在我国，甘肃舟曲发生

严重暴雨泥石流，东北地区则出现暴雨洪涝（国家气

候中心，２０１１）；而日本则经历了１８９８年以来的最热

夏季（ＷＭＯ，２０１１）。这一系列的极端天气和气候

事件与局部海域海温异常升高引起大气环流异常，

从而改变了季风有直接关系（Ｔｒｅｎｂｅｒｔｈｅｔａｌ，

２０１２）。２０１０年夏季俄罗斯西部阻塞高压（以下简

称阻高）维持时间之久，引起的高温和洪涝之最，以

及社会经济影响，使得这次事件备受关注。我国的

重大洪涝与阻高的维持有重要联系（赵振国，１９９９），

这次阻高对我国有什么影响，其发展过程如何，弄清

这些问题对我国的气候监测和预测有重要意义。本

文重点分析了２０１０年夏季俄罗斯西部阻高的发展演

变过程，以及下游环流形势和天气气候特点，讨论阻

塞高压的启动机制，以及上游扰动在欧亚地区的传播

特征，以期对我国的短期气候预测提供理论依据。

１　资料和方法

本文所用资料为１９４８—２０１０年ＮＣＥＰ逐日再

分析资料，要素包括位势高度，经、纬向风速，绝对湿

度，地表面气压和垂直速度。根据 Ｇｒｅｅｎ（１９７７）的

算法，计算了３００ｈＰａ准地转位涡，以及平均流和瞬

变流 分 别 对 位 涡 的 输 送 （分 别 为 犞 · 狇 和

犞′·狇′）。垂直积分的水汽输送自地面积分至３００

ｈＰａ。欧亚地区（４５°～６５°Ｎ、０°～１５０°Ｅ）西风指数采

用赵振国（１９９９）的算法。利用吴国雄等（１９９４）的方

法，计算了时间平均动能向扰动动能的转化［公式

（１）］，以及扰动拟能向时间平均拟能的转化，在计算

之前，首先通过滤波提取２～６天的天气扰动；根据

Ｄｉｎｇ等（２００５）确定北半球夏季遥相关波列的方法，

计算了２００ｈＰａ高度场的一点相关系数。气候平均

值采用１９７１—２０００年平均。

犆（犓 →犓犲）＝
狌′狏′
犪

ｃｏｓφ


φ

狌
ｃｏｓ（ ）φ ＋

１

ｃｏｓφ

狏

［ ］λ －
１

犪
（狏′）２－（狌′）［ ］２ １

ｃｏｓφ

狌

λ
－ｔａｎφ·［ ］狏 （１）

２　阻塞高压的发展演变过程及重要天

气特征

　　从逐候的５００ｈＰａ高度演变，可以清晰地看到

俄罗斯西部阻塞高压的发展演变过程。根据逐候的

环流演变以及对下游天气气候的影响，可将阻塞的

发展过程分为４个阶段（图１）：Ｉ启动阶段（６月２—

５候）；ＩＩ阻塞发展期（６月６候至７月４候）；ＩＩＩ阻

塞鼎盛期（７月５候至８月１候）；ＩＶ阻塞衰退期（８

月２—４候）。

Ｉ启动阶段：自６月２候起，随着北大西洋东岸

低槽加深并沿地中海向东移动，其槽前的偏南气流
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向北输送了大量水汽，在西欧造成了明显降水；以后

空气变干，并继续向东北输送，致使俄罗斯西部高度

场逐渐升高，至６月５候，阻塞形势基本建立。这期

间，欧亚大陆高纬地区为低槽控制，而中纬度呈多短

波槽脊活动的纬向环流（图１ａ）。这时上游高空急

流开始出现分支。值得注意的是，６月５候，北大西

洋东部又有低槽出现。

ＩＩ阻塞发展期：６月６候起，北大西洋东部的低

槽迅速加深，欧亚地区的环流经向度随之加大（西风

指数迅速减弱，图略），高压脊不断加强并向北扩展

至斯堪的纳维亚半岛，高压脊与地中海低槽共同形

成偶极子型的阻塞形势（图１ｂ）。贝加尔湖以北地

区为宽广槽区，下游东北亚和我国东北、朝鲜半岛亦

为偶极型的阻塞形势。结果在欧亚地区上下游形成

一个稳定的阻高，这使欧亚环流能够在长时期稳定

下来，这是造成这时期南北冷暖空气交汇的大尺度

环流背景。在阻塞维持期间，高空急流中心有明显

的东传过程，并沿阻高南北两侧出现分支（图２）。

这一时期欧亚大陆上空急流核位于欧洲东南部和西

亚北部上空（图２ａ），此时期偶极子型阻高系统的低

压槽位于急流的入口区右侧，欧洲东南部出现了异

常降水；另一个急流核位于我国西北部上空。俄罗

斯西部为大范围的水汽辐散区，这使得旱情持续发

展（图略）。

ＩＩＩ阻塞鼎盛期（巴基斯坦大水）：东欧至俄罗斯

西部的Ω型的阻塞形势发展至鼎盛时期，并出现闭

合中心，正距平中心超过１２ｄａｇｐｍ（图１ｃ）。分别位

于高压上游和下游的西欧低槽和巴尔克什湖低槽向

东南和西南方向伸展，巴尔克什湖低槽南伸到了

３０°Ｎ附近。同时，西太平洋副热带高压（以下简称

西太副高）深入我国内陆并北抬。高空急流核向东

北方向伸展，强度有所加强，北美—北大西洋急流也

有所加强（图２ｂ）。位于阻高东部的巴尔克什湖低

槽 异常向西南方向伸展至３０°Ｎ附近，巴基斯坦北

图１　２０１０年夏季欧亚地区５００ｈＰａ高度及距平（单位：ｄａｇｐｍ）

（ａ）６月２—５候，（ｂ）６月６候至７月４候，（ｃ）７月５候至８月１候，（ｄ）８月２—４候，（ｅ）６月５候至８月３候

Ｆｉｇ．１　Ｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔａｎｄａｎａｍｏｌｉｅｓａｔ５００ｈＰａｏｖｅｒＥｕｒａｓｉａｄｕｒｉｎｇ２０１０ｓｕｍｍｅｒ（ｕｎｉｔ：ｄａｇｐｍ）

（ａ）Ｊｕｎｅ６ｔｏ２５，（ｂ）Ｊｕｎｅ２６ｔｏＪｕｌｙ２０，（ｃ）Ｊｕｌｙ２１ｔｏＡｕｇｕｓｔ５，（ｄ）Ａｕｇｕｓｔ６ｔｏ２０，（ｅ）Ｊｕｎｅ２１ｔｏＡｕｇｔｓｔ１５

图２　２０１０年夏季高空急流（２００ｈＰａ等风速线）的平均位置（单位：ｍ·ｓ－１）

（ａ）６月６候至７月４候，（ｂ）７月５候至８月１候，（ｃ）８月２—４候

Ｆｉｇ．２　Ｔｈｅｊｅｔｓｔｒｅａｍａｔ２００ｈＰａｉｎｔｈｅｕｐｐｅｒｔｒｏｐｏｓｐｈｅｒｅｗｉｔｈｔｈｅｍａｇｎｉｔｕｄｅｇｒｅａｔｅｒ

ｔｈａｎ２０ｍ·ｓ－１ｄｕｒｉｎｇ２０１０ｓｕｍｍｅｒ（ｕｎｉｔ：ｍ·ｓ
－１）

（ａ）Ｊｕｎｅ２６ｔｏＪｕｌｙ２０，（ｂ）Ｊｕｌｙ２１ｔｏＡｕｇｕｓｔ５，（ｃ）Ａｕｇｕｓｔ６ｔｏ２０
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部出现大暴雨，这一区域处于深厚的上升运动区（图

３），且正好位于高空急流中心入口区右侧，索马里越

赤道低空急流北部（图４ａ）。从整层水汽输送可以

看出，巴基斯坦大水的水汽来源有两个通道，一支来

自阿拉伯海，在印度西北部上空转向西北输送；另一

支来自孟加拉湾，在喜马拉雅山南麓转向西北方向，

这正是Ｈｏｕｚｅ等（２０１１）指出的异常向西移动的孟

加拉湾低压。暖湿气团（θｓｅ≥３４０Ｋ）异常向北伸展

至４０°Ｎ。来自低纬的两支暖湿气流与沿着阻高东

侧南下的冷空气在巴基斯坦北部上空交汇，高低纬

冷暖空气的相互作用对大暴雨的形成起到了至关重

要的作用（Ｈｏｎｇｅｔａｌ，２０１１）。

　　ＩＶ 阻塞衰退期（我国东北松花江、鸭绿江大

水）：西伯利亚低槽向东南扩展，贝加尔湖至我国东

图３　２０１０年７月５候至８月１候平均

的沿７２．５°Ｅ垂直速度剖面

（单位：Ｐａ·ｓ－１，Ｊ表示高空急流的位置，

横坐标上粗线表示巴基斯坦大水的位置，

箭头分别表示上升／下沉运动）

Ｆｉｇ．３　Ｓｅｃｔｉｏｎｏｆｖｅｒｔｉｃａｌｖｅｌｏｃｉｔｙａｌｏｎｇ

７２．５°ＥｆｒｏｍＪｕｌｙ２１ｔｏＡｕｇｕｓｔ５，２０１０

（ｕｎｉｔ：Ｐａ·ｓ－１，Ｊｉｌｌｕｓｔｒａｔｅｓｔｈｅｐｏｓｉｔｉｏｎｏｆｔｈｅｊｅｔ

ｓｔｒｅａｍａｔ２００ｈＰａ，ｓｏｌｉｄｌｉｎｅａｌｏｎｇｔｈｅｚｏｎａｌ

ａｘｉｓｉｌｌｕｓｔｒａｔｅｓｔｈｅｈｅａｖｙｒａｉｎｉｎｎｏｒｔｈｅｒｎ

Ｐａｋｉｓｔａｎ，ｖｅｃｔｏｒｉｌｌｕｓｔｒａｔｅｓｖｅｒｔｉｃａｌ

ｕｐｗａｒｄ／ｄｏｗｎｗａｒｄｍｏｔｉｏｎ）

北部为低槽控制。西太副高进一步向西扩展，５９２

ｄａｇｐｍ闭合中心位于日本上空（图１ｄ）。受下游高

压系统的阻挡，降雨系统（低涡、切变线）在东北亚持

续发展，造成该地区暴雨洪涝。８月１９日，随着一

场冷空气到来，上游阻高迅速崩溃（ＷＭＯ，２０１１），

以后下游地区也迅速转变为平直环流型。在这一阶

段，高空急流中心继续向东传播，急流核位于我国北

方至朝鲜半岛上空（图２ｃ）。亚洲季风区的水汽输

送由前期集中在印度季风区转向东亚季风区，同时，

中纬度西风带也出现较强的水汽输送（图４ｂ）。分

别来自西风带、印度季风区和西北太平洋的３支水

汽交汇在我国西北、华北、东北地区以及朝鲜半岛上

空。

根据Ｄｏｌｅ等（２０１１）定义的俄罗斯高温关键区

（５０°～６０°Ｎ、３５°～５５°Ｅ），我们计算了区域平均的

８５０ｈＰａ温度指数和５００ｈＰａ高度指数，两个指数均

在６月５候至８月３候持续超过１个标准差，在阻

高鼎盛时期甚至超过３个标准差，这期间的高度场

分布（图１ｅ）与阻高鼎盛时期的分布类似。不仅俄

罗斯西部出现了持续高温，在下游日本地区，整个时

段也主要处于高压脊的控制之下，也出现了高温天

气。

３　上游大西洋低槽的东移对阻塞发展

的影响

　　在阻塞启动阶段，可以清楚地看到北大西洋东

岸低槽的东移。自６月５候阻塞形势建立起，北大

西洋东部洋面上空始终维持低槽，一直持续到８月

３候（图５）。在阻塞发展时期，北大西洋东部低槽逐

图４　垂直积分的整层水汽输送（单位：ｋｇ·ｍ
－１·ｓ－１）

（ａ）２０１０年７月５候至８月１候平均［黑色虚线表示２００ｈＰａ高空急流，实线表示８５０ｈＰａ

低空急流（单位：ｍ·ｓ－１），方框表示巴基斯坦北部］，（ｂ）２０１０年８月２—４候平均

Ｆｉｇ．４　Ｖｅｒｔｉｃａｌｌｙｉｎｔｅｇｒａｔｅｄａｔｍｏｓｐｈｅｒｉｃｍｏｉｓｔｕｒｅｔｒａｎｓｐｏｒｔ（ｕｎｉｔ：ｋｇ·ｍ
－１·ｓ－１）

（ａ）Ｊｕｌｙ２１ｔｏＡｕｇｕｓｔ５，２０１０，（ｂ）Ａｕｇｕｓｔ６ｔｏ２０，２０１０
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渐加深并略向东移动，槽区相对较为宽广；７月５候

起，槽区突然变窄，形成一东南—西北向的低槽，并

且十分稳定，而欧洲阻塞的发展改变了欧亚环流场

和急流区分布，同时说明环流的经向度加大了，阻高

也进入鼎盛时期。从空间分布上看，北大西洋东部

的低槽正好位于北美—北大西洋高空急流的出口区

（图６），急流出口区对低槽的发展和维持十分有利

（Ｄｉｎｇｅｔａｌ，２００５），而低槽对阻塞的维持和发展起到

了至关重要的作用。正是高空急流引起扰动，从而引

起下游环流的一系列变化。同时，下游的变化对上游

也有一定的影响。李双林等（２００１）的研究表明，上游

低槽和下游阻高的发展有相互促进的作用，上游瞬变

波的活动有利于下游的正高度异常，而下游的正高度

异常越强，越有利于上游瞬变活动的增强。

图５　２０１０年６月１日至８月２０日

沿５５°Ｎ的５００ｈＰａ位势高度

时间经度剖面 （单位：ｄａｇｐｍ）

Ｆｉｇ．５　Ｔｉｍｅｌｏｎｇｉｔｕｄｅｓｅｃｔｉｏｎｏｆｄａｉｌｙ

ｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔａｔ５００ｈＰａａｌｏｎｇ５５°Ｎ

ｄｕｒｉｎｇＪｕｎｅ１ｔｏＡｕｇｕｓｔ２０，２０１０（ｕｎｉｔ：ｄａｇｐｍ）

图６　２０１０年６月２１日至８月１５日平均

的２００ｈＰａ等风速线

（单位：ｍ·ｓ－１；方框表示北大西洋急流出口区）

Ｆｉｇ．６　Ｔｈｅｍｅａｎｊｅｔｓｔｒｅａｍａｔ２００ｈＰａ

ｉｎｔｈｅｕｐｐｅｒｔｒｏｐｏｓｐｈｅｒｅｗｉｔｈｔｈｅｍａｇｎｉｔｕｄｅ

ｇｒｅａｔｅｒｔｈａｎ２０ｍ·ｓ
－１ｆｒｏｍＪｕｎｅ

２１ｔｏＡｕｇｕｓｔ１５，２０１０

（ｕｎｉｔ：ｍ·ｓ－１，Ｔｈｅｂｏｘｉｌｌｕｓｔｒａｔｅｓｔｈｅｅｘｉｔｏｆ

ｔｈｅｊｅｔｓｔｒｅａｍｏｖｅｒｔｈｅｎｏｒｔｈｅｒｎＡｔｌａｎｔｉｃ）

　　对３００ｈＰａ准地转位涡的分布可以看出，阻塞

上游和下游均为高位涡区，下游的高位涡区自东北

向西南方向伸展并切入到阻塞南部；脊区则为低位

涡分布（图７）。对于阻塞的维持机制，瞬变波向高

压中心输送低位涡有重要作用 （Ｇｒｅｅｎ，１９７７；

Ｓｈｕｔｔｓ，１９８３；毕慕莹等，１９９２；刘辉等，１９９５）。而对

这次阻塞过程，从平均流对位涡的输送可以看出（图

８ａ），高压脊西北部有一正值中心，表明有低位涡输

入高压脊区，平均流位涡平流使阻高西北部位涡减

小，有利于阻高的向北伸展。瞬变位涡输送在阻

高后部有低位涡输入高压脊区（图８ｂ），其中心强

图７　２０１０年６月２１日至８月１５日平均

３００ｈＰａ准地转位涡（单位：１０－５ｓ－１）

Ｆｉｇ．７　Ｔｈｅｄｉｓｔｒｉｂｕｔｉｏｎｏｆ３００ｈＰａ

ｑｕａｓｉｇｅｏｓｔｒｏｐｈｉｃｐｏｔｅｎｔｉａｌｖｏｒｔｉｃｉｔｙ

ａｖｅｒａｇｅｄｆｒｏｍＪｕｎｅ２１ｔｏＡｕｇｕｓｔ

１５，２０１０（ｕｎｉｔ：１０－５ｓ－１）

图８　２０１０年６月２１日至８月１５日平均季

３００ｈＰａ平均流（ａ）和瞬变波（ｂ）对准

地转位涡的输送

（单位：１０－１０ｍ·ｓ－２，粗实线表示阻塞高压，单位：ｄａｇｐｍ）

Ｆｉｇ．８　Ｔｒａｎｓｐｏｒｔｏｆ３００ｈＰａｑｕａｓｉｇｅｏｓｔｒｏｐｈｉｃ

ｐｏｔｅｎｔｉａｌｖｏｒｔｉｃｉｔｙｂｙ（ａ）ｍｅａｎｆｌｏｗａｎｄ（ｂ）ｔｒａｎｓｉｅｎｔ

ｅｄｄｙａｖｅｒａｇｅｄｆｒｏｍＪｕｎｅ２１ｔｏＡｕｇｕｓｔ１５，２０１０

（ｕｎｉｔ：１０－１０ｍ·ｓ－２，Ｓｏｌｉｄｌｉｎｅｓｉｌｌｕｓｔｒａｔｅ

ｔｈｅｂｌｏｃｋｉｎｇｈｉｇｈ，ｕｎｉｔ：ｄａｇｐｍ）
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度（１２×１０－１０ｍ·ｓ－２）约为这一区域平均流高位涡

向阻高的输送（即对阻高的破坏作用）的２倍，从而

抵消了平均流位涡平流的作用，使这个阻塞系统得

以维持。为了进一步证实阻高的维持能量来源于北

大西洋急流出口区的天气扰动，我们进一步计算了

天气扰动拟能向时间平均拟能的转化，以及天气扰

动动能向时间平均动能的转化，由于拟能比动能的

量级小得多，这里仅给出动能转化的空间分布图（图

９）。可以看出，在大西洋高空急流出口区，有较强的

天气扰动动能向时间平均动能的转化，扰动动能主

要沿急流分支的南支传播，输送给时间平均流。

图９　２０１０年６月２１日至８月１５日

平均气流动能向天气尺度扰动

（２～６天滤波）动能的转化空间分布

（单位：１０－４ｍ２·ｓ－３，负值表示扰动动能向平均

流动能转化，阴影表示低于－５×１０－４ｍ２·ｓ－３）

Ｆｉｇ．９　Ｔｒａｎｓｆｅｒｏｆｋｉｎｅｔｉｃｅｎｅｒｇｙｆｒｏｍｍｅａｎ

ｆｌｏｗｔｏｔｒａｎｓｉｅｎｔｅｄｄｙ（２－６ｄ）ａｖｅｒａｇｅｄ

ｆｒｏｍＪｕｎｅ２１ｔｏＡｕｇｕｓｔ１５，２０１０

（ｕｎｉｔ：１０－４ｍ２·ｓ－３，Ｍｉｎｕｓｉｌｌｕｓｔｒａｔｅｓｔｈｅｔｒａｎｓｆｅｒ

ｆｒｏｍｔｒａｎｓｉｅｎｔｅｄｄｙｔｏｍｅａｎｆｌｏｗ，ｓｈａｄｅｄｉｎｄｉｃａｔｅｓ

ｌｅｓｓｔｈａｎ－５×１０－４ｍ２·ｓ－３，ｓｏｌｉｄｌｉｎｅｓ

ｉｌｌｕｓｔｒａｔｅｔｈｅｂｌｏｃｋｉｎｇｈｉｇｈ，ｕｎｉｔ：ｄａｇｐｍ）

４　遥相关

Ｄｉｎｇ等（２００５）发现，北半球夏季中纬度地区存

在绕球的遥相关（ＣＧＴ），起始于北大西洋急流出口

区的扰动异常通过波列的传播，可以影响印度季风，

从而影响下游地区。我们计算了阻高期间的２００

ｈＰａ高度一点相关系数，其空间分布如图１０所示。

可以清晰地看到源自北大西洋急流出口区的遥相关

波列，波列沿阻高出现南北两个分支，这两个分支又

在日本东部洋面汇合。波列沿高空急流向下游传播

的传播如下：急流出口区的负相关，欧洲的正相关，

接下来是西亚的负相关，中亚的正相关，这一正相关

一直向东延伸到日本东部，北太平洋东部的负相关，

北美大陆的正相关，美国东部洋面的负相关相对较

弱。由此看来，２０１０年夏季北半球存在典型的

ＣＧＴ遥相关，位于北大西洋急流出口区的扰动负异

常首先引起俄罗斯西部的正异常，阻高发展，接下来

为西亚的负异常，导致冷空气异常向南伸展，印度季

风区（巴基斯坦北部）出现暴雨、洪涝，接着在我国华

北、东北至朝鲜半岛出现负异常，而日本以东地区为

正异常，造成了日本的高温热浪。

图１０　２０１０年６月２１日至８月１５日

２００ｈＰａ高度一点相关（５０°Ｎ、２０°Ｗ）

（阴影区表示相关通过０．０５显著性水平检验）

Ｆｉｇ．１０　Ｏｎｅｐｏｉｎｔｃｏｒｒｅｌａｔｉｏｎｍａｐｏｆ２００ｈＰａ

ｇｅｏｐｏｔｅｎｔｉａｌｈｅｉｇｈｔｆｒｏｍＪｕｎｅ２１

ｔｏＡｕｇｕｓｔ１５，２０１０

（Ｓｈａｄｅｄｉｌｌｕｓｔｒａｔｅｓｔｈｅｃｏｒｒｅｌａｔｉｏｎｃｏｅｆｆｉｃｉｅｎｔｓ

ｈａｖｅｐａｓｓｅｄｔｈｅ０．０５ｓｉｇｎｉｆｉｃａｎｃｅｔｅｓｔ）

５　小　结

（１）２０１０年夏季欧亚大陆中高纬呈现上、下游

阻塞长期维持的现象，尤其是俄罗斯西部出现近２

个月的阻塞高压。源于北大西洋东部高空急流出口

区的低槽维持了俄罗斯西部阻高的发展，涡度收支

表明瞬变扰动对低位涡的输送主要维持了阻高的低

位涡，天气尺度扰动动能向平均流动能的转化是阻

高维持的重要能量来源。

（２）２００ｈＰａ高空急流中心有明显的东传过程，

伴随着环流形势的调整，出现大振幅的经向环流型，

地面的天气特征也有阶段性变化。在这种情况下，

高、低纬冷暖空气相互作用造成持续季风降水，来自

低纬阿拉伯海和孟加拉湾的两支暖湿气流与沿着阻

高东侧南下的冷空气在巴基斯坦北部上空交汇，形

成大暴雨；来自印度洋、太平洋的暖湿气流和中纬度

西风带的水汽交汇在我国华北、东北以及朝鲜半岛

上空。

（３）２０１０年夏季北半球存在典型的ＣＧＴ遥相

关，首先在北大西洋高空急流出口区出现负扰动，扰

动以波列形式沿高空急流向下游传播，在下游负异

４９０１　　　　　　　　　　　　　　　　　　　 　气　　象　　　　　　　　　　　　　　　 　　 　　　第３９卷　
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常区造成局地的暴雨洪涝。一点相关分析表明，急

流出口区的负扰动首先引起俄罗斯西部的正扰动，

阻塞高压发展，造成持续高温干旱；接下来引起西亚

北部的负扰动，造成印度季风区巴基斯坦北部洪涝；

扰动沿高空急流继续向下游传播，在我国华北、东北

以及朝鲜半岛造成洪涝。在日本造成正扰动，有利

于该地区持续性阻塞的发展，造成了高温热浪天气。

对于此次事件出现的气候背景，Ｔｒｅｎｂｅｒｔｈ等

（２０１２）的研究表明，２０１０年夏季北印度洋、印尼附

近海域以及热带大西洋海温异常偏高，同时又有Ｌａ

Ｎｉ珘ｎａ事件出现。李双林等（２００１）提出了一种在热

带正异常热源驱动下，瞬变波与准定常行星波双向

相互作用维持阻高的物理概念。２０１０年夏季的欧

亚大气环流异常正是热带热源强迫和大气内部动力

过程（瞬变强迫）的共同作用，本文重点探讨了大气

内部动力过程，至于外强迫和内部过程的贡献各有

多少，还需要进一步研究。

致谢：吴国雄院士和刘屹岷研究员对本研究提出建议

并给予帮助，在此表示感谢。
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中国冬季区域性极端低温事件分类及其与

气候指数极端性的联系*

王晓娟1)2) 沈柏竹1) 龚志强3)† 封国林4)

1) (兰州大学大气科学学院,兰州 730000 )

2) (常熟理工学院物理与电子工程学院,常熟 215500 )
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4) (中国气象局国家气候中心开放实验室,北京 100081 )

( 2013年4月10日收到; 2013年7月1日收到修改稿 )

基于区域性极端低温事件客观识别技术,对 1951—2010年中国冬季的区域性极端低温事件进行客观识别.根

据事件的空间分布特征,将综合指数前 60位的事件划分为全国型、东部型、东北 -华北型、华北 -华南型、北方

型和西北 -华南型六类;通过分析不同区域类型低温事件形成的环流背景场验证了分类的有效性. 在此基础上,以

1971年 1月 21日开始的典型事件为例,分析了事件对应的海温场、高度场和风场的异常,确定与区域性极端低温

事件联系较密切的可能气候因子,进而分析不同类型事件与各气候指数异常的对应关系.总体而言,赤道中东太平

洋海温指数异常偏小、北太平洋涛动指数异常偏小、北极涛动指数异常偏小和冬季风异常偏强时,发生区域性极端

低温事件的概率较高;且这四种指数的历年冬季平均值达到 15%(或 85%)极端阈值的年份中,发生区域性极端低温

事件的百分率分别达到 80.0%, 77.8%, 60.0%和 62.5%,从而为区域性极端低温事件的诊断和预测研究等提供了一定

的参考.

关键词: 区域性极端低温事件,空间分类,气候指数,极端

PACS: 92.60.Wc DOI: 10.7498/aps.62.229201

1 引 言

近半个世纪以来, 在全球变暖的整体格局

下, 亚洲及中国大部分区域的温度呈持续增长的

趋势 [1,2]. 中国的年平均气温在过去的 50 年里上

升了约 1.1 ◦C[3]. 与此同时, 在全球变暖的背景下,

地球气候系统也存在着各种类型的短时期、区域

性的异常变化. 例如, 近几年北半球范围内区域

性极端低温事件 (regional low temperature extreme

events, RELTE) 频繁发生, 且影响范围大、持续时

间长. 就我国而言,近年来频繁发生的 RELTE主要

有: 2008年 1月中国南方地区经历了历史上罕见的

大范围低温、雨雪和冰冻灾害 [4−6]; 2009/2010 年

冬季,包括中国在内的北半球多个国家和地区遭受

大范围低温冰雪的袭击; 2011年 1月,我国发生了

近年来极为罕见的一次全国性极端低温事件,其影

响范围之广、持续时间之长是 1977年以来最重大

的一次事件 [7].

全球增暖背景下,区域性极端低温事件的频繁

发生往往会造成巨大的灾难. 这也对 RELTE 的检

测、诊断分析及其预测等提出了新的挑战 [8−14].

目前, 国内已经开展了一些相关研究, 例如: 张宗

婕和钱维宏 [15] 发展了针对区域持续性低温事件

的识别技术, 建立了区域持续性低温事件库, 初步

分析了低温事件的时空特征; 任福民等 [16] 在客观

*国家自然科学基金 (批准号: 41305075)、国家重点基础研究计划 (批准号: 2012CB955203, 2012CB955902) 和公益性行业专项 (批准号:
GYHY201106016)资助的课题.

†通讯作者. E-mail: gzq0929@126.com

c⃝ 2013 中中中国国国物物物理理理学学学会会会 Chinese Physical Society http://wulixb.iphy.ac.cn
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天气图分析法的基础上,提出了一种持续性区域极

端事件客观识别方法,能够有效识别事件的空间范

围和时间持续的过程特征; 龚志强等 [17] 对该方法

进行完善,发展了区域性极端低温事件客观识别技

术 (objective identification technique for regional low

temperature extreme events, OITRELTE),并建立了检

测得到的 RELTE库;王晓娟等 [18] 利用 OITRELTE

对我国近 50年的区域性低温事件进行了检测, 并

从空间分布和时间变化趋势等角度研究了 RELTE

的时空变化特征. 此外,张宗婕和钱维宏 [19]通过大

气变量物理分解的方法,提取出对极端事件有指示

意义的天气尺度扰动信号,追踪区域性极端事件发

生之前天气扰动的来源、传播路径及提前时间 (日

数). 龚志强等 [20] 分析了欧亚 500 hPa高度场关键

区异常配置与中国冬季 RELTE 的联系. 但值得指

出的是,由于气候系统是一个复杂的多种因子相互

作用的系统,气候诊断和预测离不开各种环流和海

洋指数等 [21−25]. 因此,本文在前人研究基本确定一

些可能影响要素的前提下, 借鉴已有的 RELTE 研

究成果 [17,18], 分析不同类型事件与各种环流和海

温指数等的联系,尤其探讨各种指数出现极端异常

情况下与 RELTE 的对应关系, 这将有助于深入理

解 RELTE形成的机制及其与气候系统背景因子的

联系,进而对 RELTE有全面的认识.

2 资料与方法

OITRELTE 检测所用的逐日最低温度资料为:

国家气象信息中心发布的经过质量控制的 731 站

点的逐日最低温度资料, 研究时段为 1951—2010

年当年 11月份至次年 3月份. 环流背景分析采用

NCEP/NCAR逐日高度场和风场资料 [26],水平分辨

率为 2.5◦× 2.5◦,垂直分辨率为 17层. 海表温度资

料采用 1961—2010 年 NOAA ERSST 的逐月海面

温度资料 [27],分辨率为 2◦×2◦.

北太平洋涛动 (NPO)指数采用刘宗秀等 [28]计

算的 500 hPa高度场的区域均值差的标准化值;西

风漂流区海表温度指数采用廉毅等 [29] 计算的规定

区域的海表温度的平均值的标准化值;西太平洋副

高西伸脊点、西太平洋副高脊线、亚洲极涡强度、

亚洲极涡面积、东亚槽强度、东亚槽位置指数采

用国家气候中心的 74项环流指数;北极涛动 (AO)

指数和赤道中东太平洋海温 (NINO3.4) 指数采用

NCEP网站的逐月资料. 冬季风指数采用施能等 [30]

定义的海陆 500 hpa 高度场的差值重新计算得到.

考虑到各种指数多数为逐月资料,在分析与区域性

低温事件联系时,根据事件发生的月份和持续时间

进而考虑当月的指数值或两个月指数的平均值的

异常情况.

RELTE的识别采用 Ren等 [16]、龚志强等 [17]

发展的 OITRELTE.该方法主要包括: 1) 极端低温

阈值的确定; 2) 极端低温事件空间区域的识别; 3)

空间区域的连续性过程提取; 4)指标体系.首先,对

单日极端低温事件进行空间区域识别, 进而识别

临时事件和低温带的重合信息, 对每日临时事件

和低温带的信息进行整合, 可客观识别出连续过

程的极端低温事件. 采用该技术对 1951—2010 年

的我国冬季区域性低温事件进行客观识别以建立

RELTE库.

区域性极端低温事件, 既包含空间特征, 又包

含时间演变特征, 因此采用两个级别的指标 [17,13]:

一级指标为过程量, 二级指标为逐日变化量. 二级

指标主要描述一次极端低温事件的逐日演变,主要

包括逐日极端值 (Qd)、逐日累计强度 (Ld)、逐日

影响面积 (Ad)和综合考虑上述三种特征的综合指

数 (Zd)和事件逐日影响范围几何中心 (Locd):

Qd = min(Tj) j = 1,2, · · · ,m, (1)

Ld = ∑
j
(Tj −T j

0 ) j = 1,2, · · · ,m, (2)

Ad = ∑
j
(a j) j = 1,2, · · · ,mp, (3)

Zd = e1Qd + e2Ld + e3Ad , (4)

其中, j表示逐日发生达到极端事件阈值的站点, T j
0

表示各台站极端事件阈值, m为区域性极端事件过

程中的逐日台站数. (3)式中计算逐日影响面积时,

先采用 0.5◦× 0.5◦ 分辨率对站点网格化再计算面

积, a j 为每个网格点代表的面积, mp 为事件过程中

逐日最大影响范围内的网格数. (4) 式中 e1, e2, e3

为加权系数. 一级指标主要描述极端低温事件过程

的综合特征, 包括过程极端值 (Q)、过程累计强度

(L)、累计影响面积 (A)、最大覆盖面积 (Amax)、持

续天数 (N)、综合指数 (Z)和事件最大影响范围的

几何中心:

Q = min(Qd) d = 1,2, · · · ,N, (5)

253



物理学报 Acta Phys. Sin. Vol. 62, No. 22 (2013) 229201

L =
N

∑
i=1

Ld , (6)

Amax = min(Ad) d = 1,2, · · · ,N, (7)

A =
N

∑
i=1

Ad , (8)

Z = e1Q+ e2L+ e3N + e4A, (9)

其中, d 为事件过程中的某天, N 为事件持续天数,

(9)式中 e1, e2, e3, e4 为加权系数,计算过程综合指

数时, 先对逐日事件进行标准化, 再加权求和 [18].

事件几何中心的计算方法如 (10)式所示,

Lat =
m

∑
i=1

lati/m,

Lon =
m

∑
i=1

loni/m, (10)

其中 lati 为单个站点的纬度, loni 为单个站点的经

度.

OITRLTE的优点在于: 1)给定一组参数以后,

OITRLTE 能够客观识别区域性极端低温事件, 这

类事件有别于传统的单个站点的极值,而是空间上

集中于某一区域,时间上有一定持续性的事件;传

统的研究中是无法给出此类事件空间范围的界定、

起始时间和结束时间的判断等; 2) OITRLTE 同时

包含了一套内容相对丰富的指标体系,能够从事件

的极端程度、影响范围、持续时间和综合影响等

角度对事件进行多方面的描述.

3 结果与分析

3.1 区域性极端低温事件的分类

利用 OITRELTE对我国 1951—2010年当年 11

月份至次年 3月份的逐日最低温度进行检测,在一

定的检测标准下,共检测得到区域性极端低温事件

559次. 图 1是 559次区域性极端低温事件几何中

心的空间分布情况. 从图中可以看出, 559 次区域

性极端低温事件的几何中心存在两个显著的事件

带:东北 -华北 -黄淮的事件带,新疆北部 -西北中

部 -西北东部的事件带.此外,青藏高原东部和西南

南部低温事件中心出现的次数也相对密集.

从等概率的角度考虑, 近 60 年中十年一遇的

极端异常事件发生的次数约为 6次,如果以 10%作

为极端异常事件的划分标准,则这类综合影响较大

的异常事件约为 60次. 这 60次事件的共同特点是:

影响范围大、持续时间长、强度大,对社会和经济

造成的影响大.因此,对综合指数值最大的 60次事

件根据其地理位置的不同进行分类. 根据这 60次

区域性极端低温事件最大的影响范围,我们大致可

以将其分成 6类 (如图 2所示): 分别是全国型、东

部型、东北 -华北型、华北 -华南型、北方型、西

北 -华南型. 其中,全国型共 20次,东部型共 15次,

东北 -华北型共 5次,华北 -华南型共 7次,北方型

共 3次,西北 -华南型共 10次.

70OE

20ON

25ON

30ON

35ON

40ON

45ON

50ON

55ON

80OE 90OE 100OE 110OE 120OE 130OE

图 1 559次区域性极端低温事件几何中心的空间分布

为了进一步分析不同区域类型的低温事件对

应的环流特征, 将不同类型区域性极端低温事件

的 500 hPa高度场及 850 hPa距平风场进行了合成

分析 (北方型和东北 -华北型的高度场和距平风场

的合成分析特征较为类似, 故下文分析归为一类).

从图 3 可以看出, 全国型区域性极端低温事件的

850 hPa距平风场在中国的东部地区存在显著的异

常偏北风,西部地区则存在显著异常东北风,而 500

hPa高度场中东亚槽异常的深厚和稳定,从而容易

形成覆盖我国大部分区域的全国型极端低温事件;

东部型事件的 850 hPa距平风场在中国的东部地区

存在异常的偏北风,异常风场主要沿着东部路径南

下,且东亚槽显著偏东,冷空气沿着槽南下,主要影

响中国东北地区,容易在东部形成大范围持续低温;

东北型和北方型事件则 850 hPa距平风场在中国的

北方地区存在异常偏东北风,北方冷空气对中国南

方地区的影响较小, 东亚槽位置偏东,相对全国型

浅薄一些,且呈西南 -东北方向,不利于冷空气南下

影响南方地区;华北 -华南型事件对应东亚槽显著

偏东, 850 hPa 距平风场在华北以北地区存在显著

的异常偏东风,在华北至华南则存在显著的异常偏
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北风,有利于冷空气影响到南方地区,西北 -华南型

事件对应东亚槽偏深,且呈西北 -东南方向,有利于

冷空气持续南下,且 850 hPa距平风场存在显著的

西北至东南沿海的异常西北气流,容易造成西北至

南方地区的低温.
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(e)
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(b)

0.2 0.4 0.6 0.8 0.9 1.0

(d)

0.2 0.4 0.6 0.8 0.9 1.0

(f)

图 2 综合指数值最大的 60次区域性极端低温事件的分类 (a)全国型; (b)东部型; (c)东北 -华北型; (d)华北 -华南型; (e)北方
型; (f)西北 -华南型 (填色图表示的是站点发生区域性极端低温事件的相对频次)
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图 3 5种主要区域性低温事件类型的合成 500 hPa高度场及 850 hPa距平风场 (a)全国型; (b)东部型; (c)北方型/东北 -华
北型; (d)华北 -华南型; (e)西北 -华南型

3.2 区域性极端低温事件个例分析

对区域性极端低温事件分类的基础上,首先结

合个例讨论对区域性极端低温事件需要重点考虑

哪些可能的影响因子. 1971年 1月 21日—2月 9

日发生了一次典型区域性极端低温事件,结合该次

事件分析与区域性低温事件所对应的大气和海温

等可能的影响因素.该事件持续时间为 20天,过程

极端低温值为 −40.4 ◦C,综合指数值为 2.043. 事件

主要发生的区域包括内蒙古中部、华北大部、西

北东部、西南大部、江南、华南等大范围区域,属

于第四类华北 -华南型事件 (图 4), 且本次事件主

要以冷干型为主.

图 5 是 1970/1971 年冬季的海表温度距平图.

从图中可以看出:这次事件期间赤道中东太平洋海

温异常偏低,属于中等强度的 La Nina事件范畴.已

有研究表明 [31−36]: 强 La Nina事件发生的当年冬

季, 亚洲中纬度大气环流的经向发展会异常强烈.

由暖空气构成的高压脊可向北延伸到极区,引导那

里的冷空气频繁南下, 侵入中国,造成中国北方和

东部大部分地区气温偏低. 同时, 在副热带和热带

地区副高位置偏北偏西,南支槽偏弱, 有利于长江

以北地区降水偏多,南方降水偏少.
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图 4 1971年 1月 21日开始的区域性极端低温事件最大影响
范围的站点分布 (黑点表示该次事件发生期间达到极端低温
阈值的站点;填色图表示过程累计强度值,即事件过程中最低
温度与极端低温阈值差值的累计值)
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图 5 1970/1971年冬季的海表温度距平
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图 6 1971年 1月 21日—2月 9日 500 hPa距平场 (阴影)和
原始场 (等值线)(a), 700 hPa平均风场 (b)

图 6(a)中, 500 hPa原场中东亚大槽位置偏东,

偏强;对应同期的距平场在中高纬度地区异常偏强,

低纬度地区异常偏弱,在乌拉尔山附近存在一个异

常正距平中心, 有利于乌山阻高偏强, 在白令海附

近也存在一个异常的正距平中心,中国东北区域主

要受正距平控制;在中国东部及日本南部附近存在

一个异常的负距平中心. 从这种北高南低形势的

维持有利于冷空气持续活跃, 并南下影响我国.图

6(b)中 700 hPa距平风场可以看出,来自青藏高原

北部的西北风距平偏强,并且我国华北及以南地区

为异常的东北风控制,两支异常气流在江南等地交

汇,为华北 -华南地区出现区域性极端低温事件提

供了冷空气条件.此外, 图 6(b)中孟加拉湾及南海

区域的异常的南风距平较弱,这样不利于副热带高

压西侧的偏南风把南方暖湿空气向北输送,不容易

造成冷暖空气在中国长江中下游及其以北地区交

汇而形成持续性的低温雨雪天气.

通过上述分析可以看出, 区域性极端低温事

件的诊断研究必然离不开对下列因子的异常情况

进行分析研究: 与 500 hPa 高度场相联系的东亚

槽、NPO、西太平洋副高、与海平面气压相联系

的 AO、与海温相联系的 NIINO 3.4海温指数等.

3.3 各类区域性极端低温事件与指数异常
的对应关系

通过统计各类区域性极端低温事件与主要同

期气候指数异常的对应关系,从而进一步探究各类

事件发生的可能内在机制.表 1给出了 1951—2010

年持续天数 10天以上,综合指数排序最靠前的 33

次区域性极端低温事件. 其中主要时间发生在 12

月份的事件有 7次,发生在 1月份的有 19次,发生

在 2月份的有 7次,因此 1月份是区域性低温事件

的高发期. 这 33 次低温事件中, 1980 年之后有 11

次, 1980年之前则有 22次,这可能和全球增暖有一

定的联系.结合概率统计方法, 分析区域性极端低

温事件与海温和大气环流指数之间的可能联系,重

点揭示各类指标异常情况与发生区域性极端低温

事件的对应关系,尤其是揭示指数极端性与区域性

极端低温事件的联系.

在表 1 中, 33 次区域性极端低温事件对应的

各指数的不同情况分别用符号 “1”, “0”, “−1”三种

状态来表示. 其中符号 “1” 表示指数有利于低温

的出现, 并已达到异常 (超过均值的 0.5 倍标准偏

差);符号 “0”表示指数是符号一致的正常态 (处于

均值与 0.5倍标准偏差之间),即有利于低温的出现

但并未达到异常; 符号 “−1”表示指数是符号相反

的负异常态, 即不利于低温的出现. 从表 1可以看

出, NPO指数异常偏小, NINO3.4异常偏低,亚洲区

极涡强度和面积、AO指数异常偏小和冬季风指数

偏强的异常情况与区域性极端低温事件有较好的

对应关系.如果考虑符号一致的正常态, 概率百分

比均超过了 60.0%; 其中 NPO 指数异常偏小、亚

洲区极涡面积和冬季风强度达到正异常的概率均

达到了 50.0%以上. 此外, 东亚槽位置异常偏深和

西风漂流区海温指数异常偏强与区域性极端低温

事件有一定的对应关系,联系符号一致的正常态则

对应的百分比都大于 50.0%. 但副高西伸脊点、副

高脊线位置异常偏北、东亚槽强度的异常情况与

区域性低温事件的对应关系则相对差一些. 同时,

根据不同类型低温事件对应各种指数的 “1” 出现

的概率是否超过 50%,作为该类型的低温事件与相
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应指数是否具有较好对应关系的判断标准 (超过则

有,不超过则无),进而确定与不同类型事件对应关

系较好的指数 (表 2). 总体而言, I型事件与 AO指

数、极涡强度、极涡面积、东亚槽位置和冬季风

的对应关系较好; II型事件与 NINO3.4、NPO、极

涡面积、东亚槽位置和西风漂流区海温的对应关

系较好; III型事件与 NPO、副高脊线、极涡强度、

极涡面积、AO指数的对应关系相对较好; IV型事

件则与 NPO、副高脊线、极涡强度、东亚槽强度

和西风漂流区海温的对应关系较好; VI型事件则与

NINO3.4、极涡面积和冬季风的对应关系较好.

表 1 1951—2010年冬季的区域性极端低温事件主要指标及其与海温、环流指数异常值的联系

类型 开始日期 持续天数 NPO NINO3.4 西伸脊点 副高脊线 极涡强度 极涡面积 东亚槽强度 东亚槽位置 AO 西风漂流 冬季风

I 1959-1-10 11 −1 −1 1 −1 0 −1 −1 1 1 0 0

I 1960-1-14 16 0 0 1 0 0 −1 −1 0 1 −1 0

I 1961-1-9 12 −1 0 1 1 −1 −1 −1 0 1 −1 1

I 1963-1-3 34 1 1 −1 −1 0 −1 1 1 −1 0 1

I 1966-12-29 22 −1 0 −1 1 −1 −1 −1 −1 0 0 1

I 1968-1-29 14 1 1 −1 −1 1 1 1 −1 1 1 1

I 1968-12-29 11 −1 −1 −1 −1 −1 1 −1 0 1 1 −1

I 1969-1-27 13 −1 −1 −1 −1 −1 1 −1 1 1 1 −1

I 1972-2-2 10 1 0 −1 −1 −1 1 1 1 0 1 −1

I 1976-12-24 16 1 −1 −1 0 1 1 −1 0 1 −1 1

I 1977-1-26 11 −1 −1 −1 1 1 1 −1 −1 1 −1 1

I 1980-1-29 13 −1 −1 1 −1 1 1 −1 −1 0 −1 1

I 1984-1-19 10 1 1 −1 1 1 0 1 1 −1 −1 1

I 1984-1-29 11 1 0 0 1 0 1 −1 1 0 1 1

II 1956-1-18 10 1 1 −1 −1 −1 1 −1 1 1 1 1

II 1957-1-12 13 −1 0 −1 −1 −1 1 1 −1 −1 1 0

II 1966-12-21 10 1 0 −1 0 1 1 −1 0 1 −1 1

II 1967-12-21 15 1 0 −1 −1 1 1 0 1 0 1 0

II 1973-12-22 17 1 1 −1 −1 0 1 0 0 −1 1 0

II 2000-1-24 11 1 1 −1 −1 1 −1 1 1 −1 1 −1

III 1964-1-27 10 0 −1 −1 1 0 0 0 −1 0 −1 0

III 1967-12-4 13 0 0 −1 −1 1 1 0 1 0 1 0

III 2001-1-9 10 1 1 0 1 −1 1 −1 −1 0 −1 −1

III 2009-12-28 12 1 −1 1 0 1 −1 0 1 1 −1 −1

IV 1964-2-16 12 1 −1 −1 1 1 0 −1 −1 0 −1 1

IV 1971-1-21 20 1 1 −1 −1 0 1 1 1 0 1 −1

IV 1993-1-14 13 0 1 0 0 −1 0 1 −1 −1 0 −1

IV 1999-12-20 11 1 1 −1 1 1 −1 1 −1 −1 1 1

V 1954-12-8 10 1 1 1 −1 1 0 1 1 −1 −1 1

V 1975-12-9 26 0 1 0 −1 1 0 0 −1 −1 1 1

V 1984-12-15 17 −1 1 −1 −1 −1 1 −1 −1 −1 −1 0

V 1991-12-26 11 −1 −1 1 0 −1 −1 −1 −1 −1 −1 −1

V 2008-1-22 19 −1 1 −1 1 0 1 −1 −1 −1 −1 1

(正异常态 +正常态)/正异常态 22/17 23/14 11/7 16/10 22/14 24/18 16/10 19/13 21/12 18/14 24/16

注: 其中 1表示正异常态,对区域性低温事件正贡献, 0表示与 1符号一致的正常态, −1表示负异常态,对区域性低温事件负贡献
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通过上述分析, NPO指数为负值,赤道中东太

平洋处于海温异常偏低的 La Nina状态、AO指数

为负指数, 有利于极涡偏强, 北半球中高纬度高度

场在东亚区域以北正南负的形势为主,相应的乌拉

尔山阻高偏强,东亚槽偏强、中低纬度区域受负距

平控制, 这些都利于区域性极端低温事件的发生.

同时, AO为异常负位相时则容易发生全国范围的

I类事件.因此,区域性低温事件的发生必然是多种

因素共同作用的结果,而 NPO, AO,赤道中东太平

洋海温指数为区域性极端事件的发生提供形势背

景. 此外, 就冬季风而言, 冬季风异常偏强, 大多对

应发生 I类和 V类的区域性低温事件.

表 2 不同类型区域性极端低温事件的主要影响指数

事件类型 NPO NINO3.4 副高脊线 极涡强度 极涡面积 东亚槽强度 东亚槽位置 AO指数 西风漂流 冬季风

I
√ √ √ √ √

II
√ √ √ √ √

III
√ √ √ √ √

IV
√ √ √ √ √

V
√ √ √

下面分析 NPO 指数、NINO3.4 指数、AO 指

数和冬季风指数这些与极端低温事件对应关系较

好的指数达到极端事件标准时,是否对应有区域性

极端低温事件,进而从海温和环流极端性的角度理

解区域性极端事件.表 3给出了四种指数的冬季平

均值达到 15%(或 85%) 极端阈值情况下与持续时

间长、影响范围广的区域性极端低温事件 (表 1中

的事件)的对应关系. NPO指数达阈值的 10年中,

8 年对应发生区域性极端低温事件, NINO3.4 则 9

年对应 7年发生, AO则 10年对应有 6年发生, 冬

季风则 8年对应有 5年发生,达极端阈值年发生区

域性极端低温事件的百分率分别为 80.0%, 77.8%,

60.0%和 62.5%,基本都超出了 60.0%. 由此可知,区

域性低温事件本身可能是多种因素共同作用的结

果,其中包括: 1)单因子极端异常,并起主导作用而

形成区域性低温极端事件; 2)单一因子未出现极端

异常, 但多种因子异常, 多因子的共同作用也会导

致极端事件发生. 此外,由于 NPO, NINO3.4, AO和

冬季风达到极端阈值的年份,发生重大区域性极端

低温事件的概率在 60.0%以上,即有可能从主要影

响因子极端性的角度对常规要素的极端事件进行

描述.

表 3 冬季 NPO指数、NINO3.4、AO指数和冬季风指数达到 15%的极端阈值与区域性极端低温事件的对应关系

NPO NINO3.4 AO 冬季风

达阈值年份 指数值 对应事件 达阈值年份 指数值 对应事件 达阈值年份 指数值 对应事件 达阈值年份 指数值 对应事件

1955 −1.00
√

1955 25.52
√

1959 −1.58
√

1952 2.03

1956 −1.09
√

1970 24.97
√

1962 −1.91
√

1954 1.61
√

1961 −1.12 1973 24.79
√

1965 −1.50 1956 1.02
√

1962 −1.26
√

1975 25.03
√

1968 −2.29
√

1962 1.40
√

1967 −0.88
√

1984 25.37
√

1969 −1.86 1976 1.23
√

1970 −0.89
√

1988 24.73 1976 −2.62
√

1980 1.34

1973 −0.80
√

1998 25.03 1978 −1.30 1983 1.29
√

1980 −1.10 1999 24.91
√

1985 −1.81 1995 1.36

1983 −0.68
√

2007 24.84
√

2000 −1.31
√

—

1999 −0.83
√

— 2009 −3.42
√

—

注: 画勾则表示这一年出现了区域性极端低温事件
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4 讨论与结论

本文利用 OITRELTE对我国 1951—2010年当

年 11月份至次年 3月份的逐日最低温度资料进行

了检测, 在一定的标准下, 共检测得到了 559 次区

域性极端低温事件. 首先研究了这些 RELTE 几何

中心的空间分布情况,继而选取此类综合影响较大

的异常事件 60次, 按照事件发生所覆盖的地理位

置的不同进行类型的划分. 结合个例, 具体分析了

典型 RELTE发生期间的海温场、风场和高度场的

异常特征, 得到一些可能对 RELTE 有影响的气候

因子. 在此基础上,通过统计不同类型 RELTE与各

气候指数异常的对应关系,进一步研究各类 RELTE

与主要影响因子异常的可能联系, 并分析了四种

对应关系较强的指数达到极端异常标准的年份中,

RELTE的发生概率情况. 主要的研究结论如下.

1) 559次区域性极端低温事件几何中心的空间

分布特征显示: 事件几何中心存在两个显著的事件

带,分别是东北 -华北 -黄淮的事件带、新疆北部 -

西北中部 -西北东部的事件带.此外,青藏高原东部

和西南南部低温事件中心出现的次数也相对密集.

对 599次事件中综合指数最大的 60次事件的影响

范围进行分析归类,按其地理位置的不同大致分为

了 6 类: 分别是全国型、东部型、东北 - 华北型、

华北 -华南型、北方型、西北 -华南型. 通过不同

类型事件的 500 hPa高度场及 850 hPa距平风场的

合成,简要分析了不同区域类型的低温事件形成的

主要环流异常特征.

2) 以 1971 年 1 月 21 日开始的华北 - 华南型

区域性低温极端事件为例, 给出了对应的海温场、

风场和高度场等方面的异常特征. 事件发生期间,

赤道中东太平洋海温异常偏低, 是中等偏强的 La

Nina特征. 中高纬度地区高度场异常偏强,低纬度

地区异常偏弱, 呈现北高南低的偶极子形势, 有利

于冷空活跃,并南下影响我国.同时,来自青藏高原

北部偏强的西北风距平和我国华北及以南地区强

大的东北风距平在西南大部、江南、华南等大范

围区域的交汇,直接为华北 -华南地区出现区域性

极端低温事件提供了冷空气条件.

3)统计了持续时间 10天以上、综合指数最靠

前的 33次不同区域类型的事件与海温和大气环流

等各类指数异常之间的对应关系.总结了各种类型

事件的主要影响指数. 总体而言: NPO指数异常偏

小, NINO3.4 指数异常偏低, 亚洲区极涡强度和面

积、AO指数异常偏小和冬季风指数偏强的异常情

况与 RELTE 有较好的对应关系. 如果考虑符号一

致的正常态,对应概率百分比均超过了 60.0%.

4) NPO指数, NINO3.4指数, AO指数和冬季风

四种指数的冬季平均值达到 15% (或 85%)极端阈

值的年份中,发生重大区域性极端低温事件的百分

率均超过 60.0%. 因此可以进一步确认这些指数是

RELTE的主要影响因子,尤其可以从这些因子极端

异常的角度, 为 RELTE 的预测研究等提供一定的
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Abstract
We identify China regional low temperature extreme events (RELTEs) in winter during the periods from 1951 to 2010 using objec-

tive identification technique for regional low temperature extreme events (OITRELTEs). The 559 RELTEs are identified and classified
into 6 types, i.e. , nationwide style, east style, northeast-north China style, north-south China style, south style, and northwest-south
China style, according to the spatial distribution of these events. The circulation backgrounds of different styles of low temperature
events are also analyzed. In addition, taking the classical event that began from January 21st in 1971 for example, anomaly charac-
teristics of sea surface temperature, geopotential height and winds vectors are investigated specifically. Based on these analyses, the
corresponding relationships between different types of events and anomalies of climatic indices are further studied, and the relations
between mainly influencing index and event are obtained for different types of events. On the whole, when the NINO3.4, the Pacific
decadal oscillation, and the Arctic oscillation are small and the winter wind index is strong, the probability with which the RELTE
happens is high; in the years in which the winter average values of the four indices reach 15% of extreme threshold, the percentages
of occurrence of RELTE reach up to 80.0%, 77.8%, 60.0% and 62.5%, respectively. Therefore, certain signals can be offered for
diagnosing and predicting the RELTE from the index anomalies.

Keywords: regional low temperature extreme events, spatial distribution, climatic index, extreme
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The optical properties of spherical and non-spherical dust aerosols are calculated using the
Lorenz–Mie theory and the combination of T-matrix method and an improved geometric
optics method. The resulting optical properties are then applied in an interactive system that
coupled a general circulation model with an aerosol model to quantitatively analyze the effect
of non-spherical dust aerosol on its direct radiative forcing (DRF). Our results show that the
maximum difference in dust instantaneous radiative forcing (IRF) between spherical and
non-spherical particles is 0.27 W m−2 at the top of the atmosphere (TOA) and appears over
the Sahara Desert due to enhanced absorption of solar radiation by non-spherical dust. The
global annual means of shortwave (longwave) IRFs due to spherical and non-spherical dust
aerosols at the TOA for all sky are −0.62 (0.074) W m−2 and −0.61 (0.073) W m−2,
respectively, and the corresponding values for clear sky are −1.16 (0.092) W m−2 and −1.14
(0.093) W m−2, which indicates that the non-spherical effect of dust has almost no effect on
their global annual mean IRFs.
However, non-spherical dust displays more evident influences than above on its atmospheric-
and land-temperature adjusted radiative forcing (AF) at the TOA over the Saharan Desert,
West Asia, and northern China, with an approximate maximum increase of 3.0 and decrease of
0.5 W m−2. The global annual means of shortwave (longwave) AFs due to spherical and
non-spherical dust aerosols are −0.55 (0.052) W m−2 and −0.48 (0.049) W m−2 at the TOA
for all sky, respectively, and the corresponding values for clear sky are −1.07 (0.066) W m−2

and −0.95 (0.062) W m−2. All AFs of dust become much weaker than their corresponding
IRFs. The absolute values of annual mean AF for non-spherical dust are approximately 13%
(11.2%) and 6% (6%) less than those of spherical dust for the shortwave and longwave for all
sky (clear sky), respectively. The results indicate that the non-spherical effect of dust can
reduce their AFs more obviously than do their IRFs.

© 2012 Elsevier B.V. All rights reserved.
Keywords:
Dust
Spherical/non-spherical particles
IRF
AF
1. Introduction

Dust aerosols are amajor contributor to aerosol loading on a
global scale and play a crucial role in the radiative processes of
the earth-atmosphere system. An estimated 1–3 billion tons of
dust particles are emitted into the atmosphere globally each
year, accounting for more than half of the total atmospheric
particles (IPCC, 2001, 2007). Dust aerosols originate largely
.
.
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from deserts and semi-desert areas (e.g., the Sahara in Africa
and deserts of Central and West Asia). There are also a large
number of dust aerosols emitted in the western USA and
northwestern China. Anthropogenic dust sources have been
increasing since industrialization, largely because of desertifi-
cation in some areas (Zhang et al., 2008).

Dust aerosols can scatter and absorb solar radiation, as well
as absorb and emit longwave radiation, thereby directly
disturbing the energy balance of the earth-atmosphere system
(Haywood et al., 2003; Wang, 2010; Zhang et al., 2010;
El-Metwally et al., 2011). Moreover, dust can change the

http://dx.doi.org/10.1016/j.atmosres.2012.08.006
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optical properties of clouds by acting as cloud or ice conden-
sation nuclei, thus indirectly affecting climate (Carrió et al.,
2007; Hendricks et al., 2011; Rosenfeld et al., 2011). Therefore,
dust is regarded as an important climate-forcing factor. IPCC
(2007) reported that the global annual mean direct radiative
forcing (DRF) of dust aerosols due to anthropogenic contribu-
tions is −0.3–+0.1 W m−2. However, there are still many
uncertainties, primarily in terms of emission sources and the
optical properties of dust. For example, multiple observation
results have shown that the single scattering albedo of dust
particles in the Sahara Desert ranged from 0.95 to 0.99 at
550 nm wavelength (Haywood et al., 2003; McFarlane et al.,
2009). However, corresponding values for a desert in north-
western China ranged between 0.73 and 0.85, the value much
smaller than that for the African Sahara region and with
stronger absorptivity (Ge et al., 2010). The single scattering
albedo depends on the refractive index, particle shape, particle
size distribution, thus varying from region to region (Sokolik
and Toon, 1996; Claquin et al., 1999; Yi et al., 2011).

Most studies have assumed spherical dust particles and
used the Lorenz-Mie theory to obtain the optical properties of
dust particles when calculating the radiative forcing of dust
aerosols in either a general circulation model (GCM) or a
radiative transfer model. However, investigations using both
scanning electron microscopes and field observations have
shown that most dust particles have non-spherical shapes
(Nakajima, 1989; Gao and Anderson, 2001; Okada et al., 2001).
Several studies have also reported that the optical properties of
dust vary significantly depending on whether the particles are
considered spherical or non-spherical (Yang et al., 2000; Zhao
et al., 2003; Barnaba et al., 2004; Kalashnikova and sokolik,
2004). Yang et al. (2007) compared the optical properties of
spherical and spheroidal dust particles using the Lorenz-Mie
theory and a combination of the T-matrix method and
improved geometric optics method (IGOM) and found that
the effects of non-spherical shape were large at short
wavelengths but essentially negligible at infrared wavelengths.
Fu et al. (2009) calculated the single-scattering properties of
dust aerosols with both spheroidal and spherical shapes at the
550 nm wavelength and found that the relative errors of the
spheres used to approximate the spheroids were b1% for the
extinction efficiency and single-scattering albedo, and less than
b2% for the asymmetry factor. Wei and Zhang (2011) found
that the difference of phase function between non-spherical
and spherical dust was significant, especially in the visible
region, and the extinction to backscattering ratio in the
so-called lidar equation was affected by the shape of dust
greatly in shortwave region. Yi et al. (2011) investigated the
non-spherical effect of dust particles on DRF through prescrib-
ing the solar zenith and azimuthal angles to be 45° and 0°,
respectively, and the dust AOD and surface albedo to be 0.5 and
0.1, respectively, and assuming the shape of dust to be tri-axial
ellipsoidal, using a 32-stream DISORT-based radiative transfer
model. They found that the non-spherical effect was an
important source of dust DRF uncertainties, which were
particularly large over water surfaces and capable of causing a
30% difference in dust forcing calculated at the TOA. Satellite
observations have also shown that the scattering properties of
aerosols assumed to be spheres differ greatly from those of
actual dust particles. Thus, it is important to consider the
non-spherical effect when estimating the optical depth and
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micro-physical properties of dust aerosols (Wang et al., 2003;
Herman et al., 2005; Dubovik et al., 2006).

Several recent studies have examined the different optical
properties of dust particles arising from their spherical and
non-spherical shapes (e.g., Yang et al., 2007; Fu et al., 2009;
Wei and Zhang, 2011; Yi et al., 2011). However, none of these
studies quantified the effect of non-spherical dust on global
DRF. In this study, we calculated the optical properties of
spherical and non-spherical dust particles using the Lorenz-
Mie theory and a combination of the T-matrix method and
IGOM. The resulting optical properties were then applied in an
interactive system coupling GCM and an aerosol model to
analyze the effects of non-sphericity on dust instantaneous
radiative forcing (IRF) and adjusted radiative forcing (AF). The
IRF is defined as the change in net irradiance at the TOA with
surface and atmospheric temperatures and state held fixed at
the unperturbed values. The AF is defined as the change in net
irradiance at the TOA after allowing for atmospheric and land
temperatures, water vapor, clouds and land albedo to adjust,
but with sea surface temperatures (SSTs) and sea ice cover
unchanged (Hansen et al., 2005). In the following section, we
introduce basicmodel information, themethods for calculating
the optical properties of spherical and non-spherical dust
particles, and our experimental design.We then present results
from our comparisons of the various optical properties of dust
particles calculated by the two methods and analyze the
differences between simulated optical properties, IRF, and AF
for spherical and non-spherical dust aerosols.

2. Model description and methods

2.1. Basic model information

An interactive system for coupling a GCM (BCC_AGCM2.0.1)
with the Canadian Aerosol Module (CAM) is developed by
Zhang et al. (2012a) and used here to study the non-spherical
effect of dust. The BCC_AGCM2.0.1 is developed by the National
Climate Center of the China Meteorological Administration
(NCC/CMA) based on the Community Atmosphere Model
Version 3 (CAM3) developed by the US National Center for
Atmospheric Research. The model uses horizontal triangular
truncation at wavenumber 42 (T42, approximating 2.8°×2.8°)
and vertical hybrid σ-pressure coordinates to include 26
vertical layers with the top layer having a pressure of 2.9 hPa.
Some improvements in dynamics, convection scheme, dry
adiabatic adjustment, turbulent fluxes over the ocean, and
snow cover fraction parameterization have been implemented
in BCC_AGCM2.0.1 in comparison to CAM3, allowing for better
performance in climate simulations (Wu et al., 2010). The CAM,
a size-segregated multi-component aerosol algorithm, is de-
veloped by Gong et al. (2002, 2003a). The algorithm includes
processes for the emission, transport, chemical transformation,
cloud interaction, and deposition of atmospheric aerosols. Five
aerosol species were included: sulfate, black carbon (BC),
organic carbon (OC), soil dust, and sea salt. The emissions of
sulfate, BC andOC are derived from AeroCom data (Dentener et
al., 2006). The emissions of soil dust and sea salt are calculated
online using the scheme developed by Marticorena and
Bergametti (1995) and Gong et al. (2002), respectively. In this
model, the aerosol size is divided into 12 bins with radii
between 0.005–0.01, 0.01–0.02, 0.02–0.04, 0.04–0.08, 0.08–
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0.16, 0.16–0.32, 0.32–0.64, 0.64–1.28, 1.28–2.56, 2.56–5.12,
5.12–10.24, and 10.24–20.48 μm. Three lognormal population
distributions for dust in China are used, and the mass median
diameters and standard deviations of these three populations
are determined by considering the soil features in China and
source region dust size-distributionmeasurements (Gong et al.,
2003b; Zhang et al., 2003b). Out of China, the two-mode size
distribution for dust from the observation by Chatenet et al.
(1996) is used (Marticorena and Bergametti, 1995). Finally,
the dust emissions are distributed into each size bin by
using the above-mentioned size distributions. The refractive
indices of aerosols are adopted from D'Almeida et al. (1991).
BCC_AGCM2.0.1 and CAM have achieved complete online
coupling and can simulate the mass concentration, optical
properties, and DRF of typical aerosols with a high level of
accuracy (Zhang et al., 2012a). Detailed information on the
simulation performance of this interactive system has been
provided by Zhang et al. (2012a).

In this study, the cloud overlap processing developed by
Collins (2001) for the above-mentioned version is replaced
with a new method developed by Jing and Zhang (2012)
that simulates cloud overlap using a Monte Carlo indepen-
dent column approximation (McICA). We also replace the
primary radiative parameterization from Briegleb (1992)
with the correlated k-distribution radiation scheme devel-
oped by Zhang et al. (2003a, 2006a, 2006b). These two
modifications allow for improved representations of gas
absorption and of the structure and radiative transfer of
subgrid-scale clouds. Under the new radiation scheme,
wavelengths are classified into 17 bands (eight for longwave
radiation and nine for shortwave radiation) which are
10–250, 250–550, 550–780, 780–990, 990–1200, 1200–1430,
1430–2110, 2110–2680, 2680–5200, 5200–12,000, 12,000–22,000,
22,000–31,000, 31,000–33,000, 33,000–35,000, 35,000–37,000,
37,000–43,000, and 43,000–49,000 cm−1, respectively, and
the absorption of five main greenhouse gases: H2O, CO2, O3,
N2O, CH4, and CFC (CFC11, CFC12, CCL4 and CFC22), and O2

continuum absorption are included. The new scheme also
allow for the simulation of the scattering and absorbing
processes of clouds and aerosols. The optical properties of
aerosols are calculated by Wei and Zhang (2011) and Zhang
et al. (2012b). The optical properties of water clouds are
taken from Nakajima et al. (2000). The optical properties of
ice clouds are obtained by incorporating data on ice cloud
particle shapes and spectral distribution by Fu (1996), phase
function data by Yang et al. (2005), and the hybridmethod of
different shapes of ice cloud particles by Baum et al. (2005).

2.2. Methods and experimental design

The optical properties of non-spherical dust aerosols
including the extinction coefficient, single scattering albedo,
and asymmetry factor are calculated by combining the
T-matrix method and an IGOM, where the shape of non
-spherical dust particles is approximated using a rotational
symmetric spheroid (Wei and Zhang, 2011). The T-matrix code
developed by Mishchenko and Travis (1994) is used to com-
pute the single scattering properties of spheroidal particles
with size parameters (specified in terms of the radius of
volume-equivalent sphere) less than50. For randomly oriented
particles, the optical properties are determined by the size,
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shape and composition of particles in the T-matrix method
without considering the orientation of particles. For particles
much larger than the wavelength of light, the IGOM is adopted
to calculate the single scattering properties of particles, which
is developed by Yang and Liou (1996) based on the principles
of geometric optics, and the ray-tracing technique has been
used in the method (Please see Yang et al. (2007) for detail
calculation). It is shown that the optical properties of dust
calculated by the spheroidal approximations are similar to
those of actual dust (Mishchenko and Travis, 1994; Gobbi et al.,
2002). Moreover, the size distributions of dust particles are
provided by the online BCC_AGCM2.0.1_CAM. The optical
properties of corresponding spherical dust particles are calcu-
lated usingWiscombe's (1980) algorithmbased on Lorenz-Mie
theory.

Two groups of experiments are designed for this work, each
of which includes two experiments. In the first group of
experiments (EXPIRF), the two simulations calculate the IRFs
of dust aerosols using the optical properties of spherical
(EXPIRF_sphere) and non-spherical (EXPIRF_nonsphere) dust
particles, respectively. This method calls on the radiation
scheme twice at each radiative time step in each simulation.
The effect of dust on radiation is taken into account only in the
first call, in which the simulated radiative fields are used to
diagnose the dust radiative forcing rather than feedback
into the GCM climate. Thus, the difference between the two
simulated forcings only results from the difference between
two kinds of optical properties of dust particles. In the second
group of experiments (EXPAF), the two simulations calculate
the AF of spherical (EXPAF_sphere) and non-spherical (EXPAF_
nonsphere) dust aerosols, respectively. The method also calls
on the radiation scheme twice, but the radiative effect of dust is
only considered in the second call. The radiative fields are fed
back into the atmospheric fields, and the model evolution is
modified by the radiative effect of dust, whereas SST is fixed
(Hansen et al., 2005). Therefore, the difference between the
two simulated forcings results from not only the two kinds of
dust optical properties, but also changed temperature profiles
after responding to the radiative feedback of spherical and
non-spherical dust. The AF has been shown to provide a better
estimate than IRF of the eventual temperature change (Hansen
et al., 2005).

3. Results

3.1. Comparison between the optical properties of spherical and
non-spherical dust particles

Fig. 1 shows the relative differences of the extinction
efficiency factor, single scattering albedo, and asymmetry
factor between non-spherical and spherical dust particles
calculated by the Lorenz-Mie theory and the combination of
T-matrix method with IGOM. The effect of non-spherical dust
particles on extinction efficiency exists across nearly the entire
wavelength spectrum. There are obvious differences in extinc-
tion of nuclei mode dust from the two shapes. The fluctuations
of extinction efficiency factor with the increase of size
parameter (2πr/λ) for small spherical and non-spherical dust
particles are larger than those for larger particles, so the
non-spherical effect on the extinction efficiency factor of small
particles ismore obvious than that of larger particles. However,

http://dx.doi.org/10.3878/j.issn.1006-9895.2012.11155
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the mass concentration of nuclei mode dust is small, so the
effect on radiation flux caused by different particle shapes is
also small. For accumulationmode and transportedmode dust,
the relative deviation of extinction efficiency factors is within
±10% between the non-spherical and spherical dust. The
difference between non-spherical and spherical dust extinc-
tions for the coarsemode is smaller, with a relative deviation of
less than ±5% (Fig. 1a). The relative deviations of single
scattering albedo due to non-spherical and spherical dust are
within ±4% for the four modes across all wavebands, with a
primarily focus on wavebands larger than 3 μm. The relative
difference between the two particle shapes is within ±2% in
the shortwave band where scattering plays a major role
(Fig. 1b). The relative deviation of asymmetry factors between
non-spherical and spherical dust particles is within ±8%,
concentrating in the wavebands smaller than 2 μm and
between approximately 10 and 40 μm (Fig. 1c).

In Fig. 2, the band-mean relative differences in optical
properties between non-spherical and spherical dust parti-
cles are shown for the 17-band radiation scheme used in
BCC_AGCM2.0.1. Generally, differences in the extinction
coefficient, single scattering albedo, and asymmetry factor
are less than 15%. As can be seen from Fig. 2, the non-
spherical effect of dust primarily affects the dust extinction
and asymmetry factor, and only has small impact on the
single scattering albedo except the medium sized dust
particles in the 13–17 wavebands (Fig. 2b and c). The
differences of dust extinction mainly concentrate in the 1–5
and 11–17 wavebands, with the highest value exceeding
10%. The differences of dust asymmetry factor are located in
the 3–9 and 13–15 wavebands, but the asymmetry factor of
large dust particles is affected less due to dust non-spherical
effect (Fig. 2d).
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3.2. Difference in IRF between non-spherical and spherical dust
aerosols

The IRFs of dust aerosols are calculated in EXPIRF, and the
difference between the two simulated dust radiative forcings
is due only to the differing optical properties of spherical and
non-spherical dust. Fig. 3 shows the global distribution of
annual mean column burden for dust aerosol simulated in
EXPIRF. The dust column burdens are found to be located
mainly in the North African Sahara region and in West Asia,
with maximum values exceeding 1000 mg m−2, due to
year-round dry air and little vegetation that increase dust
emissions in these areas. The second highest values of more
than 100 mg m−2 are located in Inner Mongolia and the
Xinjiang region of China. There is also an extended distribu-
tion of dust aerosol in central and western areas of North
America. The simulated global annual mean dust column
burden is 57.8 mg m−2. Table 1 compares the global load,
lifetime, and optical depth of dust simulated in this study
with a number of reference models. We note that the dust
load and optical depth in our model is comparative with
those in most of other models, but the simulated dust lifetime
is shorter than others. This is because that the range of dust
size in our model is larger (from 0.005 to 20.48 μm) than
those in other models and the larger particles tend to have
shorter lifetimes.

Fig. 4 shows the global annual mean distributions of
simulated dust optical depth from EXPIRF_sphere and the
difference betweendust optical depths fromEXPIRF_nonsphere
versus EXPIRF_sphere at 550 nm. The simulated optical depth
of non-spherical dust aerosols is greater than that of spherical
dust aerosols at 550 nm, due to an increase in the extinction
coefficient of dust in both the coarse and transported modes,
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the principal modes for dust modeling. The dust optical depths
are increased by over 2% in most regions. The greatest increase,
nearly 4%, appears over the Sahara Desert near 15°N as a result
of a high loading of coarse dust in the atmosphere. The dust
optical depth also increases by about 3% over northern China.
The relative differences in the simulated aerosol single scatter-
ing albedo and asymmetry factor between EXPIRF_sphere and
Fig. 3. The global annual mean distribution of simulated
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EXPIRF_nonsphere at 550 nm are not obvious, approximately
less than 1% (Figures not shown).

Dust aerosols not only absorb and scatter solar radiation but
also absorb and emit infrared radiation, leading to both positive
and negative radiative forcings simultaneously at the TOA
under different atmospheric conditions. As can be seen from
the simulated global distribution of annual mean shortwave
dust column burden in EXPIRF (unit: mg m−2).



Table 1
Summary of the global load, lifetime and optical depth at 550 nm (OD550)
of dust.

Model Load
(Tg)

Lifetime
(days)

OD550
dust

References

CAM 25.7 4.6 0.035 Huneeus
et al. (2011)ECMWF 54.7 3.3 0.027

GISS 29.0 7.1 0.034
SPRINTARS 17.2 1.6 0.024
MOZGN 21.1 3.3 0.022
ECHAM5-HAM 8.2 4.4 0.01
MIRAGE 22.0 3.9 0.053

This study
EXPIRF_sphere 29.5 1.5 0.038
EXPIRF_nonsphere – – 0.039
EXPAF_sphere 25.8 1.5 0.033
EXPAF_nonsphere 23.4 2.8 0.031
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IRF at the TOA for all sky from EXPIRF_sphere (Fig. 5a), the
largest forcing occurs over West Asia, north China, and
especially over northern and western Africa. In these regions,
maximum forcing exceeds −12 W m−2 due to the multiple
scattering of solar radiation caused by the considerable dust
loading above the abundant large-scale stratus clouds
(Schumacher and Houze, 2006). Dust aerosols produce an
apparent positive forcing over the Tibetan Plateau with the
maximum exceeding +5 W m−2 owing to a high surface
albedo there.

Surface albedo is a key factor to control dust radiative
forcing. Fig. 6 shows the comparisons of simulated annual
mean surface albedo with the MODIS data. As can be seen
from the Fig. 6, the distribution of simulated surface albedo is
basically consistent with the observation in most of regions.
However, the simulated values are slightly lower in northern
Africa and larger in the snow cover regions of boreal high
latitudes than those observed. Especially, the simulated
surface albedo is obviously larger than the observed in the
Tibetan Plateau due to the simulated more snow cover and
Fig. 4. The global annual mean distributions of simulated dust optical depth in
EXPIRF_nonsphere versus EXPIRF_sphere (shaded) at 550 nm.
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depth and the differences of snow properties in model (grain
size especially), which possibly results in the larger positive
forcing over these areas.

The forcing becomes weaker when non-spherical particles
are used, because they are effectively more absorbing (Figs. 1b
and 5c). Compared to the spherical dust IRF, the IRF by
non-spherical dust is weakened by 1–4%. Regions of larger
weakening appear in areas with larger dust radiative forcing.
For example, the forcing is weakened by up to 0.27 W m−2

over the Sahara Desert and by 0.12~0.18 W m−2 over West
Asia and the Tibetan Plateau. The effect of non-spherical dust
on longwave IRF also represents an increase in longwave
radiation absorption; however, this increase is small, having a
relative difference of about 1% (Fig. 5b and d). The global
annual means of simulated dust shortwave (longwave) IRFs at
the TOA for all sky in EXPIRF_sphere and EXPIRF_nonsphere
are −0.62 (0.073) W m−2 and −0.61 (0.074) W m−2,
respectively. Non-spherical dust shape has little influence on
IRF (Table 2) because the differences between non-spherical
and spherical dust optical properties are relatively small,
especially in the solar wavebands, in the coarse (primary
dust) mode. Furthermore non-spherical effects can cancel each
other for some bands and particle sizes (Fig. 2). It can be noted
that the dust has a weak longwave radiative forcing in our
results. We find that the mass median diameter of dust
particles used in our model given by Marticorena and
Bergametti (1995) is smaller than those in other models,
which may be the primary reason that leads to the weak
longwave effects.

In order to get rid of cloud effect in above comparison of
spherical and non-spherical dust, Fig. 7 shows the global
distributions of simulated dust shortwave and longwave IRF
at the TOA for clear sky in EXPIRF_sphere and the differences
of forcing in EXPIRF_nonsphere versus EXPIRF_sphere. The
strength and range of dust absolute shortwave IRF and
longwave IRF for clear sky are larger than those for all sky
because of reduction effects of clouds to dust IRF (Zhang et al.,
2010), and the absolute changes of IRF due to non-spherical
EXPIRF_sphere (contour line) and the difference in dust optical depths in



a) b)

c) d) 

Fig. 5. The global annual mean distributions of simulated dust (a) shortwave and (b) longwave IRF at the TOA in EXPIRF_sphere and the differences in dust
(c) shortwave and (d) longwave IRF in EXPIRF_nonsphere versus EXPIRF_sphere for all sky (units: W m−2).
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effect of dust for clear sky are more extensive and stronger than
those for all sky. The global annual means of simulated dust
shortwave (longwave) IRFs at the TOA for clear sky in
EXPIRF_sphere and EXPIRF_nonsphere also become larger with
values of −1.16 (0.092) W m−2 and −1.14 (0.093) W m−2,
respectively (Table 2), each of which is stronger than the
corresponding value for all sky, while non-spherical effect of
dust on their IRFs is also very small with relative difference of
1.7% and 1.1% reduction for shortwave and longwave, respec-
tively, almost similarly to those of all sky case.

3.3. Difference in AF between non-spherical and spherical dust
aerosols

The AFs of spherical and non-spherical dust aerosols are
simulated in EXPAF. The simulated dust burdens change due to
the adjustment of atmospheric and land temperatures to
reflect the different radiative effects of non-spherical and
spherical dust. Fig. 8 gives the global distributions of the annual
mean column burden of simulated dust aerosols in EXPAF_
sphere and EXPAF_nonsphere, respectively. The simulated
distributions of dust aerosol column burden in EXPAF_sphere
and EXPAF_nonsphere are very similar, but the magnitudes of
the annualmean column burden of dust in the two simulations
are different: 50.6 mg m−2 and 45.8 mg m−2 for EXPAF_
sphere and EXPAF_nonsphere, respectively. The simulated
column burdens of dust aerosols decrease in West Asia, south
of African Sahara Desert and near its western ocean, with
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maximum value over 200 mg m−2, but the column burdens
increase in north of African Sahara Desert, middle North
America and northern China, with maximum value exceeding
150 mg m−2, in EXPAF_nonsphere compared with EXPAF_
sphere (Fig. 8c). This is mainly due to the difference in optical
and radiative properties between the two shapes of dust
aerosols. The adjustment of atmospheric and land tempera-
tures effectively results in differences in the atmospheric
heating rate, thereby altering the dust aerosol emission,
deposition, and load. It can be seen from the simulated global
annual averaged budget of dust that the dust emission is
reduced obviously in EXPAF_nonsphere which contributes
most to be the change in burden. Fig. 9 indicates that the
changes of solar and longwave heating rate due to the non-
spherical effect of dust may cause the atmosphere to be more
and less stable in the south and north of 25°N, respectively,
which suppress and facilitate the dust transport and deposition
in corresponding regions, thereby resulting in the changes of
dust burden (Fig. 8).

A change in simulated dust column burden caused by the
optical properties of spherical and non-spherical dust particles
will inevitably alter the dust optical depth, which is consistent
with changes seen in dust column burden (Figs. 10 and 8c). The
simulated optical depth of non-spherical dust aerosols at
550 nm over the north of the Sahara Desert and northern
China is 5–20% higher than that of spherical dust aerosols. The
dust optical depth in the south Sahara Desert and West Asia
also decreases distinctly more for spherical aerosols than for



a) 

b) 

Fig. 6. The global annual mean distributions of (a) simulated and (b) MODIS retrieval surface albedo.
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non-spherical aerosols by up to 30%. The differences between
the two simulations in the single scattering albedo, and
asymmetry factor at 550 nm are also small, varying by less
Table 2
Global annual means and differences of simulated dust optical properties and DRF

AODD SSA g

(λ=550 nm)

EXPIRF_sphere 0.038 0.98 0.74
EXPIRF_nonsphere 0.039 0.98 0.74
DIFIRF +2.6% – –

EXPAF_sphere 0.033 0.98 0.74
EXPAF_nonsphere 0.031 0.98 0.74
DIFAF −6.1% – –

AODD represents the dust optical depth; SSA and g represent the single scattering al
represent the dust shortwave and longwave IRF in EXPIRF and AF in EXPAF at the TO
variable due to dust spherical and non-spherical in EXPIRF and EXPAF ((EXPi_nons
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than 1% (figures not shown). Table 3 gives the comparisons of
simulated annual mean total AODs in EXPAF with those
measured at 550 nm at some sites that are located in the dust
between different experiments.

RFS RFL RFCSs RFCSL

(units: W m−2)

−0.62 0.073 −1.16 0.092
−0.61 0.074 −1.14 0.093
+2.0% +1.4% +1.7% +1.1%
−0.55 0.052 −1.07 0.066
−0.48 0.049 −0.95 0.062

+13% −6% +11% −6%

bedo and asymmetry factor of aerosol, respectively; RFS, RFL, RFCSs and RFCSL
A for all sky and clear sky, respectively; DIFi represents the differences of each
phere−EXPi_sphere)/EXPi_ sphere, i=IRF, AF).



a) b) 

c) d) 

Fig. 7. Same as in Fig. 5, but for clear sky.

120 Z. Wang et al. / Atmospheric Research 120–121 (2013) 112–126
source regions. Themeasurements are from the AERONET Level
2.0 products except the Dunhuang and Ejinaqi sites that are
from the CARSNET (China Meteorological Administration
Aerosol Remote Sensing NETwork) (Che et al., 2009). Daily-
averaged aerosol optical depths are acquired at the AERONET
and CARSNET sites, from which monthly-mean values and
standard deviations are computed weighted by the daily
number of observations. Then, the corresponding yearly-mean
values equal to the averages of 12 months. The four-point
interpolation scheme is used to match the locations of model
grids with themeasured sites. It can be seen that the simulated
AODs aremore consistentwith the observations atmost of sites
except the Saada, Dhadnah, Kuwait sites when dust particles
are assumed to be non-spherical. However, the improvements
due to non-spherical particles on the comparison are difficult to
assess, since standard deviations on observations are large.

Fig. 11 shows global distributions of annual mean short-
wave and longwave AF for simulated dust aerosols at the TOA
for all sky in EXPAF_sphere, as well as the differences in dust
shortwave and longwave AF in EXPAF_nonsphere versus
EXPAF_sphere. The simulated distributions of annual mean
shortwave and longwave AF of dust aerosols in EXPAF_sphere
are consistent with those in EXPIRF_sphere. Shortwave and
longwave AFs of non-spherical dust are weaker than those of
spherical dust at the TOA over West Asia, south of the Sahara
Desert, and along Africa's west coast. The largest decrease in
shortwave forcing exceeds 3 W m−2, accounting for over 20%
of the non-spherical dust shortwave AF, resulting from a
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distinct decrease in dust column burden and optical depth in
these areas, when dust particles are assumed to be non-
spherical. The dust column burden and optical depth in
northern China increased, but the shortwave AF in these
areas decreased, when dust particles are considered non-
spherical. This suggests that the absorption of radiation by dust
in these regions has obviously increased and the negative AF of
dust has been offset by non-spherical aerosol influences.
Non-spherical dust intensifies AF in north of the Sahara Desert
by 0.1–0.5 W m−2. The global annualmeans of simulated dust
shortwave (longwave) AFs at the TOA are −0.55 (0.052)
W m−2, and −0.48 (0.049) W m−2 in EXPAF_sphere and
EXPAF_nonsphere, respectively. The absolute values of
annual mean AF for non-spherical dust are approximately
13% and 6% less than those of spherical dust for shortwave
and longwave radiation, respectively (Table 2). We also find
that the absolute values of dust AF are smaller than those of
IRF primarily due to the decrease in dust column burden
after temperature adjustment, which is consistent with the
results of Hansen et al. (2005).

In order to get rid of cloud effects on dust AFs, Fig. 12 shows
the global distributions of simulated dust shortwave and
longwave AF at the TOA for clear sky in EXPAF_sphere and
the differences of forcing in EXPAF_nonsphere versus EXPAF_
sphere. Similar to the IRF, the strength and range of dust
negative shortwave AF and positive longwave AF for clear sky
are larger than those for all sky, and the absolute changes of AF
due to non-spherical effect of dust for clear sky are more



a)

b)

c)

Fig. 8. The global annual mean distributions of simulated dust column burdens in (a) EXPAF_sphere and (b) EXPAF_nonsphere and (c) the difference in dust
column burdens in EXPAF_nonsphere versus EXPAF_sphere (units: mg m−2).
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b)

Fig. 9. The changes of zonally averaged (a) solar and (b) longwave heating rate due to the non-spherical effect of dust (units: 10−7 K s−1).

Fig. 10. Same as in Fig. 4, but for the experiment EXPAF.
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Table 3
Comparisons of simulated annual mean total AODs in EXPAF with those measured at 550 nm at some sites that are located in the dust source regions. The
measurements are from the AERONET except the Dunhuang and Ejinaqi sites that are from the CARSNET (China Meteorological Administration Aerosol Remote
Sensing NETwork) (Che et al., 2009).

Site Location Sphere Nonsphere Obs. Obs. years

Blida 2.9E, 36.5 N 0.12 0.14 0.21±0.13 2003–2009
Malaga 4.5 W, 36.7 N 0.11 0.13 0.14±0.08 2009–2011
Saada 8.2 W, 31.6 N 0.21 0.26 0.22±0.14 2004–2009
La_Laguna 16.3 W, 28.5 N 0.25 0.23 0.14±0.13 2006–2009
Dahkla 16.0 W, 23.7 N 0.42 0.37 0.29±0.21 2002–2003
IER_Cinzana 5.9 W, 13.3 N 0.54 0.49 0.47±0.30 2004–2009
Agoufou 1.5 W, 15.3 N 0.64 0.58 0.51±0.35 2003–2009
Kuwait 48.0E, 29.3 N 0.27 0.25 0.54±0.32 2007–2010
Hamin 54.3E, 23.0 N 0.388 0.307 0.345±0.15 2004–2007
SEDE_BOKER 34.8E, 30.9 N 0.184 0.181 0.18±0.11 1996–2010
Issyk-Kul 77.0E, 42.6 N 0.14 0.12 0.12±0.08 2007–2010
Dunhuang 94.7E, 40.2 N 0.25 0.28 0.35±0.31 2003–2008
Ejinaqi 101.1E, 42.0 N 0.17 0.18 0.22±0.19 2002–2008
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extensive and stronger than those for all sky, especially in
northern Africa and Arabia. Clouds can greatly reduce AFs of
dust too. The global annualmeans of simulated dust shortwave
(longwave) AFs at the TOA for clear sky in EXPAF_sphere and
EXPAF_nonsphere are −1.07 (0.066) W m−2 and −0.95
(0.062) W m−2, respectively (see Table 2), while non-
spherical effect of dust on their AFs become largerwith relative
difference of 11.2% and 6.0% reduction for shortwave and
longwave, respectively, almost the same as the results of all sky
case too.
a) b

c) d

Fig. 11. Same as in Fig. 5, but for th
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In our experiments, the non-spherical dust effects on
radiative forcing are larger in EXPAF than in EXPIRF. This is
because the temperature profiles are the same for both shapes
of dust particles in EXPIRF, and the differences in dust forcing
result from the differences in optical properties between the
two simulations. However, there are two factors affecting dust
radiative forcing in the two simulations of EXPAF: one is the
optical properties of the dust, and the other is the atmospheric
profiles that are altered in fast response to radiative feedback
from spherical and non-spherical dust (Fig. 9). The net
)

)

e AF in experiment EXPAF.



a)

d)

b)

c)

Fig. 12. Same as in Fig. 11, but for clear sky.
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radiation flux at the TOA ismore affected by non-spherical dust
in EXPAF than it is in EXPIRF (0.14 W m−2 versus 0.02 W m−2

for the global annual mean, respectively), which indicates that
these fast responses act collectively to increase the effect of
non-spherical dust on AF.

4. Conclusions

We calculate the optical properties of spherical and non-
spherical dust aerosols using the Lorenz-Mie theory and a
combination of the T-matrixmethodwith an IGOM.Weuse the
resulting optical properties in an interactive system coupling
GCM and an aerosol model (BCC_AGCM2.0.1_CAM) to calcu-
late the IRF and AF of spherical and non-spherical dust aerosols
and to discuss the effect of non-spherical dust on radiative
forcing.

The simulated optical depths at 550 nm for non-spherical
are greater than those for spherical dust particles, usually
greater than 2%. The increase in dust optical depth due to
non-spherical particles is the most distinct (about 4%) over
the Sahara Desert, and is about 3% over northern China. The
effects of non-spherical dust on aerosol single scattering
albedo and asymmetry factor at 550 nm are more limited,
and the relative deviations are less than 1%. These effects
intensified the absorption of shortwave and longwave
radiation by dust by 1~4% and less than 1%, respectively.
Non-spherical dust causes the largest change in dust IRF at
the TOA for all sky over the Sahara Desert, with a maximum
increase of 0.27 W m−2, due to enhanced absorption of solar
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radiation. The global annual means of shortwave (longwave)
IRF for spherical and non-spherical dust at the TOA for all sky
are −0.62 (0.074) W m−2 and −0.61 (0.073) W m−2,
respectively. The non-spherical effect of dust has little
influence on their IRFs. The global annual means of short-
wave (longwave) IRF for spherical and non-spherical dust at
the TOA for clear sky are −1.16 (0.092) W m−2 and −1.14
(0.093) W m−2, respectively, each of which is stronger than
those for all sky. However, the non-spherical effect of dust on
their IRFs for clear sky is similar to those for all sky.

When atmosphere and land temperatures are adjusted to
reflect the radiative effect of spherical and non-spherical
dust, the simulated global annual mean column burdens of
both dusts respond differently and become 50.6 mg m−2 and
45.8 mg m−2 for spherical and non-spherical dust, respec-
tively. Compared to spherical dust aerosols, the simulated
column burdens of non-spherical dust aerosols in West Asia,
south of the Sahara Desert, and the west coast of Africa are
decreased; whereas column burdens are increased in north of
the Sahara Desert, over the middle of North America, and over
northern China. Non-spherical dust leads to a 5~20% increase in
simulated dust optical depth at 550 nm over areas north of the
Sahara Desert and northern China, but up to 30% decrease in
south of the Sahara Desert and over West Asia, changing the
corresponding shortwave and longwave AFs of dust at the TOA.
The greatest change in dust AF at the TOA for all sky also occurs
over the Sahara Desert, where shortwave forcing increases as
much as 3 W m−2. The global annual means of shortwave
(longwave) AFof spherical andnon-spherical dust at the TOA for
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all sky are −0.55 (0.052) W m−2 and −0.48 (0.049) W m−2,
respectively. The absolute values of non-spherical dust AF
are about 13% and 6% less than spherical dust AF for
shortwave and longwave radiation, respectively. Similar to
the IRF, the absolute changes of AF due to non-spherical
effect of dust for clear sky are more extensive and stronger
than those for all sky, especially in northern Africa and
Arabia. The global annual means of shortwave (longwave)
AF of spherical and non-spherical dust at the TOA for clear
sky are −1.07 (0.066) W m−2 and −0.95 (0.062) W m−2,
respectively. It is found in this work that non-spherical effect
of dust on their AFs become larger with relative difference of
11.2% and 6.0% reduction for shortwave and longwave,
respectively, almost the same as the results of all sky case.

The effects of non-spherical dust on both IRF and AF that we
find here are far less than the uncertainties that exist in dust
emission source data. It should be noted that the two-stream
approximation scheme is applied in current modeling. Most of
studies indicate that non-spherical effect of dust has a sig-
nificant impact on the phase function, but the two-stream
approximation only requires the asymmetry factorwhich is the
first moment of the Legendre expansion of the phase function.
This may impact on the non-spherical effect of dust to some
extent. Therefore, the non-spherical effect of dust may be
considered in the higher stream radiative transfer scheme in
future climate models.
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[1] Optical properties of clouds containing black carbon (BC) particles in their water
droplets are calculated by using the Maxwell Garnett mixing rule and Mie theory. The
obtained cloud optical properties were then applied to an interactive system by coupling an
aerosol model with a General Circulation Model. This system is used to investigate the
radiative forcing and the equilibrium climate response due to BC in cloud droplets. The
simulated global annual mean radiative forcing at the top of the atmosphere due to the BC in
cloud droplets is found to be 0.086Wm�2. Positive radiative forcing can be seen in Africa,
South America, East and South Asia, and West Europe, with a maximum value of
1.5Wm�2 being observed in these regions. The enhanced cloud absorption is shown to
increase the global annual mean values of solar heating rate, water vapor, and temperature,
but to decrease the global annual mean cloud fraction. Finally, the global annual mean
surface temperature is shown to increase by +0.08K. The local maximum changes are found
to be as low as �1.5K and as high as +0.6K. We show there has been a significant
difference in surface temperature change in the Southern and Northern Hemisphere
(+0.19K and �0.04K, respectively). Our results show that this interhemispheric
asymmetry in surface temperature change could cause a corresponding change in
atmospheric dynamics and precipitation. It is also found that the northern trade winds are
enhanced in the Intertropical Convergence Zone (ITCZ). This results in northerly surface
wind anomalies which cross the equator to converge with the enhanced southern trade winds
in the tropics of Southern Hemisphere. This is shown to lead to an increase (a decrease) of
vertical ascending motion and precipitation on the south (north) side of the equator, which
could induce a southward shift in the tropical rainfall maximum related to the ITCZ.

Citation: Wang, Z., H. Zhang, J. Li, X. Jing, and P. Lu (2013), Radiative forcing and climate response due to the presence
of black carbon in cloud droplets, J. Geophys. Res. Atmos., 118, 3662–3675, doi:10.1002/jgrd.50312.

1. Introduction

[2] Clouds, which cover about 60% of the Earth’s surface,
play a significant role in the radiation budget of the earth-
atmosphere system. Clouds reflect solar radiation back into
space and reduce the radiative flux to the surface. They also
absorb the infrared radiation emitted from surface of the Earth
and reduce the loss of energy in the earth-atmosphere system
[Forster et al., 2007]. Therefore, any change of cloud optical
properties can disturb the energy balance of the earth-
atmosphere system.
[3] Black carbon (BC) is an important anthropogenic

aerosol produced from the incomplete combustion of

hydrocarbon-containing materials. Since pre-industrial time,
the BC loading in the atmosphere has grown considerably.
This reflects the increasing usage of fossil fuels and biofuels,
coupled with the increasing world population [Bond et al.,
2007; Lu et al., 2010]. BC aerosol comprises a small portion
of atmospheric aerosols (typically less than 15% of the total
aerosol mass). However, the impact of BC aerosol on the
climate is substantial. BC is a strong absorber of solar
radiation. This can enhance the absorption of solar energy
in the earth-atmosphere system and increase the atmospheric
temperature directly. This effect has been considered as a
potential source of global warming [Jacobson, 2002; Menon
et al., 2002; Chung and Seinfeld, 2005; Ramanathan and
Carmichael, 2008; Shindell et al., 2012]. When BC is mixed
with sulfate and other water-soluble aerosols, it can act as
the condensation nuclei for a water cloud. BC can even act
as ice nuclei. Thus, BC can change cloud albedo and lifetime
and so indirectly affect the climate system [Hansen et al.,
2005; Lohmann and Feichter, 2005; Zhang and Wang,
2011]. BC aerosol affects clouds in two major ways. First,
the embedding of BC in cloud droplets can affect the cloud
optical properties. In particular, BC can reduce the cloud
droplet single scattering albedo (SSA) due to its strong
absorbing ability. This can increase the absorption of solar
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radiation, and this extra heating in clouds can exacerbate
cloud evaporation. Thus, the atmospheric heating rate profile
is affected [Chuang et al., 2002; Jacobson, 2006; Zhuang
et al., 2010; Ghan et al., 2012; Li et al., 2013]. Second,
BC particles interstitially existing between cloud droplets
can also enhance the absorption compared to BC existing
in clear sky. This is due to the fact that relative humidity
is higher inside a cloud [Jacobson, 2012]. Both effects
increase the cloud absorption and so have impact on cloud
burn-off and climate.
[4] BC aerosols are mostly hydrophobic when emitted,

but they gradually become hygroscopic over time due to
chemical and physical processes in the atmosphere. The
hydrophilic BC particles can act as effective cloud conden-
sation nuclei [Cooke et al., 2002; Roberts and Jones,
2004], which results in the mixing of BC in cloud droplets.
As far back as 1984, Chýlek et al. [1984] investigated the
effect of BC on the absorption of solar radiation by clouds
by assuming the water droplet containing the arbitrarily
distributed spherical BC particles. BC aerosol has drawn
more attention in recent years, but there has been little
research on the climate impact of BC in cloud droplets.
Chuang et al. [2002] developed a scheme to calculate the
cloud droplet SSA of BC in cloud droplets. They were the
first to take into account the impact of the extra BC absorp-
tion in the climate model of CCM1/NCAR. Their results
showed that the effect of BC in cloud droplets could reduce
the reflection of solar radiation and causes an increase of
radiative forcing at the top of the atmosphere (TOA).
Zhuang et al. [2010] investigated the impact on regional
cloud radiative forcing and climate by BC in cloud droplets,
using a regional climate model based on the method of
Chuang et al. [2002]. Their results also indicated that BC
in cloud droplets could cause a positive radiative forcing at
TOA. They also found that the extra heating from BC in
cloud droplets could affect atmospheric circulation and
hydrologic cycle. The above two works, however, used only
an empirical formula to calculate the cloud droplet SSA for
BC in cloud droplets.
[5] Li et al. [2011] pointed out that the method to calculate

SSA by Chuang et al. [2002] was deficient in several
aspects. Specifically, it was suggested the cloud effective
radius should be used instead of cloud droplet size since
the cloud effective radius is used in cloud optical property
parameterizations to represent cloud drop size distribution.
Second, the cloud optical properties should be calculated
exactly by Mie theory instead of an empirical formula. Third,
all cloud optical properties rather than just the SSA should be
taken into account to avoid the inconsistency with the cloud
optical property variables used in climate models.
[6] Thus, further investigation is needed, based on using

an accurate method for calculation of cloud optical proper-
ties, to evaluate the impact on radiative forcing and climate
response, due to BC in cloud droplets. This paper mainly
addresses these issues.
[7] In this study, we first calculate the cloud droplet refrac-

tive index by the Maxwell-Garnett (MG) mixing rule [Chýlek
et al., 1988, 1996]. Then the cloud optical properties are
obtained based on the Mie theory and cloud droplet size distri-
bution. The refractive index obtained by theMGmixing rule is
derived from an effective-medium approximation that gives
an average complex refractive index based on the volume

fractions and complex refractive indices of both the medium
and the absorbing substance within it.
[8] The refractive index of cloud droplets can be calcu-

lated in a more sophisticated way by using the dynamic
effective medium approximation (DEMA) [Stroud and Pan,
1978;Chýlek et al., 1988; Jacobson, 2006]. This method takes
into account the polydispersion of spherical absorbing inclu-
sions within the medium. DEMA gives different efficiencies
for the same volume fraction but different size distributions
of absorbing material. For a fixed water droplet size, Jacobson
[2006] showed that the absorption efficiency could be slightly
higher by DEMA compared to that of MG. However, the
relationship between aerosol size distribution and cloud
droplet size distribution is difficult to determine, as both are
assumed to have long tails in their size distributions. A ques-
tion arises as to how to treat the aerosol size distribution inside
a very small cloud droplet. Is the aerosol size distribution in
different sizes of cloud droplets the same? The method of
DEMA could be more accurate when we have better observa-
tional evidence to understand the size distributions of aerosols
inside cloud droplets.
[9] This model, like most of other GCMs, does not explic-

itly calculate the activation of cloud condensation nuclei
(acted by aerosols including BC) to cloud droplets. Instead
the concentration of BC in cloud droplets is determined by
the mass concentrations of hydrophilic BC and cloud liquid
water. This could be a source of uncertainty. Recently, the
physical evolution of cloud droplets from aerosol particles
(including the hygroscopic BC) has been applied to some
climate models [Jacobson, 2006; Gustafson et al., 2007;
Ghan et al., 2012].
[10] After obtaining the cloud optical properties, we apply

them to an interactive system by coupling a climate model
with an aerosol model. The purpose is to investigate the
radiative forcing and the equilibrium climate response due
to BC in cloud droplets. In section 2, the climate and aerosol
models used in the study are introduced and the method for
calculating the optical properties of mixing droplets is
discussed. Also, the experimental design is presented. In
section 3, the corresponding results in radiative forcing and
climate response are analyzed. Finally, we conclude with a
brief summary.

2. Model and Scheme

2.1. Aerosol-Climate Online Coupled Model

[11] A General Circulation Model (GCM) of
BCC_AGCM2.0.1 (Beijing Climate Center atmospheric
general circulation model) coupled with a Canadian Aerosol
Module (CAM) [Zhang et al., 2012] is used in this study.
BCC_AGCM2.0.1 was developed by the National Climate
Center of the China Meteorological Administration based
on the Community Atmosphere Model Version 3 (CAM3)
developed by the National Center for Atmospheric Research
in the United States. This model employs a spectral resolu-
tion of T42 (approximately 2.8� latitude� 2.8� longitude
grid) and a terrain-following hybrid vertical coordinate with
26 levels with a rigid lid at 2.9 hPa. The main features of
BCC_AGCM2.0.1 are described by Wu et al. [2010].
However, the primary radiative parameterization and the
cloud overlap scheme in BCC_AGCM2.0.1 are replaced
with a correlated k-distribution radiation scheme and a
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Monte Carlo independent column approximation developed
by Zhang et al. [2003, 2006a, 2006b] and Jing and Zhang
[2012]. These two modifications have improved the
accuracy in gaseous absorption and radiative transfer pro-
cess through subgrid-scale clouds. The new radiation
scheme contains 17 bands (eight for longwave radiation
and nine for shortwave radiation), and the spectral ranges
of each band are listed in Zhang et al. [2003]. The model
includes the main greenhouse gasses of H2O, CO2, O3,
N2O, CH4, and CFC (CFC11, CFC12, CCL4, and CFC22).
In this study, BCC_AGCM2.0.1 is coupled with a slab
ocean model, which is from Hansen et al. [1984].
[12] The CAM, a size-segregated multi-component aerosol

model, was developed by Gong et al. [2002, 2003]. The
following five aerosol types were included: sulfate, BC,
organic carbon (OC), soil dust, and sea salt. Each aerosol type
is divided into 12 bins as a geometric series for radius between
0.005–20.48mm. The total number of advected aerosol
quantities is 60 in the model. The model includes the processes
of emission, transport, chemical transformation, cloud interac-
tion, and deposition for atmospheric aerosols. BC particles are
mostly hydrophobic when emitted. However, BC aerosols
become hydrophilic as they age in the atmosphere. The
detailed aerosol aging process is shown in Gong et al.
[2003]. The wet removal of aerosols follows two processes:
below-cloud scavenging and in-cloud rainout [Gong et al.,
2003]. The removal rate of aerosols due to below-cloud
scavenging by precipitation is calculated according to Slinn
[1984], and the rainout removal tendency inside the clouds is
expressed according to Giorgi and Chameides [1986]. The
emissions of sulfate, BC, and OC are derived from AeroCom
data [Dentener et al., 2006]. The emission of soil dust and
emission of sea salt are calculated online using the schemes
developed by Marticorena and Bergametti [1995] and Gong
et al. [2002], respectively. BCC_AGCM2.0.1 and CAM have
been coupled online and can simulate the mass concentration,
optical properties, and direct radiative forcing of typical
aerosols with a high level of accuracy [Zhang et al., 2012].

2.2. Parameterization of Optical Properties of Cloud
Droplets Including BC

[13] BC particles can be assumed to be randomly embed-
ded in cloud droplets since the mean radius of BC is much
smaller than that of cloud droplets. The refractive index of
cloud droplets containing various particles can be calculated
by the MG mixing rule [Chýlek et al., 1988, 1996]:

m2 ¼ m2
w

m2
BC þ 2m2

w þ 2� m2
BC � m2

w

� �
m2

BC þ 2m2
w � � m2

BC � m2
w

� � ; (1)

where m= n + i � k is the refractive index for the mixture
droplet with n and k being the real and imaginary parts,
mw and mBC are the refractive indices of water and BC,
respectively, and Z is the volume fraction of BC in clouds.
The volume fraction of BC in clouds, Z, in climate models
is defined as [Li et al., 2011]

� ¼ f �MBC=rBC
Mw=rw

; (2)

where f is the cloud fraction in a model grid cell, MBC and
Mw are the mass concentrations of hydrophilic BC and cloud

liquid water, respectively, and rBC and rw are the densities
of hydrophilic BC and cloud liquid water, respectively.
According to Hansen et al. [2005], the soluble proportion
of BC particles should be set as 0.6 for industrial (fossil fuel)
BC and 0.8 for biomass burning BC. All the hydrophilic BC
is assumed to be embedded in the cloud droplets due to the
lack of physical parameterization of cloud microphysics in
this model. In reality, some hydrophilic BC particles could
exist interstitially between cloud droplets. The proportions
of soluble BC to total BC and the amount of hydrophilic
BC entering into cloud droplets are depend strongly on
many local physical and chemical conditions. Also the
results should be expected to vary greatly by regions. In this
work, the assumption that all hydrophilic BC is embedded in
cloud droplets could generate uncertainties in results.
[14] The cloud droplet size distribution, n(r), in the

atmosphere is represented by gamma functions [Pruppacher
and Klett, 1997]:

n rð Þ ¼ Arae�br; (3)

where A, a, and b are constants and r is the radius of the
cloud droplet. a and b can be obtained from the effective
radius, re, and effective variance, ve. Li et al. [2011] showed
that cloud radiative forcing is very sensitive to re but not to
ve, so a constant value of ve = 0.172 has been adopted in
the parameterization of cloud optical properties [Dobbie
et al., 1999]. Based on these, we can calculate the cloud
droplet optical properties using Mie theory. The refractive
indices of water and BC are from D’Almeida et al. [1991],
with a value of 1.75 + 0.44 i at 550 nm for BC.
[15] The cloud droplet effective radius is divided into six

bins with size of 1.5, 3.0, 5.0, 10.0, 20.0, and 40.0mm, which
matches the radiation scheme used in BCC_AGCM2.0.1. We
divide the values of Z into eight bins as 0, 10�9, 10�8, 10�7,
10�6, 10�5, 10�4, and 10�2. Accordingly, the cloud droplet
optical properties defined as an (6� 8) array for effective
radius and Z are calculated and incorporated into the model.
At each model time step, the cloud optical properties at any
values of droplet effective radius and Z can be obtained
through bilinear interpolation. This table look-up method
is different from the perturbation method shown in Li
et al. [2011]. Both methods can effectively handle the cloud
optical properties.

2.3. Experimental Design

[16] Two experiments were performed. In the first experi-
ment (EXP1), clouds are assumed to consist of pure water
and so their optical properties are not affected by BC. In
the second experiment (EXP2), the extra absorption due to
the presence of BC in cloud droplets is taken into account.
The microphysical role of BC is assumed to be the same in
both experiments. The instantaneous radiative forcing is
calculated by calling the radiation scheme twice at each
radiative time step in EXP1. In the first, the radiative effect
due to BC in cloud droplets is included; in the second, BC
particles in cloud droplets are not activated in radiation.
The difference of net solar radiation flux at TOA or the
surface between the two calls is defined as the corresponding
radiative forcing. Each experiment is run for 80 years. The
first 30 years is the spin-up period and the last 50-year
simulation is averaged and analyzed to determine the
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radiative forcing and climate response. We also performed
an additional experiment to simulate the direct radiative
forcing based on the assumption that all the BC particles
are in the atmosphere.
[17] The model’s results have been subjected to a t-test to

estimate their statistical significance by assuming each
model year to be an independent sample. We also
divide the data into N-year segments (N = 2, 3, 4, 5) instead
of 1-year segments to test the temporal correlation of the
samples. The results show that the areal fraction of signifi-
cant differences is roughly the same with increasing N,
especially for the main features. It is therefore suitable to use
each model year as an independent sample for evaluating
statistical significance.

3. Results and Discussions

3.1. Change of Cloud Optical Properties Due to
Presence of BC in Cloud Droplets

[18] The imaginary part of cloud droplet refractive index
is very sensitive to the presence of BC in cloud droplets,
while the real part shows very little sensitivity. The change
in the imaginary part of the refractive index mainly occurs
in the solar spectral range, especially for the wavelengths
l ≤ 1 mm as shown in Chýlek et al. [1984] and Li et al.
[2011]. The imaginary part of the cloud droplet refractive
index increases substantially with the increase of Z. This
suggests that the presence of BC in cloud droplets can
strongly increase the cloud solar energy absorption.

[19] Reddy and Boucher [2004] pointed out that in the
atmosphere, Z= 10�7 is a common value of the BC volume
fraction in clouds based on a GCM simulation. In Figure 1,
the changes of cloud optical properties for different cloud
droplet effective radius are shown for Z= 10�7. It is found
that the change of the extinction coefficient is very small.
However, the changes of the absorption coefficient, SSA,
and asymmetry factor are clearly seen in Figure 1. With
increases of effective radius, the changes in SSA and asym-
metry factor become larger, but the change in absorption
coefficient becomes smaller. This is attributed to the decrease
of extinction coefficient with the increase of effective radius,
since the absorption coefficient is defined as the extinction
coefficient times the co-single scattering albedo. In Figure 2,
the band-mean absolute differences of cloud optical properties
due to BC in cloud droplets are shown for the 17 bands used in
BCC_AGCM2.0.1. Generally, the differences of cloud optical
properties appear in the solar wavebands of 10–17. The results
are consistent with those in Figure 1.
[20] Considering the difference between the absorption

cross-section of cloud droplets with and without BC, the
enhancement ratio is defined as this difference divided by
the absorption cross-section of an equal mass of BC residing
within the air [Flanner et al., 2012]. Figure 3 shows the
enhancement ratio versus wavelength for two BC volume
fractions. For the smaller volume fraction, Z= 10�7, the
enhancement ratios drop to close to zero for a wavelength
larger than 1.8mm; for the larger volume fraction, Z=10�5,
the enhancement ratio can exceed 3 even when the wavelength
is close to 4mm. Additionally, the enhancement ratio is

Figure 1. The absolute differences of cloud optical properties for Z= 10�7. Re is cloud droplet effective
radius (unit: mm).
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Figure 2. Same as in Figure 1, but is the band-mean differences for the 17 bands used in
BCC_AGCM2.0.1. The horizontal axis represents 17 wavebands including 1000.0–40.0, 40.0–18.182,
18.182–12.821, 12.821–10.101, 10.101–8.333, 8.333–6.993, 6.993–4.739, 4.739–3.731, 3.731–1.923,
1.923–0.833, 0.833–0.455, 0.455–0.323, 0.323–0.303, 0.303–0.286, 0.286–0.270, 0.270–0.233, and
0.233–0.204 mm, respectively.

Figure 3. The changes of enhancement ratio with the wavelength for different values of BC volume
fraction in cloud droplets. Re is cloud droplet effective radius (unit: mm). The size distribution of BC in
air is assumed to be the same as that in cloud droplets. When Re equals to 1.5, 5, 10 and 20 mm, the
absorption cross-sections for interstitial BC at 550 nm are 0.000013, 0.00023, 0.0018, and 0.015 mm2

for Z= 10�7 and 0.0016, 0.027, 0.13, and 0.47 mm2 for Z= 10�5, respectively.
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sensitive to the cloud droplet size, in particular for Z=10�5.
The enhancement ratios are in the range of 2–4 at 0.55mm
except for the case of large cloud droplets (e.g., Re = 20.0mm)
at Z= 10�5. Chýlek et al. [1996] found that the absorption of
BC in a cloud droplet was increased by a factor of 2–2.5
at 550 nm. Also, the enhancement in absorption for a soot-
water drop mixture was a factor of 2.5–4.5 at 635 nm
measured byMikhailov et al. [2006]. These are consistent with
the results of Figure 3.

3.2. Distributions of the Simulated BC Concentration
and h

[21] Figure 4(a) shows the annual mean distribution of the
simulated BC burden. The maximum BC burdens appear over
central Africa, South America, and East Asia. In particular, in
eastern and northern China and India-Bengal, the maximum
value is about 1.6mgm�2. There are also relatively large BC
concentrations in eastern North America, West Europe, and
Australia. The simulated global annual mean burden of BC
is found to be 0.14mgm�2. The distribution and magnitude
of the simulated BC concentration in this study are consistent
with the results of other models in AeroCom (http://aerocom.
met.no/cgi-bin/aerocom/surfobs_annualrs.pl). The BC aerosol
is mainly located in themid and low troposphere, and the highest
concentrations appear over the surface layer close to the BC
sources in tropical and subtropical regions of the Northern
Hemisphere (NH). BC concentrations drop rapidly with height
(Figure 4b). A similar vertical distribution of BC concentrations

was provided by Reddy and Boucher [2004]. Figure 4(c) shows
the annual mean distribution of the simulated column burden of
BC within cloud droplets. Generally, the large in-cloud BC
column burdens occur over the strong source regions. The
global annual mean burden of BC within cloud droplets is
about 0.006mgm�2, which is larger than the corresponding
value of 0.0041mgm�2 estimated by Jacobson [2012].

Figure 4. Annual mean distributions of simulated (a) column burden (unit: mgm�2), (b) zonally averaged
concentration (unit: ngm�3) of total BC, and (c) column burden of BC within cloud droplets (unit: mgm�2).

Figure 5. Comparisons of simulated BC concentrations with
those measured (unit: ngm�3). The symbols of triangle, aster-
isk, and dot represent the IMPROVE sites, rural and remote
sites andmarine sites [Chung and Seinfeld, 2002], respectively.
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[22] In Figure 5, the comparison of the simulated BC mass
concentrations with the measured results is shown. The
IMPROVE (Interagency Monitoring of Protected Visual
Environments) monitoring network consists of aerosol, light
scattering, light extinction, and scene samplers in a number
of National Parks and Wilderness areas in the United States.
The measured data in rural, remote, and marine sites are
obtained from Chung and Seinfeld [2002]. All of them are

surface measurements. It is seen that the magnitudes of the
simulated BC concentration by our model agree reasonably
with those of the measurements at most of these sites.
However, the simulated values are less than the measured re-
sults at some rural and remote sites. This could be caused by
various factors including the uncertainty in source
emissions, the error of the observational instruments, the
limitations in model resolution, and the implementation of

Figure 6. Annual mean distributions of simulated (a) log10Z at lowest model layer and (b) zonally
averaged log10Z.

Figure 7. Annual mean changes of simulated cloud (a) column absorption optical depth, vertical averaged
(b) SSA, and (c) asymmetry factor at 550 nm due to the internal mixture of BC in cloud droplets.
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physical processes in the model. The underestimation of BC
concentrations could cause an underestimation of the related
radiative effect.
[23] Equation (2) indicates that the magnitude of Z is

determined by the BC mass concentrations, cloud water
content, and cloud fraction. Figure 6a presents the annual
mean global distribution of the simulated Z at the lowest
model layer in logarithmic scale. Z is found in magnitude
of 10�7 in most regions, especially over ocean. This is con-
sistent with the results given by Reddy and Boucher [2004].
Z reaches a magnitude of 10�5 in East Asia, West Europe,
and the west coast of Africa with the maximum value
approximating 4� 10�5. This is due to the high BC loading
and large cloud fraction. It is seen from the vertical
distribution of Z in Figure 6b that the large values of Z
appear in the mid and low troposphere and the values drop
rapidly with height. This is similar to the vertical distribution
of BC concentrations.

3.3. Changes of the Simulated Cloud Optical Properties

[24] Figure 7 shows the annual mean changes of the
simulated cloud optical properties at 550 nm, due to the
presence of BC in cloud droplets. It is found in Figure 7a that
the cloud absorption optical depth increases substantially in
areas such as East Asia and South Asia, where the BC emis-
sion is large. The largest change of cloud column absorption
optical depth can exceed 0.06 (Figure 7a). The decrease of
cloud SSA primarily occurs in East Asia, South Asia, West

Europe, eastern USA, central Africa, and South America, with
the maximum change of �3.0� 10�3 in North China
(Figure 7b). The cloud asymmetry factor generally increases
in the above areas with the maximum change up to
1.5� 10�3. The increase of asymmetry factor is caused by
the weaker back scattering due to the enhancement of absorp-
tion by including BC (Figure 7c). It can be seen from Figure 7
that relatively small changes in cloud optical properties also
occur over large ocean areas. We conclude that this is because
of the long-distance transport of BC.

3.4. Radiative Forcing Due to Mixing of BC in Cloud
Droplets

[25] The presence of BC in cloud droplets leads to an
increase of solar absorption, thereby causing a positive
radiative forcing at TOA. The simulated global annual mean
radiative forcing at TOA is 0.086Wm�2, which is larger
than the results of 0.07Wm�2 obtained by Chuang et al.
[2002] and 0.069Wm�2 obtained by Zhuang et al. [2010].
Though the global mean forcing is very small, the regional
forcings can be much larger. They can even be comparable
to the global annual mean direct radiative forcing (DRF) of
BC at TOA, as shown by this model (Figure 8c). DRF is
defined as the instantaneous change of net radiative flux at
TOA for all sky from two calculations at each model time
step. The first calculation accounts for BC radiative effect.
In the second calculation, the concentration of BC is set to
zero in model radiation algorithm. A positive forcing

Figure 8. Annual mean distributions of simulated radiative forcing (a) at TOA and (b) surface due to the
internal mixture of BC in cloud droplets and (c) direct radiative forcing of BC at TOA for all sky assuming
all BC is interstitial (units: Wm�2).
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exceeding 0.2Wm�2 occurs in most regions of East Asia,
South Asia, West Europe, and eastern North America. This
is particularly true in South America and Africa with a
maximum forcing up to 1.5Wm�2, as shown in Figure 8a.
It is seen from Figure 8c that large BC DRF at TOA appears
in East Asia, central Africa, Western Europe, eastern U.S.,
and South America, where the maximum value reaches
approximately 1.0Wm�2. The simulated global annual
mean DRF of BC at TOA is 0.09Wm�2. The downward
solar radiation flux at the surface is decreased due to the

increase in cloud absorption, thereby leading to a negative
forcing at the surface (Figure 8b). The simulated global
annual mean radiative forcing at the surface is �0.04Wm�2.
The negative forcing at the surface mainly appears in East
Asia, South Asia, West Europe, eastern North America, and
equatorial South America and Africa.

3.5. Climate Response

[26] Figure 9 shows the differences between EXP2 and
EXP1 in global annual mean vertical profiles of several

Figure 9. Simulated differences in global annual mean vertical profiles for several physical quantities
between EXP2 and EXP1.
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physical quantities. The presence of BC in cloud droplets
evidently decreases the cloud SSA in the low and mid
troposphere, where BC is mainly located. This results in an
increase in cloud absorption optical depth, with a maximum
value exceeding 0.00014 at 550 nm (Figure 9a). The en-
hanced solar absorption by cloud droplets causes an obvious
increase in solar heating rate and temperature in the
troposphere (Figures 9b and 9d). The largest increase in global

annual mean atmospheric temperature appears in the mid
troposphere, with a maximum value close to 0.1K. Also, the
change in global annual mean temperature near the surface is
0.08K. The increase in temperature causes more surface evap-
oration and enhances the water-holding capacity of the air.
This leads to an increase in atmospheric water vapor amount
(Figure 9e and Table 1). In turn, the water vapor in the
atmosphere, which acts as greenhouse gas and solar energy
absorber, can further warm the surface. This produces a posi-
tive feedback mechanism [Jacobson, 2006].
[27] The increase in absorption of solar radiation by cloud

can change the atmospheric thermodynamics, which leads to
changes in relative humidity and cloud fraction. These
changes of temperature and water vapor lead to an increase
in relative humidity and cloud fraction in the lower
troposphere (Figures 9f and 9g). In the mid and higher
troposphere, the increase in temperature causes a decrease
in relative humidity and cloud fraction. From Figures 9f
and 9g, it is seen that the cloud fraction is decreased corre-
sponding to the reduction of relative humidity in the mid
troposphere, though the cloud water path is increased in
some altitudes. The changes of cloud fraction and cloud
water path result in changes of longwave heating rate as well
(Figures 9c and 9h).
[28] Table 1 shows the differences between EXP2 and

EXP1 for several global annual mean physical quantities.
BC in cloud droplets causes an increase in the cloud optical

Figure 10. Annual mean distributions of simulated differences in (a) surface temperature (unit: K), (b)
surface net radiation flux (unit: Wm�2), (c) column water vapor (unit: g kg�1), and (d) surface pressure
(unit: Pa) between EXP2 and EXP1. The dots represent significance at ≥95% confidence level from the t-test.

Table 1. Global Annual Mean Difference for Several Physical
Quantities Between EXP2 and EXP1

Parameter EXP1
Difference

(EXP2-EXP1)

Surface temperature (K) 287.7 0.08*
550 nm column cloud optical depth 42.6 0.045
550 nm column cloud
absorption optical depth

0.0003 0.0017*

Total cloud fraction 3.4 �0.004
Column cloud water path (gm�2) 137.5 0.18*
Total water vapor (g kg�1) 61.7 0.18*
Surface latent heat flux (Wm�2) 77.5 0.1
Precipitation (mmday�1) 2.7 0.003
Net solar radiation flux at
TOA (Wm�2)

230.3 0.21*

*Represents significance at ≥95% confidence level from the t-test. The
column cloud optical depth and absorption optical depth, column cloud
water path, total cloud fraction, and total water vapor are defined as the sum
of the global mean results from each individual model layer, respectively.
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depth and absorption optical depth at 550 nm by 0.045 and
0.0017, respectively. Additionally, BC in cloud droplets
causes a 0.4% decrease of cloud fraction, and an increase
of 0.08K in surface temperature. The local maximum
changes in the annual mean surface temperature exceed
�1.5K and +0.6K in NH and Southern Hemispheres
(SH), respectively (Figure 10a). The changes in surface
temperature mainly occur in the mid and high latitudes of
both the NH and SH. It is seen from Figure 10b that the
net radiative flux at the surface is lower in most of the mid
and high latitudes of NH, especially in the northern Pacific
and Atlantic, central Eurasia, Western Europe and western
North America. This can lead to the decrease of surface
temperature. The surface cooling in the NH causes less surface
water evaporation and weakens the water-holding capacity of
the air (Figure 10c). This kind of positive feedback effect
further cools the atmosphere. Over most ocean areas in the
mid latitudes of SH, the increase of surface net radiative flux
is also consistent with the increase of surface temperature.
This enhances the surface evaporation and the water-holding
capacity of air in these areas (Figure 10c).
[29] The changes in surface temperature can also be

interpreted from the vertical changes in cloud fraction shown
in Figure 11a. In the NH, the effect of BC in cloud droplets
results in an increase in low cloud fraction and a decrease in
mid and high cloud fractions. The increase of low cloud
fraction can cause more solar reflection, and the decrease
of mid and high cloud fractions can cause more outgoing
longwave radiation. Both effects can cool the surface

temperature. In the SH, the change of cloud fraction is
generally opposite to that of the NH, especially for the mid
and high clouds. This could cause an increase in surface
temperature. Jacobson [2006] also indicated that the
increases of surface temperature in the SH are possibly due
to the long-distance transport of BC and local feedback of
clouds to large-scale meteorology. A response to changed
atmospheric circulation may be the primary cause that leads
to these changes in mid-to-high latitudes of SH.
[30] Figure 11 also shows the simulated annual mean differ-

ences in zonally averaged temperature and relative humidity
between EXP2 and EXP1. In the NH, the decrease of the net
radiation flux at the surface (Figure 11a) results in the decrease
of surface temperature, which leads to less water vapor in the
atmosphere due to weaker surface evaporation. This causes a
decrease of tropospheric temperature since water vapor has
strong greenhouse effect. It is shown in Figure 11b that the
local zonally averaged near-surface temperature is reduced
by 0.2K near 60�N. However, the temperature is increased
in other latitudes of the troposphere. The changes of tropo-
spheric relative humidity are not always consistent with
changes of temperature, but they are largely consistent with
changes of cloud fraction (Figures 11a and 11c). The relative
humidity is mainly decreased in the middle troposphere
between 0�–60�N. This is probably due to a significant de-
crease of water vapor. It is increased in the most other regions.
[31] The local temperature changes cannot necessarily be

explained by the local processes, but can be strongly
influenced by the changes in heat transport. In Figure 10d,

Figure 11. Simulated annual mean differences in zonally averaged (a) cloud fraction (%), (b) tempera-
ture (unit: K), and (c) relative humidity (unit: %) between EXP2 and EXP1. The vertical coordinate is
pressure (unit: hPa). The dots represent significance at ≥95% confidence level from the t-test.
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it is shown that BC in cloud droplets causes a decrease in
surface pressure in northern USA, Western Europe and
eastern Russia, but an increase in the North Pacific,
Northwest Atlantic, and western Russia. This leads to the
cold advections in northwestern USA, North Atlantic, and
central Russia (Figure 12b), and pronounced cold anomalies
in surface temperature in those regions (Figure 10a). There
are also regions of positive temperature anomalies caused
by warm advection due to changes in surface pressure at
the high latitudes of NH (Figures 10a and 12b). Likewise,
the change in the pressure gradient suggests a southward
shift of the southern storm track in the SH. The warm anom-
alies at the high latitudes of SH (~60�S) are more likely the
result of heat transport by baroclinic eddies penetrating
further south. The changes of meridional circulation also
show the southward moving of cold or warm air (Figure 12).
The clockwise circulations appearing in the mid and high
latitudes of NH can cause the ascending motion developed
between 40�N and 60�N and the descending motion in
Arctic, which leads to an increase of southward transport
of cold air in the lower troposphere. A similar circulation
occurs in the mid and high latitudes of SH, which leads to
an increase of southward transport of warm anomalies.
Figure 13 shows the zonally averaged change in total atmo-
spheric heat transport due to BC inclusions in cloud droplets.
It is seen that BC in cloud droplets induces an increase of
total heat transport significantly from the tropics to the high
latitudes of SH and a decrease of total heat transport to the
extratropics of NH. The changes of heat transport result in
a warming effect in the SH and a cooling effect in the NH.
Furthermore, the warming/cooling effect can have feedback
on surface temperature.
[32] In summary, the presence of BC in cloud droplets

leads to more absorption of solar radiation by cloud, which
directly affects the vertical distributions of cloud and water
vapor. Thus, the net radiation flux arriving at surface is
influenced, as the net radiation at surface is decreased signif-
icantly in the northern Pacific and Atlantic, central Eurasia,
and western North America. This leads to a change in sur-
face temperature in those regions. The changes in

thermodynamics can have an influence on atmospheric circu-
lation and heat transport. The result of heat transport helps to
understand the warming/cooling effect in the SH/NH.
[33] Figure 14 shows the simulated annual mean differences

of precipitation between EXP2 and EXP1. The precipitation
decreases in most tropical regions of NH, while it mainly
increases in the tropical areas of SH. The largest change of pre-
cipitation appears in the tropical Pacific and Indian Oceans,
with a maximum increase (decrease) up to �0.4mmday�1

(Figure 14a). It is noted that the change of the annual mean
surface temperature is +0.19K in the SH and �0.04K in the
NH. This interhemispheric asymmetry in surface temperature
change can significantly affect the atmospheric dynamics.
Thus, the northern trade winds are enhanced in the Intertropi-
cal Convergence Zone (ITCZ), and the northerly surface wind
anomalies cross the equator to converge with the enhanced
southern trade winds in the tropics of SH (Figure 12b). There-
fore, the enhancing (weakening) of the vertical ascending
motion and precipitation appears on the south (north) side of

Figure 12. Simulated annual mean differences in (a) zonally averaged vertical velocity (unit:�10�3Pa s�1)
and (b) global wind field at 850 hPa (unit: m s�1) between EXP2 and EXP1. The vertical coordinate in left
panel is pressure (unit: hPa). The dots represent significance at ≥95% confidence level from the t-test.

Figure 13. Simulated annual mean difference in zonally
averaged total atmospheric heat transport between EXP2
and EXP1 (unit: Km s�1). The dots represent significance
at ≥95% confidence level from the t-test.
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equator (Figure 12a). This possibly induces a southward shift
in the tropical rainfall maximum related to the ITCZ. This is
consistent with the hypothesis that the ITCZ should move
toward the relatively warmer hemisphere in response to
surface temperature changes [Broccoli et al., 2006]. It is worth
noting that the enhanced SH warming and southward shift of
the ITCZ in these simulations are opposite of what has actually
occurred during recent decades.

4. Conclusions

[34] The purpose of this work is to study the radiative forcing
and climate impact due to the changes of cloud optical proper-
ties by BC in cloud droplets. In contrast to previous works on
this topic, our study is based on the accurate calculation of
cloud optical properties from the MGmixing rule and Mie the-
ory. The obtained cloud optical properties are then applied to
an interactive system coupling, a GCM with an aerosol model.
We are then able to investigate the radiative forcing and the
equilibrium climate response due to BC in cloud droplets.
[35] The presence of BC in cloud droplets leads to a positive

radiative forcing at TOA. The simulated global annual mean
forcing at TOA is 0.086Wm�2. The local radiative forcing
can be much larger. The forcing exceeds 0.2Wm�2 in most
regions of East Asia, South Asia, West Europe, and eastern
North America, especially in South America and Africa where
the maximum forcing reaches 1.5Wm�2. The downward
solar radiation flux at the surface inevitably decreases due to
the increase of cloud absorption, thereby leading to the nega-
tive forcing at the surface.
[36] The increase in solar absorption when BC is present

in cloud droplets causes an increase in solar heating rate
and temperature in troposphere. The largest increase in
global annual mean atmospheric temperature of approximate
0.1K appears in the mid troposphere. The global mean
surface temperature is increased by 0.08K. The increase in
temperature causes a higher surface evaporation, a larger
water-holding capacity of the air, and a lower cloud fraction.
All of these cause the further warming of the atmosphere.
This process produces a positive feedback mechanism.
[37] The changes in annual mean surface temperature, due

to BC in cloud droplets, mainly occur in the mid and high
latitudes of both Hemispheres. In the NH, this effect results

in an increase of low cloud fraction and a decrease of mid
and high cloud fractions. The increase in low cloud causes
more solar reflection, and the decrease in mid and high cloud
fractions causes more outgoing longwave radiation. Both
can cool the surface temperature. The surface cooling in
the NH causes less surface water evaporation and weakens
the water-holding capacity of the air in these areas. This kind
of positive feedback further cools the atmosphere. In the SH,
the change of cloud fraction is generally opposite to that of
the NH, especially for the mid and high clouds, which could
cause the increase of surface temperature.
[38] From the perspective of heat transport, it is found that

BC in cloud droplets induces an increase of heat transport
from the tropics to the high latitudes of SH and a decrease
from the equator to the extratropics of NH. This leads a
warming effect in the SH and a cooling effect in the NH.
[39] There are significant changes of surface temperature in

the SH and NH (+0.19K and �0.04K, respectively). The
interhemispheric asymmetry in surface temperature changes
causes significant changes in atmospheric dynamics and
precipitation. In the ITCZ, the northern trade winds are strength-
ened, and the northerly surface wind anomalies cross the
equator and converge with the enhanced southern trade winds
in the tropics of SH. This results in an increase (a decrease) of
vertical ascending motion and precipitation on the south
(north) side of equator. This can possibly induce a southward
shift in the tropical rainfall maximum related to the ITCZ.
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气候信息交互显示与分析平台（犆犐犘犃犛）设计与实现

吴焕萍　张永强　孙家民　邵鹏程
（国家气候中心 中国气象局气候研究开放实验室，北京１０００８１）

摘　　要

气候信息交互显示与分析平台（ＣＩＰＡＳ）设计为面向气候监测、诊断、预测等基础业务支撑系统。ＣＩＰＡＳ设计

了面向气候业务应用的集约化基础数据环境，内容涵盖全时间序列的地面常规观测、指数资料、再分析资料以及数

值预报产品等，并提供基于要素、层次、时间、范围、种类等查询参数的统一、简单的访问接口（ＡＰＩ）；ＣＩＰＡＳ设计采

用多层次分布式架构并形成轻量级客户端，而客户端则采用组件化和插件化设计方法，涵盖数据、图形、分析处理、

版面制图、配置管理等核心组件，形成可扩展和组装的基础业务功能模块及二次开发接口，并以工具箱的形式提供

各种气候业务分析能力，如ＥＯＦ，ＳＶＤ等诊断分析工具。该文重点对ＣＩＰＡＳ的建设原则、总体框架、主要功能、运

行流程等设计进行详细介绍，并对平台实现所涉及的若干关键技术问题进行深入分析。ＣＩＰＡＳ初步具备了气候资

料综合检索、多维显示、统计诊断分析产品生成等综合业务功能，其建设成果在国家级和试点省份的试用显示其较

好的业务应用能力与发展前景。

关键词：气候监测预测；人机交互；数据管理

引　言

国家气候中心作为国家级业务单位，承担着国

家级气候、气候变化业务和对省级气候业务部门工

作指导责任，经过多年发展已逐步建成了集气候系

统监测、气候诊断、气候预测、气候影响评估和气候

变化研究为一体的业务科研支撑体系。但随着现代

气候业务的不断发展，这种以现代气象资料综合应

用和气候综合信息分析处理为技术支撑的发展思

路，表现出了基础信息平台支撑能力严重不足。

从国家级业务系统建设与应用来看，尽管不同

规模和数量、种类的业务系统也在不断发展，但由于

缺乏良好的顶层设计、配套的信息化标准与规范以

及持续性发展，多年来一直未能形成面向气候监测

预测等全国性基础业务的应用支撑平台。从国内外

天气领域业务系统发展模式来看，美国ＡＷＩＰＳ、德

国ＮｉｎＪｏ、欧洲中心 ＭｅｔＶｉｅｗ／Ｍａｇｉｃｓ＋＋、法国

Ｓｙｎｅｒｇｉｅ、挪威Ｄｉａｎａ以及中国 ＭＩＣＡＰＳ等
［１３］，均

坚持了基础性平台不断持续发展版本升级的长期发

展思路，并朝着集约化、自动化、专业化、规范化、流

程化、标准化、开放性等方向不断改进。气候业务虽

然属于典型的科研型业务，但天气领域的业务系统

发展思路仍值得借鉴。同时也关注到国外的一些较

为成熟的气候业务和科研系统，如美国大气海洋局

ＮＯＡＡ地球系统实验室（ＥＳＲＬ）开发的在线气候分

析系统（ＰＳＤＩｎｔｅｒａｃｔｉｖｅＰｌｏｔｔｉｎｇａｎｄＡｎａｌｙｓｉｓＰａ

ｇｅｓ）
［４］，美国国际气候研究院ＩＲＩ的ＣＰＴ（Ｃｌｉｍａｔｅ

ＰｒｅｄｉｃｔａｂｉｌｉｔｙＴｏｏｌ）
［５］，美国能源部科学办公室资助

下的气候模式诊断和分析小组的ＣＤＡＴ （Ｃｌｉｍａｔｅ

ＤａｔａＡｎａｌｙｓｉｓＴｏｏｌｓ）
［６］，以及日本东京气候中心

ＴＣＣ的ＩＴＡＣＳ（ＩｎｔｅｒａｃｔｉｖｅＴｏｏｌｆｏｒＡｎａｌｙｓｉｓｏｆ

ＣｌｉｍａｔｅＳｙｓｔｅｍ）
［７］，无论是系统框架、功能还是技

术发展方向这些系统均值得借鉴。

国家气候中心于２０１０年底启动了面向气候监

测、诊断、预测等基本业务的气候信息交互显示与分

析平台（ＣｌｉｍａｔｅＩｎｔｅｒａｃｔｉｖｅＰｌｏｔｔｉｎｇａｎｄＡｎａｌｙｓｉｓ

Ｓｙｓｔｅｍ，ＣＩＰＡＳ）的建设
［８］，并立足于全国现代气候业

２０１２１０１９收到，２０１３０５０６收到再改稿。

资助项目：国家科技支撑计划项目（２００９ＢＡＣ５１Ｂ０５）
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务基础业务需求［９１２］，着力实现软件设计通用化、数

据共享集约标准化、系统结构网络化、交互工具人性

化等基础目标。本文对ＣＩＰＡＳ的建设原则、总体框

架、主要功能、运行流程进行详细介绍，同时对平台

实现所涉及的若干关键技术问题进行深入分析，最

后也给出应用案例和未来发展方向。

１　总体框架及主要功能

１．１　设计思路

ＣＩＰＡＳ是集气候监测、诊断、预测等功能于一

体的基础业务平台，属于功能较为齐全、应用较为复

杂、用户范围较为广泛的综合应用系统，并将通过不

断的滚动发展逐步满足全国气候业务部门的气候资

料综合检索、多维显示、统计诊断分析、产品生成、信

息标准化，并兼顾系统运行维护、平台定制和二次开

发等多类用户的多层次需求。ＣＩＰＡＳ的建设与规

划将遵循总体设计、分步实施，统一环境、规范业务，

技术先进、安全可靠的基本设计思路。

总体设计，分步实施。ＣＩＰＡＳ进行全面统筹规

划，做好顶层设计，进而分步骤实施。优先考虑系统

架构的合理设计，在此基础上逐步进行各功能组件

及系统接口的深化设计，使组件之间实现高内聚、低

耦合，力求形成为一个布局合理、功能完备、能力均

衡、分工明确的平台。

统一环境，规范业务。ＣＩＰＡＳ应用的核心思想

是“统一”，包括统一业务标准、数据环境、软件架构、

技术实现、软硬件环境等，进一步规范气候业务操作

与流程，实现国家级、省级两级灵活部署和分布式应

用的气候综合业务平台。

技术先进，安全可靠。ＣＩＰＡＳ建设充分借鉴信

息技术发展前沿，综合运了数据库、三维可视化、地

理信息系统（ＧＩＳ）、分布式计算等多项信息技

术［１３１６］，并遵循稳定性（７×２４ｈ运行稳定）、可扩展

性（功能、数据、可视化、用户界面等）、可配置性、跨

平台性（跨操作系统和硬件环境等能力）、标准性和

规范性等设计原则。

１．２　总体框架

面向气候监测、诊断、预测等基本业务需求，采

用自顶向下、分层设计、逐步求精的设计思路，将

ＣＩＰＡＳ功能设计划分为面向数据库及应用服务器、

业务应用服务器、窗口程序三大实体组件，如图１所

示，它是一种典型的多层体系结构。

　　表现层是平台面向用户的人机交互部分，其主

要表现形式为客户端窗口界面程序（ＧＵＩ），覆盖了

面向用户的所有功能，业务用户可以通过客户端窗

图１　ＣＩＰＡＳ总体框架图

Ｆｉｇ．１　ＦｒａｍｅｗｏｒｋｏｆＣＩＰＡＳ
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口程序与平台进行交互式操作，实现监测预测业务

功能。

应用层是平台的中间层，由气候业务相关组件

组成，包括监测、预测、诊断分析算法、数据访问、可

视化、输出等基础组件，以及数据访问、自动执行引

擎、流程定制、任务调度等面向产品自动生成的扩展

组件。应用层除了完成需要后台自动分析处理的应

用并负责与数据层接口访问外，还接受来自于表现

层窗口程序的调用，如一些在线气候诊断分析功能

的具体实现。

数据层是平台的数据库、文件系统及相应管理

系统，有利于数据的安全访问和屏蔽数据源不同对

业务逻辑层的影响。数据层主要存储多类基础数

据，如观测资料、指数资料、模式资料、预报预测资料

等，同时包括了这些数据的采集、处理、入库、分发等

等基本功能。

　　标准规范主要包括了形成ＣＩＰＡＳ信息化要求

的统一的气候数据、存储、交换、应用、产品和管理等

各方面的标准和规范；技术体系包括了系统建设实

施中所需要遵循和应用的一系列软、硬件支持环境。

１．３　主要功能

结合ＣＩＰＡＳ提出的总体框架，并满足气候资料

综合检索、多维显示、统计诊断分析、产品生成等业

务需求，其系统的主要功能设计如图２所示，客户端

主界面见图３。

　　数据支持：ＣＩＰＡＳ设计支持多种数据格式。支

持 ＮｅｔＣＤＦ，ＨＤＦ，ＧＲＩＢ１／２，ＣＴＬ 二 进 制

（ＧＲＡＤＳ）等多维数据模型存储的气候数据，如

ＮＣＥＰ再分析资料通常采用 ＮｅｔＣＤＦ格式，而国内

的Ｔ６３９等模式资料采用ＧＲＩＢ格式；ＣＩＰＡＳ兼容

ＭＩＣＡＰＳ多类文件格式，如地面、高空填图、观测

站、格点、预报员交互等数据，以最大化接入 ＭＩ

ＣＡＰＳ数据服务器中大量的资料；此外，ＣＩＰＡＳ对

地理信息如Ｓｈａｐｅｆｉｌｅ矢量、ＧｅｏＴｉｆｆ影像等格式得

到了较好支持，以实现精细化的地理信息接入。

地图管理：地图管理支持地图缩小、地图放大、

地图漫游、地图全屏、投影变换、空间显示范围设置、

地图背景设置等操作，图层管理支持图层新建、移

动、删除、叠加、空间显示范围设置等操作，上述功能

实现了各种气候信息与基础地理信息等无缝高效集

成精细化显示与管理。此外，ＣＩＰＡＳ设计还支持了

多窗口及联动显示，以方便预报员进行多种资料的

对比显示与分析。

综合显示：ＣＩＰＡＳ设计充分考虑了气候业务产

品显示要求，还充分兼容了 ＭＩＣＡＰＳ显示方式。主

要显示类型包括地面填图、高空填图、站点图、等值

线图、色斑图、格点图、风场图、流场图、剖面图、曲线

图等。其中，曲线实现支持ＣＩＰＡＳ数据库文件以及

本地文件的显示并提供历年值、多年滑动、平均值、

图２　ＣＩＰＡＳ主要功能示意图

Ｆｉｇ．２　ＭａｉｎｆｅａｔｕｒｅｓｏｆＣＩＰＡＳ
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图３　ＣＩＰＡＳ客户端主界面示意图

Ｆｉｇ．３　ＭａｉｎｕｓｅｒｉｎｔｅｒｆａｃｅｏｆＣＩＰＡＳｃｌｉｅｎｔ

距平值等多种信息显示。此外，ＣＩＰＡＳ还支持类

ＧＩＳ方式的专题图显示，如按唯一、分类等显示、文

字标注等操作，以最大化地提高气候业务产品的可

视化水平。

资料检索：客户端支持用户通过快速定制

ＣＩＰＡＳ数据环境和 ＭＩＣＡＰＳ服务器中的数据文件

来实现各类资料的快速浏览，定制资料可以通过综

合显示功能提供给用户可视化查看分析。

编辑与订正工具：支持通用的等值线、线条、文

字、落区（封闭多边形）绘制，支持常用天气气候现象

符号绘制，支持气候常用灾害现象绘制，同时支持修

改、移动、删除、后退撤消、前进重做等操作，为主观

气候要素预报产品交互式制作、订正提供了良好的

用户界面。

分析工具箱：设计面向气候监测、诊断、预测等

业务需求人基本数学计算、统计诊断分析、预测分析

功能，并形成可分类管理的工具箱，属于ＣＩＰＡＳ分

析应用的核心功能。目前设计的主要工具有合成分

析、ＥＯＦ分析、ＳＶＤ分析、回归分析、相关分析、剖

面分析、曲线分析、狋检验、犝 检验、累加计算、距平

计算、平均值计算、滑动平均计算、极值计算等。针

对一些重要的分析工具直接支持了用户选择数据源

（如站点资料、再分析资料、数值预报产品、指数资料

等）、空间区域、时间尺度等，并在服务器端运算后再

返回分析结果至ＣＩＰＡＳ客户端并进行合理的可视

化。此外，工具箱中还提供了面向气温、降水要素预

报落区反演至站点等专用分析工具。工具箱设计具

有添加、删除、分类管理等功能并支持用户自己定义

开发工具的扩展。用户通过一系列已有的工具以及

扩展能力，可以快速形成面向特定的业务功能甚至

业务流程，以满足气候诊断与预测业务的动态需求。

产品加工与输出：通过制图窗口实现交互式气

候图形产品的制作与输出能力，支持页面设置、图例

设置、标题设置、图片导入、模板管理（保存、导入）、

比例尺设置、几何图形添加、图形布局（排列、顺序）；

支持多种图片输出格式（ＰＤＦ，ＰＮＧ，ＪＰＧ，ＢＭＰ，

ＴＩＦＦ等），支持所见即所得的直接打印输出。

产品自动生成定制：ＣＩＰＡＳ设计实现面向监

测、诊断、预测日常产品的定制作业流程与自动生

成。包括气候业务算法和通用算法管理、产品自动

加工流程作业装载和实现等功能，同时还提供图形

模板管理功能。后台加工可以根据业务人员定制的

产品加工作业计划，以批处理方式自动执行作业任

务。

气候数据管理：实现ＣＩＰＡＳ气候应用数据库、

文件库的综合管理。数据管理主要包括从数据接口
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实时采集获取原始数据，进行相应处理后再进入气

候应用数据库，同时相应处理流程上的监控与日志

等信息。此外，还提供数据库备份和恢复、分发等辅

助功能。

应用扩展与配置：ＣＩＰＡＳ设计提供应用扩展、

界面定制和二次开发功能。界面定制提供可视化的

界面，为用户提供用户菜单、工具栏、启动界面、应用

程序名称、ＬＯＧＯ等定制工具和系统功能级别的定

制功能，配置参数的保存以及支持不同用户的配置

功能项；ＣＩＰＡＳ窗口程序提供Ｃ＋＋和Ｐｙｔｈｏｎ等

程序语言二次开发接口和扩展（数据组件、显示组

件、制图组件、分析组件等核心接口）等高级应用，以

实现省级业务单位的本地化应用需求。

１．４　部署与运行流程

ＣＩＰＡＳ国家级与省级的部署和运行流程如图４

所示。ＣＩＰＡＳ采用分布式构架部署，其客户端部署

在用户业务高性能ＰＣ机上或者图形工作站上，而

产品自动生成及应用处理等服务器端应用等部署在

刀片服务器上（或者ＰＣ服务器），数据环境部署在相

应的数据服务器上，而国家级和省级部署方案一致。

图４　ＣＩＰＡＳ部署与运行流程示意图

Ｆｉｇ．４　ＣＩＰＡＳｄｅｐｌｏｙｍｅｎｔａｎｄｗｏｒｋｆｌｏｗ

　　为了省级数据环境接入的简单快捷性、数据的

统一性，ＣＩＰＡＳ将国家级数据环境中处理后的资料

（最小时次为日）利用中国气象宽带网（ＣＭＡＮＥＴ）

通路实时分发至ＣＩＰＡＳ省级数据环境中，以实现数

据同步更新。若ＣＭＡＮＥＴ允许，省级ＣＩＰＡＳ客

户端也可以连接国家级的ＣＩＰＡＳ服务器，直接调用

国家级ＣＩＰＡＳ应用服务器及数据资源，如实现在线

气候诊断分析并获取分析后的相应数据（如图４虚

线部分所示）。

２　关键技术

２．１　数据管理与存储

ＣＩＰＡＳ较好地设计支持了文件系统，即通过打

开本地文件读入多种天气气候数据格式，实现气候

信息有效接入。此外，针对气候业务长时间序列资

料等应用需求，ＣＩＰＡＳ还设计了面向其基础应用的

专题数据库。

数据库中主要包括全时间序列的地面常规观测

资料、指数资料、再分析资料以及数值预报产品，主

要分为站点和格点类型。关系型数据库能够对站点

等类型的数据进行存储与管理，还可以通过数据库

分区、索引、视图等方面进行优化，直接面向应用。

但对于格点类型的数据，目前由于数据库不能支持

这种非结构化数据，通常是采用关系型数据库存储

其主要元数据信息，而真正的数据文件则通过文件

系统进行存储。由于格点资料来源的格式差异性

（如ＮｅｔＣＤＦ，ＧＲＩＢ等），为了进一步增强访问效率，

ＣＩＰＡＳ引入了格点库的概念，即将不同格式、不同

时效、不同层次、不同要素、不同种类的数据源进行

统一转换为中间二进制格式。为了简化客户端应用

的复杂度，ＣＩＰＡＳ对站点、格点等数据的访问封装

成统一的ＡＰＩ接口，接口主要包括了要素、层次、时

间、范围、种类等参数。

５３６　第５期　　 　 　　　　　　　　吴焕萍等：气候信息交互显示与分析平台（ＣＩＰＡＳ）设计与实现　　　　　　　　　　　

296



为了进一步规范ＣＩＰＡＳ数据和产品的对外共

享与交换，制定了ＣＩＰＡＳ交换格式标准，包括了站

点格式、格点格式、指数格式以及人机交互格式，并

在平台中实现。交换格式包括了元数据信息和数据

项两部分内容，其元数据信息部分设计包括时间、空

间、投影、数据单位、数据质量等方面，而数据项设计

遵循了数据表达的简洁性、可读性、交换性、传输性

等原则，并充分考虑数据的时间、空间特性及表达形

式等，以实现数据高效存储与交换目的。

２．２　图形引擎及核心算法

ＣＩＰＡＳ图形显示的设计考虑到了未来二维、三

维一体化发展趋势，因此直接采用了三维可视化显

示引擎技术，主要采用了 ＯｐｅｎＧＬ（ＯｐｅｎＧｒａｐｈｉｃｓ

Ｌｉｂｒａｒｙ）图形库。ＯｐｅｎＧＬ较好地支持了二维、三

维图形图像并具有较高的显示与加速性能。系统二

维显示的基础上可以快速扩展至三维显示，从而达

到气候信息二维、三维一体化显示。

ＣＩＰＡＳ在ＯｐｅｎＧＬ的基础上进行了有效封装，

如封装了显示地理信息通用数据结构（点、线、多边

形线、栅格等）的显示图元，封装了显示气候信息的

专用数据结构，如等值线、色斑图、流场图、风羽图、

高空地面填图等，封装了显示图元颜色、样式、透明

度、纹理贴图等辅助功能。这些图元采用树形结构

的管理方式增强效率，并通过图形引擎提供一组相

对稳定的接口供外部调用。

ＣＩＰＡＳ技术实现上的图形引擎部分涉及的多

种核心图形图像算法均需要高效实现，如图形裁减、

线条光滑、区域填充、投影变换、空间插值方法等，限

于篇幅本文不再赘述。

２．３　产品自动生成方法

ＣＩＰＡＳ客户端可以较好地满足业务人员人机

交互式显示与分析的业务需求，但面向一些常规的

气候监测产品，用户总是希望能自动、定时生成并快

速调阅。因此，ＣＩＰＡＳ设计时充分考虑了此项需

求，引入工作流、可视化建模、任务调度等信息技术

来实现产品的定制批处理生成流程，并期望不断发

展，突破传统的采用脚本的方式（如 ＮＣＬ
［１７］和

ＧＲＡＤＳ
［１８］）来定义产品生成。

可视化建模的实现，首先将ＣＩＰＡＳ的核心功能

组件化，然后采用ＧＵＩ方式提供若干工具（Ｔｏｏｌ），

供用户将这些工具组合形成加工流程的连接工具，

允许用户指定输入、输出参数以及必要产品显示模

板等，这样用户就可以将这些工具组合起来实现某

一类产品的加工作业（Ｔａｓｋ）流程，如典型的产品生

成流程读取数据、插值分析、显示、图片生成。任务

调度的实现，需要完成作业流程的定时启动，合理调

度并充分利用多服务器资源，支持多任务并发执行

等策略，加快产品生成处理速度。此外，作业流程中

的工具运行时需要识别和保存当前的运行状态等信

息，并采用日志方式输出供监控功能调用，避免后台

作业等待人为干预而停止。

２．４　分布式通讯与异步机制

ＣＩＰＡＳ设计要求实现采用分布式部署，即可以

将算法复杂、消耗系统资源较大的分析组件部署在

服务器端，ＣＩＰＡＳ客户端可以通过数据通信发送分

析任务请求到服务器端，由服务器端根据请求从数

据基础环境获取数据、调用算法进行统计分析处理，

将分析结果通过数据通信返回给发送请求的客户端

（如分析工具箱中的在线诊断分析）。

ＣＩＰＡＳ采用远程过程调用协议（ＲＰＣ）来实现

服务器端和客户端的通讯，主要利用了数据通信

ＩＣＥ（ＩｎｔｅｒｎｅｔＣｏｍｍｕｎｉｃａｔｉｏｎｓＥｎｇｉｎｅ）开源中间件

来实现。ＩＣＥ可以为构建面向对象的客户服务器

应用提供工具、ＡＰＩ和库支持，并具有在异种环境

中使用的特性。在实现ＣＩＰＡＳ客户端提供的在线

诊断分析等时，对ＩＣＥ两端定义了具体的传输内容

（如数据、显示参数等）和格式来确保高效通讯。

ＣＩＰＡＳ平台具有典型的人机交互行为，为了进

一步提高界面的响应速度，给用户更好的交互体验，

使用了多线程技术。界面为交互线程，用来处理用

户的交互请求，而逻辑处理线程用来处理用户的处

理逻辑。当后台处理较慢时则不影响界面响应速

度，从而实现异步机制。

２．５　跨平台实现方法

ＣＩＰＡＳ是典型的以图形图像可视化为核心的

应用程序，要求较高的效率和响应速度，并要求跨操

作系统运行，因此在软件开发语言、开发工具以及所

使用的开源中间件上都做了较高的要求。

ＣＩＰＡＳ窗口程序采用了Ｃ／Ｃ＋＋开发语言及

编译后运行，Ｃ／Ｃ＋＋语言支持ＯＯＰ特性，可以提

高软件的重用性、灵活性和扩展性及跨平台开发与

运行；而ＣＩＰＡＳ应用服务器端则主要采用了ＪＡＶＡ

语言，天生具有跨平台特性；ＣＩＰＡＳ客户端采用Ｑｔ

开发平台，它是诺基亚跨平台的Ｃ＋＋图形用户界

面应用程序框架，提供了高质量的图形用户界面功

能。Ｑｔ的完全面向对象、扩展性允许真正地组件式
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编程；图形引擎采用了ＯｐｅｎＧＬ，它定义了一个跨平

台的图形图像编程接口，实现了与硬件无关的特性；

分布通讯采用ＩＣＥ，它作为一种面向对象的开源中

间件，也适合于异种环境中使用，其源码均可移植。

因此，ＣＩＰＡＳ通过将部分代码进行再次编译，

就可以做到不同版本在不同的操作系统环境中运

行，如 Ｗｉｎｄｏｗｓ，Ｕｎｉｘ，Ｌｉｎｕｘ，ＭａｃＯＳ，ＯＳ／２，甚

至嵌入式操作系统，具有很好的移植性。

２．６　开发接口、工具箱插件机制

ＣＩＰＡＳ在保证基础平台特性的同时，还应具有

扩展专业性应用版本的能力，这就要求提供二次开

发接口和工具箱的插件机制。工具箱是ＣＩＰＡＳ的

核心功能之一，它为气候监测、诊断以及预测提供了

基础的分析工具，这些分析工具并具有不断完善与

发展的业务需求，因此工具箱的动态添加、更新、分

类等管理以及插件机制的实现显得尤为重要。为了

满足上述需求，ＣＩＰＡＳ本质上全部采用了面向对象

的组件化设计思路，组件除了内部调用外，并将其封

装好接口提供给外部开发和扩展用户调用。

ＣＩＰＡＳ组件设计充分运用设计模式技术，其组

件粒度设计合理划分，实现组件高内聚、轻耦合，其

涵盖了数据、图形、分析处理、版面制图、配置管理等

核心组件，并将一步开放更小粒度的组件，对支持更

加复杂的二次开发应用、客户端功能、分析工具箱扩

展。ＣＩＰＡＳ直接提供核心Ｃ＋＋组件供外部用户

直接做组件二次开发扩展，如采用 Ｑｔ插件宏来实

现插件的开发，以省去插件开发中的定义插件接口、

加载插件、导出插件函数等。此外，ＣＩＰＡＳ设计还

可以提供用户通过ＰｙＱｔ（ＰｙＱｔ是一个创建 ＧＵＩ

应用程序的工具包，为Ｐｙｔｈｏｎ语言和 Ｑｔ库的融

合）环境下采用Ｐｙｔｈｏｎ脚本语言作为快速开发工

具，使用户插件编写简单化。

３　ＣＩＰＡＳ初步应用

２０１１年ＣＩＰＡＳ已完成核心框架、主要功能和

相应数据环境建设，并初具规模。ＣＩＰＡＳ遵循了边

研发边应用的模式，２０１１年底以来建设成果已经在

国家级业务单位和５个试点省份投入了试用，２０１２

年开展了全国试用，在业务应用中发挥了重要作用。

３．１　气候诊断分析应用

气候诊断分析方面，ＣＩＰＡＳ首次集约化的提供

了基于多种数据源、多时间尺度的合成分析、ＥＯＦ、

相关分析、ＳＶＤ、剖面与曲线分析等通用工具箱，初

步形成了面向基础气候业务的监测诊断能力。

如预报员利用首先利用系统提供的曲线分析工

具对各种资料进行时间系列分析后形成指数并保存

为磁盘文件，然后在相关分析工具中通过自定义上

传指数功能将其上传至服务器，最后采用该指数与

其他与在线资料进行相关分析，图５给出了中国区

域气温与环流场位势高度的相关分析结果。

图５　气候诊断分析应用示意

（ａ）曲线分析，（ｂ）相关分析，（ｃ）相关分析结果

Ｆｉｇ．５　Ｃｌｉｍａｔｅｄｉａｇｎｏｓｉｓａｐｐｌｉｃａｔｉｏｏｎ

（ａ）ｃｕｒｖｅａｎａｌｙｓｉｓ，（ｂ）ｃｏｒｒｅｌａｔｉｏｎａｎａｌｙｓｉｓ，（ｃ）ｃｏｒｒｅｌａｔｉｏｎａｎａｌｙｓｉｓｒｅｓｕｌｔ

７３６　第５期　　 　 　　　　　　　　吴焕萍等：气候信息交互显示与分析平台（ＣＩＰＡＳ）设计与实现　　　　　　　　　　　

298



续图５

３．２　要素预报应用

结合工具箱中的多类工具，在气温、降水等要素

预报方面，业务人员可以通过ＣＩＰＡＳ提供的集约化

的人机交互落区绘制、站点反演、产品制作、出图等

一系列工具，完成气候资料调阅、降水、气温等月、季

甚至滚动时间尺度的距平预报，然后反演到基于站

点的预报，并对反演结果作进一步交互式订正（如站

点标值、显示预报值、空间定位查询后交互式订正），

最后结合模板快速形成较高质量的要素预报图形和

数据产品（ＣＩＰＡＳ格式），如图６所示，整个业务流

程清晰并较好地提高了工作效率。

图６　月降水量预报交互生成应用

（ａ）预报员绘制的降水距平百分率，（ｂ）运用预报模板后的预报图形产品

（ｃ）从落区预报反演到站点工具，（ｄ）反演结果及交互订正界面

Ｆｉｇ．６　Ｉｎｔｅｒａｃｔｉｖｅｍｏｎｔｈｌｙｐｒｅｃｉｐｉｔａｔｉｏｎｐｒｅｄｉｃｔｉｏｎ （ａ）ｐｒｅｃｉｐｉｔａｔｉｏｎａｎｏｍａｌｙｐｅｒｃｅｎｔａｇｅ，

（ｂ）ｆｉｎａｌｓｅｒｖｉｃｅｐｒｏｄｕｃｔｗｉｔｈｐｒｏｐｅｒｃａｒｔｏｇｒａｐｈｙｔｅｍｐｌａｔｅ，（ｃ）ｉｎｔｅｒｆａｃｅｏｆｒａｉｎｆａｌｌｃｏｎｖｅｒｔｉｎｇｆｒｏｍ

ｆａｌｌｉｎｇａｒｅａｔｏｓｔａｔｉｏｎ，（ｄ）ｉｎｔｅｒｆａｃｅｏｆｈｕｍａｎｃｏｍｐｕｔｅｒｉｎｔｅｒａｃｔｉｏｎｏｎｒａｉｎｆａｌｌｆｏｒｅｃａｓｔｃｏｒｒｅｃｔｉｏｎ
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４　小结与讨论

ＣＩＰＡＳ是中国气象局正在着力发展的面向现

代气候业务的基础平台，综合运用了数据库、三维可

视化、地理信息系统（ＧＩＳ）、计算机分布式等多项信

息技术，从技术实现的选型上坚持了自主创新原则，

由于不依赖于商业中间件而拥有完全自主知识产权

和核心技术，有利于项目的全国推广应用和可持续

性发展。ＣＩＰＡＳ使用了具有三维特性的显示引擎，

从而奠定了二维、三维一体化气候信息综合可视化

基础。ＣＩＰＡＳ采用了分布式软件架构，保证了服务

器与客户端资源的分布高效利用，实现了较好的负

载均衡。ＣＩＰＡＳ设计了二次开发接口，为其在数

据、显示、分析功能等方面提供了省级本地化应用扩

展能力。ＣＩＰＡＳ具备跨操作系统（平台）运行能力，

为全国气候部门复杂的软、硬件环境提供快速部署

能力。

ＣＩＰＡＳ的未来发展，将进一步完善网络化核心

框架和图形化用户界面，优化系统框架及插件机制，

规范化二次开发与本地化应用接口，提高系统的内

核性能、扩展性、稳定性以及系统显示效率，进一步

实现ＣＩＰＡＳ向软件设计组件化、数据共享集约标准

化、系统结构网络化、交互工具人性化、图形显示二

维、三维一体化、文本生成自动化、二次开发简单化、

分析工具箱丰富化、流程化方向发展，以进一步增强

气候监测诊断预测业务应用能力。
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一套格点化的中国区域逐日观测资料及

与其它资料的对比

吴　佳，高学杰
中国气象局气候研究开放实验室，北京　１０００８１

摘　要　为高分辨率气候模式检验等的需要，基于２４００余个中国地面气象台站的观测资料，通过插值建立了一套

０．２５°×０．２５°经纬度分辨率的格点化数据集（ＣＮ０５．１）．ＣＮ０５．１包括日平均和最高、最低气温，以及降水４个变量．

插值通过常用的“距平逼近”方法实现，首先将计算得到的气候平均场使用薄板样条方法进行插值，随后使用“角距

权重法”对距平场进行插值，然后将两者叠加，得到最终的数据集．将ＣＮ０５．１与ＣＮ０５、ＥＡ０５和ＡＰＨＲＯ三种日气

温和降水资料（四种资料的分析时段统一为１９６１—２００５年）进行对比，分析了它们对气候平均态和极端事件描述

上的不同，结果表明几者总体来说在中国东部观测台站密集的地方差别较小，而在台站稀疏的西部差别较大，相差

最大的是青藏高原北部至昆仑山西段等地形起伏较大而很少或没有观测台站的地方，反映了格点化数据在这些地

区的不确定性，在使用中应予以注意．

关键词　观测资料插值，日数据，气温，降水，中国
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ｗａｒｍｅｒＴＸ３ＤｏｖｅｒＣｈｉｎａ，ｗｈｉｌｅａｌｏｗｅｒＴＮ３ＤｉｎｔｈｅｅａｓｔａｎｄｇｒｅａｔｅｒＴＮ３Ｄｉｎｔｈｅｗｅｓｔａｒｅ

ｆｏｕｎｄｃｏｍｐａｒｅｄｔｏＣＮ０５．ＡｇｒｅａｔｅｒｖａｌｕｅｏｆａｎｎｕａｌｍｅａｎｐｒｅｃｉｐｉｔａｔｉｏｎｃｏｍｐａｒｅｄｔｏＥＡ０５ａｎｄ
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犓犲狔狑狅狉犱狊　Ｉｎｔｅｒｐｏｌａｔｉｏｎ，Ｄａｉｌｙｄａｔａ，Ｔｅｍｐｅｒａｔｕｒｅ，Ｐｒｅｃｉｐｉｔａｔｉｏｎ，Ｃｈｉｎａ

１　引　言

随着计算机技术的发展，气候模式的分辨率在

逐渐提高，以更好地模拟和再现当代气候及预估未

来气候的变化［１］，其中如区域气候模式在中国地区

气候变化模拟中所使用的分辨率，已达到２０～

２５ｋｍ
［２４］．此外在气候变化问题上，大家对极端事

件也越来越关注，使得发展高分辨率的格点化观测

数据的必要性逐渐增加．

目前包括有中国地区的日时间尺度观测数据，

有Ｘｉｅ等
［５］发展的０．５°×０．５°（经纬度，下同）的降

水资料ＥＡ０５，Ｘｕ等
［６］发展的０．５°×０．５°气温观测

资料ＣＮ０５，Ｙａｔａｇａｉ等
［７］所发展的０．２５°×０．２５°降

水资料ＡＰＨＲＯ，以及沈艳等
［８］、Ｃｈｅｎ等

［９］所发展

的降水数据等．这些资料在高分辨模式的模拟检验

中，得到了广泛的应用［３４，６，１０１４］．但它们普遍存在一

些问题．一方面，大部分资料的分辨率为０．５°×

０．５°，较难检验更高分辨率模式模拟所得到的空间

分布细节；另一方面，在中国范围内，数据基本都是

使用中国气象局所属的７００余个台站（国家基准气

候站和基本气象站）观测资料进行的，观测站点相对

较少（其中ＥＡ０５额外使用了黄河流域约１０００个水

文站点的资料）．

针对上述问题，本文基于中国气象局所属的

２４００余个台站的观测资料（包括上述基准站、基本

站和国家一般气象站），使用和ＣＮ０５同样的方法，

制作了一套分辨率为０．２５°×０．２５°的格点化观测数

据集ＣＮ０５．１，以满足现阶段高分辨率气候模式检

验的需要．数据集目前共包括日平均和最高、最低气

温以及降水４个变量，时段为１９６１—２００７年．本文

中我们同时将此数据集与其它格点资料进行了气候

平均态和极端事件方面的对比．

２　方法和数据介绍

气候要素由在空间上分布不规则的站点观测向

规则的格点插值，可以使用多种方法，除对各个时次

的要素场分别进行插值外，使用更多的是所谓的“距

平逼近”方法（ａｎｏｍａｌｙａｐｐｒｏａｃｈ）
［１５］，即首先进行

气候场的插值，随后进行距平场的插值，最后将两者

叠加，得到所需结果．之所以首先进行气候场的插

值，是因为一般气候要素，特别是降水等在空间分布

上具有较大的不连续性，而气候场则相对连续性较

好，对气候场首先进行插值，有利于在一定程度上减

少由于这种不连续性带来的分析误差，从而提高插

值的准确率．上文所述的ＣＮ０５、ＥＡ０５和ＡＰＨＲＯ均使

用这种方法得到，但所使用的插值方法则有所不同．

具体ＣＮ０５气温资料
［６］是参照ＣＲＵ资料

［１５１６］

的插值方法制作的，对于气候场的插值，使用了薄板样

条方法，通过ＡＮＵＳＰＬＩＮ软件实现
［１７１８］．ＡＮＵＳＰＬＩＮ

是澳大利亚国立大学基于平滑样条原理开发的一套

ＦＯＲＴＲＡＮ插值程序包，通过拟合数据序列计算并

优化薄盘平滑样条函数，最终利用样条函数进行空

间插值，它可以引入协变量子模型，如考虑气温随海

拔高度的变化，其结果可以反映气温垂直递减率的

变化、降水和海岸线之间的关系、以及水汽压随海拔

高度的变化可以反映其垂直递减率的变化等．

ＡＮＵＳＰＬＩＮ软件在地理和生态学研究等中经常被

用于产生非常高分辨率的气候要素场（如１ｋｍ等），以

满足其特定需求［１９２１］．因此本文采用ＡＮＵＳＰＬＩＮ软

件，以经度和纬度作为薄盘样条函数自变量，以海拔

高度作为协变量对气候场（站点数据１９７１—２０００年

３６５天的日平均）进行插值．对于距平场（站点数据

１９６１—２００５年相对１９７１—２０００年的日距平），则采

用的是“角距权重法”（ＡＤＷ，ＡｎｇｕｌａｒＤｉｓｔａｎｃｅ

Ｗｅｉｇｈｔｉｎｇ）
［１５，２２］，格点上的数值以站点数值在考虑
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图１　插值所用的２４１６站点分布和地形高度（单位：ｍ）

图中的圆点标记为国家基准气候站和基本气象站，十字为国家一般站．

Ｆｉｇ．１　Ｐｏｓｉｔｉｏｎｏｆｔｈｅ２４１６ｓｔａｔｉｏｎｓａｎｄｔｏｐｏｇｒａｐｈｙ（ｕｎｉｔｓ：ｍ）ｕｓｅｄｉｎｔｈｅｉｎｔｅｒｐｏｌａｔｉｏｎ

Ｔｈｅｄｏｔｉｎｄｉｃａｔｅｓｔｈｅｎａｔｉｏｎａｌｒｅｆｅｒｅｎｃｅｃｌｉｍａｔｏｌｏｇｉｃａｌｓｔａｔｉｏｎｓａｎｄｂａｓｉｃｍｅｔｅｏｒｏｌｏｇｉｃａｌｏｂｓｅｒｖｉｎｇｓｔａｔｉｏｎｓ，

ｗｈｉｌｅｔｈｅｃｒｏｓｓｉｎｄｉｃａｔｅｓｔｈｅｏｒｄｉｎａｒｙｍｅｔｅｏｒｏｌｏｇｉｃａｌｏｂｓｅｒｖｉｎｇｓｔａｔｉｏｎｓ．

其距格点的角度和距离的权重后得到．Ｎｅｗ等
［２３］曾

对比了各种插值方法的结果，表明这两种插值方法

得到的最终格点场效果较好．ＣＮ０５和ＣＲＵ产生气

候场的时段有所不同，前者为１９７１—２０００年，后者

为１９６１—１９９０年．

ＥＡ０５的制作中
［５］，降水的气候场（时段为

１９７８—１９９７年）及其百分率距平场，均采用的是基

于 Ｇａｎｄｉｎ
［２４］的最优插值方法（ＯＩ，ｔｈｅｏｐｔｉｍａｌ

ｉｎｔｅｒｐｏｌａｔｉｏｎ）．在气候场的计算中，首先对各站点多

年观测序列进行傅里叶展开，并选取其前６个截断

的平均作为气候场，以减少高频噪音．在气候场的插

值中 应 用 了 ＰＲＩＳＭ 模 型 （ＰａｒａｍｅｔｅｒＥｌｅｖａｔｉｏｎ

ＲｅｇｒｅｓｓｉｏｎｓｏｎＩｎｄｅｐｅｎｄｅｎｔＳｌｏｐｅｓＭｏｄｅｌ）
［２５２６］进

行地形订正，同时为更好地进行地形订正，气候场和

距平场都是首先插值到０．０５°×０．０５°的格点上，然

后使用面积平均的方法，得到最终所需的０．５°×

０．５°资料．基于ＥＡ０５的方法，沈艳等
［８］建立了“中

国逐日格点降水量实时分析系统ｖ１．０”并在国家气

象信息中心进行业务试运行．

ＡＰＨＲＯ数据
［７］的制作方法和 ＥＡ０５基本类

似，但没有使用黄河流域的水文站点观测资料，同时

没有进行ＰＲＩＳＭ 的地形订正，最终产生的资料分

辨率为０．２５°×０．２５°．韩振宇和周天军
［２７］曾对这一

数据在中国的适用性进行了分析．

在ＣＮ０５．１的制作中，我们沿用 ＣＮ０５的做

法［６］，但引入了更多的观测台站资料，此外除日平均

及最高最低气温外，增加了降水这一变量，得到的最

终格点数据的分辨率为０．２５°×０．２５°．观测台站分

布情况参见图１，其中的填色部分为插值中所使用

的地形高度分布，圆点为ＣＮ０５所使用的７５１站观

测资料（国家基准气候站和基本气象站），十字标记

为新增加的站点（国家一般气象站），两者合计共为

２４１６个．这套数据已经过基础的质量控制，包括删

除与气候态或周边站点值差别过大的数据等．由图

１可以看到，总体来说我国的气象观测站点偏于东

部经济发达地区及平原地带，密度最大可以达几至

十几公里一个站，而在西部相对则较少，其中在青藏

高原北部至昆仑山北麓，及新疆的塔克拉玛干沙漠

腹地等，则基本没有观测站点的分布，这也决定了这

些地区插值所得数据具有相对较大的不确定性．

在下文中，为比较方便，将ＣＮ０５和ＥＡ０５分别

使用双线性方法（使用被插值点周围４个邻近点值，

通过两个方向上的线性加权平均计算），由原０．５°×

０．５°插值到和ＣＮ０５．１相同的０．２５°×０．２５°格点上，
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另外 ＡＰＨＲＯ０．２５°×０．２５°数据的格点位置和

ＣＮ０５．１不同，同样对其进行了插值处理．选择几个

数据集的共有的时段１９６１—２００５年进行比较．

文中的极端事件，气温以多年平均的每年最高

的３个日气温值的平均ＴＸ３Ｄ和最低的３个日气温

值的平均ＴＮ３Ｄ表示，降水以多年平均的每年最大

的３个日降水量的平均Ｒ３Ｄ表示．

３　气温数据的对比

图２ａ中首先给出基于ＣＮ０５．１绘制的１９６１—

２００５年中国区域冬季（１２—２月）平均气温分布．其

特点基本为东部地区明显受纬度影响，呈现北冷南

暖的形势，华南和海南地区气温最高，在１２℃以上，

图２　研究区１９６１—２００５年ＣＮ０５．１平均气温分布（左侧）及其与ＣＮ０５的差（右侧）：（ａ，ｂ）冬季；（ｃ，ｄ）夏季；

（ｅ，ｆ）年平均（单位：℃）（ｂ，ｄ，ｆ的差值中仅给出达到９９％统计显著检验的地方，余图同）

Ｆｉｇ．２　Ｄｉｓｔｒｉｂｕｔｉｏｎｏｆｍｅａｎｔｅｍｐｅｒａｔｕｒｅｄｕｒｉｎｇ１９６１—２００５ｆｒｏｍＣＮ０５．１（ｌｅｆｔｃｏｌｕｍｎ）ａｎｄｔｈｅｄｉｆｆｅｒｅｎｃｅｂｅｔｗｅｅｎｉｔａｎｄ

ＣＮ０５ｉｎｔｈｅｓｔｕｄｙａｒｅａ：（ａ，ｂ）ＤｅｃｅｍｂｅｒＪａｎｕａｒｙＦｅｂｒｕａｒｙ；（ｃ，ｄ）ＪｕｎｅＪｕｌｙＡｕｇｕｓｔ；ａｎｄ（ｅ，ｆ）ａｎｎｕａｌｍｅａｎ（ｕｎｉｔｓ：℃）

（Ｉｎｂ，ｄ，ｆ，ｏｎｌｙｔｈｅｄｉｆｆｅｒｅｎｃｅｓｓｉｇｎｉｆｉｃａｎｔａｔ９９％ｓｔａｔｉｓｔｉｃａｌｃｏｎｆｉｄｅｎｃｅｌｅｖｅｌａｒｅｓｈｏｗｎ．Ｔｈｅｓａｍｅｆｏｒｔｈｅｆｉｇｕｒｅｓｂｅｌｏｗ）
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东北的北部地区则达到－２４℃以下，为全国最冷．

中国西部受地形影响显著，地形较低的塔克拉玛干

盆地的气温在－６～－３℃，而天山和阿尔泰山的部

分地方则低于－２１℃．为比较ＣＮ０５．１与ＣＮ０５的

差别，图２ｂ给出两个平均场的差值中，达到９９％统

计显著性检验部分的分布（下文中的其它差值图

同）．可以看到，在东部地形变化平缓的地区，两者的

差别较小，数值基本在±０．５℃之间，差异显著的格

点数也较少．两者在地形梯度大的西部地区有显著

性差别，比如准噶尔盆地，ＣＮ０５．１比ＣＮ０５低３℃

以上，而在天山、昆仑山以及青藏高原东麓这些复杂

地形过渡地区，ＣＮ０５．１比ＣＮ０５偏高３℃ 以上．这

两个数据集区域平均的冬季气温差为０．４８℃．注意

到上述差别较大的地方，一般都对应着观测站点稀

少或没有的地区（图１），所得格点化数据在这些地

区存在较大的不确定性，在应用中应予以注意．

图２ｃ、２ｄ中分别给出夏季（６—８月）ＣＮ０５．１的

分布及其与ＣＮ０５的差．夏季气温在东部地区的纬

向分布特征较冬季要弱，中国东部自南方至华北，基

本在２４～２７℃之间，而在西北如新疆等地随地形的

变化更明显，夏季最低气温出现在青藏高原北部，但

一般都在０℃以上．ＣＮ０５．１与ＣＮ０５的差值分布基

本上与冬季类似，同样在东部较小，西部较大并在大

部分地区的差异显著，但总体数值较冬季要小，两套

数据中国区域平均的差值为０．３０℃．

图２ｅ、２ｆ为年平均的情况，其基本特征同样以

在东部呈纬向分布、西部受地形影响明显为主，年平

均气温在中国南方沿海地区最高，低温中心位于青

藏高原和东北北部等地．ＣＮ０５．１与ＣＮ０５的差值

分布及差异显著性情况总体上和冬、夏季保持一致，

区域平均差值为０．４４℃．

由以上可以看出，整体上ＣＮ０５．１较ＣＮ０５偏

暖，偏暖程度在西部较东部更大，此外冬季差别较夏

季更大，年平均介于两者之间．偏差最大的地区位于

青藏高原北部至昆仑山西段以南．但总体而言，

ＣＮ０５．１冬、夏季及年平均气温与ＣＮ０５的分布类

似，两者间的空间相关系数值均达到０．９９以上．

图３ａ给出由ＣＮ０５．１数据计算得到的１９６１—

２００５年平均ＴＸ３Ｄ分布，可以看到ＴＸ３Ｄ极大值中

心主要出现在新疆的几个盆地中，数值大于３９℃，

除沿海地区外的华北至江南及四川盆地的 ＴＸ３Ｄ

也较高，一般在３６～３９℃之间．ＴＸ３Ｄ低值中心位

于青藏高原部分地区，不到１５℃．总的来说ＴＸ３Ｄ

的空间分布与夏季平均气温（图２ｃ）较为一致．

ＣＮ０５．１与ＣＮ０５的差异（图３ｂ）在青藏高原与四川

盆地、昆仑山与塔里木盆地之间的过渡地带最为明

显，差值超过３℃．ＣＮ０５．１的ＴＸ３Ｄ除在个别地区

较ＣＮ０５偏低外，在整个区域基本上表现为偏高，区

域平均偏高值为０．６２℃．对比图２ｄ和图３ｂ可以看

到，尽管ＣＮ０５．１和ＣＮ０５的夏季平均气温在东部

差别较小，但由ＴＸ３Ｄ反映的极端暖事件两者则有

所不同，ＣＮ０５．１中的暖事件偏强．

ＴＮ３Ｄ的分布（图３ｃ）与冬季平均气温类似（图

２ａ），数值在华南和西南的南部及四川盆地最大，在

０～３℃之间或以上，东北大部分和西北部分地区的

ＴＮ３Ｄ最小，在－３３℃以下．ＣＮ０５．１与ＣＮ０５的差

异（图３ｄ）在西部与ＴＸ３Ｄ（图３ｂ）较为一致，以偏暖

为主，但数值更大一些；在１０５°Ｅ以东，与冬季平均

气温以偏暖为主不同（图２ｂ），ＣＮ０５．１中的极端冷

事件的数值较ＣＮ０５更低．同样对比图２ｂ和图３ｄ

可以看到，ＣＮ０５．１和ＣＮ０５的冬季平均气温在东

部差别较小，但在ＣＮ０５．１中极端冷事件强度更大

一些．ＣＮ０５．１和ＣＮ０５中的 ＴＸ３Ｄ和ＴＮ３Ｄ的相

关系数均在０．９９以上．

为更好地了解不同月份两个资料的差别，图４

给出各月平均和最高、最低气温的区域平均数值．从

图中可以明显看到，两组资料集的平均、最高和最低

气温间的差异在各月接近．相比ＣＮ０５，ＣＮ０５．１的

气温在２—６月均偏低，以３月份最大（－０．９℃）；７—１

月偏高，其中以９—１１月最明显，最大偏高值出现在

１１月，达到１．８℃．总体来说，ＣＮ０５．１在春季偏低，

其它季节偏高，并以秋季的偏高值最大，年平均表现

为偏高．从空间分布上看，这种平均差值主要来自于

东部地区（图略）．

４　降水数据的对比

图５ａ中给出ＣＮ０５．１数据中多年平均降水的

分布．其分布特点基本为由东南沿海向西北内陆地

区逐渐减少，东南沿海地区降水中心值在１５００ｍｍ

以上，西北的塔里木盆地等的降水不足５０ｍｍ．

图５ｃ、５ｅ分别给出 ＣＮ０５．１的年平均降水与

ＥＡ０５和ＡＰＨＲＯ的差值．在东部地区，ＣＮ０５．１的

降水量较ＥＡ０５和ＡＰＨＲＯ的差别均较小，尤其是

相对于前者，差别基本在±１０％内，差异达到显著水

平的格点数很少，相对于ＡＰＨＲＯ则偏大一些，部

分地区偏大值可达１０％～２５％，差异显著．

在 青藏高原的西北部至昆仑山西段地区，
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图３　研究区ＣＮ０５．１的气温极端事件（左侧）及与ＣＮ０５的差（右侧）：（ａ，ｂ）ＴＸ３Ｄ；（ｃ，ｄ）ＴＮ３Ｄ（单位：℃）

Ｆｉｇ．３　ＥｘｔｒｅｍｅｔｅｍｐｅｒａｔｕｒｅｉｎｄｉｃｅｓｆｒｏｍＣＮ０５．１（ｌｅｆｔｃｏｌｕｍｎ）ａｎｄｔｈｅｄｉｆｆｅｒｅｎｃｅｂｅｔｗｅｅｎｉｔ

ａｎｄＣＮ０５ｉｎｔｈｅｓｔｕｄｙａｒｅａ：（ａ，ｂ）ＴＸ３Ｄ；（ｃ，ｄ）ＴＮ３Ｄ（ｕｎｉｔｓ：℃）

图４　中国区域平均的ＣＮ０５．１与ＣＮ０５的平均（黑色）、

最高（红色）、最低（蓝色）气温在各月的差（单位：℃）

Ｆｉｇ．４　ＤｉｆｆｅｒｅｎｃｅｓｏｆｔｈｅＲｅｇｉｏｎａｌａｖｅｒａｇｅｄｄａｉｌｙｍｅａｎ

（犜ｍ，ｂｌａｃｋ），ｍａｘｉｍｕｍ （犜ｍａｘ，ｒｅｄ），ａｎｄ ｍｉｎｉｍｕｍ

（犜ｍｉｎ，ｂｌｕｅ）ｔｅｍｐｅｒａｔｕｒｅｂｅｔｗｅｅｎＣＮ０５．１ａｎｄＣＮ０５

ｏｖｅｒＣｈｉｎａｆｏｒｅａｃｈｍｏｎｔｈｓｏｆｔｈｅｙｅａｒ（ｕｎｉｔｓ：℃）

ＣＮ０５．１中的降水量较ＥＡ０５和 ＡＰＨＲＯ偏大，特

别是后者，这可能和实际气候更符合．这些地区存在

的较大降水使得冰川能够在这里稳定存在，其融化

并成为塔里木盆地南侧各河流水量的来源［２８］．但在

塔里木盆地中的降水则较其它两个资料略微偏大，

一般在２５％～５０％间．实际上有研究表明这里的降

水量一般小于２５ｍｍ，可以达到１０ｍｍ以下
［２９３０］，

而这些地区没有观测台站（图１），这里的降水量是

由盆地周边降水量较大的台站的结果插值过来的，

会导致ＣＮ０５．１在这里的降水量和ＥＡ０５、ＡＰＨＲＯ

一样有所高估．此外一些区域气候模式的结果，也报

告了降水在昆仑山地区较多，而在盆地中较少的现

象［４］．但总体来说，所得格点化数据在这些地区的应

用中，需要注意其不确定性．

区域平均 ＣＮ０５．１的年平均降水与 ＥＡ０５和

ＡＰＨＲＯ的差值分别为６．５％和２１．２％．ＡＰＨＲＯ

降水较ＥＡ０５偏少的原因可能与其未像ＥＡ０５一样

经过ＰＲＩＳＭ 的地形订正处理有关（参见前文）．计

算得到的ＣＮ０５．１与ＥＡ０５和ＡＰＨＲＯ多年平均降

水间的空间分布相关系数分别为０．９２和０．８７．

ＣＮ０５．１给出的Ｒ３Ｄ的分布型（图５ｂ）与年平

均降水（图５ａ）类似，均为由东南向西北递减．Ｒ３Ｄ

的最大值出现在南方沿海，数值在７５ｍｍ以上，自

华北南部至长江中下游和江南地区、四川盆地等的

Ｒ３Ｄ均在５０ｍｍ以上，而西北地区则除天山等地

外，普遍低于１０ｍｍ．

图５ｄ、５ｆ分别给出ＣＮ０５．１的Ｒ３Ｄ与ＥＡ０５和
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图５　研究区ＣＮ０５．１的年平均降水（左侧）和极端降水指数Ｒ３Ｄ（右侧）（单位：ｍｍ）及其与ＥＡ０５和ＡＰＨＲＯ数据的

差值（单位：％）：（ａ，ｂ）年平均降水及Ｒ３Ｄ；（ｃ，ｄ）与ＥＡ０５的差；（ｅ，ｆ）与ＡＰＨＲＯ的差

Ｆｉｇ．５　Ａｎｎｕａｌｍｅａｎｐｒｅｃｉｐｉｔａｔｉｏｎ（ｌｅｆｔｃｏｌｕｍｎ）ａｎｄＲ３Ｄ（ｒｉｇｈｔｃｏｌｕｍｎ）（ｕｎｉｔ：ｍｍ）ａｎｄｔｈｅｉｒｄｉｆｆｅｒｅｎｃｅｗｉｔｈＥＡ０５ａｎｄ

ＡＰＨＲＯｄａｔａ（ｕｎｉｔ：％）ｉｎｔｈｅｓｔｕｄｙａｒｅａ：（ａ，ｂ）ａｎｎｕａｌｍｅａｎｐｒｅｃｉｐｉｔａｔｉｏｎａｎｄＲ３Ｄ；（ｃ，ｄ）ｄｉｆｆｅｒｅｎｃｅｓｗｉｔｈＥＡ０５；ａｎｄ

（ｅ，ｆ）ｄｉｆｆｅｒｅｎｃｅｓｗｉｔｈＡＰＨＲＯ

ＡＰＨＲＯ的差．两者均在东部差别较小，西部较大．

ＣＮ０５．１的Ｒ３Ｄ与ＥＡ０５的相比，在东部除东北部

分地区偏少较多并显著外，一般不超过±１０％，在西

部山区的差别则显著，数值可以达到２５％以上．

ＣＮ０５．１与ＡＰＨＲＯ的差别在东部地区也较小，仅

在华北及黄淮等地略偏大，在西部 ＣＮ０５．１ 与

ＡＰＨＲＯ的差别分布在盆地类似，均为有所高估，在

高山地区同样为偏少，但程度远小于与ＥＡ０５的差

别．注意到在中国西部，ＣＮ０５．１和ＥＡ０５相比，前

者的平均降水偏多，而后者的极端降水强度更大；同

时ＡＰＨＲＯ的平均降水偏少更多，但极端降水的强

度则相对有所偏大．区域平均ＣＮ０５．１的 Ｒ３Ｄ与

ＥＡ０５和ＡＰＨＲＯ的差值分别为－１６．９％和－０．６％．

ＣＮ０５．１与ＥＡ０５和 ＡＰＨＲＯ的 Ｒ３Ｄ间的相关系

数分别为０．７１和０．９０．

图６给出ＣＮ０５．１中国区域逐月降水与ＥＡ０５

和ＡＰＨＲＯ的差．由图中可以看出，ＣＮ０５．１的降水

量在上半年的各月较ＥＡ０５少，下半年各月较ＥＡ０５
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图６　中国区域平均的ＣＮ０５．１降水与ＥＡ０５（浅灰色）

和ＡＰＨＲＯ（黑色）在各月的差（单位：％）

Ｆｉｇ．６　Ｄｉｆｆｅｒｅｎｃｅｓｂｅｔｗｅｅｎｔｈｅｒｅｇｉｏｎａｌａｖｅｒａｇｅｄｐｒｅｃｉｐｉｔａｔｉｏｎｏｆ

ＣＮ０５．１ｗｉｔｈＥＡ０５（ｌｉｇｈｔｇｒｅｙ），ａｎｄＡＰＨＲＯ（ｂｌａｃｋ）ｏｖｅｒ

Ｃｈｉｎａｆｏｒｅａｃｈｍｏｎｔｈｏｆｔｈｅｙｅａｒ（ｕｎｉｔｓ：％）

多，幅度一般在±１０％间，年平均的差别因正负相

抵，相对较小；而ＣＮ０５．１与ＡＰＨＲＯ的降水量在上

半年接近，下半年则明显多很多，最大出现在９月，

达２２．０％，年平均差异较大．在空间分布上，这种逐

月偏差主要发生在东部（图略），这是因为东部地区

降水量更大的原因造成的．此外总体来说，ＥＡ０５与

ＡＰＨＲＯ相比，各月均小５％左右，其形成原因有待

进一步的深入分析．

５　结论与讨论

本文使用中国２４１６个气象台站的气温和降水

观测资料，建立了一套分辨率为０．２５°×０．２５°的格

点化数据集ＣＮ０５．１，并与其它资料进行了比较．结

果表明，年平均的ＣＮ０５．１中的平均、最高、最低气

温与ＣＮ０５相比，在东部地区差别较小，西部地区较

大（以偏暖为主）．区域平均的差别在各个季节中除

春季偏低外均为偏高，以秋季最大．此外ＣＮ０５．１的

ＴＸ３Ｄ也比ＣＮ０５要整体偏大，ＴＮ３Ｄ则在东部地

区有所偏小，但整体上仍表现为偏大．

ＣＮ０５．１ 的年平均降水量相对于 ＥＡ０５ 和

ＡＰＨＲＯ均偏大，尤其是后者，偏大以在西部更明

显．逐月平均结果则表明，这三种降水数据在冬春季

偏差较小，秋季较大．对于 Ｒ３Ｄ而言，ＣＮ０５．１较

ＥＡ０５在西部偏小明显，与ＡＰＨＲＯ 整体上的差异

相对较小．

本文工作的首要目的在于满足高分辨率气候模

式检验的急需，除此之外，该数据集在气候变化的检

测、监测，农业，水文，生态等领域的研究中也具有潜

在应用价值．但需要指出的是，台站观测资料的格点

化是一个非常复杂的工作，以本文为例，尚有不少有

待改进的地方，其中包括如：

（１）更多观测资料的搜集．除本文使用的中国气

象局所属台站外，中国地区还有为数众多的水文、林

业、民航及农垦等部门和系统管理的观测站点，尽量

多地搜集这些站点的观测数据，将会在很大程度上

提高最终格点化资料的准确性．此外，由本文中看到

的不同数据集之间差别较大的地区，一般都是缺少

台站观测的地方，是未来调整台站布局中需要注意

到的问题［３１］．

（２）原始资料的整理．包括资料的均一化处理
［３２］，

热岛效应的扣除等［３３］．同时研究表明固态降水观测经

常因 为 风 导 致 的 偏 小 误 差（可 以 达 到 １０％ ～

２０％
［３４］），也需要在针对中国不同地区特点的基础

上予以订正［３５］．

（３）一般的观测台站，都位于平原或山区的河谷

地带，使得周边高山格点上的插值，需要进行地形方

面的订正．在本研究中，是通过ＡＮＵＳＰＬＩＮ软件实

现的，所得到的订正系数在整个应用区域内是一个

统一的值，这个值在所使用站点数目不同的情况下，

会有一定差别，如ＣＮ０５．１中实际使用的温度垂直

递减率，较ＣＮ０５低大约０．１℃／１００ｍ（详细分析及

图略）．未来可以考虑按照气候特征进行适当的分区

后，在不同地区分别进行插值．此外可以尝试使用再

分析资料驱动高分辨率区域气候模式，在模拟结果

中分析得到随空间和时间变化的地形订正参数，用

于观测资料的插值．
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Similar spatial patterns of climate responses to
aerosol and greenhouse gas changes
Shang-Ping Xie1,2,3*, Bo Lu3,4,5 and Baoqiang Xiang3

Spatial variations in ocean warming have been linked to
regional changes in tropical cyclones1, precipitation2,3 and
monsoons4. But development of reliable regional climate
projections for climate change mitigation and adaptation
remains challenging5. The presence of anthropogenic aerosols,
which are highly variable in space and time, is thought to
induce spatial patterns of climate response that are distinct
from those of well-mixed greenhouse gases4,6–9. Using CMIP5
climate simulations that consider aerosols and greenhouse
gases separately, we show that regional responses to changes
in greenhouse gases and aerosols are similar over the ocean,
as reflected in similar spatial patterns of ocean temperature
and precipitation. This similarity suggests that the climate
response to radiative changes is relatively insensitive to the
spatial distribution of these changes. Although anthropogenic
aerosols are largely confined to the Northern Hemisphere,
simulations that include aerosol forcing predict decreases
in temperature and westerly wind speed that reach the
pristine Southern Hemisphere oceans. Over land, the climate
response to aerosol forcing is more localized, but larger scale
spatial patterns are also evident. We suggest that the climate
responses induced by greenhouse gases and aerosols share
key ocean–atmosphere feedbacks, leading to a qualitative
resemblance in spatial distribution.

Anthropogenic aerosols are an important radiative forcing
that cools the global climate10. Highly variable in space and
time, anthropogenic aerosols induce changes in atmospheric
circulation and regional climate, including rainfall change in
Asian monsoons6–8 and the African Sahel4,9. Important for life,
precipitation change is to first order spatially variable with large
disagreement among models. Climate response to aerosol forcing
consists of fast and slow components, defined as adjustments
without and owing to ocean change, respectively11. The fast
response to aerosol forcing has received much attention, affecting
precipitation by perturbing radiation and cloud physics12. The
regional distribution of precipitation change is due mostly
to the slow response involving ocean–atmosphere interaction
(Supplementary Fig. S1). Regional patterns of the slow response
are poorly constrained and the physical mechanisms poorly
understood. Here we probe the coupled ocean–atmospheric
dynamics by contrasting climate response to greenhouse gas (GHG)
and aerosol forcing. Despite distinct three-dimensional structure in
forcing, the spatial characteristics of the response are remarkably
similar, strongly hinting at a common global mode of radiative-
induced climate change (RICC).

1Scripps Institution of Oceanography, University of California at San Diego, La Jolla, California 92093-0206, USA, 2Physical Oceanography Laboratory,
Ocean University of China, Qingdao 266100, China, 3International Pacific Research Center, University of Hawaii at Manoa, Honolulu, Hawaii 96822, USA,
4Laboratory for Climate Studies, National Climate Center, China Meteorological Administration, Beijing 100081, China, 5Department of Atmospheric and
Oceanic Sciences, Peking University, Beijing 10081, China. *e-mail: sxie@ucsd.edu

The surface air temperature (SAT) response to GHG and
aerosol forcing shows some resemblance to each other13, due
mostly to two patterns: larger response over land than ocean;
and the polar amplification. It is unclear whether the sea surface
temperature (SST) pattern is also similar between two types of
forced response. The SST response pattern is dynamically more
fundamental than SAT because of its importance in determining
changes in atmospheric convection3 and tropical cyclone1. Upper
tropospheric temperature response is flattened in space by fast
equatorial waves and set by the tropical mean SST (refs 14,15).
As a result, the SST pattern controls local convective stability over
the ocean. This warmer-get-wetter view calls for increased rainfall
where local SST change exceeds the tropicalmean and vice versa.We
study the SST pattern in relation to precipitation change.

We use a set of single-forcing (aerosol and GHG separately)
simulations for the twentieth century from three models. Radiative
forcing due to CO2 change at the top of the atmosphere (Methods)
is relatively smooth in space whereas the aerosol-induced radiative
forcing shows large spatial variations (Supplementary Fig. S2).

Figure 1 compares the twentieth-century radiative forcing and
climate response in zonal mean between aerosol and GHG runs.
Aerosol forcing peaks in the Northern Hemisphere mid-latitudes
and decays to vanishing levels in the Antarctic. The SST response
shows a similar meridional profile with a decreasing trend from
the Northern Hemisphere mid-latitudes towards the Southern
Ocean. Rainfall decreases on and north of the Equator9,16,17, a
change that is often characterized as a southward shift of the
intertropical convergence zone, with the Sahel drought as a regional
manifestation9. We stress that the tropical rainfall response is
mediated by the SST change, negligible in atmospheric runs with
fixed SST (Supplementary Fig. S1). Specifically in the tropics, the
interhemispheric SST gradient induces precipitation change in a
manner consistent with the warmer-get-wetter view.

By contrast, GHG radiative forcing does not vary much in
the meridional direction except near the poles. The SST response
correlates poorly with the radiative forcing, peaking on the Equator
despite a local minimum in forcing. The equatorial enhancement in
SST results from an evaporative damping that peaks in the subtrop-
ics with a minimum on the Equator3,18. The SST warming is weaker
in the Southern Hemisphere than in the Northern Hemisphere
because the deeper winter mixed layer mutes the response in the
SouthernOcean19. This cross-equatorial SST gradient induces trop-
ical rainfall change that is remarkably similar to that in aerosol runs
with sign reversed (Fig. 1). The SST response is weaker inmagnitude
in the aerosol than the GHG run but comparable in interhemi-
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Figure 1 | Radiative forcing and climate response. a,b, SST (in K), SAT (in K) and precipitation (in mm per day) changes for the twentieth century in
aerosol (a) and GHG (b) single-forcing runs. Rainfall trends are multiplied by a factor of four, and the radiative forcing (in W m−2) from model runs with
quadruple CO2 levels is scaled by a factor of 0.3 to fit the twentieth-century change in global GHG forcing as reported in ref. 27. The vertical axis is
reversed in b for easy comparison.

spheric gradient, indicating a sensitivity to forcing type. Consistent
with the SST gradient change, the tropical rainfall response is
comparable in both shape andmagnitude between the two runs17.

We apply the empirical orthogonal function (EOF) analysis to
SST anomalies separately for aerosol and GHG runs (Fig. 2a,b). The
leading principal component tracks the composition change very
well and shows a pronounced trend for both aerosol and GHG runs
(Fig. 2e,f). The principal component for aerosol-induced response
is rather flat for the 1920s–1940s, trends downward rapidly with the
post-war economic growth and shows a tendency of levelling off
in the 1990s owing to worldwide air pollution control. The GHG
principal component, by contrast, features a robust rising trend that
accelerates around 1970.

Despite these differences in temporal evolution, the SST
response is remarkably similar in spatial distribution between
aerosol and GHG runs (the tropical mean has been removed
in Fig. 2a,b). The pattern correlation amounts to 0.87 for the
multimodel ensemble mean response as compared with −0.02 for
clear sky radiative forcing. Themid-latitudeNorth Pacific is notably
sensitive to forcing type, with an enhanced (reduced) SST response
in the aerosol (GHG) run, a difference tied to the distinct response
of the atmospheric Aleutian low20.

The SST pattern affects atmospheric convection over tropical
oceans3. We repeat the EOF analysis for precipitation over the
ocean. The leading principal components look almost identical
to their SST counterparts (Fig. 2e,f). The precipitation EOFs
(Fig. 2c,d) are correlated in space at 0.67 between aerosol and
GHG runs, suggestive of a common RICC mode. The common
precipitation response is mediated by SST. The cross-correlation in
space between SST and precipitation in the tropics (30◦ S–30◦N) is
0.57 and 0.51 for aerosol and GHG runs, respectively. Following the
warmer-get-wetter pattern, rainfall increases where the SST change
exceeds the tropical mean temperature. In particular, the equatorial
warming (cooling) peak anchors zonal bands of rainfall increase
(reduction) across the Pacific in GHG (aerosol) runs.

Why is the climate response to GHG and aerosol experiments
similar? One important reason is that a common set of ocean–
atmospheric feedback is involved in spatial pattern formation.
Net surface heat flux with sign reversed represents the ocean heat
transport effect on SST (Do)3. The Do distribution indicates that
in both aerosol and GHG runs, the SST response is subdued in the
extratropical North Atlantic and Southern Ocean owing to heat
absorption by the deep winter mixed layer and reorganization of

ocean currents (Fig. 3a,c). Bjerknes feedback is important over
the tropical Indian Ocean: for the GHG response, the zonal
gradient in SST change induces easterly wind anomalies on the
Equator, lifting the thermocline and cooling SST in the east
(Supplementary Fig. S3).

Other major patterns over the tropical Pacific include the
enhanced SST response on the Equator owing to the localminimum
in evaporative damping18. In the tropical southeast Pacific, the
reduced warming (cooling) in the GHG (aerosol) run is associated
with the intensified (weakened) southeast tradewinds (Fig. 3b,d), as
quantified in Supplementary Table S1. Indeed, the spatial anomalies
of SST and scalar wind are correlated in the global tropics at
−0.46 (−0.55) for the aerosol (GHG) run, suggestive of wind–
evaporation–SST (WES) feedback. Two recent studies corroborate
this feedback: in double CO2 experiments where the WES
mechanism is disabled, spatial patterns of SST and precipitation
response weaken substantially21; and an antisymmetric WES mode
dominates intermodel spread in Coupled Model Intercomparison
Project phase 3 (CMIP3) global warming projections22. As for
what suppresses the SST response in southern tropical oceans, the
muted SST response in the Southern Ocean—owing to the deep
ocean heat absorption and, in the case of aerosols, weak local
radiative forcing—can trigger the tropic response23 of north–south
asymmetry as required by the balance of cross-equatorial energy
transport between the ocean and atmosphere24–26. The muted
response in the Southern Ocean and hence the interhemispheric
asymmetry in SST response to GHG forcing are likely to weaken
as the deep ocean approaches equilibrium27.

The tropospheric temperature change shows a remarkable equa-
torial symmetry in both GHG and aerosol runs (Supplemen-
tary Fig. S4). Flattened in the tropics by fast equatorial waves14,
tropospheric temperature change is insensitive to forcing location.
A coupled model experiment we conducted shows that a featureless
tropospheric warming creates SST, precipitation and wind patterns
that are remarkably similar to the double CO2 run of the same
model (Supplementary Fig. S6) and to CMIP5 runs analysed here.
Coupled ocean–atmospheric feedback mechanisms including WES
are at work in the SST pattern formation. The horizontal homoge-
nization of tropospheric temperature perturbations in the tropics
is thus instrumental in forming a common global RICC mode
insensitive to forcing distribution. Corroborating this mechanism,
the tropical SST pattern remains largely unchanged when Asian
aerosols are excluded (Supplementary Fig. S7).
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Figure 2 | Climate response pattern. a–d, Leading EOF patterns with explained variance noted at the upper right: SST in aerosol (a) and GHG (b) runs;
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Over land, the fast response to aerosols and their interaction
with the slow response create localized patterns but the ef-
fect of the global RICC mode is still apparent. The spatial
correlation for land precipitation change between GHG and
aerosol runs remains high for CanESM2 and CM3 models (0.59
and 0.53). The correlation is lower in MK3.6 (Supplemen-
tary Table S2), suggesting some sensitivity to forcing type28.
The spatial correlations for SAT between GHG and aerosol
runs range from 0.58 to 0.85 (Supplementary Table S3). These
correlations emerge despite considerable natural variability in
mid–high latitudes29.

Figure 4 examines the relative importance of the global RICC
mode and local aerosol effect for SAT in regions of large aerosol
emission. As an index of the RICC mode, global aerosol optical
depth (AOD) tracks the regional SAT response better than local
AOD does in the eastern USA and Europe, where SAT fails to follow
the rapid decrease in local AOD after 1970 (an effect of the CleanAir
Act). In East Asia where local AOD closely tracks global AOD, SAT

shows a gentle bottom out despite a continuing sharp increase in
local AOD in the 1990s.

In the South Pacific, the local aerosol forcing is miniscule
but the SAT change (Fig. 4d) closely tracks that in the North-
ern Hemisphere emission regions, highlighting the influence of
the global RICC mode. Other robust responses in the pristine
Southern Hemisphere to aerosol forcing include an eastward-
shifted South Pacific convergence zone (Fig. 2c, with sign re-
versed) and decelerated westerly winds in the Southern Ocean
(Fig. 3b). Thus localized aerosol forcing can excite a global re-
sponse, enabled by ocean–atmospheric feedback that imprints
characteristic patterns.

Radiative considerations predict distinct precipitation response
between GHG and aerosol forcing, as in the fast response of the
global mean11. We show that regional precipitation change induced
by aerosols is dominated by the slow response in coupled models,
mediated by the SST pattern that is remarkably similar to that in the
GHG run despite a vast difference in forcing distribution. Although
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much of the aerosol research has focused on microphysical pro-
cesses, here we suggest that there are robust macroscale structures
in climate response over the ocean that are qualitatively insensitive

to the details of microphysics as judged from cross-model con-
sistency. The GHG- and aerosol-induced climate change shares a
common set of ocean–atmospheric feedback, explaining the spatial
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resemblance between the two types of response. Innovative model
experimentations are needed to probe ocean–atmosphere interac-
tion mechanisms for pattern formation. Such predictive pattern
dynamics is crucial to guide developing observational constraints
towards reliable regional climate projections.

Methods
Historical runs. A set of historical simulations in the CMIP5 is used here,
including historical single-forcing (aerosol and GHG) and full radiative-forcing
simulations. Three state-of-art models (Geophysical Fluid Dynamics Laboratory
CM3, Australian CSIRO MK3.6 and Canadian Centre CanESM2) are chosen for
analysis because multiple runs with different initial conditions are available for each
single-forcing simulation. For a given type simulation, we obtain the multimember
average for each model first to reduce the effect of internal variability and then
construct the multimodel ensemble mean. For historical single-forcing runs, either
aerosols or GHGs are the only time-varying forcing agents with other forcing fixed
at the pre-industrial level. The climate response to GHG and aerosol forcing is not
exactly additive and the sources of the nonlinearity are an area of active research17.
Nevertheless, it is important to study the response to single forcing both for the
sake of physical understanding and in light of the trend that the GHG forcing will
continue to intensifywhereas the aerosol forcing is likely to abate in the near future.

The climatology is defined as the 1900–1999 average and annual mean
anomalies are calculated for analysis. The 11-year running mean is applied before
the EOF analysis to suppress interannual variability. Sen’s Method30 is employed
to derive a median-type trend and eliminate the effect of extreme points. The
twentieth-century change refers to the trend for 1900–1999.

Fixed SST runs. Radiative forcing is defined here at the top of the atmosphere
with atmospheric and land temperatures adjusted to composition change, derived
from atmospheric model runs with SST fixed at the monthly climatology27. Results
are available for MK3.6 and CanESM2, forced separately by year 2000 minus
pre-industrial aerosol change and quadruple CO2 (all other forcing agents are
fixed at the pre-industrial level). The atmospheric runs are 30 and 50 years long
for MK3.6 and CanESM2, respectively. Results from the past 25 years for each
model are used for analysis.

Received 26 May 2013; accepted 29 July 2013; published online
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杨明珠，陈丽娟，宋文玲．２０１３．黑潮区海温对中国北方初霜冻日期的影响研究．气象，３９（９）：１１２５１１３２．

黑潮区海温对中国北方初霜冻日期的影响研究
�

杨明珠　陈丽娟　宋文玲
国家气候中心，中国气象局气候研究开放实验室，北京１０００８１

提　要：利用站点观测和再分析资料研究了黑潮海温（ＳＳＴ）与中国北方初霜冻日期的关系。结果表明，前期夏季各月及初

秋黑潮区ＳＳＴ异常变化和中国北方秋季初霜冻日期的关系十分显著。当黑潮区ＳＳＴ偏高（低）时，华北大部、黄淮北部、河套

北部、内蒙古中部和东北部、环渤海区域初霜冻日期偏晚（早）。进一步分析显示，夏末和初秋黑潮区ＳＳＴ异常主要通过影响

其上空初秋及秋季局地大气环流系统，对华北、黄淮北部等地区初霜冻造成影响。当黑潮区ＳＳＴ偏高（低）时，我国华北至日

本以东区域上空５００ｈＰａ高度场偏高（低），低层风场则出现东南（西北）风，从而导致东亚大槽偏弱（强），来自北方的冷空气活

动势力被削弱（增强），从而导致上述区域初霜冻发生较常年偏晚（早）。

关键词：黑潮区ＳＳＴ指数，初霜冻日期，环流系统
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引　言

霜冻是一种严重的农业气象灾害，发生地区几

乎遍及全国，严重影响粮食产量。尤其是在中国北

方地区，当初霜出现偏早时，常常会影响农作物籽粒

成熟度，导致农业减产，因此提供准确及时的初霜冻

预测信息，有利于帮助用户尤其是农业生产部门采
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取适当的措施减轻灾害损失。

已经有大量的研究分析了初霜、霜期和霜冻的

气候特征（杨克明等，１９９９；李想等，２００５；林纾等，

２００７；叶殿秀等，２００８；王国复等，２００９；韩荣青等，

２０１０；李辑等，２０１０；温晶等，２０１０；钱锦霞等，２０１０；

王业宏等，２０１１），时间尺度包括年际变化、年代际变

化和气候变化趋势，空间尺度包括全国或者区域／省

级，还有部分研究从天气角度分析了温度对结霜的

影响（温显罡等，２０１２），然而从气候学角度探讨造成

初霜冻日期早晚变化的气候趋势预测工作较少，尤

其是预测用的前期信号十分匮乏，也缺少有效的预

测方法。即使是尝试在业务中应用的一些可能影响

初霜冻出现时间的预测因子，也需要审视在气候变

化背景下预测对象和预测因子的关系是否依然稳定

或显著。

对于月季节尺度的短期气候预测而言，海表温

度（ＳＳＴ）异常是一个重要的外强迫信号，尤其是热

带太平洋海温异常导致的海气相互作用可能对东亚

季风和我国天气气候造成不同程度的影响。近期一

些研究表明，我国近海的海温异常也对我国区域天

气气候异常有影响。例如东海及附近海域ＳＳＴ的

变化与东亚冬季风年代际减弱具有明显的关系（蔡

榕硕等，２０１１），也有研究认为中国近海的ＳＳＴ更多

是被动地随气温改变（康丽华等，２００９），但海温与中

国秋、冬季气温确实具有密切的关系。那么在气候

变暖的背景下，中国近海海温对秋季气候，包括秋季

初霜冻时间的早晚究竟起到什么作用值得进一步研

究。

本文首先对比了气候值改变对中国北方地区初

霜冻日期气候特征的影响，简要分析了其整体趋势，

比较了气候平均值改变后，ＥＮＳＯ循环对初霜冻日

期早晚影响的变化。通过分析发现黑潮区ＳＳＴ对

北方部分地区初霜冻出现早晚有显著的关系，从而

进一步分析了黑潮区ＳＳＴ异常影响北方初霜冻时

间早晚的可能途径。

１　资　料

本文采用的初霜日期为国家气候中心常规业务

秋冬季初霜冻日期标准（韩荣青等，２０１０）：以地面

０ｃｍ最低温度≤０℃的第一天定义为初霜日，初霜

日期资料为中国北方３０°Ｎ以北的台站资料，其中

１９６１—２０１１年有１８８个站无缺测，本文选取该１８８

个站（图１）进行分析。

所使用的环流和海温资料为：（１）ＮＣＥＰ／

ＮＣＡＲ从１９４８年１月至２０１１年１２月的再分析格

点资料（Ｋａｌｎｅｙ等，１９９６），水平分辨率为２．５°×

２．５°；（２）黑潮区海温指数为国家气候中心整编的业

务用特征量指数，取（２５°～３５°Ｎ、１２５°～１６０°Ｅ）范

围内海温空间平均值。

主要采用的方法有：Ｐｅａｒｓｏｎ相关分析方法、合

成方法以及经验正交函数分解方法（ＥＯＦ）。

图１　中国北方地区初霜冻日期分析

代表站分布

Ｆｉｇ．１　Ｄｉｓｔｒｉｂｕｔｉｏｎｏｆｒｅｐｒｅｓｅｎｔａｔｉｖｅ

ｏｂｓｅｒｖａｔｉｏｎｓｔａｔｉｏｎｓｆｏｒｔｈｅａｎａｌｙｓｉｓｏｆ

ｔｈｅｆｉｒｓｔｆｒｏｓｔｄａｔｅｓｉｎｎｏｒｔｈｅｒｎＣｈｉｎａ

２　中国北方初霜冻日期的气候特征

１９８１—２０１０年气候平均初霜冻日期（图２ａ）显

示，中国北方初霜冻出现日期由北往南顺次出现，东

北大部、内蒙古中部和东部、新疆北部局部、西北西

部于９月中旬或之前出现初霜冻，其中黑龙江西北

部局部、内蒙古东北部、新疆北部的东北部和西北部

局部地区在９月上旬或之前出现初霜冻；东北中部

大部、内蒙古西部局部、新疆中部、西北东部、华北北

部在９月下旬出现初霜冻；东北南部、华北大部、西

北东南部、黄淮北部等地区在１０月中旬至下旬出现

初霜冻，黄淮南部在１１月上旬出现初霜冻，黄淮以

南的地区在１１中旬之后发生初霜冻。即北方大部

出现霜冻的气候值处于９—１１月期间，当然每年的

年际变化也比较大。

将１９８１—２０１０年初霜冻日期气候值与１９７１—

２０００年气候值比较（图２ｂ），中国北方初霜冻除新疆

东北部局部和黑龙江北部局部区域外，发生日期整

体偏晚，新疆北部、西北中部和东南部、内蒙古西部、

６２１１　　　　　　　　　　　　　　　　　　　 　气　　象　　　　　　　　　　　　　　　 　　 　　　第３９卷　
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华北大部平均推后３～５ｄ，其中内蒙古西部、甘肃中

部、新疆东北部推后５～１０ｄ。

对１９６１—２０１０年初霜冻日期进行经验正交函

数分解 （ＥＯＦ），ＥＯＦ 第 一 模 态 的 方 差 贡 献 为

５８．６％，其特征值一致为负值的空间分布，时间系数

（图３）在２０世纪９０年代之前为正值，之后为负值，

表明中国北方初霜冻日期在９０年代之后具有整体

趋于偏晚的特征。由于处于偏晚的气候背景下，采

用１９８１—２０１０年平均作为气候值是否会影响对初

霜日期影响系统的诊断结果？由于海洋异常（如

ＥＮＳＯ事件）对大气环流及我国年际气候异常具有

重要的影响（贾小龙等，２０１１），下面首先分析短期气

候预测重要的外强迫因子，即ＥＮＳＯ循环对初霜日

期早晚的可能影响。

图２　我国北方初霜冻日（ａ）１９８１—２０１０年平均气候值，（ｂ）１９８１—２０１０年

平均值与１９７１—２０００年平均值之差 （单位：ｄ）

Ｆｉｇ．２　Ｔｈｅｆｉｒｓｔｆｒｏｓｔｄａｔｅｓａｖｅｒａｇｅｄｆｒｏｍ１９８１ｔｏ２０１０（ａ），ａｎｄｔｈｅｄｉｆｆｅｒｅｎｃｅｓｏｆａｖｅｒａｇｅｖａｌｕｅｓ

ｆｒｏｍ１９８１ｔｏ２０１０ａｎｄｆｒｏｍ１９７１ｔｏ２０００（ｕｎｉｔ：ｄ）

图３　中国北方初霜冻日期ＥＯＦ分析

第一模态时间系数

Ｆｉｇ．３　ＴｈｅｔｉｍｅｃｏｅｆｆｉｃｉｅｎｔｓｏｆＥＯＦｏｎｅ

ｆｏｒｔｈｅｆｉｒｓｔｆｒｏｓｔｄａｔｅｓｏｆｎｏｒｔｈｅｒｎＣｈｉｎａ

３　ＥＮＳＯ对初霜冻日期的可能影响

从前期各季和各月 Ｎｉｎｏ３．４指数与中国北方

初霜冻日期的相关分析来看，中东太平洋ＳＳＴ与中

国北方初霜冻的日期关系并不显著。根据国家气候

中心对 ＥＮＳＯ 的定义 （李晓燕等，２０００），采用

１９８１—２０１０年平均值，１９６１—２０１１年厄尔尼诺、拉

尼娜事件分别有１３个，拉尼娜事件到秋季结束或仍

然持续的年份有１８年：１９６２、１９６３、１９６４、１９６７、

１９７０、１９７３、１９７４、１９７５、１９８４、１９８５、１９８８、１９８９、

１９９５、１９９８、１９９９、２０００、２００７和２０１０年；秋季处于

厄尔尼诺暖事件的年份有１１年：１９６３、１９６５、１９６９、

１９７２、１９８２、１９８７、１９９１、１９９７、２００２、２００６和２００９

年。拉尼娜年初霜冻日期正距平频次合成分析表明

（图略），中国北方大部初霜冻日期偏早，其中东北大

部、华北大部、西北大部初霜冻日期偏早年份居多，

而偏晚年份偏多的区域主要在黑龙江西北部局部、

内蒙古东北部和中部局部、新疆东部等地。厄尔尼

诺年初霜冻日期正距平频次合成分析显示（图略），

除东北西部北部、内蒙古东北部和中部局部以及新

疆东北部偏晚外，中国北方其余大部偏早的年份居

多。分析２０世纪８０年代前后拉尼娜／厄尔尼诺年

的初霜冻日期，结果显示，２０世纪８０年代之前，无

论是拉尼娜年还是厄尔尼诺年，我国北方大部初霜

冻日期均偏早（图略）；而８０年代之后的拉尼娜年

（图４ａ），除了东北中部、内蒙古中西部、华北东部、

新疆西部和西北东部局部等地偏早外，中国北方大

部地区初霜冻偏晚的可能性较大，而厄尔尼诺年

（图４ｂ）中国北方大部初霜冻偏早的可能性较大，偏
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晚的区域仅在东北南部和东部局部、新疆中南部等

地。因此，采用１９８１—２０１０年平均值之后，ＥＮＳＯ

循环对于初霜冻的影响在１９８０年之前没有参考意

义，而２０世纪８０年代之后发生的ＥＮＳＯ事件对初

霜冻日期出现早晚的区域在华北大部、东北中部和

南部、内蒙古中东部区域的影响差异不明显。

图４　１９８０年代之后拉尼娜年（ａ）和厄尔尼诺年（ｂ）中国北方初霜冻

日期正距平频次合成分布（采用１９８１—２０１０年气候值）

Ｆｉｇ．４　ＴｈｅｐｏｓｉｔｉｖｅａｎｏｍａｌｉｅｓｆｒｅｑｕｅｎｃｙｃｏｍｐｏｓｉｔｅｄｉｓｔｒｉｂｕｔｉｏｎｓｏｆＬａＮｉｎａｙｅａｒｓ（ａ）ａｎｄ

ＥｌＮｉｎｏｙｅａｒｓ（ｂ）ｆｏｒｆｉｒｓｔｆｒｏｓｔｄａｔｅｓｉｎｎｏｒｔｈｅｒｎＣｈｉｎａ（ｃｌｉｍａｔｅ：１９８１－２０１０）

４　黑潮区ＳＳＴ异常与中国北方初霜

冻日期的可能联系

　　上面的相关和合成分析表明，即使是２０世纪

８０年代之后ＥＮＳＯ循环对初霜冻影响显著的阶段，

其对中国北方初霜冻的指示意义也是十分有限，尤

其对于华北、内蒙古中部、东北、黄淮北部等中国北

方的东部区域，在拉尼娜年和厄尔尼诺年对初霜日

期的早晚影响差别不明显。有研究表明，中国近海

的ＳＳＴ变化与东亚冬季风的关系密切（蔡榕硕等，

２０１１），东亚季风的强弱明显受到纬向海陆热力差

异的影响（郭其蕴，１９８３；赵汉光等，１９９６；祝从文等，

２０００；孙秀荣等，２００２），作为东亚季风系统的直接

下垫面，西北太平洋及我国近海ＳＳＴ对东亚局地环

流的影响可能更加直接。监测表明，２０１２年夏季中

东太平洋ＳＳＴ为近中性状态，作为大气的外强迫信

号相对较弱，而黑潮区ＳＳＴ在春、夏季持续为显著

的负异常，同时亲潮区ＳＳＴ为显著正异常分布，这

些区域ＳＳＴ异常是否会影响局地环流并对我国秋

季气候产生影响，值得进一步分析。初步计算显示

黑潮区ＳＳＴ与中国北方初霜冻日期具有很好的相

关，本文将探讨黑潮区ＳＳＴ对中国初霜冻的影响途

径。以下分析采用１９８１－２０１０年平均作为气候值。

４．１　黑潮区犛犛犜指数与中国北方初霜冻日期的关

系

　　黑潮区ＳＳＴ指数于２０世纪９０年代后期进入

偏暖阶段（图５），对应着中国北方初霜冻日期也进

入偏晚的阶段（图３）。图６为８和９月黑潮区ＳＳＴ

与中国北方初霜冻日期的相关，在华北大部、黄淮北

部、河套北部、内蒙古中部和东北部、环渤海区域均

稳定超过显著性检验水平，实际上在前期６和７月也

有类似的相关分布（图略）。因此，相关分析显示前期

及同期黑潮区ＳＳＴ与初霜冻日期具有很好的相关，

并且相关区域稳定通过显著性检验水平。

黑潮区ＳＳＴ在５—１２月的自相关系数（表１）均

图５　１９６１年１月至２０１１年７月

黑潮区ＳＳＴ指数时间演变图

（阴影区为ＫｕＳＳＴＩ＞０的区域）

Ｆｉｇ．５　ＶａｒｉａｔｉｏｎｏｆＫｕｒｏｓｈｉｏＳＳＴｉｎｄｅｘ（ＫｕＳＳＴＩ）

ｄｕｒｉｎｇＪａｎｕａｒｙ１９６１ｔｏＪｕｌｙ２０１１

（ＫｕＳＳＴＩ＞０ａｒｅｓｈａｄｅｄ）
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图６　１９６１—２０１１年８月（ａ）及９月（ｂ）黑潮区ＳＳＴ指数与中国北方初霜冻日期的相关分布

（阴影区由浅至深依次为相关性通过０．１０、０．０５、０．０１、０．００１显著性检验的区域）

Ｆｉｇ．６　ＣｏｒｒｅｌａｔｉｏｎｓｏｆＫｕｒｏｓｈｉｏＳＳＴｉｎｄｅｘ（ＫｕＳＳＴＩ）ｉｎＡｕｇｕｓｔ（ａ）ａｎｄＳｅｐｔｅｍｂｅｒ（ｂ）

ｗｉｔｈｆｉｒｓｔｆｒｏｓｔｄａｔｅｓｉｎｎｏｒｔｈｅｒｎＣｈｉｎａ

（Ｔｈｅｓｈａｄｅｄａｒｅａｓｆｒｏｍｌｉｇｈｔｔｏｄａｒｋｄｅｎｏｔｅｓｉｇｎｉｆｉｃａｎｔｌｅｖｅｌｅｘｃｅｅｄｉｎｇ０．１，０．０５，０．０１ａｎｄ０．００１ｒｅｓｐｅｃｔｉｖｅｌｙ）

表１　１９６１—２０１１年５—１２月黑潮区犛犛犜自相关系数

犜犪犫犾犲１　犛犲犾犳犮狅狉狉犲犾犪狋犻狅狀狊狅犳犿狅狀狋犺犾狔犓狌犛犛犜犐犳狉狅犿犕犪狔狋狅犇犲犮犲犿犫犲狉犱狌狉犻狀犵１９６１－２０１１

月份 ５ ６ ７ ８ ９ １０ １１ １２

５ １ ０．６３２ ０．４５０ ０．４４９ ０．４７０ ０．４５８ ０．４３７ ０．４４３

６ １ ０．７５８ ０．５４５ ０．４１９ ０．４５９ ０．４７１ ０．５２３

７ １ ０．６７７ ０．４９９ ０．４３２ ０．３２７ ０．３７０

８ １ ０．６４２ ０．４７６ ０．３７６ ０．２９３

９ １ ０．７１２ ０．５４８ ０．３７６

　　　　　注：加粗字体为相关通过０．００１显著性水平检验的值

Ｂｏｌｄｎｕｍｂｅｒｓｄｅｎｏｔｅｃｏｒｒｅｌａｔｉｏｎｓｅｘｃｅｅｄｉｎｇ０．００１ｓｉｇｎｉｆｉｃａｎｌｌｅｖｅｌｔｅｓｔ

达到或超过０．０５显著性水平检验，表明黑潮区ＳＳＴ

异常在月际变化上具有很好的持续性。因此黑潮区

ＳＳＴ异常可以作为一个先兆信号来尝试预测中国

北方初霜冻日期，这其中的可能机制值得进一步分

析。

４．２　黑潮区犛犛犜指数对５００犺犘犪环流的影响

８和 ９ 月黑潮区 ＳＳＴ 指数与 ９ 月及秋季

５００ｈＰａ高度场的相关显示（图７），无论是８月还是

９月，高相关区从华北、黄淮向东伸展到北太平洋呈

带状分布，达到０．０５的显著性检验水平，表明当黑

潮区ＳＳＴ偏暖（冷）时，有利于从中国华北区域至北

太平洋位势高度场偏高（低）。其中在我国华北至日

本群岛附近的相关区更加显著，９月黑潮区ＳＳＴ指

数与同期５００ｈＰａ高度场相关在上述区域达到

０．００１的显著性检验水平，而该区域是东亚大槽活

动的区域，即黑潮区ＳＳＴ暖（冷）时，东亚大槽偏弱

（强），从而有利于造成北方南下的冷空气活动偏弱

（强），进而造成华北、黄淮、内蒙古中部、环渤海区域

初霜冻日期偏晚（早）。

黑潮区上空（３０°～４５°Ｎ、１２０°～１６０°Ｅ）范围内

５００ｈＰａ高度场与黑潮区ＳＳＴ具有很好的相关。对

该区域的空间平均值进行逐月自相关分析（表２），

结果显示，６月和秋季各月、８月和９、１０月，９月与

１０月的高度场具有较好相关，但其他月相关性不显

著，因此可见黑潮区上空大气环流的月季变化持续

性较差。从黑潮区ＳＳＴ的自相关分析来看，黑潮区

上空大气环流的变化更多受到ＳＳＴ异常的影响。

４．３　黑潮区犛犛犜对低层风场的影响

初霜发生早晚的区域与冷空气活动范围、风场

变化密切相关。图８ａ为９月８５０ｈＰａ风场与前期８

月黑潮ＳＳＴ指数的相关分布，中国江南、江淮、黄

淮、华北至内蒙古中部区域为显著相关分布，矢量风

为东南方向；中国东部和北方大部为正的经向风相

关分布。９月黑潮区ＳＳＴ指数与秋季８５０风场的相
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图７　黑潮区ＳＳＴ指数与５００ｈＰａ位势高度场相关分布

（ａ）８月黑潮区ＳＳＴ与９月５００ｈＰａ位势高度场，（ｂ）９月黑潮区ＳＳＴ与

９月５００ｈＰａ位势高度场，（ｃ）８月黑潮区ＳＳＴ与秋季５００ｈＰａ位势高度场，

（ｄ）９月黑潮区ＳＳＴ与秋季５００ｈＰａ位势高度场

（阴影区由浅到深依次为相关性通过０．１０、０．０５、０．０１、０．００１显著性检验的区域）

Ｆｉｇ．７　ＣｏｒｒｅｌａｔｉｏｎｏｆＫｕＳＳＴＩａｎｄ犎５００ｄｕｒｉｎｇ１９６１－２０１１

（ａ）ＫｕＳＳＴＩｉｎＡｕｇｕｓｔａｎｄ犎５００ｉｎＳｅｐｔｅｍｂｅｒ，（ｂ）ＫｕＳＳＴＩａｎｄ犎５００ｉｎＳｅｐｔｅｍｂｅｒ，

（ｃ）ＫｕＳＳＴＩｉｎＡｕｇｕｓｔａｎｄ犎５００ｉｎＳＯＮ，（ｄ）ＫｕＳＳＴＩｉｎＳｅｐｔｅｍｂｅｒａｎｄ犎５００ｉｎＳＯＮ

（Ｔｈｅｓｈａｄｅｄａｒｅａｓｆｒｏｍｌｉｇｈｔｔｏｄａｒｋｄｅｎｏｔｅｓｉｇｎｉｆｉｃａｎｔｌｅｖｅｌｅｘｃｅｅｄｉｎｇ

０．１０，０．０５，０．０１ａｎｄ０．００１ｒｅｓｐｅｃｔｉｖｅｌｙ）

表２　１９６１—２０１１年５—１２月犎５００（３０°～４５°犖、１２０°～１６０°犈）自相关系数

犜犪犫犾犲２　犛犲犾犳犮狅狉狉犲犾犪狋犻狅狀狊狅犳犿狅狀狋犺犾狔犎５００（３０°－４５°犖，１２０°－１６０°犈）犳狉狅犿犕犪狔狋狅犇犲犮犲犿犫犲狉犱狌狉犻狀犵１９６１－２０１１

月份 ５ ６ ７ ８ ９ １０ １１ １２

５ １ ０．１８６ －０．００４ ０．０１２ ０．０９４ ０．３０１ －０．００３ ０．０７７

６ １ ０．３８０ ０．１４３ ０．４００ ０．４１１ ０．３０４ ０．２３９

７ １ ０．２４０ ０．２２２ ０．２０７ －０．０７６ －０．０３５

８ １ ０．４１０ ０．３５７ －０．０５１ －０．２１２

９ １ ０６４１ ０．２１３ ０．０１２

　　　　　加粗字体为相关通过０．０５显著性检验的值

ＳａｍｅａｓＴａｂｌｅ１，ｂｕｔｆｏｒ０．０５

关分布（图８ｂ）与对９月的分布相似，同样对我国东

部和北方区域具有显著的影响。实际上，前期６、７

月的相关场与此类似（图略）。相关分析表明，邻近

及同期黑潮区ＳＳＴ偏暖（冷）时，初秋和秋季我国东

部和北部区域易受东南（西北）异常环流的影响，这

种作用使得北方冷空气势力得以削弱（增强），从而

有利于华北及黄淮地区的初霜冻发生较常年偏晚

（早）。
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图８　８月黑潮区ＳＳＴ指数与９月（ａ）及秋季（ｂ）８５０ｈＰａ风场的矢量相关图，

仅显示出通过０．０５显著性检验的相关矢量分布

（阴影区为经向相关＞０的区域）

Ｆｉｇ．８　ＣｏｒｒｅｌａｔｉｏｎｖｅｃｔｏｒｓｂｅｔｗｅｅｎＫｕＳＳＴＩｉｎＡｕｇｕｓｔａｎｄｗｉｎｄｓａｔ８５０ｈＰａ

ｉｎＳｅｐｔｅｍｂｅｒ（ａ）ａｎｄＳＯＮ（ｂ）

（Ｓｈａｄｅｄａｒｅａｄｅｎｏｔｅｓｌｏｎｇｉｔｕｄｉｎａｌｃｏｒｒｅｌａｔｉｏｎｓｐｏｉｎｔｉｎｇｔｏｎｏｒｔｈ）

５　小　结

本文对中国３０°Ｎ以北的１８８站初霜冻日期采

用１９８１—２０１０年平均值的气候分布状况进行了分

析，并与１９７１—２０００年平均值进行了对比，进一步

分析了初霜冻日期在采用１９８１—２０１０年气候值后

与ＥＮＳＯ事件关系的变化，最后从外强迫异常影响

的角度，发现黑潮海温异常对我国北方初霜冻日期

有一定的影响，探讨了其中的可能机制。主要结论

如下：

（１）１９８１—２０１０年初霜冻日期气候值显示，我

国北方初霜冻日期由北往南次第出现，东北中北部、

内蒙古、西北新疆中北部在９月发生初霜冻，东北南

部、华北大部、西北东南部、黄淮北部在１０月发生，

而黄淮以南区域在１１月之后发生初霜冻，主要分布

在秋季时节。与１９７１—２０００年的气候平均值相比，

中国北方初霜冻日期除新疆东北部局部和黑龙江北

部局部外整体偏晚，该趋势在２０世纪９０年代之后

显著。

（２）采用１９８１—２０１０年平均值之后，ＥＮＳＯ循

环对于初霜冻日期的影响在１９８０年之前没有参考

意义；而２０世纪８０年代之后发生的ＥＮＳＯ事件，

对初霜冻日期出现早晚的区域在华北大部、东北中

部和南部、内蒙古中东部区域的影响差异不显著，缺

少较好的指示意义。

（３）夏季各月及初秋黑潮区ＳＳＴ指数与华北

大部、黄淮北部、河套北部、内蒙古中部和东北部以

及环渤海区等区域具有稳定的显著正相关关系。进

一步的分析表明，夏末和初秋黑潮区ＳＳＴ主要通过

影响其上空初秋及秋季局地大气环流系统，对中国

北方东部初霜冻造成影响，当黑潮区 ＳＳＴ 偏高

（低），我国东部及北方区域至日本以东区域上空

５００ｈＰａ高度场偏高（低），低层风场易出现东南（西

北）风，从而导致东亚大槽偏弱（强），来自北方的冷

空气活动势力得以削弱（增强），从而导致上述区域

初霜冻发生较常年偏晚（早）。

（４）黑潮区ＳＳＴ异常在月际变化上具有很好

的持续性，而黑潮区上空大气环流的月际变化显示

持续性较低，因此黑潮区ＳＳＴ异常可以作为一个先

兆信号来尝试预测中国北方初霜冻日期。

上述分析是在未去趋势情况下得到的结果。那

么这种关系是否由于气候变暖背景下初霜冻日期、

海温及环流的线性趋势变化造成的虚假信息？我们

对初霜冻日期、黑潮区海温指数和环流等均去趋势

后，再进行相关分析，结果表明：黑潮区海温与我国

北方东部初霜冻日期的显著相关区范围稍有缩小，

但中心位置与未去趋势前一致；环流场上，黑潮区与

华北、黄淮向东伸展到北太平洋的相关仍然通过显

著性检验（图略）。分析表明，尽管在气候变暖背景

下，我国北方初霜冻日期具有推后趋势、黑潮区海温

有升温趋势、环流场有增高趋势，但黑潮区海温异常

与环流的相关关系并不是各自线性趋势变化造成的

虚假关系。
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本文是探寻影响我国北方初霜冻日期先兆信号

的初步工作，在机理和预测模型建立方面有待做深

入研究。
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ABSTRACT

An hourly dataset of automatic weather stations over Beijing Municipality in China is developed and is

employed to analyze the spatial and temporal characteristics of urban heat island intensity (UHII) over the

built-up areas. A total of 56 stations that are located in the built-up areas [inside the 6th Ring Road (RR)] are

considered to be urban sites, and 8 stations in the suburban belts surrounding the built-up areas are taken

as reference sites. The reference stations are selected by using a remote sensing method. The urban sites are

further divided into three areas on the basis of the city RRs. It is found that the largest UHII generally takes

place inside the 4th RR and that the smallest ones occur in the outer belts of the built-up areas, between the

5th RR and the 6th RR, with the areas near the northern and southern 6th RR experiencing the weakest UHI

phenomena. On a seasonal basis, the strongest UHII generally occurs in winter and weakUHII is dominantly

observed in summer and spring. The UHII diurnal variations for each of the urban areas are characterized by

a steadily strong UHII stage from 2100 local solar time (LST) to 0600 LST and a steadily weak UHII stage

from 1100 to 1600 LST, with the periods 0600–1100 LST and 1600–2100 LST experiencing a swift decline and

rise, respectively. UHII diurnal variation is seen throughout the year, but the steadily strong UHII stage at

night is longer (shorter) and the steadily weakUHII stage during the day is shorter (longer) during winter and

autumn (summer and spring).

1. Introduction

Human activities have modified the composition,

structure, and energy balance of the earth’s surface and

the lower atmosphere in highly industrialized regions

such as Europe, North America, and eastern Asia. These

artificial factors determine a distinct local climate in big

cities, expressed as urban climate. With the urban modi-

fication to the natural land cover, surface air tempera-

ture (SAT) in the urban areas increases significantly

relative to the SAT in surrounding suburbs. This phe-

nomenon is known as the urban heat island (UHI) ef-

fect. Two different heat islands composed of a canopy

layer and a boundary layer have been identified. The

first layer is of a microscale nature, being dominated by

the immediate surroundings, and the second layer is of

a local or mesoscale nature, being affected by the pres-

ence of an urban area at its lower boundary (Oke 1976).

The most important features of urbanization are the

urban structure, the urban cover, the urban fabric, and

the urban metabolism (Oke 2006).

The features of the UHI have been extensively studied

during the past several decades (Landsberg 1981; Oke

1988; Arnfield 2003). Large UHI effects have been mea-

sured and reported for most regions of the world (Morris

et al. 2001; Grimmond 2006; Grimmond et al. 2010). A

UHI intensity (UHII) of up to 108C has been observed for

some large cities on clear and calm winter nights (J�auregui

1973; Sakakibara and Owa 2005; Rosenzweig et al. 2005).

In parallel, of particular interest for investigators are

the causes of UHI formation. It has been demonstrated
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that the UHI effect is closely related to urban/rural

energy-balance differences. It is also found that the

impact of urbanization is to favor partitioning of en-

ergy into sensible heat rather than latent heat and to

increase the importance of heat storage by the system.

The mechanisms for the canopy-layer anomaly are not

the same as those in the boundary layer, with the for-

mer consisting of a wide range of energy-balance sys-

tems and being largely the result of the immediate site

character and the latter probably representing both an

advective accumulation and internal radiative effects

(Oke 1982, 1987). Also, city size and synoptic weather

conditions are both essential causes, especially for long

time periods (Oke 1988; Karl et al. 1988). For shorter pe-

riods, however, the local-scale factors such as site expo-

sure, land cover, surface moisture, human activity, and so

on are more important (Davey and Pielke 2005; Peterson

2003; Kim and Baik 2005; Stewart and Oke 2012).

In China, analysis of the UHI has been conducted for

big cities, and interesting conclusions have been drawn

thereby. The previous works were mostly based on SAT

data from meteorological stations (Wang et al. 1990;

Zhou et al. 2004; Chu and Ren 2005; Feng et al. 2010;

A. Y. Zhang et al. 2010), and vehicle temperature tra-

verses and remote sensing technology were also used to

investigate the spatial structure of the UHI (Weng 2001;

Zhang et al. 2005; Xu et al. 2006; Xie and Yang 2008;

Fang et al. 2011; Ren and Ren 2011). The investigation

of UHI features in Shanghai, China, has shown that the

UHII is stronger at night and in autumn/winter than

during the day and in summer (Deng et al. 2001). Other

research by different authors for Beijing, China, has also

found an apparent UHI in the urban area (Zhang et al.

2002; Xu et al. 2006; Yang et al. 2013). In addition, for

different sizes of cites, the increases of UHII near most

meteorological stations have significantly enhanced the

SAT trends in mainland China over the past 50 years

(Zhou et al. 2004; Chu andRen 2005; Hu et al. 2006; Ren

et al. 2007, 2008, 2010; A. Zhang et al. 2010). There are

also some analyses of the UHI effects for big cities of

China using the data of land surface temperature retrieved

from satellite products such as the Landsat Thematic

Mapper (TM) and the Earth Observing System Moderate

Resolution Imaging Spectroradiometer (MODIS; e.g.,

Zhang et al. 2005; Fang et al. 2011). The results are relevant,

but they are not directly comparable to those obtained by

using surface air temperature data (Roth et al. 1989).

A major problem in the previous studies on the cli-

matological features of UHII in China is that if the de-

tailed diurnal variation is considered then the spatial

distribution is often ignored (Hu et al. 2009). Likewise,

the diurnal characteristics of the UHII have often been

neglected when in-depth study is given to the spatial

structure of the UHII (J. Zhang et al. 2010). For exam-

ple, Li et al. (2007) revealed the characteristics of the

Beijing UHI in July on the basis of both manual stations

and automatic weather stations (AWS), demonstrating

the spatial distribution and the diurnal variation of the

UHII. Because only the data from two AWSs in 2003

were used, the detailed features of the spatial and tem-

poral variation still need to be examined. Other studies

were also restricted to an outline description of the UHI

or to a single season by using data from only urban–rural

station pairs. The main reason for this contradiction is

the insufficiency of observations, especially the limited

routine meteorological observations.

AWSs were not deployed over mainland China until

the end of the 1990s, and the countrywide installations

and applications of AWSs at national meteorological

stations were completed only by ;2004. Since then,

a huge number of AWSs have been installed and applied

in urban and rural areas in the country as based on the

operational standard issued by the China Meteorologi-

cal Administration (China Meteorological Administra-

tion 2003, 104–125). By 2010, for example, a dense AWS

network with more than 200 stations had been estab-

lished in Beijing Municipality. This network can pro-

vide hourly SAT data, helping in investigations into the

UHII features in big cities like Beijing.

By applying the hourly SAT data from AWSs in

Beijing, the climatological features of UHII are inves-

tigated in detail in this paper. In the following sections,

the basic conditions, including the stations’ information

and climatological characteristics, are introduced at first,

and then the spatial distribution, seasonal variation, and

diurnal cycle of UHII in urban areas are examined.

Furthermore, the urban region of Beijing is divided

into three belts for analyzing the spatial differences of

UHII in detail. The causation of the UHII variation is

briefly discussed before the conclusions are drawn.

2. Study area, data, and methods

Beijing Municipality, with an area of 1.6 million km2,

is located in the north of the North China Plain and to

the south of the Yanshan Mountains. The southeast

plain occupies 38.8% of the total area of Beijing. Most

parts of the plain are below 100m above sea level. Beijing

is characterized climatologically by a typical temperate

continental climate, with a hot summer and a cold win-

ter, and a seasonally highly concentrated summer pre-

cipitation regime.

Since the 1980s, Beijing has experienced rapid ur-

banization. Through 2007, the urbanized regions have

extended and covered a much larger area than that of

the 1980s. The present extent of the built-up areas is
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marked in pink in Fig. 1 (Mu et al. 2012), and the current

population of the Beijing Municipality is 20 million,

which is 2 times the census result in 1986. Over 50% of

the population lives in the downtown areas and the

nearby suburban areas, which together make up the

study area of this paper as outlined in Fig. 1.

As a result of the bewildering urban sprawl, an express

transportation system became a necessity in Beijing

City, and a multiple-ring-road (RR) system of trans-

portation (Fig. 1) was developed (Wang et al. 2010). The

4th RR was opened in 2001 and is 65.3 km in length, and

the area inside the 4th RR reaches about 300 km2. The

5thRR (98.6 km long) was opened in 2003 and is;10 km

away from the city center. Six years later, the 6th RR

(187.6 km long) was built to relieve the traffic pressure in

Beijing City (red loops in Fig. 1). The areas inside the

different RRs actually represent the radial extensions of

the urban areas with varied densities of population and

buildings as well. In this paper, the sites located inside

the 6th RR in Beijing are considered to be urban sta-

tions, and those inside the 4th RR are considered to be

central urban stations (Fig. 1).

Hourly temperature data from 185 stations across

Beijing Municipality for the time period 2007–10 were

obtained from the Meteorological Information Center

of the Beijing Meteorological Bureau (MIC/BMB). The

height of theAWS temperature sensors from the ground

surface is 2m, which is consistent with those of the

manual stations. By considering the urban structure, the

urban cover, the urban fabric, and the urbanmetabolism

(Oke 1981, 2006), the BMB installed the AWSs in ac-

cord with the operational standard issued by the China

Meteorological Administration (China Meteorological

Administration 2003, 104–125), which is based onWorld

Meteorological Organization guidance.

To increase the robustness of our analyses, all hourly

temperature data from MIC/BMB have been checked

and quality controlled. The missing values, which ac-

count for 0.37% of the total records, were replaced by

the instantaneous valid values of the nearest five stations

by using spatial interpolation with the inverse-distance-

weighting technique (Lin et al. 2002). The possible er-

roneous data have been detected, proved, and adjusted,

and those stations with too many erroneous records

have been ruled out. The details of the quality control

have been provided by Yang et al. (2011).

Thus, 98 observation stations evenly distributing in

the entire study area were chosen (Fig. 1) for describing

the climatological features. In the following analysis of

the UHII characteristics, however, only the 56 urban

stations inside the 6th RR and 8 reference stations are

used. Indeed, it is noteworthy that the selection of the

reference stations surrounding the built-up areas is a key

to determining the UHII of a city. We choose the eight

reference stations according to a strictly defined stan-

dard using a remote sensing method (Ren and Ren

2011). By specifying the locations of the suburban sta-

tions in the fields of land surface temperature distribu-

tion, those that are unaffected by the UHI or are located

in the background climatic conditions are identified.

Relative to the other approaches used for classifying

climatic stations, the remote sensing method does not

rely so much on social and economic data, and data

updating can be easily done (Ren and Ren 2011).

In addition, the reference sites, far enough from the

built-up areas and in different directions from the urban

center, are all located within a distance of 53.7 km [Long

Wan Tun (LWT)] from Tiananmen Square, the center

of the city. All of the reference stations lie on open

ground with a countryside setting, completely away

from the impacts of high buildings. The average eleva-

tion of the reference stations is 39.6m, which is only

8.8m lower than that of the 56 urban stations (48.4m),

ensuring more accurate estimation of the UHII because

of similarities in the topography.

To differentiate the UHII among the distinct sites of

the built-up areas, we examined three groups of urban

stations in the analysis, including those inside the 4thRR

(composed of 25 stations), those in the zones of the 4th

FIG. 1. Study region and locations of the 4th–6th RingRoads and

the 98 temperature gauge stations used in this study, including 8

reference stations marked in blue and 56 urban stations marked in

red. Abbreviations of the station names are FHL for Feng Huang

Ling, YLD for Yong Le Dian, PGZ for Pang Ge Zhuang, AD for

An Ding, NZ for Nan Zhao, DXC for Dong Xin Cheng, DSGZ for

Da Sun Ge Zhuang, and LWT for Long Wan Tun. Abbreviations

marked in black are for the 10 districts of Beijing Municipality: CP

is Chang Ping, SY is Shun Yi, TZ is Tong Zhou, DX is Da Xing, FS

is Fang Shan, MTG is Men Tou Gou, SJS is Shi Jing Shan, HD is

Hai Dian, FT is Feng Tai, CY is Chao Yang, and CA is Central Area.
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and 5th RRs (composed of 14 stations), and those in the

zones of the 5th and 6th RRs (composed of 17 stations).

The reason for applying the classification is that the city

RR loops were constructed surrounding the city center

and they well differentiated the urban features in terms

of densities of population, buildings, and, to some ex-

tent, the functional areas (He et al. 2002; Miao et al.

2011). He et al. (2002) indicated that the urbanization

rate by 1997 had reached 94.6%within the 4th RRwhile

it had reached only 68.4% within the 4th–5th RR and

was lower outside the 5th RR. The RR loops repre-

sented well the urban–rural boundaries for different

time periods in Beijing during 1984–2007 (Mu et al. 2012),

with the densest and tallest buildings and almost all of

the central commercial areas appearing within the 4th

RR. It is therefore reasonable to make such a first-order

FIG. 2. Spatial distributions of the mean temperature (8C)
during (a) the whole year, (b) spring, (c) summer, (d) autumn, and

(e) winter in Beijing during 2007–10.
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classification of the urban stations for showing the

macro- and integrated features of UHI effects.

In the study, UHII is estimated by calculating the

SAT difference between urban and rural stations (areas).

The rural SAT Trural is the average SAT of the eight

reference stations, and the urban SAT Turban is the SAT

of any urban station or the average SAT values of the

urban stations inside any specific urban area. Therefore,

UHII, or DTu2r, can be defined as

UHII5DTu2r 5Turban 2Trural . (1)

3. Characteristics of temperature

The annual and seasonal mean SATs over the study

region are shown in Fig. 2. During the 4-yr period, the

annual mean SAT over the study region is 13.048C, with

the highest value (14.718C) appearing in He Ping Xi

Qiao (HPXQ) near the joint belt of the Central Area

(CA) and Chao Yang (CY) districts. The lowest record

(11.828C) is seen in Shun Yi Sai Ma Chang (SYSMC) in

the southwestern Shun Yi (SY) district. Centers of rel-

atively high temperature can be identified inside the 4th

RR or in CA, the adjacent zones to the 4th RR such as

CY, Feng Tai (FT) district, and Hai Dian (HD) district.

The secondary high centers mainly occur in the south-

western part in FT, Men Tou Gou (MTG), and HD dis-

tricts and in the northern part of the CY district. In the

northwest and northeast, the annual mean SAT is gen-

erally less than 128C.
In a similar way, high-temperature centers for each

season mostly concentrate on the 4th RR (Figs. 2b–e),

and low-temperature centers often appear over the

northwestern and northeastern parts of the study

FIG. 3. (a) Pentad averaged and (b) annual-averaged diurnal cycle of mean temperature in

urban and rural areas in the study region.
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region. The spatial variability varies by season, however.

The spatial variability of SAT is small in spring. The

mean SAT differences among the sites are consistently

larger in summer than those in spring, and they are even

larger in autumn and winter. Although the scope of the

centers of high seasonal mean SAT in autumn is smaller

than that in winter, and only a few sporadic high centers

are observed inside the 4th RR, the site-to-site SAT

contrast reaches 3.798C, which is slightly larger than that

in winter. It is obvious that the large spatial contrasts of

annual mean and seasonal mean SAT result from the

UHI effects, which lead to a significant increase in tem-

perature over the built-up areas relative to the sur-

rounding countryside (Xu et al. 2006; Lin and Yu 2005;

Liu et al. 2009).

Figure 3 displays the seasonal and diurnal cycles of

SATs over the urban area represented by the 56 urban

stations and the rural areas represented by the 8 refer-

ence stations. Similar variations appear in urban and

rural areas, but there is a systematic positive SAT dif-

ference between the urban and rural areas throughout

the year. The difference clearly indicates the UHI effect

over the urban areas. Table 1 shows that the hourly

mean SAT in the urban areas is 13.368C but varies from

13.908C in CA to 12.968C between the 5th and 6th RRs.

Mean urban SATs in various seasons all appear to be

the highest in CA, followed by the 4th and 5th RRs,

with the lowest record registered in the 5th and 6th RRs.

The SAT differences between adjacent urban areas

generally decrease from CA to the outskirts for all sea-

sons, with the largest difference occurring between CA

and the 4th and 5th RRs in wintertime and the smallest

one between the 4th and 5th RRs and the 5th and 6th

RRs in springtime.

The hourly SAT difference between urban and rural

stations is also evident, and the urban SAT is higher at

all times during a day. The diurnal cycle is smaller in

urban areas than in rural areas. This is consistent with

previous research reporting that the pace of SAT de-

cline in urban areas is slower than that in the rural areas

after sunset (e.g., Oke 1982; Li et al. 2008).

4. Characteristics of UHII in urban areas

a. Spatial distribution of UHII

The spatial distribution of annual mean UHII over the

urban areas (corresponding to the built-up areas inside

the 6th RR) is shown in Fig. 4. The maximum UHII

center (2.458C) appears at HPXQ (39.978N, 116.418E), in
the northeastern part of CA.This station is surrounded by

dense buildings and several expressways (Fig. 5a). The

only station with negative UHII (20.168C) is Dao Xiang

Hu (DXH; 40.108N, 116.188E) in the northwest part of

the built-up areas. The sparser buildings and a nearby

small lake might be reasons for the negative UHII re-

corded at this station (Fig. 5b).

Figure 6 shows the spatial distribution of the sea-

sonal mean UHII over the urban areas of Beijing. The

high UHII centers, such as those around CA, CY, and

HD, are all economically developed and densely pop-

ulated parts of the city. It is obvious that the UHII

is stronger in winter and autumn than in spring and

summer. The feature of a seasonal cycle is supported by

previous studies, including Xie et al. (2006), Lin and Yu

(2005), and Chu andRen (2005) for Beijing City and Liu

et al. (2005) and Han et al. (2007) for Shijiazhuang and

Tianjin, the nearby big cities in the North China Plain.

The lowest seasonal mean UHII is identified in spring,

with most areas outside the central urban area being

less than 1.28C. Areas with spring mean UHII of less

than 0.68C are found in the northeastern and north-

western parts of the domain. In autumn, the seasonal

mean UHII experiences a considerable increase, with

the 1.28C isotherm covering most areas inside the 5th

RR and the maximum UHII in the northern CA

TABLE 1. Annual and seasonal mean temperatures (8C) for the
whole urban area, the urban station groups (inside the 4th RR,

4th–5th RRs, and 5th–6th RRs), and the rural areas.

Inside 4th

RR

4th–5th

RRs

5th–6th

RRs

Urban

areas

Rural

areas

Year 13.90 13.24 12.96 13.36 12.21

Spring 14.79 14.30 14.08 14.39 13.51

Summer 26.57 26.08 25.80 26.15 25.36

Autumn 14.09 13.30 13.00 13.46 12.13

Winter 20.01 20.88 21.19 20.69 22.20

FIG. 4. Spatial distribution of the annualmeanUHII in the urban

areas during 2007–10. Blue, pink, purple, red, and black lines mark

the UHII isotherms of, 08, 0.68, 1.28, 1.88, and 2.48C, respectively.
Blue points represent the stations in the urban areas.

1808 JOURNAL OF APPL IED METEOROLOGY AND CL IMATOLOGY VOLUME 52

330



reaching 3.158C. The winter has the largest seasonal

mean UHII, and almost the entire central urban area is

surrounded by the 2.48C isotherm, with the maximum

value reaching 2.908C, whereas the minimum UHII of

20.078C occurs at DXH in the northwestern most part

of the domain.

Table 2 illustrates the considerable differences among

the seasons. The largest seasonal mean UHII of the

whole urban areas is 1.658C inwinter, followed by 1.388C
in autumn, 0.928C in summer, and 0.808C in spring. The

largest seasonal difference between winter and spring

reaches 0.858C.
The fact that UHII is largest in winter can be explained

by rural areas cooling more rapidly under strong inver-

sions and radiation-type weather at night during this

season in the North China Plain. Heat release by build-

ing heating in winter might be another reason (Chen and

Shi, 2012). The maximum wind speeds in the urban areas

occur in spring, reaching 1.84ms21 on average while the

average UHII is 1.058C, and strong wind is therefore

FIG. 5. Stations and the surrounding landscapes: (a) HPXQ and (b) DXH. [Photographs are

from Google Earth; �2011 Google; image �2011 DigitalGlobe.]
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very important for weaker UHII during spring. The au-

tumn mean UHII is larger, and this is usually associated

with calm weather and a stable lower atmosphere. Of

the four seasons, autumn is the one in which urban areas

have the lowest average wind speed (1.19ms21). Pre-

vious research indicated that frequent rainfalls and the

unstable lower atmosphere in the monsoon might have

been the most important reason for the smaller UHI

during summer (Zhang et al. 2005). To examine this, we

compared the average UHIIs of total urban areas in

summer for rainy days and no-rain days and preliminarily

found a good association of the UHI with the weather

phenomena, with the UHII on rainy days much lower

than on sunny days.

b. Diurnal variation of UHII

Figure 7 shows the annual mean diurnal UHII in the

three urban areas divided by the 4th, 5th, and 6th RRs.

FIG. 6. As in Fig. 4, but for (a) spring, (b) summer, (c) autumn, and (d) winter.

TABLE 2. Annual and seasonal means, maximum, minimum, and

range values of UHII over the urban areas of Beijing (8C).

Mean Max Min

Range

(max 2 min)

Year 1.23 2.45 20.16 2.61

Spring 0.80 1.53 20.12 1.65

Summer 0.92 1.98 20.24 2.23

Autumn 1.38 3.15 20.22 3.37

Winter 1.65 2.90 20.07 2.97
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Among the three belts, a common diurnal variation

pattern has been found to contain two relatively stable

stages separated by two swiftly changing stages. One

stable stage is characterized by strong UHII lasting from

2100 LST until early the nextmorning (about 0600 LST),

and another is characterized by weak UHII lasting from

1100 to 1600 LST. The two swiftly changing stages are

from 0600 to 1100 LST and from 1600 to 2100 LST,

characterized by a fast decline and an abrupt rise, re-

spectively.

Table 3 shows the average UHII for the 24-h and the

steadily strong and weak UHI stages. We can see that

inside the 4th RR the largest annual mean UHII occurs

during the steadily strong UHI stage in CA, reaching

2.378C, and the smallest annual mean UHII of 0.218C
appears during the weak UHI stage in the area between

the 5th and 6th RRs. The 24-h average UHII difference

between CA and the 4th–5th RR area is 0.658C, and that

between the areas of the 4th–5th RRs and 5th–6th RRs

is only 0.278C. This spatial contrast is more remarkable

during the steadily strongUHI stage, with the difference

between CA and the 4th–5th RR area reaching 0.978C,
which is almost 3 times the difference between the areas

of the 4th–5th RRs and 5th–6th RRs (0.348C). On the

contrary, the spatial contrasts for the neighboring areas

are small for the steadily weak UHI stage.

The average UHII isotherms in the two stable stages

are shown in Fig. 8. During the strong UHI stage, the

central urban area is almost surrounded by the 2.48C
UHII isotherm, and UHII values of 1.28C or greater are

recorded at 39 out of the total 56 urban stations (Fig. 8a).

Only three stations near the 6th RR exhibit notably

weak UHII (lower than 0.68C). Nevertheless, noticeable

discrepancies are observed in the UHII isotherm dis-

tribution during the steadily weak UHI stage (Fig. 8b).

Although the central area is surrounded by the 0.68C
isotherm, nowhere inside the 4th RR does the UHII

surpass 1.28C, and the area between the 5th and 6th RRs

has a very low UHII of only 08–0.38C.

c. Seasonal variation of UHII

The pentad-mean UHII for the three urban areas for

the time period 2007–10 is shown in Fig. 9. The seasonal

FIG. 7. Diurnal variations of UHII in the urban areas inside the 4th

RR and between the 4th and 5th and 5th and 6th RRs.

TABLE 3. Average UHII for 24 h and for the steadily strong and

weak UHI stages (8C).

24-h avg

Strong UHI stage

(2100–0600 LST)

Weak UHI stage

(1100–1600 LST)

Inside 4th RR 1.65 2.37 0.60

4th–5th RRs 1.00 1.40 0.38

5th–6th RRs 0.73 1.06 0.21

FIG. 8. As in Fig. 4, but for the spatial distribution of theUHII for

(a) a strong UHII stage (2100–0600 LST) and (b) a weak UHII

stage (1100–1600 LST).
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variations in the UHII in the different areas are con-

sistent. The largest pentad-mean UHII of 2.758C occurs

in the urban center in the 70th pentad, and the smallest

pentad-mean value of 0.278Cappears in the 5th–6thRRs

in the 38th pentad. The winter mean UHIIs are 2.158,
1.278, and 0.968C for CA, the area between the 4th and

5th RRs, and the area between the 5th and 6th RRs

respectively. The weakest UHII take place in spring,

with the seasonal mean values being 1.298, 0.798, and
0.588C for the three areas, respectively. Figure 10 shows

the hour-pentad plots of the UHII averaged for all of

the urban areas for the time period 2007–10. Figure 10

clearly shows that the UHII in summer experiences a

smaller diurnal variation in comparison with the other

seasons. It also indicates that the night-to-day shift is

large in winter and small in autumn, which might be to

some extent due to the heat release by building heating

during the cold and long winter nights. It is interesting

to note that, although the UHII at nights in summer

is weaker than those in winter and autumn, the UHII

during the daytime in summer is obviously the strongest

among the seasons. A similar conclusion has been re-

ported by Zhang et al. (2005) using remote sensing data.

In addition, there are obvious multipentadal fluctua-

tions in nighttime UHII, especially in winter and au-

tumn. The frequency of the fluctuations is lower in

autumn and early winter but becomes higher in the first

10 pentads, or later in the winter. Whether this phenom-

enon is related to the local weather disturbances needs

to be investigated in the future.

Figure 11 presents hour-pentad plots of UHII aver-

aged for the different urban areas for the time period

2007–10. Considerable differences exist among the ur-

ban areas. In the central urban area, the hourly mean

UHII can reach as high as 3.08C during the nighttime

strong UHII stage in winter—a value is approximately

1.28C higher than that in summer. Once again, the

hourly mean UHII during the daytime shows obviously

higher values in summer than in the other seasons in the

central urban area. Nevertheless, higher summer day-

time UHII is not captured within the areas of the 4th–5th

and 5th–6th RRs. For example, the maximum UHII in

the 4th–5th RRs reaches 2.78C around 0800 LST in the

70th pentad (early winter), and the relatively stronger

UHII phenomenon during the summer daytime is not

notable. Between the 5th and 6th RRs, extremely low

UHII values prevail in daytime in every season, espe-

cially on spring afternoons, and even a few negative

values are registered in the early afternoon around the

18th pentad (Fig. 11c).

5. Discussion

The analysis performed here shows that the number

of observational sites, the length of the dataset, and the

selection of the reference or rural stations are all im-

portant for analyzing the UHI. Many studies of urban

climate have been conducted for Beijing City, and they

have reported some basic features of the UHI (Xie et al.

2006; Xu et al. 2006; Zhang et al. 2002; Chu and Ren

2005; Liu et al. 2009; Wang and Lu 2005; Wang et al.

2011). The previous studies could barely describe the

fine-resolution structure of the UHII in Beijing urban

areas, however, because of the lack of observational

FIG. 9. Variations in pentad-mean UHII for the three urban

areas: squares indicate the CA, circles are for the area between

the 4th and 5th RRs, and triangles are for the area between the

5th and 6th RRs. Dashed vertical lines mark the boundaries of the

four seasons.

FIG. 10. Hour–pentad plots of the UHII averaged for the whole

urban area for the time period 2007–10. Dashed horizontal lines

mark the boundaries of the four seasons.
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data, and most of the studies could not give precise es-

timates of the UHII for any urban sites because of the

incomplete method for selecting reference stations. In

choosing rural stations, for example, previous studies

often took terrain and elevation into consideration

(e.g., Wang et al. 2011) or simply relied on adminis-

trative boundaries to classify stations (e.g., A. Zhang

et al. 2010) but did not at the same time take into ac-

count the specific positions of the observational sta-

tions in the urban thermal fields.

Applying densely distributed AWS observations for

2007–10, we extend our analysis to reveal the detailed

features of the fine-resolution diurnal and seasonal vari-

ations and spatial distribution of the UHII in the Beijing

urban areas. The objective criteria used for selecting

reference stations can guarantee the accuracy of the

estimates of the UHII. Moreover, unlike in previous

studies, we perform the regionalization of the urban

areas by referring to the positions of the three ring

roads. This procedure better reveals the spatial differ-

entiation of the Beijing urban climate, because the

urban area has sprawled outward from the center and

the ring roads are consistent with the boundaries of

past urban areas at different urbanization stages (He

et al. 2002; Li et al. 2009). To separate the urban areas

into residential and business districts is a common

practice (e.g., Liu and Yang 2009), but there is often a

mosaic distribution in Beijing, and, although the pro-

cedure would be better to be applied in a functional

classification, it might be not be proper for use in urban

regionalization in the city. The ring-road-based region-

alization applied in this paper represents well the spatial

differentiation of the urban climate.

The results of our study are generally consistent with

previous works using daily or hourly records from a

smaller number of meteorological stations (e.g., Wang

and Hu 2006; J. Zhang et al. 2010; Dong et al. 2011).

These other studies also found that winter is the season

that is most influenced by the UHI effect, despite the

fact that J. Zhang et al. (2010) showed the weakest UHII

in summer rather than in spring as we found. The dif-

ferences are likely related to the different densities of

station networks and the criteria for defining urban

and rural stations. The weakest UHII in spring could be

well explained by the more frequent windy conditions

and the largest seasonalmeanwind speed fromMarch to

May in northern China (Zhang and Ren 2003; Liu et al.

2004). A steadily strong UHII stage was found at night,

whereas a steadily weak UHII phase is evident during

the daytime. We also calculated the urban area-averaged

hourly mean UHII and show that the steadily strong

and weakUHI stages have the same timing and duration

in the three urban areas, but with varied magnitudes.

FIG. 11. Hour–pentad plots of the UHII averaged for (a) the

central urban area, (b) the 4th–5th RRs, and (c) the 5th–6th RRs

for the time period 2007–10. Dashed horizontal lines mark the

boundaries of the four seasons.
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The daytime UHII in summer is higher than those in

other seasons. This phenomenon was also found by

J. Zhang et al. (2010). Our results indicate, however, that

it is most evident in the central urban area. Relative

to the urban area, the rural area has a stronger evapo-

transpiration and latent heat flux exchange during the

daytime in summer, and this fact might contribute to

the UHII difference. It is also possible that the larger

anthropogenic heat release in the central urban area

during summer afternoons results in a stronger UHII

in comparison with the rural area.

Zhang et al. (2005) investigated the seasonal fea-

tures of the UHII in Beijing in 2001. They used land

surface temperature products from EOSMODIS, and

showed that the UHII in Beijing urban areas is

strongest in summer and weakest in winter. By using

data of seasonal land surface temperature from the

Landsat TM in 2005 and 2006, Fang et al. (2011) also

drew the conclusion that the urban areas of Beijing have

amore evidentUHI effect in summer. These results from

remote sensing products are different from our analy-

ses, which show that the largest seasonal mean UHII

for total urban areas occurs in wintertime (1.658C) and
that the seasonal mean UHII in the Beijing urban areas

in summer is only 0.928C, marginally higher than the

smallest seasonal mean UHII in spring (0.808C). Our

result is consistent with the general sense of a strong

temperature inversion and stable lower atmospheric

layer in winter nights and the extra heat release by

heating in buildings (Chen and Shi 2012). The reasons

for the large differences between our analysis and

previous works are not clear at present, but they in-

dicate that the land surface temperature retrieved from

satellite products might have been representing a differ-

ent physical quantity from that measured by thermome-

ters at the meteorological stations. An alternative

explanation is the difference in the definitions and cal-

culation methods of the UHII that were used in the

previous studies versus those of this study.

6. Conclusions

A study was conducted to analyze the UHI phenom-

enon in Beijing urban areas through an application of

a quality-controlled hourly dataset of AWSs. The follow-

ing four meaningful findings are drawn from the study:

1) The strongest annual mean UHII occurs in the central

urban area inside the 4th RR, whereas weaker UHIIs

generally occur between the 4th and 5th RRs and the

5th and 6th RRs, including the urban areas in HD,

FT, southwestern CY, and northern DX. In addi-

tion, the weakest UHII appears in the area between

the 5th and 6th RRs, with sites near the northern

and southern 6th RR having the smallest UHI

phenomena.

2) The annual mean UHII for the whole urban area is

1.238C, and the seasonal mean UHIIs for the urban

area are 1.658C for winter, 1.388C for autumn, 0.928C
for summer, and 0.808C for spring. Most of the urban

stations experience their strongest UHII in winter,

but a few record their strongest UHII in autumn.

3) The diurnal variations of hourly mean UHII are

characterized by a stage with steadily high values

from 2100 to 0600 LST and a stage with steadily

low values from 1100 to 1600 LST, with the 0600–

1100 LST period containing the swiftly declining

stage and the 1600–2100 LST period representing

the rapidly rising stage. The annual and seasonal

mean UHI differences among the three divided

regions result mostly from the different contributions

in the nighttime UHII.

4) There are always a steadily UHI strong stage and

a stable weak UHI stage during the diurnal variation

all through the year. Moreover, the steadily strong

UHI stage during nighttime is longer and the steadily

weak UHII stage in daytime is shorter in winter and

autumn.
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Based on daily maximum,minimum andmean surface air temperature fromNational Centers for Environmental
Prediction/National Center for Atmospheric Research Reanalysis (NCEP/NCAR) and European Centre for
Medium-Range Weather Forecasts (ECMWF) reanalyses, the distributions of twenty temperature indices are
examined in China during 1958–2011. ECMWF includes ERA-40 for the period 1958–2001 and ERA-Interim
during 2002–2011. The consistency and discrepancy of extreme indices between reanalyses and observations
(303 stations) are assessed. In most cases, temperature indices between NCEP/NCAR and ECMWF have good
agreements. For both reanalysis, cold days/nights have decreased, while warm days/nights have increased
since 1980. Temperatures of the coldest days/nights and warmest days/nights significantly increase over the
entire China, and the diurnal temperature range demonstrates slight variations; the amounts of growing season
length, and summer/tropical days have increased, consistent with the decrease in numbers of frost/ice days.
Furthermore, the persistence of heat wave duration and warm spell days has increased and consecutive frost
days have reduced. Meanwhile, consecutive frost days, cold wave duration and cold spell days from NCEP/
NCAR have decreased and consecutive frost days have increased, while these indices from ECMWF turn to the
opposite directions. Comparedwith observations, temperature extremes from two reanalyses have small relative
bias and the root mean squared errors, while correlation coefficients are positively high. These suggest that both
reanalyses can reproduce the variability of temperature extremes obtained from observations, and can be applied
to investigate climate extremes to some extent, although the biases exist due to the assimilation differences.

© 2013 Elsevier B.V. All rights reserved.
1. Introduction

Due to the contradiction between the lack of observations and the
increasing demand from the scientific community, it becomes urgent to
acquire datasetwith high resolution and long record in support of climate
research and modeling, especially in the data scarce region such as the
Tibetan Plateau (Kang et al., 2010). Reanalysis data refer to the results of
state-of-the-art model output, data assimilation of numerical models,
and the integration of non-regular observations, rawinsonde, aircraft,
satellite and other data sources (Kalnay et al., 1996; Kistler et al., 2001).
Reanalysis data extend for several decades, cover the entire globe from
the Earth's surface to the above of the stratosphere, and play an extremely
important role in the field of atmospheric science and climate research.
Meanwhile, reanalysis data can be applied to understand the laws of
atmospheric motion, investigate global and regional climate change and
orological Disaster, Ministry of
d Technology, Nanjing, 210044,
E

C
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variability, identify the causes of climate variations and prepare for the
input datasets for climate modeling. Reanalysis data are widely used in
atmospheric science, diagnostic analysis, as well as the initial field for
driving the regional and global climate models (Kalnay et al., 1996;
Kistler et al., 2001; Uppala et al., 2005; Dee and Uppala, 2009).

However, it is noticed that that reanalysis data should not be equated
with “observations” and “reality”. The changing mix of observations and
biases between observations andmodels can produce spurious variability
and trend in the reanalysis. Zhao and Fu (2006) divided the reanalysis
errors into the two classifications: (1) observing system changes such as
lack of observations and errors in observations may lead to discrepancies
and errors in reanalysis products,which canbe regarded as the systematic
errors; (2) numerical prediction models and assimilation programs such
as shortcoming in the assimilating model/methodology can produce
inaccurate/false data for reanalysis data. In summary, the uncertainties
in the reanalysis data are difficult to understand and qualify, and more
recent researches are to facilitate comparisons between reanalysis and
observational datasets (Bengtsson et al., 2004; Simmons et al., 2004).

The widespread used reanalysis included the National Centers for
Environmental Prediction/National Center for Atmospheric Research
9
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Reanalysis (NCEP/NCAR hereafter) (1948–present) (Kalnay et al., 1996)
and European Centre for Medium-Range Weather Forecasts (ECMWF)
40 year reanalysis (ERA-40 hereafter) (1957–2002) (Uppala et al.,
2005). ERA-Interim is the latest global atmospheric reanalysis produced
by ECMWF covering the data since 1979 (Dee et al., 2011), and it is
regarded as the new, more ambitious and next generation reanalysis
to succeed ERA-40 (Dee and Uppala, 2009). On the global and regional
scales, several studies have been retrieved different parameters and
variables from reanalysis to compare the credibility with observations
(Kalnay et al., 1996; Su et al., 1999; Zhang and Qian, 1999; Xu et al.,
2001; Wei and Li, 2003; Simmons et al., 2004; Frauenfeld et al., 2005;
Zhao and Fu, 2006; Xie et al., 2007; Zhao et al., 2007, 2008; You et al.,
2009). However, the results are sensitive to the time period, regions,
and selected observations.

In China, the observed surface air temperatures have been applied to
evaluate the applicability of NCEP/NCAR reanalysis. The preliminary
analysis shows that the monthly mean temperature from reanalysis
is lower than the observed value. On a seasonal basis, surface air
temperature in summer has a good credibility for reanalysis, while the
winter has a poor credibility (Xu et al., 2001; Zhao and Fu, 2006; Ma
et al., 2008; Zhao et al., 2008). Compared with NCEP/NCAR, ERA-40
reanalysis represents the temperature of the lower troposphere over
East Asia very well, and can be used to study the inter-decadal climate
change in that region (Huang, 2006). There are studies focusing on the
applicability of reanalysis in the Tibetan Plateau. It is found that the
surface air temperature from NCEP/NCAR does not identify significant
warming and there are large geographical differences, while it shows
more pronounced warming in the North China Plain region (Su et al.,
1999; Xu et al., 2001; Ma et al., 2008). Over the Tibetan Plateau and its
vicinity, Su et al. (1999) analyzed and tested the credibility of NCEP/
NCAR reanalysis, and pointed out that the reanalysis is more reasonable
because the mean distribution patterns from reanalysis are similar to
observations. Wei and Li (2003) carried out the applicability of NCEP/
NCAR reanalysis along the Qinghai-Tibet Railway, and found systematic
temperature values obtained from reanalysis are less than the actual
observed values. Frauenfeld et al. (2005) compared ERA-40 reanalysis
with observations, and revealed that ERA-40 reanalysis is less
susceptible to the influence of the local assimilation system after the
spectral models with the real terrain are used. Xie et al. (2007)
investigated two automatic weather stations' data in the southern
NyainqentanglhaMountains and EverestNorthern Slope, and compared
them with NCEP/NCAR reanalysis. They indicated that NCEP/NCAR
reanalysis can reflect changes in the temperature at the synoptic scale,
but temperature value from reanalysis is lower than the corresponding
observed values. You et al. (2009) analyzed the applicability of
NCEP/NCAR reanalysis in the glacier nearby Namco Lake district, and
illustrated that reanalysis of the temperature is relatively good, and
application of reanalysis in the critical region should take the impact
of altitude into account. These results are identified for the surface air
temperature in the entire Tibetan Plateau by the comparisons between
observations and reanalyses including NCEP/NCAR and ERA-40
reanalysis (You et al., in press).

Overall, the applicability of reanalysis has been assessed and
compared with the climate mean anomalies (such as the monthly and
annual mean temperature). Fewer studies have been focused on the
extreme climate and weather events such as extreme heat waves,
extreme low temperatures, cold wave duration, which are more
sensitive to climate change than their mean values (IPCC, 2007).
Reanalysis data can be a potentially useful source of data for monitoring
long-term changes in extremes in data sparse regions, but they have not
been used in the field of temperature extremes (Zhang et al., 2011). The
purpose of the present study is to evaluate the climate extremes
calculated from reanalysis in China, the applicability of the inter-
annual climate is evaluated with observations, which are needed to
better understand the pattern, cause, frequency and intensity of climate
extreme in China.
340
2. Data and methods

2.1. Reanalysis data

In this study, the dailymaximum,minimumandmean temperatures
from NCEP/NCAR, ERA-40 and ERA-Interim reanalysis are selected,
which are in accordance with 190 grid points covering the entire
China (Fig. 1). NCEP/NCAR reanalysis is provided by the National
Oceanic and Atmospheric Administration (NOAA)/Earth System
Research Laboratory (ESRL)/Physical Sciences Division (PSD), Boulder,
Colorado, USA, from their website at http://www.cdc.noaa.gov/. The
datasets cover January 1948 to the present with a spatial resolution of
2.5°× 2.5° (Kalnay et al., 1996), and are initialized with a wide variety
of weather observations, including ships, planes, satellite observations.
The daily maximum, minimum and mean temperatures of ERA-40
and ERA-Interim reanalysis data are obtained from the ECMWF
website (http://www.ecmwf.int/). For ERA-40 reanalysis, it is available
from September 1957 to August 2002 with a spatial resolution of
2.5° × 2.5° (Uppala et al., 2005). Compared with NCEP/NCAR, ERA-40
is produced by use of a wide range of observing systems, such as the
satellite data and vertical temperature profile radiometer radiances
starting in 1972 (Ma et al., 2009). Due to ERA-40 stop by 2002,
ERA-Interim (1979–present) is used to extend ERA-40 to the present.
It is shown that the difference of temperature between ERA-40 and
ERA-Interim is slight during the overlapping period (1979–2001)
(Fig. 1). Thus ERA-40 is used before 2001 ERA-Interim is applied after
2001 for this study. ERA-Interim use input observations prepared for
ERA-40 until 2002 and has a spatial resolution of 1.5° × 1.5° (Dee
et al., 2011). Both NCEP/NCAR and ERA-40 were assimilated using a
6-hourly 3D variational analysis (3DVAR), but ERA-Interim is based on
a 12-hour four-dimensional variational analysis (4DVAR). Furthermore,
the surface sea temperature and sea-ice concentrations described as
boundary conditions differ in each reanalysis, and the forecast models
and physical parameterizations are also different (Zhang et al., 2012).
To qualify the comparison, all reanalyses are interpolated into
2.5°×2.5° horizontal resolution using the linear interpolationmethods.

2.2. Observations

To validate the reanalysis data, the daily maximum, minimum and
mean temperatures for 303 stations are used in China (Fig. 1), provided
by the National Meteorological Information Center, China Meteorological
Administration (NMIC/CMA). The quality of observational data in China,
meeting the World Meteorological Organization's (WMO) standards,
and the climate extreme and its connection with atmospheric patterns
have beendiscussed (You et al., 2011). For the calculation of observations,
the internationally agreed indices are adopted, which are generated by
theWMOCommission for Climatology (CCl), theWorld Climate Research
Program (WCRP) project on Climate Variability and Predictability
(CLIVAR) and JointWMO-IntergovernmentalOceanographic Commission
(IOC) Technical Commission for Oceanography and Marine Meteorology
(JCOMM) Expert Team (ET) on Climate Change Detection and Indices
(ETCCDI) (http://cccma.seos.uvic.ca/ETCCDI) (Peterson and Manton,
2008). Releasing climate indices and sharing the ETCCDI's indices are of
great use to scientific community working on adaptation and climate
model validation. In this study, the ETCCDI's indices from observations
derived from You et al. (2011) will be applied to compare and validate
the reanalyzed temperature extremes indices.

2.3. Extreme indices and calculation

Twenty temperature indices are selected in this study (Table 1). As it
can be seen, some indices are commonly used to assess the intensity,
frequency and duration of climate extreme events, andwidely analyzed
on the regional and global scales (e.g. Alexander et al., 2006; Peterson

http://www.cdc.noaa.gov/
http://www.ecmwf.int/
http://cccma.seos.uvic.ca/ETCCDI


Fig. 1. Topography of China and the distribution of 190 grid points used in this study. The white dots are the 303 observational stations used as reference stations.
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and Manton, 2008). Detailed descriptions are provided in Table 1, and
more knowledge is available from http://cccma.seos.uvic.ca/ETCCDI.

The Mann–Kendall test for a trend and Sen's slope estimates are
used to estimate trends in annual and seasonal temperature extreme
series (Sen, 1968). Themethod has beenwidely used to compute trends
in hydrological and meteorological series. In this paper, a trend is
considered to be statistically significant if it is significant at the 5%
level (Table 2). When repeating multiple statistical tests at different
stations and if the indices are correlated between the different stations,
it requires field significance testing. Different procedures have been
developed to take into account cross-correlations in trend analysis,
including the block-bootstrap (Douglas et al., 2000) or the False
Dis-covery Rate (Ventura et al., 2004; Wilks, 2006) methods.

In the present study the block-bootstrap (Douglas et al., 2000)
method has been applied to evaluate the field significance of the
correlation between reanalyses and observations. Both reanalyses and
observations are resampled to create 1000 different datasets, and the
correlation between them is computed for each dataset.
3. Results

Figs. 3 and 4 show the time series of twenty temperature
extremes during 1958–2011 based on NCEP/NCAR and ECMWF
reanalysis averaged 190 grid points in China. It is notable that the
ECMWF includes ERA-40 for the period of 1958–2001 and ERA-
Interim during 2002–2011. The trends of temperature extremes
for the period of 1958–1979, 1980–2011 and 1958–2011 are
summarized in Table 1. As shown in Table 1, the trends for the period
of 1958–1979 and 1980–2011 are different, indicating the inter-
decadal variations for temperature extremes are significant. In this
study, only the spatial trends of temperature extreme for NCEP/
NCAR and ECMWF during 1958–2011 are demonstrated and
discussed in Figs. 5 and 6.
34
3.1. Percentile-based indices (TX10, TN10, TX90, and TN90)

Percentile-based indices include occurrences of cold days (TX10),
cold nights (TN10), warm days (TX90) and warm nights (TN90),
which selected the coldest and warmest deciles for both maximum
and minimum temperature (Alexander et al., 2006). For TX10 and
TN10, the spatial trends derived from NCEP/NCAR and ECMWF are
negative in most northern China, but they have discrepancies in the
Tibetan Plateau, where trends of NCEP/NCAR show negative but those
of ECMWF display positive. For the time series anomalies, TX10 and
TN10 calculated from NCEP/NCAR decrease for the period 1958–1979
and 1980–2011, and the regional trends of both indices during 1958–
2011 are −0.71 days/decade and −0.42 (P b 0.05) days/decade,
respectively, and the absolute trend magnitude of TX10 is higher than
TN10 (Fig. 2). Meanwhile, TX10 from ECMWF slightly increases but
TN10 decreases, and the regional trends for both indices during 1958–
2011 are 0.15 days/decade and −0.30 days/decade, respectively, and
only the latter has passed the significance level. Thus, TX10 and TN10
from NCEP/NCAR and ECMWF have inconsistencies, although the
correlation coefficients between two reanalyses are positively high
(R = 0.43 for TX10 and R = 0.78 for TN10). For the global and
regional studies, both TX10 and TN10 from observations have negative
trends and TN10 decreases rapidly than TX10 (Peterson et al., 2002;
Aguilar et al., 2005; Alexander et al., 2006; Peterson et al., 2008;
Aguilar et al., 2009). For example, the global means of TX10 and TN10
during 1951–2003 have decreased with rates of −0.62 days/decade
and −1.26 days/decade, respectively (Alexander et al., 2006), and the
regional trends of both indices in central and northern South America
during 1961–2003 are −2.4 days/decade and −2.2 days/decade,
respectively (Aguilar et al., 2005).

For TX90 and TN90, both indices calculated from NCEP/NCAR and
ECMWF have positive trends in the entire China, and there have
significant positive correlations between two reanalyses (R= 0.91 for
TX90 and R=0.78 for TN90). TX90 and TN90 from NCEP/NCAR depict
1

http://cccma.seos.uvic.ca/ETCCDI


Table 1
Definitions of temperature extreme indices used in this study.

Index Descriptive name Definition Units

TX10 Cold day frequency Percentage of days when TX b 10th percentile of 1961–1990 %
TN10 Cold night frequency Percentage of days when TN b 10th percentile of 1961–1990 %
TX90 Warm day frequency Percentage of days when TX N 90th percentile of 1961–1990 %
TN90 Warm night frequency Percentage of days when TN N 90th percentile of 1961–1990 %
DTR Diurnal temperature range Annual mean difference between TX and TN °C
TXn Coldest day Annual lowest TX °C
TNn Coldest night Annual lowest TN °C
TXx Warmest day Annual highest TX °C
TNx Warmest night Annual highest TN °C
GSL Growing season length Annual count between the first span of at least 6 days with TG N 5 °C after winter and first span after the summer of 6 days with TGb 5 °C days
FD Frost days Annual count when TN b 0 °C days
ID Ice days Annual count when TX b 0 °C days
SU Summer days Annual count when TX N 25 °C days
TR Tropical nights Annual count when TN N 20 °C days
CSU Consecutive summer days Annual largest number of consecutive days when TX N 25 °C days
CFD Consecutive frost days Annual largest number of consecutive days when TN b 0 °C days
CWDI Cold wave duration index Annual account number of days when, intervals of at least 6 consecutive days, TN b TNnorm-5 °C days
CWFI Cold spell days index Annual account number of days when, intervals of at least 6 consecutive days, TG b 10th percentile of 1961–1990 days
HWDI Heat wave duration index Annual account number of days when, intervals of at least 6 consecutive days, TX N TXnorm+5 °C days
HWFI Warm spell days index Annual account number of days when, intervals of at least 6 consecutive days, TG N 90th percentile of 1961–1990 days

Note: TX is the daily maximum temperature; TN is the daily minimum temperature; TG is daily mean temperature; TNnorm is themean of daily minimum temperatures for the period of
1961–1990; TXnorm is the mean of daily maximum temperatures for the period of 1961–1990.
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consistent negative trends before 1980 and positive trends afterwards,
which result to positive trends during 1958–2011 with rates of
1.39 days/decade and 2.24 days/decade (P b 0.05), respectively. The
patterns for TX90 and TN90 from ECMWF are in good agreements
with those from NCEP/NCAR during 1958–2011 (1.72days/decade and
0.30days/decade (Pb0.05)). It is distinct that TX90 from two reanalyses
has larger trend magnitudes than TN90. The asymmetrical changes
for TX90 and TN90 are inconsistent with observations in China (Zhai
et al., 1999; You et al., 2011), the eastern and central Tibetan
Plateau (You et al., 2008), Southern Africa (Aguilar et al., 2009),
North America (Peterson et al., 2008), but are consistent with the
characteristic in central South America (Aguilar et al., 2005).

3.2. Absolute indices (TXn, TXx, TNx, TNn, and DTR)

Absolute indices represent maximum or minimum values within a
selected period, and the annual basis is selected (Table 1), which includes
Table 2
Trends per decade for the regional indices of temperature extremes in China based on NCEP
ECMWF includes ERA-40 during 1958–2001 as well as ERA-Interim during 2002–2011. The tr
the 10% level are marked in bold. The values with asterisk indicate trends significant at the 5%

Indices Unit 1958–1979

NCEP/NCAR ECMWF

TX10 days/decade −0.09 0.93
TN10 days/decade 0.98 1.05
TX90 days/decade −0.81 −1.28
TN90 days/decade −2.41* −1.22 *
DTR °C/decade 0.22* −0.04
TXn °C/decade 0.15 −0.14
TNn °C/decade −0.02 −0.12
TXx °C/decade 0.09 −0.08
TNx °C/decade 0.01 −0.12
GSL days/decade 0.71 −0.14
FD days/decade 3.52* 0.80
ID days/decade −0.53 1.65
SU days/decade 2.05 −1.64
TR days/decade −1.38 −1.65
CSU days/decade 0.34 −1.54
CDF days/decade 0.86 0.80
CWDI days/decade 0.41 0.75
CWFI days/decade 0.29 0.72
HWDI days/decade −0.54 −1.12
HWFI days/decade −4.37 −2.51
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temperatures of coldest days and nights (TXn and TNn) and warmest
days and nights (TXx and TNx) in each year. The diurnal temperature
range (DTR) is the difference between the dailymaximum andminimum
temperature, which is regarded as the absolute index in this study.

During 1958–2011, TXn and TNn from NCEP/NCAR and ECMWF
show positive trends before 1980, and negative trends afterwards,
while they demonstrate positive trends in the whole period. TXn and
TNn for NCEP/NCAR have positive rates of 0.25 °C/decade and 0.18 °C/
decade, respectively, and the significant increases for both indices
occur in the northeastern China, consistent with the rapid increases of
surface air temperature (You et al., 2011). Variability of TXn and TNn
from ECMWF is very similar to NCEP/NCAR throughout the period
1958–2011, reflected by the high positive correlations with NCEP/
NCAR (R= 0.90 and R = 0.84). The regional trends for TXn and TNn
from ECMWF are 0.12 °C/decade and 0.21 °C/decade, respectively. For
TXx and TNx, variabilities in NCEP/NCAR and ECMWF are very similar,
and the correlations between two reanalyses are substantially higher
/NCAR and ECMWF reanalysis for the period of 1958–1979, 1980–2011 and 1958–2011.
ends are calculated by the Mann–Kendall slope estimator. Values for trends significant at
level.

1980–2011 1958–2011

NCEP/NCAR ECMWF NCEP/NCAR ECMWF

−0.48 * 0.30 −0.71* 0.15
−0.42 −0.39 −0.42* −0.30

4.27* 3.92* 1.78* 1.72*
3.71* 4.71* 1.39* 2.24
0.08* −0.05* 0.08* −0.05*
0.05 −0.09 0.25* 0.12
0.04 0.06 0.18* 0.21*
0.38* 0.34* 0.23* 0.14*
0.29* 0.42* 0.16* 0.16*
3.98* 2.14 0.72 1.15

−2.50 * −2.79* −0.54 −1.16*
−1.75* −1.44 −1.28* −0.68*

4.67* 4.88* 3.13* 1.89*
2.61* 4.25* 1.40* 1.77*
1.86* 1.20* 1.11* −0.03

−1.07 −2.05* −0.42 −0.94*
0.24 0.71* −0.19 0.14
0.57 2.51* −0.18 0.70*
3.45* 3.75* 1.35* 1.57*
6.83* 8.25* 2.25* 3.40*



Fig. 2. Anomalies of daily maximum, minimum and mean temperatures in China during 1979–2001. The black curve shows the ERA-40 and red one represents ERA-Interim.

Fig. 3. Anomalies of TX10, TN10, TX90, TN90, TXn, TNn, TXx, TNx, DTR and GSL in China during 1958–2011. The black curve shows the NCEP/NCAR reanalysis and red one represents
ECMWF. ECMWF includes ERA-40 during 1958–2001 as well as ERA-Interim during 2002–2011. (For interpretation of the references to color in this figure legend, the reader is referred
to the web version of this article.)
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Fig. 4. Anomalies of temperature extremes indices (FD, ID, SU, TR, CSU, CFD, CWDI, CWFI, HWDI and HWFI) in China during 1958–2011. The black curve shows the NCEP/NCAR reanalysis
and red one represents ECMWF. (For interpretation of the references to color in this figure legend, the reader is referred to the web version of this article.)
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(R= 0.82 for TXx and R=0.86 for TNx). During 1958–2011, TXx and
TNx from NCEP/NCAR show increases in most regions in China, with
the regional rates of 0.23 °C/decade and 0.16 °C/decade, respectively,
which are distinctly higher than ECMWF (0.14 °C/decade and 0.16 °C/
decade). Beside differences of the trend magnitudes between NCEP/
NCAR and ECMWF, differential changes of indices from maximum and
minimum temperatures for two reanalysis are also found. Indices of
maximum temperature from NCEP/NCAR (such as TXn and TXx) are
more sensitive to warming than those of the minimum temperature
(such as TNn and TNx), in contradiction with ECMWF. For the
observational studies in Africa, indices of minimum temperature have
larger trend magnitudes than those of maximum temperature (New
et al., 2006; Aguilar et al., 2009), which are opposite to that in central
South America (Aguilar et al., 2005).

Previous studies show that changes in DTR can be an evidence of
climate change (Easterling et al., 1997; Alexander et al., 2006). Although
DTR from NCEP/NCAR and ECMWF has a negative correlation
(R=−0.37), slight variations are seen in both reanalyses during the
period 1958–2011, and these are particularly the case for the spatial
patterns of trend in the entire China. Both two reanalyses cannot
capture the variability of DTR observed from stations in China (You
et al., 2011), which shows that the trend in DTR during 1961–2003 is
−0.18 °C/decade with a significant at the 0.05 level. On the global
scale, decreased DTR from observations is identified due to the
minimum temperatures that have increased at a faster rate than the
maximum temperatures (Easterling et al., 1997; Alexander et al.,
2006), which were probably affected by local effects such as urban
growth, irrigation, desertification, and land use change.

3.3. Threshold indices (FD, ID, SU, and TR)

Threshold indices are defined as the number of days on which the
temperature values fall above or below a fixed threshold, including
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occurrence of frost days (FD), ice days (ID), summer days (SU) and
tropical nights (TR) (Alexander et al., 2006). The numbers of FD and
ID from NCEP/NCAR and ECMWF have increased before 1980, and
decreased afterwards. The positive correlations of FD and ID between
two reanalyses are higher than 0.8, indicating both reanalyses have
highly correlated. During 1958–2011, FD and ID from two reanalyses
represent negative trends in most regions in China. FD and ID from
NCEP/NCAR have negative trends, with rates of −0.54 days/decade
and −1.28 days/decade, respectively, while the trends of two indices
from ECMWF are −1.16 days/decade and −0.68 days/decade,
respectively. The change of FD from two reanalyses is similar to that in
the Middle East, which shows the regional trend of FD is −0.6 days/
decade during 1950–2003 (Zhang et al., 2005). In the Tibetan Plateau,
FD is also negative with a rate of −4.32 days/decade during 1961–
2005 (You et al., 2008).

The numbers of SU and TR fromNCEP/NCAR and ECMWF are in good
agreements during 1958–2011, with a correlation coefficient of about
0.7. Both SU and TR decrease before the 1990s and significantly increase
afterwards, and the positive trends can be seen inmost regions in China.
The rates of both indices for NCEP/NCAR during 1958–2011 are
3.13 days/decade and 1.4 days/decade, and 1.89 days/decade and
1.77 days/decade for ECMWF. The reanalyzed rates for SU and TR are
less than the regional trends in southern Africa during 1961–2000
(New et al., 2006), which shows the trends are 5.05 days/decade and
2.93 days/decade, respectively. In the Middle East during 1950–2003,
the trends for SU and TR also significantly decrease with rates of
1days/decade and 3.7days/decade (Zhang et al., 2005).

3.4. Duration indices (GSL, CSU, CDF, CWDI, CWFI, HWDI, and HWFI)

Duration indices define the periods of excessive warmth, cold,
wetness or dryness or in the case of growing season length, periods of
mildness (Alexander et al., 2006). In this study, duration indices include



Fig. 5. Spatial trend patterns of temperature extreme indices from NCEP/NCAR reanalysis in China during 1958–2011. The unit of each index is the same as in Table 1.
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growing season length (GSL), consecutive summer days (CSU) and
consecutive frost days (CFD), cold wave duration index (CWDI) and
cold spell days index (CWFI), heat wave duration index (HWDI) and
warm spell days index (HWFI).

Although GSL from NCEP/NCAR and ECMWF has a slight negative
correlation (R=−0.02), it rapidly increases since the 1980s, especially
for NCEP/NCAR, which leads to the positive trends for both reanalyses
during 1958–2011 (0.72 days/decade and 1.15 days/decade). The
observed GSL in the Tibetan Plateau increases with a rate of 4.25days/
decade during 1961–2005 (You et al., 2008). The trends of reanalyzed
GSL is also lower than the observations in China (You et al., 2011).

The number of CSU from NCEP/NCAR is positively correlated with
that from ECMWF (R= 0.6), and CSU from both reanalyses decreases
before the mid-1980s and increases afterwards, leading to the rates of
1.11 days/decade and −0.03 days/decade during 1958–2011. Same as
other temperature extreme indices, the number of CDF from NCEP/
NCAR is positively correlated with that from ECMWF (R= 0.84), and
CDF from both reanalyses increases/decreases before/after the mid-
1980s, and the rates are −0.42 days/decade and −0.94 days/decade
during 1958–2011.
34
Although CWDI from NCEP/NCAR is positively correlated with that
from ECMWF (R = 0.86), the trend from NCEP/NCAR is negative
(−0.42days/decade), but that for ECMWF is positive (0.14days/decade).
The entire China has the same trend patterns. For CWFI fromNCEP/NCAR,
it decreases before the 1980s and increases afterwards, resulting to the
trend of −0.18 days/decade. CWFI from ECMWF is positively correlated
with that from NCEP/NCAR, especially before the 1980s, while the trend
for the whole period is 0.70days/decade.

For HWDI and HWFI, both indices fromNCEP/NCAR slightly decrease
before the 1980s, and increases during the 1990s. The regional trends for
both reanalyses are 1.35days/decade and 2.25days/decade, respectively,
which the positive trends are apparent in the northern China. HWDI and
HWFI from ECMWF positively correlate with those from NCEP/NCAR
(R = 0. 86 for HWDI and R = 0. 92 for HWFI), the positive trends for
two indices during 1958–2011 are 1.57days/decade and3.4days/decade.

4. Discussion and conclusions

In this study, the spatial and temporal distributions of trends in
temperature extremes from NCEP/NCAR and ECMWF reanalyses have
5



Fig. 6. Spatial trend patterns of temperature extreme indices from ECMWF reanalysis in China during 1958–2011. The unit of each index is the same as in Table 1.
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been examined during 1958–2011. Twenty temperature indices
developed by the joint CC1/CLIVAR/JCOMM Expert Team on Climate
Change Detection and Indices have been selected. For the percentile-
based indices, significant increases in warm nights/days and significant
decreases in cold nights/days are obtained from two reanalyses during
1958–2011, especially for the period 1980–2011. The absolute indices
show patterns consistent with a general warming trend, which are
consistent with previous studies in the world (e.g. Alexander et al.,
2006; You et al., 2011). Based on the two reanalyses, trends inminimum
temperature extremes are same as those in maximum temperature
extremes (Fig. 7), which lead to the slight variation in DTR, inconsistent
with the observational studies such as You et al. (2011) and Easterling
et al. (1997). For the threshold indices, the warming climate has caused
the numbers of frost/ice days to decrease while the numbers of
summer/tropical days have increased. The duration indices have also
changed during the past decades, while the discrepancies exist between
two reanalyses.

It seems that the temperature extremes have connections with the
global warming. In recent decades, China has experienced significant
climate changes and the atmospheric circulation is characterized by an
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inter-decadal transition in the late 1970s (Wang et al., 2012). Overall,
the annual and seasonal mean, maximum and minimum temperatures
in China have increased since the 1950s (Table 3). The annual mean
surface air temperature has increased with a rate of 0.22 °C/decade
during 1956–2002, and the daily maximum and minimum air
temperatures have increased at rates of 0.13 and 0.32 °C/decade from
1955 to 2000, respectively (Wang and Gong, 2000). It is clear that the
daily minimum temperatures significantly increased at a higher rate
than the daily maximum and mean temperatures, and warming is
more pronounced in the northeast China and less in the southwest
China (Wang and Gong, 2000; Liu et al., 2004). Seasonally, the changes
in daily minimum, maximum and mean temperatures are more
significant in winter, which mostly contribute to the increase on the
annual basis (Zhai et al., 1999). Meanwhile, the observed temperature
extremes in China are significant. Zhai et al. (1999) revealed that
upward trends in whole China have been detected for the frequencies
of warm days/nights, with the largest increases since the mid-1980s.
At the same time, the downward trends are also significant for the
frequencies of cold days/nights. The frost day has a significant
downward trend, indicating that the frost-free season in China



Fig. 7. Anomalies of annual maximum, minimum and mean temperature from ECMWF and NCEP/NCAR in China during 1958–2011.
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has been prolonged. Furthermore, the warming climate is always
accompanied by changes in the mean and extreme climate, which
have great impacts on the society and economy (Wang et al., 2012).

Whether the temperature extremes derived from reanalyses
represent the real extreme change, it is unclear in previous studies. To
assess the reanalysis, ten temperature indices derived from NCEP/
NCAR and ECMWF reanalyses are compared with those from the
observational stations during 1961–2003 (Table 4). The indices at each
grid point are interpolated with the inverse distance weighting method
for the 303 stations (Fig. 1), and the temperature extremes from stations
Table 3
Trends of temperature during various studied periods based on the observational data in Chin

Regions Period Vari

Eastern and central Tibetan Plateau 1961–2003 Mon
Eastern and central Tibetan Plateau 1961–2003 Mon
China 1951–1995 TX i
China 1951–1995 TX i
China 1951–1995 TX i
China 1951–1995 TX i
China 1951–1995 Ann
China 1951–1995 TN i
China 1951–1995 TN i
China 1951–1995 TN i
China 1951–1995 TN i
China 1951–1995 Ann
Northeastern China 1951–1994 TG i
Northwestern China 1951–1994 TG i
China 1951–1994 TG i
China 1955–2000 TX i
China 1955–2000 TX i
China 1955–2000 TX i
China 1955–2000 TX i
China 1955–2000 TN i
China 1955–2000 TN i
China 1955–2000 TN i
China 1955–2000 TN i

Note: TX is the daily maximum temperature; TN is the daily minimum temperature; TG is dail
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are obtained from You et al. (2011). In comparison with the
observational data, temperature extremes from NCEP/NCAR reanalysis
have a small relative bias (b2%), and are positively correlated with the
observations (R N 0.4) with the exception of DTR. In most temperature
indices, the values of the root mean squared error are very low. For the
temperature extremes from ECMWF reanalysis, the patterns are similar
to those from NCEP/NCAR. In most temperature indices, the relative
bias and the root mean squared error are relatively small while the
correlation coefficients between observations and ECMWF reanalysis
are positively high. Figs. 8 and 9 show the histogram of bootstrapped
a.

able Trend Reference

thly TX 0.18 Liu et al. (2006)
thly TN 0.41 Liu et al. (2006)
n spring 0.027 Zhai et al. (1999)
n summer −0.006 Zhai et al. (1999)
n autumn 0 Zhai et al. (1999)
n winter 0.144 Zhai et al. (1999)
ual mean TX 0.03 Zhai et al. (1999)
n spring 0.179 Zhai et al. (1999)
n summer 0.001 Zhai et al. (1999)
n autumn 0.153 Zhai et al. (1999)
n winter 0.417 Zhai et al. (1999)
ual mean TN 0.175 Zhai et al. (1999)
n winter 0.35 Wang and Gaffen (2001)
n winter 0.31 Wang and Gaffen (2001)
n winter 0.23 Wang and Gaffen (2001)
n winter 0.265 Liu et al. (2004)
n spring 0.094 Liu et al. (2004)
n summer 0.054 Liu et al. (2004)
n autumn 0.095 Liu et al. (2004)
n winter 0.557 Liu et al. (2004)
n spring 0.296 Liu et al. (2004)
n summer 0.19 Liu et al. (2004)
n autumn 0.275 Liu et al. (2004)

y mean temperature; The unit of trend is °C/decade.
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Table 4
Comparison of temperature extreme based on observations and reanalysis in China during
1961–2003. The observational temperature indices derived from You et al. (2011). The
unit of trend in each index is same as Table 1.

Index Relative bias(%) Correlation coefficients Root mean squared error

NCEP/NCAR
DTR −0.52 −0.47 0.85
TN10 −0.04 0.77 0.31
TN90 0.23 0.97 0.43
TX10 −0.08 0.70 0.25
TX90 0.26 0.89 0.47
TNn 0.26 0.75 0.57
TNx −0.11 0.89 0.40
TXn 1.55 0.86 1.23
TXx −0.23 0.75 1.23
FD 0.33 0.66 5.22

ECMWF
DTR −0.34 0.70 0.55
TN10 −0.06 0.69 0.34
TN90 0.29 0.91 0.54
TX10 −0.05 0.67 0.25
TX90 0.26 0.89 0.47
TNn 0.16 0.84 0.36
TNx −0.10 0.80 0.36
TXn 0.98 0.88 0.77
TXx −0.17 0.84 0.91
FD 0.27 0.84 4.18
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correlation coefficients between reanalyses and observations for the
temperature indices. The histogram shows the variation of the
correlation coefficient across all the bootstrap samples, indicating that
the relationship between reanalyses and observations is not accidental.
These comparisons with the observations suggest that the temperature
indices from reanalysis can capture the variability of the observations,
although there have differences of absolute values with observations
and the discrepancies between two reanalysis are apparent in some
indices such as duration indices. This is also suggested the discrepancies
Fig. 8.Histogram of bootstrapping a correlation coefficient between NCEP/NCAR and observatio
1000 different datasets, and the correlation between them is computed for each dataset.
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in temperature extremes between reanalysis and observations exist,
although the annual maximum, minimum and mean temperature
between NCEP/NCAR and ECMWF are consistent (Fig. 7).

The differences between the actual andmodel topography and scale
issues between pointmeasurements and grid cell average values should
be one of the reasons accounting for the origin of these discrepancies
between two reanalyses (Betts et al., 2003). On a global scale, linear
trends computed during 1958–2011 are generally lower in ERA-40
and NCEP/NCAR compared with the climate research unit (CRU) data,
but there are agreements to within about 10% for ERA-40 in the rate
of warming of the terrestrial Northern Hemisphere since the late
1970s (Simmons et al., 2004). Due to improvements in technique of
data assimilation schemes and physical parameterizations, surface
temperature from ERA-40 has a better agreement with CRU than
NCEP/NCAR (Simmons et al., 2004). The cold bias in reanalysis has
been found in China, where the annual mean surface temperature
from ERA-40 and NCEP/NCAR are lower than the observations by
−0.93 °C and −2.78 °C, respectively, primarily contributed by the
negative differences in the western China (Ma et al., 2008). In general,
surface air temperature from ERA-40 better represents observed air
temperatures in China than NCEP/NCAR does (Ma et al., 2008). For a
varied study period, underestimation of ERA-40 temperature is
generally less than 1 °C in the eastern China and greater than 12 °C in
the western China (Su et al., 1999; Zhao and Fu, 2006; Zhao et al.,
2008). In the Tibetan Plateau, topographical differences between grid
points and observations, and other reanalysis model differences such
as surface land schemes, cause differences in trend identification and
patterns for both NCEP/NCAR and ERA-40 reanalysis (You et al., 2010).
After calibrating of altitude effects in reanalysis, Zhao et al. (2008)
found that the accuracy of surface temperature from reanalysis depends
much on the attitudes of the original data and the increase of
local elevation and topographical complexity can improve bias of
temperature for reanalysis. Thus, the discrepancies in temperature
extremes between two reanalysis and observations come from the
discrepancies in the assimilation systems in two reanalyses, which
ns for the temperature indices. Both NCEP/NCAR and observations are resampled to create



Fig. 9. Same as Fig. 8, but for ECMWF.
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should be acknowledged as the reanalyses are considered to calculate
the climate extremes.
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ABSTRACT: The annual and seasonal total cloud cover (TCC) variations in the eastern and central Tibetan Plateau (TP)
during 1961–2005 are analysed using 71 surface observational stations. The mean TCC decreases from the southeastern
to the northwestern TP, consistent with the patterns of atmospheric moisture in the region. The annual mean TCC shows
a significant decreasing trend of −0.09 percent decade−1, mainly contributed by winter. About 65% of the stations show
significant downward trends on the annual basis with large trend magnitudes occurring in the central TP. The seasonal
patterns confirm the annual patterns in most cases. Compared with the surface observations, both National Center for
Environmental Prediction/National Center for Atmospheric Research reanalysis (NCEP/NCAR) (1961–2005) and ERA-40
(1961–2001) can reproduce the decreasing TCC trends. The shift of TCC before and after the mid-1980s is obvious in
observations and both reanalyses, reflecting the changes of large-scale atmospheric circulation. However, NCEP/NCAR
underestimates and ERA-40 overestimates observations on the annual and seasonal basis, presumably caused by the
different cloud parameterization schemes. A Taylor diagram diagnose summarizes the discrepancies between observations
and reanalyses.
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1. Introduction

Clouds cover about 60% of the Earth’s surface, and
have great effects on climate change by producing
precipitation, reflecting shortwave solar radiation coming
from the sun and returning outgoing longwave radiation
from the surface (IPCC, 2007). Clouds also act as a
blanket similar to that of the greenhouse gases such as
water vapour and carbon dioxide, and tend to warm the
Earth’s surface (IPCC, 2007). Clouds exert great effects
on the Earth’s radiation budget, and make an important
contribution to the greenhouse effect (Wild et al., 2004).
There are still large uncertainties about the effects of
clouds on climate, which not only depend on cloud
height, thickness, horizontal extent and variety, water
content, phase (liquid or ice), and the sizes of droplets
and crystals, but also rely on the geographical location of
the clouds, the albedo and temperature of the underlying
surface, and the season of the year and time of day
(Warren et al., 2007; Sanchez-Lorenzo et al., 2012).

* Correspondence to: Q. You, Key Laboratory of Meteorological Disas-
ter, Ministry of Education, Nanjing University of Information Science
and Technology, Nanjing 210044, China. E-mail: yqingl@126.com

It is appropriate to investigate the inter-annual vari-
ations and trends of clouds, and several studies have
analysed clouds at the regional and global scales. Total
cloud cover (TCC) shows an increasing trend in the
United States during 1976–2004 (Dai et al., 2006),
Australia during 1957–2007 (non-significant) (Jovanovic
et al., 2011), the former Soviet Union during 1936–1990
(Sun and Groisman, 2000) and Russia during 1991–2010
(Chernokulsky et al., 2011). In other regions and coun-
tries, the TCC has decreased including China dur-
ing 1951–1994 (Kaiser, 1998, 2000), India during
1961–2007 (Jaswal, 2010), most of South Africa during
1960–2005 (Kruger, 2007), and Italy during 1951–1996
(Maugeri et al., 2001). On the other hand, TCC varies
from regions, and some parts have increasing trends
whereas other regions have decreasing trends, such as
Canada during 1953–2003 (Milewska, 2008), Poland
during 1971–2000 (Filipiak and Mietus, 2009) as well
as the Iberian Peninsula during 1982–2004 (Calbo and
Sanchez-Lorenzo, 2009).

The Tibetan Plateau (TP) is the highest and most
extensive highland in the world. It is called the ‘third
Pole’, and the cryosphere and climate in the TP are
undergoing significant changes caused by global climate
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Figure 1. Annual and seasonal means and trends of total cloud cover in the Tibetan Plateau during the period of 1961–2005. The study period
for ERA-40 is during 1961–2001.

change (Kang et al., 2010). In the recent years, some
meteorological elements in the TP have been investigated
by the scientific community, such as extreme temperature
changes (You et al., 2008a, 2008b), precipitation (Xu
et al., 2008), wind speed (You et al., 2010), surface
energy budget in the permafrost (Yao et al., 2011), and
cloud (Duan and Wu, 2006). Duan and Wu (2006) found
that the low level cloud amount exhibits an increasing
trend during the night times, whereas the total and low
level cloud amounts display decreasing trends during
daytime in the TP during 1961–2003. However, the
knowledge of the clouds is limited and largely based on
the measurements. The remote sensing products such as
ISSCP D2 and MODIS/TERRA have been applied to
examine seasonal climatology of high, middle and low
clouds in the TP and other regions (Kotarba, 2009; Li
et al., 2006; Naud and Chen, 2010). But the evaluations of
TCC between observations and reanalyses have not been
analysed in detail. In this study, the annual and seasonal
(winter: DJF; spring: MAM; summer: JJA; autumn:
SON) characteristics of TCC in the eastern and central TP
during 1961–2005 are investigated based on the surface
observational and reanalyses datasets. Two reanalyses
are selected: the National Center for Environmental
Prediction/National Center for Atmospheric Research
reanalysis (NCEP/NCAR) (Kalnay et al., 1996; Kistler
et al., 2001) and the European Centre for Medium-
Range Weather Forecasts (ECMWF) reanalysis (ERA-40)
(Uppala et al., 2005).

2. Data and methods

Monthly surface TCC data for 71 stations in the TP
are provided by the National Meteorological Infor-
mation Center, China Meteorological Administration
(NMIC/CMA). The daily TCC (0–10 tenths of sky cover)
is the average of every six hourly observation at the
standard synoptic times: 00:00 (midnight), 06:00 (dawn),
12:00 (noon) and 18:00 (dark) at Lhasa Time. The
monthly TCC is calculated as daily means averaged four
time values. Seventy-one stations were selected according
to procedures described in our recent papers (You et al.,
2008a, 2008b). Most stations are situated in the eastern
and central TP and were installed in 1950s. The eleva-
tions of these stations are 2000 m above sea level (a.s.l.)
ranging from 2109.5 to 4700 m a.s.l. In order to obtain
comparable time series with reanalysis, we selected the
data only during 1961–2005 for analysis.

Monthly mean surface TCC from NCEP/NCAR reanal-
ysis is provided by the NOAA/OAR/ESRL PSD, Boul-
der, CO, USA, from their website at http://www.cdc.
noaa.gov/. It covers January 1948 to the present and
contains T62 Gaussian grid (192 × 94 points), cover-
ing 88.542◦N–88.542◦S and 0◦E–358.125◦E (Kalnay
et al., 1996; Kistler et al., 2001). It was derived from
an empirical relative humidity–cloud cover relationship
based on short-range predictions with the operational ver-
sion of the model (Kalnay et al., 1996; Kistler et al.,
2001). The monthly mean surface TCC from ERA-
40 reanalysis is obtained from the ECMWF website
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Figure 2. Spatial patterns of trends of annual and seasonal total cloud cover from 71 surface stations in the Tibetan Plateau during 1961–2005.
Positive trends are shown as upward triangle, negative trends as downward triangle. The size of the triangle is proportional to the magnitude
of the trends. The trends are calculated by the Mann–Kendal methods and trends with the significant level are marked. The unit is percent per

decade.

(http://www.ecmwf.int/). ERA-40 reanalysis is available
from September 1957 to August 2002 with a spatial res-
olution of 2.5◦ × 2.5◦ (144 × 73) (Uppala et al., 2005).
Previous studies show that the assimilation of satellite
humidity data may affect the cloud data in the ERA-40,
and this is clear in the tropics and oceans (Betts et al.,
2006b; Calbo and Sanchez-Lorenzo, 2009).

The grid datasets (NCEP/NCAR and ERA-40) have
different spatial resolutions, and are interpolated to 2.5◦

horizontal resolution with linear interpolation for easy
comparison. After that, grid points of TCC in each reanal-
ysis are interpolated to the 71 observational stations.
Periods of 1961–2005 (NCEP/NCAR) and 1961–2001
(ERA-40) are selected. The Mann–Kendall test for trends

and Sen’s slope estimates are used to detect and estimate
trends in annual and seasonal TCC (Sen, 1968), with a
significance level defined as P < 0.05.

3. Results and comparisons

3.1. TCC from surface station

The regional mean and trend of TCC in the TP on
the annual and seasonal basis are shown in Figure 1.
Figure 2 shows the spatial patterns of trends of annual
and seasonal TCC of the 71 surface stations in the TP
during 1961–2005. Positive trends are shown as upward
triangle, negative trends as downward triangle. The trends
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Figure 3. Total cloud cover anomalies from surface stations, NCEP/NCAR and ERA-40 on the annual and seasonal basis in the Tibetan Plateau
during 1961–2005.

are calculated by the Mann–Kendal method and those
significant ones are marked by circles. The regional
anomalies of annual and seasonal mean TCC averaged
from 71 surface stations in the TP during 1961–2005 are
shown in Figure 3.

Averaging the 71 series available in the TP, the
annual mean TCC is 5.81%, with a mean maximum
value in summer (7.36%) and a mean minimum value
in winter (4.11%). TCC gradually decreases from the
southeastern to the northwestern TP with the largest
value occurring in the southeastern TP (not shown).
This is consistent with the previous studies based on
observations during 1971–2004 (Zhang et al., 2008)
and International Satellite Cloud Climatology Project C2
dataset (ISCCP-C2) (Wang et al., 2001).

On the annual basis, the mean TCC series in the TP
shows a fluctuation before the 1970s and a decreasing
trend after that until the 2000s, followed by a statistically
significant increasing trend afterwards. Thus, the mean
TCC exhibits a significant decreasing trend during
1961–2005 with a rate of −0.090 percent decade−1

(P < 0.05) (Figure 1). Sixty-two stations have negative
trends for TCC, with 46 stations being significant.
Stations in the central TP have larger trend magnitudes,
while there are still nine stations that have increasing
trends in the northern TP. On a seasonal basis, the largest
negative trend of TCC is found in winter (−0.104 percent
decade−1). The trends for spring, summer, and autumn

are −0.081, −0.07, and −0.086 percent decade−1,
respectively, and all seasons are statistically significant.
Similar to the annual basis, the majority of the stations
show a significant decrease, and the patterns of trends
are similar to the annual values (Figure 2). Discrepancies
on the variation of seasonal TCC trends occur in the
central TP with a significant decrease in winter, whereas
less pronounced in spring (Zhang et al., 2008).

3.2. TCC from reanalysis data

To compare the TCC variation in the TP with obser-
vations, both NCEP/NCAR and ERA-40 reanalysis are
derived and interpolated to the 71 stations. Both mean
values and trend magnitudes of TCC from NCEP/NCAR
and ERA-40 are presented in Figure 1 on the annual and
seasonal basis, and the regional anomalies are shown in
Figure 3. The spatial patterns of means and trends based
on two reanalyses are shown in Figures 4 and 5.

For NCEP/NCAR, the annual mean TCC of 3.57%
varies between 2 and 5%, and decreases from the south-
eastern to the northwestern TP (Figure 4). The pattern of
annual mean TCC is similar to observations, but the abso-
lute values are lower in most regions. The annual TCC
has a decreasing trend before the 1980s and tends to fluc-
tuate afterwards, with the annual trend of −0.067 percent
decade−1 during 1961–2005. The decreasing/increasing
trend occurs in the southern/northern TP. On the sea-
sonal basis, the largest/smallest mean TCC occurs in
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Figure 4. Spatial patterns of mean total cloud cover from NCEP/NCAR during 1961–2005 and ERA-40 reanalysis during 1961–2001 in the
Tibetan Plateau on the annual and seasonal basis. The unit is percent.

summer/winter, with the mean values of 5.21 and 1.96%,
respectively, consistent with observations. Mean TCC
in both spring and autumn is about 3.5%. All seasons
with the exception of winter have negative trends, with
the largest trend magnitude in spring (−0.128 percent
decade−1). The TCC in winter has increased during
1961–2005, profoundly in the northern region, with a
mean value of 0.006 percent decade−1 (Figure 5).

For ERA-40, the annual mean TCC (6.21%) is
larger than the observed mean. The annual mean TCC
ranges from 3 to 8%, and larger/smaller mean values

occur in the southern/northern TP (Figure 4). Similar
to NCEP/NCAR, the annual mean TCC from ERA-40
decreases before the mid-1980s and fluctuates afterwards,
leading to a negative trend of −0.085 percent decade−1

during 1961–2001. The decreasing trend in the south-
eastern TP such as the Sichuan basin is very clear,
whereas the western TP has increasing trends. On the
seasonal basis, the largest/smallest mean TCC occurs
in summer/winter, with the mean values of 7.59 and
4.57%, respectively, which is in accordance with observa-
tions and NCEP/NCAR. Mean TCC in spring (6.65%) is
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Figure 5. Spatial patterns of trends of annual and seasonal total cloud cover from NCEP/NCAR during 1961–2005 and ERA-40 reanalysis during
1961–2001 in the Tibetan Plateau. The blank area in the ERA-40 means the missing data. The unit is percent per century.

slightly larger than that in autumn (6.03%). TCC of four
seasons has decreasing trends, with the largest magnitude
in autumn (−0.161 percent decade−1). The trends of TCC
in spring, summer, and winter are −0.008, −0.093, and
−0.05 percent decade−1, respectively.

3.3. Comparison TCC between observations
and reanalyses

To evaluate the TCC from observations, NCEP/NCAR
and ERA-40 reanalyses are interpolated to the stations.
A Taylor diagram is considered for observations and
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Figure 6. Taylor diagrams showing correlation coefficients, standard deviation, and RMSD of total cloud cover between the surface stations,
NCEP/NCAR, and ERA-40 on the annual basis. The radial coordinate is the magnitude of standard deviation, and the concentric semi-circles

are the RMSD values. Meanwhile, the angular coordinate shows the correlation coefficient.

reanalyses, which provides a concise statistical summary
of how well patterns match each other in terms of their
correlation, root mean square difference (RMSD), and the
ratio of their variances (Taylor, 2001). Figure 6 shows
the correlation coefficients, standard deviation, and the
RMSD of TCC between observations, NCEP/NCAR and
ERA-40 on the annual basis. The radial coordinate repre-
sents the magnitude of standard deviation, the concentric
semi-circles are the RMSD values, and the angular coor-
dinate shows the correlation coefficient.

On the annual basis, the mean TCC from observations
has positive correlations with NCEP/NCAR and ERA-
40 reanalyses, with the correlation coefficients of 0.64
and 0.56, respectively. Taylor diagram analysis reveals
that NCEP/NCAR has the lowest standard deviation and
smallest root mean square error (RMSE), and captures
observations better than ERA-40. For the biases between
observations and reanalyses, Taylor diagram has not been
used as the visual comparison as reflected in Figure 1.
Overall, ERA-40 slightly overestimates observations and
NCEP/NCAR underestimates observations on the annual
and seasonal basis, while TCC from both reanalyses is
in good agreement with the inter-annual variations of
observations in the TP.

4. Discussion and conclusions

In this study, the spatial and temporal variations of TCC
are analysed based on 71 stations in the eastern and

central TP during 1961–2005. In most stations, TCC in
the TP has significantly decreasing trends on the annual
and seasonal basis (winter: DJF; spring: MAM; summer:
JJA; autumn: SON), and a pronounced decrease occurs
in winter and autumn. The decreasing TCC was closely
connected with recent warming in the TP (Kang et al.,
2010). During 1961–2003, TCC and low cloud cover
at daytime has decreasing trends in the TP, resulting
in more solar radiation and more surface warming.
Meanwhile, decreasing TCC and increasing low cloud
cover at nighttime also contribute to the nocturnal surface
warming (Duan and Wu, 2006).

The mean TCC decreasing from the southeastern to the
northwestern TP is controlled by the essential conditions
for the formation of clouds, such as water vapour and its
condensation (Zhang et al., 2008). Under the influence
of the monsoon more water vapour, transported from the
ocean and forced to rise, is intercepted by complex topog-
raphy, which supports conditions to condense from mois-
ture to droplets and cause more clouds in the southern
TP. With the weakening of the monsoon and the blocking
by topography, less water vapour reaches the northern
part, causing fewer clouds in the hinterland TP (not
shown).

The decreasing TCC in the TP is in accordance with
other studies, such as eastern China (Kaiser, 1998, 2000),
India (Jaswal, 2010), South Africa (Kruger, 2007), and
Italy (Maugeri et al., 2001). During 1951–1994, most
stations in central, eastern and northeastern China show

 2013 Royal Meteorological Society Int. J. Climatol. (2013)
357



Q. YOU et al.

statistically significant decreases of 1–3% sky cover per
decade (Kaiser, 1998, 2000). In the previous studies,
Zhang et al. (2008) concluded that there are two factors
accounting for the decreasing TCC in the TP. Firstly,
the direct effect of aerosols can be a factor causing for
the decreasing TCC. As aerosols can cool the Earth’s
surface by reflecting sunlight and warm the aerosol layer
by absorbing downward longwave radiation, the lapse
rate will decrease and atmospheric stability will increase,
suppressing cloud formation and reducing the cloudiness
(Dai et al., 1997; IPCC, 2007). The TP is regarded
as a region with clear atmospheric conditions, and the
aerosol amount is sparse (Li et al., 2007; Kang et al.,
2010), and can present a clean continental background
for the atmospheric composition investigation, such as
Nam Co region (Cong et al., 2009). Thus, how the
aerosols influence the TCC requires more attention.
Secondly, ozone depletion should be another reason
for the decreasing TCC in the TP. Previous studies
have shown that the ozone depletion in the stratosphere
in the TP is confirmed (Zou, 1996; Zhou and Zhang,
2005), which will change the variation of temperature
in the middle and upper stratosphere, thus affecting the
change of both middle and high level cloud amount.
Besides that, cyclonic activity can alter the variations
of clouds (Calbo and Sanchez-Lorenzo, 2009). In
summary, the mechanism contributing to the decreasing
in the TP is unknown and uncertain at present (Zhang
et al., 2008).

Both TCC from NCEP/NCAR and ERA-40 are derived
to compare with observations and analyse the variabil-
ity. In the model parameterizations of NCEP/NCAR,
a diagnostic cloud scheme has been assimilated, and
some tunings of the cloudiness and cloud optical prop-
erties have been performed to correct systematic cloudi-
ness errors (Kalnay et al., 1996; Kistler et al., 2001).
Meanwhile, a neural-network algorithm (Krasnopolsky
et al., 1995) was applied to assimilate SSM/I data after
1987 to improve the clouds (Kalnay et al., 1996; Kistler
et al., 2001). Although diagnostic cloud parameteriza-
tion is made, TCC from NCEP/NCAR underestimates
observations on the annual and seasonal basis. ERA-
40 assimilation model employs a two-time level semi-
Lagrangian advection scheme and a finite element scheme
for its vertical discretization, which include improve-
ments of the parameterizations of clouds (Uppala et al.,
2005). TCC from ERA-40 overestimates observations
on the annual and seasonal basis. This is consistent
with the studies in the Iberian Peninsula, especially in
its eastern regions where ERA-40 underestimates the
clouds due to its underestimation of cyclogenesis in
the Mediterranean (Calbo and Sanchez-Lorenzo, 2009).
However, the reasons for underestimation of TCC from
ERA-40 in the TP need further investigation. Both
ERA-40 and NCEP/NCAR reanalyses use their own
codes, meteorological profiles, and model fields to com-
pute clouds (Betts et al., 2006a), and there exist dis-
crepancies and uncertainties with observations (Ernst
et al., 2007).
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Abstract In this study, the annual and seasonal variations

of all-sky and clear-sky surface solar radiation (SSR) in the

eastern and central Tibetan Plateau (TP) during the period

1960–2009 are investigated, based on surface observational

data, reanalyses and ensemble simulations with the global

climate model ECHAM5-HAM. The mean annual all-sky

SSR series shows a decreasing trend with a rate of

-1.00 Wm-2 decade-1, which is mainly seen in autumn

and secondly in summer and winter. A stronger decrease of

-2.80 Wm-2 decade-1 is found in the mean annual clear-

sky SSR series, especially during winter and autumn.

Overall, these results confirm a tendency towards a

decrease of SSR in the TP during the last five decades. The

comparisons with reanalysis show that both NCEP/NCAR

and ERA-40 reanalyses do not capture the decadal varia-

tions of the all-sky and clear-sky SSR. This is probably due

to a missing consideration of aerosols in the reanalysis

assimilation model. The SSR simulated with the

ECHAM5-HAM global climate model under both all-sky

and clear-sky conditions reproduce the decrease seen in the

surface observations, especially after 1980. The steadily

increasing aerosol optical depth (AOD) at 550 nm over the

TP in the ECHAM5-HAM results suggests transient aero-

sol emissions as a plausible cause.

Keywords Surface solar radiation � NCEP/NCAR �
ERA-40 � ECHAM5-HAM � Tibetan Plateau

1 Introduction

Variations in solar radiation at the Earth’s surface (or surface

solar radiation, SSR), profoundly affect the human and ter-

restrial environment, which for example has significant

implications for the intensity of the hydrological cycle, the

carbon cycle, the cryosphere, and consequently for climate

change scenarios. In recent decades, a decrease in SSR (also

known as ‘‘global dimming’’) of about 7 Wm-2 was observed

worldwide from the 1960s to 1980s at land stations and this

topic has been widely studied (e.g. Gilgen et al. 1998; Liepert

2002; Stanhill and Cohen 2001; Qian et al. 2006, 2007; Kaiser

and Qian 2002). More recent studies showed that the

declining SSR faded during the 1980s, with an increase until

the end of the twentieth century (also known as ‘‘brighten-

ing’’) (Wild et al. 2005). The SSR records suggest a contin-

uation of the brightening after 2,000 at numerous stations in

Europe and the United States, although with a renewed
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decrease in some developing countries such as China or India

(Wild et al. 2009). For a complete review of the subject see

Wild (2009). In China, several studies have focused in the

analysis of the SSR series, including their spatial and tem-

poral patterns (e.g. Cha 1996; Li et al. 1998; Qian et al. 2006),

data quality assessment (e.g. Shi et al. 2008; Tang et al. 2010),

and causes of the observed changes (e.g. Xia et al. 2006; Qian

et al. 2007).

The Tibetan Plateau (TP) with an average elevation of

over 4,000 m a.s.l. and an area of approximately

2.5 9 106 km2, is the highest and most extensive highland

in the world. It has the largest area of snow and ice in the

mid-latitudes and serves as ‘‘the world water tower’’ (Xu

et al. 2008). The TP acts as water storage tower for South

and East Asia, releasing melt water to the Indus, Ganges,

Brahmaputra, and other river systems (Barnett et al. 2005;

Immerzeel et al. 2010). However, the climate and cryo-

sphere in the TP are undergoing rapid change (Kang et al.

2010), as seen in a significant warming or a weakening of

wind speed (e.g. You et al. 2008a, b, 2010a, c). In a pre-

vious paper, the temporal variability of sunshine duration

series in the TP has been analyzed (You et al. 2010b), and a

significant decrease is shown since the 1980s. However, a

systematic assessment of the long-term trends of all-sky

and clear-sky SSR using surface observations, reanalyses

and climate simulations over the TP is still lacking.

In this study, the annual and seasonal variations of SSR

in the TP during the period 1960–2009 are investigated

based on the available surface observational data as well as

two reanalysis products. To better understand the variations

in SSR and its causes in the TP, results of simulations

performed with the global climate model ECHAM5-HAM

are also analyzed.

2 Data and methods

2.1 Surface dataset

Daily SSR data from stations in the TP are provided by the

National Meteorological Information Center, China Meteo-

rological Administration (NMIC/CMA). The Chinese SSR

dataset contains 20 stations within the domain of 26�–40�N

and 73�–105�E, a window that covers the main area of the TP

in China. Five stations (Kashi, Mianyang, Lijiang, Pazhihua,

Emeishan) are excluded because their locations are away

from the actual boundary of TP. At the same time, five sta-

tions with measurements starting in the 1990s are also not

considered. The remaining 10 stations are selected for the

homogenisation step. Table 1 shows the details of the SSR

stations used in this study, with their World Meteorological

Organization (WMO) number, name, longitude, latitude,

elevation and missing data during the 1960–2009 period. The

SSR measurement network in China began in 1957 in the

framework of the 1957–1958 International Geophysical

Year (Shi et al. 2008), and most of the stations initiated

systematic SSR measurements after 1960. Consequently,

this study covers the period from 1960 to 2009.

Shi et al. (2008) pioneered the systematic assessment of

data quality of 122 SSR observations in China during

1957–2000. Tang et al. (2010) categorized the errors related

to SSR measurements in China into two classes: one is

caused by equipment errors and uncertainty, the other is due

to operation-related problems and errors. The CMA per-

formed some quality checks on the SSR data, which are

affected by several factors such as accuracy and modification

of instruments, artificial factors and location change. Shi

et al. (2008) explained the calibration procedure in China: (1)

calibration at least once per month at the stations against the

reference instruments; (2) calibration of the reference radi-

ometers against the regional reference instruments; (3) cal-

ibration of the regional reference instruments every 2 year

against the Chinese reference instruments.

The homogenization of a dataset is a necessary step

before trends can be calculated because erroneous data can

seriously impact the trends. The homogeneity assessment

and adjustment can be a complex process which often

requires close neighbour stations and detailed station his-

tory, because inhomogeneities can be caused, for example,

by changes in instrumentation, station relocations or

changes in the local environment such as urbanization

(Vincent et al. 2005). For the SSR dataset in the TP, a

possible inhomogeneity due to changes in the instrumen-

tation occurred in the early 1990s, when pyranometers

were systematically replaced in the Chinese network. As

summarized by Shi et al. (2008), before the early 1990s the

instruments used to measure SSR were identical to the ones

used in the former Soviet Union, named Yanishevsky

thermoelectric pyranometer. Afterwards, the DFY-4 pyra-

nometers manufactured in China were used to measure

SSR. Unfortunately, no information about the exact year of

change at each station is available to our knowledge. In

fact, Shi et al. (2008) suggest a change in the pyranometers

in the early 1990s, whereas Tang et al. (2011) assume this

change in 1994 for all stations in China. Nevertheless, the

former study (Shi et al. 2008) does not assume a systematic

bias in the series as a consequence of the change (although

a possible effect is not completely rejected). On the other

hand, the latter study (Tang et al. 2011) suggests that a

strong inhomogeneity occurred in all SSR series in 1994,

assuming that the measurements before these years were

non-reliable in China. Although their conclusion cannot be

ruled out entirely, it seems implausible that this instrument

change occurred at all Chinese stations at the same time.

Equally, a change in the pyranometers cannot be consid-

ered as a cause of inhomogeneity per se, especially because

2074 Q. You et al.
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the estimated errors in SSR measurements for both types of

instruments are similar (Shi et al. 2008). Further evidence

for a non-common break due to the instrumental change in

the Chinese SSR series during the early 1990s is shown by

Wang et al. (2011, Fig. 3), where the mean seasonal SSR

series in different regions of China suggest that a strong

increase in the early 1990s can only be seen clearly in the

mean series of the TP and South China (Wang et al. 2011),

but not in the mean series of the other regions in China.

Consequently, a widespread inhomogeneity of the SSR

measurements in China during the period before 1992

cannot be assumed as a plausible phenomenon.

In the present study, the homogeneity of each of the 10

SSR series was checked by means of the Standard Normal

Homogeneity Test (SNHT) (Alexandersson and Moberg

1997). Our procedure rejects the priori existence of

homogenous reference series and consists of testing each of

the 10 series against the other series. Note that in the

homogenization produce some stations in the surroundings

of the TP have been used (e.g. the Emeishan series that has

been excluded from the SSR dataset as previously detailed),

as they are highly correlated with some of the 10 selected

series. When a break is identified in one series (test series),

the series used to estimate the adjustments, which were

calculated on a monthly basis, is chosen among the highest

correlated series that prove to be homogeneous. The results

confirm that 5 (Xining, Geer, Naqu, Lhasa and Yushu) of

the 10 series (i.e. 50 % of the series) show evidence of

inhomogeneities in the early 1990s, most of them clearly as

a result of low values during the preceding 5–10 years, as

has been previously pointed out by Shi et al. (2008).

Another statistical inhomogeneity was detected in Minqin

during the mid-1970s. The remaining 4 series (Ruoqiang,

Hetian, Germu, Changdu) proved to be homogeneous (see

Table 1). These 4 series have been used as reference series

in order to estimate the corrections of the breaks identified

in the inhomogeneous series. After the homogenization, all

gaps were filled with monthly mean values for each station.

In order to study the trends under clear-sky SSR condi-

tions, only the 4 stations considered as homogenous for all-

sky SSR series are used (Sanchez-Lorenzo et al. 2009).

Firstly, the daily mean total cloud cover records are obtained

from the NMIC/CMA for these 4 series. Secondly, a day was

defined as clear-sky if the daily mean total cloud cover is

equal or less than 12.5 %. Finally, the clear-sky SSR

monthly values for each station were obtained by averaging

the SSR values of all clear-days available in each month.

2.2 NCEP/NCAR and ERA-40 reanalysis

In addition to the observed data, SSR fluxes as estimated by

two reanalysis products are used in this study, i.e. the

reanalysis from the National Centers for Environmental

Prediction/National Center for Atmospheric Research

(NCEP/NCAR) (Kalnay et al. 1996) and the reanalysis

from the European Centre for Medium-Range Weather

Forecasts (ECMWF) (ERA-40) (Uppala et al. 2005).

The NCEP/NCAR dataset covers the period from 1948 to

present with a spatial resolution of 2.5� 9 2.5� (Kalnay et al.

1996). Only data from 1960 to 2009 are analyzed in this study.

The ERA-40 reanalysis is available from 1957 to mid-2002

with a spatial resolution of 2.5� 9 2.5� (Uppala et al. 2005).

Only data covering the 1960–2001 period are used in this

study. As downward clear-sky SSR data is not directly

available in ERA-40, we use net clear-sky SSR instead.

2.3 The ECHAM5-HAM model

The fourth data set we analyse are transient simulation data

computed with the global climate model ECHAM5,

developed at the Max Planck Institute of Meteorology

(MPI), (Roeckner et al. 2003, 2006), coupled to the

Table 1 Details of the 10 selected stations in the Tibetan Plateau, including the World Meteorological Organization (WMO) code, station name,

latitude, longitude, elevation, and starting year of the SSR series, and data missing during the period 1960–2009

Code Station Lat. (N) Lon. (E) Alt. (m) Starting year

51777 Ruoqiang 39.02 88.10 888 1957

51828 Hetian 37.08 79.56 1374 1957

52681 Minqin 38.38 103.05 1367 1961

52818 Germu 36.25 94.54 2807 1957

52866 Xining 36.43 101.45 2295 1959

55228 Geer 32.3 80.05 4278 1971

55299 Naqu 31.29 92.04 4507 1961

55591 Lhasa 29.4 91.08 3649 1961

56029 Yushu 33.01 97.01 3681 1960

56137 Changdu 31.09 97.1 3306 1961

The names of the 4 homogeneous SSR series are highlighted in bold
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Hamburg Aerosol Module (HAM) (Stier et al. 2006a) and

equipped with detailed cloud microphysics (Lohmann et al.

2007). The ECHAM5-HAM is particularly well suited for

the present study, as aerosol-cloud interactions are con-

sidered as a main factor in the explanation of the observed

decadal variations in SSR (e.g. Ohmura 2009; Wild 2009).

In the present simulations, aerosol emissions are taken

from the Japanese National Institute for Environmental

Studies (NIES) (Roeckner et al. 2006; Stier et al. 2006b).

Fossil fuel emissions of SO2, BC and OC are prescribed

annually, while emissions from wild fires, agricultural

burning and domestic fuel-wood consumption are pre-

scribed monthly. Optical depths of volcanic aerosols in the

stratosphere are prescribed on a monthly basis on six lati-

tudinal bands. Total solar irradiance varies on an annual

basis (Solanki and Krivova 2003). Monthly mean sea sur-

face temperatures (SSTs) and sea ice concentrations (SICs)

are taken from the Hadley Centre (Rayner et al. 2003). An

ensemble of 13 experiments is performed at spectral res-

olution T42 (about 2.8 9 2.8 degrees), with 19 vertical

levels from ground to 10 hPa, and covering the time period

from 1870 to 2005. In recent studies, these simulation data

have already been analysed on the global scale (Bichet

et al. 2011) and for Europe (Folini and Wild 2011). Here,

we look at the TP and focusing on the period 1960–2005.

3 Methods

Annual and seasonal series are computed from the monthly

data previously described. In this study the seasons are

defined as spring (MAM), summer (JJA), autumn (SON),

and winter (DJF). The winter season was defined as the

mean of the December of the year indicated and the Jan-

uary and February of the subsequent year.

Annual and seasonal anomalies, obtained as deviations

from the 1971–2000 period, were calculated for each one

of the 10 (4) series of observed all-sky (clear-sky) SSR.

Mean series for the TP were computed as an arithmetic

mean of these 10 (4) series for all-sky (clear-sky) SSR. The

same approach has been applied for the reanalysis and

ECHAM5-HAM simulations, but using the time series of

the nearest grid point to the 10 (4) stations (see Fig. 1).

Overall, the use of anomalies avoids the introduction of a

bias in case of missing data and different absolute values,

and the mean series enhances the signal-to-noise ratio,

which permits a better identification of decadal trends than

individual series.

The linear trends of all series in this paper were calcu-

lated by means of least squares linear fitting and their

significance estimated by the Mann–Kendall nonparametric

test (Sen 1968) at the 0.05 level of significance. In order to

improve the visualization of the decadal variability, the

mean time series are plotted together with their 17-year

Gaussian low-pass filter (hereafter referred as 17GLPF),

which only consider the values on one side at the start and

end of the series in order to filter the full period of

1961–2009.

Finally, correlation analyses are used to compare the

observed and simulated SSR series. All correlations are

based on the mean time series smoothed with the 17GLPF

in order to evaluate the agreement in the decadal variability

rather than the interannual variations which are not deter-

ministic in global climate models.

Fig. 1 Distribution of the 10

stations with SSR

measurements and the

corresponding nearest reanalysis

and ECHAM-HAM grid points

in the Tibetan Plateau
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4 Results

4.1 Changes of all-sky and clear-sky SSR

from observational data

The climatological means for all-sky SSR on annual and

seasonal basis are summarized in Table 2. The annual

mean all-sky SSR value, obtained by averaging the 10

series available in the TP, is 210.1 Wm-2, with a clear

maximum in summer (263.1 Wm-2) and minimum in

winter (143.4 Wm-2).

Figure 2 shows the mean annual and seasonal all-sky

SSR series in the TP during the period 1960–2009. The

linear trends for the all-sky SSR series, calculated over

the whole available period (1960–2009) and different

subperiods, are summarized in Table 3. On the annual

basis, the mean all-sky SSR series in the TP shows an

increasing tendency before the 1970s, followed by a

decrease during the 1970–1990 period. Subsequently, the

series shows a new increase in the 1990s, followed by a

strong decrease during the first decade of the new century.

Totally, the all-sky SSR exhibits a significant decreasing

trend for the whole study period with a rate of

-1.00 Wm-2 decade-1. Equally, both the 1960–1992 and

1993–2009 subperiods show a significant decrease of

-1.68 and -5.48 Wm-2 decade-1, respectively. The

trends of these subperiods confirm a tendency towards a

decrease before and after 1992, the year with the possible

inhomogeneity remaining in the series due to the instru-

mentation change. On a seasonal basis, the results highlight

a general decrease in all-sky SSR, with the highest rate of

significant decrease found in autumn (-2.16 Wm-2 dec-

ade-1), followed by summer (-1.26 Wm-2 decade-1) and

winter (-1.09 Wm-2 decade-1), and a non-significant

increase in spring (Table 3).

Figure 3 shows the mean annual and seasonal clear-sky

SSR series in the TP during the studied period, based on the

4 homogeneous stations. Trends in clear-sky SSR for dif-

ferent subperiods are shown in Table 3. In contrast to all-

sky SSR, the annual clear-sky SSR series starts with two

decades without relevant variations, followed by a sharp

decrease during 1982–1984. Afterwards, there is a slight

recovery between mid-1980s and the beginning of 2000,

only interrupted by another strong decrease during the

1991–1992, ending with a clear decrease during the final

years. Regarding long-term trends over the 1961–2009

period, the clear-sky SSR annual series shows a significant

decrease of -2.80 Wm-2 decade-1, caused mainly by a

decrease in winter (-4.45 Wm-2 decade-1) and autumn

(-3.78 Wm-2 decade-1). The largest decreasing trend

occurs in the subperiod of 1993–2009 (-11.40 Wm-2

decade-1). In most cases, it becomes evident that the SSR

trends under all-sky conditions are slightly smaller than

under clear-sky conditions, both on annual and seasonal

basis (Table 3).

Table 3 also contains the trends of the mean all-sky SSR

series if only the 4 series used for the clear-sky analysis are

considered. The results show a tendency toward larger

linear trends with the subset of the 4 series, although the

main features remain fundamentally unchanged. The strong

spatial autocorrelation in the SSR series, as illustrated with

the correlation of 0.87 between these smoothed annual all-

sky SSR series, suggests a similar decadal variability when

the 4 series rather than the 10 series are considered.

4.2 Changes of all-sky and clear-sky SSR

from reanalysis data

For the NCEP/NCAR reanalysis, the climatological mean

of all-sky SSR (Table 2) tends to be higher than the

observational stations, with an annual value of

275.9 Wm-2 (bias of ?31.3 % with respect to the obser-

vations), which is in line with the differences found by in

the middle reaches of the Yangtze River (Xia et al. 2006).

A similar overestimation is found throughout the seasons,

with the largest bias in spring (?36.9 %). For the ERA-40,

the climatological mean all-sky SSR (Table 2) is smaller

than the NCEP/NCAR, and closer to the surface observa-

tions, with a slight positive bias (?0.6 %) on the annual

basis, whereas an overestimation (underestimation) around

5–10 % is found in spring and winter (summer and

autumn).

Table 2 Annual and seasonal mean of all-sky SSR in the TP as observed, determined in reanalyses (NCEP/NCAR and ERA40) and simulated

by the ECHAM5-HAM

Annual Spring Summer Autumn Winter

Observations all-sky SSR 210.1 243.0 263.1 191.1 143.4

NCEP/NCAR all-sky SSR 275.9 (?31.3) 332.7 (?36.9) 339.3 (?29.0) 239.8 (?25.5) 192.2 (?34.0)

ERA-40 all-sky SSR 211.5 (?0.7) 268.0 (?10.3) 247.0 (-6.1) 180.1 (-5.8) 151.4 (?5.6)

ECHAM5-HAM all-sky 203.7 (-3.0) 239.8 (-1.3) 246.7 (-6.2) 184.3 (-3.6) 144.0 (?0.4)

Units are Wm-2, and the reference period used is 1971–2000. For the mean calculations only the 10 stations (nearest grid point to the station) are

used for the observations (reanalyses and ECHAM5-HAM simulations). Relative differences (%) with respect to the observations are given in

parentheses
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Fig. 2 Mean annual and

seasonal all-sky SSR series (thin
line) in the Tibetan Plateau

during the period 1960–2009,

plotted together with a GLPF17

(thick line). The series are

expressed as differences

(anomalies in Wm-2) relative to

the 1971–2000 reference period

Table 3 Linear trends in the mean Tibetan Plateau (TP) all-sky and clear-sky SSR observational series, given as Wm-2 decade-1

Annual Spring Summer Autumn Winter

Obs. all-sky, 1960–2009 -1.00* (-2.09) 0.52 (-1.02) -1.26* (-2.25*) -2.16* (-2.40) -1.09* (-2.56*)

Obs. all-sky, 1960–1992 -1.68* (-3.14*) -0.31 (-3.48*) -2.61* (-3.75*) -1.37 (-2.21*) -2.01* (-2.97*)

Obs. all-sky, 1993–2009 -5.48* (-5.50) 0.02 (-1.50) -7.24* (-8.02) -8.27* (-8.34*) -4.5 (-5.77)

Obs. all-sky, 1993–2005 -6.83* (-6.01) 3.73 (4.76) -12.81* (-15.76*) -11.26* (-11.42*) -4.86 (-5.53)

Obs. clear-sky, 1960–2009 -2.80* -1.81 -1.22 -3.78* -4.45*

Obs. clear-sky, 1960–1992 -4.76* -5.48* -2.91 -5.65* -4.84*

Obs. clear-sky, 1993–2009 -11.40* -14.85* -14.68* -8.56 -7.46*

Obs. clear-sky, 1993–2005 -11.73 -11.09 -22.18* -9.72 -4.00

The trends are shown for the 1960–2009, 1960–1992, 1993–2009 and 1993–2005 periods. Trends values of the mean TP all-sky SSR only

considering the 4 homogeneous series are given in parentheses

* Significant at the 0.05 level
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Figure 4 (top) shows the annual mean all-sky SSR series

from NCEP/NCAR and ERA-40 in the TP composed from

the grid points closes to the 10 stations. The annual all-sky

SSR mean series from NCEP/NCAR shows a tendency

towards a decrease before 1970 and during the 1980s, and

an increasing trend during the 1970s and the 1990s and

turns to decrease after that. The annual all-sky SSR has an

increasing trend with a rate of 1.06 Wm-2 decade-1 during

the period 1960–2009. On the other hand, the mean annual

all-sky SSR series from the ERA-40 shows a decrease

before 1970 and after 1980 and increases during the 1970s

and 1980s. The linear trend, estimated over the 1960–2004

period, is slightly positive, but not significant. The time

variability and trends of all-sky SSR on a seasonal basis

show similar features to the annual series for both reanal-

ysis (not shown).

Figure 4 (bottom) shows the mean annual clear-sky

(net clear-sky) SSR series from NCEP/NCAR (ERA-40)

in the TP. Clear-sky SSR series from NCEP/NCAR show

a slight but significant increase (0.17 Wm-2 decade-1)

during the whole period. The seasonal anomalies series

show similar features and the largest trend magnitude is

found in spring (not shown). For the ERA-40, the mean

annual clear-sky net SSR series has a sharp decrease

before the 1970s followed by a period without relevant

variations up to the present, with a significant decrease

(-0.91 Wm-2 decade-1) during the whole period

1960–2001, and with the largest seasonal trend in spring

(not shown).

Overall, the all-sky and clear-sky SSR trends derived

from both NCEP/NCAR and ERA-40 cannot capture the

decadal variations seen in surface observations in the TP.

Fig. 3 As Fig. 2, but for clear-

sky SSR observational series in

the Tibetan Plateau. The mean

series are constructed only

considering the SSR and TCC

daily records of the 4

homogeneous series. A day is

defined as clear if the TCC daily

mean is less than 1 okta
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4.3 Changes of simulated all-sky and clear-sky

ensemble SSR by ECHAM5-HAM

Figures 5 and 6 show the annual and seasonal all-sky and

clear-sky ensemble mean SSR series from ECHAM5-HAM

simulations for the TP from 1960 to 2005. The means and

trends of these values are summarized in Tables 2 and 4.

For comparison, Table 3 also shows trends covering the

1993–2005 subperiod in the observational series.

The climatological mean of the annual mean ensemble

SSR from the ECHAM5-HAM at all-sky condition is

203.7 Wm-2, which is slightly lower than both the surface

observations (-3.0 %) and reanalysis. On the seasonal

basis, all seasons except winter underestimate the obser-

vations and summer shows both the largest mean value

(246.7 Wm-2) and underestimation (-6.2 %) (Table 2).

Figure 5 shows that the annual ensemble mean all sky

SSR series from ECHAM5-HAM decreases before 1980,

increases during the 1980s, and then decreases during the

1990s and 2000s, with a significant negative trend of

-0.54 Wm-2 decade-1 during the 1960–2009 period. All

seasonal series show decreasing trends and the variability

is similar to the annual series. The largest trends occur in

spring (-1.39 Wm-2 decade-1) (Table 4).

Any potential direct aerosol effect on SSR should be

most easily detectable and interpretable under clear-sky

condition (Folini and Wild 2011). Figure 6 shows that the

annual ensemble mean clear-sky SSR from ECHAM5-

HAM decreases before the mid-1970s and after the

mid-1980s, and has a significantly decreasing trend of

-0.67 Wm-2 decade-1, which is larger than under all-sky

conditions. All seasons have decreasing trends, and the

largest trend also occurs in summer (-0.88 Wm-2 dec-

ade-1) (Table 4). Overall, the ensemble mean SSR shows

larger trends under clear sky conditions than under all sky

conditions, except spring (Table 4).

Fig. 4 Mean annual (top) all-

sky and (bottom) clear-sky SSR

series (thin dashed lines) in the

Tibetan Plateau for the NCEP/

NCAR (in black) and ERA-40

(in blue) reanalyses, together

with a GLPD17 (thick solid
lines), during the 1960–2009

and 1960–2001 period,

respectively. The series are

expressed as differences

(anomalies in Wm-2) relative to

the 1971–2000 reference period,

and are calculated using the

nearest grid points to the 10 (4)

surface stations with all-sky

(clear-sky) SSR series
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5 Discussion and conclusions

This study analyzed the temporal variability of all-sky and

clear-sky surface solar radiation (SSR) data in the eastern

and central Tibetan Plateau (TP) during the 1960–2009

period. The results provide observational evidence for an

overall decrease of SSR in the TP from 1960 to 2009. The

observed decrease is, however, far from linear. Periods of

both increasing and decreasing SSR are identified, both

under clear sky and all sky conditions. Our results are in

line with the all-sky SSR overall decrease observed in

China (including a partial recovery in the 1990s) (Che et al.

2005; Liang and Xia 2005; Norris and Wild 2009; Shi et al.

2008; Wild et al. 2009) and India (Kumari et al. 2007;

Kumari and Goswami 2010) during the last decades,

although the TP shows much smaller amplitudes in the

trends. In China, Shi et al. (2008) have shown that the

change of direct irradiance is similar to that of global

irradiance, with a decreasing trend during 1957–2000, and

the most noticeable decrease occurred in the Sichuan and

Guizhou area and in the middle and lower reaches of the

Yangtze River. In the TP, direct irradiance at most stations

shows decreasing trends, varying from -1 to -6 % per

decade during the past 40 years. The patterns and magni-

tudes of trends are consistent with previous studies (Che

et al. 2005; Liang and Xia 2005).

Similar conclusions can be reached for clear-sky SSR

trends, as a downward trend from the 1960s to the 1990s

and a partial recovery thereafter has been observed for the

whole China (Liu et al. 2004; Qian et al. 2007; Xia 2010),

which is consistent with the clear-sky SSR trends shown in

this study before the 2000s. It is noticeable that distinctly

Fig. 5 ECHAM5-HAM

simulated mean annual and

seasonal all-sky ensemble SSR

series (thin lines) in the Tibetan

Plateau during the period

1960–2005. The series are

expressed as differences

(anomalies in Wm-2) relative to

the 1971–2000 reference period,

and are plotted together with a

GLPD17 (thick lines)
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low clear-sky SSR anomalies appear around 1963,

1983–1984 and 1992, which occur immediately following

to the Agung (1963, Indonesia), El Chichon (1982,

Mexico) and Pinatubo (1991, Philippines) volcanic erup-

tions. These strong decreases detected in the clear-sky SSR

series can be the consequence of the direct effect of the

Fig. 6 As Fig. 5, but for clear-

sky ensemble SSR series. In

order to facilitate the

comparison with the clear-sky

ensemble SSR observations,

only the nearest grid points to

the 4 homogeneous stations are

considered

Table 4 Linear trends in the mean Tibetan Plateau all-sky and clear-sky ensemble SSR as determined by the ECHAM5-HAM transient

simulation, given as Wm-2 decade-1, considering the 1960–2005 period and two subperiods (before and after 1993)

Annual Spring Summer Autumn Winter

ECHAM5-HAM all-sky, 1960–2005 -0.54* -1.39* -0.79* -0.42 -0.42

ECHAM5-HAM all-sky, 1960–1992 -0.27 -1.14* -0.35 -0.42 -0.21

ECHAM5-HAM all-sky, 1993–2005 -1.71 -0.08 -6.81* -1.04 -0.04

ECHAM5-HAM clear-sky, 1960–2005 -0.67* -0.58 -0.88* -0.70* -0.44*

ECHAM5-HAM clear-sky, 1960–1992 -0.78* -0.13 -1.54* -0.61 -0.71*

ECHAM5-HAM clear-sky, 1993–2005 -1.03* -1.97 -0.41 -1.77* ?0.80

* Significant at the 0.05 level
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aerosols released by these volcanic eruptions. A strong

decrease is also observed in 2004, which cannot be

explained by volcanic eruptions but agrees with a sudden

increase of aerosols observed in the TP (Luedeling et al.

2011), which is consistent with Xia et al. (2008) based on

the satellite AOD retrievals using MISR measurements

which indicated that AOD in 2004 is generally larger than

the 9-year average. Thus, lower SSR in 2004 is probably

associated with larger AOD, possibly as a result of the

extraordinary dust storm that occurred in the Gobi desert in

2004 (Qu et al. 2006). Whether the sources of dust come

from local emission or long-range transportation are

unclear in 2004.

In order to learn more about the causes of the TP dim-

ming, we first note that neither NCEP/NCAR nor ERA-40

reanalysis data are able to capture the observed SSR

decrease. Although both reanalyses assimilate a compre-

hensive amount of weather data which constrains the

simulated atmospheric states, they cannot reproduce the

decadal variations in the all-sky and clear-sky SSR. Inac-

curate representation of clouds and the neglect of time

varying aerosols in the reanalysis assimilation model are

considered as the most likely cause of this disagreement

with surface observations (Wild and Schmucki 2011; Xia

et al. 2006, 2008). Note that there are differences between

the observations, NCEP/NCAR, ERA-40 and ECHAM-

HAM with respect to the mean SSR patterns, although

ECHAM-HAM can simulate the dimming of SSR shown

by observations. This can be caused by the insufficient

absorption of solar irradiance in the parameterization in the

reanalysis and numerical modes. This is consistent with the

previous finding by Wild (2001). Wild (2001) showed that

the atmosphere in both NCEP/NCAR and in many GCMs

is significantly too transparent for SSR, leading to exces-

sive insolation at the surface. The same should be applied

under cloud-free conditions (Wild et al. 2006).

In contrast, transient simulations with ECHAM5-HAM

show an overall dimming of annual mean SSR from 1960

to 2005 at a statistically significant level under both all-sky

and clear-sky conditions, in line with observational evi-

dence. Correlations between observed and modelled

(ensemble mean) annual and seasonal mean all-sky and

clear-sky SSR time series smoothed with the 17GLPF

range from 0.3 to 0.8 (see Table 5). Differences between

observed and modelled SSR exist, however, for some

seasons and with regard to the absolute magnitudes of the

trends. Despite these shortcomings, the ECHAM5-HAM

simulations further support the hypothesis that the dim-

ming observed in the TP is caused by increased aerosol

emissions in the TP or in the surrounding regions. The

model simulations calculate an almost linear increase in

550 nm AOD over the TP from 1960 to 2005 (Fig. 7), in

line with the linear decrease in clear-sky SSR. The corre-

lations between SSR and AOD series (Table 5) provide

values of -0.72 and -0.81 for the smoothed annual series

of all-sky and clear-sky SSR series, respectively. High

correlations are also found on a seasonal basis, especially

during autumn. Whether the source of these aerosols lies in

the TP or in surrounding regions remains a subject for

future studies, as for example with the help of dedicated

sensitivity experiments.

Compared with other regions, the TP should be regarded

as a region with clear atmospheric condition. Taking Nam

Co in the central TP as an example, the baseline AOD of

Nam Co is 0.029, which is about half of that over the

Pacific Ocean and the Atlantic Ocean (Xia et al. 2011). At

the same time, aerosol radiative effects are exponentially

correlated with AOD. This suggests that the TP is sensitive

to aerosol direct and indirect radiative effects and an

equivalent increase of AOD here can produce much larger

aerosol direct and indirect effects as compared with regions

with larger background AOD. This hypothesis has been

supported by the evidence that the atmospheric brown

clouds (mostly as a result of biomass burning and fossil

fuel consumption) can amplify the warming in the TP and

may account for the observed retreat of Himalayan glaciers

(Ramanathan et al. 2007). On the other hand, black soot

aerosols deposited on glaciers in the TP significantly con-

tribute to the rapid glacier retreat (Xu et al. 2009).

However, one may speculate that the sources of these

aerosols have a large-scale rather than a local origin, which

has been a hot topic in recent years (e.g. Xu et al. 2009; Xia

Table 5 Correlation

coefficients between the mean

all-sky and clear-sky GLPF17

series from observed SSR and

ECHAM5-HAM transient

simulations in the Tibetan

Plateau on the annual and

seasonal basis

Annual Spring Summer Autumn Winter

Observed all-sky SSR

ECHAM5-HAM all-sky SSR 0.31 -0.28 0.43 0.68 0.59

ECHAM5-HAM clear-sky SRR 0.59 -0.59 0.52 0.89 0.64

ECHAM5-HAM AOD -0.72 0.33 -0.60 -0.84 -0.54

Observed clear-sky SSR

ECHAM5-HAM all-sky SSR 0.30 -0.06 0.31 0.79 0.36

ECHAM5-HAM clear-sky SSR 0.71 -0.12 0.39 0.85 0.84

ECHAM5-HAM AOD -0.81 -0.40 -0.38 -0.90 -0.93
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et al. 2008; Kopacz et al. 2011). Based on the back-tra-

jectory analysis, Lu et al. (2012) found that the black

carbon in the TP has increased by 41 % during 1961–2010,

and South Asia and East Asia are the two main source

regions, accounting for 67 and 17 % of black carbon

transported to the TP on an annual basis. This is slightly

different from Kopacz et al. (2011), suggesting that the TP

receives most black carbon from western and central

China, as well as from India, Nepal, the Middle East,

Pakistan and other countries. The south westerly winds

associated with the Indian summer monsoon may lead to

some exports of Indian aerosol to the TP. However, the

contributions of different source regions transported to the

TP vary with season and location (Xia et al. 2011; Lu et al.

2012). The rather steady decrease of observed and mod-

elled SSR in the TP in summer may be partly attributable

to increasing Indian aerosol emissions, although the

amounts of anthropogenic aerosol such as black carbon

reaching the TP in summer are lower than that in winter

(Lu et al. 2012). Other sources of aerosols transported to

the TP in summer cannot be ruled out. For example, dust

transportation from Taklimakan Desert to the TP mainly

occurs in summer (Xia et al. 2008). In the winter half year,

prevailing winds are rather from the north, i.e. from the

desert regions north of the TP, and consequently a pre-

dominant influence of the desert dust is a possible cause of

the decreasing SSR in the TP in winter.

Furthermore, it cannot be excluded that the observed

SSR trends in the TP are affected by the increasing local

aerosol emissions (Qian et al. 2006, 2007; Kaiser and Qian

2002), e.g. connected with heating, despite the scarcity of

population in the region. In fact, the industrial waste gas

and soot emissions and number of civilian vehicles in the

Tibet have been increasing in the last decades, especially

after the 1980s (e.g. see statistics in You et al. (2010b)).

This increase of anthropogenic activities would imply a

rapid increase in the emissions of aerosol in the TP,

although at a lower rate than in East China and India.

In conclusion, as in many other parts around the globe,

an overall decrease in SSR has been documented in the TP

since the 1960s, based on both observational and modelling

approaches. This decrease is found under both all sky and

clear sky conditions and seems to be related to increasing

aerosols emissions during the last decades, as has been

shown by the simulations performed with the ECHAM5-

HAM global climate model. However, further research is

needed in order to better assess the origin of the aerosols

over the TP.
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ABSTRACT: The Tibetan Plateau (TP) with an average elevation of over 4000 m a.s.l. is the world’s highest and
most extensive highland. The scarcity of climatic observations limits our understanding of surface air temperature change
in the region. Thus, we compare temperatures and their trends from 71 homogenized surface stations (with elevations
above 2000 m a.s.l.) with National Centers for Environmental Prediction/National Center for Atmospheric Research
(NCEP/NCAR) Reanalysis (NCEP/NCAR hereafter) and European Centre for Medium-Range Weather Forecasts (ECMWF)
reanalysis (ERA-40 hereafter) in the eastern and central TP during 1961–2004. For current climatology, ERA-40 is
more similar to the surface stations than NCEP/NCAR. Compared with surface stations, both NCEP/NCAR and ERA-40
reanalyses have cold biases, which are mainly a result of differences in topographical height, and station aspect and slope.
Warming trends at the surface stations are on average stronger than in both reanalyses, but ERA-40 captures the surface
warming more clearly than NCEP/NCAR on an annual and seasonal basis. Since ERA-40 more closely represents the
surface temperatures and their trends in the central and eastern TP, ERA-40 predictions are selected to examine change in
the western TP where there are few surface stations. NCEP/NCAR, on the other hand, is more representative of free air
temperature conditions. The ‘observation minus reanalysis’ (OMR) method can be used to estimate the impact of surface
changes on climate by computing the difference between surface observations and NCEP/NCAR (which only contains the
forcing influencing the assimilated atmospheric trends). The OMR trend is significantly increasing but the extent to which
the changes in local environment are responsible needs further study. Copyright  2012 Royal Meteorological Society
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1. Introduction

The Tibetan Plateau (TP) with an average elevation
of over 4000 m a.s.l. and an area of approximately
2.5 × 106 km2 is the highest and most extensive highland
in the world. The TP exerts profound influences not
only on the local climate and environment but also on
the global atmospheric circulation through its thermal
and mechanical forcing (Yeh and Gao, 1979; Duan and
Wu, 2005). The TP has the largest area of snow and
ice in the mid-latitude regions and has therefore been
called the ‘Asian water tower’ (Yeh and Gao, 1979),
while it gets less attention than the Arctic or Antarctic.
In the context of global warming, the air temperature
in the TP is increasing (Liu and Chen, 2000), with an
accelerating melt of glaciers (such as Tian et al., 2006;
Kang et al., 2007) corroborating that this. In the past

∗ Correspondence to: Q. You, Laboratory of Tibetan Environment
Changes and Land Surface Processes, Institute of Tibetan Plateau
Research, Chinese Academy of Sciences (CAS), Beijing 100085,
China. E-mail: yqingl@126.com

half-century, 82% of the plateau’s glaciers have retreated
and 10% of its permafrost has degraded (Qiu, 2008).
These changes are expected to continue, changing the
water supply for billions of people and probably altering
the atmospheric circulation (Qiu, 2008). Being a crucial
water resource for most of the Asian continent (Barnett
et al., 2005; Zhang, 2007), the variability of water on
the plateau is of critical importance. Zhu et al. (2011)
found that dryness/wetness in the TP is associated with
the dominance of a Scandinavian or Mediterranean/East
Asia wave train, respectively.

Owing to both terrain complexity and extreme envi-
ronmental conditions, most surface observational stations
are situated in the lower parts of the eastern and central
TP, often in valley locations. Temperature in the TP has
been widely studied (Liu and Chen, 2000; Wang et al.,
2008; Xu et al., 2008; Bothe et al., 2010). Warming in
the TP is significant and can influence the atmospheric
circulation at a large scale (Wang et al., 2008). Previous
studies concerning temperature variability based on raw
observations, such as Liu and Chen (2000) and You et al.

Copyright  2012 Royal Meteorological Society
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(2008a, 2008b), are spatially biased with little cover-
age of the western TP and higher elevations (>4000 m).
A reanalysis in theory overcomes this problem, but to
be used to assess widespread climate change it requires
validation against real observations where both exist.
Hence temperatures retrieved from two reanalysis prod-
ucts are investigated and compared with surface obser-
vations in this study. Reanalyses include the National
Center for Environmental Prediction/National Center
for Atmospheric Research (NCEP/NCAR) Reanalysis
(NCEP/NCAR hereafter) (Kalnay et al., 1996) and the
European Centre for Medium-Range Weather Forecasts
(ECMWF) reanalysis (ERA-40 hereafter) (Uppala et al.,
2005). Frauenfeld et al. (2005) have compared ERA-40
with the raw observational data in the TP and Ma et al.
(2008) have investigated homogenized surface observa-
tions with reanalyses over the whole China. Despite
these studies, detailed comparisons between reanalyses
data and homogenized observations are limited in the TP
where topography is complex. Previous work (You et al.,
2010a; 2010b) has analysed warming trends from both
reanalyses and surface data, examining the relationships
between trend magnitudes, elevation and atmospheric cir-
culation changes. This study uses similar datasets but
includes more detailed examination of local-scale and
short-term differences between them. In particular, a
comparison of instantaneous climatology, the modeling
of bias between observations and reanalyses, and gaining
an understanding of what controls the contrasts between
station and reanalysis-based trends can extend under-
standing of climate variability in this important region.

After data sources and methods are outlined (Sec-
tion 2), the current temperature climatology of the TP
from surface observations and both reanalyses is com-
pared in Section 3.1 and the differences in trends are
described in Section 3.2. Based on this, ERA-40 is used
to examine trend patterns in the western TP where sur-
face data are virtually non-existent (Section 4.1), and
NCEP/NCAR is selected to contrast surface and free-air
warming patterns in the rest of the region (Section 4.2
and 4.3). The predictability of the differences between
the datasets and the wider implications of our work are
discussed in Section 5.

2. Datasets and methods

A brief description of the near surface air temperature
dataset is presented. Those data provide the basis for the
analysis of TP temperature variability and its relation to
surface elevation.

2.1. Surface air temperature homogenized dataset

The surface air temperature homogenized dataset is
the China Homogenized Historical Temperature Dataset
(1951–2004 period) (version 1.0), which was released in
2006 by the National Meteorological Information Cen-
ter, China Meteorological Administration (NMIC/CMA).
The data have been homogenized to minimize the effect

of station relocations. Discontinuities have been adjusted
(Li et al., 2004a; 2004b). Detailed descriptions of data
quality control and homogenization procedure are avail-
able in the above papers.

The TP in China ranges from approximately 26° to
40 °N and from 73° to 105 °E (Zhang et al., 2002), and
there are 156 stations in the original dataset within this
area. As coverage in the western TP is extremely patchy,
the 71 stations above 2000 m a.s.l. are selected in the
eastern and central TP with complete data for 1961–2004
for comparison with the reanalysis products (Figure 1).
More details regarding station selection are described in
our previous papers (You et al., 2008a, 2008b).

2.2. Reanalysis datasets

Monthly mean 2 m surface air temperatures for NCEP/
NCAR were downloaded from the National Oceanic
and Atmospheric Administration – Cooperative Institute
for Research in Environmental Sciences (NOAA-CIRES)
Climate Diagnostics Centre (http://www.cdc.noaa.gov/).
The NCEP/NCAR reanalysis is a continually-updated
gridded dataset representing the state of the Earth’s atmo-
sphere, incorporating observations (such as ship, raw-
insonde, pibal, aircraft, satellite, and other data) with
numerical weather prediction model output, quality con-
trolling and assimilating these data with a data assimi-
lation system. This dataset covers January 1948 to the
present with a spatial resolution of 2.5° × 2.5° (Kalnay
et al., 1996) and sub-daily temporal resolution. The
NCEP/NCAR 2 m air temperature is a standard modelled
field, which represents a linear interpolation between the
surface skin temperature and free-air temperature at the
lowest model sigma level (Kalnay et al., 1996).

Monthly mean 2 m surface air temperature ERA-
40 reanalysis data were obtained from the European
Centre for Medium-Range Weather Forecasts website
(http://www.ecmwf.int/). ERA-40 temperatures are avail-
able from September 1957 to August 2002 with a spatial
resolution of 2.5° × 2.5° (Uppala et al., 2005). The data
include satellite-borne instruments, observations from air-
craft, ocean-buoys, radiosonde and other surface plat-
forms, but with a declining number of radiosonde ascents
since the late 1980s. ERA-40 2 m air temperature is a
post-processing product and is obtained by interpolation
between the lowest model level and the surface (Uppala
et al., 2005). ERA-40 is the most recent comprehen-
sive reanalysis and the first to provide an alternative to
the earlier NCEP/NCAR reanalysis for the years before
1979 (Bengtsson et al., 2004). Periods of 1961–2004 and
1961–2001 were selected from NCEP/NCAR and ERA-
40 data, respectively.

2.3. Spatial comparision of datasets

To compare with surface stations, two slightly different
approaches were investigated to identify the appropriate
reanalysis value for comparison with the observed values.
One is to compare the surface stations with reanalyses
grid points with at least one surface station in the

Copyright  2012 Royal Meteorological Society Int. J. Climatol. 33: 1337–1347 (2013)
375



HOMOGENIZED TEMPERATURE VERSUS REANALYSIS 1339

Figure 1. Topography of Tibetan Plateau (labelled 1–63). The white dots represent the 71 stations and the red numbers show the reanalysis grid
points in the whole TP. The whole TP was subdivided into two parts by the rectangle: the eastern TP (labelled 1–28) and western TP (labelled

29–63).

immediate vicinity. This includes 29 grid points (labelled
1–35 in Figure 1 with the exception of 2, 13, 14, 18, 19
and 30). Surface stations are assigned to their nearest grid
point (based on distance) and data from all the relevant
stations are averaged for a given grid point. This average
is not weighted by distance or corrected according to
elevation, which means that the differences in elevation
and/or location distribution between the stations and the
grid point may be important (see Section 4). The other is
to compare surface stations with reanalysis point obtained
from the weighted average of the reanalysis values of
the four grid boxes whose centers lie closest to the
station. The average of the four grid boxes is obtained
using the inverse distance weighted average (Mooney
et al., 2011). Both methods shows the grid points from
reanalysis have higher correlation coefficients with the
observations, and the bias between two methods are
very lower, suggesting both methods have no significant
influence on the results (not shown). Thus, the first and
simple comparison method is adopted for subsequent
study.

2.4. Surface elevation data and trend calculations

Surface elevations come from four datasets: (1) elevation
of each surface station provided by the NMI/CMA,
(2) NCEP/NCAR reanalysis model topography (available
from website http://www.cdc.noaa.gov/), (3) ERA-40
reanalysis model topography (available from
http://www.ecmwf.int/), and (4) GTOPO30 digital eleva-
tion data (available from http://eros.usgs.gov).

The Mann-Kendall test for a trend and Sen’s slope esti-
mates were used to detect and estimate trends in annual
and seasonal (winter: DJF; spring: MAM; summer: JJA;
autumn: SON) mean temperature series (Sen, 1968). A
trend is considered to be statistically significant if it is

significant at the 5% level (P < 0.5). The formula is as
follows:

The Mann–Kendall statistic S is calculated as:

S =
n−1∑
k=1

n∑
j=k+1

sgn(xj − xk) · · · sgn(xj − xk)

=
{ +1 if xj − xk > 0

0 if xj − xk = 0
1 if xj − xk < 0

}

The variance for the statistic S is defined by:

Var(S) =
n(n − 1)(2n + 5) −

q∑
p=1

tp(tp − 1)(2tp + 5)

18

The test statistic Z is estimated as:

Z =




S − 1√
VAR(S)

if S > 0

0 if S = 0
S + 1√
VAR(S)

if S < 0

In which Z follows a standard normal distribution, If
|Z| > Z1−α/2, where α denotes the significant level, then
the trend is significant. Sen’s method is used to estimate
the Kendall slope, and it is defined as the median over
all combinations of record pairs for the whole dataset. It
is given as follows:

Q = Median
(

xj − xk

j − k

)
; i = 1, . . . , N.

The Mann-Kendall test is a nonparametric method
without considering distribution of the observational data,

Copyright  2012 Royal Meteorological Society Int. J. Climatol. 33: 1337–1347 (2013)
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and has been widely used to perform trends in climate
variables, such as temperature (Xu et al., 2008), precip-
itation (Liu et al., 2011a, 2011b) and extreme climate
series (You et al., 2008a, 2008b). Meanwhile, the scien-
tific communities of hydrology and water resources prefer
the Mann-Kendall test. For example, the method was
applied to analyse the river discharge during 1956–2000
(Cao et al., 2006), pan evaporation and vapour pressure
in the TP (Liu et al., 2011a, 2011b).

3. Comparing TP near surface air temperature
datasets: means and trends

Climatological means and half-century trends of the
temperature datasets are analysed and compared with
related studies before discussing the results.

3.1. Current climatology: surface stations and
reanalysis data

Figure 2 shows the relationship between mean seasonal
(MAM, JJA, SON, DJF) temperatures at each individual
surface station and those from the nearest NCEP/NCAR
and ERA-40 reanalysis grid point during 1961–2004.
Subpanels give the seasonal breakdown. Each grid point
is included only once. Descriptive statistics summarizing
relationships between surface temperature and reanalysis
temperatures are listed in Table I.

NCEP/NCAR shows a fairly good spatial correlation
with the surface stations (a correlation of 0.58 on
an annual basis) (You et al., 2010a). The strongest
correlation occurs in winter (R = 0.69) (Table I). In
most cases and seasons, the values of NCEP/NCAR are
located to the right of the diagonal line of equality in
Figure 2, meaning that NCEP/NCAR has a cold bias
(Figure 1). ERA-40, on the other hand, shows a less
systematic bias, revealing that the difference between
stations and ERA-40 is smaller (Figure 1). Correlations
are also usually slightly higher than with NCEP/NCAR.
Like NCEP/NCAR, the weakest correlation occurs in
summer with a value of 0.47 and the strongest in winter
(0.77) (Table I). This is probably related to the enhanced
latitudinal and elevational gradients in temperature across
the domain in winter, making spatial patterns easier to
model.

Compared with NCEP/NCAR, ERA-40 has higher
correlation coefficients and lower standard deviations
(Table I), indicating that it is more consistently closer to
surface observations. This finding is consistent with other
studies (Frauenfeld et al., 2005; Zhao and Fu, 2006; Ma
et al., 2008; Zhao et al., 2008). This capability to produce
a more realistic analysis of surface temperatures stems
from improvements in observing systems, techniques of
data assimilation, and the realism of the assimilating
model (Simmons et al., 2004). ERA-40 has benefited
from many of these more than NCEP/NCAR has. In

Figure 2. Comparison of temperature of surface stations during 1961–2004 with temperature from NCEP/NCAR and ERA-40 reanalysis data
on a seasonal basis. The straight lines are linear fits, and R stands for correlation coefficients and P for statistical significance.

Copyright  2012 Royal Meteorological Society Int. J. Climatol. 33: 1337–1347 (2013)
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Table I. Descriptive statistics of relationships between surface temperature of stations and that from reanalysis on an annual
and seasonal basis. The study period periods for stations, NCEP/NCAR and ERA-40 are during 1961–2004, 1961–2004 and
1961–2001. The linear fits formula (Reanalysis = a + b∗ Stations) is used. R stands for correlation coefficients and P for

statistical significance.

a b Standard deviation R P value

NCEP/NCAR Annual −2.50 0.61 3.98 0.58 <0.0001
Spring −2.84 0.59 4.29 0.54 <0.0001
Summer 3.65 0.47 3.50 0.44 <0.0001
Autumn −2.26 0.65 3.81 0.61 <0.0001
Winter −6.14 0.70 4.39 0.60 <0.0001

ERA-40 Annual 3.12 0.54 2.83 0.66 <0.0001
Spring 2.40 0.48 3.42 0.55 <0.0001
Summer 7.28 0.44 2.97 0.47 <0.0001
Autumn 2.32 0.60 2.83 0.69 <0.0001
Winter −2.0 0.66 3.31 0.77 <0.0001

Figure 3. Average regional trends for surface stations, NCEP/NCAR and ERA-40 during 1961–2004 on a seasonal basis. Other is same as
Figure 2.

particular, ERA-40 uses surface synoptic observations but
NCEP/NCAR does not and is more dependent on free-air
forcing (Simmons et al., 2004).

3.2. Temperature trends from surface stations and
reanalysis data

Figure 3 shows regional temperature trends (based on
calculating the unweighted mean temperature of all sta-
tions or grid points for each year solely for the geo-
graphical area of overlap between surface stations and

reanalysis) for surface stations, NCEP/NCAR and ERA-
40 during 1961–2001 on a seasonal basis. The sur-
face stations show a mean regional temperature trend
of 0.25 °C/decade (as in You et al., 2010a). Stations
in the northwestern, southwestern and southeastern TP
have the largest trends, in agreement with previous
analysis of temperature extremes (You et al., 2008a).
Although the regional trend is dominated by warmer win-
ter (0.40 °C/decade) and autumn (0.26 °C/decade), consis-
tent with the previous study by Liu and Chen (2000) and
Ren et al. (2005) warming occurs in all seasons. Rising
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Figure 4. Spatial distribution of annual mean temperature (left plot, unit:° C/decade) and temperature trend magnitudes (right plot, unit:° C/decade)
based on NCEP/NCAR and ERA-40 during 1961–2004 and 1961–2001, respectively.

temperatures are accompanied by abundant evidence of
dramatic glacier shrinkage in the TP (Zhang, 2007).

For NCEP/NCAR, the regional annual temperature
trend (unweighted mean of all grid points) shows a slight
decrease (−0.02 °C/decade) and many grid points in the
southeastern TP have decreasing trends (Figure 4). A
large cooling trend also occurred in the southwestern
region of the grid, mainly in northern India (Figure 4). On
a seasonal basis, the regional temperature trend is positive
only in winter (0.13 °C/decade) and cooling occurs in
spring, summer and autumn. The cooling trend from
NCEP/NCAR in the TP is quite different from other
regions in the world (Simmons et al., 2004; Ma et al.,
2008).

For ERA-40, the regional annual temperature trend is
0.22 °C/decade, and it is strongest in winter (0.36 °C/
decade) and autumn (0.27 °C/decade). Most grid points
in the southwestern TP have large increasing trends, but
there is a cooling trend outside the plateau region in
northern India, centering on 73 °E and 28°N (Figure 4). It
is therefore possible that both NCEP/NCAR and ERA40
are inaccurately describing the climate change in that
region. If the cooling is real, it may be related to the
anthropogenic emission of air pollutants with an increase
in population and industrialization in the region. Air
pollutants from this region lead to a brownish haze,
reducing the surface solar insolation and cooling the
surface (Krishnanl and Ramanathan, 2002). This aspect
definitely needs further study.

4. Discussions

4.1. Can reanalysis be applied to the TP?

Temperatures in the eastern TP are higher than that
in the western TP because of the lower elevations
(Frauenfeld et al., 2005). Owing to the relatively higher
terrain and inaccessibility, long-term observational data
in the western TP are lacking. Thus, other methods have
been used to examine climate change in this region.
Rangwala et al. (2010) used simulated output from two
model experiments (SRES A1B and control) and showed
that the western TP had relatively greater warming
than the eastern TP during the late 20th and the 21st
centuries, although the comparisons between warming
rates varied significantly with the observation period
(Rangwala et al., 2009).

There is scarce surface observational data in the
western TP. Since ERA-40 is a good representation of
surface trends in the eastern TP, assuming this is the
case in the western TP we can extend our examination of
ERA-40 temperature trends to 63 grid points to capture
the larger area (Figure 1). Figure 5 shows the regional
temperature trend for the whole TP (63 grid points),
eastern TP (29) and western TP (34) based on ERA-40
during 1961–2001. Mean temperature trend magnitudes
and average air temperatures during the same period
are listed in Table II. The mean temperatures in the
western TP are lower than in the east because of higher
elevations.
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Table II. Temperature trend magnitudes and average air temperature for the whole TP, eastern TP and western TP based on
ERA-40 during 1961–2001 on an annual and seasonal basis. Bold values indicate trends with significance level higher than 95%.

Units are degree per decade.

Annual Spring Summer Autumn Winter

Trend magnitudes Whole TP 3.44 4.06 13.28 3.52 −7.11
Eastern TP 4.33 5.17 13.77 4.13 −5.77
Western TP 2.73 3.17 12.90 3.03 −8.18

Average air temperature Whole TP 0.14 0.04 0.04 0.19 0.29
Eastern TP 0.21 0.12 0.19 0.27 0.31
Western TP 0.09 0.01 −0.08 0.14 0.30

Figure 5. Average annual regional trends for the whole TP, eastern
TP and western TP based on NCEP/NCAR (a) and ERA-40 (b) during

1961–2004 and 1961–2001, respectively.

Correlations between regional mean annual tempera-
ture for the whole TP, the eastern and western TP are 0.49
and 0.51, respectively. Figure 5 indicates that the vari-
ability of temperature based on ERA-40 is quite different
in different regions. The regional air temperature for the
whole TP is increasing, with a rate of 0.14 °C/decade,
and trends are more prominent in winter and autumn
(Table II). Although both the eastern and western TP
show warming trends, especially in winter, the trends
in the east appear to be larger (0.21 °C/decade) than
in the west (0.09 °C/decade). This is inconsistent with
model output results by Rangwala et al. (2010). It is
notable that temperature trend assessment using reanaly-
sis data is sometimes dangerous because of the changes
in the amount and quality of assimilation data. For exam-
ple, changes of data source can result in climatic jumps
and produce spurious trends before and after the late
1970s because of different assimilation datasets (Frauen-
feld et al., 2005).

There are two issues should be paid attention in the
TP. One is the interpolating methods. The interpolat-
ing temperature from a coarse resolution into a finer
resolution, can improve the results in the region with
complex topography, but the interpolation method can

also produce obvious bias between reanalysis and obser-
vation. The other is that the western TP has low density of
stations, which need more multi-datasets such as remote
sensing and field observation, to improve the scientific
understanding. To summarize, the primary problem asso-
ciated with climate analysis in the western TP is the lack
of good horizontal resolution of historic climate records
(Xu et al., 2008).

4.2. Can the ‘observation minus analysis’ method be
used in the TP?

NCEP/NCAR clearly does not represent surface con-
ditions well and is more representative of regional
scale free atmosphere conditions. The ‘observation minus
reanalysis’ (OMR) method calculated by the difference
between observation and reanalysis, has been used with
NCEP/NCAR to estimate the impact of surface properties
(including urbanization and agricultural practices such
as irrigation) on climate trends. Several studies there-
fore compute the trend in the difference between surface
observations (which reflect all the sources of climate forc-
ing, including surface effects) and NCEP/NCAR reanal-
ysis (which only contains forcing influencing assimilated
free-atmospheric trends) (Kalnay and Cai, 2003; Lim
et al., 2005, 2008; Nunez et al., 2008). Pepin and Seidel
(2005) take a similar approach to examine ‘real’ trends in
surface/free-air temperature differences at mountain sites.
Figure 6 shows the standardized anomaly of regional
OMR for both NCEP/NCAR and ERA-40 on an annual
and seasonal basis during 1961–2004. In general, sea-
sonal trends of OMR for both reanalyses are similar to
their annual trends. The OMR for ERA-40 shows a lim-
ited trend because ERA-40 uses surface air temperatures
in the initialization of soil temperature and moisture, indi-
cating that ERA-40 includes not only assimilated free
atmospheric trends but also surface effects. In order to
know whether NCEP/NCAR and ERA-40 are converg-
ing in describing the climatology and changes in the
free atmosphere, the annual mean temperature differences
between 1981–2001 and 1961–1980 at 850, 600, 400 and
200hPa are analysed (Figure 7), and the right and left
plots are for NCEP/NCAR and ERA-40 reanalysis data
respectively. It is clear that both the differences between
NCEP/NCAR and ERA-40 are apparently larger at lower
troposphere, and both reanalyses become more similar at
upper tropospheric levels (400 and 200 hPa).
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Figure 6. The anomaly of standard deviation for observation minus
reanalysis (OMR) for NCEP/NCAR (top plot) and ERA-40 (bottom

plot) during 1961–2004 and 1961–2001, respectively.

Since 1990, the OMR for NCEP/NCAR has increased
dramatically, coinciding with rapid urbanization and dra-
matic economic growth in southeastern China (Zhou
et al., 2004). The regional diurnal temperature range
(DTR) for the surface component also exhibits a sta-
tistically decreasing trend at a rate of −0.20 °C/decade
during the same period (You et al., 2008a). The positive
OMR trend is likely therefore partly to be the result of
extensive local and regional land use changes (Kalnay
and Cai, 2003; Nunez et al., 2008), which have been
reported in eastern China (Zhou et al., 2004). A recent
analysis (Zhang et al., 2010) shows that urbanization-
induced increase of annual mean surface air temperature
in the lower parts of the TP during 1961–2004 reaches
0.06 °C/decade, accounting for about 23% of the overall
warming recorded by the commonly used national obser-
vation stations. Thus, the regional surface mean temper-
ature trend in the TP (0.25 °C/decade) probably includes
the combined effects of urbanization and large-scale sur-
face forcing. According to the China Compendium of
Statistics (Department of Comprehensive Statistics of the
National Bureau of Statistics, 2006), the total population
during the 1990s doubled from that of the 1960s, and the
total sown area increased by 50% between 1961 and 2004
for the Tibet Autonomous region as a whole (Figure 8).
A general atmospheric circulation model (ECHAM5) also
indicates that human-induced land use changes in the TP

have had a significant impact on local and regional cli-
mate (Cui et al., 2006). Increasing OMR in all seasons
from our analysis also strengthens the case for additional
surface forcing on climate change in the TP.

4.3. Can the temperature differences between stations
and reanalysis be modeled in the TP?

In summary, both the instantaneous climatology and
pattern of temperature trends appear to be more similar
to the surface stations when using ERA-40 rather than
NCEP/NCAR. Further analysis has examined how the
differences in temperatures can be explained by model
topography. The complex elevated topography of the
TP means that the differences in elevation between
surface stations and the ERA-40 and NCEP/NCAR
reanalyses model elevations are not trivial (Zhao and
Fu, 2006; Ma et al., 2008). The model elevation is
often higher than the surface stations elevation because
stations are located preferentially in flat or valley bottom
locations. Classifying each of the 71 stations into one of
three topographic types (summit, flat or valley) using a
definition based on the relative heights of surrounding
grid cells derived from GTOPO30 digital elevation data
(You et al., 2008b) demonstrates this point (You et al.,
2010a).

In previous paper (You et al., 2010a), we have anal-
ysed the relationships between annual air temperature
differences (station minus reanalysis, dT ) and elevation
differences (mean surface station minus reanalysis model
elevation, dH ) for NCEP/NCAR and ERA-40 during
1961–2004. There is a negative correlation between dT

and dH in both reanalyses, but the relationship is much
stronger in ERA-40, annually and seasonally. Most of
the temperature bias in ERA-40 is therefore due to the
elevation difference, highlighting the possibility of ‘topo-
graphic correction’ and removal of ‘elevation-induced
bias’ when evaluating reanalysis data (Zhao et al., 2008).
In most cases, the model elevation in ERA-40 is lower
than that in NCEP/NCAR (Figure 6 in You et al., 2010a),
resulting in higher surface temperature in ERA-40. This is
consistent with the conclusions in Ireland that the discrep-
ancies between reanalysis and observations result from
the difference in the treatment of land and sea surfaces
in the reanalysis datasets (Mooney et al., 2011).

Although elevation accounts for a lot of the bias, aspect
and slope could also be influential. Aspect and slope
at each grid point are extracted from GTOPO30 digital
elevation data. Temperature trend magnitudes were com-
pared with aspect and slope for stations, NCEP/NCAR
and ERA-40 data on an annual basis (not shown). In most
cases, there is a slight negative relationship between tem-
perature trend magnitudes and aspect as well as slope for
stations, NCEP/NCAR and ERA-40. This suggests that
change in topographic slope or station orientation should
influence the trend magnitudes to a certain degree.

Topography also influences temperature trend magni-
tudes, which is consistent with other studies. Dobrowski
et al. (2009) show that both regional synoptic-scale and
landscape-scale physiographic factors control patterns of
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Figure 7. Annual mean temperature differences between 1981–2001 and 1961–1980 at 850, 600, 400 and 200hPa, and the right and left plots
are for NCEP/NCAR and ERA-40 reanalysis data respectively.

temperature in mountain environments, and Thomas and
Herzfeld (2004) try to generate new climatic data for East
Asia based on localized relief information and geostatisti-
cal methods. Furthermore, on a daily basis the difference
between the surface and free-air datasets is also corre-
lated with meteorological factors such as snow cover,
cloud cover and wind vectors, illustrating the importance
of local surface radiative exchange at mountain locations
(Pepin and Seidel, 2005). More attention to such issues
should be given when examining trends in the TP from
different sources, since topographical differences between
grid point and station locations are clearly related to mean
bias and differences in trend magnitudes and patterns
(You et al., 2010a).

5. Conclusions

We have compared observed surface temperatures and
their trends based on 71 homogenized surface stations

with elevations above 2000 m a.s.l. in the eastern and
central TP with equivalent temperatures at the nearest
NCEP/NCAR and ERA-40 reanalysis grid points. The
regional annual mean trend of 0.25 °C/decade is sub-
stantiated by many environment consequences, such as
glacier shrinkage and land degradation. The warming in
the surface stations is on average stronger than in both
reanalyses. Although ERA-40 shows pronounced warm-
ing on an annual and seasonal basis, the regional annual
mean trend is slightly less steep than surface stations,
and most temperature trend magnitudes at grid points are
lower than at individual surface stations. NCEP/NCAR
fails to capture any warming trends with the excep-
tion of winter and the regional annual mean temperature
trend is negative. As was the case for current clima-
tology, ERA-40 is much more similar to the surface
stations and captures the surface warming trends bet-
ter than NCEP/NCAR on an annual and seasonal basis.
NCEP/NCAR and ERA-40 are similar in representing
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Figure 8. The total population grouped by residence (top plot) and
total sown area (bottom plot) of Tibet Autonomous region during

1961–2004.

the free atmospheric conditions over the TP; however,
NCEP/NCAR is not as good at representing surface tem-
peratures or their trends in the TP.

Using ERA-40, we assess temperature trend magni-
tudes and mean temperature for the whole, eastern and
western sections of the TP. Both the eastern and western
TP show warming trends, especially in winter, but the
trend in the eastern TP is larger (0.21 °C/decade) than
in the west (0.09 °C/decade). Since NCEP/NCAR largely
represents the free atmosphere, the OMR method has
been used to estimate the impact of changes in land use
(including urbanization and agricultural practices such
as irrigation) by computing the trend in the difference
between surface and NCEP/NCAR temperatures. The
regional OMR trend is significantly increasing, which
corresponds with a rapidly increasing urban population
and an increase in total sown area. Our results further
strengthen the case for using surface station in the TP
to represent surface climate should be acknowledged the
land use changes.

Correlations between air temperature differences (dT )
and elevation differences (dH ) shows that there are
significant negative correlations for NCEP/NCAR and
ERA-40. In most cases, the elevation differences (model
elevation minus surface stations elevation) are positive
because surface stations are situated in flat areas and
valley bottoms which are lower than the reanalysis model

topography. In ERA-40, the elevation difference is the
main reason for the cold biases but the pattern is less
systematic for NCEP/NCAR. The relationships between
temperature trend magnitudes and aspect as well as slope
for stations, NCEP/NCAR and ERA-40 data show that
changes in topographic slope or station orientation should
influence the trend magnitudes in the TP to a certain
degree. Because much of the variation between ERA-
40 and the surface stations is explained by topography,
we suggest topographic correction is made to remove
most of the elevation induced bias when making future
comparisons.
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ABSTRACT: Cold and warm temperature extremes predominantly occurring in winter gained much more attention than
mean temperatures. On the basis of daily maximum and minimum surface air temperature records at 303 meteorological
stations in China, the spatial and temporal distributions of five indices for winter (DJF: December, subsequent January
and February) temperature extremes are analysed during 1961–2003. For the majority of stations, the frequency of cold
days/nights decreases by −1.33/−2.98 and warm days/nights increases by 0.92/2.35 d/decade, respectively. Cold days/nights
are significantly negatively correlated with the Arctic Oscillation (AO) index, while warm days/nights are positively
correlated with the AO. The diurnal temperature range (DTR) has a declining trend with rate of −0.25 °C/decade and
positive correlation with the AO index. Compared with other regions in China, stations in the northern China have larger
trend magnitudes and stronger correlations with the AO index, and the AO can explain more than 50% of winter temperature
extreme change in China. Compared with the annual basis, the winter temperature extremes have larger trend magnitudes,
which reflect the rapid warming. During strongly positive AO index years, enhanced contrast tropospheric temperature
(defined as the average of air temperature vertically integrated between 200 hPa and 1000 hPa based on the National
Centers for Environmental Prediction/National Center for Atmospheric Research reanalysis) between the north of China
and the southern China weakens the East Asian winter monsoon which in turn reduces cold outbreaks in the northern
and eastern China. The composites of large-scale atmospheric circulation are consistent with the asymmetrical changes
of the geopotential height, zonal and meridional winds at high and mid latitudes at troposphere. Meanwhile, the linkage
between the AO and solar activity also modulates the winter temperature extremes, while the mechanism needs to be
investigated. Copyright  2012 Royal Meteorological Society
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1. Introduction

Extreme climate events can cause property damage,
injury and loss of life and understanding their occur-
rence is very important to natural and human systems
(Katz and Brown, 1992; Easterling et al., 2000; Aguilar
et al., 2009). As a consequence, the Fourth Assess-
ment Report of the Intergovernmental Panel on Climate
Change (IPCC) paid more attention to climate extremes
change (IPCC, 2007). Recent studies on global, regional
and national scales have significantly improved the
understanding of temperature and precipitation extremes
(Peterson et al., 2002; Aguilar et al., 2005, 2009; Alexan-
der et al., 2006; Klein Tank et al., 2006; New et al., 2006;
Brown et al., 2008; Peterson and Manton, 2008; Peterson

∗ Correspondence to: Q. You, Laboratory of Tibetan Environment
Changes and Land Surface Processes, Institute of Tibetan Plateau
Research, Chinese Academy of Sciences (CAS), Beijing 100085,
China. E-mail: yqingl@126.com

et al., 2008; You et al., 2008a,b; Choi et al., 2009; Cae-
sar et al., 2011; You et al., 2011a). Most of these studies
have been fostered by the World Meteorological Orga-
nization (WMO) Joint Expert Team on Climate Change
Detection and Indices (ETCCDI) (Peterson and Manton,
2008). They have revealed that cold extremes are gener-
ally changing more rapidly than warm extremes, but the
exact reasons have not been explored in detail.

The Arctic Oscillation (AO), currently known as
Northern Annular Mode, is one of the dominant pat-
terns of Northern Hemisphere climate variability, and
it is most prevalent in winter and in the mid and high
latitudes. It strongly influences surface air temperatures
over the Eurasian continent, especially Europe (Hurrell,
1995; Thompson and Wallace, 1998; 2001; Hurrell et al.,
2001; Hurrell and Deser, 2010). AO is a major con-
trolling factor in basic meteorological variables such as
surface wind, temperature and precipitation (Bojariu and
Gimeno, 2003). AO is defined as a hemispheric mode

Copyright  2012 Royal Meteorological Society
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whose dipole has suffered a displacement to the West
during the last decades (Ramos et al., 2010). The AO
index has been used to describe the variability of AO in
this study.

Recent studies have shown that the winter AO index
has a strong positive correlation with temperatures in
northern China (Gong and Wang, 2003) and is also
correlated with the strength of the East Asian winter
monsoon and Siberian Higher pressure system (Gong
et al., 2001; Wu and Wang, 2002). Since the 1980s,
China has experienced significant temperature increases
(Wang and Gong, 2000; Ding et al., 2007), and warm-
ing is projected to continue. Although trends in tem-
perature extremes on the annual basis have been stud-
ied (Zhai et al., 1999; Zhai and Pan, 2003; Ren et al.,
2011; You et al., 2011a), there have been little inves-
tigations of how the AO influences winter temperature
extremes. Thus we quantify changes in winter tempera-
ture extremes during 1961–2003 throughout China, based
on indices designed by the Commission for Climatol-
ogy/Climate Variability and Predictability/Joint WMO
Intergovernmental Oceanographic Commission Technical
Commission for Oceanography and Marine Meteorology
ETCCDI. The relationships between the AO index and
winter temperature extremes are also examined.

2. Data and methods

Daily maximum and minimum temperatures for 303
stations in China are provided by the National Mete-
orological Information Center, China Meteorological
Administration. Both the spatial density of stations
and the quality of observational data in China meet
the World Meteorological Organization’s standards. Sta-
tions were selected according to procedures described
in our recent papers (You et al., 2011a). The selected
stations should have the long-term data records and
good data quality. The calculation of indices is facili-
tated using the information provided by ETCCDI (see
http://cccma.seos.uvic.ca/ETCCDI for available calcu-
lated station-level indices) (Peterson and Manton, 2008).
We concentrate on the winter (DJF) variation of five tem-
perature indices (Table I), which have been shown to be
most sensitive to climate change in previous studies (You
et al., 2008a, 2011a). The winter temperature extremes
have the same definition as in previous studies (Aguilar

et al., 2005, 2009; Alexander et al., 2006; Klein Tank
et al., 2006; New et al., 2006; You et al., 2008a,b; Cae-
sar et al., 2011; You et al., 2011a). RClimDex software
was used to perform data quality control and calculate
the indices, and RHtest was used to assess homogeneity.
Details about data quality control and homogeneity tests
are described in our previous papers (You et al., 2008a,
2011a).

The AO index is defined as the difference in the nor-
malized monthly zonal-mean sea level pressure (SLP)
between 35 and 65°N (Li and Wang, 2003), derived from
http://web.lasg.ac.cn/staff/ljp/data-NAM-SAM-NAO/
NAM-AO.htm. Monthly mean geopotential height, air
temperature, zonal and meridional wind were obtained
from the National Centers for Environmental Predic-
tion/National Center for Atmospheric Research (NCEP/
NCAR) reanalysis (available from their website at
http://www.cdc.noaa.gov/) (Kalnay et al., 1996). The
relationships between solar activity and winter temper-
ature extremes are studied in the study and the solar
activity is derived from the studies in Kodera (2002) and
Ogi et al(2003).

The Mann–Kendall test for trends and Sen’s slope
estimates are used to detect and quantify trends in winter
temperature extremes (Sen, 1968), with magnitudes of
trends and slopes assessed at the 0.05 significance level
(p < 0.05).

3. Results

3.1. Winter temperature extremes (TX10, TN10,
TX90, TN90 and DTR)

Figure 1 shows the spatial patterns of trend for five win-
ter temperature indices (for 303 meteorological stations)
along with the time series of the entire country. Aggre-
gated regional trends of winter temperature extremes are
listed in Table II (third column), calculated as the arith-
metic mean of all station. The number of stations with
negative, no trend and positive trends, as well as the num-
ber of stations passing the significant level for each index
is also shown in Table II.

For cold days (TX10) and cold nights (TN10), about
97 and 98% of stations have decreasing trends, whereas
31 and 84% of stations are statistically decreasing trends.
For TX10, stations in the northern China (such as Gansu
province) show larger trend magnitudes, and significant

Table I. Definitions of five winter temperature indices used in this study. All indices are calculated by RClimDeX software.

Index Descriptive name Definition Units

Temperature
TX10 Cold day frequency Percentage of days when TX < 10th percentile of 1961–1990 %
TN10 Cold night frequency Percentage of days when TN < 10th percentile of 1961–1990 %
TX90 Warm day frequency Percentage of days when TX > 90th percentile of 1961–1990 %
TN90 Warm night frequency Percentage of days when TN > 90th percentile of 1961–1990 %
DTR Diurnal temperature range Annual mean difference between TX and TN °C

TX is the daily maximum temperature; TN is the daily minimum temperature.
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Figure 1. Spatial patterns of trends per decade and series of winter temperature indices (TX10, TN10, TX90, TN90 and DTR) during 1961–2003
in China. Positive/negative trends are shown as up/down triangles, and the filled symbols represent statistically significant trends (significant at

the 0.05 level). The size of the triangles is proportional to the magnitude of the trends. The smoother line is the 9 year smoothing average.

decreasing trends are shown over most regions in China
for TN10 (Figure 1). TX10 has shown some slight
increasing changes since 1990, but the decrease in TN10
has been much more consistent before the 1990s, with
only a slight levelling off after that. The countrywide
trend (in % of days) for these two indices are −1.33 and
−2.98 d/decade, respectively (p < 0.05).

For the percentage of days exceeding the 90th per-
centiles (TX90 and TN90), about 79 and 98% of sta-
tions have increasing trends, and about 30 and 70%
of stations show statistically significant and increas-
ing trends. Stations in the northern China show larger
trend magnitudes for both TX90 and TN90 (Figure 1).
Some stations in the southern China have decreasing
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Table II. Trends per decade (with 95% confidence intervals in parentheses), and the number of stations with positive (significant
at the 0.05 level), non-trend, and negative (significant at the 0.05 level) trends for winter temperature indices in the entire country.

Index Units Trends Positive Non-trend Negative

TX10 d/decade −1.33 (−2.70 to −0.25) 4 (1) 5 294 (93)
TN10 d/decade −2.98 (−3.96 to −1.90) 4 (1) 1 298 (254)
TX90 d/decade 0.92 (0.05 to 1.85) 238 (90) 2 63 (4)
TN90 d/decade 2.35 (1.30 to 3.27) 298 (213) 0 5 (1)
DTR °C/decade −0.25 (−0.39 to −0.14) 40 (4) 0 263 (141)

Values for trends significant at the 5% level (t-test) are set in bold.

Figure 2. Spatial correlation coefficients between winter temperature indices (TX10, TN10, TX90, TN90 and DTR) and winter AO index during
1961–2003 in China.

trends for TX90 and non-significant increasing trends for
TN90. Before the mid-1980s, both TX90 and TN90 have
fluctuant (decreasing and increasing) changes, and show
statistically increasing trends after that. The trends in the
entire country for these two indices are 0.92 and 2.35
d/decade, respectively (p < 0.05).

For diurnal temperature range (DTR), about 87% of
stations show decreasing trends, while 47% of stations
decrease significantly. Similarly, stations in the north-
ern China between 40° and 50°N show larger trend

magnitudes, where have more pronounced warming. This
illustrates that more warming leads to larger decreases
for DTR (You et al., 2008a, 2011a). DTR has shown a
significant decreasing trend before the 1990s, with only
a slight levelling off after that 1990. The overall trend
in the entire country for DTR is −0.25 °C/decade (p <

0.05), which is larger than the annual DTR trend in the
Tibetan Plateau (−0.20 °C/decade) during 1961–2005
(You et al., 2008a) and entire China (−0.18 °C/decade)
during 1961–2003 (You et al., 2011a).
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Figure 3. Correlations between winter temperature indices (TX10, TN10, TX90, TN90 and DTR) and the AO index during 1961–2003 in China.
All dots in each panel are the mean values for the entire China. The straight lines, R and P are linear fits, correlation coefficients and statistical

significance, respectively.

3.2. Comparison with the annual temperature extremes

In the previous study, the spatial and temporal distribu-
tions of temperature extremes on the annual basis have
been analysed using the same datasets (You et al., 2011a).
Countrywide, the annual trends for TX10, TN10, TX90,
TN90 and DTR are −0.47 d/decade, −2.06 d/decade,
0.62 d/decade, 1.75 d/decade, −0.18 °C/decade, respec-
tively. For TX10, TN10 and DTR, about 77, 97, 80% of
stations have decreasing trends, and about 83 and 94%
of stations have increasing trends for TX90 and TN90,
respectively. Compared with the results at the annual
scale, the absolute trend magnitudes of winter temper-
ature extremes are higher, and the proportions of stations
with positive/negative trends are larger with the exception

of TX90. Thus, the spatial and temporal patterns of win-
ter temperature extremes are broadly similar to those on
the annual basis, but the trends of temperature extremes
in winter are generally higher, indicating pronounced cli-
mate warming in winter.

3.3. Correlation with the AO

The correlation between winter temperature indices and
the AO in China during 1961–2003 are shown in
Figure 2. National linear correlations and coefficients
are listed in Figure 3. Strongest correlations occur in
the northern China for TX10 and TN10 (some values
lower than −0.5), and the correlations are slight in the
southeastern part of the Tibetan Plateau for TX10 and
TN10 (Figure 2). Taking China as a whole, the AO
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Figure 4. Differences of mean winter temperature extremes in positive and negative winter AO years during 1961–2003 are presented. The 23
positive (1963, 1966, 1971–1972, 1974–1975, 1982–1983, 1986–1994 and 1996–2001) and 19 negative (1961–1962, 1964–1965, 1967–1970,
1973, 1976–1981, 1984–1985, 1995 and 2002) winter AO years are selected whether the AO index is above or below the mean value. The unit

is same as Table I.

index is significantly correlated with the winter cold
temperature extremes (TX10 and TN10). It is negatively
correlated with TX10 (R = −0.42, p < 0.01) and TN10
(R = −0.65, p < 0.01) during the studied period. For
the winter warm temperature extremes, the AO index
is positively correlated with TX90 and TN90, but only
the correlations with TN90 (R = 0.47, p < 0.01) pass
the significant level. In most cases, it is clear that the
northern and northwestern China have larger correlation
coefficients, and the southeastern China have lower
values for the winter warm temperature extremes (TX90
and TN90, especially for TN90). Meanwhile, the AO
index also has significantly negative correlation with
DTR with the value of −0.51 (Figure 3), and correlation
coefficients in most regions are more than −0.3. Thus
winter temperature extremes are strongly connected with
the AO index, especially in the northern China.

3.4. Atmospheric circulation composite analysis

In order to examine the influence of AO on climate
extremes, the differences of mean winter temperature
extremes in positive and negative winter AO years during

1961–2003 are presented (Figure 4). The 23 positive
and 19 negative winter AO years are based on whether
the AO index is above or below the mean value. The
differences (positive minus negative AO years) show that
the majority of stations have negative values for TX10,
TN10 and DTR, and positive values for TX90 and TN90,
while there has spatial variability (Figure 4). Thus winter
temperature extremes are significantly different during
winters with positive versus negative AO phases, which
is consistent with that there are significant relationships
between AO and temperature extremes (Figures 2 and 3).

To show the influence of atmosphere circulation on
winter temperature extremes, Figure 5 shows the differ-
ences (positive minus negative AO years) of mean geopo-
tential height and wind field (m s−1) at 850 hPa dur-
ing 1961–2003. The selected region covers the domain
10° – 70°N and 40° – 160 °E. The largest negative dif-
ferences in geopotential height are approximately 30
geopotential meter (gpm), with enhanced cyclonic cir-
culation over the region (focused near 60°N and 60 °E)
(You et al., 2011b). This generates an anomalous south-
westerly flow in the Siberian region and northern China
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Figure 5. Differences (positive minus negative winter AO years) of mean geopotential height and wind field (m s−1) at 850 hPa during 1961–2003.

Figure 6. Spatial trends of geopotential height (A), air temperature (B), zonal wind (m s−1) (C) and meridional wind (m s−1) (D) at 850 hPa in
winter during 1961–2003. The datasets come from NCEP/NCAR reanalysis. The units for geopotential height, air temperature, zonal wind and

meridional wind are gpm/decade, 10× °C/decade, 10×m s−1/decade and 10×m s−1/decade, respectively.

which carries relative warm air into inland, reducing the
intensity of Asian winter monsoon. These results sug-
gest that decreasing trends for winter cold temperature
extremes and increasing trends for winter warm tempera-
ture extremes are highly related to the circulation change
(You et al., 2011b).

To examine the atmosphere circulation, the spatial
trends of geopotential height (A), air temperature (B),
zonal wind (m s−1) (C) and meridional wind (m s−1)

(D) at 850 hPa in winter during 1961–2003 are presented
in Figure 6. The geopotential height at 850 hPa has
decreasing trends at high latitude between 40° and 60°N
and increasing trends at low latitude between 10° and
40°N (Figure 6(A)), suggesting that the asymmetrical
changes between high latitude and mid latitude will begin
to reduce the winter monsoon system, which is consistent
with the asymmetrical global warming (IPCC, 2007).

Although, the air temperature has increasing trends and
more pronounced warming in the northeastern China
(Figure 6(B)), the zonal and meridional wind increases
significantly between 40° and 60°N (Figure 6(C) and
(D)), revealing that the western and southern wind
are increasing. The atmosphere conditions support the
hypothesis that the increasing contrast between high and
mid latitude will reduce the winter monsoon and influence
the outbreak of winter temperature extremes.

The tropospheric temperature contrast between high
and mid latitude is also of great importance to form
the winter monsoon, supporting the atmospheric cir-
culation for the change of temperature extremes. The
tropospheric temperature (unit is °C) is defined as the
average of air temperature vertically integrated between
200 and 1000 hPa based on the NCEP/NCAR reanalysis.
The differences of composite tropospheric temperature
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Figure 7. Differences of composite tropospheric temperature during
the period of 1961–1982 and 1983–2003 [latter minus former, top
plot (A)] and in strongly positive and strongly negative winter AO
years during 1961–2003 [bottom plot (B)] are shown. Strongly positive
(1982, 1988, 1989, 1991, 1994) and strongly negative (1962, 1964,
1968, 1976, 1978) winter AO years are those with index anomalies
exceeding ±1σ . The study area is 40 °W–160 °E and 10° – 70°N.
Tropospheric temperature (unit is °C) is defined the average of air
temperature vertically integrated between 200 hPa and 1000 hPa based

on the NCEP/NCAR reanalysis.

during the period of 1961–1982 and 1983–2003 (lat-
ter minus former) are show in Figure 7 (top plot). The
tropospheric temperature has larger values at the higher

latitude, especially near the 55°N and 100 °E (1.2 °C).
These atmospheric patterns will reduce the transport of
energy through baroclinic waves, diminish the strength
of troughs and ridges, and increase the occurrence of
calm atmospheric conditions (Niu et al., 2010). Thus, the
transport of cold air originating from high latitude around
70°N will become less powerful and influence the fre-
quency of warm temperature extremes (Gong et al., 2001;
Niu et al., 2010).

The AO may influence the warm temperature extremes
in China through the contrast of atmosphere conditions.
Differences of composite tropospheric temperature in
strongly positive and strongly negative winter AO years
during 1961–2003 are shown in Figure 7 (bottom plot).
Strongly positive (1982, 1988, 1989, 1991 and 1994) and
strongly negative (1962, 1964, 1968, 1976 and 1978)
winter AO years are those with index anomalies exceed-
ing ±1σ . During the positive AO years, the tropospheric
temperature is positive in most southern China (near
1 °C), and there has negative anomaly in the north of
China (almost 0.8 °C). Thus, the enlarging contrast of tro-
pospheric temperature between high (around 60°N) and
mid latitude (around 30°N) are helpful to bring more
warm air flow from the ocean and prevent the cold air
flow from the north, which will weaken the Asian winter
monsoon and reduce the cold outbreaks. The patterns are
similar to the correlation map of vertical-latitude from the
1000 to 10 hPa (Figure 8), which the AO has significant
negative/positive correlations with atmospheric variables
(geopotential height, temperature and wind) at high/mid
latitude at both troposphere and stratosphere.

Figure 8. Vertical-latitude correlation coefficients between winter AO index and geopotential height (A), air temperature (B), zonal wind (m s−1)

(C) and meridional wind (m s−1) (D) during 1961–2003.
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Figure 9. Differences of mean winter temperature extremes in solar maximum and minimum years are shown. The solar maximum years
(1967–1971, 1979–1983, 1989–1992, and 1999–2002) and minimum years (1961–1966, 1972–1978, 1984–1988, and 1993–1998) are based

on whether the solar fluxes are above or below the mean value. The unit is same as Table I.

3.5. Influenced by the solar activity

Previous studies have shown that the extension of the
AO differs significantly for different phases of solar
activity (Kodera, 2002; Gimeno et al., 2003; Ogi et al.,
2003). In order to investigate the effect of solar activ-
ity on winter temperature, the studied period has been
separated into two phases for maximum and minimum
solar activity, depending on whether the solar fluxes are
above or below the mean value (Kodera, 2002; Gimeno
et al., 2003; Ogi et al., 2003). The 18 years (1967–1971,
1979–1983, 1989–1992 and 1999–2002) are classi-
fied as the solar maximum years, and the 24 years
(1961–1966, 1972–1978, 1984–1988 and 1993–1998)
as the solar minimum years. The classification is
the same as the studies in Kodera (2002) and Ogi
et al(2003).

During solar maximum years, about 70, 49, 17 and
47% of stations for TX10, TN10, TX90 and TN90,
respectively, have larger values than that during solar
minimum years. It is clear that the larger negative dif-
ferences between solar maximum and minimum years

for both TX10 and TN10 are shown in the western and
northwestern China, while stations in the western and
northwestern China show larger positive values for both
TX90 and TN90 (Figure 9). In most regions, DTR is sen-
sitive to the change of solar activity, and about 93% of
stations have larger values during solar minimum years
than that during solar maximum years, resulting the neg-
ative differences between them (Figure 9). This is proba-
bly because more solar activity will heat the surface and
increase the winter surface temperature, thus influencing
the winter temperature extremes. Moreover, solar activity
can also influence the atmospheric circulations which are
memorized in the snow-cover, ice and permafrost regions
(Ogi et al., 2003). The western China especially in the
Tibetan Plateau is more sensitive to climate change due
to the larger cryospheric area, and shows stronger signal.
This probably suggests that solar activity can influence
the winter temperature extremes to some extents and vary
with the surface conditions, while the detailed mechanism
needs to be investigated in future studies.
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Figure 10. Possible causes of winter temperature extremes in China.

Figure 11. Time series of winter AO index during 1873–2010. The studied period of 1961–2003 is showed in the red rectangle. The smoother
line is the 9 year smoothing average. The AO index is updated from Li and Wang (2003).

4. Discussion and conclusions

Winter temperature extremes have been shown to be
warming faster than annual mean warm extremes (Aguilar
et al., 2009) and are therefore particularly sensitive to
future change. We have examined the spatial and tem-
poral distributions of trends for four winter temperature
extreme indices, using 303 stations in China over the
period 1961–2003. For the majority of stations, sig-
nificant decreases in cold days/nights (TX10/TN10) are
observed with mean rates of −1.33 and −2.98 d/decade,

respectively, while significant increases in warm d/nights
(TX90/TN90) are also observed with mean rates of 0.92
and 2.35 d/decade, respectively. Such changes are con-
sistent with previous studies in other parts of the world
(Peterson et al., 2002, 2008; Aguilar et al., 2005, 2009;
Alexander et al., 2006), and show that changes in win-
ter temperature extremes reflect the consistent winter
warming in China (You et al., 2008a,b, 2011a). The
asymmetric changes in minimum and maximum temper-
ature result in the declining DTR with rate of −0.25
°C/decade. In most cases, stations in the north of China
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have the largest trend magnitudes, again consistent with
rapid warming in the region (Wang and Gong, 2000; Ding
et al., 2007).

Changes in winter temperature extremes are consistent
with the report of You et al. (2011a) at the annual
scale, but the trend magnitudes are higher than those,
suggesting the winter is more sensitive to the extremes.
The causes about the temperature extremes change have
been studied, but require further study. Besides gas
greenhouse gas emissions, You et al. (2011a) considered
that temperature extremes change is probably associated
with rapid urbanization, increased industrial aerosols
and non-climate factors such as population, economic
activity and local energy usage. The influences become
particularly significant in China because of its rapid
urbanization and economic activity (Qian and Lin, 2004).

The AO influences surface air temperature not only
over the bulk of the Eurasian continent (Hurrell, 1995;
Thompson and Wallace, 1998) but also in northern
China (Gong and Wang, 2003). The winter AO index
is significantly negatively correlated with TX10/TN10
and DTR, and positively correlated with TX10/TN10,
indicating that the AO influences winter cold/warm
extreme temperature. During the strongly positive AO
index years, enhanced cyclonic circulation over the Urals
(focused near 50°N and 60 °E) brings more warm airflow
into northern China, decreasing the strength of the
East Asian winter monsoon and limiting its southward
extension (Figure 10). This is consistent with previous
research that shows that atmospheric circulation changes
have contributed to the changes in climate extremes
in China (You et al., 2011a). Other work has also
suggested that an increase in strong positive AO phases
could lead to a decreasing East Asian winter monsoon
(Gong et al., 2001; Wu and Wang, 2002). Composites of
atmospheric circulation shown in this study also support
the relationship between AO variability and the strength
of winter cold outbreaks in the northern China.

It is notable that the winter AO index has shifted sev-
eral phases during 1873–2010 (Figure 11), derived from
Li and Wang (2003). Winter AO index increases since
the 1960s and has the downward trend since 1990 (Hur-
rell and Deser, 2010), confirmed by the weakening East
Asian winter monsoon (Niu et al., 2010). The asymmet-
rical change in geopotential height, zonal and meridional
wind may reflect a weakening of the East Asian winter
monsoon. At the same time, more warming at high lati-
tudes also reduce the thermal contrast, contributing to the
weakening the East Asian winter monsoon (Figure 10).
This will reduce the invasion of dry and cold air from
the northern regions, creating a favourable background
for temperature extremes. The limitation of this study is
that the study period stops at the end of 2003, and the
recent winters have strongly negative AO values in 2009
and 2010, especially in 2010 (Figure 11). In 2010, China
has experienced the coldest winter since 1987, with the
annual mean temperature of −4.7 °C (Ren et al., 2011).
This supports the hypothesis that the AO can modulate

the winter temperature extremes by the atmosphere con-
ditions. Meanwhile, the AO can be modulated by the
11 year solar cycles (Kodera, 2002). In this study, winter
temperature extremes have stronger values during solar
maximum years in most cases. But the mechanical link-
age between solar activities, the AO and temperature
extremes need to be investigated in future studies. Our
results indicate also that further investigation of the link-
age between the AO and climate extremes in China is
worthwhile.
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Abstract Degree days are usually defined as the accu-

mulated daily mean temperature varying with the base

temperature, and are one of the most important indicators

of climate changes. In this study, the present-day and

projected changes of four degree days indices from daily

mean surface air temperature output simulated by Max

Planck Institute, Earth Systems Model of low resolution

(MPI-ESM-LR) model are evaluated with the high reso-

lution gridded-observation dataset and two modern rea-

nalyses in China. During 1979–2005, the heating degree

days (HDD) and the numbers of HDD (NHDD) have

decreased for observation, reanalyses (ERA-Interim and

NCEP/NCAR) and model simulations (historical and dec-

adal experiments), consistent with the increasing cooling

degree days (CDD) and the numbers of CDD (NCDD).

These changes reflect the general warming in China during

the past decades. In most cases, ERA-Interim is closer to

observation than NCEP/NCAR and model simulations.

There are discrepancies between observation, reanalyses

and model simulations in the spatial patterns and regional

means. The decadal hindcast/forecast simulation perfor-

mance of MPI-ESM-LR produce warmer than the observed

mean temperature in China during the entire period, and

the hindcasts forecast a trend lower than the observed.

Under different representative concentration pathway

(RCP) emissions scenarios, HDD and NHDD show sig-

nificant decreases, and CDD and NCDD consistently

increase during 2006–2100 under RCP8.5, RCP4.5 and

RCP2.6, especially before the mid-21 century. More pro-

nounced changes occur under RCP8.5, which is associated

with a high rate of radiative forcing. The 20th century runs

reflect the sensitivity to the initial conditions, and the

uncertainties in terms of the inter-ensemble are small,

whereas the long-term trend is well represented with no

differences among ensembles.

Keywords Degree days � MPI-ESM-LR �
NCEP/NCAR and ERA-Interim � China

1 Introduction

According to the Intergovernmental Panel on Climate

Change (IPCC) Fourth Assessment Report (AR 4), the

global average surface air temperature has risen by

0.74 ± 0.18 �C during 1906–2005, and most of the

observed increase in globally averaged temperature since

the mid-20th century is very likely due to the observed

increase in anthropogenic greenhouse gas concentrations

(IPCC 2007). However, trends of temperature always
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exhibit temporal variations. In China, the warming is very

evident, supporting by the proxy indices such as the ice

core and tree ring (Wang and Gong 2000). Based on 740

observational stations, the surface air temperature in Chi-

na’s mainland as a whole rose by about 1.1 �C for the last

50 years, with a warming rate of about 0.22 �C/decade,

which is more rapid than the average values of the world

and Northern Hemisphere. Moreover, the most evident

warming has occurred in winter and spring, and the

Northeast China, North China and Northwest China expe-

rienced more significant warming in terms of annual mean

temperature (Ding et al. 2007; Ren et al. 2005, 2011a, b).

Thus, the trends in annual mean temperatures show a large

spatial heterogeneity and regional differences across China,

which may be explained by the feedbacks of cold waves

and snow cover change (Wang et al. 2010). Except for the

warming of surface temperature, both the low-level atmo-

spheric temperature and the middle-upper troposphere air

temperatures have changed responding to the global

warming (Wang et al. 2012).

The impact of climate change in China has been

observed in many records and is discussed in the previous

studies (Wang et al. 2010, 2012). For example, the glacier

areas in China have shrunk about 2–10 % over the past

four decades, and the total glacier area has receded by

about 5.5 % (Li et al. 2008; Yao et al. 2012). The per-

mafrost in China is significantly degenerating, indicated by

shrinking areas of permafrost, increasing depths of the

active layer, rising of lower limit of permafrost and thin-

ning areas of the seasonal frost depth (Li et al. 2008; Zhang

2007). In addition, the spatial pattern and variability of

snow cover in China has changed, mainly explained by the

linear variations of snowfall and snow season temperature

(Qin et al. 2006). Meanwhile, the climate extreme is also

accompanied by climate change in China, and the previous

studies have addressed the observed and projected trends in

frequency and intensity of climate extremes (Ren et al.

2011b; You et al. 2011; Zhai and Pan 2003). Twelve

indices of extreme temperature have been analyzed during

1961–2003, which reflect the consistent warming (You

et al. 2011). This is in good agreement with the previous

results that the frequency of warm nights significantly has

increased, and the cool nights decreased over most China

(Zhai and Pan 2003). A new climate extreme index with

evident climatological and socio-economic significance is

developed, which has been composed with the country-

averaged frequencies of high temperature, low tempera-

ture, intense precipitation, dust storm and strong wind

events, meteorological drought area percentage, and num-

ber of land-falling tropical cyclones (Ren et al. 2011b).

To summarize, the previous temperature studies focus

on the seasonal and annual temperature, and the conse-

quences of climate change in China. However, there are no

results about degree days in China under the representative

concentration pathway (RCP) scenarios (Moss et al. 2010).

Degree days can be defined as a measure of heating or

cooling, and are usually considered as one of the important

indicators of global climate change. As degree days indices

are a measure to indicate the demand for energy to heat or

cool building. The monthly and/or annual cooling and

heating requirements of specific buildings in different

locations can be estimated by means of the degree days

concept. The methods assure that the energy needs of a

building are proportional to the difference between the

mean daily temperature and a base temperature. The base

temperature is the outdoor temperature below or above

which heating or cooling is needed (Büyükalaca et al.

2001).

Traditionally, heating degree days (HDD) are calculated

at a base temperature of 18 �C and cooling degree days

(CDD) are determined at a base temperature of 22 �C.

However, the base temperature varied widely from one

building to another due to different building characteristics,

it has been questioned by a number of authors and must be

employed with caution (Büyükalaca et al. 2001; Jiang et al.

2009; OrtizBeviá et al. 2012; Rehman et al. 2011). In

Turkey, the base temperature for HDD are selected in the

range of 18–28 �C, which is from 18 to 28 �C for cooling

degree day (Büyükalaca et al. 2001). In Saudi Arabia, a

heating base temperature in the range of 14–22 �C is

suitable, and the recommended cooling base temperature is

between 23 and 25.5 �C for buildings without insulation

and between 25.5 and 27.8 �C for well-insulated buildings

(Rehman et al. 2011). In China, 18 �C is usually accepted

as the base temperature for HDD and 24 �C for CDD (Ji-

ang et al. 2009). In this study, the base temperature of 18

and 24 �C is used for heating and CDD, respectively. The

present and projected degree days in China are studied by

the outputs of a global climate model (GCM), which

contribute to the IPCC AR5 under the different emissions

scenario. The comparison between reanalysis and model

outputs has also been evaluated. The objective of this study

is to provide a reliable basis for decision making and for-

mulation of environmental policy in China.

2 Data and methods

For the coming IPCC AR 5, the simulations from the new

generation of state-of-the-art GCMs are available for ana-

lysis within the Coupled Model Intercomparison Project

Phase 5 (CMIP5) (Taylor et al. 2012). Compared with the

previous models, CMIP5 includes more comprehensive

global climate modes such as earth system models with

generally higher spatial resolution, and have been used to

evaluate the extreme climate and weather events on the

Q. You et al.

123
398



global scales (Sillmann et al. 2013a, b). The model used in

this study is the latest version of Max Planck Institute for

Meteorology (MPI-M), Earth Systems Model (MPI-ESM),

Hamburg, Germany, performed with the version of MPI-

ESM coupled model of low resolution (MPI-ESM-LR). The

model outputs by MPI-ESM-LR have been organized by the

Program for Climate Model Diagnosis and Intercomparison

(PCMDI) for the IPCC AR 5. The historical, decadal and

long-term experiments simulations are selected in this

study. The historical experiments are aimed at reproducing

the climate evolution of the twentieth century as accurately

as possible, by considering all major natural and anthro-

pogenic forcing, such as changes in atmospheric green-

house gases, aerosol loadings, solar output and land use

(Wild et al. 2013). Most historical experiments start around

1860 and end around 2005. The decadal experiments will be

possible to assess the skill of the forecast system in pre-

dicting climate statistics for times when the initial climate

state may exert some detectable influences, which is a set of

10-year hindcasts initialized from observed climate states

near the years 1960, 1965, and every 5 years to 2005

(Taylor et al. 2012). The long-term experiments are forced

by observed atmospheric composition changes (reflecting

both anthropogenic and natural sources) and include time-

evolving land cover. The long-term experiments have three

future projection simulations forced with specified con-

centrations, consistent with a high emissions scenario

(RCP8.5), a midrange mitigation emissions scenario

(RCP4.5), and a low emissions scenario (RCP2.6) (Taylor

et al. 2012). The CMIP5 projections of climate change are

driven by concentration or emission scenarios consistent

with the RCPs (Moss et al. 2010). In contrast to the sce-

narios described in the IPCC ‘‘Special Report on Emissions

Scenarios’’ (SRES) used for CMIP3, which did not include

policy intervention, the RCPs are mitigation scenarios that

assume policy actions will be taken to achieve certain

emission targets (Taylor et al. 2012). For example, RCP8.5

emission scenarios mean that radiative forcing increases

throughout the 21st century before reaching a level of about

8.5 W m-2 at the end of the century.

In addition to the CMIP5 models, daily mean surface

temperatures estimated from NCEP/NCAR and ERA-

Interim reanalysis are selected. NCEP/NCAR reanalysis is

provided by the National Oceanic and Atmospheric

Administration (NOAA)/Earth System Research Labora-

tory (ESRL)/Physical Sciences Division (PSD), Boulder,

Colorado, USA, from their website at http://www.cdc.noaa.

gov/. The datasets cover January 1948 to the present with a

spatial resolution of 2.5� 9 2.5� (Kalnay et al. 1996), and

are initialized with a wide variety of weather observations,

including ships, planes and satellite. The ERA-Interim

reanalysis data are obtained from the European Centre for

Medium-Range Weather Forecasts (ECMWF) website

(http://www.ecmwf.int/), available from January 1979 to

the present with a spatial resolution of 1.5� 9 1.5� (Dee

et al. 2011). It includes a large variety of 3-h surface

parameters, describing weather as well as ocean-wave and

land-surface conditions, and 6-h upper-air parameters

covering the troposphere and stratosphere (Dee et al.

2011). Compared with ERA-40 (Uppala et al. 2005), ERA-

Interim has been improved on the representation of the

hydrological cycles, the quality of the stratospheric, and the

consistency in time of reanalyzed geophysical fields.

For the purpose of reanalyses (NCEP/NCAR and ERA-

Interim) and MPI-ESM-LR climate model validation (his-

tory and decadal experiments), we use the 0.5� 9 0.5�
daily temperature datasets in China for the period of

1979–2005 (Xu et al. 2009). The dataset is primarily

developed for the validation of climate models, and has

potential applications in the studies such as climate,

hydrology and ecology.

Four indices of degree days are used and detailed

descriptions are provided in Table 1. The HDD, the numbers

of HDD (NHDD), the CDD and the numbers of CDD (NCDD)

are based on the daily mean temperatures from multi-datasets.

In order to validate the indices from model simulations and

reanalyses, they are compared with observations during

1979–2005. After that, indices from the long-term experi-

ments under RCP8.5, RCP4.5 and RCP2.6 are analyzed from

2006 to 2100. Due to different resolutions between CMIP5

output, reanalyses and observations, all the indices are inter-

polated into a common 144 9 73 grid (2.5� 9 2.5�) using the

bilinear interpolation procedure implemented in the Climate

Data Operators (http://code.zmaw.de/projects/cdo). To pro-

duce the values for the whole China, there are 190 grid points

covering the entire region (Fig. 1).

The Mann–Kendall test for a trend and Sen’s slope

estimates are used to detect trends in degree days indices

series (Sen 1968). A trend is considered to be statistically

significant if it is significant at the 5 % level. Three sta-

tistical metrics are used to quantify the accuracy of the

reanalysis and simulations: Relative bias (RB), root-mean-

square error (RMSE) and correlation coefficient (R).

Table 1 Definitions of four degree days indices used in this study

Index Descriptive name Definition Units

HDD Heating degree day Sum of absolute TG where

TG \ 18 �C

�C

CDD Cooling degree day Sum of TG where

TG [ 18 �C

�C

NHDD Number of heating

degree day

Account number of days

where TG \ 24 �C

day

NCDD Number of cooling

degree day

Account number of days

where TG [ 24 �C

day

TG is daily mean temperature

Present and projected degree days in China
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3 Results: past and future changes of degree days

Figure 2 shows the regional changes of HDD, CDD,

NHDD and NCDD from observation, two reanalyses and

two experiments simulations in China on the annual basis

during 1979–2005. The spatial patterns of trends for HDD,

CDD, NHDD and NCDD from multi-datasets in China

during 1979–2005 are shown in Figs. 3, 4 and 5, respec-

tively. The seasonal and annual trends of each series of

indices calculated by Mann–Kendall slope estimator (Sen

1968) are summarized in Table 2. The correlation coeffi-

cients between multi-datasets are listed in Table 3.

Fig. 1 Topography of China and the distribution of 190 grid points used in this study

Fig. 2 Anomalies of HDD,

CDD, NHDD and NCDD from

observation, ERA-Interim,

NCEP/NCAR reanalysis data,

the historical and decadal

experiments simulation outputs

in China during 1979–2005

Q. You et al.
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3.1 Heating degree days (HDD)

It can be seen from Fig. 2 that the HDD from multi-datasets

has decreased during the studied period. The decreasing

rates are -130.97, -82.48, -80.52, -65.45 and

-69.48 �C/decade for observation, ERA-Interim, NCEP/

NCAR, the decadal experiments and historical experiments,

respectively. The HDD from both ERA-Interim and NCEP/

NCAR reanalyses is closer to observation than the decadal

experiment than the historical experiments, indicated by the

high correlation coefficients (R [ 0.9). There are some

differences of the season with the largest trend magnitudes.

The largest decreasing trends for observation, ERA-Interim

and NCEP/NCAR occur in the transition season of spring

and autumn, respectively, while both the decadal experi-

ments and historical experiments reveal largest decreasing

trends in winter. Overall, the multi-datasets show large

decreasing trend magnitudes in the high terrain (such as the

Tibetan Plateau) and in high latitude regions (such as the

northeastern China), with the exception of the historical

experiments. Due to the lower altitudes and latitudes,

southeastern China has smallest decreasing trends for all the

used datasets. It should be noted that the historical experi-

ments show greatest increases in the northern China, which

is not consistent with the observed global warming in the

region (Liu et al. 2004).

3.2 Cooling degree days (CDD)

In contrast to HDD, the decreasing trends of CDD are

significant for all datasets during 1979–2005, and the

observed trend magnitude is 76.91 �C/decade on the annual

basis. The correlation coefficients between observation,

reanalyses and simulations are higher (R [ 0.45), and

reanalyses are very well captured than the simulations. In

most cases, the pronounced increases occur in spring and

autumn. For the spatial patterns, the southeastern China

have larger increasing trends and the Tibetan Plateau have

Fig. 3 Spatial trends of HDD, NHDD, CDD and NCDD from observation in China during 1979–2005. The unit is �C/decade for HDD and

CDD, and is day/decade for NHDD and NCDD, respectively
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the smaller increases, and the differences between reanal-

yses and model simulations exist in the northeastern TP.

3.3 Number of degree days (NHDD and NCDD)

For NHDD and NCDD, the decreased NHDD and

increased NCDD are clear during 1979–2005 for

observation, reanalyses and model simulations. Compared

with observation, ERA-Interim data reproduce the vari-

abilities of NHDD and NCDD better than NCEP/NCAR, as

reflected by the mean anomalies and correlation coeffi-

cients. NCEP/NCAR overestimate NHDD and underesti-

mate NCDD, due to the data assimilation in the model

system (Ma et al. 2008). On the annual basis, the

Fig. 4 Spatial trends of HDD

from ERA-Interim, NCEP/

NCAR reanalysis data and the

historical and decadal

experiments simulation outputs

in China during 1979–2005. The

unit is �C/decade

Fig. 5 Same as Fig. 4, but for

CDD
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decreasing trends of NHDD for observation, ERA-Interim,

NCEP/NCAR, the historical and decadal experiments are

-3.84, -2.99, -3.22, -2.66 and -2.80 day/decade,

respectively, which are mostly contributed by winter.

Meanwhile, the increased annual trends of NHDD for

observation, ERA-Interim, NCEP/NCAR, the historical

and decadal experiments are 2.83, 2.76, 2.47, 2.73 and

2.01 day/decade, respectively, which are slightly larger

than NHDD with the exception of the historical experi-

ments. For the spatial patterns of NHDD, the multi-datasets

reveal the negative trends in the western China, and posi-

tive trends in the southern China. The differences between

ERA-Interim and NCEP/NCAR are found in the Tibetan

Plateau, where the pronounced upward trends occur in

NCEP/NCAR and slight downward trends for ERA-

Interim. In most regions, both the historical and decadal

experiments show similar spatial patterns of trends, while

they differ for ERA-Interim and NCEP/NCAR in the

northeastern China. For the spatial trends of NCDD, the

multi-datasets show slight increases in the southern China,

and larger increases in the northeastern China. The

differences between ERA-Interim and NCEP/NCAR occur

in the Tibetan Plateau, similar to NHDD, and both rea-

nalyses depict pronounced positive trends in the north-

eastern China. Both the historical and decadal experiments

of NCDD show consistencies, which differ from renalyses

in the northeastern China.

3.4 Future changes

Figure 6 shows the regional changes of HDD, CDD,

NHDD and NCDD from the long-term simulations in

China during 2006–2100 under RCP8.5, RCP4.5 and

RCP2.6. The spatial patterns of trends for HDD, CDD,

NHDD and NCDD under RCP8.5 and RCP2.6 are dis-

played in Figs. 7 and 8, respectively. The seasonal and

annual trends of HDD, CDD, NHDD and NCDD are

summarized in Table 4.

During the period 2006–2100, HDD and NHDD in China

display significant decreases under RCP8.5, with the rates

of -142.17 �C/decade and -5.11 day/decade, respectively,

mostly contributed by winter. Both HDD and NHDD show

Table 2 Regional trend of HDD, CDD, NHDD and NCDD from observation, ERA-Interim, NCEP/NCAR reanalysis data and the simulation

outputs under different run experiments in China during 1979–2005 on the annual and seasonal basis

Index Unit Annual Spring Summer Autumn Winter

Observation

HDD �C/decade 2130.97 243.61 -2.17 237.71 -40.32

CDD �C/decade 76.91 6.18 53.26 12.27 0

NHDD Day/decade 23.84 21.30 21.45 21.09 -0.13

NCDD Day/decade 2.83 0.23 1.86 0.47 0

ERA-Interim

HDD �C/decade 282.48 233.52 -0.93 –19.25 -21.81

CDD �C/decade 74.95 6.68 44.14 14.97 0.59

NHDD Day/decade 22.99 20.94 20.90 20.93 -0.26

NCDD Day/decade 2.67 0.26 1.68 0.56 0.02

NCEP/NCAR

HDD �C/decade 280.52 219.06 11.80 230.29 -31.67

CDD �C/decade 64.64 5.75 43.54 12.86 0.13

NHDD Day/decade 23.22 20.68 21.10 21.18 -0.30

NCDD Day/decade 2.47 0.22 1.55 0.49 0.01

MPI/decadal

HDD �C/decade 265.45 225.81 212.98 -3.77 -35.15

CDD �C/decade 76.93 0.52 56.73 22.66 1.84

NHDD Day/decade 22.66 20.79 -0.93 -0.92 -0.29

NCDD Day/decade 2.73 0.02 2.01 0.87 0.08

MPI/history

HDD �C/decade 269.48 -1.37 220.04 220.19 -21.75

CDD �C/decade 55.49 21.04 27.86 4.41 0.01

NHDD Day/decade 22.80 20.72 -0.93 21.05 -0.07

NCDD Day/decade 2.01 0.74 0.95 0.17 0

The linear trends of all series are calculated by Mann–Kendall slope estimator. Trends at the 5 % level are marked in bold
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larger decreasing trends in the northeastern China and the

Tibetan Plateau, and slight changes in the southeastern

China. Contrarily, CDD and NCDD in China represent the

positive trends, with the rates of 154.66 �C/decade and

5.12 day/decade, respectively. The variabilities of HDD,

NHDD, CDD and NCDD under RCP4.5 are similar to those

under RCP8.5 before the mid-21 century, turning to mild

changes afterwards, which lead to rates of -51.75 �C/

decade, -1.91 day/decade, 46.31 �C/decade and 1.61 day/

decade, respectively. Meanwhile, the spatial patterns of

trends are also closer to those under RCP8.5. Under

RCP2.6, the variability of HDD, NHDD, CDD and NCDD

is closer to both RCP 4.5 and RCP 8.5 before 2050, which

turns into opposite directions afterwards. Thus, the annual

rates of the four indices during 2006–2011 are not signifi-

cant, and most regions in China have no change for these

indices.

4 Discussions and conclusion

In this study, the HDD, numbers of HDD (NHDD), CDD

and the numbers of CDD (NCDD) have been analyzed in

China from Max Planck Institute, Earth Systems Model

of low resolution (MPI-ESM-LR) model in the CMIP5.

To evaluate how the realistic the models are in simu-

lating the recent past, the historical and decadal experi-

ments simulations are compared to observation, ERA-

Interim and NCEP/NCAR reanalyses. Four degree days

indices are calculated as the accumulated of daily mean

temperature and the numbers of days during the period

in which daily mean temperature is above/below base

temperatures. In this study, the base temperature of 18

and 24 �C is used for heating and CDD, respectively.

The degree days indices provide a good supplement for

the 27 temperature and precipitation indices for climate

extremes defined by the Expert Team on Climate Change

Detection and Indices (ETCCDI) (IPCC 2007); they are

relevant parameters to study the climate change, espe-

cially for the cryospheric region (Kang et al. 2010; Li

et al. 2008).

During 1979–2005, both HDD and NHDD have

decreased for observation, reanalyses (ERA-Interim and

NCEP/NCAR) and model simulations (historical and dec-

adal experiments), consistent with the increased CDD and

NCDD. These changes of the four degree days reflect the

general warming in China during the past decades, iden-

tified by observations and model simulations (Wang et al.

2012). The variability of four degree days is also in

accordance with the temperature extremes from observa-

tion in China. During 1961–2003, for the majority of sta-

tions, significant increases in warm nights/days and

significant decreases in cold nights/days are observed in

China, consistent with a long-term decrease in diurnal

temperature range (You et al. 2011). On the global scale,

the widespread significant changes in temperature extremes

are associated with warming, especially for those indices

derived from daily minimum temperature (Alexander et al.

2006). In the previous studies, the over 10 �C accumulated

temperature is regarded as an indicator to study various

crop development stages and the threshold for cold inva-

sion, which also has increased in the northeastern China in

recent decades (Yan et al. 2011). Thus, degree days keep

consistency with other temperature indices and

Table 3 Correlation coefficients between observation, ERA-Interim,

NCEP/NCAR reanalysis data and the simulation outputs under dif-

ferent run experiments in China in China during 1979–2005 on the

annual basis

Observation ERA-

Interim

NCEP/

NCAR

MPI/

decadal

MPI/

history

HDD

Observation 1.00

ERA-

Interim

0.97 1.00

NCEP/

NCAR

0.96 0.97 1.00

MPI/

decadal

0.61 0.52 0.59 1.00

MPI/history 0.33 0.24 0.27 0.34 1.00

CDD

Observation 1.00

ERA-

Interim

0.99 1.00

NCEP/

NCAR

0.96 0.97 1.00

MPI/

decadal

0.70 0.72 0.75 1.00

MPI/history 0.49 0.47 0.45 0.34 1.00

NHDD

Observation 1.00

ERA-

Interim

0.96 1.00

NCEP/

NCAR

0.97 0.98 1.00

MPI/

decadal

0.73 0.74 0.73 1.00

MPI/history 0.64 0.63 0.64 0.45 1.00

NCDD

Observation 1.00

ERA-

Interim

0.99 1.00

NCEP/

NCAR

0.96 0.97 1.00

MPI/

decadal

0.70 0.72 0.75 1.00

MPI/history 0.49 0.46 0.45 0.34 1.00
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accumulated temperature, and can be used as an indicator

to detect climate changes in China.

In most cases, both the decadal experiments and his-

torical experiments can represent the decadal variability of

HDD, NHDD, CDD and NCDD shown by observation,

ERA-Interim and NCEP/NCAR, and correlation coeffi-

cients among them are very high. For the decadal experi-

ments and historical experiments, the spatial patterns of

trends for NHDD and NCDD are similar. For spatial pat-

terns of HDD and CDD, the discrepancy between the

decadal experiments and historical experiments occurs in

the northeastern China, probably due to the CMIP5 strategy

of two experiments about aspects of climate model forcing,

response, and processes (Taylor et al. 2012). Meanwhile,

the historical experiments initialize from the end of freely

evolving simulations of the historical period, which in

some cases may be coupled to a carbon cycle model, while

the decadal experiments will be initialized with observed

ocean state and sea-ice (Taylor et al. 2012).

The actual prediction skill of natural climate variability

on decadal timescales has received great attention. The

CMIP5 has devised an innovative experimental design to

assess the predictability and prediction skill at decadal time

scales of state-of-the-art climate models. The MPI-ESM-

LR decadal hindcasts and forecasts have been conducted.

The data consist of simulations over a 10 year period that

are initialized every five years during the period 1960/1961

to 2005/2006 (Taylor et al. 2012). The model prediction

skill is examined by comparing the annual mean surface

temperature from observation, ERA-Interim, NCEP/NCAR

reanalysis data, the historical and the ensemble-mean of the

MPI-ESM-LR 10 year hindcast/forecast during 1979–2005

(initialized every 5 years) (Fig. 9). During the entire per-

iod, MPI-ESM-LR model simulate higher mean surface

temperature in China than the observation and NCEP/

NCAR, and lower mean surface temperature than ERA-

Interim. At the same time, MPI-ESM-LR model simulate

close mean surface temperature as the historical simula-

tions. Thus, the decadal hindcast/forecast simulation per-

formance of MPI-ESM-LR produce warmer than the

observed mean temperature in China during the entire

period. This is consistent with other seven state-of-the-art-

ocean–atmosphere coupled models (Kim et al. 2012). The

skill in decadal forecasting is associated with boundary

conditions (mainly greenhouse gas concentrations but also

tropospheric and stratospheric aerosol distributions) and

initial conditions (mainly the ocean state) (Kim et al. 2012;

Smith et al. 2012; van Oldenborgh et al. 2012).

Besides the differences of degree days from two

experiments simulations, there are discrepancies between

ERA-Interim and NCEP/NCAR on the spatial patterns and

the regional means, which have been confirmed in the

study of hydrological process of temperature, precipitation

and evaporation, surface radiation and cloud fields (Betts

et al. 2009). Compared with two experiments simulations

and ERA-Interim, NCEP/NCAR underestimates CDD and

NCDD, and overestimates NHDD, suggesting that the cold

biases exist for the temperature for NCEP/NCAR. This is

Fig. 6 Regional change of

HDD, CDD, NHDD and NCDD

from the simulation outputs in

China 2006–2100 under

RCP8.5, RCP4.5 and RCP2.6
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in accordance with the previous studies that ERA-40

temperatures correspond closely to the observations than

NCEP/NCAR, and the biases are due mainly to the ele-

vation differences in the model assimilation (Ma et al.

2008; You et al. 2010). Moreover, ERA-Interim uses

mostly the sets of observations acquired for ERA-40,

supplemented by data for later years from the European

Centre for Medium-Range Weather Forecasts (ECMWF)

operational archive (Dee et al. 2011), and could capture the

observations better than ERA-40 and NCEP/NCAR.

Under different RCP emissions scenarios in the CMIP5,

HDD and NHDD show significant decreases, and both

CDD and NCDD consistently increase during 2006–2100

under RCP8.5, RCP4.5 and RCP2.6, especially before the

mid-21 century. More pronounced changes of degree days

indices occur in most regions in China under RCP8.5. The

variability of HDD, NHDD, CDD and NCDD has good

agreements with the radiative forcing trajectories in RCP,

which can reflect various possible combinations of

economic, technological, demographic, and policy devel-

opments (Moss et al. 2010). For example, the RCP2.6

scenario is designed to meet the 2 �C global average

warming target compared to pre-industrial conditions, and

it has a peak in the radiative forcing at approximately

3 W/m2 (440 ppm CO2) before 2050 and then declines to

2.6 W/m2 by the end of 2100 (330 ppm CO2). Radiative

forcing in RCP4.5 peaks at about 4.5 W/m2 (540 ppm

CO2) in 2100, which is comparable to the ‘‘Special Report

on Emissions Scenarios’’ (SRES) scenarios B1 with similar

CO2 concentrations and median temperature increases by

2100. RCP8.5 assumes a high rate of radiative forcing

increasing, peaking at 8.5 W/m2 (940 ppm CO2) in 2100

(Rogelj et al. 2012). The degree days indices are results of

daily mean temperature influenced by the radiative forcing.

Models lose their memory of the initial conditions and

create their own climates and trends. As shown by Bordi

et al. (2010) for ECMWF model forecasts, a trend mismatch

between observations and model occurs at midlatitudes,

Fig. 7 Spatial trends of HDD, CDD, NHDD and NCDD from the simulation outputs in China during during 2006–2100 under RCP8.5 scenario
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which might be connected with the model dynamic response

rather than with the variations in the imposed external

forcing (Bordi et al. 2010). That is, climate extrapolation by

simply using climate models may be affected by different

trends that observations and models have even at short lead

time. Thus, both reanalyses and short-term forecasts by

GCMs are required, if the climate has to be predicted. That

is, appears to be more important to comprehend the statistics

of the short-term tendencies rather than the forecast accu-

racy of long-term averages. A first step in this direction is

the detailed use of the lead-time dependent climate pre-

dictions based on the five year updated forecasts. Such

analysis needs to be supported by dynamical underpinning

as, for example, the dynamics of stationary waves and the

stratosphere–troposphere interaction.

There is considerable interest in exploring the degree

days to which future climate states depend on the initial

climate state, focusing in particular on whether we can

more accurately predict the actual trajectory of future

climate (including both forced and unforced change) if we

initialize the models with at least the observed ocean state

(and perhaps also sea ice and land surface) (Taylor et al.

2012). Hence, the differences of decadal runs and the 20th

century runs simply reflect the sensitivity to the initial

conditions, as stated above. Addressing these uncertainties,

that are an intrinsic feature of all climate models, being the

main motivation for decadal predictions. To estimate the

uncertainty of decadal experiment, the three ensembles are

taken showing the time series of annual mean surface

temperature in China for the mean of MPI decadal hind-

casts and forecasts during 1979–2005 (Fig. 10). For three

ensembles, the decadal hindcasts and forecasts are con-

sistent and similar, indicating there is no strong positive/

negative deviations from the ensemble mean temperature.

The uncertainties in terms of the inter-ensemble root mean

square difference are in a range of some tenth of a degree,

whereas the long-term trend is well represented and

showing no difference among ensembles.

Fig. 8 Spatial trends of HDD, CDD, NHDD and NCDD from the simulation outputs in China during 2006–2100 under RCP2.6 scenario
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In this study, the differences of degree days between

CMIP3 and CMIP5 are not evaluated, while the main

results should be the same from both CMIP3 and CMIP5.

The previous studies have addressed that for the tempera-

ture indices, the performance of the CMIP3 and CMIP5

multi-model ensembles is similar in regard to their

ensemble mean and median, but that the spread amongst

CMIP3 models tends to be larger than amongst CMIP5

models, probably due to higher spatial resolution and more

comprehensive GCMs of CMIP5 (Sillmann et al. 2013a, b).

Table 4 Regional trend of HDD, CDD, NHDD and NCDD from the simulation outputs under RCP8.5, RCP4.5 and RCP2.6 in China during

2006–2100 on the annual and seasonal basis

Index Unit Annual Spring Summer Autumn Winter

RCP8.5

HDD �C/decade 2142.17 –30.38 29.10 238.62 254.00

CDD �C/decade 154.66 25.65 93.97 29.26 4.34

NHDD Day/decade 25.11 21.40 21.71 21.63 20.33

NCDD Day/decade 5.12 0.89 2.97 1.03 0.17

RCP4.5

HDD �C/decade 251.75 212.18 23.73 212.42 220.74

CDD �C/decade 46.31 9.09 27.43 8.00 1.22

NHDD Day/decade 21.91 20.51 20.72 20.53 20.12

NCDD Day/decade 1.61 0.33 0.93 0.28 0.05

RCP2.6

HDD �C/decade -3.51 -1.63 0.32 -0.08 -1.57

CDD �C/decade 1.12 1.80 -0.28 -0.56 0.25

NHDD Day/decade -0.14 20.11 0.01 -0.04 -0.05

NCDD Day/decade 0.04 0.06 -0.01 -0.02 0.01

The linear trends of all series are calculated by Mann–Kendall slope estimator. Trends at the 5 % level are marked in bold

Fig. 9 Time series of averaged

annual mean surface

temperature (K) in China for

observation, ERA-Interim,

NCEP/NCAR reanalysis data,

the historical and the ensemble-

mean of MPI decadal hindcasts

and forecasts (Red and blue

line) during 1979–2005. It is

5-year decadal forecasts with

0-year lead for every 5 years

during 1979–2005
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More attention should be paid to the relationship between

degree days and the cryosphere, to improve the under-

standing and predictability of cryosphere in China in the

context of future climate change.
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黑龙江省大气边界层不同高度风速变化

于宏敏 1，任国玉 2，刘玉莲 1*

(1. 黑龙江省气候中心，哈尔滨 150030；2. 中国气象局 气候研究开放实验室 国家气候中心，北京 100081)

摘要：利用黑龙江省1961—2010年哈尔滨、嫩江、齐齐哈尔、伊春4个气象站探空和地面风

速资料，分析了边界层内不同高度风速的气候学特征和时间变化趋势，获得以下结论：①黑

龙江省边界层内不同高度年平均风速随高度增加而增大，10 m到 300 m风速垂直递增率最

大；风速在年内具有明显的季节性特征，各高度都是春季最大，近地面层冬季风速最小，其

余高度夏季风速最小。②1961—2010年，近地面10 m高度平均风速1970年代最大，其后各

年代风速逐渐减小，2000年代风速最小；300、600、900 m高度，平均风速1980年代最大，

从1980年代到2000年代逐渐减小，300 m高度平均风速最小出现在1960年代，600 m和900

m最小出现在1970年代。③1961—2010年，近地面10 m高度平均风速呈明显减弱趋势，递

减率为 0.162 m/(s·10 a)，递减趋势主要发生在1970年代以后，但300、600和900 m高度平

均风速变化均不显著。④黑龙江省近地面风速变化趋势可能主要与观测环境改变和城市化等

非自然因素影响有关，上层的风速变化则主要受大尺度大气环流变化的影响。

关 键 词：气候变化；风能资源；风速；边界层；黑龙江省
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大气边界层，是指接近地球表面、受地面摩擦阻力影响的大气层。大气流过地面

时，地面上各种粗糙元，如土丘、庄稼、树木、房屋等，会使大气流动受阻，这种摩擦

阻力由于大气中的湍流而向上传递，并随高度的增加而逐渐减弱，达到某一高度后便可

忽略。此高度即称为大气边界层厚度，它随气象条件、地形、地面粗糙度而变化，一般

为300～1 000 m。

近地面和大气边界层的风速及其变化对于气候变化监测和风能资源评价具有重要意

义，得到越来越多的关注[1-5]。研究发现，最近几十年我国大范围地区近地面风速已经明

显减弱，北方地区风速下降更为明显，部分地区变化速率可达0.2 m/(s·10 a) [1, 6-9]。刘传

顺等[10]根据地面气象观测资料对黑龙江省地面风速变化进行了分析，指出近50 a黑龙江

省地面 10 m高风速也呈明显的减小趋势，减小速率为 0.3 m/(s·10 a)，进入 1970年代以

后减小趋势更加显著。

对于我国近地面风速明显减弱的原因，刘学锋等[11-12]和张爱英等[8]认为主要和城市化
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及观测场周围人工建筑物增加有关，但大尺度大气环流的变化也具有一定作用。刘学锋

等[12]发现，河北省边界层内 300 m以上各高度层平均风速一般也呈降低趋势，但远没有

近地面明显，说明背景大气环流变化是近地面风速下降的一个原因，同时城市化和台站

周围观测环境改变对风速减弱具有更重要影响。卞林根等[13]在对北京大气边界层风廓线

观测研究中发现，近地面郊区风速大于城区，城、郊风速的垂直分布特征也有较大差

异，说明随着城市化发展，被人工建筑包围起来的气象观测站近地面风速将呈现下降趋

势。但是，对于观测到的近地面风速减弱的原因，目前还没有完全达成共识[2,9]，需要开

展进一步研究。分析探讨不同地区各类台站大气边界层内风速变化以及各高度风速与近

地面风速之间的关系，为了解观测场周围环境变化对风速变化产生的影响提供了一种新

的思路。

就风能资源评价来说，目前主流风机高度多在50 m和70 m，而我国气象观测站网的

风速观测中没有这两个高度的信息，评估时需要采用地面观测风速对拟建风电场测风数

据进行订正。背景大气环流的变化对边界层内风速变化的影响、城市化和观测场周边环

境改变对气象站测风资料的影响，直接关系到测风数据订正的准确性，对风电场的设计

方案及经济性分析产生影响。分析了解大气边界层中风速气候特征及其变化规律，认识

不同层次风速变化的原因，包括理解近地面风速观测的代表性和测量偏差，对于客观评

价风能资源潜力及其随时间变化规律，推动未来风能资源开发和规划，也具有实际价值。

本文应用黑龙江省近地面边界层内风速观测资料，比较分析不同高度风速变化情

况，以期进一步理解区域地面风速变化的机理，为当地风能资源评价工作提供科学信息。

1 资料及方法

1.1 资料来源和处理

资料来自黑龙江省内 4 个气象探空观测站 （哈尔滨、嫩江、齐齐哈尔、伊春）

1961—2010年逐日探空和地面风速观测记录。4个站按国家一级高空站设置标准，间距

300 km，分别位于不同气候区域，

对于黑龙江全省城镇气象台站具有

一定代表性（图1）。

哈尔滨站位于黑龙江省南部，

松嫩平原东部，东临张广才岭支脉

丘陵，北部为小兴安岭山区，中部

有松花江流过，平原辽阔 （表 1）。

原址在哈尔滨市东郊，1969 年 6 月

迁至西郊， 1981 年 1 月又迁回东

郊，两址距离 14 km。随城市化发

展，现址周围有不同高度建筑物环

绕。嫩江站位于黑龙江省西北部，

北依大兴安岭伊勒呼里山，东接小

兴安岭，南连松嫩平原。1971 年 6

月由原址迁到南郊，距离 1 km。齐

图1 黑龙江省4个探空台站地点

Fig.1 Distribution of the four sounding stations in

Heilongjiang Province
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齐哈尔站位于黑龙江省西部的松嫩平原腹地，地势北高南低，北部和东部是小兴安岭南

麓，中部和南部为冲积平原。1964年1月由原址北迁6 km，2002年1月又北迁1 km。伊

春站位于黑龙江省东北部，小兴安岭纵贯全境。1989年 1月由原址北迁 41 km。气象站

迁址可以对某些气候变量的地面观测历史记录产生非均一性，即在时间序列上出现不连

续点或断点，影响气候变化时间特征特别是趋势变化特征的分析。但是，采用统计方法

检验4个站近地面和高空年平均风速数据，没有发现明显的非均一性，因此未作资料均

一化处理。

表1 黑龙江省4个探空站位置及其变动情况

Table 1 The locations and relocations of the four sounding stations in Heilongjiang Province

站号

50953

50557

50745

50774

站名

哈尔滨

嫩江

齐齐哈尔

伊春

东经 / (°E)

126.77

125.23

123.92

128.92

北纬 / (°N)

45.75

49.17

47.38

47.73

海拔/m

142.3

242.2

145.9

240.9

迁站次数

2

1

2

1

迁站年份

1969, 1981

1971

1964, 2002

1989

首先将各探空站每日07:00、19:00两个时次不同高度测风资料进行信息化处理；然

后用 2个时次平均作为不同高度的日平均风速，依次统计边界层内 300、600、900 m高

度的月、季、年单站平均风速和4个站平均风速；同时计算4个站近地面10 m高EL型电

接风07:00、19:00测风记录的平均值作为地面日平均风速，并统计了与各高度层相对应

的月、季、年平均地面风速。4个站均为国家基本站，资料的完整性较好，为了利于比

较，均选用1961—2010年完整的50 a观测资料。

1.2 计算方法

气候变化趋势或速率的估计采用最小二乘法，计算样本与时间序号（自然数列 1，

2……）的线性回归系数。趋势系数为风速序列与时间序号（自然数列 1，2……）的相

关系数。趋势系数为正（负），则表示平均风速在所统计的时间内有线性增多（减少）的

趋势；反之亦然。采用 t检验法对风速变化趋势进行显著性检验，并选择 α = 0.05 为显著

性水平，分别对各站和4站平均风速的变化趋势进行显著性检验。

采用气象季节划分方法，以3—5月为春季，6—8月为夏季，9—10月为秋季，11月

至翌年2月为冬季，季平均风速是季内各月平均风速平均值，年平均风速是年内12个月

平均风速的平均值，气候平均取 1971—2000 年 30 a 平均，全省平均为 4 站风速的算术

平均。

2 结果及分析

2.1 风速年内变化特征

从图 2 可见，全省平均不同高度平均风速具有明显的季节变化特征，春季风速较

大，风速较小的季节除近地面10 m高度为冬季外，其余高度都在夏季。近地面10 m高

度的风速最大值出现在 5月，其次是4月和6月，最小值在1月；300 m高度风速最大值

出现在4月，其次是10月和5月，最小值在7月；600 m高度风速最大值出现在4月，其

次是10月和11月，最小值在7月；900 m高度风速最大值出现在4月和11月，其次是10

月，最小值在7月。多年平均风速随高度增加而递增，10、300、600、900 m高度年平均

1720

413



10期 于宏敏 等：黑龙江省大气边界层不同高度风速变化

风速分别为 2.9、7.4、8.3、8.6 m/s （表 2），从 10 m到 300 m风速递增最明显，增幅达

4.5 m/s，300 m以上层次平均风速垂直递增速率明显减小，说明随高度增加风速受地面

粗糙度的影响在逐渐弱化。

图2 黑龙江省边界层内不同高度月平均风速比较

Fig. 2 The monthly mean wind speed at different heights in boundary layer in Heilongjiang Province

表2 不同高度年平均风速（1971—2000年）

Table 2 Annual mean wind speed at different heights in Heilongjiang Province (1971－2000) （m/s）

哈尔滨

嫩江

齐齐哈尔

伊春

4站平均

10 m

3.375

3.183

3.038

1.812

2.852

300 m

8.035

7.087

8.003

6.282

7.352

600 m

8.513

8.184

8.382

8.061

8.285

900 m

8.663

8.363

8.354

9.047

8.607

各站不同高度风速季节变化和月变化特点有相似，也有差异。从季节变化看，地面

10 m 高度 4 个站季节平均风速都是春季最大，冬季最小；其它高度，除伊春 600 m 和

900 m的季节平均风速最大值在冬季外，其余台站都出现在春季，夏季风速最小。从月

变化看，10 m 高度月平均风速最大值哈尔滨和伊春出现在 4 月，嫩江和齐齐哈尔在 5

月，最小值都在 1月；其它高度，月平均风速最大值哈尔滨和齐齐哈尔在 4月，嫩江在
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10月，伊春在11月，最小值都在7月。

比较各高度4个站年平均风速（表 2、图 3），10 m高度风速最大是哈尔滨，其次为

嫩江、齐齐哈尔，最小是伊春；300 m和600 m高度均是哈尔滨年平均风速最大，其次为

齐齐哈尔、嫩江，伊春风速最小；900 m高度是伊春风速最大，其次为哈尔滨、嫩江，

齐齐哈尔风速最小。从4个站年平均风速垂直递增率看（表3），各地各高度层之间存在

明显差异。10 m到300 m垂直递增率最大的是齐齐哈尔，最小的是嫩江；300 m到600 m

垂直递增率最大的是伊春，最小的是齐齐哈尔；600 m到 900 m垂直递增率最大的是伊

春，齐齐哈尔略有减小。伊春站由 300 m到 600 m再到 900 m垂直递增率明显高于其他

站，主要与小兴安岭的山地地形有关。从地面到900 m高度，垂直递增率从大到小依次

为伊春、齐齐哈尔、哈尔滨、嫩江，平均为0.647 m/(s·100 m)。

图3 边界层内不同高度各站及其平均年平均风速垂直分布（1971—2000年）

Fig.3 Vertical distribution of annual mean wind speed at different heights in Heilongjiang Province (1971－2000)

表3 不同高度4站及其平均年平均风速垂直递增率（1971—2000年）

Table 3 The vertical rate of annual mean wind speed between different heights in Heilongjiang

Province (1971－2000) (m/(s·100 m))

哈尔滨

嫩江

齐齐哈尔

伊春

4站平均

10～300 m

1.607

1.346

1.712

1.541

1.552

300～600 m

0.159

0.366

0.126

0.593

0.311

600～900 m

0.050

0.060

-0.009

0.329

0.107

10～900 m

0.594

0.582

0.597

0.813

0.647

图 4是各站低层各月平均风速与 900 m高度月平均风速差值序列，选取的时段为各

站都无迁站与仪器变更的稳定期。边界层内越往上，大气流动受地面摩擦影响越小，本

文以900 m高度风速为基准，计算下面各层风速与其差值，分析各层风速受地面摩擦影

响程度。可见，600 m高度风速，平原（哈尔滨、齐齐哈尔）和半山（嫩江）测站各月

受地面影响程度相对较山地（伊春）测站小，冬季受地面影响风速减小程度大于其它各

季。300 m高度风速，平原测站（哈尔滨、齐齐哈尔）受地面影响风速减小程度略大于

600 m，夏季受地面影响风速减小程度较弱，冬季较强；半山（嫩江）测站受地面影响
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图4 各站10、300、600 m月平均风速与900 m月平均风速差值（1989—2001年）

Fig.4 The monthly mean wind speed difference based on the 10 m, 300 m, 600 m and 900 m in Heilongjiang

Province (1989－2001)

表4 不同地面条件台站10、300、600 m平均风速与900 m平均风速差值（1971—2000年）

Table 4 The mean wind speed difference of 10 m, 300 m and 600 m from 900 m at different stations in

Heilongjiang Province(1971－2000) (m/s)

季节

平原

半山地

山地

10～900 m

300～900 m

600～900 m

10～900 m

300～900 m

600～900 m

10～900 m

300～900 m

600～900 m

年度

-5.63

-0.95

-0.16

-5.64

-0.35

0.03

-7.27

-2.76

-0.99

春季

-5.51

-0.87

-0.06

-5.57

-0.05

0.24

-6.92

-2.56

-0.95

夏季

-4.52

-0.61

-0.06

-4.48

-0.25

0.05

-6.04

-2.10

-0.69

秋季

-6.08

-0.84

-0.05

-6.06

-0.15

0.23

-7.82

-3.00

-1.00

冬季

-6.34

-1.34

-0.38

-6.37

-0.76

-0.25

-8.18

-3.27

-1.21

风速减小程度较600 m更强，冬季受影响程度大于其它各季；山地（伊春）测站受地面

影响，风速减小程度最强。近地面 10 m高度风速（表 4），平原和半山地测站减小 5.63

m/s和5.64 m/s，山地测站减小7.27 m/s，多于平原与半山测站1.64 m/s和1.63 m/s；不同

下垫面测站冬季受地面摩擦影响，风速减弱程度均较大，夏季风速受地面摩擦减弱程度

均 较小。

2.2 风速年代和趋势变化特征

表5为各年代各站不同高度平均风速距平，图5表示边界层内不同高度各年代平均风
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表5 边界层内不同高度各年代年平均风速距平值

Table 5 Wind speed anomaly at different heights in each decade in Heilongjiang Province (m/s)

层次

10 m

300 m

600 m

900 m

站名

哈尔滨

嫩江

齐齐哈尔

伊春

哈尔滨

嫩江

齐齐哈尔

伊春

哈尔滨

嫩江

齐齐哈尔

伊春

哈尔滨

嫩江

齐齐哈尔

伊春

1960年代

0.143

-1.002

0.463

0.394

-0.269

0.021

0.194

-0.697

-0.075

-0.014

0.211

-0.359

0.139

0.215

0.089

-0.459

1970年代

0.877

0.285

0.040

0.119

-0.212

-0.139

-0.269

-0.004

-0.161

0.084

-0.304

0.015

-0.104

0.076

-0.364

-0.077

1980年代

-0.191

0.062

0.258

-0.042

0.097

0.072

0.136

0.210

0.054

-0.002

0.191

0.027

0.056

-0.032

0.200

0.064

1990年代

-0.686

-0.346

-0.298

-0.078

0.115

0.065

0.132

-0.205

0.106

-0.082

0.113

-0.042

0.049

-0.043

0.164

0.014

2000年代

-1.202

-0.413

0.011

-0.281

0.002

0.293

-0.774

-0.080

0.043

0.100

-0.391

0.073

-0.015

0.051

-0.061

-0.008

速距平变化。对近地面 10 m高度，各

站平均风速 1960 年代较小，1970 年代

最大（3.182 m/s），从1970年代到2000

年代逐渐减小，2000 年代达到最小值

（2.381 m/s）；哈尔滨和嫩江从 1970 年

代到 2000 年代都是减小趋势，伊春从

1960 年代到 2000 年代风速持续减小，

而齐齐哈尔从 1960年代到 2000年代的

变化规律是：大—小—大—小—大；平

均风速最大的年代哈尔滨 （4.252 m/

s）、嫩江 （3.468 m/s） 都出现在 1970

年代，齐齐哈尔（3.501 m/s）、伊春（2.206 m/s）出现在 1960年代，平均风速最小的年

代哈尔滨、伊春均出现在 2000 年代，嫩江和齐齐哈尔分别出现在 1960 年代和 1990 年

代。因此，哈尔滨、嫩江、伊春3站的近地面年代平均风速均表现出长期减小趋势，但

齐齐哈尔没有明显趋势变化，地面平均风速年代和趋势变化明显不同于其它站。该站于

2002年有一次迁站，其后台站周围建筑物减少，观测环境改善，致使地面平均风速增

大，可能是导致其2000年代风速增加的主要原因之一。

对300、600、900 m高度风速，各站平均1980年代到2000年代都呈减小趋势，平均

风速最大年代在1980年代，除300 m平均风速最小在1960年代外，600 m和900 m风速

最小都出现在1970年代。

图5 边界层内不同高度4站平均各年代平均风速距平

Fig.5 The 4-station averaged annual mean wind speed anomaly

at different heights in each decade in Heilongjiang Province
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随高度和季节变化，各站平均年平均风速变化具有明显差异（表 6、图 6）。1961—

2010年，近地面10 m高度风速变化具有明显的递减趋势，递减率为0.162 m/(s·10a)，通

过了 0.05的显著性检验；1971—2010年和 1981—2010年，近地面 10 m高度风速下降速

率更大（均通过 0.05的显著性检验）。而 300 m高度年平均风速变化在 1961—2010年和

1971—2010年呈增加趋势，1981—2010年呈下降趋势，但均未通过显著性检验；600 m

和 900 m 高度风速变化也不明显，1961—2010 年和 1971—2010 年间呈不显著的上升趋

势，1981—2010年间则为不显著的下降趋势。

1961—2010年，各站平均近地面10 m高度各季节平均风速变化均呈减小趋势，并通

过了0.01显著性检验。高空300 m及以上高度，春季和冬季平均风速均为增加趋势，其

中300 m高度冬季增加通过0.05显著性检验，其余均未通过显著性检验；夏季全部表现

为不明显的减小，但均未通过显著性检验；秋季900 m高度是不明显的减小趋势，600 m

高度是不明显的增加趋势，300 m高度的增加趋势通过了0.05显著性检验(表6)。

表6 4站平均不同高度年和季节平均风速变化速率（1961—2010年）

Table 6 Changing rate of 4-station averaged annual and seasonal mean wind speed for different heights in

Heilongjiang Province (1961－2010) (m/(s·10a))

层次

10 m

300 m

600 m

900 m

春季

-0.218**

0.000

0.010

0.028

夏季

-0.113**

-0.006

-0.034

-0.032

秋季

-0.156**

0.023*

0.006

-0.001

冬季

-0.161**

0.068*

0.053

0.039

年

-0.162*

0.028

0.016

0.015

注：**α=0.01水平下通过显著性检验；*α=0.05水平下通过显著性检验。下同。

图6 边界层内不同高度年平均风速距平变化

Fig.6 The change of wind speed anomaly at different heights in Heilongjiang Province
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表7给出各站不同高度年和季节平均风速变化趋势，图7表示各站各高度年平均风速

变化速率的垂直分布情况。哈尔滨站近地面10 m高度平均风速变化年和四季都呈显著的

减小趋势，300 m和600 m高度风速变化冬季均表现为显著增加，900 m高度年和四季风

速变化趋势不显著；嫩江站近地面10 m高度风速变化年和四季不明显，300 m高度风速

变化年和秋、冬季明显增加，600 m高度风速变化年和四季都无明显趋势，900 m高度仅

夏季表现为显著减小；齐齐哈尔站近地面10 m高度风速变化年和四季都表现为明显的减

小趋势，300 m 高度风速变化年和四季为减小趋势，除冬季外其它季节的减小都通过

0.05显著性检验，600 m和 900 m高度风速年和四季变化趋势不显著；伊春站近地面 10

m高度风速变化年和四季都表现为减小趋势，300、600 m高度风速变化年和春季、冬季

表现为递增趋势，900 m高度年和春季增加趋势明显。

表7 4站不同高度年和季节平均风速变化趋势

Table 7 Changing trend of annual and seasonal mean wind speed at different heights of four stations in

Heilongjiang Province (m/(s·10a))

层次

10 m

300 m

600 m

900 m

站名

哈尔滨

嫩江

齐齐哈尔

伊春

哈尔滨

嫩江

齐齐哈尔

伊春

哈尔滨

嫩江

齐齐哈尔

伊春

哈尔滨

嫩江

齐齐哈尔

伊春

春季

-0.529**

0.033

-0.202**

-0.173**

-0.006

0.042

-0.167*

0.131*

-0.033

-0.023

-0.049

0.145*

-0.088

-0.048

0.068

0.178*

夏季

-0.322**

0.075

-0.082*

-0.124**

0.030

0.004

-0.150*

0.091

-0.003

-0.069

-0.101

0.035

-0.072

-0.120*

-0.010

0.074

秋季

-0.433**

0.086

-0.118**

-0.159**

0.109

0.140*

-0.156*

0.000

0.061

0.037

-0.070

-0.004

-0.016

-0.045

0.035

0.020

冬季

-0.393**

0.064

-0.154**

-0.160**

0.145*

0.105*

-0.114

0.137**

0.150*

0.017

-0.057

0.102*

0.098

-0.044

0.020

0.082

年

-0.413**

0.065

-0.144**

-0.156**

0.074

0.084*

-0.145*

0.100*

0.051

0.005

-0.070

0.077*

-0.012

-0.047

0.026

0.094*

哈尔滨和伊春站年平均风速变化趋势的垂直剖面比较相似，均表现为近地面显著下

降，300 m及以上高度呈不明显上升趋势；但嫩江和齐齐哈尔站比较特殊，前者近地面

没有显著下降，900 m高度却出现了比较明显的减小，而后者近地面风速呈明显减小趋

势，但与哈尔滨和伊春站比较减小程度略小，而且 300 m和 600 m高度年平均风速变化

与其他站截然不同，呈现出比较明显的下降趋势，300 m高度下降趋势尤其明显（图7）。

3 讨论

对于黑龙江省4个探空站的高空风速观测数据，在资料处理当中曾使用SHNT方法[14]

对其进行了非均一性检验，没有发现明显断点，因此未作均一化处理。但是，在1961—

2010年间，有两次全国范围的测风仪器变更，1967—1970年期间，地面测风仪由维尔德
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型转换为 EL 电接风风速计，2004—

2007年期间，又由EL电接风风速计转

换为DYYZⅡ风向风速计自动站仪器测

风，可能在一定程度上导致近地面风

速观测记录出现不连续性。本文获得

的近地面 10 m平均风速在 1970年代初

期确比 1960 年代中后期系统偏高，可

能在一定程度上与更换仪器引起的非

均一性有关。但是，由于近地面 10 m

风速下降主要发生在 1970 年代中期以

后（图 6），即使考虑变更仪器产生的

非均一性，使用订正后资料计算获得

整个时期地面平均风速序列，其长期

下降趋势也将很明显。因此，更换仪器引起的非均一性不至于对本文主要分析结果产生

显著影响。地面环境改变对测风影响无疑具有显著影响[11]，其对黑龙江省地面平均风速

的影响已有另文分析讨论[15]。

本文分析发现，黑龙江省各探空站各个季节平均近地面风速冬季最小，边界层内其

它高度却是夏季较小。任国玉等[16]对全国风速气候学特征的分析结果表明，全国平均来

看，850 hPa （海拔约1 500 m）以下平均风速均为夏季最小；刘学锋等[12]在分析河北省

边界层内平均风速变化时也指出夏季平均风速最小。在北半球中高纬度地带，南北温度

差异造成的热成风影响占据主导地位，这种南北温度差异在冬季、春季和秋季较大，因

而这些季节的平均风速也较强，夏季风速一般较弱；另外，中国大部地区处于盛行西风

带，上层以偏西风为主，夏季来自海洋的偏南暖湿气流活跃，偏南风较多，低层气流和

高空气流运动不完全一致，东部沿海地带近地面和高层气流运动方向甚至相反，促使低

层的偏东风因受高层偏西风的影响而削弱，而冬季近地面则盛行西北风，与高空气流方

向基本一致，低层西北风得到加强，这也是我国大部分地区近地面风速在夏季很弱的一

个原因。但是，黑龙江省探空站所测得夏季近地面风速却不是最小，最小风速发生在冬

季，与其他地区存在明显差异。造成这一差异的主要因素可能在于探空站处于较高的纬

度和特殊的地形区域，同时也与探空站所在地城市化发展有关。黑龙江省是我国纬度最

高的省份，冬季受西伯利亚高压影响明显，盛行沉降运动，地面空气静稳，风速微弱；

另外，除哈尔滨站外，其余3个站或者位于大兴安岭东坡背风坡，或者处于小兴安岭山

地内部，地形作用突出，冬季地面风速进一步降低。本文分析还发现，与全国平均或北

方其他地区比较，黑龙江省春季最大风速出现在 5月，而不是通常的 4月。这与纬度偏

高，中春时节相对推迟有关。

本文所选4个探空站不同高度年平均风速的差异，应该与台站所处的地理位置、地

形条件和大气环流综合影响有关。哈尔滨、齐齐哈尔和嫩江站位于松嫩平原，地势开

阔，年内特别是春季多大风，近地面风速较大，10 m到300 m高度年平均风速的垂直递

增率也较大；伊春位于小兴安岭山地，地形起伏较大，域内生长大面积的原始森林，

600 m高度以下年平均风速均较小，300 m到600 m垂直递增率明显高于其他站，900 m

图7 边界层内不同高度年平均风速变化趋势系数分布

（1961—2010年）
Fig.7 Tendency coefficient of annual mean wind speed for four

stations at different heights in Heilongjiang Province (1961－2010)
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高度平均风速也比其他站大。

随着高度增加，各站年平均风速多表现为增大，但齐齐哈尔 900 m风速却不比 600

m风速大，反而略有减小。这可能与城市建筑物或城市“冠层”的影响有关。这种影响

导致“冠层”顶部高度以下风速明显减弱，“冠层”以上的300 m和600 m附近由于气流

爬升或“狭管”效应致使风速增大，并与900 m附近自由大气风速接近甚至超过。齐齐

哈尔站长期位于市区西部，2002年迁至市区西北部，探空气球经由城市“冠层”的频次

比较高，距离较长，因而平均风速垂直廓线明显不同于其他台站。

黑龙江省 4个探空站近地面平均风速呈现明显的随时间减弱的趋势，但上层各层平

均风速变化呈现出不明显的增强趋势。近地面风速的明显减弱现象与针对全国和河北省

的研究一致，但上层风速具有弱增强趋势却与先前分析结果不完全一致，先前研究表明

对流层下层或边界层上层风速变化呈不明显的下降趋势[8, 12]。朱锦红等[17]发现，20世纪80

年代中期以后对流层中高纬度西风有明显加强趋势。Lucarini等[18]研究表明，1960—2000

年间北半球高层年平均位势高度在中纬度地带上升，高纬度地带降低，夏季从华北到阿

留申群岛一带为位势高度上升区，西伯利亚北部为下降中心，这说明高空西风的增强主

要发生在中高纬度。中国大陆大部处于中纬度地区，而黑龙江省处于中国最北部，纬度

偏高，其边界层上层平均风速的不明显增强可能主要是大尺度大气环流变化的结果。

对于多数站近地面风速的显著减弱，最主要的原因应该是局地人为活动影响，包括

观测场周围环境改变和城市化的影响。模拟分析[7]和观测分析表明[10]，城市以外地区平均

地面风速的减少没有气象台站观测到的明显；刘学锋等[12]分析发现，河北省乡村站或观

测环境变化不大的台站地面风速也有减少，但减少幅度显著偏低。黑龙江省4个探空站

观测的平均风速减弱，主要发生在近地面附近，说明城市化和观测环境改变造成的影响

比其他地区还要显著。这一结论对于正确评价风电场区域近地面风速和风能密度的真实

变化具有实际意义。

4 结论

利用 1961—2010 年哈尔滨、嫩江、齐齐哈尔、伊春 4 个气象站探空和地面风速资

料，分析了黑龙江省边界层内不同高度风速的时空变化特征，得到以下结论：

（1）黑龙江省边界层内不同高度年平均风速随着距地面高度的增加而增大，10 m到

300 m风速垂直递增率最大；风速在年内时间分布上具有明显的季节性特征，各高度都

是春季风速最大，近地面层冬季风速最小，其余高度夏季风速最小。

（2）在1961—2010年间，近地面10 m平均风速1970年代最大，从1970年代到2000

年代逐渐减小，2000年代风速最小；在 300、600、900 m高度，平均风速 1980年代最

大，从1980年代到2000年代逐渐减小，300 m高度平均风速最小年代在1960年代，600

m和900 m高度风速最小年代均在1970年代。

（3） 1961—2010年期间，近地面10 m高度平均风速明显减弱，递减率为0.162 m/(s·
10 a)，这个变化主要发生在1970年代以后；而300、600和900 m各高度平均风速的趋势

变化都不够显著。

（4）黑龙江省近地面风速变化趋势可能主要与观测环境改变和城市化等非自然因素

影响有关，但上层的风速变化则主要受大尺度大气环流变化的影响。
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The Characteristics of Wind Speed Variation at Different
Altitudes of Boundary Layer in Heilongjiang Province

YU Hong-min1, REN Guo-yu2, LIU Yu-lian1

(1. Heilongjiang Climate Center, Harbin 150030, China; 2. Laboratory for Climate Studies, National Climate Center,

CMA, Beijing 100081, China)

Abstract: Using the data of upper air and surface wind speed observed from Harbin,

Nenjiang, Qiqihar and Yichun of Heilongjiang Province, from 1961 to 2010, the

characteristics of variation of wind speed in boundary layers are analyzed. The following

conclusions are drawn: 1) The annual mean wind speed increases with height from the

ground to 900 m, and the distribution of wind speed at different time of the year has

obvious characteristics of seasonal variation, with the maximum in springtime and the

minimum in wintertime at near-surface layer, and the minimum in summertime at the

remaining height layers; the maximum wind speed vertical increasing rate appears between

10 m and 300 m. 2) In 1961－2010, the largest mean wind speed at 10 m height is in the

1970s, and gradually decreases from the 1970s to the 2000s, with the smallest value

occurring in the 2000s; at 300 m, 600 m, 900 m heights, the largest mean wind speed is in

the 1980s, and wind speed gradually reduces from the 1980s to the 2000s, with the smallest

value being in the 1960s at 300 m and in the 1970s at 600 m and 900 m. 3) During 1961－

2010, the mean wind speed at 10 m is weakening and the diminishing rate is 0.162 m/(s·
10a), and the trend occurs mainly after the 1970s. At 300 m, 600 m and 900 m, the mean

wind speed trends are not significant. 4) It seems that the significant slowdown trends of the

surface wind speed in Heilongjiang Province is mostly caused by the fast urbanization and

the change of observational environment.

Key words: climate change; wind energy resources; wind speed; boundary layers; Heilong-

jiang Province
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1951～2009 年东亚地区日降水趋势特征分析 
 

战云健1, 2  任国玉 2  任玉玉 2  李娇 3 
1 中国气象科学研究院，北京 100081 

2 国家气候中心中国气象局气候研究开放实验室，北京 100081 

3 铁岭市气象局，铁岭 112000 

 

摘  要  研究大陆或次大陆尺度日降水长期趋势变化规律，对于检测、理解区域气候和陆地水循环对全球气候变

暖的响应特征十分重要。利用美国国家气候资料中心（NCDC）和中国基准气候站、基本气象站网降水观测资    

料，在对该站点资料进行基本质量控制基础上，选取东亚地区 619 个站 1951～2009 年日降水数据，按照百分位阈

值对降水进行分级，共分为弱、中、强、极强 4 个级别，用经纬度网格面积加权平均方法构建区域平均的时间序

列，分析了各类降水事件长期变化趋势的时空特征。结果表明：东亚地区近 59 年平均总降水量表现出不显著下降

趋势，降水日数没有出现趋势性变化，平均日降水强度略有减小；区域平均的年降水量、降水日数和日降水强度

在中国北方大部、蒙古东部、俄罗斯远东地区南部和日本列岛多呈减少趋势，而在俄罗斯中西伯利亚南部、朝鲜

半岛南部和中国长江中下游流域一般表现为增加。从季节上看，近 59 年东亚区域平均的冬、春季降水量、降水日

数和日降水强度均呈增加趋势，而夏、秋季一般呈减少趋势，仅夏季日降水强度略有增加。降水的年内分配出现

均匀化趋势。从不同级别降水事件看，近 59 年来东亚区域平均的各级别降水量均为下降趋势，中降水、强降水和

极强降水日数也呈现下降趋势，弱降水日数表现出较明显增加；仅有全区秋季强降水量、日数减少趋势和冬季中

降水量、日数增加趋势通过了显著性水平检验。分析还发现，近 30 年（1980～2009 年）东亚地区日降水趋势变

化出现了新的特征，主要表现为大部分地区降水日数呈现增加，日降水强度减少，45°N 以南多数台站降水量也增

加，全区降水有向非极端化方向发展趋势。 

关键词  东亚地区  日降水  降水量  降水日数  降水强度  弱降水  强降水  气候变化 

文章编号  1006–9585（2013）06–0767–14         中图分类号  P467         文献标识码  A 

doi:10.3878/j.issn.1006-9585.2013.12152 

 

Changes in Daily Precipitation over East Asia during 1951–2009 
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Abstract  Atmospheric precipitation is a critical component of the terrestrial water cycle. For detecting and 

understanding the response of the water cycle to global warming at the regional scale, it is important to analyze the 

temporal and spatial variations in daily precipitation at the continental or subcontinental scale. In this study, daily 

precipitation data from the US National Climate Data Center (NCDC) and the China National Reference Climate and 

Basic Meteorological Stations for the period of 1951–2009 were used to analyze the long-term variations in precipitation 
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over East Asia (25°N–55°N, 105°E–145°E). After basic quality control, 619 stations were chosen. Based on the percentile 

thresholds, the daily rainfall was classified into light, moderate, intense, and very intense. The regional average time series 

were obtained by the method of the area-weighted average for the grids. The spatial and temporal patterns of the 

long-term changes in all kinds of precipitation events were also analyzed.  

The results showed that the average regional precipitation and precipitation intensity decreased during the last 59 

years (1951–2009), whereas the rainy days exhibited no prominent trend. In most of northern China, eastern Mongolia, 

southern Russian-Far East, and most of Japan, the amount, frequency, and intensity of annual precipitation generally 

decreased. However, the southern part of Middle Siberia, the Korean Peninsula, and the Yangtze River basin witnessed 

increasing trends of the precipitation index series. The amount, frequency, and intensity of seasonal precipitation increased 

in winter and spring, and decreased in the summer and autumn except for the summer precipitation intensity. The annual 

seasonal precipitation variability in the last decade was gentler than the previous. 

The regional average precipitation decreased in all categories in 1951–2009. The moderate precipitation decreased 

faster than the precipitation frequency, whereas the intense and very intense precipitation decreased slightly slower than 

the precipitation frequency. The moderate, intense, and very intense precipitation frequencies decreased during the last 59 

years, and only the light precipitation frequency increased. Note that for the last 30 years (1980–2009), the overall 

precipitation intensity decreased, whereas the overall precipitation frequency increased for most areas in the study region. 

Most of the stations south of the 45°N latitude recorded increased annual precipitation; however, the daily precipitation 

intensity was less extreme. 

Keywords  East Asia, Daily precipitation data, Precipitation, Precipitation frequency, Precipitation intensity, Light 

precipitation, Intense precipitation, Climate change 

 

 
1  引言 
 

东亚地区由中国东部、日本列岛、朝鲜半   

岛、蒙古东部及俄罗斯西伯利亚的远东区域组  

成，区内人口、城市稠密，经济发达。东亚地区位

于中纬度欧亚大陆东侧，为全球著名的温带和亚热

带季风气候区。在季风环流的影响下，东亚气候四

季分明、冬季干寒、夏季湿热、雨热同季、年际变

异性很强（Ren，1991；黄荣辉和杜振彩，2010），

在为农业生产和其他人类活动提供得天独厚的水

热资源条件的同时，也带来了无可避免的频繁水旱

灾害。研究这个地区的降水事件长期变化规律，对

于理解在全球气候变化背景下区域气候和陆地水

循环演化特征及原因，具有重要科学意义；对于认

识区域气象灾害发生和演化的成因、评价气候变化

的影响，具有实际价值。 

当前，利用地面观测资料对东亚地区作为一个

整体的降水趋势变化研究还很少。对全球陆地降水

变化的研究发现，近 100 年来东亚中高纬的西伯利

亚、蒙古等地区年总降水量和极端强降水事件频率

一般增加，而处于中纬度的中国华北和东北、日本

列岛大部年降水量和极端强降水事件频率一般减

少（IPCC，2007；翟盘茂等，2007）。东亚地区中

国以外的国家和地区，20 世纪中期以来降水变化趋

势大致与中国东部相似，如日本降水日数减少，各

极端降水指数趋于增加（Manton et al.，2001）；韩

国夏季降水量增加显著，暴雨强度增加（Choi et al.，

2008，2009）；近 30 年，俄罗斯远东地区和朝鲜    

北部夏季各级别降水和总降水显著减少（Yao et  

al.，2008） 

对 20 世纪 50 年代以来中国东部降水变化特征

的分析工作很多。这些研究一般发现：在年降水量

变化方面，东部呈现出“北旱南涝”特征，华北地

区和东北中南部降水量明显减少（任国玉等，2000，

2005；丁一汇等，2007；翟盘茂等，2007；Tu et al.，

2010）；冬季总降水量和极端降水量大多增加而秋

季大多减少（Wang and Yan，2009）；东部多数地区

小雨降水频率和降水量均显著减少，中雨变化趋势

弱，强降水和极强降水事件频率变化趋势不明  

显，但强度有所增大，极端强降水量占总降水量的

比例有所增加（翟盘茂和潘晓华，2003；王颖等，

2006；翟盘茂等，2007；闵屾和钱永甫，2008；王

小玲和翟盘茂，2008；任国玉等，2010），总体平

均降水强度也有增加（王颖等，2006；翟盘茂等，

2007）；全国大范围降水日数减少，其减少趋势大

大超过了总降水量的下降（王颖等，2006），说明

降水日数的趋势变化机理不完全等同于降水量，可

能主要与造成小雨频数显著减少的控制因子有关

（闵屾和钱永甫，2008；任国玉等，2010）。对降
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水年代尺度变异分析表明，20 世纪 50 年代以来，中

国东部的降水量经历了 20 世纪 50 年代的相对丰沛

期，20 世纪 60 年代初至 80 年代中的偏少期，以及

20 世纪 80 年代中至 90 年代末的丰水期（Zhai et  

al.，2005）；Qian and Zhu（2001）发现，近百年来

中国东部降水存在长期振荡和 20 年左右的年代际

振荡；Ren et al.（2011）指出，中国东部年和夏季

降水量没有明显长期趋势变化，但长江中下游与华

北地区降水存在较明显的反相趋势和波动。 

因此，目前对东亚地区蒙古国和俄罗斯西伯利

亚、远东等区域的研究很少，尤其缺乏对东亚地区

作为一个整体的长期降水趋势变化研究。 

本文采用 1951～2009 年的日降水资料，对东

亚地区的总降水及各级别降水事件趋势变化特征

进行分析。本文的分析发现东亚其他国家和地区降

水趋势变化既存在与中国东部区域相似的特征，也

具有一定的独特性。 

2  数据处理与分析方法 

2.1  数据处理和选站 

东亚地区范围定义为（25°N～55°N，105°E～

145°E），主要包括中国东部、朝鲜、韩国、日本、

蒙古大部和俄罗斯中西伯利亚南部与远东地区南

部。所用数据为美国国家气候资料中心（NCDC）

和中国基准气候站、基本气象站网日降水观测资

料，资料时段为 1951～2009 年。由于各测站的数

据质量参差不齐，缺测情况不同，对原始降水资  

料进行了质量控制，包括极值检查、错误数据排 

除、连续无变化检查和缺测值处理。 

极值检查：对大于 500 mm 的全部台站逐日降

水记录进行了检查，发现两类错误：（1）999.99，

在蒙古国和西伯利亚出现多次，为缺测值（9999.9）

小数点错位所致；（2）2000.0，共出现 3 次，均在

中国，其超过全球日降水量极值 1828.8 mm，为记

录错误。将以上两种日降水量记录改为缺测值。除

去这两类记录错误，东亚地区日降水量极大值为

806 mm，出现在 1968 年 9 月日本东南沿海的一个

观测站。经过比较附近观测站资料，确认其为当日

真实降水记录。 

错误数据排除：蒙古和朝鲜两国的资料质量略

差，有几个特殊值（蒙古 41.9、42.9、43.9、74.9、

91.9 mm；朝鲜 1973年以前的 74.9 mm和 150.1 mm）

多次重复出现。这些数据出现年份没有其他降水记

录，可认为数据有误，将全年数据改为缺测。其中

蒙古所有站点 1961 年之前的记录全部为缺测。此

外，蒙古国有些站点还多次出现明显偏高的 100 mm

以上的日降水记录，经检验对比 NCEP 再分析可降

水量和实际降水量资料，确认其中 200 mm 以上的

均为错误记录。由于这些站点的异常偏高的 100 mm

以上数据出现多次且无规律，难以定性为缺测值、

错误或正确降水记录，故将这些存在异常的100 mm

以上日降水量记录的站点剔除。 

连续无变化检查：根据降水多寡，设定标准如

下：俄罗斯西伯利亚地区和蒙古国[（40°N，105°E）、

（55°N，130°E）两点连线以西北]连续二日降水量

超过 50 mm，其他地区连续二日降水量超过 100 

mm，则认为后一日降水记录有误，可能由于雨量

计倾倒不及时等原因造成，将后一日降水改为缺测

值。检查发现，在日本本州岛最西端的下关市 1990

年 9 月出现一次连续二日 130.0 mm，对比 NCEP

再分析可降水量和实际降水量资料，确认第二日降

水量错误。其余检查结果均为上一步被剔除站点的

明显数据错误。 

缺测值处理：规定在降水日数较少的俄罗斯西

伯利亚地区和蒙古国地区[（40°N，105°E）、（55°N，

130°E）两点连线以西北]，如果某站某月缺测天数

达到 50%以上，则该年年降水量记为缺测；其他地

区月缺测 8 d 以上算作全年缺测。月缺测不到以上

标准时，由于降水量的插补不准确，缺测值不参与

计算。 

在上述质量控制处理后，设立选站标准如下：

研究时段（1951～2009 年）内至少有 33 年记录且

标准气候参考期（1971～2000 年）内至少有 20 年

记录。根据此标准，全区最终选用 619 个站，各国

家选用测站数：中国 343 个、日本 145 个、韩国 20

个、朝鲜 6 个、蒙古 2 个、俄罗斯 103 个，具体分

布情况如图 1a。全区长序列观测站点分布比较均

匀，密度也较高，其中日本站点密度最高，蒙古国

最低。后者由于数据质量较差，最终只有 2 个站入

选。 

在最终入选的测站中，各台站记录长短和缺测

情况还有差异。统计每年有观测的台站数（图 1b）

表明，1951 年有观测记录的台站数不到 300，此后

逐渐增加，到 1961 年有观测记录的台站数增加到

500 以上，此后直到 2000 年台站数均维持在 500 以

426



    气    候    与    环    境    研    究 

Climatic and Environmental Research 
18 卷

Vol. 18
 

 

770 

上。但是，2000 年和 2001 年台站大幅减少，2001

年台站数不足最多年份的一半，俄罗斯的西伯利亚

和库页岛地区减少的台站最多（图 1a 灰色测站所

示）。这导致俄罗斯东部沿海（包括库页岛）缺少

记录完整的整个时期观测资料。2002 年以后全区有

观测台站数回升到 400 个左右。 

2.2  分析方法 

本文主要分析东亚地区降水量、降水日数和降

水强度长期趋势变化特征。由于国外未对 1 mm 以

下的降水做记录，降水日数定义为日降水量大于等

于 1 mm 的天数，单位为 d。年降水量为每年全部

降水日降水量的总和，单位为 mm。年降水强度为

年降水量与年降水日数之比，单位为 mm/d。 

由于研究区域广，各地降水气候特征差异较

大，为增强不同地区各级别降水事件之间的可比

性，采用相对阈值法对降水进行分级。参考 Karl and 

Knight（1998）以及闵屾和钱永甫（2008）的方法，

按照百分位阈值对降水进行分级。将标准气候参考

期（1971～2000 年）30 年所有 1 mm 以上降水从小

到大排序，取第 95 百分位的降水记录所对应的降

水量定义为极强降水阈值，大于此阈值的降水为极

强降水；同样，定义介于第 80～95（含）百分位阈

值之间的降水为强降水，第 50～80（含）百分位阈

值之间的降水为中降水，第 50 及以下百分位阈值

的降水为弱降水。以此方法划分的弱、中、强和极

强降水，大体对应中国江淮流域以绝对阈值定义的

小雨、中雨、大雨、暴雨。 

按夏季为 6～8 月、冬季为 1～2 月和上年 12

月、春季为 3～5 月、秋季为 9～11 月的标准划分

四季，分别分析了各季节各类降水指标的趋势变化

特征。由于某些站点的标准参考期内干季（尤其是

冬季）有降水记录较少，对每个季节确定百分位阈

值误差较大，对降水量分级时没有区分季节，全年

采用了同样的阈值。因此，降水量较小的冬、春两

个季节缺乏部分较强级别的降水记录。其中春季缺

乏全部年份的极强降水记录，冬季缺乏全部年份的

强和极强降水记录以及 1953～1999 年共 47 年的中

降水记录。因此，春季的强降水和冬季的中降水实

际上已成为该季节的最强级别降水。 

本文对各降水指标计算线性变化趋势时，采用

各台站分别计算和划分经纬度网格建立区域平均

序列计算两种方法。在台站基础上，为减小记录缺

测的影响，在计算 1951～2009 年线性趋势时，选

取至少具有 55 年记录的台站，对于这些台站的少

量缺测，用 1951～2009 年的平均值替补；在计算

1980～2009 年近 30 年线性趋势时，选取至少具有

27 年记录的台站，并用 1980～2009 年的平均值替

补缺测年份记录。以此方法计算降水线性趋势时所

选用的站点分布情况见下文结果分析部分，俄罗斯

东部沿海及库页岛的多数站点因为资料缺测而未

能入选。 

区域平均序列构建采用 Jones et al.（1999）提

出的经纬度网格面积加权平均方法。首先将研究区

域按经纬度划分网格。为保证每个网格内每年有至

少 1 个测站的记录，将研究区域划分为 5°（纬度）

×5°（经度）的 48 个网格。然后计算每年所有台站

各指标值相对标准参考期（1971～2000 年）的距平

百分率，并对每个网格求算术平均，得到网格内的

算术平均距平百分率时间序列。其中网格平均降水

强度值是由该网格内所有有观测站点的总降水量

除以总降水日数得到。如果某网格某年没有观测记

录，则该年该网格视为空网格。1951～2009 年拥有

完整 59 年序列长度的网格如图 1c 黑色实心圆所

示，其中 H5、G6、H6 等 3 个位于海上的网格没有

任何站点。由于资料缺测，还有一些网格不具有完

整的时间序列，但多数只有少数年份没观测值，对

其做了插补处理：如果缺测少于 5 年（即至少有 55

年观测长度），则将该网格所有缺测年补以有观测

值年份的平均值。插补后增加了 C1、F1、B3、G3、

E4 等网格（图 1c 灰色实心圆所示）。 

得到网格算术平均的距平百分率时间序列后，

进行区域面积平均的计算：用各网格的距平百分率

的算术平均值，乘以各自网格的中心纬度的余弦后

相加，再除以参与计算的各网格中心纬度的余弦之

和，便得到区域平均的距平百分率值时间序列。计

算区域平均时间序列线性变化趋势，并采用 F 检验

和相关系数（r）检验方法进行显著性检验。 

3  结果分析 

3.1  年降水变化 

图 2 表示 1951～2009 年东亚区域平均年降水

量、降水日数和降水强度距平百分率的时间序列；

表 1 列出了同期年降水量、降水日数和降水强度的

线性趋势及其显著性检验结果。全区年降水量由 20

世纪 50 年代到 60 年代中期的正距平为主，转变为
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70 年代的负距平为主，其中 70 年代初到 80 年代初

连续 9 年降水量为负距平，为东亚地区近 59 年最

干时期。20 世纪 80 年代年降水量回升到多年平均

值附近，90 年代多数年份为正距平，其中 1998 年

降水量达到整个时期最高水平。此后年降水量总体

变化趋势不明显，尤其自 2000 年以来降水量的年

际波动还非常小（图 2）。总体来看，59 年间东亚

地区年降水量变化为弱的负趋势，变化速率为   

－0.479% (10 a)–1，没有通过 0.05 显著性水平检验

（表 1）。 

2000 年之前，东亚区域平均年降水日数的变化

趋势与年降水量较为接近；但此后降水日数呈现显

著增加，近 10 年有 9 年为正距平，仅 1 年为很弱

的负距平。59 年间全区平均年降水日数变化趋势很

弱，只有 0.033% (10 a)–1，没有通过 0.05 显著性水

平检验（表 1）。 

东亚地区年平均降水强度在 20 世纪 50 至 60

年代总体变化不大，70 年代以负距平为主，80 至

90 年代呈现增加趋势，90 年代降水强度多呈正距

平，而 2000 年以来则突然下降，全部年份均为负

距平。整个分析时期东亚地区年降水强度表现为下

降趋势，下降速率为－0.421% (10 a) –1，未通过 0.05

显著性水平检验（表 1）。 

值得注意的是，2000 年以来东亚地区降水发生

了令人瞩目的变化，主要表现在降水量年际波动很

小，降水日数多变为明显的正距平，致使降水强度

呈现较大幅度下降（图 2）。近 10 多年东亚地区降

水较之从前特别是 20 世纪 90 年代具有向非极端化

方向演化特点。 

图 3 表示东亚地区近 59 年降水量、降水日数

和降水强度距平百分率的线性趋势空间分布情况。

在 1951～2009 年期间，俄罗斯中西伯利亚大部份

地区年降水量、降水日数和降水强度一般呈不显著

增加趋势；中国东北东部降水量变化不明显，降水

日数大多增加，而降水强度大多减少，各降水指标

长期趋势变化总体上均不显著；中国东北西部和南

部以及华北地区，年降水量、降水日数和降水强度

一般呈减少趋势，部分站点显著减少；内蒙古西部

年降水量、降水日数和降水强度均以增加为主；长

江和淮河流域年降水量、降水日数和降水强度多呈

增加趋势，部分站点的降水量和降水日数显著增

加；朝鲜半岛西部的 2 个站年降水量增加，降水日

数减少或显著减少，降水强度增加或显著增加；日

本北海道岛降水量和降水强度减少，其中西部显著

减少，降水日数则无明显变化趋势；日本本州岛东

部沿海降水强度增加或显著增加，降水日数则多呈

减少趋势，而本州岛西南部地区年降水量、降水日

数和降水强度一般均显著减少，九州岛和四国岛年

降水量、降水日数和降水强度也呈减少趋势，但变

化不显著。 

    图 4 给出东亚地区近 30 年（1980～2009 年）

的降水量、降水日数和降水强度线性趋势空间分 

布情况。1980～2009 年期间，45°N 以北大部分地

区年降水量和降水强度明显减少。与近 59 年比   

较，年降水量减少区域向北迁移，主要出现在中国

东北北部、俄罗斯和蒙古国。除了中国东北北部和

东部，这些区域年降水日数一般也呈减少趋势。蒙

古国东部和中西伯利亚地区年降水量减少速率超

过－10% (10 a)–1，降水日数减少速率超过－5%  

(10 a) –1。45°N 以南大部分地区年降水量和降水日

数增加，中国北方黄淮流域降水日数增加明显，山

东省增加趋势更明显，超过 10% (10 a) –1，但东南

沿海地区和韩国、日本西部降水日数一般减少（图

4a、5b）。 

东亚地区近 30 年大部分站点年平均降水强度

呈减少趋势，中国东北北部和日本列岛西部减少明 

表 1   1951～2009 年东亚地区各季节不同级别降水变化趋势 

Table 1   Linear trends of different categories of precipitation in the four seasons and the whole year in East Asia during 
1951–2009                                                                                                                                                                                       (10 a)–1 

 降水量变化趋势 降水日数变化趋势 

 弱降水 中降水 强降水 极强降水 总降水 弱降水 中降水 强降水 极强降水 总降水 

总降水强度

变化趋势 

春季 0.086% 0.251% 0.037%  0.505% 0.66% 0.301% 0.159%  0.557% 0.243% 

夏季 －0.421% －0.59% －0.074% －0.456% －0.35% 0.128% －0.563% －0.062% －0.617% －0.173% 0.162% 

秋季 －0.499% －0.84% －2.190%* －2.405% －1.149% 0.053% －0.859% －2.150%* －2.244% －0.538% －0.367% 

冬季 1.135% 5.579%*   1.59% 1.776% 5.054%*   1.803% 0.656% 

全年 －0.271% －0.407% －0.772% －0.418% －0.479% 0.557% －0.348% －0.942% －0.622% 0.033% -0.421% 

*代表通过 0.05 显著性水平检验，表中所有趋势均未通过 0.01 显著性水平检验。 
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图 1  东亚地区（a）降水观测站地理分布（灰色代表 2001 年缺测的观测站）、（b）降水观测站数随时间变化、（c）插补前 1951～2009 年拥有完整

序列长度的网格点（黑色）和插补后增加的 1951～2009 年拥有完整序列长度的网格点（灰色） 

Fig. 1   (a) Spatial distribution of precipitation stations in East Asia (grey dots are stations without data in 2001); (b) precipitation station numbers in East Asia; 

(c) grids (black filled circles) with complete time series before interpolation during 1951–2009 and additional grids (grey filled circles) with complete time 

series after interpolation during 1951–2009  

图 2  1951～2009 年东亚区域平均年降水量（蓝色）、降水日数（橙色）和降水强度（绿色）距平百分率（虚曲线为 5 年滑动平均，实直线为线性趋势）

Fig. 2   The average anomaly percentage of rainfall (blue), rainy days (orange), and rainfall intensity (green) in East Asia during 1951–2009. Dashed line is 

five-year moving average, and solid line is linear trend 

图 3   1951～2009 年东亚地区各站点（a）降水量、（b）降水日数和（c）降水强度变化趋势（其中的实心三角表示通过显著性水平为 0.05 的检验）

Fig. 3   The variation trends of (a) rainfall, (b) rainy days, and (c) rainfall intensity in East Asia during 1951–2009. Filled symbols represent statistically 

significant trends at 0.05 significance level 

429



6 期 
No. 6 

战云健等：1951～2009 年东亚地区日降水趋势特征分析 

ZHAN Yunjian et al. Changes in Daily Precipitation over East Asia during 1951–2009 

 

 

 

773

显（图 4c）。东北北部降水强度的减少主要源于降

水量下降和降水日数增加的共同影响，而日本西部

的减少主要与降水量的明显下降有关。内蒙古西

部、华北地区年降水强度有增有减，多数站点趋势

未通过显著性检验。长江流域降水强度以减少为

主，主要是由于降水日数增加引起；但东南沿海地

区降水强度出现较明显增加，主要是降水量上升和

降水日数减少共同作用的结果。日本北部降水强度

变化不明显。因此，从最近 30 年来看，东亚大部

分地区年平均降水强度减弱，降水具有非极端化倾

向。 

3.2  季节降水变化 

图 5 表示 1951～2009 年间东亚区域平均的季

节降水量、降水日数和降水强度距平百分率年际和

年代际变化，表 1 中还列出了同时期各季节不同级

别降水量、降水日数的线性趋势及其显著性检验结

果，表 2、表 3 和表 4 则分别给出 1951～2009 年东

亚地区各个季节和年降水量、降水日数和降水强度

之间的相关矩阵。 

表 2  1951～2009 年东亚地区区域平均季节和年降水量之

间的相关矩阵 

Table 2  Correlation coefficients between the average 
rainfall in the four seasons and the whole year in East Asia 
during 1951–2009 

相关系数  

年平均 

降水量 

春季平均

降水量 

夏季平均 

降水量 

秋季平均

降水量 

冬季平均

降水量 

年平均降水量 1.000      

春季平均降水量 0.534**  1.000     

夏季平均降水量 0.758**  0.196  1.000    

秋季平均降水量 0.575**  0.101  0.152  1.000   

冬季平均降水量 0.290*  0.062  0.100  0.094  1.000  

*表示通过 0.05 显著性水平检验，**表示通过 0.01 显著性水平检验。 

表 3  1951～2009 年东亚地区区域平均季节和年降水日数

之间的相关矩阵 

Table 3  Correlation coefficients between the average rainy 
days in the four seasons and the whole year in East Asia 
during 1951–2009 

相关系数  

年平均降

水日数 

春季平均 

降水日数 

夏季平均 

降水日数 

秋季平均

降水日数

冬季平均

降水日数

年平均降水日数 1.000     

春季平均降水日数 0.570** 1.000    

夏季平均降水日数 0.685** 0.222 1.000   

秋季平均降水日数 0.540** 0.022 0.177 1.000  

冬季平均降水日数 0.587** 0.205 0.220 0.107 1.000 

*表示通过 0.05 显著性水平检验，** 表示通过 0.01 显著性水平检验。 

 
表 4  1951～2009 年东亚地区区域平均季节和年降水强度

之间的相关矩阵 

Table 4  Correlation coefficients between the average 
rainfall intensity in the four seasons and the whole year in 
East Asia during 1951–2009 

相关系数  

年平均

降水强

度 

春季平 

均降水 

强度 

夏季平 

均降水 

强度 

秋季平

均降水

强度 

冬季平

均降水

强度 

年平均降水强度 1.000      

春季平均降水强度 0.634** 1.000     

夏季平均降水强度 0.745** 0.349**  1.000    

秋季平均降水强度 0.513** 0.283*  0.355*  1.000  

冬季平均降水强度 0.063  0.040  0.098  0.058 1.000

* 表示通过 0.05 显著性水平检验，** 表示通过 0.01 显著性水平检验。 

 
东亚地区冬、春两季的降水量、降水日数和降

水强度均呈增加趋势，其中冬季的增加趋势大于春

季；秋季的降水量、降水日数和降水强度均呈减少

趋势；夏季的降水量和降水日数也趋于减少，但减 

图 4   1980～2009 年东亚地区各站点（a）降水量、（b）降水日数和（c）降水强度变化趋势（其中的实心三角表示通过显著性水平为 0.05 的检验）

Fig. 4   The variation trends of (a) rainfall, (b) rain day, and (c) rainfall intensity in East Asia during 1980–2009. Filled symbols represent statistically significant 

trends at 0.05 significance level 
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图 5   1951～2009 年东亚区域平均的各季节（a）降水量距平百分率、（b）降水日数距平百分率和（c）降水强度距平百分率（虚曲线为 5 年滑动平

均） 

Fig. 5 The average anomaly percentage of (a) rainfall, (b) rainy days, and (c) rainfall intensity in the four seasons in East Asia during1951–2009. Dashed line is 

the five-year moving average 
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少趋势弱于秋季，降水强度表现为增加。所有上述

降水指标趋势均未通过 0.05 显著性水平检验（表

1）。秋季的强、极强降水量和降水日数下降趋势最

明显，冬季的中、弱降水量则呈较明显上升趋势，

其中秋季的强降水量、降水日数和冬季的中降水

量、降水日数变化趋势均通过了显著性检验（表 1）。

从 1951～2009 年各季节降水量和日数对全年的贡

献率来看，冬、春两季的降水量和降水日数的贡献

率均增加，而夏、秋两季均减少，但趋势均不显著

（表 5）。因此，由于降水偏少的冬春季节的降水量

和日数趋于增多，而多雨的夏秋季节降水量和日数

趋于减少，东亚地区降水年内分布趋向于均匀，降

水季节性对比减弱。 

表 5  1951～2009 年东亚地区各季节降水量和降水

日数贡献率变化趋势 

Table 5  The variation trends of contribution rate 
of seasonal precipitation amount and frequency to 
the whole year in East Asia during 1951–2009 

 降水量贡献率变化 

趋势/(10 a)–1 

降水日数贡献率变化 

趋势/(10 a)–1 

春季 0.091% 0.093% 

夏季 －0.090% －0.222% 

秋季 －0.189% －0.162% 

冬季 0.177% 0.279% 

冬季各降水指标的年际和年代际波动明显大

于其他季节，距平百分率在－40%～60%之间起伏，

夏季波动幅度较小。在年际尺度上，东亚地区作为

一个整体，各个季节的降水量、降水日数和降水强

度与年值之间一般存在显著的正相关性，夏季和年

之间的相关性最高，夏季降水对年降水的贡献率最

大（图 5、表 2、表 3 和表 4）。但各个季节降水指

标之间的相关性均很弱，说明相邻季节之间降水的

持续性不明显（表 2、表 3 和表 4）。 

冬季的降水量、降水日数和降水强度存在较明

显的年代际波动，在 1955、1970、1990、2003 年

附近有相对高值中心，在 1962、1980、1995 年附

近为低值中心；夏季的各降水指标波动幅度明显小

于冬季，2000 年之前降水量和降水日数在 20 世纪

50 至 60 年代偏多，70 年代偏少，90 年代偏多，但

21 世纪前 10 年夏季降水量偏少，降水日数略偏多，

降水强度从 20 世纪 90 年代的正距平迅速转变为负

距平。夏季降水强度总体增加趋势主要是来自于 20

世纪 70 至 90 年代期间的明显增加。 

20 世纪 90 年代末以来，东亚地区冬季降水量

和降水日数都强烈增加，个别年份距平百分率超过

40%。同期春季的降水日数正距平也达 10%以上，而

夏、秋两季降水日数距平较小，均不超过 10%。最

近 10 年全年降水日数增加主要来自于冬、春季降

水日数增加。 

3.3  不同级别降水变化 

图 6 给出 1951～2009 年东亚区域平均的各级

别降水量和降水日数距平百分率，表 1 中列出了东

亚地区 1951～2009 年全年和季节不同级别降水量

和降水日数的线性趋势及其显著性检验结果。 

总体上看，在每个级别上降水量和降水日数的

年际和趋势变化特点非常相似（图 6 和表 1）。各级

别降水量以及中、强和极强降水日数变化均为下降

趋势，中降水量的下降趋势比降水日数下降趋势明

显，而强和极强降水日数的下降趋势略大于降水量

下降趋势；强降水量下降趋势最快，其次为中降水

量和极强降水量，弱降水量下降最慢（表 1）。强、

极强降水日数下降趋势明显，中降水日数下降趋势

较小，弱降水日数则呈上升趋势（表 1）。全区弱降

水日数的增加，主要和 1999～2002 年期间的异常

偏多有关（图 6）。 

从年际和年代际波动看，各级别降水量和降水

日数在 20 世纪 50 至 60 年代偏多，70 年代到 80 年

代初偏少。20 世纪 50 至 60 年代各级别降水量和降

水日数多为正距平，到 70 年代转变为负距平，并

一直延续到 80 年代中期；20 世纪 90 年代初期多呈

正距平，90 年代末期极强降水量和降水日数为较 

强的正距平，1998 年极强降水量和降水日数达到 

近 59 年最高值，其他级别降水则为较弱的负距  

平；2000 年以来，弱和中降水量、降水日数为强正

距平，极强降水量和降水日数则为负距平。弱、中

和强降水量和降水日数距平百分率一般变动在－

10%～20%，而极强降水降水量和降水日数距平百

分率年际波动在－20%～30%。 

20 世纪 90 年中以来，各级别降水量和降水日

数的距平百分率差异变大。弱、中降水量和降水日

数在 20 世纪 90 年代末为低值期，21 世纪前 10 年

为高值期；强降水在 20 世纪 90 年代初为明显高值

期，90 年代末为低值期，21 世纪前 10 年变化较小；

极强降水的位相恰好和弱、中降水相反，20 世纪

90 年代达到高值期，21 世纪前 10 年进入低值期。

可见，主要由于极强降水量和降水日数变化背离了
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其他级别降水波动位相，以及弱降水日数变化幅度

显著加大，造成不同级别降水年代变化之间出现明

显不一致。这也反映出，2000 年之后东亚地区降水

具有迅速向非极端化方向演化趋势。 

图 7 表示东亚地区近 59 年各级别年降水量和

降水日数的线性趋势分布。中西伯利亚地区极强降

水量和日数增加，其中降水量增加较明显，弱降水

日数增加也较明显；中国东北和华北地区各级别降

水量一般减少，其中强降水和极强降水量、降水日

数减少比较显著，但东北北部和东部弱降水和中降

水量、降水日数增加；长江和淮河流域大部地区各

级别降水量和降水日数增加，其中弱和极强降水

量、降水日数增加比较明显；朝鲜半岛西部弱降水

量和日数显著减少，强降水量和日数略有减少，中

降水和极强降水增加；日本列岛大部中、强降水量

和降水日数呈现一致性显著减少，在全区各级别降

水变化中十分独特，弱降水量亦多减少，但弱降水

日数变化趋势不明显；日本本州岛极强降水事件变

化出现明显的东增西减特点，降水量的对比尤其明

显，增加最显著的台站出现在东京都市圈附近。 

 

4  讨论 
 

本文研究范围为东亚地区，中国东部占据了研

究区的大部分，因此降水变化分析结果和针对中国

东部或全国的研究应具有可比性和一致性。但实际

上，本文对东亚降水变化的分析结果同前人有关中

国东部的结论有一致性，也存在若干明显差异。 

图 6  1951～2009 年东亚区域平均弱、中、强和极端强（a）降水量距平百分率和（b）降水日数距平百分率（虚曲线为 5 年滑动平均） 

Fig. 6   The average anomaly percentage of light, moderate, intense, and very intense (a) rainfall and (b) rainy days in East Asia during 1951–2009. Dashed 

line is the five-year moving average 
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图 7  1951～2009 年东亚地区（a1、a2）弱、（b1、b2）中、（c1、c2）强和（d1、d2）极强降水量（左列）和降水日数（右列）变化趋势（其中的

实心三角表示通过显著性水平为 0.05 的检验） 

Fig. 7   The variation trends of rainfall amount (left column) and rainy days (right column) of (a1, a2) light, (b1, b2) moderate, (c1, c2) intense, and (d1, d2) 

very intense rainfall in East Asia during 1951–2009. Filled symbols represent statistically significant trends at 0.05 significance level 
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从总降水量和极端强降水频率长期变化看，东

亚地区与我国全国或东部地区基本一致，过去几十

年里均没有表现出明显的上升或下降趋势，这与不

同纬度地带经历了相反的或互补的变化有关（任国

玉等，2005）。因此，东亚地区降水变化与地面气

温长期趋于显著增暖现象截然不同，说明前者没有

表现出明显的对大气中温室气体浓度增加等外强

迫因子作用的响应信号。 

另一方面，多数研究指出，中国东部地区和全

国降水日数明显减少，小雨日数减少更显著，中雨

日数减少趋势较弱，强降水事件频率变化趋势不明

显，但强度有所增大（王颖等，2006；翟盘茂等，

2007）。还有研究指出，中国地区秋季极端强降水

事件频率减少，冬季极端强降水事件频率增加，夏

季南方和西部极端强降水事件也增加，北方极端强

降水减少，极端降水量与降水总量的比值在全国多

数地区有所增加，说明降水量存在向极端化方向发

展的趋势（Zhai et al.，2005；翟盘茂等，2007；闵

屾和钱永甫等，2008；杨金虎等，2008）。但是，

本文分析表明，在近几十年中，东亚地区多数站点

降水日数没有表现出显著减少，弱降水日数减少也

不明显，年平均降水强度总体呈现轻微下降趋势，

多数站点没有表现出明显增高，降水的季节性差异

一般趋于减小。最近几十年东亚地区降水总体上具

有向非极端化方向演化特征。 

造成这些分析结论差异的原因是多方面的。除

了研究时段和范围不一致外，一个重要原因在于对

降水日定义的差异。国内业务上和研究中把日降水

量大于等于 0.1 mm 作为一个降水日，还有研究者

采用大于等于 0.0 mm 的降水日定义，而本文采用

日降水量大于等于 1.0 mm 的标准。最近研究发现，

中国东部或全国降水日数的减少，主要是由于小雨

和微量降水事件频率显著下降造成的（Qian et al.，

2007；任国玉等，2010；Liu et al.，2011）。小雨和

微量降水事件频率显著下降则可能与中国东部地

区大气气溶胶浓度增加有关（Qian et al.，2009；

Bennartz et al.，2011）。因此，如果也采用国际上的

降水日标准，中国东部或全国平均年降水日数长期

减少趋势将不会显著，基于日降水资料计算的平均

降水强度长期变化也将不会出现明显增加趋势。本

文分析表明，不论是近 59 年还是近 30 年，中国东

部地区多数台站年降水强度趋势变化实际上是下

降的（图 3、图 4）。 

分析时段更新对造成上述差异也有一定影 

响。20 世纪 90 年代末以后，降水日数特别是弱降

水日数突然增加，并维持在相对高的水平上，在一

定程度上造成平均降水强度减少，这对区域平均降

水日数和降水强度长期变化趋势，尤其是近 30 年

的变化趋势，带来了较大影响。先前的研究部分没

有包括最近 10 年的观测资料，因而区域平均的降

水日数减少和降水强度增加趋势显得更为明显。 

另外，20 世纪 90 年代末至 21 世纪初降水日数

的突然增加现象，还与本文研究范围包括了中国以

外的东亚区域有关。以位于降水日数距平百分率峰

值附近的 2001 年为例，当年东亚地区降水日数增

加最明显的区域出现在日本和俄罗斯西伯利亚地

区，中国东北和内蒙古大部分地区降水日数则为负

距平（图 8）。包括了中国东部以外区域，可能有助

于减弱降水日数长期减少趋势和降水强度长期增

加趋势。 

本文分析结果的主要不确定性来自观测资料

质量。尽管已经对降水资料进行了初步质量控  

图 8   2001 年东亚地区降水日数距平分布（单位：d） 

Fig. 8   The spatial distribution of annual rainy days anomalies (d) in East Asia in 2000 
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制，但部分地区观测站点稀少，缺测记录较多，资

料质量不佳，对分析结果仍有一定影响。由于资料

质量问题，蒙古国境内只有 2 个站观测数据可以利

用；全区 2001 年前后观测站点缺失较严重，其中

俄罗斯西伯利亚远东区 2001 年全部站点缺失（图

8），3 个网格无法参与计算。Yao et al.（2008）指

出，俄罗斯远东区域近 30 年夏季降水存在显著减

少趋势，遗憾的是，本文分析无法检验这一结果。

同时，各网格内台站数量有差别。如图 1c 中，蒙

古国东部的 B2 网格，只有 2 个观测站；日本南部

海上的 F6 网格，只有一个观测站；主体位于日本

海上的 G3 网格，只有 2 个观测站；俄罗斯地区

2000～2009 年期间以及 1956 年之前许多网格测站

数目较少，参与计算的网格平均序列方差有差别，

在全部区域平均后，站少的网格反而对总的方差贡

献较大。但是，由于本文重点关注网格和区域平均

序列的趋势变化，估计上述计算方法对结果的影响

比较小。此外，在数据处理时缺测值不参与计算，

会造成该站降水日数绝对和相对数量偏少，并可能

对其他降水指标的计算分析结果产生误差。 

 

5  结论 
 

采用 1951～2009 年的日降水资料，对东亚地

区的降水时空变化规律进行分析，得到以下主要结

论： 

（1）从东亚区域平均来看，年降水量由 20 世

纪 50 年代至 60 年代中期以偏多为主，70 年代偏少，

80 年代接近均值，90 年代多数年份偏多，此后再

接近均值。59 年间年降水量变化趋势为不显著的负

趋势，变化速率为－0.479% (10 a)–1。年降水日数年

代际变化与降水量相似，但 20 世纪 90 年代末以来

表现出更显著的增加，59 年间总体变化趋势很弱，

只有 0.033% (10 a)–1。降水强度年代际变化在 20 世

纪 90 年代末之前与降水量和降水日数相近，此后

转变为明显的负距平。整个时期降水强度呈下降趋

势，下降速率为－0.421% (10 a)–1，未通过 0.05 显

著性检验。 

（2）近 59 年，俄罗斯中西伯利亚、内蒙古西

部、江淮流域年降水量、日数和强度以增加趋势为

主，中国东北西部和南部、华北地区、日本本州岛

西南部、九州岛和四国岛年降水量、日数和强度多

为减少；中国东北东部降水日数一般增加，降水强

度多呈减少趋势；日本北海道岛降水量和降水强 

度减少，西部减少显著，本州岛东部降水日数减 

少，降水强度出现较显著增加。近 30 年期间，45°N

以北大部分地区年降水量、日数和强度一般明显减

少，以南大部分地区年降水量和降水日数增加，但

东南沿海和韩国、日本西部降水日数多为减少；近

30 年大部分站点年平均降水强度呈减少趋势，降水

出现非极端化倾向。 

（3）从不同级别降水变化看，近 59 年东亚区

域平均的弱、中、强和极强降水量、降水日数总体

表现出下降趋势；中降水量的下降趋势比降水日数

下降趋势明显，而强和极强降水日数的下降趋势略

大于降水量下降趋势；强降水量下降趋势最快，其

次为中降水量和极强降水量，弱降水量下降最  

慢；强、极强降水日数下降趋势明显，中降水日数

下降趋势较小，弱降水日数则呈上升趋势。 

（4）中西伯利亚地区极强降水量和日数增加，

弱降水日数也增加；中国东北、华北地区强降水和

极强降水量、降水日数减少较显著；长江和淮河流

域大部地区弱和极强降水量、降水日数增加较明

显；朝鲜半岛西部弱降水量和日数显著减少；日本

列岛中、强降水量和降水日数呈一致性显著减少趋

势，弱降水量亦有减少，本州岛极强降水变化出现

明显的东增西减特点；中国东部沿海极强降水量和

日数多显著增加。 

（5）从各个季节看，无论总降水还是各级别降

水，冬、春季各降水指标均呈较显著上升趋势，其中

冬季中降水量和日数增加趋势分别为 5.58% (10 a)–1

和 5.05% (10 a) –1，通过了显著性检验；夏、秋季各

降水指标多呈下降趋势，秋季降水量、日数和强度

均呈减少趋势，其中强降水量[－2.19% (10 a) –1]和

日数[－2.15% (10 a) –1]变化趋势通过了显著性检

验。由于降水偏少季节降水量和日数趋于增多，而

多雨季节降水量和日数趋于减少，东亚地区降水的

季节性对比趋向减弱。 
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（１南京信息工程大学，江苏 南京 ２１００４４；２中国气象局气候研究开放实验室，北京 １０００８１；
３北京市朝阳区气象局，北京 １０００１６）

　　摘　要：利用２０１２年６—８月３１个自动观测站气温资料，分析了北京中心商务区（ＣＢＤ）夏季近地面气温时空分布特征及
影响因子，并将ＣＢＤ地区夏季气温监测数据与朝阳区气象站同期地面气温进行比较。结果表明：下垫面类型和人为热排放等
差异是直接影响城市ＣＢＤ近地面气温空间分布的主要原因。人口密集区、高层建筑与柏油路面集中区成为夏季月平均气温高
值中心，较绿地覆盖区域的低值中心偏高约１０℃；夜间人类活动及车辆使用造成的人为热排放是导致夜间城市地面气温空间
差异的主要原因，而白天气温空间差异相对较小。ＣＢＤ地区与朝阳站平均温差存在较明显的周内和日内变化规律，且白天和
夜间二者温差基本都为正值，但夜间的差值更加明显，即 ＣＢＤ地区平均气温一般高于朝阳站，表现出明显的附加城市热岛效
应，而且这种附加城市热岛效应具有同城市热岛强度相近的日内变化规律。进一步分析表明，不同天气条件下 ＣＢＤ区域的附
加城市热岛强度表现出显著差异，晴好微风少云天气情况下，附加城市热岛效应更明显，主要表现在夜间；阴天、高湿天气条件

下，附加城市热岛效应在白天和夜间均较弱；降水天气条件下附加城市热岛效应日夜差异最小，说明日照和太阳辐射在引起附

加城市热岛效应方面起着重要作用。不同天气条件下ＣＢＤ地区内部的附加城市热岛效应空间分布基本一致。
关键词：ＣＢＤ地区；热环境；人为热；附加城市热岛效应

　　中图分类号：Ｐ４６３３　　文献标识码：Ａ　　ｄｏｉ：１０．３９６９／ｊ．ｉｓｓｎ．１６７３５０３Ｘ．２０１３．０５．００５

引言

２０世纪 ８０年代以来，国内外学者针对不同区
域、不同地理环境下城市发展带来的热环境变化特

征、时间演化趋势、影响因子、形成原因等问题，利用

多种方法从不同角度开展了很多研究，取得了大量

成果。近年来，随着中国大城市规模化发展和城市

人口增多，城市建成区内高楼大厦、柏油路面、钢筋

水泥建筑、玻璃幕墙等日益增多，造成地表长波辐射

状况显著变化，加之人口密集、空调等设备运用以及

汽车行驶尾气等人为热的大量排放等，导致城市下

垫面状况及城市热环境分布发生了巨大改变，城市

化加剧对城市气候带来的影响日趋突显，对城市热

岛研究工作中的热点问题也有许多研究和讨论［１］。

白杨等［２］研究指出，随着城市规模的高速发展和城

市人口的急剧膨胀，因城市下垫面的急剧变化和城

市人为热排放的迅速增加所引起的城市热岛效应已

逐渐成为严重影响城市居住环境和居民健康的重要

因素。研究指出［３－４］，北京城市化影响不仅导致北京

气象站近地面平均气温上升趋势比乡村站明显偏

高，而且常用极端气温指数的长期趋势变化也明显

高于乡村，其城市化影响均通过了００１显著性水平
检验。

国外学者关于城市热环境的研究工作开展的较

早［５－１１］，Ｍｙｒｕｐ［５］应用能量平衡模式对城市气温及
热岛强度进行了分析，认为城市中心蒸发量的减少、

城市建筑物和铺设材料的热属性等是造成热岛效应

的主要因素。Ｍｉｔｃｈｅｌｌ［６］指出，美国城市最大热岛强
度与城市人口的平方根有较好的正相关。Ｏｋｅ［７］认
为城市热岛强度与人口对数呈线性关系 Ｓｔｒｅｕｔｋｅｒ［８］

根据休斯敦地区１９８５—１９８７年和１９９９—２００１年获
取的数百幅夜间 ＮＯＡＡ影像地表温度图，系统地分
析了这两个时期的城市热岛特征；Ｒｏｔｈ等［９］利用

ＡＶＨＲＲ热红外数据评估了美国西海岸几个城市的
热岛强度，并发现白天地表温度与土地利用类型有

关，工业区地表温度高于植被覆盖地表，而夜间城市

与郊区的地表温度差异较小。
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在国内，针对北京、上海等大城市发展带来的热

环境问题，前人进行了深入分析研究［１２－２３］。丁金才

等［１６］对上海盛夏热岛效应的研究指出，城市市区建

成面积、土地利用类别、人口密度等城市化因素都影

响到城市热岛的范围和强度；初子莹和任国玉［１８］通

过对北京地区２０个台站１９６１—２０００年月平均气温
资料的对比分析发现，由于快速的城市化过程，北京

站和密云站地面平均气温的上升趋势比远郊乡村站

明显偏高，表现出显著的城市热岛强度随时间增强

作用的影响。季崇萍等［１９］研究指出，北京城市建成

区范围与城市热岛效应影响范围呈同步变化趋势；

程兴宏等［２０］采用晴空过程北京城郊地面自动气象站

气温观测值对卫星遥感云顶黑体气温高分辨率场实

施变分订正，揭示了北京城市建筑群面积及中高层

建筑群布局对城市热岛群总体演变趋势；杨萍等［２２］

利用北京地区２０个气象观测站１９７８—２００７年逐日
平均气温资料，分析了近３０ａ北京地区极端气温事
件的变化趋势，得出近１０ａ夏季显著的热岛效应是
城区极端高温事件发生频次明显高于其他地区的重

要原因；大量研究表明，不同土地利用、土地覆盖类

型与地表城市热环境有着密切关系，地表城市热岛

强度增加的区域与城市扩展区域一致，城市化过程

是城市热岛面积不断增加的主要原因［１７，２１］。

随着观测手段和方法的不断完善，城市热岛效

应的研究进入了一个新的时期。近年，自动观测气

象站的布设密度加大，为城市气候研究积累了较多

资料。国内学者已经开始利用自动观测站资料进行

深入的城市热岛效应研究。但在城市功能区开展微

气候观测和研究工作仍然较少，目前缺乏对更小城

市区域和范围的精细观测、分析和研究，所选取的自

动气象站点分布密度有限，目前的观测还未达到开

展北京中心商务区（以下简称 ＣＢＤ，ＣｅｎｔｒａｌＢｕｓｉｎｅｓｓ
Ｄｉｓｔｒｉｃｔ）如此小尺度区域热环境研究所需要的布点
密集程度。本文选取以国内最具城市化发展特征的

北京ＣＢＤ核心区为研究对象，首次对国内特大城市
商务功能区的城市热环境特征开展观测研究。利用

在ＣＢＤ区域布设的３１个温湿观测站点进行加密数
据监测，结合附近朝阳气象站观测资料，ＣＢＤ区域
地理信息以及商务功能区的下垫面特征资料，开展

小网格距夏季热环境精细化研究。

图１ｂ与图１ｃ红点代表仪器的位置和编号

图１　北京ＣＢＤ区域和观测试验区位置（ａ）、观测试验区下垫面特征及其测点分布（ｂ）
和观测试验区下垫面特征卫星影像图及其测点分布（ｃ）

Ｆｉｇ．１　ＴｈｅＢｅｉｊｉｎｇＣＢＤａｒｅａａｎｄｔｈｅｅｘｐｅｒｉｍｅｎｔａｌａｒｅａ（ａ），ｔｈｅｌａｎｄｓｕｒｆａｃｅｔｙｐｅｓａｎｄｄｉｓｔｒｉｂｕｔｉｏｎｏｆｔｈｅ
ｏｂｓｅｒｖａｔｉｏｎａｌｓｔａｔｉｏｎｓ（ｂ）ａｎｄｉｔｓｉｍａｇｅａｓｗｅｌｌａｓｃｏｒｒｅｓｐｏｎｄｉｎｇｄｉｓｔｒｉｂｕｔｉｏｎｏｆｓｔａｔｉｏｎｓ（ｃ）
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１　ＣＢＤ区域特征及仪器安装

１１　ＣＢＤ区域特征
　　北京ＣＢＤ位于朝阳区（图１ａ中黄色区域），西

起朝阳区东大桥路，东至东四环路，南临通惠河，北

接朝阳北路，其核心区约 ３９９ｋｍ２，东扩区约

３０ｋｍ２，建筑面积达１０００万 ｍ２［２４］。目前，该区域

建有３３０ｍ高的国贸三期及银泰大厦等标志性建筑

群，２０１２年又新开建５００ｍ高中国尊，是国内金融、

保险、地产、网络等高端企业地区总部集中区。

１２　气象仪器安装
气象观测仪器采用美国 ＯＮＳＥＴ公司生产的

ＨＯＢＯＰｒｏｖ２气温、湿度采集器，采集１组气温、相

对湿度观测数据的最短时间间隔可为１ｓ，该传感器

气温在０—５０℃范围内测量精确度为 ±０２１℃，湿

度在０—９０％范围内测量精确度为±２５％。安装之

前将仪器与朝阳气象站（国家一般气象站，站号为

５４４３３，以下简称“朝阳站”）的温湿度观测数据进行

了比对，对仪器存在的系统误差进行了校准。

选取 ＣＢＤ核心发展区域作为观测试验区，将

ＣＢＤ近地面气温精细化监测区域设在南北约

１５ｋｍ、东西约１０ｋｍ的梯形区域内。观测试验区

域所在位置见图１ａ中红色区域。根据前期流动观

测分析结果及实际安装条件，制定出观测仪器安装

布点方案，共安装３１个ＨＯＢＯ温湿记录仪对区内近

地面气温进行观测，测点具体分布见图１。仪器全部

安装在路灯灯杆上，统一高度为３ｍ，与中国气象站

观测场地面气温观测标准高度基本一致，测点水平

间隔距离大约在２００—４００ｍ之间，大致均匀分布，

主要代表了交通干线附近、写字楼附近、居民小区及

公园等下垫面环境条件。

２　资料与方法

２１　资料选取和处理
从选取的３１个观测点 ２０１２年 ５—９月 ＨＯＢＯ

数据集中截取６—８月（代表夏季）的完整数据进行

分析，观测数据采样间隔设定为５ｍｉｎ，检验比对所

获得的数据资料未发现极端异常值。对采集的３个

月数据进行处理，小时平均气温采用整点前后

３０ｍｉｎ内气温平均值，处理方法为：

Ｔｉ＝
１
１２∑

１２ｉ＋１２

ｊ＝１２ｉ＋１
Ｔｊ（ｉ＝０，１，２，３，…，ｎ） （１）

式（１）中，Ｔｉ为整点平均气温；Ｔｊ为气温５ｍｉｎ观测

序列。采用式（１）处理可滤去正点前后随分钟脉动

变化的波。本文研究内容主要以处理后获得的小时

平均气温作为基础数据开展相关分析。

２２　分析方法

人工数据分类法是根据数据本身的分布情况将

数据分段，使数据在演示图中表示时，断点出现在极

小值，而断点排列顺序依据极小值的大小排列，最大

的极小值作为第一个断点。此方法可将演示图中气

温色标进行分割，使组内气温色标差距最小，组间气

温色标差距最大，从而清晰演示出气温的空间分布

特征。本文通过人工数据分类法分析 ＣＢＤ地区小

时平均气温和附加城市热岛效应分布特征。

２３　附加城市热岛效应定义

本文将ＣＢＤ观测试验区各测点和区域平均气

温与同一时间朝阳气象站地面气温的差值定义为附

加城市热岛效应（ＥＵＨＩ）。之所以选取朝阳站作为

参考，是因为安装的仪器与朝阳站气温观测数据进

行了比对，并对仪器存在的系统误差进行了校准；但

由于朝阳站位于北京城区，观测试验区与朝阳站之

间距离仅约为６ｋｍ，朝阳站本身又受到了城市热岛

效应（ＵＨＩ）影响，因此这里称为附加城市热岛效应。

ＣＢＤ区域平均的ＥＵＨＩ强度用式（２）计算：

ΔＴｋ＝Ｔｋ－ｔｋ　（ｋ＝１，２，３，…，２４） （２）

式（２）中，ΔＴｋ代表 ｋ时刻的附加城市热岛效应强

度；Ｔｋ代表ｋ时刻 ＣＢＤ区域３１个观测站小时平均

气温；ｔｋ代表ｋ时刻朝阳气象站小时平均气温。

２４　不同天气条件的选取

为了解不同天气条件下 ＣＢＤ区域 ＥＵＨＩ强度

的差异及其原因，选取晴好微风少云、中等能见度

（少云微风）、多云阴天、高湿、降水天气５种不同类

型的典型代表性天气条件，比较分析各类天气条件

下的ＥＵＨＩ强度及其时间变化情况。考虑到代表性

天气状况在一日内出现的时长以及强度对附加城市

热岛效应的影响，因此，限定了代表性天气的选取条
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件并对６—８月满足限定条件的不同类型的典型代 表性天气进行筛选（表１），在此基础上计算并得

表１　２０１２年６—８月北京ＣＢＤ区域代表性天气的选取条件及典型代表性天气出现日数
Ｔａｂｌｅ１　ＴｈｅｔｈｒｅｓｈｏｌｄｏｆｒｅｐｒｅｓｅｎｔａｔｉｖｅｗｅａｔｈｅｒａｎｄｔｈｅｎｕｍｂｅｒｏｆｃｏｒｒｅｓｐｏｎｄｉｎｇｗｅａｔｈｅｒｆｒｏｍＪｕｎｅｔｏ

Ａｕｇｕｓｔｏｆ２０１２ｉｎｔｈｅＣＢＤｏｆＢｅｉｊｉｎｇ

天气情况 选取条件 ６月／ｄ ７月／ｄ ８月／ｄ

晴好微风少云 能见度为２０ｋｍ以上，总云量小于３成，最大风速小于３级 １ ２ １
中等能见度（少云微风） 能见度为５—２０ｋｍ，总云量小于３成，最大风速小于３级 ２ ０ １
多云、阴天 总云量、低云量在９成以上 ２ ２ １
高湿天气 日最小相对湿度＞７５％ ４ ６ ０
降水天气 日内降水时间在１２ｈ以上 １ ２ ０

到不同天气条件下小时ＥＵＨＩ强度。

３　结果分析

３１　ＣＢＤ区域夏季热环境空间分布特征

３１１　夏季平均气温空间分布特征
由图２可见，ＣＢＤ地区夏季极端最高气温出现

在７月（图２ｃ），月平均气温最高值为２８８℃；夏季
平均气温的高值中心较低值中心偏高１０℃左右

图２　２０１２年６—８月（ａ）、６月（ｂ）、７月（ｃ）和８月（ｄ）北京ＣＢＤ观测试验区平均气温空间分布
Ｆｉｇ．２　ＴｈｅｓｐａｔｉａｌｄｉｓｔｒｉｂｕｔｉｏｎｏｆｍｅａｎａｉｒｔｅｍｐｅｒａｔｕｒｅｄｕｒｉｎｇＪｕｎｅｔｏＡｕｇｕｓｔ（ａ），ｉｎＪｕｎｅ（ｂ），Ｊｕｌｙ（ｃ）ａｎｄ

Ａｕｇｕｓｔ（ｄ）ｏｆ２０１２ａｔｔｈｅｅｘｐｅｒｉｍｅｎｔａｌａｒｅａｉｎｔｈｅＣＢＤｏｆＢｅｉｊｉｎｇ
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（图２ａ）。６—８月各月平均气温的空间分布特征较
一致，高值中心、低值中心的空间位置较为稳定，说

明高值中心、低值中心的出现与所在区域的下垫面

环境存在密切关系。其中，景华北街和景华街之间

及光华里两处低值中心的下垫面特征为景华北街和

景华街之间为ＣＢＤ地区的中心公园绿化带，绿地和
树木较多；光华里区域内ＣＢＤ早期的老旧居民小区
比较集中，而且为低层建筑，绿化程度较好；而位于

光华路西边东三环路南侧和建国路西侧及朝阳路西

侧的两处高值中心，处于主要路段的交叉点，高值中

心的出现主要与该区域柏油路面地表和周边建筑热

辐射、人为热排放以及植被相对较少等因素有关。

金桐东路与景茂街交叉点北侧亦为次低值中心，该

中心观测站点受到国贸三期大楼对太阳辐射的遮

挡，而且该站点周边植被绿化较好，因此造成气温较

周围站点偏低。

３１２　夏季昼夜气温周变化特征
选取０５时和１４时两个时次分别代表夜间和白

天，利用两个时次的３１个观测站的夏季平均气温分
别与同时次朝阳气象站的平均气温进行 ＥＵＨＩ的周
变化对比分析。从０５时和１４时 ＥＵＨＩ强度的周变
化曲线（图３）可以看出，ＣＢＤ地区６—８月０５时与
１４时的平均气温均明显比同时次朝阳站气温偏高，
平均 ＥＵＨＩ约为 ０９℃。ＥＵＨＩ较强的时段在 ０５
时，即夜间 ＣＢＤ区域 ＥＵＨＩ最强，其中最高值出现
在周三与周六，达到１８℃，最低值出现在周日，但
也达到１３℃；１４时的ＥＵＨＩ强度明显减弱，最高值

图３　２０１２年６—８月０５时和１４时北京ＣＢＤ区域平均附加
城市热岛效应强度周变化曲线

Ｆｉｇ．３　ＴｈｅｗｅｅｋｌｙｖａｒｉａｔｉｏｎｏｆＥＵＨＩａｔ０５：００ａｎｄ１４：００
ｄｕｒｉｎｇＪｕｎｅｔｏＡｕｇｕｓｔｏｆ２０１２ｉｎｔｈｅＣＢＤｏｆＢｅｉｊｉｎｇ

出现在周三，为 ０３℃，最低值出现在周六，为
－０１℃。
　　由于 ＣＢＤ地区城市建筑物密集并以沥青和水
泥地面为主，而且 ＣＢＤ地区作为商务区车流量大、
人们活动频繁，造成的人为热排放远比朝阳站附近

高；而朝阳站观测场为标准的建设绿地，附近高层建

筑较少，对太阳短波辐射吸收和地面长波辐射外逸

以及感热和潜热交换均与ＣＢＤ区域具有明显差异，
造成ＣＢＤ地区白天和夜间的 ＥＵＨＩ值多数情况下
为正值，即平均气温明显高于朝阳站。由于白天太

阳辐射增温使得低层湍流加强，热量的垂直和水平

交换比夜间强，ＣＢＤ区域ＥＵＨＩ强度较弱；而夜间各
种人工建筑特别是高层建筑物将把白天吸收和存贮

的热量释放出来，加上空气静稳，浓度更高的颗粒污

染物和温室气体更多地吸收地面长波辐射，致使近

地面大气中的热量不易很快散失，ＥＵＨＩ强度一般要
比白天明显增大。

３１３　气温日内变化
　　由图４可见，２０１２年夏季北京ＣＢＤ观测试验区逐

图４　２０１２年夏季北京ＣＢＤ观测试验区和朝阳站
平均小时气温日变化曲线

Ｆｉｇ．４　Ｔｈｅｈｏｕｒｌｙａｉｒｔｅｍｐｅｒａｔｕｒｅｉｎｓｕｍｍｅｒｏｆ
２０１２ａｔｔｈｅｅｘｐｅｒｉｍｅｎｔａｌａｒｅａｉｎｔｈｅＣＢＤｏｆ
ＢｅｉｊｉｎｇａｎｄａｔＣｈａｏｙａｎｇｗｅａｔｈｅｒｓｔａｔｉｏｎ

小时的平均气温均高于朝阳站，且夜间差别较大，午

间气温差别较小。平均气温最高值均出现在１５时，
ＣＢＤ观测试验区最高平均气温达３０℃；平均气温最
低值出现在早晨０５时，朝阳站最低气温为２２℃。
　　为进一步量化 ＣＢＤ观测试验区平均气温与朝
阳站的差别，图５给出了２０１２年夏季北京ＣＢＤ观测实

图５　２０１２年夏季北京ＣＢＤ观测实验区附加城市热岛
效应强度日变化曲线

Ｆｉｇ．５　ＴｈｅｄｉｕｒｎａｌｖａｒｉａｔｉｏｎｏｆＥＵＨＩｉｎｔｅｎｓｉｔｙｉｎｓｕｍｍｅｒ
ｏｆ２０１２ａｔｔｈｅｅｘｐｅｒｉｍｅｎｔａｌａｒｅａｉｎｔｈｅＣＢＤｏｆＢｅｉｊｉｎｇ
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验区平均ＥＵＨＩ强度的日变化曲线。从图５可以看
出，夏季平均ＥＵＨＩ强度在夜间变化不大，而在白天
变化较为明显。ＥＵＨＩ强度夜间维持较大值，最大值
出现在０１时到０５时之间，达到１６℃以上；０５时到
０９时之间是ＥＵＨＩ急剧下降阶段，午间降至最低值，
其中０９时左右ＥＵＨＩ强度首先达到最低，并维持低
值状态至１６时左右，最低值出现在１４时附近，约为
０１８℃；１６时以后 ＥＵＨＩ开始增大，至２４时左右强
度达到峰值。ＥＵＨＩ强度日变化幅度最大出现在
０５—０９时之间，变化幅度达到１５℃。
　　２０１２年夏季北京 ＣＢＤ观测实验区 ＥＵＨＩ强度
日变化特征与已有研究中城市热岛强度夜间维持最

大值而午间降至最低值的结论基本一致。与北京市

四环以内区域平均 ＵＨＩ强度日变化特征［２４］比较，

ＣＢＤ区域平均ＥＵＨＩ强度在清晨和上午的急剧降低
趋势要更明显，到０９时即达到最低值，而前者在１０
时左右接近最低值；午后到傍晚的急剧上升则更和

缓，到２１时仍然没有停止上升，而前者的上升过程
则十分剧烈，至２０时即已接近夜间高峰区域。２０时
至２４时ＣＢＤ观测实验区ＥＵＨＩ强度仍然逐渐增强，
这可能在一定程度上与 ＣＢＤ区域高层建筑更为密
集、夏季夜晚人类活动丰富多样、人为热量释放更大

等因素有关，也可能和朝阳站本身具有较明显的

ＵＨＩ效应有关。
３２　不同天气条件下ＣＢＤ观测试验区附加城市热
岛效应特征

３２１　附加城市热岛效应的日变化特征
图６给出了不同天气条件下２０１２年夏季 ＣＢＤ

观测试验区平均每日逐小时ＥＵＨＩ强度变化情况。

图６　不同天气条件下北京ＣＢＤ观测试验区
附加城市热岛效应强度日变化

Ｆｉｇ．６　ＴｈｅｄｉｕｒｎａｌｖａｒｉａｔｉｏｎｏｆＥＵＨＩｉｎｔｅｎｓｉｔｙａｔｔｈｅ
ｅｘｐｅｒｉｍｅｎｔａｌａｒｅａｉｎｔｈｅＣＢＤｏｆＢｅｉｊｉｎｇｕｎｄｅｒ

ｄｉｆｆｅｒｅｎｔｗｅａｔｈｅｒｃｏｎｄｉｔｉｏｎｓ

在晴好微风少云天气情况下，ＥＵＨＩ效应更加明显，
特别是在夜间，最高可达到４３℃，白天较弱，其中
０９时最小，仅有０１℃；在阴天、高湿天气条件下，

ＥＵＨＩ效应在白天和夜间均较弱，０９时和１２—１４时
甚至出现负值，即研究区域平均气温比朝阳站附近

还略低；降水天气条件下 ＥＵＨＩ效应日夜差异最小，
说明日照和太阳辐射在引起 ＥＵＨＩ效应方面起着重
要作用。

　　ＣＢＤ地区由于下垫面多人为建筑，加上风对气
温差异的混合作用不明显，不同类型天气条件下夜

间平均ＥＵＨＩ强度最大差值达４３℃，白天ＥＵＨＩ强
度差异不大；在能见度转差的时候，ＥＵＨＩ效应也被
减弱。阴天由于太阳辐射少，人为热释放的影响相

对更明显，ＥＵＨＩ强度一般在１０℃左右。在高湿和
有降水的时候，ＥＵＨＩ效应表现最弱，与太阳辐射弱
和潜热交换强等因素有关。从不同天气条件下ＣＢＤ
观测试验区ＥＵＨＩ效应差异分析看，下垫面条件、日
照和太阳辐射、风力、能见度、空气湿度、人类热释放

等对ＥＵＨＩ效应均有影响，但不同天气条件下，各个
因子的影响程度具有明显差异。

３２２　附加城市热岛效应空间分布特征
采用人工数据分类法进行附加城市热岛效应分

析。图７分别代表晴好微风少云、少云微风（中等能
见度）、多云阴天、高湿、降水５种天气条件下ＥＵＨＩ
效应空间分布。通过对比发现，５种天气条件下ＥＵ
ＨＩ效应空间分布基本一致，高值中心主要出现在光
华路北与世贸天阶南之间、景茂街与东三环路交界、

建国路西侧，最高值出现在晴好微风少云天气条件

下，达２４℃（图７ａ）；而低值中心主要位于景华北
街和景华街之间及光华里，最低值出现在降水天气

条件下，仅有０１℃（图７ｅ）。
　　ＥＵＨＩ强度高值中心均处于主要路段的交叉点，
多为硬化路面，车流量大，而且周边写字楼等高层建

筑较多，绿化较少，人为活动频繁；而景华北街和景

华街之间的 ＥＵＨＩ强度低值中心为 ＣＢＤ地区的公
园绿化带，绿地和树木较多；光华里区域的 ＥＵＨＩ强
度低值中心位于老旧居民小区，低层建筑较多，树木

繁茂，与朝阳站周边环境类似。因此，下垫面类型差

异是影响 ＣＢＤ区域 ＥＵＨＩ强度空间分布的主要原
因之一。

４　结论与讨论

（１）ＣＢＤ观测试验区２０１２年夏季各月平均气
温分布特征比较稳定，绿地覆盖的小区、公园夏季平

均气温较低，而主要交通路段交叉点和高层建筑密

集区为气温高值中心。夏季平均气温的高值中心较

低值中心偏高１０℃左右。下垫面类型和人为热排
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放等差异是影响北京 ＣＢＤ观测试验区近地面气温 空间分布的主要原因。

图７　晴好微风少云天气（ａ）、少云微风天气（ｂ）、多云阴天天气（ｃ）、高湿天气（ｄ）和降水天气（ｅ）条件下ＣＢＤ
区域附加城市热岛效应空间分布

Ｆｉｇ．７　ＴｈｅｓｐａｔｉａｌｄｉｓｔｒｉｂｕｔｉｏｎｏｆＥＵＨＩｉｎａｓｕｎｎｙｄａｙｗｉｔｈｂｒｅｅｚｅａｎｄｐａｒｔｌｙｃｌｏｕｄ（ａ），ａｐａｒｔｌｙｃｌｏｕｄａｎｄｂｒｅｅｚｅｄａｙ（ｂ），
ａｃｌｏｕｄｄａｙ（ｃ），ａｈｉｇｈｈｕｍｉｄｉｔｙｄａｙ（ｄ）ａｎｄａｒａｉｎｙｄａｙ（ｅ）ａｔｔｈｅｅｘｐｅｒｉｍｅｎｔａｌａｒｅａｉｎｔｈｅＣＢＤｏｆＢｅｉｊｉｎｇ

　　（２）ＣＢＤ观测试验区与朝阳站之间的地面气温
差值即附加城市热岛效应周内变化具有明显的时间

特征，清晨０５时 ＣＢＤ观测试验区附加城市热岛效
应较明显，周三和周六更为明显，可达１８℃，周日
较弱，但也达到１３℃；午后１４时附加城市热岛效
应明显减弱，周三最明显，但仅有０３℃，周六表现
为负值（－０１℃）。

（３）ＣＢＤ观测试验区２０１２年夏季平均附加城
市热岛效应在 ２４ｈ内存在明显的时间变化特征。
ＣＢＤ观测试验区夏季逐小时的平均气温均高于朝阳
站，且夜间差别较大，午间差别较小。附加城市热岛

强度在夜间维持较大值，最大值出现在０１—０５时之
间，达到１６０℃以上；０５—０９时之间强度急剧下降，
０９时左右首先达到最低，并维持低值状态至１６时左
右，最低值出现在１４时附近，约为０１８℃；１６时以
后附加城市热岛强度开始增大，至２４时左右达到峰

值。

（４）不同天气条件下ＣＢＤ核心地区附加城市热
岛效应表现明显不同。晴好微风少云天气情况下夜

间附加城市热岛效应最为明显，最大强度可达

４３℃；阴天、高湿和降水天气条件下附加城市热岛
效应较弱；降水天气条件下附加城市热岛效应的日

夜差异最小。日照和太阳辐射在引起附加城市热岛

强度差异中起着重要作用。不同天气条件下附加城

市热岛效应空间分布基本一致。

（５）由于北京 ＣＢＤ地区的常年观测资料有限，
本文利用２０１２年夏季加密观测资料的分析结论还
有待今后深入研究验证。但本文分析结果与前人针

对北京和其他大城市的研究结论具有较好可比性，

其中附加城市热岛效应的时间变化规律与前人研究

基本一致。但是，北京ＣＢＤ观测试验区平均附加城
市热岛强度在清晨和上午的急剧降低趋势比北京四
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环内平均城市热岛强度降低更明显，达到最低值的

时间也提前１ｈ多，午后到傍晚的急剧上升趋势则更
和缓，到２１时仍未停止上升，比四环内平均城市热
岛强度上升过程延长，达到最高值时间延后数小时。

造成这一差异的原因可能与 ＣＢＤ区域高层建筑更
为密集、夏季夜晚人类活动强烈、人为热量释放较大

等因素有关，也可能与参考站附近具有较明显的城

市热岛效应有关。

（６）此外，ＣＢＤ观测试验区内下垫面包含了绿
地、硬化路面、高大植被等，这些不同下垫面特性具

有不同的附加城市热岛效应特征，人为热源（空调使

用、中心区的污染和汽车尾气排放等）在附加城市热

岛效应强度变化中可能也起到了重要作用。北京

ＣＢＤ地区下垫面条件、日照和太阳辐射、风力、能见
度、空气湿度和人类活动等因素均对城市热环境和

附加城市热岛效应时空分布具有影响，但各种因素

作用所占比例仍需结合更完善观测资料和数值模拟

研究进一步探讨。

参考文献

［１］　黄良美，邓超冰，黎宁．城市热岛效应热点问题研究进

展［Ｊ］．气象与环境学报，２０１１，２７（４）：５４－５８．

［２］　白杨，王晓云，姜海梅，等．城市热岛效应研究进展

［Ｊ］．气象与环境学报，２０１３，２９（２）：１０１－１０６．

［３］　张雷，任国玉，刘江，等．城市化对北京气象站极端气

温指数趋势变化的影响［Ｊ］．地球物理学报，２０１１，５４

（５）：１１５０－１１５９．

［４］　李书严，陈洪滨，李伟．城市化对北京地区气候的影响

［Ｊ］．高原气象，２００８，２７（５）：１１０２－１１１０．

［５］　ＭｙｒｕｐＬＯ．Ａｎｕｍｅｒｉｃａｌｍｏｄｅｌｏｆｔｈｅｕｒｂａｎｈｅａｔｉｓｌａｎｄ

［Ｊ］．ＪｏｕｒｎａｌｏｆＡｐｐｌｉｌｅｄＭｅｔｅｏｒｏｌｏｇｙ，１９６９（８）：９０８－

９１８．

［６］　ＭｉｔｃｈｅｌｌＪＭＪ．Ｔｈｅｔｈｅｒｍａｌｃｌｉｍａｔｅｏｆｃｉｔｉｅｓ［Ｒ］．Ｓｙｍ

ｐｏｓｉｕｍｏｎＡｉｒＯｖｅｒＣｉｔｉｅｓ，ＳＥＣＴｅｃｈｎｉｃａｌＲｅｐｏｒｔＡ６２

５，Ｕ．Ｓ．ＲｏｂｅｒｔＡ．ＴａｆｔＳａｎｉｔａｒｙＥｎｇｉｎｅｅｒｉｎｇＣｅｎｔｅｒ，

Ｃｉｎｃｉｎｎａｔｉ，１９６２．

［７］　ＯｋｅＴＲ．Ｃｉｔｙｓｉｚｅａｎｄｔｈｅｕｒｂａｎｈｅａｔｉｓｌａｎｄ［Ｊ］．Ａｔ

ｍｏｓｐｈｅｒｉｃＥｎｖｉｒｏｎｍｅｎｔ，１９７３，７（８）：７６９－７７９．

［８］　ＳｔｒｅｕｔｋｅｒＤＲ．Ａｒｅｍｏｔｅｓｅｎｓｉｎｇｓｔｕｄｙｏｆｔｈｅｕｒｂａｎｈｅａｔ

ｉｓｌａｎｄｏｆＨｏｕｓｔｏｎ，Ｔｅｘａｓ［Ｊ］．ＩｎｔｅｒｎａｔｉｏｎａｌＪｏｕｒｎａｌｏｆ

ＲｅｍｏｔｅＳｅｎｓｉｎｇ，２００２，２３（１３）：２５９５－２６０８．

［９］　ＲｏｔｈＭ，ＯｋｅＴＲ，ＥｍｅｒｙＷ Ｊ．Ａｓａｔｅｌｌｉｔｅｄｅｒｉｖｅｄｕｒｂａｎ

ｈｅａｔｉｓｌａｎｄｆｒｏｍｔｈｒｅｅｃｏａｓｔａｌｃｉｔｉｅｓａｎｄｔｈｅｕｔｉｌｉｚａｔｉｏｎｏｆ

ｓｕｃｈｄａｔａｉｎｕｒｂａｎｃｌｉｍａｔｏｌｏｇｙ［Ｊ］．ＩｎｔｅｒｎａｔｉｏｎａｌＪｏｕｒｎａｌ

ｏｆＲｅｍｏｔｅＳｅｎｓｉｎｇ，１９８９，１０（１１）：１６９９－１７２０．

［１０］　ＴａｈａＨ．Ｕｒｂａｎｃｌｉｍａｔｅｓａｎｄｈｅａｔｉｓｌａｎｄｓ：ａｌｂｅｄｏ，ｅｖａｐｏ

ｔｒａｎｓｐｉｒａｔｉｏｎ，ａｎｄａｎｔｈｒｏｐｏｇｅｎｉｃｈｅａｔ［Ｊ］．Ｅｎｅｒｇｙａｎｄ

Ｂｕｉｌｄｉｎｇｓ，１９９７，２５（２）：９９－１０３．

［１１］　ＢｒｏｗｎＭＪ，ＬｅａｃｈＭ，ＲｅｉｓｎｅｒＪ，ｅｔａｌ．Ｎｕｍｅｒｉｃａｌｍｏｄｅｌ

ｉｎｇｆｒｏｍｍｅｓｏｓｃａｌｅｕｒｂａｎｃａｌｅｔｏｂｕｉｌｄｉｎｇｓｃａｌｅ［Ｒ］．

Ｔｈｅ３ｒｄＳｙｍｐｏｓｉｕｍｏｎｔｈｅＵｒｂａｎＥｎｖｉｒｏｎｍｅｎｔ，２０００．

［１２］　ＺｈｏｕＳＺ．ＦｉｖｅｉｓｌａｎｄｅｆｆｅｃｔｓｏｆＳｈａｎｇｈａｉｕｒｂａｎｃｌｉｍａｔｅ

［Ｊ］．ＳｃｉｅｎｃｅｉｎＣｈｉｎａ（ｓｅｒｉｅｓＢ），１９９０，３３（１）：６７－

７８．

［１３］　张光智，徐祥德，王继志，等．北京及周边地区城市尺

度热岛特征及其演变［Ｊ］．应用气象学报，２００２，１

（１３）：４３－５０．

［１４］　ＺｈｏｕＬＭ，ＤｉｃｋｉｎｓｏｎＲＥ，ＴｉａｎＹＨ，ｅｔａｌ．Ｅｖｉｄｅｎｃｅｆｏｒ

ａｓｉｇｎｉｆｉｃａｎｔｕｒｂａｎｉｚａｔｉｏｎｅｆｆｅｃｔｏｎｃｌｉｍａｔｅｉｎＣｈｉｎａ［Ｊ］．

ＰｒｏｃｅｅｄｉｎｇｓｏｆｔｈｅＮａｔｉｏｎａｌＡｃａｄｅｍｙｏｆＳｃｉｅｎｃｅｓｏｆｔｈｅ

ＵｎｉｔｅｄＳｔａｔｅｓｏｆＡｍｅｒｉｃａ，２００４，１０１（２６）：９５４０－９５４４．

［１５］　林学椿．北京城市热岛强度的变化［Ｊ］．气候变化通

讯，２００４，３（２）：１２－１３．

［１６］　丁金才，张志凯，奚红，等．上海地区盛夏高温分布和

热岛效应的初步研究［Ｊ］．大气科学，２００２，２６（３）：

４１２－４２０．

［１７］　佟华，刘辉志，李延明，等．北京夏季城市热岛现状及

楔形绿地规划对缓解城市热岛的作用［Ｊ］．应用气象

学报，２００５，１６（３）：３５８－３６６．

［１８］　初子莹，任国玉．北京地区城市热岛强度变化对区域

气温序列的影响［Ｊ］．气象学报，２００５，６３（４）：５３４－

５４０．

［１９］　季崇平，刘伟东，轩春怡．北京城市化进程对城市热岛

的影响研究［Ｊ］．地球物理学报，２００６，４９（１）：６９－７７．

［２０］　程兴宏，徐祥德，张胜军，等．北京地区热岛非均匀分

布特征的卫星遥感－地面观测综合变分分析［Ｊ］．气

候与环境研究，２００７，１２（５）：６８３－６９２．

［２１］　彭静，刘伟东，龙步菊，等．北京城市热岛的时空变化

分析［Ｊ］．地球物理学进展，２００７，２２（６）：１９４２－１９９７．

［２２］　杨萍，刘伟东，侯威．北京地区极端气温事件的变化趋

势和年代际演变特征［Ｊ］．灾害学，２０１１，２６（１）：６１－

６４．

［２３］　王清川，郭立平，张绍恢．不同天气条件下廊坊城市热

岛效应变化特征［Ｊ］．气象与环境学报，２００９，２５（６）：

４４－４８．

［２４］　ＹａｎｇＰ，ＲｅｎＧＹ，ＨｏｕＷ，ｅｔａｌ．Ｓｐａｔｉａｌａｎｄｄｉｕｒｎａｌ

ｃｈａｒａｃｔｅｒｉｓｔｉｃｓｏｆｓｕｍｍｅｒｒａｉｎｆａｌｌｏｖｅｒＢｅｉｊｉｎｇｍｕｎｃｉｐａｌ

ｉｔｙｂａｓｅｄｏｎａｈｉｇｈｄｅｎｓｉｔｙＡＷＳｄａｔａｓｅｔ［Ｊ］．Ｉｎｔｅｒｎａ

ｔｉｏｎａｌＪｏｕｒｎａｌｏｆＣｌｉｍａｔｏｌｏｇｙ，２０１２，ＤＯＩ：１０．１００２／ｊｏｃ，

３６２２．
445



３４　　　 气 象 与 环 境 学 报 第２９卷　

Ｔｅｍｐｏｒａｌａｎｄｓｐａｔｉａｌｃｈａｒａｃｔｅｒｉｓｔｉｃｓｏｆｓｕｍｍｅｒｎｅａｒｓｕｒｆａｃｅａｉｒｔｅｍｐｅｒａｔｕｒｅ
ｉｎＢｅｉｊｉｎｇｃｅｎｔｒａｌｂｕｓｉｎｅｓｓｄｉｓｔｒｉｃｔ

ＺＨＡＮＧＢｅｎｚｈｉ１，３　ＲＥＮＧｕｏｙｕ２　ＺＨＡＮＧＺｉｙｕｅ３　ＬＩＹａｎ３

（１．ＮａｎｊｉｎｇＵｎｉｖｅｒｓｉｔｙｏｆＩｎｆｏｒｍａｔｉｏｎＳｃｉｅｎｃｅ＆Ｔｅｃｈｎｏｌｏｇｙ，Ｎａｎｊｉｎｇ，２１００４４，Ｃｈｉｎａ；２．ＣｌｉｍａｔｅＲｅｓｅａｒｃｈ
ｌａｂｏｒａｔｏｒｙｏｆＣｈｉｎａＭｅｔｅｏｒｏｌｏｇｉｃａｌＡｄｍｉｎｉｓｔｒａｔｉｏｎ，Ｂｅｉｊｉｎｇ１０００８１，Ｃｈｉｎａ；３．Ｍｅｔｅｏｒｏｌｏｇｉｃａｌ

ＳｅｒｖｉｃｅｉｎＣｈａｏｙａｎｇＤｉｓｔｒｉｃｔｏｆＢｅｉｊｉｎｇ，Ｂｅｉｊｉｎｇ１０００１６，Ｃｈｉｎａ）

Ａｂｓｔｒａｃｔ：Ｂａｓｅｄｏｎｔｈｅａｉｒｔｅｍｐｅｒａｔｕｒｅｄａｔａｆｒｏｍ３１ａｕｔｏｍａｔｉｃｗｅａｔｈｅｒｓｔａｔｉｏｎｓ（ＡＷＳ）ｄｕｒｉｎｇＪｕｎｅｔｏＡｕｇｕｓｔｏｆ
２０１２，ｔｈｅｔｅｍｐｏｒａｌａｎｄｓｐａｔｉａｌｃｈａｒａｃｔｅｒｉｓｔｉｃｓｏｆｓｕｍｍｅｒｎｅａｒｓｕｒｆａｃｅａｉｒｔｅｍｐｅｒａｔｕｒｅａｎｄｔｈｅｐｏｓｓｉｂｌｙｃｏｎｔｒｏｌｌｉｎｇ
ｆａｃｔｏｒｓｉｎｔｈｅＢｅｉｊｉｎｇｃｅｎｔｒａｌｂｕｓｉｎｅｓｓｄｉｓｔｒｉｃｔ（ＣＢＤ）ｗｅｒｅａｎａｌｙｚｅｄ．ＡｉｒｔｅｍｐｅｒａｔｕｒｅｆｒｏｍｔｈｅＡＷＳｏｆＣＢＤａｎｄ
ｆｒｏｍｔｈｅｎａｔｉｏｎａｌｍｅｔｅｏｒｏｌｏｇｉｃａｌｓｔａｔｉｏｎａｔＣｈａｏｙａｎｇｄｉｓｔｒｉｃｔｏｆＢｅｉｊｉｎｇｗａｓｃｏｍｐａｒｅｄ．Ｔｈｅｒｅｓｕｌｔｓｓｈｏｗｔｈａｔｔｈｅ
ｓｐａｔｉａｌｄｉｓｔｒｉｂｕｔｉｏｎｏｆｔｈｅｎｅａｒｓｕｒｆａｃｅａｉｒｔｅｍｐｅｒａｔｕｒｅｉｎｔｈｅＣＢＤｉｓｄｉｒｅｃｔｌｙａｆｆｅｃｔｅｄｂｙｔｈｅｄｉｆｆｅｒｅｎｃｅｏｆｕｎｄｅｒｌｙ
ｉｎｇｓｕｒｆａｃｅｔｙｐｅｓａｎｄａｎｔｈｒｏｐｏｇｅｎｉｃｈｅａｔｉｎｇ．Ｔｈｅｍｅａｎｍｏｎｔｈｌｙａｉｒｔｅｍｐｅｒａｔｕｒｅｉｎｓｕｍｍｅｒｏｆ２０１２ｉｎｔｈｅｄｅｎｓｅｌｙ
ｐｏｐｕｌａｔｅｄ，ｈｉｇｈｒｉｓｉｎｇｂｕｉｌｄｉｎｇｓａｎｄａｓｐｈａｌｔｓｕｒｆａｃｅａｒｅａｓｉｓａｂｏｕｔ１０℃ ｈｉｇｈｅｒｔｈａｎｔｈａｔｉｎｔｈｅｇｒｅｅｎｃｏｖｅｒａｇｅａｒ
ｅａｉｎｔｈｅＣＢＤ．Ａｎｔｈｒｏｐｏｇｅｎｉｃｈｅａｔｅｍｉｓｓｉｏｎｄｕｅｔｏｈｕｍａｎａｃｔｉｖｉｔｙａｎｄｕｓｅｏｆｖｅｈｉｃｌｅｓａｔｎｉｇｈｔｉｓｔｈｅｍａｉｎｒｅａｓｏｎｓ
ｆｏｒｌａｒｇｅｓｐａｔｉａｌｄｉｆｆｅｒｅｎｃｅｓｏｆｔｈｅｕｒｂａｎｈｅａｔｉｎｇｅｎｖｉｒｏｎｍｅｎｔ，ｗｈｉｌｅｉｔｓｄｉｆｆｅｒｅｎｃｅｉｎｔｈｅｄａｙｔｉｍｅｉｓｒｅｌａｔｉｖｅｌｙ
ｓｍａｌｌ．ＴｈｅｄａｉｌｙａｎｄｗｅｅｋｌｙｖａｒｉａｔｉｏｎｓｏｆａｉｒｔｅｍｐｅｒａｔｕｒｅａｒｅｓｉｇｎｉｆｉｃａｎｔｉｎｔｈｅＣＢＤａｎｄｉｎＣｈａｏｙａｎｇｗｅａｔｈｅｒｓｔａ
ｔｉｏｎ．Ｔｈｅａｉｒｔｅｍｐｅｒａｔｕｒｅｄｉｆｆｅｒｅｎｃｅｂｅｔｗｅｅｎｔｈｅｍｉｓａｐｏｓｉｔｉｖｅｖａｌｕｅｒｅｇａｒｄｌｅｓｓｉｎｔｈｅｄａｙｔｉｍｅｏｒａｔｎｉｇｈｔ．Ｓｕｒｆａｃｅ
ａｉｒｔｅｍｐｅｒａｔｕｒｅｉｓｈｉｇｈｅｒｉｎｔｈｅＣＢＤｔｈａｎｉｎＣｈａｏｙａｎｇｗｅａｔｈｅｒｓｔａｔｉｏｎｉｎｔｈｅｄａｙｔｉｍｅａｎｄａｔｎｉｇｈｔ，ｗｈｉｃｈｓｕｇｇｅｓｔｓ
ａｎｅｘｔｒａｕｒｂａｎｈｅａｔｉｓｌａｎｄ（ＥＵＨＩ）ｅｆｆｅｃｔｉｎｔｈｅＢｅｉｊｉｎｇＣＢＤ．ＴｈｅｄａｉｌｙｖａｒｉａｔｉｏｎｓｏｆｕｒｂａｎｈｅａｔｉｓｌａｎｄａｎｄＥＵＨＩ
ａｒｅｓｉｍｉｌａｒ．Ｕｎｄｅｒｄｉｆｆｅｒｅｎｔｗｅａｔｈｅｒｃｏｎｄｉｔｉｏｎｓ，ｉｎｔｅｎｓｉｔｙｏｆＥＵＨＩｅｆｆｅｃｔｉｓｄｉｆｆｅｒｅｎｔ．ＴｈｅＥＵＨＩｅｆｆｅｃｔｉｓｓｔｒｏｎｇｉｎａ
ｓｕｎｎｙｄａｙｗｉｔｈｂｒｅｅｚｅａｎｄｐａｒｔｌｙｃｌｏｕｄ，ｅｓｐｅｃｉａｌｌｙａｔｎｉｇｈｔ，ｗｈｉｌｅｉｓｗｅａｋｉｎａｃｌｏｕｄｙｄａｙｗｉｔｈｈｉｇｈｈｕｍｉｄｉｔｙ；ｉｔｉｓ
ｔｈｅｗｅａｋｅｓｔｉｎａｒａｉｎｙｄａｙ．ＳｕｎｓｈｉｎｅａｎｄｓｏｌａｒｒａｄｉａｔｉｏｎｉｓｉｍｐｏｒｔａｎｔｔｏｔｈｅＥＵＨＩ．ＴｈｅｓｐａｔｉａｌｄｉｓｔｒｉｂｕｔｉｏｎｏｆＥＵＨＩ
ｉｎｔｈｅＣＢＤｉｓｓｉｍｉｌａｒｕｎｄｅｒｔｈｅｄｉｆｆｅｒｅｎｔｗｅａｔｈｅｒｃｏｎｄｉｔｉｏｎｓ．
Ｋｅｙｗｏｒｄｓ：Ｃｅｎｔｒａｌｂｕｓｉｎｅｓｓｄｉｓｔｒｉｃｔ（ＣＢＤ）；Ｔｈｅｒｍａｌｅｎｖｉｒｏｎｍｅｎｔ；Ａｎｔｈｒｏｐｏｇｅｎｉｃｈｅａｔ；Ｅｘｔｒａｕｒｂａｎｈｅａｔｉｓｌａｎｄ
（ＥＵＨＩ）ｅｆｆｅｃｔ

446



GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
aper

|
D

iscussion
P

aper
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

Geosci. Model Dev. Discuss., 6, 4933–4982, 2013
www.geosci-model-dev-discuss.net/6/4933/2013/
doi:10.5194/gmdd-6-4933-2013
© Author(s) 2013. CC Attribution 3.0 License.

EGU Journal Logos (RGB)

Advances in 
Geosciences

O
pen A

ccess

Natural Hazards 
and Earth System 

Sciences

O
pen A

ccess

Annales  
Geophysicae

O
pen A

ccess

Nonlinear Processes 
in Geophysics

O
pen A

ccess

Atmospheric 
Chemistry

and Physics

O
pen A

ccess

Atmospheric 
Chemistry

and Physics

O
pen A

ccess

Discussions

Atmospheric 
Measurement

Techniques

O
pen A

ccess

Atmospheric 
Measurement

Techniques

O
pen A

ccess

Discussions

Biogeosciences

O
pen A

ccess

O
pen A

ccess

Biogeosciences
Discussions

Climate 
of the Past

O
pen A

ccess

O
pen A

ccess

Climate 
of the Past

Discussions

Earth System 
Dynamics

O
pen A

ccess

O
pen A

ccess

Earth System 
Dynamics

Discussions

Geoscientific
Instrumentation 

Methods and
Data Systems

O
pen A

ccess

Geoscientific
Instrumentation 

Methods and
Data Systems

O
pen A

ccess

Discussions

Geoscientific
Model Development

O
pen A

ccess

O
pen A

ccess

Geoscientific
Model Development

Discussions

Hydrology and 
Earth System

Sciences

O
pen A

ccess

Hydrology and 
Earth System

Sciences

O
pen A

ccess

Discussions

Ocean Science

O
pen A

ccess

O
pen A

ccess

Ocean Science
Discussions

Solid Earth

O
pen A

ccess

O
pen A

ccess

Solid Earth
Discussions

The Cryosphere

O
pen A

ccess

O
pen A

ccess

The Cryosphere
Discussions

Natural Hazards 
and Earth System 

Sciences

O
pen A

ccess

Discussions

This discussion paper is/has been under review for the journal Geoscientific Model
Development (GMD). Please refer to the corresponding final paper in GMD if available.

Application and evaluation of McICA
scheme with new radiation code in
BCC_AGCM2.0.1
H. Zhang1,2, X. Jing1, and J. Li3

1Laboratory for Climate Studies, National Climate Center, China Meteorological
Administration, Beijing, China
2Nanjing University of Information Science and Technology, Nanjing, China
3Canadian Center for Climate Modeling and Analysis, University of Victoria, Victoria, British
Columbia, Canada

Received: 26 July 2013 – Accepted: 2 September 2013 – Published: 16 September 2013

Correspondence to: H. Zhang (huazhang@cma.gov.cn)

Published by Copernicus Publications on behalf of the European Geosciences Union.

4933

http://www.geosci-model-dev-discuss.net
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-print.pdf
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-discussion.html
http://creativecommons.org/licenses/by/3.0/


GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
a

per
|

D
iscussion

P
a

per
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

Abstract

This research incorporates the Monte Carlo Independent Column Approximation
(McICA) scheme with the correlated k-distribution BCC-RAD radiation model into
the climate model BCC_AGCM2.0.1 and examines the impacts on modeled climate
through several simulations with variations in cloud structures. Results from exper-5

iments with consistent sub-grid cloud structures show that both clear-sky radiation
fluxes and cloud radiative forcings (CRFs) calculated by the new scheme are mostly
improved relative to those calculated from the original one. The modeled atmospheric
temperature and specific humidity are also improved due to changes in the radiative
heating rates.10

The vertical overlap of fractional clouds and horizontal distribution of cloud conden-
sation are important for computing CRFs. The maximum changes in seasonal CRF us-
ing the general overlap assumption (GenO) with different decorrelation depths (Lcf) are
larger than 10 and 20 Wm2 for longwave (LW) CRF and shortwave (SW) CRF, respec-
tively, mostly located in the Tropics and mid-latitude storm tracks. Larger (smaller) Lcf15

in the Tropics (mid-latitude storm tracks) yield better cloud fraction and CRF compared
with observations. The inclusion of an observation-based horizontal inhomogeneity of
cloud condensation has a distinct impact on LW CRF and SW CRF, with global means
of ∼1.2 Wm−2 and ∼3.7 Wm−2 at the top of atmosphere, respectively, making these
much closer to observations.20

These results prove the reliability of the new model configuration to be used in
BCC_AGCM2.0.1 for climate simulations, and also indicate that more detailed real-
world information on cloud structures should be obtained to constrain cloud settings in
McICA in the future.
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1 Introduction

Clouds are critically important in modulating the radiation budget of the earth–
atmosphere system. The representation of clouds and cloud-radiation feedback con-
tributes the greatest uncertainty to simulations of general circulation models (GCMs)
(IPCC, 2007). This arises mostly from the relatively coarse spatial resolution of GCMs5

(dozens to hundreds of kilometers), which leaves cloud-relevant processes and the in-
herent sub-grid variations of clouds unresolved (Barker and Räisänen, 2005; Zhang et
al., 2013a).

Typically, cloud condensation (water and ice) is treated as horizontally homogeneous
(the plane parallel homogeneous, or PPH, assumption) within a GCM grid cell. Ad-10

ditionally, certain predetermined assumptions about the vertical overlap of fractional
clouds are required. However, both the PPH and overlap treatments are inefficient for
producing accurate radiation flux and heating rates and thus bring enormous biases to
climate responses. The PPH assumption can easily overestimate the radiative fluxes
at the top of the atmosphere (TOA) and the surface by dozens or even >100 W/m2

15

and produce heating rate errors, often more than 30 % (Cahalan et al., 1994; Oreopou-
los and Davies, 1998). The widely used max-random or random overlap assumption
yields even more radiative flux errors than does PPH (Barker et al., 1999). Stephens et
al. (2004) showed that other climate variables, such as surface temperature and water
vapor, suffer severely from biases in sub-grid cloud structures. All of these studies have20

emphasized the importance of faithfully addressing sub-grid cloud variability in GCMs.
One of the solutions to this problem is to develop high-resolution cloud-resolving

models. However, this is currently too computationally expensive for operational use
considering the computer speeds available today. Therefore, more attempts are be-
ing made toward statistically precise parameterizations for the representation of clouds25

in GCMs. Abundant approaches for handling parameterization of sub-grid clouds in
GCMs have been developed. These include the “tripleclouds” scheme (Shonk and
Hogan, 2008), the mosaic treatment (Liang and Wu, 2005), and the multi-column
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(Stubenrauch et al., 1999) and quasi-column approaches (Li et al., 2005). However,
most of these approaches are highly embedded in their radiation transfer codes. The
twisting of cloud structure description and radiative transfer causes them to lack the
flexibility required to adjust to updated observational results or other transplanted radi-
ation codes.5

To make representation of sub-grid cloud properties flexible and modularized and to
maintain computational efficiency, a new scheme, the Monte Carlo Independent Col-
umn Approximation (McICA) method, was developed (Pincus et al., 2003). It uses a so-
phisticated stochastic sub-grid cloud generator (hereafter SCG) (Räisänen et al., 2004)
to explicitly obtain cloud subcolumn structures according to certain rules that constrain10

cloud overlap and horizontal distribution. Moreover, McICA also uses the spectral inte-
gration method to reduce computing time by reducing the full ICA (independent column
approximation) approach through a Monte Carlo selection of subcolumns (Pincus et al.,
2003). The advantages of McICA greatly facilitate adjustment or alteration of both cloud
structure and radiative transfer and thus accelerate future development of GCMs.15

Because of the advantages of the McICA scheme for treating the sub-grid cloud-
radiation process, we here incorporate the McICA scheme into the Beijing Climate
Center’s general circulation model BCC_AGCM2.0.1 with the BCC-RAD radiation al-
gorithm, which is based on the advanced correlated k -distribution (CKD) (Zhang et al.,
2003, 2006a, b). CKD code is included to fulfill the requirement of spectral integration20

of McICA, to which the original band model is not applicable. Previous work has shown
that the BCC_AGCM2.0.1 model, similar to other GCMs, is generally insensitive to
McICA noise and that the performance of the model depends only on its own physics
and dynamics (Jing and Zhang, 2013). Hence, the McICA scheme may possibly be
applied for future development of BCC_AGCM2.0.1.25

For this purpose, the current research evaluates climate simulation with the appli-
cation of McICA and our radiation scheme BCC-RAD in BCC_AGCM2.0.1, specifically
for investigating radiation and cloud-related fields. First, we analyze the differences in
radiation budgets, surface climatology, and atmospheric states between the new and
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old model configurations. Second, the impacts of the changes in the radiation scheme,
cloud overlap assumption, and cloud-water inhomogeneity on the radiation budget and
simulated climate are discussed. This preliminary work preceding the availability of
observation-based sophisticated cloud information also aims to archive the impact of
the modifications in the cloud-radiation process on simulated climate and the model5

response to these changes and thereby provide suggestions for future development.
Section 2 of this paper briefly describes the McICA scheme, the BCC_AGCM2.0.1

model, and the BCC-RAD radiation scheme. The design of the experiments is given
in Sect. 3. Results of simulations with various model configurations are described in
Sect. 4, and a discussion and conclusions are presented in Sect. 5.10

2 Model description

2.1 Description of the McICA scheme

The McICA scheme is based on the ICA algorithm for computation of domain mean ra-
diation fields. It greatly and effectively reduces computation time while maintaining the
accuracy of ICA from a statistical perspective. The basic principles of McICA were first15

explained in detail by Pincus et al. (2003); Räisänen and Barker (2004) then provided
additional ways to diminish induced noise. For clarity and completeness, we provide a
brief summary here.

Conceive a domain R (a GCM grid). The sub-grid clouds could be represented by
a certain number of subcolumns, which contain individual cells in each layer that are20

either clear or overcast. Moreover, the domain mean of these subcolumns should hold
the cloud profiles provided by the GCM. Given these subcolumns, radiative computa-
tion can be liberated from the description of partial clouds and their vertical overlap.
The required subcolumns could be derived through SCG with consideration of cer-
tain overlap and horizontal distribution rules for clouds. For a thorough methodology of25

SCG, one can refer to Räisänen et al. (2004).
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Within the domain R composed of subcolumns, the domain-averaged radiative fluxes
can be accurately given by ICA as:

〈
F ICA

〉
=
∫

S (λ)


∫ ∫

R

F (x ,y ,λ)dxdy

dλ (1)

where x and y are subcolumn counters along the zonal and meridional axis, respec-
tively, S (λ) is the spectral weight at wavelength λ, and F (x ,y ,λ) denotes the radiative5

flux at location (x ,y ) and wavelength λ.

If R is partially cloudy,
〈

F ICA
〉

can be split into clear
〈

F clr
〉

and cloudy
〈

F cld
〉

parts

weighted by the cloud fraction Ac:〈
F ICA

〉
= (1−Ac)

〈
F clr

〉
+Ac

〈
F cld

〉
(2)

The most time-consuming part of Eq. (2) is
〈

F cld
〉

due to the full spectral integration10

in all cloudy subcolumns. To diminish the computational burden, Pincus et al. (2003)
reduced the two-dimensional integration to a single dimension by introducing a Monte
Carlo (random sampling) process:〈

F cld
〉
≈
∫

S (λ)F cld (srnd, λ)dλ (3)

where srnd is a randomly selected cloudy subcolumn number for radiative calculation15

at λ. Equation (2) tremendously reduces computation time compared with Eq. (2) and
represents the kernel of McICA.

It should be noted that the random selection of srnd in Eq. (2) inevitably introduces
random noise. Although this may yield deviated results for a single calculation, aver-
aging over a number of calculations generates almost unbiased results with respect to20

ICA (Barker et al., 2008). One method for reducing the noise is to increase the number
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of srnd for optically critical spectral intervals (Räisänen and Barker, 2004). To date, the
McICA scheme has already been operationally utilized in several climate models and
numerical weather prediction models (Morcorrete et al., 2008; Räisänen and Jarvinen,
2010; Neale et al., 2010).

2.2 Description of BCC_AGCM2.0.15

BCC_AGCM2.0.1 was developed by the Beijing Climate Center (BCC) at the China Me-
teorological Administration (CMA) based on the Community Atmosphere Model Version
3 (CAM3) of the National Center for Atmospheric Research (NCAR) (Wu et al., 2010).
The model runs at T42 spectral resolution (approximately 2.8◦ ×2.8◦) horizontally, and
it uses vertical hybrid δ-pressure coordinates including 26 layers with the top located at10

about 2.9 hPa. An additional layer is added above the topmost layer in the radiative cal-
culation to prevent excessive heating. The default timestep is 20 min, and the radiation
code is invoked every three timesteps.

Relative to CAM3, several revisions have been made to improve the physics of the
model. These include new reference atmosphere and surface pressures; a revised con-15

vection scheme (Zhang and Mu, 2005) that significantly improves the tropical rainfall
simulation; a different function for calculating the snow-cover fraction that influences the
resulting surface albedo, especially in polar and plateau regions (Wu and Wu, 2004);
a new adiabatic adjustment originated by Yan (1987); and new methods for calculat-
ing turbulent fluxes over ocean surface that remove the systematic biases in the wind20

stress and sensible and latent heat fluxes in CAM3. A more detailed description of
BCC_AGCM2.0.1 can be found in Wu et al. (2010). In the present research, the in-
teractive Canadian Aerosol Module (CAM) (Gong et al., 2003) with updated aerosol
emission sources (Zhou et al., 2012) is used to predict atmospheric aerosol burdens
(Zhang et al., 2012).25
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2.3 Description of radiation schemes

To satisfy the requirement of the spectral integration of the McICA scheme, our ra-
diation model, BCC-RAD, is adopted. This model is substantially different from the
previous radiation scheme used in BCC_AGCM2.0.1. To explain the importance of this
radiation scheme in modulating the climate simulation, it is necessary to describe this5

revision in advance. A detailed comparison between the old and new schemes is pro-
vided in Table 1.

The previous radiation scheme in BCC_AGCM2.0.1 is basically a band model. Al-
though some band models simulated well the broadband fluxes and heating rates, this
may have been partly fortuitous because of band overlap effects (Ellington et al., 1991).10

Another defect of band models is the use of a scaling procedure to account for inho-
mogeneous atmospheric paths, although these can be made arbitrarily accurate for a
homogeneous atmosphere (Kratz, 1995). Therefore, there has been a trend over the
past decades to replace band models with CKD methods in GCMs (Fu and Liou, 1992;
Sun and Rikus, 1999; Nakajima et al., 2000; reference therein). As discussed in the15

introduction, the spectral information is needed in application of McICA.
In this work, we incorporate the CKD model by Zhang et al. (2003, 2006a, b), i.e., the

Beijing Climate Center RADiation transfer model (BCC-RAD), into BCC_AGCM2.0.1
within the framework of McICA. The 10–49000 cm−1 (0.204–1000 µm) spectral range
in BCC-RAD is divided into 17 bands (8 LW and 9 SW). Five major greenhouse gases20

(GHGs), H2O, CO2, O3, N2O, and CH4, as well as chlorofluorocarbons (CFCs) are
considered. The major absorbers in the solar bands are H2O (including continuum ab-
sorption), CO2, N2O, O3, and O2. The HITRAN2000 database (Rothman et al., 2003)
was used to provide line parameters and cross sections. Lu et al. (2012) compared
the line parameters in different HITRAN versions and found that the difference in the25

simulated radiative fluxes between the updated HITRAN2008 and HITRAN2000 is very
small, so the use of HITRAN2000 should not affect the final modeled climates in this re-
search. In BCC-RAD, the effective absorption coefficients of CKD are calculated based
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on the line-by-line radiative transfer model (LBLRTM; Clough and Iacono, 1995) with
a spectral interval of 1/4 the mean half-width and a 25 cm−1 cutoff for line wings over
each band (Clough and Iacono, 1995). The thermal radiation transfer calculation is
solved with a two-stream algorithm developed by Nakajima et al. (2000), and the solar
radiation transfer is solved with the δ-Eddington method (Coakley et al., 1983). SW5

radiation model comparisons, including BCC-RAD, are given in Randles et al. (2013).
Cloud and aerosol optical properties in BCC-RAD are also different from those in the

original scheme. The optical properties of cloud droplets are from Nakajima (2000), and
those of ice crystals are calculated based on several datasets: observational size distri-
bution data from Fu (1996), optical properties of single particles of different shapes from10

Yang et al. (2005), and the fractional mixing of particles of various shapes suggested
by Baum et al. (2005). Aerosol optical properties are from Wei and Zhang (2011) and
Zhang et al. (2012).

3 Experimental design

We now have considered two model configurations, the new one with McICA and BCC-15

RAD to handle the cloud-radiative procedure and the old one with the traditional overlap
treatment by Collins (2001) and radiation scheme described in Briegleb (1992). The
details of these are listed in Table 1. Experiments were designed to reveal (a) the
differences in simulated climate between the two configurations and (b) the impact of
changing sub-grid cloud structures on simulated climate within the new configuration.20

All of the experiments are integrated with observed monthly distributions of SST from
September 1979 to December 1990, and the results of the last 10 yr are used for
analysis.
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3.1 Experiments comparing the new and old model configurations

First, an experiment with the old scheme, denoted OLD, was performed as a con-
trol run. Second, two McICA experiments, a diagnostic offline (OL) run denoted
NEW_MRO_OL and an interactive run denoted NEW_MRO, were conducted for com-
parison. Both the offline and interactive run utilized PPH and the max-random over-5

lap (MRO) assumption (Tian and Curry, 1989) to be consistent with the OLD run. The
NEW_MRO_OL and OLD simulations used identical atmospheric and cloud profiles for
the cloud-radiation process; hence, the comparison between NEW_MRO_OL and OLD
demonstrates the initial distinctions between the new and old configurations, whereas
the comparison between NEW_MRO and OLD illustrates differences in the climate10

response.

3.2 Experiments exploring the impacts of sub-grid cloud structures

As the McICA scheme is flexible in depicting sub-grid cloud structures, four more exper-
iments were implemented to test the model’s sensitivity to cloud-structure variations.

First, the impact of changing cloud overlap was tested by including a so-called gen-15

eral overlap (hereafter GenO) (Mace and Benson-Troth, 2002). In GenO, the vertically
projected cloud fraction of the two cloud layers k and l (Ck ,l ) is defined as the linear
combination of maximum (Cmax

k ,l ) and random overlap (Cran
k ,l ):

Ck ,l = αk ,lC
max
k ,l +

(
1−αk ,l

)
Cran

k ,l (4)

where20

Cmax
k ,l = max(Ck ,Cl ) (5)

Cran
k ,l = Ck +Cl −CkCl (6)
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and the overlap parameter αk ,l is prescribed via an exponential decay function of alti-
tude separation between cloud layers:

αk ,l = exp

− Zl∫
Zk

dz
Lcf(z)

 (7)

The lapse rate of the decay is controlled by a “decorrelation depth” (Lcf in Eq. 7),
which has a global mean value of about 2 km (Barker, 2008) but it is highly related5

to cloud type and atmospheric dynamics (Naud et al., 2008). Zhang et al. (2013b)
found that Lcf ranges, in terms of seasonal mean, within 0–3 km in different regions
of East Asia. Thus, in this paper, three simulations with global constants Lcf of 1, 2,
and 3 km, termed NEW_GO1, NEW_GO2, and NEW_GO3, respectively, were per-
formed. Comparisons among NEW_GO1, NEW_GO2, NEW_GO3, and NEW_MRO10

will demonstrate the impact of changes in cloud overlap within the McICA scheme.
Additionally, the impact of breaking the default PPH assumption is addressed by per-

turbing the horizontal distribution of cloud condensation (water and ice) with an ideal
distribution function. The gamma function of cloud condensation applied by Shonk et
al. (2010) is used here. In such distribution, the magnitude of inhomogeneity is con-15

strained by the fractional standard deviation (f ), which is defined as:

f =
σc

c̄
(8)

where c̄ is the layer mean cloud condensation ignoring the cloud phase, and σc is the
standard deviation of the condensation. In this work, f was set to 0.75 for both the liquid
and ice phases, as was obtained by Shonk et al. (2010) from an extensive collection20

of observations. This inhomogeneity setting was tested in conjunction with GenO, with
an Lcf of 2 km globally, denoted as NEW_GO2_IH. Because cloud vertical overlap as-
sumptions are consistent between NEW_GO2 and NEW_GO2_IH, any discrepancies
illustrate the impact of including horizontally inhomogeneous clouds.
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The simulated radiation fields, cloud fractions, and other climate variables were vali-
dated against corresponding observations or reanalysis data.

4 Results

This section reports the results of various simulations in three groups: (i) first, results
from OLD, NEW_MRO_OL, and NEW_MRO are provided to clarify the differences be-5

tween the new and old model configurations; (ii) second, results from NEW_MRO,
NEW_GO1, NEW_GO2, and NEW_GO3 are presented to show the impact of cloud
overlap variations within the scheme on radiation and other fields; and finally (iii) a
comparison between NEW_GO2 and NEW_GO2_IH is given to show the influence of
changing the horizontal distribution of cloud condensation on simulated climate.10

4.1 Comparison between the new and old model configurations

4.1.1 Radiation budget

We first investigate the instantaneous difference between the old and new schemes
under identical atmospheric and cloud conditions. Figure 1 shows the global annual
mean radiation fields for various simulations at the top of the atmosphere (TOA) and15

at the surface (SFC) with a comparison against the satellite-derived 11 yr (2000–2010)
mean CERES_EBAF datasets (http://ceres.larc.nasa.gov/order_data.php). We focus
on the results of OLD, NEW_MRO_OL, and NEW_MRO in this section.

The central panels of Fig. 1 show that the new scheme (NEW_MRO_OL and
NEW_MRO cases) obtains much improved net all-sky LW and SW TOA radiative fluxes.20

This is due to both improvement in the revised cloud optics and net clear-sky fluxes cal-
culated by the new radiation scheme in this work.

Compared with CERES_EBAF data, the OLD run shows notable discrepancies in
TOA LW and SW CRF (right panels of Fig. 1), which are overestimated by ∼3 Wm−2

and ∼7 Wm−2, respectively. The offline NEW_MRO_OL run shows large reductions in25
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these biases (except for LW CRF at the surface), with TOA LW and SW CRF errors
reduced to ∼0.5 and ∼1.5 Wm−2, respectively. The interactive NEW_MRO run mostly
retains the features of NEW_MRO_OL. As the same cloud overlap assumptions are
used, the improved CRF in NEW_MRO and NEW_MRO_OL runs should come mainly
from the revised cloud optics (see Table 1). Moreover, the differences in CRF between5

NEW_MRO and NEW_MRO_OL are also distinct, indicating that clouds have changed
noticeably compared to OLD as a result of introducing the new configuration, which will
be discussed below.

As for the clear-sky net flux at TOA (F clr, the left panels in Fig. 1), the OLD run
overestimates LW and SW F clr by ∼5 and ∼1.5 Wm−2, respectively. The biases at10

the surface are also large, up to ∼4 Wm−2 for SW F clr. Again, NEW_MRO_OL and
NEW_MRO produce clear-sky fluxes much closer to the observations (except for LW
F clr at surface). The differences between the simulated TOA LW F clr and SW F clr and
those from CERES_EBAF observation are reduced to ∼2 and ∼0.5 Wm−2, respec-
tively, for both NEW_MRO_OL and NEW_MRO.15

The improvements in both F clr and CRF suggest that the implementation of the
McICA with our new radiation scheme fares much better at modeling the inner bal-
ance between the radiation components from clear and cloudy regimes. Thus, the new
configuration behaves in a more physically coherent manner than the original one in
our BCC_AGCM2.0.1, and it predictably yields more reasonable all-sky net fluxes (F net,20

central panels of Fig. 1).
The other results shown in Fig. 1 will be explained in Sects. 4.2.1 and 4.3.1.
Figure 2 displays zonal annual mean F clr, F net, and CRF at the TOA from the

OLD, NEW_MRO_OL, and NEW_MRO runs, as well as the CERES_EBAF dataset.
The simulated zonal distributions of these variables are all in reasonable agreement25

with observations. However, the NEW_MRO and NEW_MRO_OL runs give LW and
SW F net much closer to observations, especially at mid–low latitudes (Fig. 2c, d).
This occurs mainly because the vast overestimation of LW and SW CRF by the OLD
scheme is reduced overall by the new scheme (Fig. 2e, f). Moreover, NEW_MRO and
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NEW_MRO_OL also show notable improvement in LW F clr in the subtropics and mid-
latitudes (Fig. 2a). The SW F clr is calculated well at most latitudes in all experiments,
except at the Polar Regions where there are noticeable underestimations. This may be
linked to the enhanced solar albedo over snow surfaces compared with observations
in the Community Land Model version 3 (CLM3) used in the BCC_AGCM2.0.1 model5

(Oleson et al., 2003), which results in overestimated solar energy loss to space.
We will provide detailed discussions of the simulated TOA CRF here and in the

following two paragraphs. Figures 3 and 4 show the global distribution of errors in
annual mean LW and SW CRF relative to CERES_EBAF, as well as the differences
between NEW_MRO_OL and OLD. In the OLD run, LW CRF is overestimated over10

most tropical and subtropical oceans with very few exceptions, but it is underestimated
over intensively convective tropical regions such as central Africa, the west Pacific
warm pool, and the Amazon forests of South America (Fig. 3a). The NEW_MRO and
NEW_MRO_OL produced similar distributions of these biases; however, the positive
biases in tropical and subtropical oceans are reduced, whereas the negative biases15

are enhanced somewhat (Fig. 3b, c). Figure 3d shows that the initial differences in LW
CRF between the new and old configurations are located mainly in the intertropical
convective zone (ITCZ) and in high altitude areas such as the Tibetan Plateau and
Andes Mountains, with maximum values of more than 6 W m−2. As these areas are
all sufficient in high-level ice clouds, the differences may be ascribed to the different20

ice-cloud optical properties used in the two configurations.
The OLD run exhibits negative biases in SW CRF at most low and mid-latitudes (see

Fig. 4a). Again, the NEW_MRO_OL and NEW_MRO runs significantly reduce these
errors (see Fig. 4b, c), but enhanced positive biases appear over subtropical oceans
near the west coasts of continents and over East Asia. Interestingly, the initial differ-25

ences in SW CRF between the new and old configurations (see Fig. 4d) show a quite
similar geographic distribution to those of LW CRF (see Fig. 3d), with a maximum value
of more than 14 W m−2 in the tropical East Pacific. There are only minor differences in
areas with large SW CRF along 60◦ S, where a large amount of low-level cloud (mostly
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liquid) exists (see Fig. 2f), because the liquid cloud optics in the two configurations are
almost equivalent for CRF calculation. Consequently, the changes in ice cloud optical
properties are the main cause of the changed SW and LW CRF in the McICA runs.

The cooling effect by SW CRF and heating effect by LW CRF at the TOA in tropical
deep convective regions have been shown to be nearly linearly correlated and to gen-5

erally compensate for each other (Kiehl and Ramanathan, 1990), which means that
the (SW CRF)/(LW CRF) slope is about −1. This slope is often used as a criterion for
showing the performance of modeled CRF. The (SW CRF)/ (LW CRF) slopes in the In-
donesian region (10◦ S–20◦ N, 110–160◦ E) for various simulations and CERES_EBAF
observations are given in Table 2. The table shows that the OLD run overestimates10

the (SW CRF)/( LW CRF) slopes for the annual mean and for different seasons.
NEW_MRO shows a generally noticeable decrease in SW CRF, especially for the an-
nual mean and summer (JJA). This results in decreased (SW CRF)/(LW CRF) slopes
(Table 2). As shown in Table 2, NEW_MRO_OL gives very similar results to OLD. Thus,
it can be inferred that the two model configurations are comparable for diagnosing the15

SW and LW CRF ratio, whereas the climate feedback evidently changes the simulated
cloud fractions. This will be addressed later.

Radiative heating/cooling within the atmosphere is a critical driving factor in climate
simulation. Figures 5 and 6 compare the clear-sky and all-sky LW heating rate of
NEW_MRO_OL and OLD, respectively. For the clear-sky condition, NEW_MRO_OL20

shows a remarkable (more than 10 %) cooling trend in the lower troposphere within
60◦ S–60◦ N and a heating trend in most of the middle troposphere. These may be
related to the different treatments of greenhouse gases, especially O3 and water va-
por. The difference in the all-sky LW heating rate (see Fig. 6c) is similar to the pattern
shown in Fig. 5c, indicating that differences in the heating rates of clouds are less im-25

portant for determining the final state in this case. This pattern tends to increase the
stability of the atmosphere below 600 hPa but enhance vertical mixing above 600 hPa.
The differences in SW heating rate are much smaller than are those for LW (figure not
shown).
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As shown above, the application of the McICA scheme with BCC-RAD remarkably
influences the radiation budget at both boundaries and within the atmosphere. These
changes will extensively affect the final simulated climate.

4.1.2 Surface climatology

In this subsection, the simulated surface temperature and precipitation in two seasons5

(DJF and JJA) are evaluated.
Zonal comparisons of surface temperature are shown in Fig. 7. Although both

NEW_MRO and OLD yield similar zonal mean distributions compared with the ERA-
40 reanalysis data, there are substantial differences between both simulations and the
ERA-40 (Uppala et al., 2005). For instance, in DJF, surface temperatures are underes-10

timated by about 1.5 K in the mid-latitudes and by 6–7 K around the North Pole (see
Fig. 7a); in JJA, the zonal mean negative biases reach a maximum of 3–4 K at 60–
70◦ S/N (see Fig. 7b). The global distribution of surface temperature biases from the
NEW_MRO and OLD runs are quite similar (figures not shown), with local maximum
differences between the NEW_MRO and OLD runs reaching ±2–4 K. The differences15

between the simulations and observation are much larger than the differences between
the NEW_MRO and OLD simulations.

Similar to Fig. 7, Fig. 8 shows comparisons of the precipitation rate. Both the
NEW_MRO and OLD simulations capture the main features of the meridional distri-
bution of precipitation, such as the maximum in the Tropics and secondary maxima at20

the mid-latitude storm tracks. However, errors are also clear relative to observations,
especially in the Tropics (gray lines in Fig. 8a, b). The two simulations are compa-
rable in their simulation of the zonal mean distribution of precipitation, but there are
noticeable local differences in the tropical and subtropical regions (figures not shown).
These differences probably result from the altered atmospheric thermodynamics and25

dynamics caused by changes in the radiation budget. The increases and decreases in
precipitation often coincide with the decreases and increases in surface temperature
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(figures not shown), respectively; thus, the changes in precipitation obviously influence
the surface energy balance.

It should be noted that, in this work, we altered only the sub-grid cloud structures
used in the radiation calculation, whereas those in precipitation parameterization were
not changed. Physically, cloud overlaps in the radiation and precipitation processes5

should be consistent with each other, but the latter may have a larger effect on the
simulated precipitation (Morcrette and Jakob, 2000). However, this is beyond the scope
of this study.

4.1.3 Atmospheric states

Simulated atmospheric temperature, specific humidity, and cloud condensation (water10

and ice) are analyzed in this subsection.
Figure 9 shows comparisons of the latitude–height distribution of atmospheric tem-

perature. Notable cold biases relative to ERA-40, about 1–2 degrees in the low–mid
troposphere, exist throughout almost the entire troposphere in the OLD case (see Fig.
9a). The NEW_MRO simulation inherits most of these biases, but the relative warming15

(up to 0.4–0.8 K) within the central troposphere (800∼500 hPa) is a desirable change
compared with OLD (see Fig. 9c). This is definitely related to the reduced LW cooling
rate in the central troposphere, as shown in Figs. 5 and 6.

Likewise, Fig. 10 shows comparisons of atmospheric specific humidity. In addition to
the improvements in tropospheric temperature, there are favorable changes in specific20

humidity. Compared with ERA-40, the OLD run is subject to considerable dry biases
in the tropical lower troposphere (see Fig. 10a). This is likely caused by LW heating
rate biases related to the LW parameterization of water vapor (Collins et al., 2002).
Due to changes in heating rate, as shown in Figs. 5 and 6, the NEW_MRO run notably
increases the specific humidity in the Tropics, typically reducing the original biases by25

about 30 %.
The changes in atmospheric temperature and specific humidity exert influences on

the formation and maintenance of cloud water and ice (figures not shown), affecting
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the modeled local radiation budget, such as by altering the SW and LW CRF ratios, as
mentioned above.

Overall, the incorporation of the new scheme influences radiative fluxes and heat-
ing rates remarkably. Due to these changes, the simulated surface and atmospheric
climate are comparable or improved relative to the old model configuration. Therefore,5

the new scheme used here has been demonstrated to be a viable option for long-term
climate simulation.

It should also be mentioned that the differences in simulated climate between the
two model configurations are relatively smaller than are those between the simulations
and observations. Nevertheless, the much more flexible cloud structure and internal10

consistency of the new configuration will benefit further development of model physics.
In regard to the convenience of the McICA scheme for modifying sub-grid clouds, the
impact of the cloud structure variations is assessed as follows.

4.2 The impact of altering the cloud overlap assumption

Tests NEW_GO1, NEW_GO2, and NEW_GO3 implemented GenO with Lcf set at 1,15

2, and 3 km, respectively. In GenO, the overlap of two vertical cloud layers depends
on Lcf. For two fixed cloud layers, the larger Lcf is, the more they tend toward max-
imum overlap; conversely, smaller Lcf results in a tendency toward random overlap
(Eqs. 4–7). The sensitivity of the simulations to changes in cloud overlap assumptions
is demonstrated by the differences among the NEW_GO1, NEW_GO2, NEW_GO3,20

and NEW_MRO tests.

4.2.1 Radiation and cloud fraction

The 2nd to 6th columns in each panel of Fig. 1 show the global annual mean radiation
budget from McICA runs with different cloud vertical overlap assumptions. As expected,
both LW and SW CRF decrease from NEW_GO1 to NEW_GO3 because clouds tend25

increasingly to maximum overlap, and cloud fractions decrease. As also seen in Fig. 1,
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NEW_MRO shows the smallest CRF among the McICA runs with the PPH assumption.
This occurs because BCC_AGCM2.0.1 tends to generate frequent occurrences of ver-
tically continuous cloudy layers. Thus NEW_MRO, which depends on the separation of
cloudy layers to arrange the cloud vertical distribution, tends to underestimate the verti-
cally projected cloud fraction and diminish CRF. This has also been proven in previous5

studies using the CAM3 model (Barker and Räisänen, 2005). Quantitatively, the extent
of variations in global mean CRF caused by changes in cloud overlap is here about
1 Wm−2 for LW and 2 Wm−2 for SW (at both the TOA and surface). However, CRF is
more accurately represented in all the McICA simulations than in the OLD run.

As all the McICA tests considered in this section adopt the PPH assumption and10

the same cloud optical properties, the differences in the modeled radiation fields stem
predominantly from differences in the vertically projected cloud fraction. Figure 11 com-
pares the annual mean total cloud fraction (CTOT) from all the simulations with ISCCP
observations. Although the NEW_MRO run roughly captures the meridional variation in
CTOT (see Fig. 11a, b), Fig. 11c shows that it generally overestimates (underestimates)15

total cloud fraction in the Tropics and at high latitudes (in the mid-latitudes), typically by
20–30 %. When using GenO with Lcf = 1 km, the positive (negative) biases in the Trop-
ics and high latitudes (mid-latitudes) are enlarged (shrunken) (see Fig. 11d). When
Lcf is increased to 3 km (Fig. 11f), the positive biases decrease in the Tropics and at
higher latitudes, whereas the negative biases in the mid-latitudes increase compared20

with NEW_GO1. This indicates that a larger Lcf should be used in tropical regions and
at high latitudes and a smaller Lcf should be used in mid-latitude areas to make the
modeled total cloud fraction more realistic.

Note that even 3 km of Lcf is not yet enough in the Tropics. A considerable portion
of clouds, especially the deep convective type, possesses a larger Lcf of even more25

than 10 km in some cases (Barker, 2008), so there is still space left in which to con-
strain the presentation of cloud overlap. Additionally, the cloud overlap procedure is
done on cloud profiles provided by the diagnostic cloud fraction scheme based on only
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relative humidity (Rasch and Kristjansson, 1998), and cloud fraction also can be more
accurately calculated by its improvement.

The zonal mean biases in modeled CTOT are shown in Fig. 12a. As stated above,
all simulations generate larger (smaller) CTOT than observation in the Tropics and at
high latitudes (mid-latitudes); the positive biases in the Tropics and at high latitudes5

decrease as the Lcf used in GenO increases (and vice versa for the mid-latitudes).
Also shown in Fig. 12b–d are the differences in modeled low (>700 hPa), middle
(700–400 hPa), and high (<400 hPa) cloud fractions between other McICA runs and
NEW_MRO. The maximum differences between NEW_GO1 and NEW_MRO are up to
5–7 % in the Tropics for all cloud levels, and those between NEW_GO3 and NEW_MRO10

reach 2–3 %. Although the differences generally decrease poleward for low and mid-
dle clouds, the modeled high clouds differ as much at high latitudes as in the Tropics.
This occurs because at high latitudes, modeled lower-level clouds are more frequently
overcast or near overcast, whereas higher-level clouds are much less likely to occupy a
grid cell (figure not shown). These remarkable differences in cloud fractions at different15

levels exert large influences on modeled CRFs.
Figures 13 and 14 show the differences in LW and SW CRF, respectively, during

DJF and JJA. NEW_GO1 primarily blocks more LW flux emitted upward (see Fig. 13a,
d) and reflects more SW flux (see Fig. 14a, d) than NEW_MRO does due to the in-
creased cloud fraction. The greatest differences tend to appear in the tropical region20

and around the 60◦ S/N storm tracks, especially over the ITCZ and SPCZ regions, with
local maximums of more than 10 W m−2 for LW CRF and more than 20 W m−2 for SW
CRF. This pattern occurs because clouds in these regions are often vertically extensive
and thus the overlap assumption plays a more critical role in judging the vertically in-
tegrated cloud fraction. Figure 14 shows that from NEW_GO1 to NEW_GO3, SW CRF25

increases remarkably in the Tropics and storm track regions. Considering the basically
negative biases of SW CRF in these regions (see Fig. 4), this implies that SW CRF
may be better represented in these regions by increasing Lcf.
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4.2.2 Simulated climate

Figures 15 and 16 show the zonal annual mean biases in surface temperature and
precipitation of various McICA runs with different vertical cloud structures. All simu-
lations yield almost identical surface temperatures at low latitudes (see Fig. 15a, b).
However, there are clear discrepancies at the mid–high latitudes, especially during5

DJF in the Northern Hemisphere, where the largest difference reaches almost 1 K
(NEW_GO1NEW_MRO). This may be attributed to the enhanced LW warming effect
below cloud base in NEW_GO1 due to the increased cloud fraction. Although a SW
cooling effect is also seen in NEW_GO1 because of increased reflection at cloud top,
the LW warming effect seems dominant during DJF in the Northern Hemisphere. It10

is worth addressing the fact that the ranges of temperature variation in the mid–high
latitudes caused by changing the overlap assumption may surpass the differences be-
tween the two model configurations in this work (see Fig. 7).

Surface precipitation (see Fig. 16a, b), atmospheric temperature, and humidity were
also examined in NEW_GO1–NEW_GO3 (figure not shown), and we obtained similar15

results to those for NEW_MRO. So, the changes in the cloud overlap assumption are
not likely to cause a direct, notable shift in simulated atmospheric states, etc., although
the impacts of overlap assumptions on heating rates have been emphasized in offline
diagnostics (see Barker et al., 1999; Li et al., 2005). It should be noted that sea–
atmosphere interaction is not considered here and that it might strengthen the signal20

imposed on the climate system by changing the cloud overlap assumption.

4.3 The impact of breaking the PPH assumption

In this subsection, we briefly consider the impacts of breaking the traditional PPH as-
sumption on simulated radiation and climate by comparing the NEW_GO2_IH and
NEW_GO2 tests.25
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4.3.1 Radiation

From a global mean perspective, the changes in CRF and net fluxes caused by
including horizontally inhomogeneous cloud condensation (Eq. 8) are as large as
or even larger than the changes from altering the cloud overlap assumptions (see
NEW_GO2_IH in Fig. 1), which has also been shown by calculations from cloud-5

resolving models (Barker and Räisänen 2005). The global mean reductions in LW CRF
and SW CRF at the TOA are about 1.2 and 3.7 W m−2, respectively. The considera-
tion of horizontally inhomogeneous clouds brings the global mean CRF and F net much
closer to observations.

Figure 17 shows the differences in LW CRF and SW CRF between NEW_GO2_IH10

and NEW_GO2 for DJF and JJA. It can be seen that NEW_GO2_IH mainly decreases
LW and SW CRF all over the globe, with local maximum reductions of more than 10
and 20 W m−2, respectively, in the Tropics (especially the warm pool) and secondary
reductions in the mid-latitudes. This is qualitatively consistent with the well-accepted
conclusion that the PPH assumption of cloud condensation generally overestimates15

solar reflectance (Carlin et al., 2002) and LW emissivity (Pomroy and Illingworth, 2000)
due to the nonlinear dependence of radiative effects on cloud water content. These
changes can somewhat offset the positive (negative) differences in LW (SW) CRF in
the PPH runs (see Figs. 3 and 4). Thus, it is of great importance to address the cloud
water/ice horizontal distribution together with the overlap of fractional clouds in GCMs.20

4.3.2 Simulated climate

The consideration of cloud horizontal distribution has a noticeable influence on surface
temperature (see NEW_GO2_IH in Fig. 15). In the mid–high latitudes of the Northern
Hemisphere, there is a remarkable decrease in surface temperature during DJF and
an increase during JJA. These changes arise mainly from competition between LW25

cooling and SW heating. When inhomogeneous clouds succeed homogeneous ones,
more LW flux is emitted outward, and more SW flux penetrates to the surface (see
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Fig. 1). The surface energy budget is then a result of the competition between the two
fluxes.

For other climate elements, such as precipitation, air temperature, specific humidity,
surface pressure, zonal winds, and so forth (figures not shown), the differences be-
tween NEW_GO2_IH and NEW_GO2 are minor, like those between different overlap5

assumptions.
Generally speaking, modifications of cloud sub-grid configurations have distinct im-

pacts on the simulated radiation budget and surface temperature. Considering the im-
proved LW and SW budget for clear-sky and all-sky conditions, the new model config-
uration can be used in BCC_AGCM2.0.1 to improve physical processes and perform10

climate simulations.

5 Discussion and conclusions

The McICA scheme with the BCC-RAD radiation code was incorporated into the
BCC_AGCM2.0.1 model in this work as a replacement for the original CAM3 cloud-
radiation scheme. This new configuration is flexible for treating arbitrarily complex sub-15

grid cloud structures, including the vertical overlap of fractional clouds and horizontal
distribution of cloud condensation. The advantages of the new configuration suggest
that it is a better option for future development of BCC_AGCM2.0.1. This work aimed to
investigate the impact of this modification on climate simulated by BCC_AGCM2.0.1.
Several configurations of sub-grid cloud structures, including variations in vertical over-20

lap and horizontal distribution, were tested, and the model’s sensitivity to changes in
cloud structures and the newly adopted radiation scheme were exhibited and clarified.

The results show that the new scheme markedly improves the representation of
the SW and LW radiation budget for both clear-sky and all-sky conditions, whether in
the global mean or in geographic distribution. The simulated relationship between SW25

and LW CRFs in deep convective regions is improved by the new scheme compared
with the old scheme. These results all indicate that using the McICA scheme with

4955

http://www.geosci-model-dev-discuss.net
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-print.pdf
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-discussion.html
http://creativecommons.org/licenses/by/3.0/


GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
a

per
|

D
iscussion

P
a

per
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

our BCC-RAD code makes the cloud-radiation process more intrinsically coherent and
reasonable. The modeled temperature and specific humidity benefited from changes
in the LW heating rate, resulting in a reduction in temperature biases by 0.4–0.8 ◦C
at the middle troposphere and a reduction in moisture biases by 1/3 in the tropical
lower troposphere relative to the ERA-40 reanalysis. This shows the superior of a CKD5

radiation algorithm to the band model based CAM3 radiation scheme.
The impacts of altering cloud overlap within the McICA scheme were assessed by

including a so-called “general overlap.” Results demonstrated that changes in cloud
overlap assumptions have remarkable effects on the boundary radiation budgets. The
global annual mean SW (LW) CRF differs by at most ∼2 Wm−2 (∼1 Wm−2) at both10

the TOA and surface, with the test NEW_GO1 (Lcf = 1 km) always showing the largest
CRF and the test NEW_MRO always showing the smallest due to differences in cloud
cover generation. CRF in the Tropics and storm track regions, especially over the ITCZ
and the SPCZ, is most notably influenced by the choice of overlap assumptions due to
frequently occurring extensive clouds, with local differences of >10 Wm−2 for LW CRF15

and >20 Wm−2 for SW CRF. It is found in this work that the results of cloud fraction and
CRF are very sensitive to the chosen of Lcf, especially in the Tropics and mid-latitude
storm track regions. Therefore a constant value of Lcf can always lead large bias in
climate simulations.

The effect of horizontal inhomogeneity of cloud condensation was then considered20

by including an observation-based gamma function in an additional test. The changes
compared with its PPH counterpart test were strikingly significant, with decreases in
global mean TOA longwave and shortwave CRF of ∼1.2 Wm−2 and ∼3.7 Wm−2, re-
spectively, making the simulation results much closer to the observations. This empha-
sizes the importance of addressing cloud horizontal distribution in GCMs along with the25

cloud overlap issue. However, the cloud horizontal inhomogeneity has not been paid
enough attention in climate simulations so far.

For simulated climate, the changes in cloud structures showed a notable effect on
surface temperatures in mid–high latitudes, with the largest zonal mean differences
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being about 1 K, exceeding the differences between the new and old configurations.
The impacts on precipitation and atmospheric temperature were minor. However, it
should be noted that we did not here include sea–atmosphere interaction, which could
enlarge the effect of the signal imposed by the changing cloud structures.

The results of this study are encouraging for future improvement of the McICA. By5

analyzing the CloudSat dataset, Zhang et al. (2013b) have found that the decorrela-
tion depth is usually changeable from 0–3 km or more depending on area and season,
except for individual areas with values larger than 9 km. However, the current McICA
scheme usually adopts the decorrelation depth of a constant 2 km over the globe. Be-
cause of the substantial flexibility of the McICA scheme, a more realistic cloud overlap10

assumption or cloud horizontal distribution, achieved from satellite observations or any
other objective sources, could be used to constrain the model simulation. Therefore, to
make full use of the new scheme, we will consider, as our next work, ways to obtain
changeable and reasonable information on global decorrelation depths and implement
these into GCMs.15

Acknowledgements. This work was financially supported by National Basic Research Program
of China (2011CB403405 and 2012CB955303). The authors would like to give thanks to McICA
authors for the code.

The English in this document has been checked by at least two professional editors, both
native speakers of English. For a certificate, please see: http://www.textcheck.com/certificate/20

LpJMwJ.

References

Baum, B. A., Heymsfield, A. J., Yang, P., and Bedka, S. T.: Bulk Scattering Properties for the
Remote Sensing of Ice Clouds, Part I: Microphysical Data and Models, J. Appl. Meteorol.,
44, 1885–1895, 2005.25

Barker, H. W.: Overlap of fractional cloud for radiation calculations in GCMs: A
global analysis using CloudSat and CALIPSO data, J. Geophys. Res., 113, D00A01,
doi:10.1029/2007JD009677, 2008.

4957

http://www.geosci-model-dev-discuss.net
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-print.pdf
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-discussion.html
http://creativecommons.org/licenses/by/3.0/
http://www.textcheck.com/certificate/LpJMwJ
http://www.textcheck.com/certificate/LpJMwJ
http://www.textcheck.com/certificate/LpJMwJ
http://dx.doi.org/10.1029/2007JD009677


GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
a

per
|

D
iscussion

P
a

per
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

Barker, H. W. and Räisänen, P.: Radiative sensitivities for cloud structural properties that are
unresolved by conventional GCMs, Q. J. Royal Meteorol. Soc., 131, 3103–3122, 2005.

Barker, H. W., Stephens, G. L., and Fu, Q.: The sensitivity of domain-averaged solar fluxes to
assumptions about cloud geometry, Q .J. Royal Meteorol. Soc., 125, 2127–2152, 1999.

Barker, H. W., Cole, J. N. S., Morcrette, J. J., Pincus, R., Räisänen, P., von Salzen, K., and5

Vaillancourt, P. A.: The Monte Carlo independent column approximation: an assessment
using several global atmospheric models, Q. J. Royal Meteorol. Soc., 134, 1463–1478, 2008.

Briegleb, B. P.: Delta-Eddington approximation for solar radiation in the NCAR Community Cli-
mate Model, J. Geophys. Res., 97, 7603–7612, 1992.

Cahalan, R. F., Ridgway, W., Wiscombe, W. J., Gollmer, S., and Harshvardhan, Independent10

Pixel and Monte Carlo Estimates of Stratocumulus Albedo, J. Atmos. Sci., 51, 3776–3790,
1994.

Carlin, B., Fu, Q., Lohmann, U., Mace, G. G., Sassen, K., and Comstock, J. M.: High-Cloud
Horizontal Inhomogeneity and Solar Albedo Bias, J. Clim., 15, 2321–2339, 2002.

Clough, S. A. and Iacono, M. J.: Line-by-line calculation of atmospheric fluxes and cooling15

rates 2: Application to carbon dioxide, ozone, methane, nitrous oxide and the halocarbons,
J. Geophys. Res., 100, 16519–16535, 1995.

Coakley, J. A., Cess, R. D., and Yurevich, F. B.: The Effect of Tropospheric Aerosols on the
Earth’sRadiation Budget: A Parameterization for Climate Models, J. Atmos. Sci., 40, 116–
138, 1983.20

Collins, W. D.: Parameterization of Generalized Cloud Overlap for Radiative Calculations in
General Circulation Models, J. Atmos. Sci., 58, 3224–3242, 2001.

Collins, W. D., Hackney, J. K., and Edwards, D. P.: An updated parameterization for infrared
emission and absorption by water vapor in the National Center for Atmospheric Research
Community Atmosphere Model, J. Geophys. Res., 107, doi:10.1029/2001JD001365, 2002.25

Ebert, E. E. and Curry, J. A.: A Parameterization of Ice Cloud Optical Properties for Climate
Models, J. Geophys. Res, 97, 3831–3836, 1992.

Ellingson, R. G., Ellis, J., and Fels, S.: The Intercomparison of Radiation Codes Used in Climate
Models: Long Wave Results, J. Geophys. Res., 96, 8929–8953, 1991.

Fu, Q.: An Accurate Parameterization of the solar radiative properties of cirrus clouds for climate30

models, J. Clim., 9, 2058–2082, 1996.
Fu, Q. and Liou, K. N.: On the Correlated k-Distribution Method for Radiative Transfer in Non-

homogenecous Atmospheres, J. Atmos. Sci., 49, 2139–2156, 1992.

4958
459

http://www.geosci-model-dev-discuss.net
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-print.pdf
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-discussion.html
http://creativecommons.org/licenses/by/3.0/
http://dx.doi.org/10.1029/2001JD001365


GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
aper

|
D

iscussion
P

aper
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

Gong, S. L., Barrie, L. A., Blanchet, J. P., von Salzen, K., Lohmann, U., Lesins, G., Spacek,
L., Zhang, L. M., Girard, E., Lin, H., Leaitch, R., Leighton, H., Chylek, P., and Huang, P.:
Canadian Aerosol Module: A size-segregated simulation of atmospheric aerosol processes
for climate and air quality models 1. Module development, J. Geophys. Res., 108, 864007,
doi:10.1029/2001JD002002, 2003.5

Hong, G., Yang, P., Baum, B. A., Heymsfield, A. J., and Xu, K. M.: Parameterization of Short-
wave and Longwave Radiative Properties of Ice Clouds for Use in Climate Models, J. Clim.,
22, 6287–6312, 2009.

IPCC: Climate Change 2007: Impacts, Adaptation and Vulnerability. Contribution of Work-
ing Group II to the Fourth Assessment Report of the Intergovernmental Panel on Climate10

Change, Cambridge University Press, Cambridge, 2007.
Jing, X. W. and Zhang, H.: Application and evaluation of McICA scheme in BCC_AGCM2.0.1,

AIP Conf. Proc., 1531, 756–759, doi:10.1063/1.4804880, 2013.
Kiehl, J. T. and Briegleb, B. P.: A new parameterization of the absorptance due to the 15 µm

band system of carbon dioxide, J. Geophys. Res., 96, 9013–9019, 199115

Kiehl, J. T. and Ramanathan, V.: Comparison of Cloud Forcing Derived From the Earth Radi-
ation Budget Experiment with That Simulated by the NCAR Community Climate Model, J.
Geophys. Res., 95, 11679–11698, 1990.

Kiehl, J. T., Hack, J. J., and Briegleb, B. P.: The simulated Earth radiation budget of the National
Center for Atmospheric Research Community Climate Model CCM2 and comparisons with20

the Earth Radiation Budget Experiment (ERBE), J. Geophys. Res., 99, 20815–20827, 1994.
Kratz, D. P.: The correlated k-distribution technique as applied to the AVHRR channels, J. Quan-

titative Spectrosc. Radiat. Transf., 53, 501–517, 1995.
Kristjansson, J. E., Edwards, J. M., and MitChell, D. L.: Impact of a new scheme for optical

properties of ice crystals on climates of two GCMs, J. Geophys. Res., 105, 10063–10079,25

2000.
Li, J., Dobbie, S., Räisänen, P., and Min, Q.: Accounting for unresolved clouds in a 1-D solar

radiative-transfer model, Q. J. Royal Meteorol. Soc., 131, 1607–1629, 2005.
Liang, X. Z. and Wu, X.: Evaluation of a GCM subgrid cloud-radiation interaction param-

eterization using cloud-resolving model simulations, Geophys. Res. Lett., 32, L06801,30

doi:10.1029/2001JD002002, 2005.
Lu, P., Zhang, H. and Jing, X. W.: The effects of different HITRAN versions on calculated long-

wave radiation and uncertainty evaluation, Acta Meteor. Sinica, 26, 389–398, 2012.

4959

http://www.geosci-model-dev-discuss.net
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-print.pdf
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-discussion.html
http://creativecommons.org/licenses/by/3.0/
http://dx.doi.org/10.1029/2001JD002002
http://dx.doi.org/10.1063/1.4804880
http://dx.doi.org/10.1029/2001JD002002


GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
a

per
|

D
iscussion

P
a

per
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

Mace, G. G. and Benson-Troth, S.: Cloud-Layer Overlap Characteristics Derived from Long-
Term Cloud Radar Data, J. Clim., 15, 2505–2515, 2002.

Morcrette, J. J. and Jakob, C.: The Response of the ECMWF Model to Changes in the Cloud
Overlap Assumption, Mon. Weather Rev., 128, 1707–1732, 2000.

Morcrette, J. J., Barker, H. W., Cole, J. S., Iacono, M. J., and Pincus, R.: Impact of a new5

radiation package, McRad, in the ECMWF Integrated Forecasting System, Mon. Weather
Rev., 136, 4773–4798, doi:10.1175/2008MWR2363.1, 2008.

Nakajima, T., Tsukamoto, M., Tsushima, Y., Numaguti, A., and Kimura, T.: Modeling of the
Radiative Process in an Atmospheric General Circulation Model, Appl. Opt., 39, 4869–4878,
2000.10

Naud, C. M., Del Genio, A., Mace, Gerald G., Benson, S., Clothiaux, E. E., and Kollias, P.:
Impact of Dynamics and Atmospheric State on Cloud Vertical Overlap, J. Clim., 21, 1758–
1770, 2008.

Neale, R. B., Chen, C. C., Andrew, G., Lauritzen, P. H., Park, S., Williamson, D. L., Conley, A. J.,
Garcia, R., Kinnison, D., Lamarque, J. F., Marsh, D., Mills, M., Smith, A. K., Tilmes, S., Vitt,15

F., Morrrison, H., Cameron-Smith, P., Collins, W. D., Iacono, M. J., Easter, R. C., Ghan, S.
J., Liu, X., Rasch, P. J., and Taylor, M. A.: Description of the NCAR Community Atmosphere
Model (CAM 5.0). NCAR Tech. Note TN-486, available at: http://www.cesm.ucar.edu/models/
cesm1.2/cam/docs/description/cam5_desc.pdf, 2010.

Oleson, K. W., Bonan, G. B., Schaaf, C., Gao, F., Jin, Y., and Strahler, A.: Assessment of20

global climate model land surface albedo using MODIS data, Geophys. Res. Lett., 30, 1443,
doi:10.10292002GL016749, 2003.

Oreopoulos, L. and Davies, R.: Plane Parallel Albedo Biases from Satellite Observations. Part
I: Dependence on Resolution and Other Factors, J. Clim., 11, 919–932, 1998.

Pincus, R., Barker, H. W., and Morcrette, J. J.: A fast, flexible, approximate technique for25

computing radiative transfer in inhomogeneous cloud fields, J. Geophys. Res., 108, 4376,
doi:10.1029/2002JD003322, 2003.

Pomroy, H. R. and Illingworth, A. J.: Ice cloud inhomogeneity: Quantifying bias in emissivity
from radar observations, Geophys. Res. Lett., 27, 2101–2104, 2000.

Räisänen, P. and Barker, H. W.: Evaluation and optimization of sampling errors for the Monte30

Carlo Independent Column Approximation, Q. J. Royal Meteorol. Soc., 130, 2069–2085,
2004.

4960
460

http://www.geosci-model-dev-discuss.net
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-print.pdf
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-discussion.html
http://creativecommons.org/licenses/by/3.0/
http://dx.doi.org/10.1175/2008MWR2363.1
http://www.cesm.ucar.edu/models/cesm1.2/cam/docs/description/cam5_desc.pdf
http://www.cesm.ucar.edu/models/cesm1.2/cam/docs/description/cam5_desc.pdf
http://www.cesm.ucar.edu/models/cesm1.2/cam/docs/description/cam5_desc.pdf
http://dx.doi.org/10.1029/2002JD003322


GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
aper

|
D

iscussion
P

aper
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

Räisänen, P. and Järvinen, H.: Impact of cloud and radiation scheme modifications on climate
simulated by the ECHAM5 atmospheric GCM, Q. J. Royal. Meteorol. Soc., 136, 1733–1752,
2010.

Räisänen, P., Barker, H. W., Khairoutdinov, M. F., Li, J., and Randall, D. A.: Stochastic genera-
tion of subgrid-scale cloudy columns for large-scale models, Q. J. Royal Meteorol. Soc., 130,5

2047–2067, 2004.
Ramanathan, V. and Downey, P.: A nonisothermal emissivity and absorptivity formulation for

water vapor, J. Geophys. Res., 91, 8649–8666, 1986.
Randles, C. A., Kinne, Myhre, S., Schulz, M., Stier, P., Fischer, J., Doppler, L., Highwood, E.,

Ryder, C., Harris, B., Huttunen, J., Ma, Y., Pinker, R. T., Mayer, B., Neubauer, D., Hitzen-10

berger, R., Oreopoulos, L., Lee, D., Pitari, G., Di Genova, G., Quaas, J., Rose, F. G., Kato,
S., Rumbold, S. T., Vardavas, I., Hatzianastassiou, N., Matsoukas, C., Yu, H., Zhang, F.,
Zhang, H., and Lu, P.: Intercomparison of shortwave radiative transfer schemes in global
aerosol modeling: results from the AeroCom Radiative Transfer Experiment, Atmos. Chem.
Phys., 13, 2347–2379. doi:10.5194/acp-13-2347-2013, 2013.15

Rasch, P. J. and Kristjansson, J. E.: A comparison of the CCM3 model climate using diagnosed
and predicted condensate parameterizations, J. Clim., 11, 1587–1614, 1998.

Rothman, L. S., Barbe, A. , Chris Benner, D., Brown, L. R., Camy-Peyret, C., Carleer, M. R.,
Chance, K., Clerbaux, C., Dana, V., Devi, V. M., Fayt, A., Flaud, J. M., Gamache, R. R.,
Goldman, A., Jacquemart, D., Jucks, K. W., Lafferty, W. J., Mandin, J. Y., Massie, S. T.,20

Nemtchinov, V., Newnham, D. A., Perrin, A., Rinsland, C. P., Schroeder, J., Smith, K. M.,
Smith, M. A. H., Tang, K., Toth, R. A., Vander Auwera, J., Varanasi, P., and Yoshino, K.: The
HITRAN molecular spectroscopic database: edition of 2000 including updates through 2001,
J. Quantitative Spectrosc. Radiat. Transf., 82, 5–44, 2003.

Shonk, J. K. P. and Hogan, R. J.: Tripleclouds: An Efficient Method for Representing Horizontal25

Cloud Inhomogeneity in 1-D Radiation Schemes by Using Three Regions at Each Height, J.
Clim., 21, 2352–2370, 2008.

Shonk, J. K. P., Hogan, R. J., Edwards, J. M., and Mace, G. G.: Effect of improving represen-
tation of horizontal and vertical cloud structure on the Earth’s global radiation budget. Part I:
Review and parametrization, Q. J. Royal Meteorol. Soc., 136, 1191–1204, 2010.30

Slingo, A.: A GCM Parameterization for the Shortwave Radiative Properties of Water Clouds,
J. Atmos. Sci., 46, 1419–1427, 1989.

4961

http://www.geosci-model-dev-discuss.net
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-print.pdf
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-discussion.html
http://creativecommons.org/licenses/by/3.0/
http://dx.doi.org/10.5194/acp-13-2347-2013


GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
a

per
|

D
iscussion

P
a

per
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

Stephens, G. L., Wood, N. B., and Gabriel, P. M.: An Assessment of the Parameterization of
Subgrid-Scale Cloud Effects on Radiative Transfer. Part I: Vertical Overlap, J. Atmos. Sci.,
61, 715–732, 2004.

Stubenrauch, C. J., Rossow, W. B., Chéruy, F., Chédin, A., and Scott, N. A.: Clouds as Seen
by Satellite Sounders (3I) and Imagers (ISCCP), Part I: Evaluation of Cloud Parameters, J.5

Clim., 12, 2189–2213, 1999.
Sun, Z. and Rikus, L.: Improved application of ESFT to inhomogeneous atmosphere, J. Geophy.

Res., 104, 6291–6303, 1999.
Tian, L. and Curry, J. A.: Cloud Overlap Statistics, J. Geophys. Res., 94, 9925–9935, 1989.
Uppala, S. M., KÅllberg, P. W., Simmons, A. J., Andrae, U., Bechtold, V. Da Costa, Fiorino, M.,10

Gibson, J. K., Haseler, J., Hernandez, A., Kelly, G. A., Li, X., Onogi, K., Saarinen, S., Sokka,
N., Allan, R. P., Andersson, E., Arpe, K., Balmaseda, M. A., Beljaars, A. C. M., Berg, L. Van
De, Bidlot, J., Bormann, N., Caires, S., Chevallier, F., Dethof, A., Dragosavac, M., Fisher,
M., Fuentes, M., Hagemann, S., Hólm, E., Hoskins, B. J., Isaksen, L., Janssen, P. A. E. M.,
Jenne, R., McNally, A. P., Mahfouf, J. F., Morcrette, J. J., Rayner, N. A., Saunders, R. W.,15

Simon, P., Sterl, A., Trenberth, K. E., Untch, A., Vasiljevic, D., Viterbo, P., and Woollen, J.:
The ERA-40 re-analysis, Q. J. Royal Meteorol. Soc., 131, 2961–3012, 2005.

Wei, X. D. and Zhang, H.: Analysis of optical properties ofnonspherical dust aerosols, Acta
Optica. Sinica, 31, 0501002-1, 2011.

Wu, T. W. and Wu, G. X.: An empirical formula to compute snow cover fraction in GCMs, Adv.20

Atmos. Sci., 21, 529–535, 2004.
Wu, T., Yu, R., Zhang, F., Wang, Z., Dong, M., Wang, L., Jin, X., Chen, D., and Li, L.: The Beijing

Climate Center atmospheric general circulation model: description and its performance for
the present-day climate, Clim. Dyn., 34, 123–147, doi:10.1007/s00382-008-0487-2, 2010.

Wyser, K.: The Effective Radius in Ice Clouds, J. Clim., 11, 1793–1802, 1998.25

Xie, P. and Arkin, P. A.: Global Precipitation: A 17-Year Monthly Analysis Based on Gauge
Observations, Satellite Estimates, and Numerical Model Outputs, Bull. Am. Meteorol. Soc.,
78, 2539–2558, 1997.

Yan, H.: The design of a nested fine-mesh model over complex topography part 2: parameteri-
zation of sub grid physical processes, Plateau Meteorol, 6, 64–139, 1987(in Chinese).30

Yang, P., Wei, H., Huang, H. L., Baum, B. A., Hu, Y. X., Kattawar, G. W., Mishchenko, M. I.,
and Fu, Q.: Scattering and absorption property database for nonspherical ice particles in the
near- through far-infrared spectral region,. Appl. Opt., 44, 5512–5523, 2005.

4962
461

http://www.geosci-model-dev-discuss.net
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-print.pdf
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-discussion.html
http://creativecommons.org/licenses/by/3.0/
http://dx.doi.org/10.1007/s00382-008-0487-2


GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
aper

|
D

iscussion
P

aper
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

Zhang, G. and Mu, M.: Effects of modification to the Zhang-Mcfarlane convection parame-
terization on the simulation of the tropical precipitation in the National Center for Atmo-
sphere Research Community Climate Model, Version 3, J. Geophys. Res., 110, D09109,
doi:10.1029/2004JD00517, 2005.

Zhang, F., Liang, X. Z., Li, J., and Zeng, Q.: Dominant roles of subgrid-scale cloud struc-5

tures in model diversity of cloud radiative effect, J. Geophys. Res., 118, 7733–7749,
doi:10.1002/jgrd.50604, 2013a.

Zhang, H., Nakajima, T., Shi, G., Suzuki, T., and Imasu, R.: An optimal approach to overlapping
bands with correlated k-distribution method and its application to radiative calculations, J.
Geophys. Res., 108, 4641, doi:10.1029/2002JD003358, 2003.10

Zhang, H., Peng, J., Jing, X. W., and Li, J.: The features of clouds overlapping in Eastern Asia
and their effect on cloud radiative forcing, Sci. China Earth Sci. ,56, 737–747, 2013b.

Zhang, H., Shi, G., Nakajima, T., and Suzuki, T.: The effect of the choice of the k-interval number
on radiative calculation, J. Quant. Spectro. Rad. Trans., 98, 31–43, 2006a.

Zhang, H., Suzuki, T., Nakajima, T., Shi, G., Zhang. X., and Liu, Y.: Effects of band division on15

radiative calculations, Opt. Eng., 45, 016002, doi:doi:10.1117/1.2160521, 2006b.
Zhang, H., Wang, Z., Wang, Z., Liu, Q., Gong, S., Zhang, X., Shen, Z., Lu, P., Wei, X., Che, H.,

and Li, L.: Simulation of direct radiative forcing of aerosols and their effects on East Asian
climate using an interactive AGCM-aerosol coupled system, Clim. Dyn., 38, 1675–1693,
2012.20

Zhou, C. H., Gong, S. L., Zhang, X. Y., Liu, H. L., Xue, M., Cao, G. L., An, X. Q., Che, H. Z.,
Zhang, Y. M., and Niu, T.: Towards the improvements of simulating the chemical and optical
properties of Chinese aerosols using an online coupled model CUACE/Aero, Tellus B, 64,
18965, doi:10.3402/tellusb.v64i0.18965, 2012.

4963

http://www.geosci-model-dev-discuss.net
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-print.pdf
http://www.geosci-model-dev-discuss.net/6/4933/2013/gmdd-6-4933-2013-discussion.html
http://creativecommons.org/licenses/by/3.0/
http://dx.doi.org/10.1029/2004JD00517
http://dx.doi.org/10.1002/jgrd.50604
http://dx.doi.org/10.1029/2002JD003358
http://dx.doi.org/doi:10.1117/1.2160521
http://dx.doi.org/10.3402/tellusb.v64i0.18965


GMDD
6, 4933–4982, 2013

Application and
evaluation of McICA

scheme

H. Zhang et al.

Title Page

Abstract Introduction

Conclusions References

Tables Figures

J I

J I

Back Close

Full Screen / Esc

Printer-friendly Version

Interactive Discussion

D
iscussion

P
a

per
|

D
iscussion

P
a

per
|

D
iscussion

P
aper

|
D

iscussion
P

aper
|

Table 1. Comparison of the new and old schemes.

Old New

Absorbing gases in LW H2O, CO2, and O3
CH4, N2O, CFC11, CFC12

The same as in Old

Absorbing gases in SW H2O, CO2, O3, and O2 H2O, CO2, O3, N2O, and O2

Range of LW 0–2000 cm−1 0–2680 cm−1

Range of SW 2000–50000 cm−1 2110–49000 cm−1∗

Band transmittance scheme Band model (LW: Kiehl and
Briegleb, 1991) (SW: Briegleb,
1992)

CKD scheme Zhang (2003,
2006a, 2006b)

RT solver in LW Absorptivity/emissivity
formulations Ramanathan
and Downey (1986)

Two-stream approximation
Nakajima et al. (2000)

RT solver in SW δ−Eddington method
Briegleb (1992)

δ−Eddington method
Coakley et al. (1983)

Cloud fraction parameterization Diagnostic scheme Rasch and
Kristjansson (1998)

The same as in OLD

Cloud optics LW: emissivity formulations
Ebert and Curry (1992)
SW: formulas of Slingo (1989)
for liquid and of Ebert and
Curry (1992) for ice

Ice cloud: computed using
data from Fu (1996), Yang et
al. (2005), and
Hong et al. (2009) liquid cloud:
Nakajima et al. (2000)

Cloud effective radius Ice cloud: Kristjansson et
al. (2000)
Liquid cloud: Kiehl et al. (1994)

Ice cloud: Wyser (1998)
Liquid cloud: the same as in Old

Cloud overlap Maximum random overlap
(MRO) Collins (2001)

McICA Räisänen and
Barker (2004), Barker et
al. (2008)

Aerosol-radiation coupling
scheme

BCC_AGCM2.0.1_CAM Zhang
et al. (2012)

BCC_AGCM2.0.1_CAM Zhang
et al. (2012)

∗ In the new scheme, contributions from the solar spectrum and terrestrial emission are mixed within 2110–2680 cm−1.
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Table 2. The modeled and observed (SW CRF)/(LW CRF). slopes in the tropical warm pool
region (10◦ S–20◦ N, 110◦ E–160◦ E).

OLD NEW_MRO_OL NEW_MRO NEW_GO1 NEW_GO2 NEW_GO3 NEW_GO2_IH OBS

ANN −1.17 −1.11 −0.94 −0.94 −1.01 −0.98 −0.98 −1.13
DJF −1.55 −1.51 −1.34 −1.49 −1.43 −1.41 −1.45 −1.14
JJA −1.83 −1.65 −1.51 −1.60 −1.57 −1.60 −1.58 −1.09
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 1 

Fig. 1. Global annual mean clear-sky net flux (F
clr

, left panels), all-sky net flux (F
net

, central panels), 2 

and CRF (right panels) for TOA LW (upmost row), surface LW (second row), TOA SW (third row), and 3 

surface SW (bottom row) from the various simulations and CERES_EBAF observations. 4 

  5 

Fig. 1. Global annual mean clear-sky net flux (F clr, left panels), all-sky net flux (F net, central
panels), and CRF (right panels) for TOA LW (upmost row), surface LW (second row), TOA
SW (third row), and surface SW (bottom row) from the various simulations and CERES_EBAF
observations.
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 1 

 2 

Fig. 2. F
clr

 (top), F
net 

(central), and CRF (bottom) at the TOA for LW (left) and SW (right) from OLD, 3 

NEW_MRO, NEW_MRO_OL, and CERES_EBAF observation. 4 

  5 

Fig. 2. F clr (top), F net (central), and CRF (bottom) at the TOA for LW (left) and SW (right) from
OLD, NEW_MRO, NEW_MRO_OL, and CERES_EBAF observation.
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 1 

 2 

Fig. 3. The annual mean differences in LW CRF among the (a) OLD, (b) NEW_MRO_OL, and (c) 3 

NEW_MRO simulations and CERES_EBAF observations with differences larger (smaller) than 8 (-8) 4 

Wm
-2

 shaded in yellow (blue). Annual mean differences between NEW_MRO_OL and OLD are shown 5 

in (d). 6 

  7 

Fig. 3. The annual mean differences in LW CRF among the (a) OLD, (b) NEW_MRO_OL, and
(c) NEW_MRO simulations and CERES_EBAF observations with differences larger (smaller)
than 8 (−8) Wm−2 shaded in yellow (blue). Annual mean differences between NEW_MRO_OL
and OLD are shown in (d).
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 1 

 2 

Fig. 4. The same as Fig. 3 but for SW CRF. Differences larger (smaller) than 10 (-10) Wm
-2

 are shaded in 3 

yellow (blue) in (a)–(c). 4 

  5 

Fig. 4. The same as Fig. 3 but for SW CRF. Differences larger (smaller) than 10 (−10) Wm−2

are shaded in yellow (blue) in (a–c).
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 1 

 2 

Fig. 5. Zonal annual mean clear-sky LW heating rate for (a) NEW_MRO_OL and (b) OLD and (c) the 3 

difference between them.  4 

  5 

Fig. 5. Zonal annual mean clear-sky LW heating rate for (a) NEW_MRO_OL and (b) OLD and
(c) the difference between them.
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 1 

 2 

Fig. 6. The same as Fig. 5, but for the all-sky LW heating rate. 

  

Fig. 6. The same as Fig. 5, but for the all-sky LW heating rate.
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 1 

Fig. 7. Zonal mean surface temperature in DJF (left) and JJA (right) from NEW_MRO (black dashed), 2 

OLD (black dotted), and ERA-40 reanalysis data (black solid), as well as the differences between 3 

NEW_MRO and ERA-40 (gray dashed) and between OLD and ERA-40 (gray dotted). 4 

  5 

Fig. 7. Zonal mean surface temperature in DJF (left) and JJA (right) from NEW_MRO (black
dashed), OLD (black dotted), and ERA-40 reanalysis data (black solid), as well as the differ-
ences between NEW_MRO and ERA-40 (gray dashed) and between OLD and ERA-40 (gray
dotted).
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Fig. 8. The same as Fig. 7 but for precipitation rate. The observational dataset is from Xie and
Arkin (1997).
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 1 

 2 

 3 

Fig. 9. Biases in zonal annual mean atmospheric temperature compared with ERA-40 reanalysis for (a) 4 

OLD and (b) NEW_MRO simulations and (c) the differences between NEW_MRO and OLD. 5 

  6 

Fig. 9. Biases in zonal annual mean atmospheric temperature compared with ERA-40 reanal-
ysis for (a) OLD and (b) NEW_MRO simulations and (c) the differences between NEW_MRO
and OLD.
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 1 

 2 

Fig. 10. The same as Fig. 9 but for specific humidity. 

 3 

  4 

Fig. 10. The same as Fig. 9 but for specific humidity.
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 1 

 2 

Fig. 11. The annual mean total cloud fraction (CTOT) from (a) the NEW_MRO and (b) ISCCP observations 3 

and the differences between ISCCP observations and (c) NEW_MRO, (d) NEW_GO1, (e) NEW_GO2, 4 

and (f) NEW_GO3. 5 

 6 

Fig. 11. The annual mean total cloud fraction (CTOT) from (a) the NEW_MRO and (b) IS-
CCP observations and the differences between ISCCP observations and (c) NEW_MRO, (d)
NEW_GO1, (e) NEW_GO2, and (f) NEW_GO3.
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 1 

Fig. 12. Differences in (a) total cloud fraction between simulations and ISCCP observations and (b) low 2 

(CLOW), (c) middle (CMED), and (d) high (CHGH) cloud fractions between NEW_GO1, NEW_GO2, 3 

NEW_GO3, and NEW_MRO.  4 

 5 

Fig. 12. Differences in (a) total cloud fraction between simulations and ISCCP observations
and (b) low (CLOW), (c) middle (CMED), and (d) high (CHGH) cloud fractions between NEW_GO1,
NEW_GO2, NEW_GO3, and NEW_MRO.
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1 

Fig. 13. Differences in LW CRF between NEW_GO1, NEW_GO2, and NEW_GO3 and NEW_MRO in DJF 2 

(left) and JJA (right). 3 

  4 

Fig. 13. Differences in LW CRF between NEW_GO1, NEW_GO2, and NEW_GO3 and
NEW_MRO in DJF (left) and JJA (right).
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 2 

Fig. 14. The same as Fig. 13, but for SW CRF. 

  3 

Fig. 14. The same as Fig. 13, but for SW CRF.
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 1 

 2 

Fig. 15. Zonal mean biases in surface temperature of McICA simulations with different cloud 3 

configurations during (a) DJF and (b) JJA compared with ERA-40 reanalysis. 4 

  5 

Fig. 15. Zonal mean biases in surface temperature of McICA simulations with different cloud
configurations during (a) DJF and (b) JJA compared with ERA-40 reanalysis.
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 2 

Fig. 16. The same as Fig. 15, but for precipitation rate. 

 3 

  4 

Fig. 16. The same as Fig. 15, but for precipitation rate.
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 1 

 2 

Fig. 17. Differences in (a–b) LW CRF and (c–d) SW CRF between NEW_GO2_IH and NEW_GO2. 3 

 4 

 

Fig. 17. Differences in (a–b) LW CRF and (c–d) SW CRF between NEW_GO2_IH and
NEW_GO2.
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Characteristics of cloud overlap over Eastern Asia are analyzed using a three-year dataset (2007–2009) from the cloud observ-

ing satellite CloudSat. Decorrelation depth *
cfL  is retrieved, which represents cloud overlap characteristics in the simulation 

of cloud-radiation processes in global climate models. Results show that values of *
cfL  in six study regions are generally 

within the range 0–3 km. By categorizing *
cfL  according to cloud amount in subregions, peak *

cfL  appears near subregions 

with cloud amount between 0.6 and 0.8. Average *
cfL  is 2.5 km. *

cfL  at higher altitudes is generally larger than at lower lati-

tudes. Seasonal variations of *
cfL  are also clearly demonstrated. The sensitivity of cloud radiative forcing (CRF) to *

cfL  in 

Community Atmosphere Model 3.0 of the National Center for Atmospheric Research (CAM3/NCAR) is analyzed. The result 

shows that *
cfL  can have a big impact on simulation of CRF, especially in major monsoon regions and the Mid-Eastern Pacif-

ic, where the difference in CRF can reach 40–50 W m2. Therefore, accurate parameterization of cloud vertical overlap struc-
ture is important to CRF simulation and its feedback to climate. 

cloud overlap hypothesis, decorrelation depth, CloudSat, stochastic cloud generator (SCG), cloud radiation 
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The formation and distribution of cloud is a combined result 
of thermodynamic, dynamic, and earth surface processes 

[1–4]. Clouds play a key role in the earth atmosphere sys-
tem [5] and are important in the radiation budget and global 
hydrologic cycle. They also impact climate change. How-
ever, simulation of clouds is always a difficult problem in 
climate modeling [6, 7], which makes them one of the big-
gest uncertainties in the study of climate change. Therefore, 

accurate description of clouds and cloud radiative processes 
is necessary to reduce uncertainty of cloud radiative feed-
back in climate models. 

In model simulation of cloud radiative processes, major 
uncertainty comes from treatment of cloud vertical overlap. 
Ground-based observation indicates [2] that clouds often 
vertically overlap. How to treat multi-layer cloud overlap 
can greatly influence the cloud radiative heating rate, which 
can in turn affect cloud development and radiation balance 
in the atmosphere and at the surface [8, 9]. In current gen-
eral circulation models (GCMs), clouds with scale smaller 
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than grid resolution are not distinguishable and can only be 
described by sub-grid parameterization. There is no univer-
sal theory to describe the distributions of cloud at different 
heights in sub-grid scale. In most GCMs, the commonly 
used hypothesis is maximum cloud overlap, random overlap, 
or a combination of the two [10–13]. It has been found that 
a combination of maximum and random overlap largely 
agrees with statistical characteristics of observed cloud dis-
tributions [14]. However, given limited observational data, 
such a hypothesis is not yet fully supported [15].  

Barker et al. [16] used the cloud resolving model (CRM) 
to conduct high-accuracy Monte Carlo simulation of con-
vective cloud. They found that overlap of simulated cloud 
differed from the commonly assumed maximum and ran-
dom overlap, leading to shortwave flux differences as high 
as 100 W m2. Li [17] found that among representative re-
search, radiation flux error caused by the overlap scheme 
widely used in GCMs could be 155 W m2, and heating rate 
error could reach 16 K d1. Liang and Wang [18] proposed a 
MOASAIC approach to handle the multiple layer cloud 
overlap issue, which treats the vertical relevance of cloud in 
GCM radiative parameterization explicitly. Their result 
shows that a GCM is very sensitive to the treatment of 
cloud vertical distribution. In comparison with the result of 
random cloud overlap, a GCM with explicit treatment of 
cloud relevance produces a very different distribution of 
atmospheric radiative heating rate––the middle and upper 
regions of the tropical and subtropical troposphere warm by 
over 3°C annually, and the stratosphere in the Northern 
Hemisphere polar region warms as much as 15°C in the 
nighttime. 

In general, the above three overlap schemes are charac-
terized by a fixed cloud description and are unable to repre-
sent true cloud overlap, which is strongly dependent on 
cloud type and spatial and temporal variation. For instance, 
extensive altostratus tends to coexist with cumulus, whereas 
cumulonimbus and cirrus often appear in tropical areas 
simultaneously. Adjacent clouds may have the greatest rel-
evance, whereas clouds separated by clear sky are relatively 
independent [18]. By considering such adjustable overlap 
factors, Hogan and Illingworth [19] proposed a cloud over-
lap scheme that assumes the actual total cloud amount is 
between maximum and random overlap. This scheme, 
called the general overlap hypothesis, makes the description 
of cloud overlap more flexible. In such a hypothesis, a pa-
rameter of decorrelation depth *

cfL  is proposed, which can 

effectively eliminate the dependence of cloud vertical 
structure on model vertical resolution. The *

cfL  currently 

reflects the relevance of cloud vertical overlap. Observa-
tional study of *

cfL  is in an initial stage. Based on satellite 

and ground-based radar observations, a global mean value 
of *

cfL  was obtained [20], and the commonly used value in 

GCMs is 2 km. However, spatial and temporal variation of 

*
cfL  is not known [20]. How to address uncertainty in cli-

mate models owing to a fixed value of *
cfL  is an interesting 

problem. Here, we conduct a related study over the China 
region using available satellite datasets, which permits pre-
cise evaluation of *

cfL . The result is used in a GCM to in-

dicate climate impact.  
On 28 April 2006, NASA launched the sun-synchronous, 

polar orbiting satellite CloudSat, which carries a 94 GHz 
millimeter wave radar with very high vertical resolution. 
Data from CloudSat makes it possible to conduct quantita-
tive research on characteristics of cloud vertical overlap. 

Recently, a new 3D sub-grid cloud scheme called the 
Stochastic Cloud Generator (SCG) has demonstrated unique 
advantages [16, 21–26]. It can describe cloud structure in-
dependent of radiative transfer module. Therefore, it is easy 
to adjust cloud structure without changing radiative transfer 
code. As a result, artificial uncertain factors in handling 
radiative transfer via complicated cloud structures can be 
avoided. The method of SCG, which facilitates adjustment 
of both cloud and radiation, provides good prospects for 
modeling cloud and cloud radiation interaction within cli-
mate models. 

We used datasets of the polar orbiting satellite CloudSat 
in combination with SCG, to analyze spatial and temporal 
variation of *

cfL  over Eastern Asia. Sensitivity of global 

cloud radiative forcing to *
cfL  will also be examined. 

1  Description and processing of CloudSat data 

Observed data was from the 94 GHz millimeter cloud pro-
filing radar (CPR) aboard CloudSat from 2007 to 2009. 
CloudSat is a cloud observing satellite. As indicated in Fig-
ure 1, each orbit of CloudSat is about 2 h, with 37081 scans. 
The satellite sub-point of each scan covers 1.1 km (along 
orbit direction) × 1.4 km (perpendicular to orbit direction). 
It scans 30 km in the vertical direction, yielding 125 layers, 
each of thickness 0.24 km. Data was stored in pixels of 1.1 
km × 1.4 km × 0.24 km. Recently, several level 2 products 
have also been retrieved.  

We used level 2 products of 2B-GEOPROF and 2B- 
GROPROF-Lidar (see http://cloudsat.cria.colostate.edu/data- 
specs.php). The former obtained data from the CPR, and the 
latter collocated the CPR information and lidar data from 
the CALIPO instrument aboard CALIPSO (Cloud-Aerosol 
Lidar and Infrared Pathfinder Satellite Observations). The 
CALIPSO has the same orbit as CloudSat, with only a 15 s 
time difference. This combination takes advantage of both 
millimeter-wave radar and lidar. We calculated data of 
CPR_Cloud_mask and Radar_Reflectivity in 2B-GEOPROF, 
and data of CloudFraction in 2B-GEO-PROF-Lidar. The in-
struction of CPR_Cloud_mask is shown in Table 1. 
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Figure 1  The orbit of CloudSat. 

Table 1  Explanation of CPR_Cloud_mask 

Value Explanation 

0 No cloud detected 

1 Likely bad data 

5 Likely ground clutter 

5–10 Weak detection found 

20–40 Cloud detected; the larger value, the smaller the 
chance of a false detection 

 
Data of Radar_Reflectivity are logarithmic values of ra-

dar reflectivity factor with unit dBZ. The minimum detecta-
ble signal of the CPR is about −30 dBZ. Data of CloudFrac-
tion are the fraction of cloud within a CPR pixel detected by 
the CALIPO lidar. Therefore, when the data of each pixel 
satisfy Radar_Reflectivity 30 dBZ and CPR_Cloud_ 
mask 20, or Radar_Reflectivity 30 dBZ, CPR_Cloud_ 
mask 20 and CloudFraction 99%, we assume cloud in the 
pixel. This procedure is shown Figure 2. 

Figure 3 shows the five study regions in Eastern Asia, 
divided according to local climatic characteristics; Eastern 
Asia is the sixth region. These are northern regions (North), 
southern regions (South), northwest regions (NW), Western 
regions (West), eastern oceans (EO), and all of Eastern Asia 
(Total). We defined an area consisting of 50 scanning pro-
files as a subregion. Each subregion has an area of 50 
(number of profiles) × 1.1 km (along track) × 1.4 km (cross 
track) × 125 (vertical layer numbers) × 0.24 km (layer 
thickness). After the calculation of decorrelation depth in 
each subregion, the statistic characteristics of the six study 
regions were analyzed. 

2  Method 

2.1  Scheme description 

In most climate models, the commonly used cloud overlap 
scheme is maximum overlap, random overlap, or their com-
bination. Maximum overlap considers the overlapping area 
of a cloud block as the maximum. Random overlap consid-
ers locations of cloud blocks as completely random. In their  

 

Figure 2  The schematic of cloud determination. 

 
combination, with adjacent cloud layers, such clouds are 
assumed the same cloud and have maximum overlap; when 
two cloud blocks are separated by at least one clear-sky 
layer, they are assumed to have random distribution. Hogan 
and Illingworth [19] proposed a new cloud overlap hypothesis-     
general overlap. It assumes the actual total cloud amount is 
between maximum and random overlap, which makes the 
expression of cloud overlap closer to reality. This scheme 
determines the cloud overlap relationship according to ver-
tical correlation between cloud layers. 

If Ck and Cl stand for the cloud amount of two cloud lay-
ers, and Ck,l is their total cloud amount, the general overlap 
hypothesis can be expressed as 

 max
, , , , .(1 ) ,ran

k l k l k l k l k lC C C     (1) 

where max
, max( , )k l k lC C C  and , .ran

k l k l k lC C C C C   ,k l  

is called the overlapping parameter, which indicates the 
degree of overlap of two layers. The larger the ,k l , the 

larger overlapping area between the two layers k and l. The 
overlapping parameter can be expressed as [19]: 
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Figure 3  The schematic of regional divisions in this work. 
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where Z is height of the cloud layer and Lcf
 (Z) is the 

so-called decorrelation depth Lcf. In the following, *
cfL

 
stands for the retrieved value of decorrelation depth. Lcf 
indicates the distance at which ,k l  decays to e1, where e 

is the natural exponential. ,k l  must be greater than 0. 

Since , ,
, max
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,
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k j k l
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 if the total cloud amount of the 

two cloud layers is less than 100% and they do not com-
pletely overlap each other, then , , .ran

k l k lC C  This makes 

,k l  smaller than 0, since max
, , .ran

k l k lC C  This situation is 

not proper for definition of the overlapping parameter. It is 
also not proper if ,k l  equals 0, since the cloud amount of 

any layer is equal to 1. However, such situations rarely oc-
cur. 

When given a cloud vertical profile in a GCM grid, we 
coupled SCG into CAM3.0 of the NCAR global atmos-
pheric GCM to simulate sub-grid cloud structure, by which 
the cloud amount of such a grid was obtained. Using SCG, 
three initial conditions must be set––the cloud overlap hy-
pothesis, cloud vertical profile, and value of Lcf. SCG can 
simulate high resolution, 3D sub-grid cloud structure, based 
on the cloud vertical profile (cloud cover, water/ice content 
of each model layer) in a model grid. The average of all the 
sub-grids must be consistent with the previous set grid mean, 
though the locations of sub-grid clouds can be different. 
Based on the general overlap hypothesis and by inputting 

the cloud vertical profile obtained from CloudSat data, SCG 
generates the cloud sub-grid structure with a defined total 
cloud amount, for a given value of Lcf. Therefore, we ob-
tained a functional relationship between cloud amount and 

Lcf, denoted as ˆ ( ).cfC L  By changing the value of Lcf, 

*ˆ ( )cfC L  changes accordingly; when *ˆ ( )cfC L  is equal to the 

total cloud amount from CloudSat data, *
cfL  is then con-

sidered the scaled parameter that properly represents cloud 
overlap in the grid. The basic physics of this method is such 
that realistic sub-grid cloud structures can be simulated by 
SCG, as long as the general overlap hypothesis is nearly 
true. 

By checking CloudSat data from 2007 to 2009, we found 
the global mean sea level altitude in the 105th among 125 
radar scanning layers. Therefore, only information from the 
top layer to 104th layer was used. However, the number of 
sub-grids in three spatial directions must be set in SCG to 
simulate the 3D sub-grid cloud structures; a larger sub-grid 
number generally results in better cloud sub-grid structure 
simulation [21–23]. Along with setting the sub-grid number 
in the vertical direction to 104 (corresponding to the layer 
number of data), we set the sub-grid number in the portrait 
direction to 1. Consequently, the sub-grid number in the 
landscape direction is the only parameter that influences 3D 
cloud simulation in SCG. We have checked the impact on 
the result by considering different sub-grid numbers in the 
landscape direction. It was found that when the sub-grid 
number is progressively increased from 1000, 2000, 5000 to 
10000, biases of *

cfL  decrease from 0.01 to 0.001. Howev-

er, when the sub-grid number is continuously increased to 
20000, biases are maintained at 0.001. Therefore, we chose 
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10000 as the sub-grid number in the landscape direction. In 
the following, we define the area consisting of 50 CPR pro-
files as a subregion. Therefore, a subregion contains 50 
(number of profiles) × 1.1 km (along track) × 1.4 km (cross 
track) × 104 (number of vertical layers) × 0.24 km (vertical 
layer thickness). Each subregion was divided into 3D 
sub-grids of (104 × 1 × 1000), in that cloud sub-grid struc-
tures and total cloud amount were generated by SCG.  

2.2  Approach to obtain *
cfL  

The subregion range from 33.48°N, 98.73°E to 34.44°N, 
98.46°E was chosen within orbit 03609 of January 2007. 
Total cloud amount in this subregion was 0.85, according to 
CloudSat data. The observed vertical profile of cloud 
amount is shown in Figure 4(a) as the dotted line. In SCG 
calculations, by gradually changing Lcf input from 0.1 to 10 
km at an interval of 0.1 km, we obtain the function of 

*ˆ ( )cfC L , shown in Figure 4(b). In Figure 4(b), the simulated 

cloud amount is 0.848 when *
cfL =0.6 km, which is closest 

to the observed value of 0.85. Therefore, we take *
cfL = 0.6 

km as the decorrelation depth in this subregion, and the 
corresponding simulated cloud vertical profile from SCG is 
also shown in Figure 4(a). The error bar represents the dif-
ference between the simulated cloud vertical profile and 
observed cloud results (dotted line). The differences are 
within a very small range of 0.01 to 0.07, which shows that 

the cloud profile simulated by SCG agrees well with obser-
vations.  

3  Result and discussion 

3.1  Decorrelation depth 

After checking the feasibility of the research method in a 
single subregion, we calculated the *

cfL  of all the subre-

gions (Figure 5). *
cfL  is generally within the range 0–3 km 

for most subregions (over 90%); in only a few cases, it was 
as large as 9 km. This result agrees with previous studies 
[20]. To obtain all characteristics for each region, mean 
values of *

cfL  in the six study regions were calculated. Ta-

ble 2 lists the sampling numbers and mean values of *
cfL  in 

these regions, in four seasons from 2007 to 2009. In addi-
tion, *

cfL  are categorized into 20 groups based on cloud 

amount in the subregions from ˆ [0,  0.05)C  to 
ˆ [0.95,  1.0),C  with step 0.05. The result of ˆ 1C   was 

removed, because it does not satisfy eq. (2). The frequency 

of occurrence of ˆ 1C   in different study regions is within 
10%–15%. However, sample numbers of the remaining 
subregions still meet the requirement of this study. Figure 5 

shows mean values of *
cfL  as a function of cloud amount 

in the study regions, over the four seasons. 
 

 

Figure 4  (a) Differences of observed and generated cloud amount at different altitudes; (b) cloud function as Lcf ˆ( ( ))cfC L  at subregions from 33.48°N, 

98.73°E to 34.44°N, 98.46°E. 

Table 2  The mean value of *
cfL  and number of subregions for six regions in four seasons 

 Total NW North South West E.O 

Spring 0.97 km/48608 1.00 km/11572 0.98 km/8443 0.83 km/7801 1.00 km/8285 1.04 km/12507 

Summer 1.11 km/53815 1.35 km/12846 1.00 km/9166 0.95 km/8448 1.14 km/9259 1.11 km/14096 

Autumn 1.03 km/40474 1.12 km/9240 0.98 km/7331 0.82 km/6595 1.03 km /6671 1.22 km/10637 

Winter 0.95 km/44002 0.99 km/9785 1.10 km/7917 0.69 km/7196 0.91 km/7451 1.13 km/11653 
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Figure 5  The mean value of *
cfL  as functions of cloud amount for six regions in spring (a), summer (b), autumn (c), and winter (d). 

With increasing cloud amount, generally *
cfL  first in-

creases, then decreases. The peak *
cfL  was in subregions 

with cloud amount between 0.6 and 0.8. Average peak val-
ues of *

cfL  in the six regions were 2.12, 2.33, 2.04 and 2.15 

km for spring, summer, autumn and winter, respectively. 
When subregion cloud amounts were between 0.2 and 0.9, 

*
cfL  was generally larger at higher latitudes (such as North 

and NW) than at lower latitudes (such as South, EO). When 
subregion cloud amounts were 0.4–0.9, 

*
cfL  in the North 

and NW were still greater than in the EO, with differences 
of 0 to 3 km. With subregion cloud amounts less than 0.2, 

*
cfL  in the North and NW was equal to or slightly smaller 

than in the South and EO, with differences less than 0.5 km. 
Generally, *

cfL  in West was slightly larger than in the 

South and EO in summer, but between the values of those 
two regions in the remaining seasons.  

For seasonal variation, *
cfL  in the NW, West and South, 

which are in the western part of Eastern Asia, were maxi-
mum in summer, smaller in spring and autumn, and mini-
mum in winter. In summer, peak values of *

cfL  in the NW, 

Tibetan Plateau and South were 3.42, 2.41 and 1.85 km, 
which appeared near subregions with cloud amounts 0.72, 
0.83, 0.81, respectively. In winter, peak values decreased to 
2.22, 1.75 and 1.38 km, respectively, which all appeared 

near subregions with cloud amount 0.6. The *
cfL  in the EO  

and North, which are in the eastern part of Eastern Asia, 
were maximum in winter, smaller in spring and autumn, and 
minimum in summer. In summer, the peak values of *

cfL  in 

the EO and North were 1.82 and 2.28 km, respectively, ap-
pearing near subregions with cloud amounts 0.62 and 0.86; 
in winter, peak values increased to 2.28 and 3.15 km, and 
appeared near subregions with cloud amounts 0.62 and 0.86, 
respectively. The *

cfL  in West varied dramatically between 

summer and winter. The peak was 1.78 km and appeared 
near subregions with cloud amount 0.66 in winter, whereas 
in summer the peak significantly increased to 2.45 km, and 
appeared near subregions with cloud amount 0.78.  

Compared to the South and EO (regions partly or com-
pletely composed of oceans), the North and NW (inland re-
gions) are less moist, and the property of controlling air mass 
is relatively simple. Therefore, in the North and NW, clouds 
at different heights tend to be closer, but not greatly spread 
out. These clouds thus have greater vertical overlap, resulting 
in a larger * .cfL  The seasonal variations of *

cfL  across study 

regions show that clouds in the NW and South have greater 
vertical overlap in summer, and clouds in the North greater 
overlap in winter. As stated earlier, there is significant *

cfL  

change between winter and summer in West. This could be 
related to the character of the Tibetan Plateau. In winter, dy-
namic and thermal effects of this plateau produce higher hu-
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midity and more cloud compared to other regions that are 
under control of the East Asian winter monsoon. This causes 
complex cloud formation and variation, and lower relevance 
between vertical cloud blocks. However in summer, because 
of a strong heat source from solar radiation, the plateau has 
more convective clouds that have greater vertical relevance to 
each other, and this leads to a larger *

cfL  in that season. This 

phenomenon becomes more obvious when the cloud amount 
of this subregion is within 0.6–0.8. 

Next, *
cfL  and the grid mean cloud vertical profiles ob-

tained from CloudSat for all six subregions were input into 
SCG. We wished to discover whether the simulated cloud 
profiles were close to observations. The vertical distribu-
tions of mean cloud amount for each layer in the six regions 
from CloudSat are shown in Figure 6, for the four seasons. 
The error bar shows the difference between simulated and 
observed results, with a maximum value less than 0.02. 
Therefore, similar to the single subregion result, the simu-
lated total cloud amount is close to the observed. The simu-
lated mean cloud amounts at different layers also approxi-
mate the observations. The results shown in Figure 6 also 
indicate that the selection of grid number 10000 in the 
landscape direction is suitable for simulating cloud amount. 

In most GCMs, *
cfL  is generally set to 2 km, with no 

seasonal variation or geographic distribution. To evaluate 
the impact of this simple setting on cloud amount in climate 
models, we analyzed the difference between observed cloud 
amount Cobs and simulated cloud amount Cmod. Figure 7 

shows results of D = CmodCobs for the six regions, in dif-
ferent seasons. The gray lines show results of individual 
subregions, and colored lines the regional averages. The 
values of D are generally large for any individual subregion. 
Among all subregions, 82% of D values are less than 0.1, 
12% are from 0.1–0.2, and 6% are larger than 0.2. The peak 
value of D exceeds 0.4. However, the regional average of D 
is small, generally between 0.05 and 0.15 across different 
regions. For the study regions, Table 3 lists maxima of re-
gional average D in the four seasons, and related cloud 
amounts. Figure 7 and Table 3 demonstrate that simply set-
ting *

cfL = 2 km can cause errors in simulated cloud amount. 

Therefore, accurate parameterization of *
cfL  by consider-

ing geographical and seasonal variation is necessary. 

3.2  Sensitivity of cloud radiative forcing to *
cfL  

Based on the analysis of geographical distribution and sea-

sonal variation of * ,cfL  we now address the impact of *
cfL  

on the simulation of cloud radiative effect in the GCM, es-
pecially for cloud radiative forcing (CRF). CRF is defined 
as the difference in net radiative flux between cloudy and 
cloud-free conditions. This definition is applicable at the top 
of the atmosphere and at the surface [27]. SCG is coupled 
with CAM3/NCAR to conduct sensitivity tests, by setting 

*
cfL = 1, 2, and 3 km. These values are within the range of 

observed results shown in Figure 4. The model was run for  
 

 
Figure 6  The observational cloud amount as function of altitude for six regions during spring (a), summer (b), autumn (c), and winter (d). Here, error bars 
are the differences between the simulations and observations. 
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Table 3  The peak value of average differences of cloud amounts between simulations and observations, and observed cloud amounts of subregions where 
the peak value occurs for six regions in four seasons 

 
Total 

 
NW 

 
North 

 
South 

 
West 

 
E.O 

D 
Cloud 

amount 
D 

Cloud 
amount 

D 
Cloud 

amount 
D 

Cloud 
amount 

D 
Cloud 

amount 
D 

Cloud 
amount 

Spring 0.11 0.68  0.12 0.85  0.06 0.85  0.12 0.72  0.16 0.56  0.08 0.54 

Summer 0.12 0.85  0.11 0.86  0.12 0.65  0.11 0.85  0.13 0.84  0.13 0.87 

Autumn 0.10 0.83  0.08 0.44  0.09 0.46  0.11 0.44  0.13 0.86  0.13 0.86 

Winter 0.12 0.76  0.08 0.76  0.08 0.82  0.13 0.76  0.17 0.76  0.08 0.74 

 

 

Figure 7  The differences of cloud amount between simulations and observations changes with cloud amounts when *
cfL = 2 km in six regions for spring 

(a), summer (b), autumn (c) and winter (d).

September 1999 to December 2000. Taking the run of the 
first four months as the model adjustment time, the analysis 
is based on the remaining period. The CRF results based on 

*
cfL = 2 km were taken as the reference, and CRF differences 

between different *
cfL  were investigated. Figure 8 shows 

the longwave CRF in winter (January) of 2000. Figure 8(a) 

is the result of *
cfL = 2 km, Figure 8(b) and (c) shows dif-

ferences between *
cfL = 1 km and *

cfL = 2 km, and between 

*
cfL = 3 km and *

cfL = 2 km, respectively. It is seen that CRF 

is sensitive to *
cfL  across different regions, especially in 

several major monsoon zones. Figure 8(b) shows that the 

difference of long-wave CRF between *
cfL = 1 km and *

cfL = 

2 km exceeded 40 W m2 over large oceanic areas, located 
in the east of middle Africa and east of South America. 

While Figure 8(a) shows that the long-wave CRF of *
cfL = 2  

km in these two areas were between 50 and 90 W m2. The 
long-wave CRF in Southeast Asia monsoon regions was 
80–100 W m2 for *

cfL = 2 km, and the difference between 

*
cfL = 1 km and *

cfL = 2 km was generally positive, with the 

maximum exceeding 40 W m2. The difference between 
*
cfL = 1 km and *

cfL = 2 km in the mid-East Pacific is gener-

ally negative, with the maximum exceeding 50 W m2. Fig-
ure 8(c) shows that the difference in long-wave CRF over 
the mid-East Pacific has a negative contour, with absolute 
value over 50 W m2. This difference in central and western 
Africa, South Asia including the Tibetan Plateau, and the 
western Pacific is entirely negative, with absolute value 
over 20 W m2. There was a strong positive difference in 
Southeast Asia, with maximum over 50 W m2. 

Figure 9 shows corresponding results for summer (July). 
Again, the longwave CRF in principal monsoon regions was 
very sensitive to * .cfL  Compared to January, the sensitivity  
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Figure 8  (a) Long wave CRFs in January 2000 (unit: W m2) when 
*
cfL =2 km; (b) the difference of CRFs between *

cfL =1 km and *
cfL =2 km; 

and (c) the difference of CRFs between *
cfL =1 km and *

cfL =3 km. 

at high-latitude regions, such as Siberia, Canada and part of 
Antarctica, increased significantly. In summary, variation of 

*
cfL  could cause substantial differences in longwave CRF 

within climate models.  
Figure 10 reveals shortwave CRF results for January 

2000. Figure 10(a) shows shortwave CRF for *
cfL = 2 km, 

and Figure 10(b) and (c) shows differences between *
cfL = 1 

km and *
cfL = 2 km, and between *

cfL = 3 km and *
cfL = 2 

km. Figure 11 shows the corresponding result for July.  

 

Figure 9  Same as in Figure 8, but for July 2000. 

Compared to the long-wave results, short-wave CRF is 

more sensitive to * .cfL  Figure 10 shows that CRF in the 

major monsoon regions and mid-East Pacific were highly 

dependent on * .cfL  The greatest difference in shortwave 

CRF was in the Southeast Asia monsoon region, with over 
50 W/m2. The largest positive difference was in the 
mid-East Pacific, with over 50 W m2. Comparison of Fig-
ure 10(b) and (c) shows that the difference in short-wave 

CRF was generally larger between *
cfL = 3 km and *

cfL = 2 

km than between *
cfL = 1 km and *

cfL = 2 km. In July, there 

were obvious differences in the Southeast Asia monsoon 
region and mid-East Pacific. The difference in shortwave CRF 

between *
cfL = 1 km and *

cfL = 2 km was mainly in the East  
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Figure 10  Same as in Figure 8, but for shortwave. 

Asian monsoon regions, Central Australia and northern part 
of North America, whereas the corresponding difference 

between *
cfL = 3 km and *

cfL = 2 km was mainly in North-

east Africa, West-central Russia and Central Asia, with 
maximum difference in absolute value over 50 W m2. 

The above sensitivity tests show that both the intensity 
and distribution of model-simulated CRF can be strongly 

affected by varying * ,cfL  especially in the major monsoon 

regions and mid-East Pacific. This demonstrates the im-

portance in searching the correct *
cfL  in climate models. 

*
cfL  was fixed in the above sensitivity test, without geo-

graphical or seasonal variation, since the object was to  

 

Figure 11  Same as in Figure 9, but for shortwave. 

demonstrate the influence of *
cfL  on CRF. We believe that 

more interesting results will emerge with use of a true geo-
graphically and seasonally dependent * .cfL  

4  Conclusions 

Using a three-year CloudSat dataset and combining SCG 
with a climate model, we calculated the spatial distribution 
and seasonal variation of decorrelation depth *

cfL  for the 

first time in Eastern Asia. *
cfL  is the key parameter for 

vertical cloud overlap structure. The effect of *
cfL  on sim-

ulated CRF was discussed. The following are the main con-
clusions: 
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(1) *
cfL  in six study regions was generally from 0–3 km. 

By categorizing *
cfL  by cloud amount in subregions, its 

peak value appeared near subregions with cloud amount 
between 0.6 and 0.8. The average peak value was 2.5 km. 

(2) Regarding spatial variation, *
cfL  at higher altitudes 

(North and NW regions) was generally greater than at lower 
latitudes (West and South regions), and results for the EO 
and Total regions were intermediate. As cloud amount in 
subregions changed from 0 to 1.0, the difference of *

cfL  

between its maximum and minimum in the six regions was 
0–1.6 km, 0–2 km, 0–1.7 km, and 0–2.4 km in spring, 
summer, autumn and winter, respectively.  

(3) For seasonal variation, *
cfL  in the NW and West, 

which are in the western part of East Asia, was maximum in 
summer, smaller in spring and autumn, and minimum in 
winter. *

cfL  in the EO and North, which are in the eastern 

part of East Asia, was maximum in winter, smaller in spring 
and autumn, and minimum in summer.  

(4) Using a constant *
cfL = 2 km to simulate sub-grid 

cloud structure can result in error over 15% in cloud amount 
estimation, which can substantially influence CRFs. 

(5) *
cfL  significantly affected long-wave and short-wave 

CRFs, especially in several principal monsoon regions and 
the western part of East Asia, where the CRF difference 
reached 40–50 W m2. This indicates the importance of ac-
curate parameterization of * ,cfL  with realistic geographical 

and seasonal variation. This should be a direction for future 
study. 
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摘要    本文通过对云观测卫星-CloudSat 的 2007~2009 年 3 年的观测资料的分析, 研究

了东亚地区的云的垂直结构. 首次计算了在气候模式的云辐射过程中表征云的垂直结构

特征的一个重要参数: 抗相关厚度 * .cfL  本文结果表明: 6 个研究域的抗相关厚度基本处

于 0~3 km 的范围之中, 根据研究子域的云量不同来划分, 抗相关厚度极值出现在云量

为 0.6~0.8 的子域附近, 平均约为 2.5 km. 6 个研究域的 *
cfL 纬向差异明显, 处于较高纬度

的北方地区和西北地区的 *
cfL 整体大于较低纬的青藏高原地区和南方地区, 而东部海域

和东亚地区介于两者之间. 不同季节之间的差异表明东亚地区研究域和位于东亚地区西

部的西北地区, 青藏高原地区和南方地区三个研究域的 *
cfL 具有夏季最大, 春、秋次之, 冬

季最小的特点; 位于东亚地区较东部的东部海域和北方地区研究域的 *
cfL 则呈现出冬季

最大, 春秋次之, 夏季最小的特点. 其次, 利用全球气候模式研究了不同的 *
cfL 值对模拟

的云辐射强迫的影响, 研究结果表明, 不同 *
cfL 取值对模拟的云辐射强迫有很大影响, 特

别是对全球几个主要的季风区和中东太平洋地区的影响非常大, 最高达 40~50 W m2左

右. 因此, 在气候模式中精确描述云的垂直重叠结构对提高云辐射强迫模拟精度及其反

馈有重要的意义.  

关键词   

云重叠方案 

抗相关厚度 

CloudSat 云观测卫星 

随机云生成器 

云辐射 

  

 
 

云的形成与分布是大气各种热力、动力过程和地 

表过程共同作用的结果[1~4], 在地气系统中起着重要 

的作用[5], 是调节地球辐射平衡和全球水汽与水分循 

环的重要因子, 对气候变化有着重要影响. 但是对于 
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云的描述与模拟一直是气候模式中的薄弱环节 [6,7],  

使得云成为气候模拟和气候变化研究中最大的不确 

定因子之一. 因此, 气候模式作为气候变化研究的重 

要工具, 精确的描述云及云辐射过程是提高其对气 

候模拟能力的重要方面, 可以最大程度地减少云辐 

射反馈的不确定性.  

在气候模式对云辐射过程的模拟中, 云量垂直 

分布的不确定性是研究云对气候影响的最大障碍之 

一. 地表观测表明[2], 云层常常是重叠的, 多层云的 

重叠问题对大气和地表的辐射加热(或冷却)率有很 

大影响, 而云的加热率不仅影响云的发展, 也对大气 

和地表的辐射收支平衡产生重要影响[8,9]. 目前, 在 

大气环流模式(GCM)中, 小于 GCM 网格分辨率的云 

是不能被分辨的, 必须用一定的次网格参数化来描 

述. 到目前为止还没有普遍适用的理论来描述次网 

格尺度上不同高度的云应该怎样重叠, 所以, 必须事 

先规定云在垂直方向上的相关性. GCM 发展至今,  

最常用的云重叠假定分别为: 最大重叠, 随机重叠以 

及最大/随机重叠方案的组合 [10~13]. 三种假设之中,  

最大/随机重叠的组合方案与观测的云分布的统计特 

征最接近[14]. 但是, 由于观测资料的限制, 还不能完 

全支持这种假定[15].  

Barker 等[16]用云分辨模式(CRM)对对流云实施 

了高精度的蒙特卡罗(Monte Carlo)模拟, 发现模式云 

的重叠不同于通常假定的最大/随机重叠, 导致短波 

通量差别高达 100 W m2; Li[17]发现, 在一些代表性 

的研究中, 由 GCM 中通常使用的重叠方案带来的辐 

射通量误差可以达到 155 W m2, 加热率的误差高达 

16 K d1; Liang 和 Wang[18]提出了一个处理多层云重 

叠的“马赛克”(MOASAIC)方法, 在 GCM 辐射参数化 

中显式地考虑云的垂直相关, 结果表明, GCM 对云 

的垂直分布的处理非常敏感, 与假定随机云重叠的 

结果相比, 显式处理云相关的 GCM 结果具有非常不 

同的大气辐射加热率分布, 所导致的气候影响非常 

大: 热带和副热带对流层的中高层大气在全年变暖 

超过 3℃, 北半球极区平流层变得更暖, 最大超过 

15℃.  

总体而言, 以上三种重叠方案表达形式固定、不 

够灵活, 而实际上云的重叠关系是随时间、地点和云 

的类型等变化的. 例如, 大范围的高层云趋向于与积 

云同时存在, 而积雨云和卷云常常同时出现在热带 

地区; 相邻的云层可能具有最大的相关性, 而被晴空 

层分离的云层之间则是相互独立的 [18 ]. Hogan 和 

Illingworth[19]通过加入一个可调节的重叠系数, 将整 

体云层的真实云量假设为垂直各层云的最大重叠云 

量和随机重叠云量中的某一个值, 被称之为一般重 

叠假设方案, 它使云的重叠关系表达灵活可变. 研究 

发现, 重叠系数呈指数分布, 并因此获得了一种可以 

有效去除云垂直结构对于模式垂直分辨率的依赖的 

系数-抗相关厚度( *
cfL ). *

cfL 表示一般重叠假设方案 

内的重叠系数减小为 e1 时云层之间的距离, 其反应 

的是云层在垂直方向上的重叠关系. 有关抗相关厚 

度的观测研究在国际上处于起始阶段, 目前由卫星 

和地面雷达等观测尚不能明确给出其随时空的变化,  

仅能得到取值为 2 km 的全球平均. 因此常见的气候 

模式或将其简单参数化为一定值, 或线性拟合为随 

纬度变化的函数, 均无法描述出理论上的复杂性, 从 

而成为气候模式不确定性的重要来源之一[20], 因此 

有必要利用可以获得的卫星资料来进行中国地区的 

相关研究.  

在 2006 年 4 月美国航天航空局成功发射了太阳 

极轨云观测卫星 CloudSat, 其上搭载的 94 GHz 毫米 

波雷达具有非常高的垂直分辨率, 使得定量化研究 

云垂直重叠的特性成为可能.  

近年来一种新的、被称为随机云产生器(Stochastic  

Cloud Generator, SCG)的次网格云参数化方案显示出 

独特的优越性[16,21~26], 它可以将云的结构和辐射传输 

计算分离开来, 在辐射传输模块外描述云的结构, 因 

此可以很容易进行云的结构调整而不用涉及辐射传 

输代码的改变, 避免了人为不确定性因素的引入. 这 

种同时易于对云和辐射方案调整的方法为模式的发 

展提供了广阔的空间.  

1  卫星观测数据描述与处理 

本文采用了 CloudSat所搭载的 94 GHz毫米波云 

廓线雷达(CPR)提供的观测资料, 分析了 2007~2009 

年 3 整年的资料, CloudSat 卫星是 2006 年 4 月 28 日 

(UTC)由美国航天航空管理局(NASA)成功发射入太 

空的太阳极轨云观测卫星, 几周后开始获得相关数 

据. 如图 1 所示, CloudSat 每根轨道运行时间约为 2 h 

进行约 37081 次扫描, 扫描星下点为 1.1 km (沿轨道运 

行方向)×1.4 km(垂直轨道运行方向)的区域, 垂直方向 

扫描 30 km, 并分为厚度为 0.24 km 的 125 层, 探测的 
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图 1  CloudSat 轨道示意图 

信息以 1.1 km×1.4 km×0.24 km 的扫描格点为单位储

存, 目前已经反演出多种二级产品. 

本文工作主要使用了二级产品中 2B-GEOPROF

和 2B-GROPROF-Lidar(参见网站 http://cloudsat.cria. 

colostate.edu/dataspecs.php), 前者信息来自于 CloudSat

卫星上搭载的 94 GHz 毫米波雷达(CPR), 后者信息

同时整合了 CloudSat 搭载的 CPR 的信息和与

CloudSat 同轨道, 运行时差只有 15 s 的 CALIPSO 卫

星搭载的CALIPO激光雷达的信息, 结合两者可同时

发挥毫米波雷达和激光雷达的优点 . 我们用到了

2B-GEOPROF 产 品 中 的 CPR_Cloud_mask 和

Radar_Reflectivity数据以及 2B-GEOPROF-Lidar中的

CloudFraction 数据. 其中, CPR_Cloud_mask 的数据

说明见表 1.  

Radar_Reflectivity 中所含的信息是雷达的反射

率因子的对数表现值, 单位是 dbz, CPR 的最小可探

测信号约是 30 dbz; CloudFraction 所包含的数据

是经过 CALIPO 激光雷达探测到的扫描格点中云的

百 分 比 . 因此 , 当 每个扫 描格 点的 数据 满足

Radar_Reflectivity≥30 dbz 和 CPR_Cloud_mask≥20; 

或者 Radar_Reflectivity≥30 dbz 和 CPR_Cloud_mask≤ 

20 和 CloudFraction≥99%时, 我们认为该扫描格点

有云存在. 我们按照图 2 流程判定每个扫描格点是否

有云.  

表 1  CPR_Cloud_mask 数据值说明 

值 含义 

0 没有探测到云 

1 损坏的数据 

5 地面噪音 

5~10 弱探测信号 

20~40 探测到有云存在, 值越大, 探测越准 

 

图 2  判定扫描点是否有云流程 

图 3 给出本文选取的东亚地区及根据气候特征

划分的 5 个地区示意图. 共 6 个研究域, 包括整个东

亚地区, 北方地区, 南方地区, 西北地区, 青藏高原

地区和东部海域. 本文选取 50 个扫描廓线组成的部

分, 即 50(廓线个数)×1.1 km(星下点沿轨道运行方向

长度 )×1.4 km(星下点垂直轨道运行方向长度 )× 

125(垂直层数)×0.24 km(垂直每层厚度)作为一个整

体, 称之为子域, 计算出每个子域的抗相关厚度后, 

根据子域所处的研究域归类, 最后计算抗相关厚度

在 6 个研究域的统计特性.  

2  研究方法 

2.1  研究方案 

在气候模式中, 对于云层的垂直关系采用过不

同的假设方案, 依次有随机重叠, 即考虑不同云层之

间的重叠是完全随机的; 最大重叠, 即不同云层之间 
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图 3  研究区域示意图 

的重叠面积最大; 最大/随机重叠的组合, 在考虑重

叠的时候将云层按照其间是否存在无云区而划分为

两种情况, 存在无云区的时候认为两者是随机重叠, 

而不存在无云区的时候认为是最大重叠. Hogan 和

Illingworth[19]提出一种新的云重叠假设方法—— 一般

重叠, 即将任意两层云的真实云量假定在最大重叠

和随机重叠之中的一个值, 使云的重叠特征更加灵

活而趋于真实情况. 它根据两层云或者多层云之间

的垂直相关性判断其重叠关系, 使云的重叠结构具

有多样性.  

如果 Ck 和 Cl 分别代表两层云的云量, Ck,l 代表两

层作为一个整体的真实云量, 那么一般重叠假设可

以表示为  

 max ran
, , , , .(1 ) ,k l k l k l k l k lC C C     (1) 

其中, max
, max( , ),k l k lC C C  ran

, .k l k l k lC C C C C    ,k l

是两层云的重叠系数, 反映两层云之间的重叠程度, 

,k l 越大, 则重叠程度越高. 研究表明 [19], ,k l 可以

由以下公式计算:  

 ,

d
exp ,

( )

l

k

Z

k l
Z

cf

Z

L Z


 
   

 
  (2) 

其中, Z 是垂直高度, Lcf
 (Z)称为云的抗相关厚度(以下

简称为 Lcf, 而
*
cfL 表示本文反演后的值), 是两层云的

重叠系数减少到 e1 时的距离. 而该公式中的 ,k l 是

大于 0 的, 因此对于两层云完全不重叠, 并且云量总

和小于 100%时所导致的 ,k l 小于 0 以及任意层云量

ˆ 1C  时导致的 ,k l 等于 0是不适用的, 虽然这些情况

在极少数情况下可以出现.  

在 GCM 中, 当有了网格点中的各层云量, 即云

量廓线, 可以有许多种方法生成次网格的云分布, 以

便获得网格点的云量, 如前文所述, 我们将 SCG 放入

NCAR(The National Center for Atmospheric Research)
的全球大气模式 CAM3.0 中来完成这一过程. SCG 的

原理是通过建立高分辨率的三维次网格结构对任意

给定的模式格点云廓线的信息进行模拟, 在所有次

网格信息的平均依旧遵循于原格点廓线信息的同时, 

研究模式格点无法分辨的次网格水平上的云信息 . 

鉴于次网格随机产生的云仅需满足平均信息遵循原

廓线这一条件, 而在次网格尺度的上几何位置并无

限制, 所以可以十分灵活的基于任意给定的云重叠

方案进行模拟, 并且 SCG 已整合有随机重叠方案, 

最大/随机重叠方案与一般重叠方案[21], 因此非常适

用于通过对由卫星观测得到的云量廓线信息进行模

拟, 进而研究云的垂直重叠问题. 使用 SCG 时需要

给定 3 个初始条件: 假设的云重叠方案、云量垂直廓

线和抗相关厚度 *
cfL , 即可通过模拟的次网格云结

构获得网格点的总云量. 在这里, 云的垂直廓线由

CloudSat数据计算得到, 重叠方案我们选取了新的一 
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般重叠方案[19], 同时需要给定云的垂直重叠关系(即

设定抗相关厚度Lcf 的值)来完成模拟. 本文通过从

小到大设定 Lcf 的值来获得对网格点总云量 Ĉ 的不同

模拟值, 由此得到 ˆ ( )cfC L 这样一个函数关系. 我们通

过选取 *
cfL 使得 *ˆ ( )cfC L 与我们从 CloudSat 数据计算得

到的网格点总云量相同, 此时获得的 *
cfL 就是与观测

相一致的描述云重叠特性的尺度参数. 上述方法的

思路是在采用一般重叠假设方案的情况下, 给定云

量廓线(即各个高度上的云量), 通过调整云在垂直方

向的重叠关系(即调整 Lcf 的取值), 使 SCG 模拟出的

总云量与观测一致, 此时的重叠关系(即 *
cfL )就是正

确表述云重叠特性的参数. 我们检测了 2007~2009年

的卫星数据, 发现在 125 层雷达垂直扫描层中, 全球

平均海平面高度位于第 105 层, 因此我们只提取从扫

描顶层到第 104 层的探测信息. SCG 生成的是三维次

网格云的结构, 因此, 需要给定 3 个空间方向的格点

数目. 我们设定垂直方向为 104层与CloudSat的垂直

分层相对应; 纵向选取 1 层. 对横向的层的数目, 我

们测试了选取不同层数对计算结果的影响, 发现: 在

逐步增加层数为 1000, 2000, 5000 和 10000 模拟时, 
*
cfL 的随机误差有明显的降低, 从 0.01 的量级减少到

0.001 的量级 ,  而如果继续增加横向模拟层数到

20000 层时, 随机误差仍然位于 0.001 量级. 因此我们

对横向选取了 10000 层来进行计算. 同时我们选取: 

50(廓线个数)×1.1 km(星下点沿轨道运行方向长

度)×1.4 km(星下点垂直轨道运行方向长度)×104(垂

直层数)×0.24 km(每个垂直层的厚度)的卫星扫描区 

域作为研究的子域 , 每一个子域被我们分成

104×1×10000 的立体网格, 通过 SCG 在这些小网格

中生成云来模拟总云量和云量的垂直廓线.  

2.2  获取 *
cfL 的方法 

我们首先选取了 2007 年 1 月份的第 03609 轨道中

经纬度范围(98.732°~98.461°E, 33.482°~34.441°N)作

为研究的子域. 首先, 从 CloudSat数据计算出该子域

的总云量为 0.85, 然后计算出云量的垂直廓线(图

4(a))并输入给 SCG; 以 0.1 km 为间隔, 设定 Lcf 从

0.1 km 递增到 10 km, 通过 SCG 生成不同的云量廓线, 

得到 ˆ ( )cfC L 的函数关系(图 4(b)). 从图 4(b)中可以看

出, 当选取 *
cfL =0.6 km时, 生成的云量为 0.848, 与该

子域 CloudSat 数据得出的云量 0.85 最为接近, 因此, 

我们认为在该子域选取 *
cfL =0.6 km 作为其抗相关厚

度是最合适的. 图 4(a)给出的是该子域从地面到 20 

km 高度的各层云量, 其中点线是由 CloudSat 观测获

得, 而不同高度的误差棒则代表了选取 *
cfL =0.6 km

作为参数由 SCG 模拟得到的云量的垂直廓线与相应

的观测廓线在不同高度上的差值, 可以看出误差在

0.01~0.07 的范围之内, 非常小, 说明选取 *
cfL =0.6 km

时 SCG 对云量垂直廓线的模拟与观测结果符合较好. 

需要特别指出的是 , 在获取所有研究子域的 *
cfL 时, 

SCG云生成器生成的气柱云量与由观测资料得到的气

柱云量之间的差值均在 0.001~0.01 量级范围, 精度非

常高.  

 

 

图 4  (a) SCG 模拟生成的各高度层云量与观测得到的各高度层云量之间的误差; (b) 2007 年 1 月份在子域(98.732°E, 

33.482°N)~(98.461°E, 34.441°N)上 Ĉ (Lcf)函数图 
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3  结果与讨论 

3.1  抗相关厚度 

在通过上述单个子域验证了方法的可行性之后, 

我们计算了所有子域的抗相关厚度. 结果表明, 90%

以上的子域的 *
cfL 在 0~3 km之间, 只有极个别子域的

*
cfL 超过了 9 km, 此计算结果与以往的研究结果相符

合[20]. 为了表征 6 个研究域的整体情况, 我们对这些
*
cfL 做了算数平均. 表 2 给出 6 个研究域 2007~2009

年春夏秋冬 4 个季节的取样个数和按照取样个数平

均的 * .cfL  与此同时, 我们将每个子域的 *
cfL 按照其云

量的不同归类至 20 个档, 每档云量的变化为 0.05, 

从 ˆ [0,  0.05)C 递增到 ˆ [0.95,  1.00),C  同时也就除

去了 ˆ 1C  不满足式(2)的情况. 统计发现在不同的研

究域域这种情况发生的比例为 10%~15%, 剔除 ˆ 1C 
之后的样本个数仍能满足本研究的需要. 图 5 给出了

*
cfL 分档后在 4 个季节和 6 个研究域的平均值随子域

的云量的变化.  

结果表明, 4 个季节中 6 个研究域的 *
cfL 基本都

处于 0~3 km 的范围, 随着子域的云量的递增, *
cfL

呈现出波动增大而后回落的趋势, 极值出现在云量

位于 0.6 至 0.8 之间的子域, 6 个研究域 *
cfL 极值的平

均值在春夏秋冬四个季节分别为 2.12, 2.33, 2.04 和

2.15 km. 不同研究域之间的差异体现出, 对 4 个季

节, 当云量在 0.2~0.9 时, 处于较高纬度的北方地区

和西北地区的 *
cfL 都高于处于较低纬度的南方地区

的相应值, 当云量为 0.4~0.9 时, 也高于以低纬地区

为主的东部海域研究域的相应值, 差值位于 0~3 km; 

而当云量小于 0.2 时, 北方地区和西北地区的 *
cfL 等

于或略小于南方地区和东部海域的相应值, 差值小

于 0.5 km. 包含有青藏高原特殊地形的青藏高原地

区研究域的 *
cfL 在夏季略大于东部海域和南方地区, 

在其他 3 个季节位于东部海域和南方地区之间.  

从 *
cfL 的季节性变化来看, 位于东亚地区西部的

西北地区, 青藏高原地区和南方地区三个研究域的
*
cfL 对于大部分云量范围都呈现出夏季最大, 春、秋

次之, 冬季最小的特点. 夏季 *
cfL 的峰值在西北地区, 

青藏高原地区和南方地区分别出现在云量为 0.72 的

子域附近, 值为 3.42 km、云量为 0.83 的子域附近, 值

为 2.41 km 和云量为 0.81 的子域附近, 值为 1.85 km; 

而在冬季这一峰值均出现在云量为 0.6 的子域附近, 

值分别减小为 2.22, 1.75 和 1.38 km. 位于东亚地区较

东部地区的东部海域和北方地区研究域的 *
cfL 则呈现

出冬季最大, 春秋次之, 夏季最小的特点. 夏季 *
cfL

的峰值在东部海域和北方地区分别出现在云量为

0.55 的子域附近, 值为 1.82 km 和云量为 0.66 的子域

附近, 值为 2.28 km; 而在冬季这一峰值分别出现在

云量为 0.62 和 0.86 的子域附近, 值增加到 2.28 和

3.15 km. 青藏高原地区研究域的 *
cfL 在夏冬季的变化

较为明显, 冬季峰值出现在云量为 0.66 的子域附近, 

值为 1.78 km, 而夏季的峰值出现在云量为 0.78 的子

域附近, 值显著增加到 2.45 km.  

以上特点表明因北方地区和西北地区主要由内

陆组成, 相较于包含有海洋的南方地区和以海样下

垫面为主的东部海域, 水汽条件弱, 控制气团性质更

为单一, 因此北方地区和西北地区研究域中云层之

间相关比南方地区和东部海域更高. 各个研究域 *
cfL

的季节变化则呈现出西北地区和南方地区在夏季、北

方地区在冬季云层的相关性分别比相应地区的其他

季节高, 而青藏高原地区冬夏两季 *
cfL 的明显变化可

能与青藏高原这一大地型有着密切的关系, 冬季青

藏高原的动力和热力作用导致在整个亚洲冬季风背

景下高原局部地区具有相对多云且湿度偏大的特点,  

表 2  *
cfL 在 6 个研究域 4 个季节的平均值及子域个数 

 东亚地区 西北地区 北方地区 南方地区 青藏高原地区 东部海域 

春 0.97 km/48608 1.00 km/11572 0.98 km/8443 0.83 km/7801 1.00 km/8285 1.04 km/12507 

夏 1.11 km/53815 1.35 km/12846 1.00 km/9166 0.95 km/8448 1.14 km/9259 1.11 km/14096 

秋 1.03 km/40474 1.12 km/9240 0.98 km/7331 0.82 km/6595 1.03 km/6671 1.22 km/10637 

冬 0.95 km/44002 0.99 km/9785 1.10 km/7917 0.69 km/7196 0.91 km/7451 1.13 km/11653 
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这使得成云条件更为复杂, 因此云层的变化较复杂, 

云的相关性较低; 而到了夏季, 高原作为大的热源, 

该地区多为对流性云, 彼此相关性比较高, 因此夏季

的 *
cfL 值明显增大, 这一趋势在云量位于 0.6~0.8之间

的子域表现更为明显.  

随后, 本文分别将计算得到的 6个研究域的所有

子域的 *
cfL 和其云量的垂直廓线输入到 SCG 中, 检测

SCG 在生成的子域的模拟总云量与观测总云量最接

近时, 垂直方向上各层的云量模拟是否足够精确. 图

6 分别给出了四个季节从观测数据计算得到的 6 个研

究域各层云量平均值的垂直分布; 误差棒给出的是

模拟值与观测值的差, 其峰值在 4 个季节均小于 0.02. 

这表明与单一子域的模拟结果类似, 在保证了子域

模拟总云量和观测总云量最接近的前提下, 垂直方

向各层平均云量的模拟值与相应的观测值也非常一

致; 同时也说明在本研究中横向选取 10000层作为次

网格参数来模拟云量是合适的, 因此计算得到的表

征云的垂直结构的特征量 *
cfL 能够保证模拟的子域云

量垂直廓线和总云量都与相应的观测值保持一致.  

在目前全球已经耦合了 SCG 的气候模式中, 为

了节约计算时间, 通常将 *
cfL 简单设定为 2 km, 即在

全球均匀分布, 没有地理和季节变化. 为了评估这样

的设定所导致的模式对格点云量模拟的误差, 本文

将选取 *
cfL =2 km 时, SCG 模拟的气柱总云量(Cmod)与

相应的观测值(Cobs)之间的差别定义为 D: 

 D=CmodCobs, (3) 
并加以分析.  

图 7给出D值在不同季节和研究域的平均值, 其

中灰色线给出未平均之前的 D 值作为参考. 结果显

示选取 *
cfL =2 km 模拟得到的各子域云量与观测值的

差异很大, D 值有 82%小于 0.1, 12%的位于 0.1~0.2, 

6%大于 0.2, 峰值超过了 0.4; 而区域平均后的模拟

与观测之间的差异比较小, 对于不同的研究域的模

拟存在着 0.05~0.15 的差异, 表 3 给出 6 个研究域在 4

个季节模拟与观测差异平均值的峰值及峰值所处子

域的观测云量, 可以看出这一峰值存在着时间和空间

差异. 说明简单设定 *
cfL 为 2 km, 对于云量的模拟在

某些地区和不同季节仍然会存在一定的误差, 因此在 

 

 

图 5  6 个研究域 *
cfL 平均值随云量的变化 

(a) 春季; (b) 夏季; (c) 秋季; (d) 冬季 
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图 6  6 个研究域各层观测平均云量 
(a) 春季; (b) 夏季; (c) 秋季; (d) 冬季. 其中, 误差棒为模拟值与观测值的差 

 

图 7  选取 *
cfL =2 km 时所有子域模拟的云量与观测值之间的差别随云量的变化 

(a) 春季; (b) 夏季; (c) 秋季; (d) 冬季 
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表 3  模拟云量与相应观测值差别的平均值在 6 个区域 4 个季节的峰值及峰值所处位置的子域的观测云量 

 
东亚地区 

 
西北地区 

 
北方地区 

 
南方地区 

 
青藏高原地区 

 
东部海域 

差 云量 差 云量 差 云量 差 云量 差 云量 差 云量 
春 0.11 0.68  0.12 0.85  0.06 0.85  0.12 0.72  0.16 0.56  0.08 0.54 
夏 0.12 0.85  0.11 0.86  0.12 0.65  0.11 0.85  0.13 0.84  0.13 0.87 
秋 0.10 0.83  0.08 0.44  0.09 0.46  0.10 0.44  0.13 0.86  -0.13 0.86 
冬 0.12 0.76  0.08 0.76  0.08 0.82  0.13 0.76  -0.17 0.76  0.08 0.74 

 
 

不同地区、不同季节精确参数化 *
cfL 是很有必要的.  

3.2  云辐射强迫对 *
cfL 取值的敏感性试验 

在计算和分析了 *
cfL 的地理分布和季节变化后, 

下面我们将讨论不同的 *
cfL 分布对气候模式中云辐射

计算的影响, 特别是对云的辐射强迫的影响.  

云的辐射强迫(Cloud Radiative Forcing, CRF)定

义为某一给定大气的净辐射通量与假定云不存在时

同一大气的净辐射通量(向下通量减去向上通量, 且

假定向下为正)的差值, 这一定义适用于大气顶和地

面[27]. 这里分别将其应用于短波和长波辐射.  

本文首先将 SCG与全球气候模式 CAM3/NCAR

耦合起来, 利用该耦合模式来做敏感性试验. 在模式

中分别设置 *
cfL =1, 2 和 3 km, 从 1999 年 9 月积分至

2000 年 12 月. 利用上述模式, 首先设定 *
cfL =2 km, 

把在该条件下计算得到的云的辐射强迫作为参考值, 

计算并分析在其他两种情况下云的辐射强迫与该参

考值的差别. 经分析, 本文将模式积分的前 4 个月作

为模式调整时间, 取 4 个月后的结果进行分析不会带

来大的误差, 故本文取后 11 个月的结果进行讨论. 

图 8 给出模式 2000 年冬季(1 月)的长波云辐射强迫. 

图 8(a)是 *
cfL =2 km的结果, 而图 8(b)和(c)分别表示设

定 *
cfL =1 和 3 km 时的长波 CRF 结果与 *

cfL =2 km 的长

波CRF结果差别. 由图 8(b)和(c)发现, 全球不同地区

的长波云辐射强迫对抗相关厚度存在不同的敏感性, 

特别是几个主要的季风区海域. 图 8(b)给出当 *
cfL =1 

km 时非洲中部东面海域和南美东面海域的长波 CRF

与 *
cfL =2 km 时的长波 CRF 存在负的偏差, 最大达到

了40 W m2; 而图 8(a)给出 *
cfL =2 km 时这两个地区

的长波 CRF 值在 50~90 W m2 之间; 相应的,长波

CRF 在东南亚季风区有正的偏差, 最大超过了 40 W 

m2, 而图 8(a)中 *
cfL =2 km 时该区域长波 CRF 在 

 

 

图 8  2000 年 1 月份模式模拟的长波云辐射强迫 
(a) *

cfL =2 km; (b) *
cfL =1 km 与 *

cfL =2 km 的差值; (c) *
cfL =3 km 与

*
cfL =2 km 的差值. 单位: W m2 
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80~100 W m2 的范围; 另一个敏感性比较大的地方

位于中东太平洋地区, 负差值中心的绝对值超过了

50 W m2. 图 8(c)给出当 *
cfL =3 km 时长波 CRF 与

*
cfL =2 km 时的长波 CRF 存在的偏差, 中东太平洋地

区同样是负差值中心, 差值的绝对值也超过了 50 W 

m2, 非洲中西部和包括青藏高原在内的南亚地区以

及太平洋偏西部海域为较强的负差值区域, 差值的

绝对值都超过 20 W m2, 东南亚海域有较强的正偏

差区域, 差值最大的绝对值同样超过了 50 W m2.  

下面再来看图 9 表示的夏季(7 月份)的情况. 同

样可以得出, 全球几个主要季风区的长波 CRF 仍然

是对抗相关厚度敏感性比较大的区域, 与 1 月份相比, 

处在高纬地区的西伯利亚, 加拿大以及南极洲部分

地区的敏感性明显增加. 因此改变抗相关厚度 *
cfL 会

给气候模式计算的长波 CRF 带来很大的差别.  

图 10给出的是模式模拟的 2000年 1月份短波云

辐射强迫. 图 10(a)是 *
cfL =2 km 的情况, 而图 10(b)和

(c)分别是设定 *
cfL =1 km 和 *

cfL =3 km 时模式模拟的短

波CRF结果与 *
cfL =2 km时模式计算的短波CRF结果

的差别. 图 11给出的是夏季 7月份的相应结果. 与长

波 CRF 结果相比, 抗相关厚度 *
cfL 的改变导致云垂直

结构的改变对短波云辐射强迫的影响明显增大. 由

图 10 得到: 全球几个主要季风区和中东太平洋地区

对抗相关厚度的改变的敏感性最大. 其中由图 10(b)

看出, 东南亚季风区负差值最大超过了 50 W m2, 中

东太平洋地区正差值也超过了 50 W m2. 通过比较

图 10(b)和(c)发现 , 在 *
cfL =3 km 时的相应差值比

*
cfL =1 km 时的差值还大. 与 *

cfL =2 km 时的参考值相

比, 这些差别分别达到了 50%~70%不等. 夏季 7月份

的情况在这些地区同样显示出明显的差别 , *
cfL =1 

km 与 *
cfL =2 km 时模式计算得到的短波 CRF 差值中

心主要位于东亚季风区、澳大利亚中部和北美洲北部, 

而 *
cfL =3 km 与 *

cfL =2 km 的相应差值中心还增加了非

洲东北部, 俄罗斯中西部和中亚地区等地区, 正偏差

和负偏差的绝对值的最大值都超过了 50 W m2.  

通过以上对比 , 可以看出 , 选取不同的 *
cfL 值 , 

对气候模式中模拟的云辐射强迫的强度和分布都有 

 

图 9  2000 年 7 月份模式模拟的长波云辐射强迫 

 

很大的影响, 特别是对全球几个主要的季风区和中

东太平洋等地区的影响程度非常大, 这说明在气候

模式中给出正确的抗相关厚度是非常必要的. 这里

需要说明的是, 由于在上述敏感性数值试验中, 三种

情况 *
cfL 值都假定不存在地理和季节变化, 即在全球

是均匀分布的, 这与上节从卫星资料分析的结果是

不符合的. 这里数值试验的主要目的是说明 *
cfL 取值

对云辐射强迫的计算会产生重要的影响.  
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图 10  2000 年 1 月份模式模拟的短波云辐射强迫 

4  结论 

本文利用 2006 年 4 月发射成功的云观测卫星

CloudSat 获取的 2007~2009 年三整年的观测资料, 结

合气候模式中产生次网格云结构的云产生器 SCG, 

首次计算了东亚地区表征云的垂直结构的特征量－

抗相关厚度 *( )cfL 的季节变化和空间分布; 并讨论了

该参数的选取对云辐射强迫计算的影响. 得到如下

结论:  

 

图 11  2000 年 7 月份模式模拟的短波云辐射强迫 

 
(1) 6 个研究域的抗相关厚度基本处于 0~3 km 的

范围之中, 根据研究子域的云量不同来划分, 抗相关

厚度极值出现在云量为 0.6~0.8 的子域附近, 平均约

为 2.5 km.  

(2) 在所划分的 6 个研究域中 *
cfL 值的地理分布

差异: 较高纬度的北方地区和西北地区的 *
cfL 整体大

于较低纬的青藏高原地区和南方地区, 而东部海域

和东亚地区介于两者之间. 根据所处子域云量的不
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同, 6 个区域中 *
cfL 最大值与 *

cfL 最小值在四个季节的

差值分别位于 0~1.6 km, 0~2 km, 0~1.7 km 和 0~2.4 

km 的范围.  

(3) *
cfL 值的季节差异: 6 个研究域中, 东亚地区

研究域和位于东亚地区西部的西北地区、青藏高原

地区以及南方地区三个研究域的 *
cfL 对于大部分云

量范围都呈现出夏季最大, 春、秋次之, 冬季最小的

特点; 位于东亚地区较东部区域的东部海域和北方

地区研究域的 *
cfL 则呈现出冬季最大, 春秋次之, 夏

季最小的特点.  

(4) 简单的设定 *
cfL 值为 2 km 对次网格气柱总云

量进行模拟时, 会产生平均约为 15%左右的误差, 这

些误差会对气候模式中云辐射计算和辐射收支平衡

产生很大影响.  

(5) 选取不同的 *
cfL 值, 对气候模式计算的长、短

波辐射强迫均有较为显著的影响, 特别是对全球几

个主要的季风区和中东太平洋地区的影响非常大 . 

说明在气候模式中给出精确的抗相关厚度的地理和

季节分布是非常必要的. 这将是我们下一步工作的

主要内容, 并将在另文给予研究.  

致谢 本文所使用的云产生器 SCG 代码来自加拿大 Barker 教授, 在此对 Barker 教授表示感谢. 
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ABSTRACT

The long-term trends of total surface solar radiation (SSR), surface diffuse radiation, and surface air
temperature were analyzed in this study based on updated 48-yr data from 55 observational stations in
China, and then the correlation between SSR and the diurnal temperature range (DTR) was studied. The
effect of total solar radiation on surface air temperature in China was investigated on the basis of the above
analyses. A strong correlation between SSR and DTR was found for the period 1961–2008 in China. The
highest correlation and steepest regression line slope occurred in winter, indicating that the solar radiation
effect on DTR was the largest in this season. Clouds and water vapor have strong influences on both
SSR and DTR, and hence on their relationship. The largest correlations between SSR and DTR occurred
in wintertime in northern China, regardless of all-day (including clear days and cloudy days) or clear-day
cases.

Our results also showed that radiation arriving at the surface in China decreased significantly during
1961–1989 (dimming period), but began to increase during 1990–2008 (brightening period), in agreement
with previous global studies. The reduction of total SSR offset partially the greenhouse warming during
1961–1989. However, with the increase of SSR after 1990, this offsetting effect vanished; on the contrary,
it even made a contribution to the accelerated warming. Nonetheless, the greenhouse warming still played
a controlling role because of the increasing of minimum and mean surface temperatures in the whole study
period of 1961–2008. We estimated that the greenhouse gases alone may have caused surface temperatures
to rise by 0.31–0.46℃ (10 yr)−1 during 1961–2008, which is higher than previously estimated. Analysis of
the corresponding changes in total solar radiation, diffuse radiation, and total cloud cover indicated that
the dimming and brightening phenomena in China were likely attributable to increases in absorptive and
scattering aerosols in the atmosphere, respectively.

Key words: global dimming/brightening, global warming, surface solar radiation, surface air temperature
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1. Introduction

Solar radiation drives many surface processes in-

cluding evaporation and snow and glacier melt (Wild,
2009) that result in near-surface air temperature
changes. Since the International Geophysical Year
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(1957–1958), extensive worldwide observations of sur-
face solar radiation (SSR) have been conducted. Anal-
ysis of the obtained datasets reveals that SSR has
shifted from a decreasing trend to an increasing trend
during the past 50 years in most areas of Asia, Ocea-
nia, North America, Europe, and the South and
North Poles. This shift is described as a change from
“dimming” to “brightening” (Long et al., 2009; Norris
and Wild, 2007; Ohmura, 2006; Liley, 2009; Wild et
al., 2009). Studies of various areas of China reached
similar conclusions. For example, Che et al. (2005)
and Shi et al. (2008) studied the long-term change in
total, direct, and diffuse radiation during 1960–2000
using radiation data from 64 and 72 stations in China,
respectively. Both studies showed that the total and
direct radiation at the surface began to increase from
1990. However, the exact reasons for such changes are
unknown.

The Fourth Assessment Report of the Intergov-
ernmental Panel on Climate Change (IPCC, 2007)
noted that observed global averaged surface air tem-
perature rose 0.74℃ during 1906–2005 and the warm-
ing rate in the last 50 years had almost doubled com-
pared to the previous 50 years. Many researchers have
examined long-term temperature changes in China
(Ren et al., 2005a, b, c; Ding and Dai, 1994; Wang
et al., 1998; Gong and Wang, 1999; Tang and Lin,
1992; Zhang et al., 2006). Surface air temperature
in China also showed a clear increasing trend in the
96-yr period of 1905–2001. The increasing rate of
0.08℃ (10 yr)−1 was slightly higher than the global
mean in the same period (Ren et al., 2005b). The
warming rate of the annual mean surface air tempera-
ture in China was 0.25℃ (10 yr)−1 during 1951–2004,
when the most significant warming occurred in winter
and spring in northern China and over the Qinghai-
Tibetan Plateau (Ren et al., 2005c). Based on the
dataset during 1955–2000 from 305 observational sta-
tions in China, Liu et al. (2004) gave the trend of
daily maximum temperature (Tmax), daily minimum
temperature (Tmin), and diurnal temperature range
(DTR), which were 1.27℃ (100 yr)−1, 3.23℃ (100
yr)−1, and –2.5℃ (100 yr)−1, respectively; whereas the
corresponding values from Tang et al. (2005) based on
the dataset during 1951–2002 from 733 observational

stations in China were 0.14℃ (10 yr)−1, 0.33℃ (10
yr)−1, and –0.19℃ (10 yr)−1, respectively. While the
climate system is clearly warming, difficulties remain
in explaining observed temperature changes on scales
smaller than continental levels. Changes in greenhouse
gases (GHG) and aerosol concentrations, solar radia-
tion, and land cover all can alter the energy balance
of the climate system (IPCC, 2007). However, these
major factors influencing surface temperature changes
may vary by region. Some studies suggested that a re-
duction in surface solar radiation was one reason why
significant rises in surface air temperature from the
1950s to 1980s were not found in some regions such
as the Arctic (Stanhill and Callaghan, 1995), China
(Liu et al., 2004), America (Liepert, 2002), and India
(Menon et al., 2002). Wild et al. (2007) showed that
solar dimming was effective at masking greenhouse
warming until the 1980s, but with the shift from solar
dimming to solar brightening, the unmasked green-
house effect has produced a rapid temperature rise.
In light of these studies, we explore the possible influ-
ences on surface air temperature of the change from
solar dimming to brightening in China.

Using updated SSR, surface air temperature, and
cloud cover data for China during 1961–2008, we first
analyze the long-term trend of the correlation between
SSR and DTR. We then discuss the effect of the change
in total solar radiation on the surface air temperature
change. Finally, we present an explanation for the
dimming and brightening in China.

2. Data

The SSR and surface air temperature data were
from the National Meteorological Information Center
of the China Meteorological Administration. The tem-
perature data included DTR, mean, maximum, and
minimum temperatures. Fifty-five stations with more
than 40 yr of continuous observational data were se-
lected. Figure 1 shows the locations of these 55 sta-
tions, which are distributed widely throughout China,
except on the Qinghai-Tibetan Plateau and in In-
ner Mongolia. For consistency with the solar radia-
tion data, the other daily meteorological data used in
this study were from the same stations. To achieve
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Fig. 1. Locations of the 55 stations.

better accuracy, the data quality control treatment of
Shi et al. (2008) was applied to the solar radiation
datasets, including physical threshold, sunshine dura-
tion, and standard deviation tests (details in Shi et al.,
2008).

3. Long-term changes in SSR

3.1 Changes in total radiation

Figure 2 shows the long-term changes in annual
mean total solar radiation at the 55 stations. The to-
tal solar radiation showed a decreasing trend before
1990, with the most significant decrease from the mid
1960s to late 1980s. The decreasing trend in total solar
radiation reversed in the early 1990s, but the absolute
magnitude never reached the level of the 1960s again.
This result agrees with that of Wild et al. (2007).
The total solar radiation remained approximately sta-
ble after 1995. The shift in the trend around 1990

was consistent with previous findings (Che et al., 2005;
Shi et al., 2008). The minimum value (153.4 W m−2)
appeared in 1989. Over the whole period of 1960–
2008, the total solar radiation decreased by 2.73 W
m−2 (10 yr)−1, with a decline rate of 7.78 W m−2

(10 yr)−1 from 1961 to 1989. This was significant at
the 95% confidence level. From 1990 to 2008, total
solar radiation increased at a rate of 1.12 W m−2 (10
yr)−1, which was not significant at the 95% confidence
level.

3.2 Changes in diffuse radiation

The changes in diffuse solar radiation were obvi-
ously different from those in total solar radiation, as
shown in Fig. 3. There was an increasing tendency
in the 1960s, after which fluctuations in diffuse so-
lar radiation continued until around 1980. Diffuse so-
lar radiation then decreased continuously during the
whole 1980s and approached a minimum value in 1990.
From 1990 to the present, a gradual increasing trend
has occurred, as shown by the almost linear trend line
in Fig. 3. These features for diffuse solar radiation
are similar to those found in previous studies, except
that the slope of the linear trend depended on which
stations were selected (Che et al., 2005). The trends
were –0.1, –0.26, and 1.81 W m−2 (10 yr)−1 for the
periods 1961–2008, 1961–1989, and 1990–2008, respec-
tively. Of these, only the change during 1990–2008 was
significant at the 95% confidence level. Volcanic erup-
tions had a large effect on diffuse solar radiation, as

Fig. 2. Time series of annual mean total solar radiation of the 55 stations in China. Trend: from 1960 to 2008; Trend-1:

from 1961 to 1989; Trend-2: from 1990 to 2008.
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Fig. 3. Time series of annual mean diffuse solar radiation of the 55 stations in China.

shown in Fig. 3. There were three obvious peaks in
the eruption years 1966, 1982, and 1991.

4. Dimming and brightening in China

On the basis of numerical simulations, Shen and
Zhang (2009) suggested that the solar radiation arriv-
ing at the surface depends on atmospheric absorption
by water vapor and ozone, and atmospheric scattering
by clouds, aerosol, and molecules. The largest effects
come from clouds, followed by atmospheric absorption
and aerosols. To explain the dimming and brightening
over China, we analyzed the long-term changes in an-
nual mean total and low cloud cover during the same
period (1961–2008) for the average of the same 55 sta-
tions examined earlier for SSR (Figs. 4a and 4b). In
general, the trend in cloud cover over China for the
whole period of 1961–2008 was consistent with previ-
ous reports (Baker et al., 1995; Kaiser, 2000).

By combining Figs. 2 and 3, we can see that
the diffuse solar radiation remained almost unchanged
during the 1961–1989 dimming period, and then began
to increase rapidly during the 1990–2008 brightening
period. This indicates that the diffuse radiation did
not contribute to the dimming, but made a large con-
tribution to the brightening occurring in the second
period. Therefore, direct and diffuse radiation should
play important roles in the dimming and brightening
periods, respectively. The factors affecting direct so-
lar radiation were mainly clouds, absorptive aerosols,
and GHGs (mainly water vapor and ozone), whereas

clouds, scattering aerosols, and atmospheric molecules
were major factors affecting diffuse radiation. The
Rayleigh scattering of molecules was smaller than the
other two factors and was spherical, so it could be
ignored here. Figure 4 shows that the total cloud
cover decreased gradually in the first dimming period,
but increased more rapidly in the subsequent bright-
ening period. Thus, the direct radiation reaching the
surface could be enhanced by the total cloud cover
change during the dimming period, which was oppo-
site to the change of SSR during 1961–1989. Conse-
quently, the clouds did not contribute to the dimming
process. Therefore, in the first dimming stage, the ab-
sorptive aerosol and GHGs were likely the main factors
in reducing the direct solar radiation arriving at the
surface.

The simultaneous decreases in surface solar ra-
diation and cloud coverage can be attributed to a
combination of the effects of GHGs and fossil fuel
aerosols (FFAs). Figure 5 shows the surface solar ra-
diation trend in China simulated by a general circu-
lation model coupled with an aerosol transport model
and an ocean mixed-layer model. The detailed de-
scription of these models was given in Mukai et al.,
(2008). Columns represent the simulation conditions.
The right column shows the simulation results using
annual mean statistics, which are divided into clear,
cloudy, and all sky cases in the left, center, and right
columns, respectively. Each row shows the effects of
FFAs, GHGs, and the mixture of FFAs and GHGs
from top to bottom. FFAs can cause a direct decrease
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Fig. 4. Time series of annual mean total and low cloud cover of the 55 stations in China. (a) Total cloud cover and (b)

low cloud cover.

in surface solar radiation in the clear sky case, whereas
the radiation decrease in the cloudy sky case suggests
an increase in cloud coverage through the aerosol in-
direct effect. GHGs can lead to an increase in solar
radiation in the cloudy sky case, which suggests a de-
crease in cloud coverage, but they cannot explain the
decrease in solar radiation in the clear sky case. Fi-
nally, the mixture of FFA and GHG effects shows a
decrease in solar radiation in the all sky case and also
an increase in the cloudy sky case, which suggests a de-
crease in cloud coverage. Comparison of the clear sky
cases shown in the left columns of Fig. 5 shows that
the effect of FFAs on the decrease in solar radiation
was larger than that of GHGs in China. Thus, ab-
sorbing FFAs are considered to have played the most
important role in reducing the direct radiation arriving
at the surface during the first dimming period. This
is also consistent with the modeling results of Mukai
et al. (2008).

In the second period, diffuse radiation at the sur-
face may have been reduced by increased cloud cover.
This suggestion was confirmed by model results, as
shown in Fig. 6 when the cloud coverage is more than
half. We used a column radiative transfer model called
BCC−RAD (Zhang et al., 2003, 2006a, b) to calculate
the downward diffuse fluxes (DDFs) at the surface.
The results (Fig. 6) show an increase in DDF with
cloud cover of low, middle, and high clouds, when the
cloud amount was less than half. When the cloud
amount was larger than half, the situation was re-
versed. In the calculation, we took the solar zenith
angle as 60 degrees to represent the average situation
in the atmosphere. We placed low, middle, and high
clouds at 1–2, 4–5, and 10–12 km, separately, with
cloud water contents of 0.22, 0.28, and 0.0048 g m−3

and effective radii of 5.89, 6.2, and 41.5 microns, re-
spectively. The total cloud amount over China was lar-
ger than 50% during 1960–2008 as shown in Fig. 4a,
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Fig. 5. Effects of FFA (a, b, c), GHGs (d, e, f), and clouds (g, h, i) on the solar radiation at the surface. (a, d, g) Clear

sky, (b, e, h) cloudy sky, and (c, f, i) all sky.

Fig. 6. Change of downward diffuse flux (DDF) at the

surface with (a) low, (b) middle, and (c) high cloud

cover.

thus we took the total cloud effects on DDF in China

in Fig. 6 as those occurring when the cloud amount
was larger than 50% in Fig. 4a. In other words,
the DDF was reduced when the cloud cover increased.
Therefore, clouds could not have played any role in the
brightening process in the second period by combining
Figs. 3, 4, and 6.

Considering the above analyses, we concluded
that increasing concentrations of absorbing and scat-
tering aerosols (including sulfate) were the major
causes for the dimming and brightening in the two
respective periods. This conclusion was different from
that proposed by Liu et al. (2004), who considered
sulfate to be a major factor in the dimming process.
Sulfate aerosols from industries have greatly increased
because of the rapid economic development in China
since 1989 (Streets et al., 2003). However, long-term
continuous observational emission data for absorptive
and scattering aerosols are not available over the entire
period of 1961–2008 in China, making further quanti-

501



NO.1 ZHANG Hua, YIN Qing, Teruyuki NAKAJIMA, et al. 93

tative validation impossible.
Note that this work ignores changes in surface

albedo due to land-use changes in China during this
period. The effect of such changes on diffuse radiation
is much less than that of aerosols, as indicated by Shen
and Zhang (2009).

5. Relation between SSR and DTR

DTR, which is defined as the difference between
daily maximum and minimum temperature, is useful
for studying the counteracting effects of longwave and
shortwave radiative forcings because the diurnal min-
imum temperature is closely linked to longwave ra-
diation, whereas the diurnal maximum temperature
is predominantly determined by shortwave radiation
(Makowski et al., 2008). Figures 7 and 8 show scatter
plots of the anomaly annual mean and seasonal mean
of DTR and SSR. The seasonal and annual means were
used here to reduce the influence of weather on the re-
lationship between total SSR and DTR. The annual
mean correlation coefficient between SSR and DTR
was 0.84, as shown in Fig. 7, similar to the value
of 0.88 reported by Liu et al. (2004). The correla-
tion coefficients were higher in winter (0.90), smallest
in summer (0.75), and intermediate in spring (0.79)
and autumn (0.78). All values were significant at the
99% confidence level. The slope of the regression line
can represent the effect of SSR on DTR (Makowski et
al., 2009); the higher the slope, the greater the effect.
The slope was biggest in winter, medium in spring and
autumn, and smallest in summer, as shown in Fig. 8.
Thus, we concluded that the influence of SSR on DTR
was greater when the slope was larger and there was
higher correlation between them. The relationship be-
tween SSR and DTR was not strictly linear, as shown
by the different slopes for the four seasons in Fig. 8.
The variations of water vapor and clouds in different
seasons and the Stefan-Boltzmann Law showing the
relationship between radiation flux at the surface and
surface temperature can explain the nonlinear rela-
tionship between DTR and SSR (Wild et al., 2007).

Figures 9a and 9b show distributions of the sta-
tions with the highest correlation coefficients of DTR
and SSR over the four seasons in China for all days and

clear days (cloud cover less than 10%), respectively.
For all-day case, there were 27 stations with the high-
est correlation coefficient in winter (about 50% of the
total). They were mainly distributed near the south-
east coast, but also in Southwest China (Sichuan and
Guizhou), Northwest China (Xinjiang, Gansu, and
Qinghai), and Northeast China. The stations could
be classified into two types. One type was the stations
near the southeast coast, Sichuan, and Guizhou, where
water vapor was abundant in summer the influence of
SSR on DTR was reduced in summer, and the corre-
lation coefficient became largest in winter. The other
type was stations in northern China, where there are
long periods of continuous fine weather in winter due
to the influence of the Siberian high, leading to the
largest SSR effect on DTR. For clear-day case in win-
tertime, strong correlations occurred at most stations
in northern China. In southern China, strong correla-
tions occurred mostly in autumn, followed by summer
and spring. This indicated that clouds and water va-
por have strong influences on both SSR and DTR and
hence on their relationship. The largest correlation
between SSR and DTR usually occurred in northern
China during wintertime, regardless of whether all-day
or clear-day data were used.

6. Annual changes in surface temperature

Figure 10 shows time series of Tmean, Tmax, Tmin,
and DTR for the selected 55 stations in China. Be-
cause the total SSR reversed from dimming to bright-
ening at the beginning of 1990, the linear trends of
these quantities were also divided into two periods:
1961–1989 and 1990–2008.

Fig. 7. Scatter plots of anomaly annual mean of DTR and

SSR for all days. Solid line denotes the best fit regression

line.
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Fig. 8. Scatter plots of anomaly seasonal mean of DTR and SSR for all days. (a) Spring, (b) summer, (c) autumn, and

(d) winter. Solid line denotes the best fit regression line.

Figure 10a shows that there was generally an in-
creasing trend in Tmean with a rate of 0.31℃ (10 yr)−1

for the whole period, a smaller value of 0.10℃ (10
yr)−1 in the former period (1961–1989), and a larger
value of 0.46℃ (10 yr)−1 after 1990. Considering
these results in combination with the above analy-
sis of SSR, we concluded that Tmean increased slowly
when SSR decreased during 1961–1989, but increased
quickly when SSR switched from dimming to bright-
ening after 1990, indicating an obvious effect of total
SSR on surface air temperature. SSR and thermal
radiation have different effects on temperature, as re-
ported by Wild et al. (2007). SSR only works dur-
ing daytime, and hence has more influences on maxi-
mum temperature than on minimum temperature. In
contrast, the minimum temperature is mainly con-
trolled by thermal radiation at the surface, especially
surface radiative cooling at night, which depends on
the ability of the atmosphere to absorb and re-emit
the thermal radiation to the surface. Therefore, we
can calculate how much the SSR changes the surface

temperature by analyzing the changes in Tmax, Tmin,
and DTR in China. Figure 10b shows only a slight
decrease in the annual mean maximum temperature
during 1961–1989, which was consistent with the de-
crease in SSR in this period. It almost canceled the
effects of SSR reduction and GHG concentration in-
creases on Tmax (Liu et al., 2004). The idea that the
dimming process can affect the surface air tempera-
ture (Wild et al., 2007) was hence validated in this
work. In contrast, the minimum temperature, which
was little influenced by the total SSR, was increasing
during this period (see Fig. 10c), suggesting that the
greenhouse effect was enhanced. Comparing the linear
tendency rates of temperature between 1961–1989 and
1990–2008 in Figs. 10b and 10c, we see that the differ-
ence in the slope of maximum temperature (0.54℃ (10
yr)−1) between the two periods was much higher than
that of the minimum temperature (0.32℃ (10 yr)−1).
This illustrates that the increase in maximum temper-
ature exceeded that in minimum temperature, which
was consistent with the reversal of total SSR from
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Fig. 9. Distributions of the stations with the highest cor-

relation coefficient between DTR and SSR over four sea-

sons in China for (a) all days and (b) clear days. �: spring;

◦: summer; �: autumn; and +: winter.

dimming to brightening from the beginning of the
1990s. There were corresponding changes in DTR (see
Fig. 10d). During 1961–1989, DTR decreased quickly
at a rate of 0.30℃ (10 yr)−1 due to the decrease in
mean maximum temperature and increase in mean
minimum temperature. However, after 1990, DTR de-
creased much more slowly, at a rate of only 0.07℃ (10
yr)−1, due to the almost simultaneous increase in both
the maximum and minimum temperatures, i.e., SSR
did not prevent the maximum and minimum temper-
atures from a synchronized increase.

Assuming that SSR did not decrease in the first
period, the slope of mean temperature would be al-
most the same (about 0.24℃ (10 yr)−1) as that of
minimum temperature. However, the actual value
of the mean temperature slope was only 0.10℃ (10
yr)−1, which implies that the dimming process damp-
ened about 58% of the increase in mean temperature.
This estimate was slightly less than the global value of
about 60%–70% provided by Wild et al. (2007). The

surface temperature response after 1990 should more
realistically reflect the increase in GHG concentration
because there are no solar dimming mask effects dur-
ing the second period. The annual mean temperature
of the 55 stations increased by 0.46℃ (10 yr)−1 dur-
ing 1990–2008. This was possibly the upper limit of
the climate system response to the greenhouse effect.
However, during the whole period of 1961–2008, the
temperature increase of 1.48℃ (0.31℃ (10 yr)−1) may
have been the lower limit of climate system response to
the changing greenhouse effect because of the dimming
of total SSR (see Fig. 2). This result also indicates
that the greenhouse effect was increasing in the past
48 years. Therefore, the increase in surface temper-
ature due to GHGs in China should be between 0.31
and 0.46℃ (10 yr)−1. These values are larger than the
respective estimates of 0.20℃ (10 yr)−1 and 0.38℃ (10
yr)−1 given by Wild et al. (2007) over all continents.

7. Conclusions

Using radiation, temperature, and cloud cover
data at 55 stations in China during 1961–2008, long-
term changes in annual mean total surface solar ra-
diation, diffuse radiation, and surface air temperature
were analyzed to study the effect of SSR changes on
surface temperature in China. The major conclusions
are as follows.

(1) Total SSR decreased before 1990, most signifi-
cantly from the mid 1960s to the end of the 1980s. The
trend in total SSR switched from decreasing to increas-
ing at the beginning of the 1990s and remained almost
unchanged after 1995. The dimming and brightening
over China were likely due to the increase in absorp-
tive and scattering aerosols in the atmosphere, respec-
tively.

(2) Generally, there was a close correlation be-
tween total SSR and DTR. The correlation coefficient
was the highest in winter and the slope of the linear
regression line was also the greatest in winter. This in-
dicates that the total SSR had the largest influence on
DTR in winter on average for the 55 stations. For all
days, the best correlation occurred in winter at about
half of the stations.

(3) For the whole period of 1961–2008, the total
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Fig. 10. Time series of annual means of daily temperature of the 55 stations in China. (a) Tmean, (b) Tmax, (c) Tmin,

and (d) DTR. The dashed lines are the linear trend in both periods.

SSR also had influences on the surface temperature
in China although the greenhouse effect was still the
major driver of surface temperature rises. The surface
temperature increase due to the greenhouse effect was
higher than 0.31℃ (10 yr)−1 and lower than 0.46℃
(10 yr)−1 in the past 48 years in China. These values
are larger than those given by Wild et al. (2007) over
all the continents.
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ABSTRACT

New estimations of radiative forcing due to CO2 were calculated using updated concentration data of
CO2 and a high-resolution radiative transfer model. The stratospheric adjusted radiative forcing (ARF)
due to CO2 from the year 1750 to the updated year of 2010 was found to have increased to 1.95 W m−2,
which was 17% larger than that of the IPCC’s 4th Assessment Report because of the rapid increase in CO2

concentrations since 2005. A new formula is proposed to accurately describe the relationship between the
ARF of CO2 and its concentration. Furthermore, according to the relationship between the ARF and surface
temperature change, possible changes in equilibrium surface temperature were estimated under the scenarios
that the concentration of CO2 increases to 1.5, 2, 2.5, 3, 3.5 and 4 times that of the concentration in the year
2008. The result was values of +2.2◦C, +3.8◦C, +5.1◦C, +6.2◦C, +7.1◦C and +8.0◦C respectively, based
on a middle-level climate sensitivity parameter of 0.8 K (W m−2)−1. Non-equilibrium surface temperature
changes over the next 500 years were also calculated under two kinds of emission scenarios (pulsed and
sustained emissions) as a comparison, according to the Absolute Global Temperature change Potential
(AGTP) of CO2. Results showed that CO2 will likely continue to contribute to global warming if no
emission controls are imposed, and the effect on the Earth-atmosphere system will be difficult to restore to
its original level.

Key words: CO2, radiative forcing, surface temperature change, Global Temperature change Potential
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1. Introduction

Many human activities involve emissions of major
greenhouse gases, such as CO2, CH4, N2O and halo-
carbons, and as such concentrations of these gases in
the atmosphere have increased greatly since the Indus-
trial Revolution (IPCC, 2007), bringing about impor-
tant changes in the composition of the atmosphere and
contributing significantly to global warming. In order
to slow down global warming, these greenhouse gases
were all identified in the Kyoto Protocol, and require-
ments were placed on controlling their emissions. Of
these, CO2 is the most significant greenhouse gas and

is the largest radiative forcing factor. Therefore, an
increase of CO2 concentration in the atmosphere will
produce the greatest impact for global climate change
in the future (IPCC, 2007).

The main sources responsible for the increase of
CO2 concentration include human activities such as
the combustion of fossil fuels and changes in land use.
Exchanges of CO2 with the terrestrial biosphere and
surface-ocean take place rapidly after its initial release
into the atmosphere, and it is then redistributed over
hundreds of years, meaning it persists in the atmo-
sphere for a relatively long period of time. Further-
more, CO2 is very good at absorbing longwave ra-
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diation in the spectral region 500–800 cm−1 (15-µm
band). Over the 8000 years before the Industrial Rev-
olution, the concentration of CO2 only increased by
20 ppmv, basically remaining at a level below 300
ppmv (IPCC, 2007). However, the Industrial Revolu-
tion broke this balance and caused a rapid increase in
the concentration of CO2 and other greenhouse gases
in the atmosphere. As of 2008, the global mean mixing
ratio of CO2 had reached 385.2 ppmv (WMO, 2009),
and is still growing at a rate of 1–1.5 ppmv per year.

CO2 is the main absorbing gas in the Earth’s at-
mosphere, and there are strong absorption bands (e.g.
15 µm and 2.7 µm) and weak absorption bands (e.g.
10 µm) where atmospheric absorption properties are
affected by its concentration, which in turn has a sig-
nificant influence on levels of outgoing longwave radi-
ation. Moreover, with a lifetime of greater than 10
years, CO2 is known to be a “long-lived” greenhouse
gas that will persist in the atmosphere for anywhere
between 50 and 200 years before it is totally cleaned up
by natural processes. In the meantime, it continues to
accumulate, and all the while persists in its influence
on the atmospheric radiation balance and its contri-
bution to global warming (IPCC, 1996).

Radiative forcing is used to assess and compare
anthropogenic and natural drivers of climate change,
which is defined as the change of net irradiance at the
tropopause due to changes in concentrations of green-
house gases, and other factors. WMO (1986) indicated
that changes in global mean surface temperature are
related to the net radiation flux at the tropopause.
Thus, radiative forcing is an important index and mea-
sure for evaluating global warming. The IPCC (1996)
defined radiative forcing into two categories, according
to whether the stratospheric temperature is allowed
to be adjusted: (1) Instantaneous Radiative Forcing
(IRF), which does not consider temperature change in
the stratosphere; and (2) Adjusted Radiative Forcing
(ARF), which is the change of net radiation flux at
the tropopause after allowing stratospheric tempera-
ture to readjust to radiative equilibrium, but with sur-
face and tropospheric temperatures and states held at
unperturbed values. It is known from these definitions
that radiative forcing could reveal the general trend of
climate change; positive (negative) radiative forcing
would warm up (cool down) the surface–troposphere
system, causing an increase (decrease) in mean sur-
face temperature. Therefore, we can quantitatively
estimate the influence of CO2 concentration changes
on the Earth’s climatic system by analyzing the radia-
tive forcing due to CO2, which then forms the basis
for studying the climatic effects of greenhouse gases.
For example, when calculating Global Warming Po-
tentials (GWPs) and Global Temperature-change Po-

tentials (GTPs) of greenhouse gases, the values of CO2

radiative forcing, as a reference gas, are required to be
provided. In addition, the ARF of greenhouse gases
can be directly related to the change of surface tem-
perature (Hansen et al., 1997; Stuber et al., 2001), so
the ARF of CO2 can be used for evaluating its contri-
bution to surface temperature change.

Since the 4th Assessment Report of the IPCC
(IPCC, 2007), the concentration of CO2 has again in-
creased rapidly. As of 2008, the global mean mix-
ing ratio of CO2 had reached 385.2 ppmv. It is thus
necessary to update the situation regarding CO2 ra-
diative forcing data and the corresponding global sur-
face temperature changes. In the work reported in
the present paper, we used a high-accuracy radiative
transfer model (998-band scheme) developed by Zhang
et al. (2006a, b) and up-to-date CO2 concentration
data to obtain the IRF and ARF of CO2 based on
previous studies (Zhang et al., 2011a, b), taking into
account the influence of its persistence (lifetime) in the
atmosphere on its radiative efficiency. We also studied
the updated radiative forcing data due to CO2 changes
from the Industrial Revolution until 2010, and propose
a new simplified fitting formula to calculate the ARF
of CO2 according to its radiative forcing values gener-
ated from different scenario concentrations. Further-
more, we estimated the equilibrium surface tempera-
ture change with prescribed scenarios of CO2 concen-
tration change and non-equilibrium surface temper-
ature change from the Industrial Revolution to 500
years in the future. Together, this work provides new
information on how CO2 acts to affect global warming.

The remainder of the paper is organised as follows.
Section 2 introduces the radiation model and its input
dataset. Section 3 describes the calculation scheme of
radiative forcing (RF), evaluates the radiation model,
and discusses the calculated RF. Section 4 applies the
new formula to describe the relationship between the
ARF of CO2 and its concentration. Section 5 reports
the results from the experiment to predict global mean
equilibrium and non-equilibrium surface temperature
changes under the chosen prescribed scenarios. And
finally, section 6 presents the conclusions of the study.

2. Model and data

The longwave radiative transfer model adopted
in this work was developed by Zhang et al. (2003,
2006a, b). The effective absorption coefficients in
the model were calculated with the correlated k-
distribution method proposed by Shi (1981), the op-
timal approach to overlapping bands by Zhang et
al. (2003), the k-interval number-choosing method by
Zhang et al. (2006a), and the band division method by
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Table 1. The parameters of 15 cloud categories.

Tropical Atmosphere Midlatitude Atmosphere Subarctic Atmosphere

Water Water Water
Cloud or ice Effective Cloud or ice Effective Cloud or ice Effective

amount content radius amount content radius amount content radius
Category (%) (g m−3) (µm) (%) (g m−3) (µm) (%) (g m−3) (µm)

Cu (water) 11.43 0.03 10 9.50 0.03 10 2.43 0.03 10
Sc (water) 9.38 0.07 10 10.48 0.09 10 5.36 0.11 10
St (water) 0.75 2.47 10 2.26 2.79 10 5.17 4.11 10
Cu (ice) 0.00 0.01 30 2.03 0.03 30 3.42 0.04 30
Sc (ice) 0.00 0.20 30 1.12 0.17 30 5.76 0.22 30
St (ice) 0.00 5.90 30 0.30 4.26 30 2.85 3.76 30
Ac (water) 5.55 0.05 10 2.55 0.05 10 0.38 0.06 10
As (water) 4.43 0.09 10 3.67 0.10 10 0.82 0.13 10
Ns (water) 1.14 0.07 10 1.66 0.08 10 1.03 0.10 10
Ac (ice) 0.95 0.06 30 9.02 0.09 30 9.48 0.10 30
As (ice) 0.18 0.14 30 6.43 0.18 30 12.99 0.22 30
Ns (ice) 0.06 0.11 30 2.20 0.11 30 4.93 0.10 30
Ci (ice) 15.36 0.01 30 13.27 0.01 30 6.49 0.01 30
Cs (ice) 5.25 0.06 30 6.89 0.08 30 1.59 0.09 30
Dc (ice) 2.49 0.27 30 3.54 0.25 30 0.64 0.24 30

Zhang et al. (2006b). Zhang et al. (2006a, b) divided
the whole spectral region (10–49000 cm−1) into differ-
ent bands; for example, 17, 21, 27, 55, 998 etc. Among
them, the high-accuracy 998-band scheme divided the
spectral region 10–49000 cm−1 (0.2–1000 µm) into 998
bands, with 498 bands in the longwave region 10–2500
cm−1 (4–1000 µm), and with a spectral resolution of
about 5 cm−1. The k-interval number was optimized
for each band and the values ranged from 2 to 16. For
detailed information about band division, k-interval
numbers and absorbing gases in each band, see Zhang
et al. (2006b) and references therein.

Five main greenhouse gases (H2O, CO2, O3, CH4,
N2O and CFCs) were included in the model, which
assumes that CO2, CH4, N2O and CFCs are evenly
mixed in the atmosphere. The concentrations of CO2,
CH4 and N2O were their values as of 2008, which were
385.2, 1.797 and 0.3218 ppmv, respectively. CO2 ab-
sorptions were from 4 to 18.9 µm in the longwave
region, located in bands 105–498 in the 998-band
scheme. Almost all the strong and weak bands were
considered in the scheme, and thus the correspond-
ing results were comparable to those of the precise
line-by-line integration (LBL) model (Zhang and Shi,
2000; Zhang et al., 2005, 2008). Zhang et al. (2011b)
also confirmed that radiative forcings calculated by the
998-band scheme are much more accurate than the
17-band scheme designed for climate models. There-
fore, the high-accuracy 998-band scheme was adopted
to calculate the radiative forcing due to CO2 in this
work.

The whole atmosphere was divided into 100 lay-

ers with a vertical resolution of 1 km. The surface
height was set at 0 km, and the top of atmosphere
(TOA) at 100 km. As for the calculation of radiation
flux and heating rate, six kinds of model atmosphere
(Garand et al., 2001) were used for the required pro-
files of temperature, pressure and gas (water vapor and
O3) concentration: tropical (TRO), mid-latitude sum-
mer (MLS), mid-latitude winter (MLW), sub-arctic
summer (SAS), sub-arctic winter (SAW), and United
States Standard (USS). Based on these, the instanta-
neous radiative efficiency (IRE) (RF per unit concen-
tration) and the stratospheric adjusted radiative effi-
ciency (ARE) of CO2 were calculated, and the arith-
metic mean and area-weighted zonal mean were sep-
arately used to obtain the corresponding global mean
results for clear and all-sky conditions.

3. CO2 radiative forcing

3.1 Radiative forcing calculation scheme

In order to calculate the ARF, an iterative method
in the longwave radiative transfer model was needed,
as proposed in previous work (Zhang et al., 2011a,
b). If the convergence condition is satisfied, then the
stratosphere reaches a new radiation equilibrium af-
ter the temperature adjustment, and the net radiative
flux at the tropopause is the ARF. Whereas, the net
radiative flux at the tropopause caused by a perturb-
ing concentration change of gas without temperature
adjustment in the stratosphere is the IRF. For special
cases, if the perturbing concentration of gas is the unit
concentration (e.g. 1 ppmv or 1 ppbv), then the cor-
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Table 2. Comparison of longwave radiative forcings due to CO2 under different scenarios and different models (units:
m−2).

scenario 1: Doubling the scenario 2: Water vapor content increases by 20%
concentration of CO2 after doubling the concentration of CO2

Model Layer 998-band AOGCMs LBLs 998-band AOGCMs LBLs

TOA 3.03 2.45 2.8 3.26 3.57 3.78
200 hPa 5.6 5.07 5.48 4.13 4.45 4.57
Surface 1.7 1.12 1.64 11.14 11.95 11.52

responding radiative forcing per unit concentration is
called the radiative efficiency of the gas.

Clouds are an important factor affecting the radia-
tive forcing due to greenhouse gases. In the present
study, the method described in Zhang et al. (2011a
and b) was used to consider the effect of clouds. Ac-
cordingly, the parameters of 15 cloud categories are
shown in Table 1 [see Zhang et al. (2011a, b) for fur-
ther details]. Zhang et al. (2011a, b) also provide
the stratospheric ARE of CO2 for all-sky cases by the
follow formula:

R =
15∑

i=1

CdiRi + (1 − Cd)Rclear . (1)

Here, Cdi (cloud category: i=1–15) is the cloud cover
of each cloud category; Cd =

∑
Cdi is total cloud

cover; and Rclear and Ri are the AREs for a clear
and cloudy atmosphere, respectively. Then, the global
mean ARE (Rmean) of CO2 for all-sky cases was
adopted (Zhang et al., 2011a, b):

Rmean =
1
2
× Rtro +

(√
3

2
− 1

2

)
× Rmid +(

1 −
√

3
2

)
× Rsub . (2)

Here, Rtro, Rmid and Rsub are the AREs of the tropi-
cal, mid-latitude and subarctic atmosphere types, re-
spectively.

3.2 Evaluation of the radiative transfer model

In order to assess the radiative transfer model
adopted in this study, the radiative forcings due
to CO2 under two different concentration hypothe-
ses were calculated, and the results compared with
those given by the atmosphere-ocean general circula-
tion models (AOGCMs) in Collins et al. (2006). The
two scenarios were: (1) doubling the concentration
of CO2 from 287 ppmv in 1860 to 574 ppmv (sce-
nario 1); (2) increasing the water vapor content to 1.2
times the original after doubling the concentration of
CO2(scenario 2). The IRF results under these two sce-
narios included: (1) net longwave radiative flux at the

TOA for clear sky; (2) longwave net radiative flux at
200 hPa for clear sky; (3) longwave net radiative flux
at the surface for clear sky. In the calculation, MLS
was chosen to make all the calculations under the same
conditions for comparison purposes, within which the
model atmosphere was divided into 40 layers, and the
TOA was set at 80 km (0.01 hPa). The surface was
assumed to be a black body with an emissivity of 1.0.
The temperature of the surface was 294 K, and the
influence of cloud and aerosol was neglected.

Table 2 shows the comparison between the results
of this work and those given by the different models in
Collins et al. (2006) under the above scenarios. The
longwave radiative forcing values at the surface, 200
hPa, and model top under scenario 1 were 1.7, 5.6 and
3.03 W m−2, respectively, and the longwave radiative
forcing values under scenario 2 were 11.14, 4.13 and
3.26 W m−2, respectively. The results were basically
located in the range of the different AOGCMs, as well
as those of the line-by-line integration models (LBLs).
However, under scenario 1 the results were closer to
those of the LBLs, while under scenario 2 they were
closer to the results of the AOGCMs (with the excep-
tion of the results for the surface), but still only a little
different from the results of the LBLs. In view of the
values and magnitude, all the results can be regarded
as being sufficiently similar, indicating that it is rea-
sonable to calculate the longwave radiative forcing due
to CO2 using the 998-band model.

3.3 CO2 radiative efficiency and heating rate

The IRE and ARE of CO2 for clear sky ob-
tained by the 998-band scheme were 1.992×10−5 and
1.878×10−5 W m−2 ppbv−1, respectively, and the
ARE for all-sky was 1.638×10−5 W m−2 ppbv−1, be-
coming 1.567×10−5 W m−2 ppbv−1 after lifetime-
adjustment (120-yr CO2 lifetime). In order to
compare with the corresponding result (1.4×10−5

W m−2 ppbv−1) given by the IPCC (IPCC,
2007), the radiative efficiency was used (units of
W m−2 ppbv−1). Among the results, those for clear
sky were the arithmetic mean of the values under
the six model atmosphere types, and those for all-sky
were the zonal area-weighted means of the above three

510



NO. 4 ZHANG ET AL. 1021

Fig. 1. The heating rates of 1 ppmv perturbation of CO2

for the six model atmosphere types.

model atmosphere types in Eq. (2). By comparing the
IRE for clear sky with the ARE, it was found that the
radiative efficiency of CO2 was reduced by 5.7% after
stratospheric temperature adjustment.

Whether the effect of stratospheric temperature
adjustment on radiative forcing was an increase or de-
crease depends on the influence of the temperature
profile on the net radiative flux at the tropopause af-
ter the adjustment (Jain et al., 2000). In Fig. 1, the
heating rates in the longwave region were induced by
the disturbance of 1 ppmv under the six kinds of model
atmosphere. It can be seen that the heating rates var-
ied under different model atmosphere types, but the
magnitudes and the vertical distributions were simi-
lar. Among the results, those of the USS model at-
mosphere were located basically in the middle of the
results of all the model atmosphere types, thus rep-
resenting an approximation of the average of heating
rates for all kinds of model atmosphere. Therefore,
the results from USS were taken as an example to ana-
lyze. It can be seen that the heating rates of CO2 were
all negative in the stratosphere above the tropopause,
which played a cooling role in these atmosphere lay-
ers. When the stratosphere reached a new thermal
balance after adjustment, the stratosphere tempera-
ture would fall, and the downward radiation flux from
the lower stratosphere toward the troposphere would
then be reduced, causing the decrease of net radiation
flux of the tropopause, resulting in the decrease of the
ARF of CO2.

The global mean of CO2 ARE was 1.638×10−5

W m−2 ppbv−1 for all-sky, which was 12.8% less than
the corresponding value for clear sky, owing to the de-
creasing of the upward longwave radiative flux caused
by clouds (Collins et al., 2006). The final lifetime-
adjusted radiative efficiency in this work was a little bit
larger (1.14%–12.8%) than that of the IPCC (IPCC,
2007) due to the use of a different radiative model,
cloud scheme etc. Detailed analysis can be found in
Zhang et al. (2011a).

The global mean concentration of CO2 was
adopted to calculate the global mean radiative forcing
(efficiency) in this work. However, in the real atmo-
sphere, the vertical distribution of CO2 concentration
also varies with altitude. Many studies (e.g. Chris-
tidis et al., 1997; Freckleton et al., 1998; Jain et al.,
2000) have indicated that the vertical distribution of
greenhouse gas concentrations has a significant influ-
ence on their radiative forcing, and that differences
will exist between the radiative forcings caused by uni-
form and non-uniform concentration profiles. There-
fore, an adjustment factor relevant to the atmospheric
lifetime was put forward by Sihra et al. (2001) based
on the work by Jain et al. (2000) for correcting the in-
fluence of a concentration decrease of greenhouse gas
in the stratosphere on radiative forcing. Sihra et al.
(2001) reported that the coefficient is 1−0.241×l−0.358

if the atmospheric lifetime (l, in yr) of a gas is longer
than 0.25. It should be noted that radiative forcing af-
ter lifetime-correction can also have errors. However,
these errors are much less than if no lifetime-correction
is applied. Using this coefficient, the radiative effi-
ciency of CO2 after lifetime-correction (120 years in
this study) was 1.567×10−5 W m−2 ppbv−1, which
was reduced by 4.3% compared with the radiative ef-
ficiency without correction. Therefore, as far as CO2

is concerned, lifetime-correction is necessary when cal-
culating its radiative forcing.

The IPCC (2007) reported an estimated value of
radiative forcing due to the increase of CO2 by hu-
man beings from the Industrial Revolution (1750) to
2005 to be 1.66±0.17 W m−2. Taking the concen-
tration of CO2 in 1750 and 2005 as 280 ppmv and
379 ppmv, the ARF of CO2 calculated in this work
was 1.89 W m−2 for all-sky, which then became 1.81
W m−2 after lifetime-correction, which was within the
estimation range of the IPCC (2007). Based on the
above, we further calculated the updated ARF of CO2

from the Industrial Revolution to the year 2010, the re-
sult of which was 2.04 W m−2, and then 1.95 W m−2

after lifetime-correction. The updated CO2 concen-
tration of 391 ppmv in 2010 given by NOAA/ESRL
(Earth Systems Research Laboratory) was 17% more
than that of the IPCC (2007). This can be mainly
attributed to the increase in CO2 concentration since
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the IPCC’s 4th Assessment Report (IPCC, 2007).

4. A new fitting formula for the ARF of CO2

To calculate the radiative forcings of greenhouse
gases, a variety of radiative transfer models can be
employed, including LBL models, band models etc.,
and there are radiation-convection models and vari-
ous climate models that can be applied too. Calcu-
lation of the ARF has to be completed at least with
an iterative program for adjusting the stratospheric
temperature profile shown in Zhang et al. (2011a, b).
Therefore, the calculation of ARF is more complicated
than that of the IRF; the computation burden is heav-
ier and much more time-consuming. It has been found
that the values of radiative forcing generated by chang-
ing the concentrations of greenhouse gases will change
correspondingly, and there is a resultant relationship
between them. Therefore, this relationship could be
expressed with a simple empirical formula in order to
quickly and easily calculate radiative forcing due to
different future concentration changes of gases.

The concentration of CO2 in the atmosphere has
been being increased rapidly since the Industrial Rev-
olution. Also, CO2 absorbs infrared radiation well in
the 15 µm band. It is generally agreed that the radia-
tive forcing due to CO2 has an approximate logarith-
mic relationship with its concentration. CO2 also has
several weak absorption bands, which, together with
the wing parts of the central strong absorption bands,
will contribute more and more to its radiative forcing
with increases in its concentration. Thus, Shi (1991)
and Yu and Shi (2001) added a square root of con-
centration variable term into their simplified formula
describing the relationship between the ARF and con-
centration, besides a logarithmic term [see Eq. (3)],
to improve its accuracy. We adopted the same form of
formula as Eq. (3) (Shi, 1991; Yu and Shi, 2001), but
the ARFs were calculated using the updated concen-
tration of CO2 and high spectral resolution 998-band
scheme used in the present study.

ΔFCO2 = α ln
C

C0
+ β(

√
C −

√
C0) . (3)

Here, ΔFCO2 is the ARF due to CO2; Cn is the target
concentration of CO2; and C0 is the reference concen-
tration of 385.2 ppmv. Then, the fitting coefficients
obtained in this work were used as α (6.2554) and
β (6.2783×10−2). The absolute error of this fitting
formula was �0.1 W m−2, and the relative error was
�1%, as shown in Fig. 2.

The advantages of using Eq. (3) to calculate the
ARF of CO2 are that it is very easy and simple to app-

Fig. 2. The stratospheric-adjusted radiative forcing of
CO2 and its fitting curve.

ly when the concentration changes, and the use of it-
eration (like that in Zhang et al., 2011a, b) and other
complicated models is not necessary.

5. Surface temperature change

Radiative forcing can be related by a linear rela-
tionship to the global mean equilibrium temperature
change at the surface Eq. (4), providing a simple
measure for both quantifying and ranking the differ-
ent influences of gas concentration changes on climate
change. It also offers a limited measure of climate
change, as it does not attempt to represent the over-
all climate response. According to Eq. (3), the global
mean equilibrium surface temperature change can be
estimated according to radiative forcing (IPCC, 2007):

ΔTs = λΔF . (4)

Here, ΔTs is the global mean equilibrium surface tem-
perature change; ΔF is the global mean ARF; and λ
is the climate sensitivity parameter, which mainly de-
pends on whether cloud feedback is strong or weak, de-
pending on different climate models, and ranges from
0.3 to 1.4 K (W m−2)−1. We took a typical median
value of 0.8 K (W m−2)−1. According to the calcu-
lated results above, when the concentration of CO2

rises from 385.2 ppmv to 1.5, 2, 2.5, 3, 3.5 and 4
times the original value, the calculated ARF values
were 2.79, 4.80, 6.37, 7.79, 8.90 and 9.95 W m−2,
respectively. Thus, the corresponding global mean
equilibrium surface temperature changes were +2.2◦C,
+3.8◦C, +5.1◦C, +6.2◦C, +7.1◦C and +8.0◦C, respec-
tively. It should be noted that these temperature re-
sponses were obtained with a middle value of λ. As
climate sensitivity and other aspects of the climate re-
sponse to external forcings remain inadequately quan-
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Fig. 3. Surface temperature changes caused by pulsed
and sustained emissions of CO2. The solid line represents
AGTPP (left y-axis) and the dashed line AGTPS (right
y-axis), both after atmospheric lifetime-adjustment.

tified, Eq. (4) has the advantage of being more read-
ily calculable and comparable than estimates of the
climate response.

We also calculated the Absolute Global Temper-
ature change Potential (AGTP) of CO2, AGTPP for
pulsed emissions, and AGTPS for sustained emissions
for 500 years into the future. The results are given in
Fig. 3, which shows the global mean non-equilibrium
surface temperature change caused by the two kinds of
emissions for the next 500 years. AGTPP and AGTPS

[units: K kg−1 and K (kg yr−1)−1] are the global mean
non-equilibrium surface temperature change at time t
induced by pulsed and sustained emissions of CO2 at
the initial time. They were calculated by Eq. (5)
(Shine et al., 2005), which represents the relationship
between the global mean non-equilibrium surface tem-
perature change (ΔTs) and ARF (ΔF ):

Cy
dΔTs(t)

dt
= ΔF (t) − ΔTs(t)

λ
(5)

Here, t is the developing-time of change (units: d); Cy

is the thermal capacity (13.3 J K−1 m−2 kg−1); λ is
the climate sensitivity parameter, as above, but here
it is set as 0.8 K (W m−2)−1.

It can be seen from Fig. 3 that the surface temper-
ature induced by pulsed emission of CO2 increases
quickly in the initial stage and reaches a peak after
around 30 years. Then, the surface temperature be-
gins to decrease rapidly before 200 years and continues
to reduce slowly between 200 and 400 years, but does
not come back to the initial state by 500 years. Fig-
ure 3 indicates that the surface temperature change
caused by sustained emission involves a continuous rise
during the whole 500 years. It can also be seen that
the surface temperature change caused by a sustained

emission of CO2 is two orders of magnitude larger than
that by pulsed emission, so sustained emission has a
much greater influence on surface temperature change.
It can be concluded that CO2 will have a sustained in-
fluence on surface temperature change in the future if
no controls are exerted on CO2 emissions, and that the
Earth-atmosphere system will therefore be difficult to
restore to its original state.

6. Conclusions

An updated assessment of radiative forcing due to
CO2 has been recalculated according to its new con-
centration in the atmosphere by using a high spectral
resolution radiative transfer model. The calculated ra-
diative forcing caused by the increase of atmospheric
CO2 from 1750 to 2005 was 1.81 W m−2, which was
within the range of 1.66±0.17 W m−2 given by the
IPCC (2007). Based on this, we calculated the new
ARF of CO2 from the year 1750 to 2010, and obtained
a value of 1.95 W m−2, which was 17% higher than the
range given by the IPCC (IPCC, 2007), and which was
mainly caused by the rapid increase in the concentra-
tion of CO2 since the IPCC’s 4th Assessment Report
(IPCC, 2007). To simplify the calculation of the ARF
of CO2 under its changed concentrations in the future,
a new fitting formula for the relationship between CO2

ARF and its concentration has been proposed in this
work.

Finally, according to the relationship between sur-
face temperature change and the ARF, the global
mean equilibrium surface temperature change caused
by changes in atmospheric concentrations of CO2 un-
der different scenarios was estimated. If the global
mean concentration of CO2 rises to 1.5, 2, 2.5, 3,
3.5 and 4 times the value of 385.2 ppmv in the year
2008, then the corresponding global mean equilibrium
surface temperature will become +2.2◦C, +3.8◦C,
+5.1◦C, +6.2◦C, +7.1◦C and +8.0◦C higher, respec-
tively, based on a middle level climate sensitivity pa-
rameter of 0.8 K (W m−2)−1. Meanwhile, the non-
equilibrium surface temperature change caused by
pulsed and sustained emissions of CO2 over the next
500 years was also calculated. This illustrated that the
driving of global warming by CO2 will remain over the
next 500 years if emissions are not controlled, starting
from now. Subsequently, the Earth–atmosphere sys-
tem will be difficult to restore to its original state.
However, attention should be paid to the fact that the
results of this work were obtained under the assump-
tion of a medium-level climate sensitivity parameter.
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CH4和 N2O 的辐射强迫与全球增温潜能  
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摘  要  CH4 和 N2O 作为主要温室气体，自工业革命以来排放量急剧增加，已经被列入《京都议定书》要求控制

它们的排放。本文利用高光谱分辨率的辐射传输模式，计算了 CH4、N2O 在晴空大气和有云大气条件下的瞬时辐

射效率和平流层调整的辐射效率，以及它们的全球增温潜能（GWP）和全球温变潜能（GTP），并根据模式结果

拟合了 CH4和 N2O 的辐射强迫的简单计算公式。本文的研究表明：CH4和 N2O 在有云大气下的平流层调整的辐射

效率分别为 4.142×10–4 W m–2 ppb–1和 3.125×10–3 W m–2 ppb–1 (1ppb=10–9)，经大气寿命调整后的辐射效率分别为

3.732×10–4 W m–2 ppb–1和 2.987×10–3 W m–2 ppb–1，与 IPCC（2007）的相应结果高度一致。CH4和 N2O 100 年的全

球增温潜能 GWP 分别为 16 和 266；100 年的脉冲排放的全球温变潜能 GTPP分别为 0.24 和 233；持续排放的全球温

变潜能 GTPS 分别为 18 和 268。它们在未来全球变暖和气候变化中，影响仅次于 CO2，仍然起着非常关键的作用。 
关键词  CH4  N2O  辐射效率  全球增温潜能（GWP）  全球温变潜能（GTP） 
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Radiative Forcing and Global Warming Potentials of CH4 and N2O 
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Abstract  As the main long-lived greenhouse gases, CH4 and N2O are included in the Kyoto Protocol, and countries are 
required to limit the rapid increase in their emissions since the Industrial Revolution. In this work, a radiative transfer 
model with a high resolution of 998 bands is used to calculate the instantaneous radiative efficiencies, stratospheric- 
adjusted radiative efficiencies, and lifetime-adjusted radiative efficiencies of CH4 and N2O for clear and cloudy skies, as 
well as their global warming potentials (GWPs) and global temperature potentials (GTPs). Simple fitting formulas for 
calculating the adjusted radiative forcing due to CH4 and N2O are given on the basis of the model results in this work. It is 
shown that the radiative efficiencies of CH4 and N2O for cloudy skies are 4.142×10−4 W m−2 ppb−1 (1ppb=10–9) and 
3.125×10−3 W m−2 ppb−1 after stratospheric adjustment, and 3.732×10−4 W m−2 ppb−1 and 2.987×10−3 W m−2 ppb−1, 
respectively, after lifetime adjustment, which are highly consistent with those of the IPCC (2007). Moreover, the 100-year 
GWPs of CH4 and N2O are 16 and 266, respectively, and their corresponding 100-year GTPs are 18 and 268 for sustained 
emissions, and 0.24 and 233 for pulse emissions. These results indicate that CH4 and N2O will still play a critical role in 
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future global warming, second only to CO2. 
Keywords  CH4, N2O, Greenhouse gases, Radiative efficiency, Global warming potential (GWP), Global temperature 
potential (GTP) 

 

1  引言 

研究表明，自工业革命以来，大气中温室气体

的含量大大增加，对大气组成、辐射强迫和全球气

候变化都具有重要影响，而且对全球气候变暖有主

要贡献。为了减缓全球增暖，必须限制这些温室气

体的排放量。因此，二氧化碳（CO2）、甲烷（CH4）、

氧化亚氮（N2O）和卤化碳等长寿命温室气体，均

被列入《京都议定书》中要求控制它们的排放量。 
作为主要的温室气体，CH4、N2O 具有大气含

量较高、受人类活动影响大，气体分子辐射吸收能

力较强，大气寿命较长等特性。首先，CO2、CH4

和 N2O 的大气含量在均匀混合的温室气体中居于

前三位（非均匀混合的水汽和臭氧除外），并且造

成它们浓度增加的主要因素均为人类活动的影响。

大气中 CH4浓度与人类活动密切相关，60%的排放

来自人类活动，其浓度值在工业化前约 715 ppb
（IPCC，2007），到 2008 年 CH4 的全球平均体积混

合率已经达到 1797 ppb（1 ppb=10–9）（WMO，2009），
近年来仍有明显增加；全球大气中 N2O 的增加也主

要受到人类活动影响，浓度值已从工业化前约 270 
ppb（IPCC，2007），增加到 2008 年的 321.8 ppb
（WMO，2009）。其次，CH4 和 N2O 是地球大气的

主要吸收气体，分别在 7.8 µm、3.3 µm 和 17 µm 等

多个谱带有吸收，并在 7.8 µm 二者有重要的重叠吸

收，因而改变了这些光谱区域大气的吸收性质，对

地气系统向外空的辐射冷却产生很大的影响。再

者，CH4 和 N2O 都具有较长的大气寿命，即：在自

然过程把排放到大气中的这些温室气体清除之前，

它们将在大气中存留至少十几年甚至上百年，在此

期间，它们累积在大气中，对影响大气辐射平衡和

全球气候产生持续的贡献。 
随着全球变暖的加剧，已有愈来愈多的国内外

学者关注 CH4、N2O，除了它们的源排放和在大气

中含量的变化，定量评估它们对地球辐射平衡和气

候产生的影响已经成为气候变化研究中的热点。这

是因为，制定具体可行的温室气体减排政策，并为

相关决策提供科学依据，要求定量地评估温室气体

的气候效应，即用一定的标准来衡量不同温室气体

对未来全球气候变暖的相对贡献。目前，对温室气

体的气候效应采用的评估方法，主要包括辐射强

迫、全球增温潜能（GWP）和全球温变潜能（GTP）
等工具。Zhang et al.（2011）和张华等（2011）用

高光谱分辨率的辐射传输模式分别研究了《京都议

定书》限制排放的痕量温室气体 HFCs、PFCs 和 SF6

的辐射强迫和全球增温潜能，但是没有研究《京都

议定书》限制排放的 CH4、N2O 等主要温室气体。

Shine et al.（2005）、Fuglestvedt et al.（2003）、石广

玉（1991，2007）、Shi (1981)、黄兴友（2001）等

学者在这方面做了很多工作，但与现在的条件相

比，模式所用谱线资料不够新，辐射模式的精确性

也有待提高。因此，用新的气体吸收资料、更精确

的辐射计算模式和新的评估方法（GTP）来研究

CH4、N2O 等《京都议定书》限排气体是十分必要

的。 
本文在前人工作的基础上，利用 HITRAN2K

发布的分子吸收资料和高精度的辐射传输模式，首

先计算了 CH4、N2O 的瞬时辐射效率和平流层调整

的辐射效率，并考虑了大气寿命对辐射效率的影

响；其次，根据不同浓度下产生的辐射强迫值，拟

合了简单的气体辐射强迫计算公式，以易于评估未

来气体浓度增加对全球变暖的影响；最后，计算了

它们在未来 10～500 年的 GWP 和 GTP，并对两种

不同的排放测量方法进行了比较。 

2  资料与模式介绍 

2.1  HITRAN 资料 
    为了准确地研究气体的温室效应，进行精确的

特别是高光谱分辨率的辐射计算，需要输入大气分

子吸收谱线的资料。本文采用的 HITRAN（HIgh- 
resolution TRANsmission，高分辨透过率）分子光

谱数据库（Rothman et al.，2005），是国际科学界公

认且广泛应用于大气辐射传输计算的基础资料，本

文所用版本是 HITRAN2K。HITRAN2K 分子光谱

数据库既收录了 H2O、CO2、CH4、N2O、O3 等大

气中主要气体的各项谱线参数，也给出了臭氧消耗

物质 CFCs 和 HCFCs，及其代替品 HFCs、PFCs 和
SF6 等诸多化合物的红外吸收截面数据，是本文研
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究的基础。Lu et al.（2012）证明了 HITRAN2K 版

本的 CH4 和 N2O 的总线强与目前释放的最新版本

HITRAN08 基本一致，没有太大变化，因此分子光

谱数据的变化不会对本文的计算产生影响。 

2.2  辐射传输模式 
本文采用的是 Zhang et al.（2003，2006a，

2006b）研制的长波辐射传输方案。该模式是基于

Zhang et al.（2003）利用 LBLRTM 计算得到的大气

主要温室气体和 CFCs 的吸收系数，根据 Shi 
（1981）提出的相关 k-分布吸收系数重排法，Zhang 
et al.（2003）提出的气体吸收带重叠优化方法，

Zhang et al.（2006a）提出的 k-分布间隔的选取方 
法，以及 Zhang et al.（2006b）的谱带划分方法建

立起来的。Zhang et al.（2006a）的辐射计算方案   
将长波区间分为 17、21、27、55、998 等不同的谱

带，同时考虑了云的作用。在长波区间云的吸收与

发射算法采用了 Nakajima et al.（2000）的计算方

法。Zhang et al.（2006b）给出的高精度的 998 带辐

射传输方案则是将光谱区间 10～49000 cm–1（0.2～
1000 µm）划分为 998 个带，长波区间 10～2500  
cm–1（4～1000 µm）分为 498 个带，每个带的波段

区间均为 5 cm–1，k-间隔数量对于每个带都进行了

优化，2～16 不等，具体谱带划分、k -间隔数量以

及吸收气体分布见 Zhang et al.（2006b）。张华等

（2011）证明了利用 998 带辐射传输方案计算温室

气体的辐射强迫和全球增温潜能比利用为气候模

式设计的 17 带方案要精确得多，故本文采用 998
带辐射传输方案进行研究。 

该辐射模式中考虑了大气中 15 种温室气体，包

括 5 种主要温室气体：H2O、CO2、O3、CH4 和 N2O，

和 CFCs、HFCs、PFCs 等 10 种痕量化合物，并假

设这些痕量气体在大气中混合均匀。CH4 主要在第

105～124 带、第 239～278 带和第 424～498 带有吸

收。可见，高光谱精度的 998 带辐射方案由于谱带

划分较细，k-间隔数量多，在计算可以更全面地考

虑气体的强弱带吸收（Zhang et al.，2011）。 
此外，模式将整层大气分为 100 层，垂直分辨

率为 1 km，地面高度设为 0 km，大气顶取为 70 km。

对辐射通量和加热率的计算，采用六种模式大气

（Garand，2001）：热带大气（TRO），中纬度夏季

大气（MLS），中纬度冬季大气（MLW），亚极夏季

大气（SAS），亚极冬季大气（SAW）和美国标准

大气（USS）。在此基础上，计算目标气体在六种大

气下的瞬时辐射效率和平流层调整的辐射效率，并

通过对六种模式大气的结果取算术等权平均和其

中 3 种大气取区域加权平均，可以认为得到全球平

均结果。 

3  CH4、N2O 的辐射强迫 

3.1  定义与计算方案 
辐射强迫是目前应用广泛的一种评估温室气

体气候效应相对大小的方法，定义为某种辐射强迫

因子（如温室气体的浓度）变化时所造成的对流层

顶净辐射通量的变化。IPCC（1996）按照是否允许

平流层温度进行调整，将辐射强迫划分为两种：①

瞬 时 辐 射 强 迫 （ IRF ， Instantaneous Radiative 
Forcing），不考虑平流层温度变化；②调整过的辐

射强迫（ARF，Adjusted Radiative Forcing），即，

在保持地表和对流层温度不变的情况下，通过调整

平流层的温度结构，使平流层达到辐射平衡时，对

流层顶的净辐射通量的变化。根据定义，辐射强迫

可以提示气候变化的总趋势，一般而言，正的辐射

强迫将增暖地面和对流层，使全球变暖，引起地表

平均温度升高；负的辐射强迫使地面和对流层变

冷，引起地表平均温度降低。因此，可以通过计算

CH4 和 N2O 的辐射强迫来估量在它们在大气中的

浓度变化对气候系统产生的影响。 
本文采用了 Zhang et al.（2011），张华等（2011） 

的迭代法来计算平流层调整的辐射强迫，如图 1 所

示。图中 ε为收敛值，Δt 为迭代的时间步长，单位

为 d，本文取为 1 d。如果满足收敛条件，即可认

为平流层经过温度调整达到了新的辐射平衡，此 
时所得到的对流层顶净辐射变化即该气体的调  
整辐射强迫。如果引起气候系统扰动的气体浓度为

单位浓度，如 1 ppm 或 1 ppb，则对应的辐射强   
迫称为该气体的辐射效率（本文中单位统一为   
W m–2 ppb–1）。 
    云是影响气体辐射强迫的一个重要因子，本文

将云参数输入辐射传输模式来考虑云的影响。根据

国际卫星云气候计划（ISCCP）D2 数据计算所得到

的不同云态、云顶压力和光学厚度的 15 类云的云

量和云水含量等资料参见文献（Zhang et al.，2011，
张华等，2011）。其中低云的高度为 1～2 km，中云   
的高度为 4～5 km，高云的高度为 10～12 km。低

云 Cu、Sc、St 和中云 Ac、As、Ns 等 6 种云的云粒

子相态有水云和冰云两种，冰云的平均有效半径为
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30 μm，水云为 10 μm。计算时，地表发射率设为

1.0。 
通过在热带、中纬度和亚极三种大气中加入云

参数，可以得到有云大气下的平流层调整的辐射效

率，所采用的计算方法如下： 
15

clear
1

RE RE (1 )RE ,i i
i

C C
=

= + −∑          （1） 

其中，Ci 为每类云的云量，C=∑Ci 是总云量，REclear

和 REi 分别表示晴空和有云（云类型为 i，i=1～15）
大气下平流层调整的辐射效率。然后，通过公式（2）
可计算全球平均的有云大气下平流层调整的辐射

效率（Highwood and Shine，2000）: 

mean tro mid

sub

1 3 1RE RE RE
2 2 2

3      1 RE ,
2

⎛ ⎞
= + − +⎜ ⎟⎜ ⎟

⎝ ⎠
⎛ ⎞

−⎜ ⎟⎜ ⎟
⎝ ⎠

× ×

×

 （2） 

其中，REmean 是全球平均平流层调整的辐射效率，

REtro、REmid和 REsub 分别表示热带、中纬度和亚极

大气平流层调整的辐射效率。 
3.2  模式检验 

为了检验所用模式，本文给出了两种假设情景

下计算的辐射强迫结果，与 Collins et al.（2006）给

出的大气海洋环流模式（AOGCMs）的结果进行了

比较。这两种情景包括：（1）CO2 浓度由 1860 年

287 ppm 的基础上加倍至 574 ppm；（2）CO2 浓度加

倍后（574 ppm），水汽含量增加到 1860 年的 1.2 倍。

其中，CO2 浓度增加时，O2 相应减少。这两种情景

下辐射强迫的计算结果包括（1）晴空模式顶部

（TOM）的长波净辐射；（2）晴空 200 hPa 处的长

波净辐射；（3）晴空地表（Surface）长波净辐射。 
比较时，选用统一的模式大气——中纬度夏季

大气（MLS），以确保所有的计算都在相同的温度

廓线下进行，模式大气分为 40 层，大气层顶为 80 
km，压强为 0.01 hPa，并假设温室气体混合均匀。

在本文的辐射传输模式中，参数设置如下：模式中

层底云浓度为零，气溶胶含量为零。忽略云和气溶

胶的影响以及平流层调整的作用。 
表 1 给出了上述两种情景下本文的结果与

Collins et al.（2006）中不同模式的计算结果。本文

计算的 CO2浓度加倍引起的地表、200 hPa 和模式 
顶部的长波辐射强迫分别为 1.7 W m–2、5.6 W m–2

和 3.03 W m–2，CO2 浓度加倍后水汽含量增加 20%
引起的长波辐射强迫分别为 11.14 W m–2、4.13    
W m–2和 3.26 W m–2，如图 2 中的三角图标所示。由

图 2 可见，本文的结果基本都位于不同大气海洋环

图 1  计算温室气体平流层调整的辐射强迫的迭代方法（引自 Zhang et al., 2011） 

Fig. 1  Schematic of iterative method to compute the stratospheric adjusted radiative forcing of GHG (Greenhouse Gas) (from Zhang et al., 2011) 

518



3 期 
No. 3 

张华等：CH4和 N2O 的辐射强迫与全球增温潜能 
ZHANG Hua et al. Radiative Forcing and Global Warming Potentials of CH4 and N2O 

 

 

 

749

流模式（AOGCMs）的结果和逐线积分模式（LBL）
结果范围之间。对第一种情景，本文结果更接近于

LBL 结果；对第二种情景，本文的结果位于不同大

气海洋环流模式（AOGCMs）的范围内，与 LBL
的结果稍有差异，其中，对 CO2 加倍引起的地表长

波辐射强迫，本文结果更接近 LBL 结果。以上比较

说明采用高光谱辐射传输模式进行本文的计算是合

理的。 
 

表 1  不同情景、不同模式下的长波辐射强迫（单位：W m–2） 
Table 1  Comparison among CO2 longwave radiative 
forcings under different conditions (unit: W m–2) 

CO2浓度加倍 CO2浓度加倍后，水汽含量增加 20% 
模式层 

998 带 AOGCMs LBL 998 带 AOGCMs LBL 

TOM 3.03 2.45 2.8 3.26 3.57 3.78 

200 hPa 5.6 5.07 5.48 4.13 4.45 4.57 

Surface 1.7 1.12 1.64 11.14 11.95 11.52 

3.3  加热率与辐射效率 
表 2列出了CH4和N2O晴空大气下的瞬时辐射

效率和平流层调整的辐射效率，以及有云大气下的

平流层调整的辐射效率。其中，晴空大气下的结果

是六种模式大气的算术平均值，有云大气的结果是

上面三种大气的区域加权平均值。通过对比表 2 中

晴空大气下瞬时辐射效率和平流层调整后的辐射

效率，可以看到，经过平流层调整，CH4 和 N2O 的

辐射效率分别减少了 1.3%和 2.3%。平流层温度调

整对辐射强迫的作用是增大或是减小，取决于平流

层温度调整后，温度廓线对对流层顶净辐射通量的

影响（Jain et al.，2000）。如图 3，分别给出在六种

模式大气下，计算的 CH4和 N2O 气体浓度变化为 1 
ppb 时在长波区间引起的辐射加热率。加热率随不

同模式大气而变化，但是不同模式大气的加热率量

级都比较接近，并且有相似的垂直分布，可以看出，

CH4、N2O 的加热率在对流层顶以上的平流层都为

负值，在这些大气层上起冷却作用。当平流层经过

调整达到新的平衡后，平流层下部会减少向对流层

的向下辐射通量，引起对流层顶的辐射强迫减少。 
 
表 2  CH4和 N2O 的辐射效率（单位：W m–2 ppb–1） 
Table 2  Radiative efficiencies of CH4 and N2O (unit:    
W m–2 ppb–1)  

晴空大气 有云大气 

气体

大气

寿命

/a 
瞬时辐 
射效率 

调整辐 
射效率 

调整的 
辐射效率 

大气寿命

调整的辐

射效率 

IPCC 
(2007)

CH4 12 5.128×10–4 5.062×10–4 4.142×10–4 3.732×10–4 3.7×10–4

N2O 114 3.874×10–3 3.785×10–3 3.125×10–3 2.987×10–3 3.03×10–3

表 3中CH4和N2O区域平均的有云大气下平流

层 调 整 的 辐 射 效 率 分 别 为 4.142×10–4 和

3.125×10–3 W m–2 ppb–1，分别比晴空下的结果减少

18.2%和 17.4%。这是因为云引起的向上辐射通量的

减少对它们的辐射强迫有较大的影响（Jain et al.，
2000）。同时，表 3 还列出了 IPCC（2007）的结果

作为参照。本文 CH4和 N2O 在有云大气下的平流层

图 2 （a）CO2 浓度从 287 ppm 增加到 574 ppm 的长波辐射强迫；（b）CO2 浓度加倍后，水汽含量增加 20%的长波辐射强迫。三角图标表示本文计算

结果  

Fig. 2  (a) Longwave radiative forcing induced by increased CO2 concentration from 287 ppm to 574 ppm; (b) longwave radiative forcing induced by moisture 

content increased by 20% with doubled CO2 concentration. Triangles indicate the results calculated in this paper. Base map is from Collins et al. (2006) 
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调整的辐射效率与 IPCC（2007）的结果相比非常一

致，差别仅分别为 0.86%和 1.4%。 
本文采用 CH4、N2O 等温室气体的全球平均  

浓度来计算全球平均的辐射强迫（效率），但实际 
上，它们的浓度都是随高度有变化的。许多研究表

明，随高度不变的廓线和变化的廓线引起的辐射强

迫存在差别。Sihra et al.（2001）基于 Jain et al.  
（2000）的工作提出了一个与大气寿命相关的调整

系数来调整平流层浓度减小对辐射强迫的影响，指

出对大气寿命超过 0.25 年的气体，该系数为 1－
0.241×τ –0.358，其中，τ 代表大气寿命，单位为 a，
并且指出大气寿命调整后的辐射强迫也会有误差，但

是要比完全不调整好得多（Sihra et al.，2001）。本

文采用该系数计算得出，CH4 和 N2O 经过大气寿命

调整后的辐射效率分别为 3.732×10–4和 2.987×10–3 
W m–2 ppb–1，比不经过大气寿命调整的辐射效率分

别减少了 9.8%和 4.4%，可见大气寿命越长，调整

前后的差别越小。 
3.4  辐射强迫的简单计算公式 

温室气体的辐射强迫，可以利用各种辐射传输

模式来计算，包括逐线积分模式、带模式等，也有

各种适用的气候模式。然而应用模式计算辐射强迫

的运算量相对较大，会耗费大量的计算时间。而根

据模式的计算结果可以得出，改变温室气体的浓

度，产生的辐射强迫也相应地发生变化，且两者之

间的对应关系有一定规律。因此，可以将这种对应

关系表示成比较简单的经验公式，以便快速而又精

确合理地计算辐射强迫。 
研究表明，可定性地认为：当某种大气温室气

体，或由于其吸收带的强度较弱，或由于其在大气

中的浓度偏低，或是两者的综合作用，使其在大气

中的吸收处于线性吸收区（即吸收率与吸收物质量

成正比）时，则其辐射强迫基本上与其浓度变化成

线性关系；当吸收处于平方根区（吸收率正比与吸

收物质量的平方根）时，则其辐射强迫基本上与  
其浓度变化成平方根关系；当吸收更强时，其辐  
射强迫与浓度变化将变成对数关系（石广玉，1991，
2007）。 

计算 CH4 浓度在一定范围内变化造成的平流 
层调整的辐射强迫时，必须考虑其与 CO2、H2O、

O3 和 N2O 之间的重叠吸收。根据石广玉等（1991，
2007）、于秀兰等（2001）的研究结果，只需考虑

N2O 浓度的变化对吸收重叠的影响，其它可以忽略

不计。本文引用了文献（石广玉等，1991，2007；
于秀兰等，2001）中的简化公式形式重新对平流层

调整后的辐射强迫进行了拟合，在计算 CH4 浓度变

化造成的辐射强迫时，只考虑了 N2O 浓度变化对重

叠效应的影响；同时，利用平方根项和线性项叠加，

可以得到比仅用平方根项更高的拟合精度。经过计

算，得出的简单公式： 

图 3  6 种模式大气下 1 ppb CH4（a）、N2O（b）扰动的加热率 

Fig. 3  Heating rate of 1 ppb perturbation of (a) CH4 and (b) N2O under six kinds of model atmosphere 
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4CH 0 0

0 0

ARF ( ) ( ) (

      ) ( ),

M M M M N M

M N M M

α β γ

δ

= − + − + −

+ ⋅ −  

其中，M、N 分别为 CH4、N2O 的浓度，CH4 参考

浓度 M0=1797 ppb。4 个拟合系数分别为 α=0.03195，
β=1.439×10-4，γ=－1.133×10–3，δ=1.221×10–7。

 
同理，计算 N2O 浓度变化造成的辐射强迫时，

只考虑 CH4对吸收重叠的影响，得到公式： 

2N O 0 0

0 0

ARF ( ) ( )

 ( ) ( ),

N N N N

M N N M N N

α β

γ δ

= − + − +

− + ⋅ −
 

其中，M、N 意义同上，N2O 参考浓度 N0 =321.8   
ppb。4 个拟合系数分别为 α=0.08801，β=0.0011，γ= 
－3.7167×10–4，δ= 2.0116×10–9。 

石广玉等（1991，2007）、于秀兰等（2001）
的研究时间较早，所用的气体谱线和浓度资料都已

陈旧。而本文用于公式拟合的样本数据则是由新的

气体浓度和 998 带高光谱分辨率的辐射传输模式 
重新计算出的平流层调整后的辐射强迫 ARF，因此，

本文拟合的公式与石广玉等（1991，2007）、于秀兰

等（2001）的结果相比，不仅目标气体的背景浓度

不同，计算出的气体的辐射强迫数值也更新。 
使用拟合公式计算辐射强迫的优点是，当温 

室气体的浓度改变时，只需要一次数学公式的计

算，比使用模式计算大大减少了计算量。 

4  CH4 和 N2O 的全球增温潜能和全
球温变潜能 

本文根据文献（Zhang et al.，2011；张华等，

2011）建立的 GWP 和 GTP 模型，计算了 CH4 和

N2O 未来 20、100 和 500 年的 GWP 和 GTP。 
GWP 的定义是瞬时脉冲排放 1 kg 化合物 x，在

一定的时间范围内引起的辐射强迫的积分相对  
于脉冲排放等量参考气体（本文采用 CO2）在同一

时间范围内的辐射强迫的积分。公式如下（IPCC，
2007）： 

TH TH

x x
0 0

x TH TH

r r
0 0

RF ( )d [ ( )]d
GWP ,

RF ( )d [ ( )]d

t t a x t t

t t a r t t
= =

∫ ∫

∫ ∫
     （3） 

/( ) e ,tx t τ−=                                               （4） 

0( ) exp ,i
i i

tr t a a
α

⎛ ⎞
= + −⎜ ⎟

⎝ ⎠
∑          （5） 

其中，TH 是时间范围（本文分别取 20、100 和 500

年），t 表示时间，RFx 和 RFr分别表示化合物 x 和

参考气体 CO2 的辐射强迫，ax 和 ar 分别表示相应  
的辐射效率，x(t) 和 r(t) 分别表示化合物 x 和参考

气体 CO2 的时间响应函数，公式（4）中的τ 表示

大气寿命，单位为 a，公式（5）中采用的 CO2 时间

响应函数是 IPCC（2007）给出的最新版本公式，

其中 a0、ai 和 αi 均为给定计算参数，详见 IPCC
（2007）。 
    全球温变潜能（GTP）的定义为：在脉冲排放

1 kg 化合物 x 或者以 1 kg·a–1 递增的持续排放化合

物 x，在给定的一段时间 TH 内造成的全球平均地

表温度的变化与参考气体 r（本文采用 CO2）所造

成的相应变化之比。脉冲排放和持续排放的 GTP
分别表示为 GTPP和 GTPS（Shine et al.，2005），公

式如下： 
TH

TH x
x TH

r

GTP T
T

Δ
=

Δ
，            （5） 

其中，TH 表示时间范围（这里为 20、100 和 500
年）；ΔTx 和 ΔTr分别表示化合物 x 和 CO2 引起的全

球平均地表温度变化，它们可以通过求解全球平均

地表温度变化ΔT与辐射强迫ΔF之间的公式（Shine 
et al.，2005）得到， 

d ( ) ( )( ) ,
d
T t T tC F t
t λ

Δ Δ
= Δ −      （7） 

其中，t 表示时间，C 是系统的热容量，λ是气候灵

敏度参数。 
脉冲排放和持续排放的绝对全球温变潜能分

别记为 AGTPP 和 AGTPS，表示在初始时刻排放的

气体在时间 t 时刻引起的地表温度的变化，单位为

K kg–1 和 K (kg a–1)–1。故脉冲排放和持续排放的

GTP 也可以分别表示为（Zhang et al.，2011；张华

等，2011） 
P

P X
P
C

AGTPGTP = ,
AGTP

           （8） 

S
S X

S
C

AGTPGTP = ,
AGTP

           （9） 

即 GTP 可表示为化合物 x 与参考气体 CO2 的绝对

温变潜能之比。计算 GWP 和 GTP 所需要的参数为

气体 x 和 CO2 的辐射效率和时间响应函数。这里采

用 Zhang et al.（2012）计算的有云大气条件下平   
流层调整的 CO2 辐射效率、以及本文计算的 CH4

和 N2O 的有云大气条件下平流层调整的辐射效率，

CH4、N2O 和 CO2的时间响应函数取自 IPCC（2007），
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气候灵敏度参数、热容量等参数取值与 Shine et al.
（2005）相同。表 3 列出了 CH4 和 N2O 的 20、100
和 500 年的 GWP，脉冲排放的 GTPP和持续排放的

GTPS，同时还给出 IPCC（2007）的 GWP 值作为

比较，表 4 则是由大气寿命调整后的辐射效率计算

得出的相应结果。计算时，CO2 的大气寿命取 120
年，则经过大气寿命调整的 CO2 辐射效率为

1.567×10–5 W m–2 ppb–1（Zhang et al.，2013）。通

过比较表 3 和表 4，可以看出不论 CH4或 N2O，其

大气寿命调整前后的各项指数变化不大（调整后比

调整前值略有减少或不变）。此后，各项指数均取

大气寿命调整后的值。 
由表 3～4 中 GWP 值可以看出，对于脉冲排放

等量的气体，CH4和 N2O 对气候变化的贡献是 CO2

的几十至上百倍。对 100 年的时间范围，本文计算

的 CH4 和 N2O 结果分别比 IPCC（2007）的结果小

32%和 11%，用经过大气寿命调整的辐射效率计算

出的结果则分别小 28%和 3%。通过对公式（3）的

分析得出，GWP 计算主要与四个参数直接相关，即

气体的辐射效率和时间响应函数以及参考气体 CO2

的辐射效率和时间响应函数，它们共同作用造成

GWP 值的计算差别。经分析可以得出，本文 GWP
的差别主要是由 CH4、N2O 辐射效率的不同造成 
的，其中本文采用了高精度的辐射传输模式是其中

差别的主要原因。 
对比表 3～4 中 GTPP值和 GWP 值，除了大气

寿命较长的N2O其 20年的GTPP值略大于GWP值，

其他 GTPP值都小于相应的 GWP 值，500 年 GTPP

值更是远远小于 GWP 值；而且对于大气寿命较小

的 CH4，两者的差别大于 N2O。Zhang et al.（2011），

张华等（2011）的研究也表明，大气寿命越小的气

体，GTPP值和 GWP 值相差越大。这是因为对大气

寿命较小的气体，GWP 值大大高估了气体脉冲排

放对气候变化的影响（Shine et al.，2005）。 
GTPS 考虑的是气体在持续排放情况下对地表

温度的变化产生的相对影响，而在实际中，CH4 和

N2O 的排放量正是持续增加到大气中的。通过对比

表 3～4 中 GTPS值和 GWP 值可以发现，两者的差

别要比同一气体相同时间范围的 GTPP 值与 GWP
值的差别小，并且随着时间范围的增大，GTPS值与

GWP 值差别减小。Zhang et al.（2011）和张华等 
（2011）分别对 HFCs、PFCs、SF6 等温室气体的研

究也显示了这一特性，并给出了解释：虽然 GTPS

和 GWP 的概念相差很大，但在时间跨度较大的情

况下 GTPS与 GWP 有相似的数学表达式，因而得到

的结果也接近（Shine et al.，2005）。 
本文还计算了 CH4、N2O 在未来 500 年内的绝

对全球温变潜能 AGTPP 和 AGTPS，表示这些气体

脉冲排放或者持续排放在未来 500 年内引起的地表

温度变化，见图 4。由图 4a 可见，N2O 脉冲排放的

气体引起的地表温度在排放初期迅速增加，并且在

排放后 40 年左右达到一个最大值，然后地表温度

开始缓慢恢复，在未来 400 年后完全得到恢复；CH4

则是自开始的几十年内由最大值迅速减小，其后 50
年左右就得到完全恢复。可以发现，地表温度恢复

的快慢与气体的大气寿命长短相关，大气寿命较短

的 CH4恢复得较快，大气寿命较长的 N2O 则恢复得

较慢，从量级上看，N2O 比 CH4 对地表温度变化的

影响也要大。图 4b 显示，N2O 持续排放引起的地

表温度的变化从排放时刻起一直增加，到本文计算

表 3  CH4和 N2O 的 20 年、100 年、500 年 GWP、GTPP、GTPS 和 GWP（IPCC，2007） 
Table 3  GWP, GTPP, GTPS, and GWP (IPCC, 2007) of CH4 / N2O with different TH (20 a, 50 a, and 100 a) 

GWP GWP (IPCC, 2007) GTPP GTPS 

气体 大气寿命/a 20 年 100 年 500 年 20 年 100 年 500 年 20 年 100 年 500 年 20 年 100 年 500 年 

CH4 12 50 17 5.3 72 25 7.6 41 0.26 ～0 56 19 5.4 

N2O 114 258 266 137 289 298 153 268 233 11 250 269 139 

 
表 4  进行大气寿命调整后，CH4和 N2O 的 20 年、100 年、500 年 GWP、GTPP、GTPS和 GWP（IPCC，2007） 
Table 4  GWP, GTPP, GTPS, and GWP (IPCC，2007) of CH4 / N2O with different TH (20 a, 50 a, and 100 a) after the 
atmospheric lifetime adjustment 

GWP GWP (IPCC, 2007) GTPP GTPS 

气体 大气寿命/a 20 年 100 年 500 年 20 年 100 年 500 年 20 年 100 年 500 年 20 年 100 年 500 年

CH4 12 47 16 5 72 25 7.6 39 0.24 ～0 53 18 5 

N2O 114 257 266 136 289 298 153 268 233 11 250 269 138 
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的节点 500 年达到最大并开始变缓；而 CH4 持续排

放在整个计算时间范围内对地表温度变化的影响

都比 N2O 小得多，其变化缓慢。通过图 4 还可看  
出，CH4 和 N2O 气体持续排放引起的地表温度变化

要比其脉冲排放引起的相应值大两个数量级，对地

表温度变化的影响要大得多。从本文的计算得出：如

果对 N2O 的排放不加以控制，它会对未来地表温 
度变化的产生持续影响并且很难得到恢复，而 CH4

对未来气候变化的影响比 N2O 小得多，且比较容易

得到恢复。 

5  结论 

本文计算了晴空大气和有云大气下主要温室

气体 CH4 和 N2O 的瞬时辐射效率和平流层调整的

辐射效率，得出：（1）经过平流层温度调整，CH4

和 N2O 的辐射效率均相对减小，这取决于平流层

温度调整后，平流层温度变冷，导致其向对流层辐

射通量减少所致。（2）本文计算的 CH4 和 N2O 经  
过大气寿命调整的辐射效率均与 IPCC（2007）的

结果高度一致，差别仅为 0.86%和 1.4%。 
以本文计算的 CH4 和 N2O 新的辐射效率为基

础，进一步研究了 CH4、N2O 在未来 20、100、500
年时间尺度上的 GWP 和 GTP，并分别计算了 CH4

和 N2O 脉冲排放、持续排放在未来 500 年内引起的

地表温度变化。结果表明：对于脉冲排放等量的气

体，CH4 和 N2O 的 GWP 值与对应的 GTPP值相比

显著偏高，说明 GWP 测量方法大大高估了 CH4和

N2O 对气候变化的影响。 
通过本文的计算和比较分析得出，持续排放

CH4和N2O引起的地表温度变化要比其脉冲排放引

起的相应值大两个数量级，对未来地表温度变化的

影响要大得多。CH4 对未来地表温度变化的影响比

N2O 小得多，而且比较容易得到恢复。如果对 N2O
的排放不加以控制，它会对未来地表温度变化的产

生持续的影响并且很难得到恢复。因此控制 N2O 的

排放迫在眉睫。另外，本文晴空的计算结果是对六

种模式大气算术平均得出的，而有云情况是对三个

纬度带进行面积加权平均得到的，其中造成的不确

定性也许会大于辐射模式计算精度本身造成的不

确定性。 
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Abstract Daily minimum temperature (Tmin) and maximum
temperature (Tmax) data of Huairou station in Beijing from
1960 to 2008 are examined and adjusted for inhomogeneities
by applying the data of two nearby reference stations. Urban
effects on the linear trends of the original and adjusted tem-
perature series are estimated and compared. Results show that
relocations of station cause obvious discontinuities in the data
series, and one of the discontinuities for Tmin are highly
significant when the station was moved from downtown to
suburb in 1996. The daily Tmin and Tmax data are adjusted
for the inhomogeneities. The mean annual Tmin and Tmax at
Huairou station drop by 1.377°C and 0.271°C respectively
after homogenization. The adjustments for Tmin are larger
than those for Tmax, especially in winter, and the seasonal
differences of the adjustments are generally more obvious for
Tmin than for Tmax. Urban effects on annual mean Tmin and
Tmax trends are −0.004°C/10 year and −0.035°C/10 year
respectively for the original data, but they increase to
0.388°C/10 year and 0.096°C/10 year respectively for the
adjusted data. The increase is more significant for the annual
mean Tmin series. Urban contributions to the overall trends of

annual mean Tmin and Tmax reach 100% and 28.8% respec-
tively for the adjusted data. Our analysis shows that data
homogenization for the stations moved from downtowns to
suburbs can lead to a significant overestimate of rising trends
of surface air temperature, and this necessitates a careful
evaluation and adjustment for urban biases before the data
are applied in analyses of local and regional climate change.

1 Introduction

The homogeneous time series of climate variables are de-
fined as those which contain only climatic variation and
regional trend information. It is generally recognized that
only by using homogenized data series can the long-term
climatic trends be accurately detected. However, due to
changes in observing sites, instruments, observing schedule,
observing habits and micro-environment around the obser-
vational grounds, discontinuous points in the observational
records can be created, especially for surface air temperature
(SAT) records. The inhomogeneous data may bring certain
deviation for estimating climatic trends, leading to inaccu-
rate analyses for regional climate change detection in some
circumstances (Jones et al. 1986; Easterling and Peterson
1995a; Yan et al. 2001; Ren et al. 2005; Menne et al. 2010).
Therefore, researchers commonly examine and adjust the
inhomogeneities before going to analyze long-term SAT
trends at single sites or on regional scales, by combining
variedmathematical methods and station metadata (e.g., Jones
et al. 1986; Easterling and Peterson 1995a, b; Alexandersson
and Moberg 1997; Aguilar et al. 2003; Menne and Williams
2005).

The inhomogeneities caused by observing schedule, in-
strumentation, and relocation were adjusted in SAT data of
the United States USHCN (US Historical Climate Network)
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(Karl and Williams 1987; Quayle et al. 1991; Easterling and
Peterson 1995a, b; Menne and Williams 2009). Vincent
(1998) and Vincent et al. (2002) adjusted the Canadian
Tmin and Tmax series using multiple linear regression
method. Researchers from other countries and regions also
created their own homogeneous SAT dataset using methods
such as Easterling and Peterson method, Standard Normal
Homogeneity Test, Two-Phase Regression, Penalized Max-
imal t Test, and Multiple Analysis of Series for Homogeni-
zation (MASH) (Wang et al. 2007a; Aguilar et al. 2003;
Reeves et al. 2007).

Chinese researchers made studies of SAT data homogeni-
zation (Song et al. 1995; Zhai and Eskridge 1996; Liu 2000;
Yan et al. 2001; Yan and Jones 2008; Li et al. 2004; Li and
Dong 2009; Li and Yan 2010). Using three different tests for
undocumented change points, for example, Li et al. (2009)
estimated the artificial discontinuities in annual mean daily
Tmin and Tmax in southeastern China and found that there
are more discontinuity points in annual mean Tmin series; Li
and Yan (2010) apply MASH method to detect and to adjust
inhomogeneities for daily SAT series of 1960–2006 at Beijing
station.

Given the adjustments are accurate and applicable for
monitoring and detecting regional climate change, however,
there remain still a few of issues to be solved. One is what
effect the homogenization will have on the estimated long-
term SAT trends at a single station or in a large region. If the
SAT trends are significantly different between the prior and aft
adjusted data series, then what are the underlying causes?
Does the adjustment for inhomogeneities significantly recover
the urban bias when the breakpoints are mostly caused by the
moves of stations from urban areas to rural areas, as

previously suggested by Winkler et al. (1981) and Hansen et
al. (2001) for the United States and recently by Ren et al.
(2010) for mainland China? To answer these questions will
certainly deepen our understanding of the systematic biases of
the SAT data and their influences on the estimates of magni-
tude and rate of local and regional temperature change.

In this paper, we examine the effect of data homogeniza-
tion on the estimate of Tmin and Tmax trends at Huairou
station of Beijing Municipality (BM). We first make an
examination of inhomogeneities of temperature data and
adjust the breakpoints identified to obtain a homogenized
SAT data; we then compare the linear trends of the original
and adjusted SAT series and analyze the urban effects on the
linear trends of the original and adjusted SAT series using
the temperature data of the same reference stations.

2 Data and methods

The original daily Tmin and Tmax data of Huairou,
Xiayunling, and Shangdianzi stations from 1960 to 2008
are obtained from the National Meteorological Information
Center of the China Meteorological Administration. The
locations of the stations are shown in Fig. 1, and the basic
information of the stations is listed in Table 1. The station
history records are from the Beijing Meteorological Bureau
(BMB) (2009), and the population data for the residential
areas near the stations are from the China Statistic Bureau
(2002).

As a rapidly grown small city, Huairou is located in the
northern mountainous areas of the BM, with a population of
~75 thousands in the urban area in 2000 (Fig. 1a). Huairou

Shangdianzi

Huairou

Xiayunling

Beijing City

1

2

3

1km

(a) (b)

Fig. 1 Locations of the weather stations used in the study. a Huairou station and reference stations in present; b present and historical locations of
Huairou station. Numbers 1, 2, and 3 in b indicate the locations before 1964, 1964–1996, and after 1996
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weather station is a typical urban station (Fig. 1b), and the
recent 49-year records from the station are evaluated in this
paper for the data inhomogeneities and urbanization effects
on the SAT trends as a target observational site. Although
Xiayunling and Shangdianzi stations are also located in the
mountainous areas, they are both far from larger residential
areas, with the former being on a valley in the southwest and
the latter on a slope near a small village having a population
of no more than a thousand in the northeast (Fig. 1a). The
two observational sites are chosen as the reference stations
from 20 weather stations with over 30-year records in the
BM. In addition to the small population of the residential
areas near stations and the similar physiographic character-
istics to the target station, the reference stations are also
required to have the continuous observation records with
as possible as less the missing observational values. The two
weather stations were ever used as reference stations in
previous studies of urbanization effect on the SAT trends
of Beijing station (Chu and Ren 2005; Ren et al. 2007).

Inhomogeneities of SAT data can be caused by such
factors as instrumentation, relocation, change in observa-
tional time, and modified statistical methods for daily aver-
ages. The introduction of the Autonomous Weather Stations
(AWS) to operational observations around 2004 in mainland
China may in certain extent have resulted in additional
inhomogeneities in SAT records. Wang et al. (2007b) indi-
cated, however, that the SAT of AWS has certain difference
from that of manual weather stations, but overall the differ-
ence is small and not significant. No change in observational
time and statistical methods of daily mean SAT occurred
during the last 50 years, and these will not cause any
detectable inhomogeneities of the SAT data. It has been
realized that the most important factor causing the inhomo-
geneities of SAT data is the frequent relocations of stations
in mainland China (Yan et al. 2001; Li et al. 2004; Ren et al.
2005).

Huairou station experienced relocation twice. It was
moved for the first time from West Gate of the old town
(Site 1 in Fig. 1b) to Beitumenzi (Site 2 in Fig. 1b) at the
East Gate Road outside the old town on 1 August 1964. The
second move occurred on 1 July 1996, from Beitumenzi to a
suburban village called Liugezhang (Site 3 in Fig. 1b), about
5.5 km from the center of the old town (BMB 2009). For the
two reference stations, on the other hand, the only move
occurred for Shangdianzi station on 1 September 1989, but
the horizontal distance of the movement was 750 m, and the
observational grounds changed from 255 m above sea level
(ASL) to 293 m ASL, increasing by 38 m in altitude.

The data are quality-controlled with the following steps:
(1) if the maximum temperature (Tmax) values are lower
than the minimum temperature (Tmin) values, they are
registered as unreasonable readings. There is no unreason-
able record in the SAT dataset of Huairou station; (2) the

values beyond four times of standard deviation are marked
as outliers. If outliers are detected, the reasonable records
are retained, and unreasonable ones are corrected or
regarded as missing values, based on the comparison to
the records of the neighboring stations. There is only one
outlier found in the dataset, but it is not unreasonable; (3)
missing values, which account for less than 0.25% of the
total records, are filled in by using the means of the same
stations for the reference time period 1971–2000.

The monthly mean Tmin and Tmax series Ti,j are calcu-
lated based on the daily records, and the monthly change-in-
temperature time series dT/dt for Huairou station are then
created referring to Easterling and Peterson (1995a). The i
and j indicate number of year and month respectively.

dT=dtð Þi; j ¼ Tiþ1; j � Ti; j ð1Þ

The monthly reference change-in-temperature time series

dT=dtð Þ0 are constructed by averaging the two reference
station data with squares of correlation coefficients with
Huairou station series as weights. We thus get the reference
series T 0.

T 0
iþ1; j ¼ T 0

i; j þ dT=dtð Þ0i; j ð2Þ

Discontinuous points in annual difference series of the
target station and the reference stations are detected by using
method of moving t test. As mentioned above, Huairou
station was moved in 1964 and 1996. In order to effectively
identify the discontinuities due to the relocations, the son
series length is set as 3 years since the dataset started in
1960. Therefore, the series length n=49, the son series
length n1=n2=3, and the significance level α=0.01. The
metadata are used to validate the existence of the inhomo-
geneous points, and they are adjusted if proved to be real
and caused by relocation. Otherwise, the original records are
kept as they were.

The 5-year averages of monthly mean SAT difference
between the target station and the reference series is taken
as the adjustment values. If the records are less than 5 years
before or after discontinuous points, then all the years of
record available are used to determine the adjustment
values. The adjustments for inhomogeneities are made on
basis of daily SAT data. The daily adjustment values are
obtained by a linear interpolation method, with the monthly
mean adjustment values being assigned to the mid-month
days (15th or 14th) of the neighboring months.

The sections of data after the last documented inhomo-
geneous points are taken as the base series, and they remain
unchanged. Before the inhomogeneous points, the adjust-
ment values are added to the original records for every day.

Urban effect (ΔTur) is defined as the SAT trends caused
by the changing Urban Heat Island (UHI) intensity and/or

Effect of data homogenization on estimate of temperature trend 367
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other factors (such as aerosols) related to urbanization near
the specific locations of urban weather stations (Chu and
Ren 2005; Ren et al. 2008). It is estimated by formula:

ΔTur ¼ Tu � Tr ð3Þ
where Tu is the SAT trend of urban station and Tr is the SAT
trend of reference (rural) station (series). ΔTur is larger than
0 if the urbanization raises the SAT trend at urban station,
and it is smaller than 0 if the urbanization reduces the SAT
trend at urban station.

ΔTur can also be estimated by calculating the annual and
monthly mean SAT differences between urban station and
reference series and the linear trend of the difference series
over the time period analyzed. In this paper, the annual
mean SAT difference series of Tmin and Tmax between
Huairou station and the average reference series are
constructed, and their linear trends for the time period
1960–2008 are estimated by using least-square method
and are examined for statistical significance by t test.

Urban contribution (Eu) is defined as a proportion that the
statistically significant urban effect accounts for the total
SAT trend at urban station (Chu and Ren 2005; Ren et al.
2008). It can be expressed as:

Eu ¼ ΔTur
Tu

����
����� 100% ¼ Tu � Tr

Tu

����
����� 100% ð4Þ

Generally, ΔTur/Tu is a positive value less than 100%
(0≤Eu≤100%); absolute value is taken because it, in certain
circumstances, assumes negative value due to the effects
other than increasing UHI intensity. If Eu=100%, then it

shows that the SAT trend of the urban station is entirely
caused by urbanization; if Eu is more than 100%, it implies
that the extra trend might have been caused by other local
factors not yet identified or the errors of data, but it is
regarded as 100% in this study. As the definition implies,
urban contribution is not calculated if the urban effect is not
statistically significant.

3 The results

3.1 Detection and adjustment of data inhomogeneities

There is no discontinuous point detected in the SAT data
series of the two reference stations, despite the relocation of
Shangdianzi station in September 1989. This happens main-
ly due to the relatively small change in the altitude and the
environment. No adjustment is done, therefore, and the
quality-controlled data are used for producing a single and
average reference series.

However, the inhomogeneities are more evident in the
SAT data series of Huairou station. Figure 2 shows curves of
the moving t statistics of Tmin and Tmax at Huairou station.
There are three discontinuous points in the Tmin series in
1963, 1991, and 1996, respectively, and three discontinuous
points in the Tmax series in 1974, 1996, and 2000, respec-
tively. By checking the metadata, the discontinuous points
in 1963 and 1996 occurred most probably due to the station
moves of 1 August 1964 and 1 July 1996 (Table 1). The two
discontinuous points are more significant statistically for the
Tmin series than those for Tmax series, and they have to be
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adjusted for homogeneity. However, the discontinuous
points statistically detected for Tmin in 1991 and for Tmax
in 1974 and 2000 cannot be validated by the station histor-
ical records and have been kept as they are.

The daily mean adjustment values of Tmin and Tmax
for the two discontinuous points validated are shown in
Fig. 3. The monthly and daily mean adjustment values
are all positive in 1964 and 1996. For the discontinuous
point in 1996, however, the Tmin adjustment values are
significantly larger than the Tmax adjustment values,
and the Tmin adjustment values are significantly larger
in winter than those in summer. It suggests that the
daily Tmin and Tmax all dropped when the station
was moved from within the town to outside the town,
with the drop in Tmin more significant. There are also
obvious seasonal differences in the Tmin adjustment
values, with those in winter larger than in summer.
The seasonal differences for Tmax adjustment values
are smaller.

Figure 4 gives the annual mean Tmin and Tmax of
the original and the homogeneity-adjusted data series at
Huairou station and of the average reference data series.
It is obvious that the adjusted temperature series, espe-
cially for Tmin, are more homogeneous and continuous
than the original ones, and they are more consistent
with the average reference series in inter-annual vari-
ability. The annual mean Tmin for the whole period
analyzed decreases by 1.377°C after the adjustment,
while the annual mean Tmax decreases by 0.271°C

(Table 2). The average adjustment magnitudes of mean
Tmin are significantly larger than those of mean Tmax.

A notable phenomenon is that the linear trends of the
original annual mean Tmin and Tmax series of Huairou
station are −0.006°C/10 year and 0.204°C/10 year, respec-
tively, while the linear trends of the adjusted annual mean
Tmin and Tmax series are increased to 0.385°C/10 year and
0.335°C/10 year, respectively (Table 3 and Fig. 4). The
trends of annual mean Tmin and Tmax both increase obvi-
ously after the adjustment, with the former regaining
0.391°C/10 year and the latter 0.131°C/10 year, respective-
ly. It is obvious that the increase of annual mean Tmin trend
is larger and more significant, indicating that Tmin records
are more sensitive to the station relocations and the data
homogenizations than Tmax records. The reasons for the
regains of the SAT trends will be discussed below.

The annual mean Tmin and Tmax values are all reduced
after the adjustments, and the reasons for the decrease are
that the adjustments are made with the section of data series
at the present location of observation as baseline, and also
the sections of data series adjusted before the last relocation
are longer in combination than the latest section of records.
Once again, the reduction of the annual mean Tmin is
significantly larger than that of the annual mean Tmax.

3.2 Urban biases in adjusted and original data series

Figure 5 shows changes in annual mean SAT difference
values between Huairou station and the average reference

Table 1 Information of the weather stations used in this study

Station code Station name Longitude (°E) Latitude (°N) Altitude (m) Start time of record Relocation
(d/m/y)

Population in
2000 (103)

54419 Huairou 116.62 40.37 76 1959 1/8/1964 74.6

1/7/1996

54597 Xiayunling 115.72 39.72 408 1959 0

54421 Shangdianzi 117.12 40.65 293 1958 1/9/1989 Less than 1.0
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series. The two SAT difference series of annual mean Tmin
and Tmax for the original and homogeneity-adjusted data
have highly similar inter-annual variability, but their linear
trends are obviously different, with those for the adjusted
data witnessing larger increasing trends, especially for Tmin
series. Therefore, the relocations of Huairou station from the
downtown to the suburb produced breakpoints or inhomo-
geneities, but they at the same time also largely reduced the
urban warming trends, as seen in the original temperature
series, while the data homogenization performed for
welding the breakpoints now results in a recovery of the
urban effect as shown in the adjusted temperature series.

Table 3 gives the urban effects and urban contributions of
Huairou station for the time period 1960–2008 for the data
series before and after the data adjustments. The urban
effects are −0.004°C/10 year and −0.035°C/10 year, respec-
tively, for the Tmin and Tmax before the adjustments,
all non-significant statistically, but they increase to
0.388°C/10 year and 0.096°C/10 year, respectively, after
the adjustments, both statistically significant at the 0.01
confidence level. The adjusted Tmin series witnesses a more

significant increase in the annual mean urban warming
trend.

Urban contributions to the overall temperature trends for
Huairou station are not estimated for the original annual
mean Tmin and Tmax series due to the non-significance of
the urban effects, but they reach 100% and 28.8% for the
adjusted annual mean Tmin and Tmax series, respectively.
After the data adjustment for inhomogeneities, the positive
trend of annual mean Tmin at Huairou station during 1960–
2008 can be totally explained by the urban effect, and
almost a third of the warming trend observed for annual
mean Tmax at the station can be attributed to the urban
effect.

4 Discussion

Relocations of weather stations from downtowns to suburbs
are a common practice in mainland China during the past
decades, especially for the national reference climate stations
and national basic meteorological stations (Li et al. 2004; Ren
et al. 2010), which have been mostly frequently applied for
analyses of regional climate change. This occurs mainly due
to the closeness of the weather stations to built-up areas of
cities and towns and the unprecedented urbanization process
over the past decades in mainland China under the rapid
growth of economy (Ren et al. 2008). Our analysis and the
findings of Huairou station in this paper therefore are in some
extent of representativeness to the SAT datasets commonly
used in studies for the country.

The frequent relocations of stations usually cause obvious
inhomogeneities in SAT data, which require a homogenization
before long-term trends of temperature can be analyzed. How-
ever, the adjustment may change the estimates of mean SAT
trends at single stations or even in regional scale and may lead
to an overestimate of the warming rates for the stations or the
regions. This phenomenon were pointed out in previous stud-
ies (Hansen et al. 2001; Menne et al. 2009; Ren et al. 2010)
but have not been exclusively examined. Winkler et al. (1981)
found, however, that the homogeneity-adjusted SAT data
depict a larger UHI intensity and UHI extent in the urban area
of Minneapolis–St. Paul, Minnesota. They adjusted the data
inhomogeneities induced by changes in observational time
and station location. Our analysis for Huairou station in this
paper shows that the increased warming rates as estimated
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Table 2 The mean and variance
of annual Tmin and Tmax of
Huairou station before and after
adjustment during 1960–2008
(degrees Centigrade)

Before adjustment After adjustment Difference

Tmin Mean 6.683 5.306 −1.377

Variance 0.339 0.577 0.238

Tmax Mean 17.561 17.290 −0.271

Variance 0.542 0.629 0.087
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from the homogeneity-adjusted data series compared with the
original data series mainly result from the recovery of the
urban warming trends. The regained warming trends, espe-
cially for the annual mean Tmin, are caused by enhanced
urban effect near the first location of the city station, which
now has been located in the center of the built-up areas due to
the urbanization. The overall trend and the urban effect in the
annual mean Tmax series also increase after the homogeniza-
tion, but the changes are much smaller.

Figure 6 gives a conceptual illustration of the effects of
homogenization on estimates of SAT trends with those
occurred at Huairou station as a case. The first move of
the station from West Gate of the old town to Beitumenzi of
East Gate Road in 1964 resulted in a relatively small drop of
annual mean Tmin due to the short distance between the two
sites, but the second move from Beitumenzi to Liugezhang

in 1996 caused a tremendous drop of annual mean Tmin due
to the long distance of the relocation and the radically
different settings around the two sites (also see Fig. 1b).
The positive linear trend of annual mean Tmin for the
unadjusted data series, as shown by the black dotted line,
is small and statistically insignificant as a result of the two
plunges caused by the relocations. When the SAT data is
adjusted for the inhomogeneities, however, the larger posi-
tive trend of annual Tmin at the station has been recovered,
as shown by the red dotted line, because the annual mean
Tmin values before the two breakpoints are successively
lowered by subtracting the adjustment values from the orig-
inal data series.

Further investigations are needed to understand to what
extent the data homogenization of the national reference
climate stations and national basic meteorological stations
in mainland China has affected the estimates of the large
scale SAT trends. It is reasonable to assume that the effect of
the data homogenization on the estimates of SAT trends and
urban biases for the country on a whole would be more
moderate than that reported for Huairou station in this paper,

Table 3 Urban effects on the Tmin and Tmax trends of the Huairou station (degrees Centigrade per 10 years) and the urban contribution to the
overall temperature trends (percent) for the data series before and after adjustment for period 1960–2008

Before adjustment After adjustment Difference

Tmin Linear trend −0.006 0.385a 0.391

Urban effect −0.004 0.388 a 0.392

Urban contribution 100

Tmax Linear trend 0.204 a 0.335 a 0.131

Urban effect −0.035 0.096 a 0.131

Urban contribution 28.8

a Significant at the 0.01 confidence level
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but it would not be overlooked considering that a common
practice is to relocate the weather stations within built-up
areas to suburbs or countryside when they are regarded as
being less representative for monitoring baseline climate,
and this will result in obvious inhomogeneities in the SAT
data series in mainland China, which has been consensually
regarded as improper for applications in studies of climate
change and requires a homogeneity-adjustment before they
could be used in studies. If the homogenization significantly
affects the SAT trends for part or even majority of the
stations in the country, the urban biases in the homogenized
SAT data series of the stations have to be more carefully
assessed and adjusted before they are to be confidently used
in analyses of climate change.

The issue is also relevant to a few of questions baffling
the researchers of climate change. One is the understanding
of the different trends of Tmin and Tmax in continents. The
“asymmetry” in increases of Tmin and Tmax series and the
resulting decline of the Diurnal Temperature Range (DTR)
were reported for many regions (e.g., Karl et al. 1993; Xie
and Cao 1996; Zhai and Pan 2003; Qian and Lin 2004; Choi
et al. 2009; Zhou and Ren 2011). The changes were related
to the increase in cloud coverage and precipitation world-
wide and aerosols over some regions (Dai et al. 1999;
Easterling et al. 2000). However, Zhou and Ren (2009,
2011) found a larger urban contribution to the “asymmetry”
in the Tmin and Tmax increases and in the decrease of the
DTR in North China. The analysis result based on the
homogeneity-adjusted data in this paper also shows that
the significant increase in annual mean Tmin at Huairou
station might have been completely explained by urban-
ization, and the increase in annual mean Tmax might
have been partially caused by urbanization, generally
consistent with the conclusions drawn by Zhou and
Ren (2009, 2011) for North China and by Zhang et al.
(2011) for Beijing station.

5 Conclusions

In this paper, the daily Tmin and Tmax data at Huairou
station, Beijing Municipality, from 1960 to 2008 are exam-
ined and adjusted for inhomogeneities caused by relocations
of station, and the temperature trends before and after the
adjustments are compared. Following conclusions are
drawn:

1. The adjusted annual mean Tmin and Tmax drop by
1.377°C and 0.271°C, respectively, and the adjustment
values for Tmin are significantly larger than those for
Tmax. The location changes of Huairou station from
downtown to the suburb, especially the second move in
1996, cause more significant drop in annual mean Tmin.

The drops in monthly mean Tmin values are larger
during winter than those during summer.

2. The data homogenization for the station relocations from
downtown to suburb at Huairou station leads to an in-
crease in mean SAT trends, and the increase is more
significant for Tmin than for Tmax. The urban effects
on annual mean Tmin and Tmax trends are statistically
insignificant (−0.004°C/10 year and −0.035°C/10 year,
respectively) for the original data series, but they reach
0.388°C/10 year and 0.096°C/10 year, respectively, for
the homogeneity-adjusted data series. The urban contri-
butions to the overall positive SAT trends are 100% and
28.8%, respectively, for Tmin and Tmax for the
homogeneity-adjusted data.

3. The larger effects of relocations, homogenization, and
urbanization on Tmin data series than on Tmax data
series in a larger extent explain the "asymmetry" in
daytime and nighttime SAT trends at Huairou station,
and the urban effect is also a major contributor to the
DTR decline as implied in the "asymmetry" changes of
the annual mean Tmin and Tmax for the homogeneity-
adjusted data at the station.
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长江中下游地区暴雨 “积成效应”*
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采用 1960—2011年中国 740站日降水观测数据,以长江中下游地区为切入点,提出暴雨 “积成效应”这一概念,

旨在将暴雨这一天气尺度强降水过程拓展为类似中长期天气尺度过程来考虑,研究它对季节尺度降水的贡献及影

响.通过统计分析从持续时间 (Ld)、控制面积 (Ar)、降水贡献率 (Qs)等三个角度建立暴雨 “积成效应”概念及判定

标准,并进一步结合上述指标建立暴雨 “积成效应”强度指数. 从这一角度出发,探讨长江中下游地区暴雨 “积成效

应”与夏季降水的时空对应关系,发现强度指数与同期夏季降水量的年际和年代际变化具有很好的一致性;强弱指

数年合成分布以及指数与中国东部夏季降水相关系数的空间分布呈现出类似于中国东部夏季雨带的分布形式;而

利用 EOF分解对暴雨 “积成效应”空间范围分类,发现其与该地区夏季降水具有相似的 4种空间型,总体而言,长江

中下游地区暴雨 “积成效应”造成的降水极大地影响甚至决定整个夏季降水的多寡及空间分布.

关键词: 长江中下游,暴雨, “积成效应”,夏季降水

PACS: 92.40.Ea, 92.60.Wc DOI: 10.7498/aps.62.069201

1 引 言

暴雨是指 24 h降水量为 50 mm或以上的强降
雨过程,多发生于夏季 6—7月份,由于暴雨常常带
来严重的洪涝灾害,因而是大气科学研究的热点和
重要课题 [1],也引起许多国家和地区的学者的广泛
关注 [2−9]. 长江中下游是我国暴雨集中多发区域,
夏季平均暴雨日数在 3 d以上,降水量可占夏季总
降水的 40%以上 [1],因而对该地区夏季降水具有十
分重要的影响, 降水异常年份的分析也表明, 长江
中下游地区夏季雨带的形成和降水的多寡与暴雨

有着密切的联系 [10−14],如 2011年 6月长江中下游
地区连续的 4场暴雨过程,使得该月降水量累积达
到整个夏季降水的 60%左右 [15], 造成该地区旱涝
急转 [16,17],并决定了整个夏季主雨带的位置.事实
上, 暴雨是一个天气尺度系统, 但类似于这样的天
气尺度系统频繁活动时,其在时间和空间上会造成
一定的持续性, 多次过程的累积或叠加, 会产生一

种 “积成效应”,往往会形成类似于中长期天气过程
的现象,进而对夏季降水多寡和分布产生决定性作
用. 然而与之相矛盾的是, 从短期气候预测的可预
测性角度而言, 无法提前三个月 (中国 3月夏季汛
期预测会商制)实现对上述降水过程的预测, 从而
导致 2011年夏季主雨带的预测失败. 因此,如何定
位暴雨这种短时强降水对整个夏季降水的贡献和

影响, 以及如何对其进行预估, 是目前汛期降水预
测存在的疑点和难点之一. 此外, 纵观国内外相关
研究大都基于个例分析,侧重某次暴雨过程的特征
分析 [18−22],对多次过程所造成的 “积成效应”鲜为
提及.
基于此, 本文提出暴雨 “积成效应”这一概念,

以长江中下游地区为例,从统计学角度分析暴雨的
时 -空分布特征, 制定相关标准划分暴雨 “积成效
应”,进一步建立相关的指数对其进行描述,探讨它
与夏季降水时 -空分布之间的对应关系,初步确立
暴雨这一类天气尺度活动对同期夏季降水具有重

要贡献,为进一步研究多次暴雨过程累积或叠加作

*国家自然科学基金 (批准号: 40930952, 41205040, 41175067, 41275096)和国家重点基础研究发展计划 (批准号: 2012CB955902, 2013CB430204)
资助的课题.

† 通讯作者. E-mail: fenggl@cma.gov.cn

c⃝ 2013 中中中国国国物物物理理理学学学会会会 Chinese Physical Society http://wulixb.iphy.ac.cn
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用对夏季主雨带分布和局地气候等的影响等提供

依据.

2 资料及处理

研究资料包括中国气象局气象信息中心资料

室提供的中国 740站 1960—2011年逐日降水资料.
研究时段为夏季 6月 1日到 8月 31日共 92 d. 选取
长江中下游地区 (27◦N—34◦N, 105◦E—125◦E) 进
行研究,首先对资料连续缺测 2 d以上的站点进行
剔除,对缺测 1 d的站点用前后两天的资料进行线
性插补, 实际上由于所选研究时段为夏季, 观测资
料缺测较少, 因此插补对结果影响很小. 经上述处
理最终挑选出 121 个站点, 其分布如图 1 所示, 区
域内所选站点分布均匀, 符合研究要求. 本文均以
1960—2011年 52年平均作为气候态.

图 1 长江中下游 121站空间分布

3 暴雨 “积成效应”及其与夏季降水的
关系

3.1 暴雨 “积成效应”的定义

根据一般降水的级别定义,本文分析时将日降

水量在 0.1 mm以上定为有降水发生, 而将 50 mm

及以上的降水统称为暴雨.本文所讨论的暴雨 “积

成效应” 由满足以下两个方面性质的暴雨所决定,

一是空间上暴雨发生的范围要达到一定的尺度,能

够对全局降水产生作用;二是在时间上暴雨过程具

有一定的持续性,决定降水的强度.

据此, 首先从空间范围入手, 统计长江中下游

区 6月 1日—8月 31日在 1960—2011年每年的总

降水站点数 (有降水发生即可)和暴雨站点数,并计

算多年平均逐日发生站点数. 如图 2所示, 从演变

形势可以看到长江中下游夏季平均每天发生暴雨

的站点数为 3个左右,而平均每天发生降水的站点

可达 40个左右,站点数分布呈现两个峰值,较大峰

值时段在第 11 d (6月 11日)至第 43 d (7月 13日)

左右, 暴雨能达到 5 个站点左右, 对应发生降水站

点为 50个以上,较小峰值时段为第 70 d (8月 9日)

至第 92 d (8月 31日),暴雨能达到 3个左右, 对应

发生降水的站点数为 40个左右. 另外,较大峰值所

对应时段与多年梅雨平均发生时段相符合,此时每

日出现暴雨的站点数平均为 5个左右,总降水站点

能占到全区总站点的约 1/2. 进一步统计长江中下

游地区 1960—2011年夏季 6月 1日—8月 31日共

4784 d 中, 不同暴雨发生站点数的出现频次, 并计

算其频率.图 3(a)不同站点数发生频率分布,可以

看到统计时段内该区暴雨发生站点数最多为 25个,

出现频率为 0.1%,最少为 1个,出现频率为 24.5%,

不同暴雨发生站点数的出现频率拟合曲线呈现指

数型衰减特征, 其衰减速率在 5 站之前较快, 之后

则逐渐减慢. 而图 3(b)累积百分率拟合曲线则呈指

数型增长特征, 与图 3(a)对应, 暴雨发生站点数少

图 2 长江中下游 52年平均逐日暴雨站点数 (a)和总降水站点数 (b)演变特征 (曲线为 5次多项式拟合)
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图 3 不同暴雨站点数发生频次百分率 (a)及其累计百分率 (b)的演变

于 5 个时, 其累积发生频率增长较快, 随后逐

渐减缓, 其中发生站点数小于 5 个的出现总频

率为 64.0%, 而 5 站以上 (包含 5 站) 总频率为

36%, 粗略计算所得两者的平均发生概率比为

(64/4) : (36/21)—10.7 : 1. 结合上述两方面的讨

论,我们将长江中下游地区某天满足 5个或 5个以

上站点出现暴雨这一空间尺度特征,作为评判暴雨

“积成效应”发生的空间范围条件.

其次,满足空间尺度条件的几场暴雨的时间间

隔不超过一次天气过程的持续时间 (3—5 d 左右)

时, 说明几场暴雨过程具有一定的连续性, 这种性

质的几次暴雨过程累积,其时间尺度可表现出中长

期天气过程的特点,因而我们认为它在时间上也具

有一定的持续性. 暴雨 “积成效应” 是由满足上述

时 -空尺度特征的几次暴雨过程的累计或叠加所产

生.

对于长江中下游地区,实际过程中可由如下的

标准进行判断: 当该区某天暴雨站点数达到 5站以

上 (> 5)时,以这一天开始每 3 d滑动求平均值,如

果连续 10 d或 10 d以上滑动平均值都满足上述标

准, 则记录这一次暴雨降水过程, 统计整个夏季满

足条件的所有过程,这些过程的累计或者叠加对夏

季降水等所产生的影响和作用,即为长江中下游地

区暴雨 “积成效应”.

3.2 长江中下游地区暴雨 “积成效应” 的
指标

由上述的定义可知, 要对上述事件进行刻画,

需要从持续时间 (Ld)、控制面积 (Ar),以及降水贡

献率 (Qs)三个方面入手,针对所研究的每一年,以

上指数分别定义如下:

Ld =∑
i

Li (i = 1,2, · · · ,m) , (1)

Ar =∑
i

Ai
(
i = 1,2, · · · ,mp

)
, (2)

Qs =

(
∑
i j

Ri j

/
Rs

)
×100%

(
i = 1,2, · · · ,m, j = 1,2, · · · ,np

)
, (3)

其中, 当满足以上时空选择条件时 Li = 1, 否则
Li = 0, i为满足条件的序数日,持续时间 Ld 为所有

满足 Li = 1的总天数, m为一次 “区域性暴雨事件”
的持续时间, Ar 为上述时间段内中心区域空间范围

大小,按照 0.5◦×0.5◦分辨率对站点网格化,然后计
算面积, Ai 是每个网格对应的面积大小. Ri j 表示满

足条件的第 i天第 j 站点上的降水量,其求和即表
示暴雨 “积成效应”所产生的总降水, Rs 表示某一

年夏季降水总量, Qs 为暴雨 “积成效应”时段内满
足条件的所有站点降水总量占当年夏季降水的比

例,其值越大,说明暴雨 “积成效应”时段内的降水
对当年夏季降水的贡献率越大. np 为满足条件的站

点总数.
定义的三项指标以及长江中下游区域平均降

水量 Rs 随时间演变特征如图 4所示. 图 4(a)柱状
曲线表示每年暴雨 “积成效应”持续时间 Ld, 上方
的数字表示暴雨 “积成效应”中满足条件的暴雨过
程次数,可以看到每年满足条件的暴雨过程次数并
不一致,绝大多数年份以 2次为主,其次为 1次,出
现 3次的年份有 3年,有 4年没有出现满足条件的
暴雨过程, 分别为 1961, 1963, 1966 和 1978 年, 与
之对应的控制面积 (图 4(b))和降水贡献率 (图 4(c))
在这几年也都为 0. 以上 4年的夏季降水总量也显
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著偏少, 居近 52年中偏少年份的前 4位 (4(d)); 说
明暴雨 “积成效应” 明显偏弱时, 长江中下游地区
夏季降水显著偏少. 暴雨 “积成效应” 持续时间具
有明显的年际和年代际震荡变化,其多年平均持续
时间为 27.6 d左右, 20世纪 70年代中期以前以及
20世纪 80年代中期到 90年代初期这两个时段中,
持续时间大多在气候平均值以下,而 20世纪 70年
代中期到 80年代中期和 20世纪 90年代初期以后
这两个时段内,持续时间大多在气候平均值附近及
以上. 此外,暴雨 “积成效应”对应的暴雨过程发生
次数与持续时间长短并不完全呈正比关系,如 1976

年,发生次数虽为 3次,但持续时间却明显比 1983
年 1次事件短.
暴雨 “积成效应” 中心区域面积 Ar 变化曲线

(图 4(b))也有明显的年际和年代际变化,总体表现
为一种波动上升趋势. 年际变化表现为 20世纪 80
年代以前, 中心区域面积年际波动幅度较大, 且基
本都在平均值以下, 而 80 年代以后年际波动幅度
减弱, 且基本都在平均值以上. 年代际特征变化表
现为 20世纪 70年代中期和 80年代中期各有一次
小的波峰出现,在 20世纪 90年代以后出现一次大
的波峰值,而在近 10年呈现一种下降趋势.

图 4 暴雨 “积成效应”指标 (a)持续时间; (b)控制面积; (c)降水贡献率及长江中下游区域平均夏季降水量; (d)随时间演变
特征 (曲线为 5点快速傅里叶平滑曲线)

图 4(c)为每年暴雨 “积成效应”作用时段的降

水总量占当年夏季总降水的百分比,反应暴雨 “积

成效应”对夏季降水的贡献率大小. 事实上,最终降

水量的多少与降水过程的空间范围、持续时间以

及降水强度等有直接联系,因而这一指数实际上是

几个方面的综合作用结果,从图中也可以看到其变

化特征总体与持续时间 Ld和中心区域面积 Ar的变

化呈现较好的一致性. 不过,从每年的对应情况来

看,也有一定的差别,如 2005, 2007, 2009这三年,其

持续时间 Ld 较平均值偏长,面积 Ar 在平均值附近

变化, 而降水贡献率却在气候平均值以下. 原因可

能是这些年份暴雨 “积成效应” 虽然持续时间长、

控制的空间范围广,但其每次过程暴雨的降水强度

并不大, 因而最终产生的降水量并不多, 对夏季降

水的贡献也有限.

图 4(d) 为长江中下游地区平均夏季总降水

年际变化, 该地区夏季气候平均降水为 498.7 mm,

1998年最大为 664.3 mm, 1978年最小为 324.8 mm;

两者相差达 339.5 mm, 可见年际变率很大. 5 点快

速傅里叶平滑曲线清楚显示在 20 世纪 80 年代中

后期长江中下游地区夏总降水呈现由少变多的年

代际转折趋势. 对比分析图 4(d) 与图 4(a)—(c) 发
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现四者年际和年代际变化具有一致性,降水的年代
际转折与各指数的年代际转折期大体相同,而暴雨
“积成效应”指数的强弱与降水的多寡亦有很好的
对应关系.尤其像 1998年等一些强降水年份,对应
关系十分明显. 为进一步分析它们之间的关系,对
暴雨 “积成效应”各指数和总降水量两两之间计算
相关,结果见表 1.

表 1 暴雨 “积成效应”三项指数和区域平均降水量间的相关
系数

Ld Ar Qs Rs

Ld 1.0 — — —

Ar 0.86 1.0 — —

Qs 0.96 0.87 1.0 —

Rs 0.70 0.65 0.66 1.0

表 2 四项指数前 10位年份

Rs Ld Ar Qs

1969 1962 1962 1962

1980 1975 1973 1967

1982 1980 1975 1969

1983 1982 1980 1975

1993 1983 1982 1982

1995 1995 1983 1983

1996 1996 1990 1995

1998 1998 1994 1996

1999 2010 1996 1998

2010 2011 1998 2010

由表 1可见持续时间 Ld,中心区域面积 Ar,降
水贡献率 Qs,三者之间具有很好的相关性,相关系
数都在 0.86以上 (通过显著水平为 0.001的显著性
检验),事实上对于一次降水过程来讲,如果它持续
时间长, 那么说明系统稳定性较好, 往往会产生大
范围强降水, 因而上述三个指标紧密联系, 相辅相
成. 而暴雨 “积成效应”各指标与总降水量指数 Rs

的相关指数亦有很好的相关,相关系数均在 0.65以
上 (通过 99.9%的置信度),说明暴雨 “积成效应”对
整个夏季降水具较大的影响和贡献. 即对暴雨来
讲, 其降水强度比一般降水明显偏大, 如果持续时
间长、范围广,那么由此产生的降水对整个夏季降
水的贡献权重必然会高.
将暴雨 “积成效应”各指数按大小排序,选其对

应的最强 10年绘入表 2中,对比分析可见,在区域
平均降水 Rs 最强的 10年中, 对应前 10位的高 Ld

年有 7年,高 Ar 有 4年,高 Qs 有 7年. 总体而言具
有较好的对应关系,其中与 Ld 和 Qs 的对应关系要

好于 Ar, Ar 对应关系不好的可能是因为在实际过

程中, 降水范围占整个区域的比例并不大, 但在降
水范围内降水强度和降水量却很大,最终形成的降

水总量对整个区域降水的贡献仍然较大. 此外, 上

述面积对应关系亦引出另外一个问题,即以上仅从
时间角度去探讨降水总量的变化,没有考虑降水的

空间分布型,而 Ar 某种程度上是反映暴雨 “积成效
应”空间分布型的一个指标.而在实际预报和监测

过程中对降水空间分布的关注更多,那么从整个夏

季降水空间分布与暴雨 “积成效应”空间分布的关
系角度去考虑,是否会存在更好的对应?以下将从

这一角度进行探讨.

3.3 暴雨 “积成效应” 与长江中下游夏季
降水空间分布型

鉴于降水空间分布不均匀性且年际变率大,要

探讨整个夏季降水的空间分布型与暴雨 “积成效

应”控制范围间的关系,须从宏观角度对空间分布
分型进行探讨. 因此,采用 EOF分解寻找每年降水

空间分布的共性并对其分类,从分类的角度去探讨
两者之间的关系.对 1960—2011年 52年长江中下

游地区夏季降水进行 EOF 分解, 其前 6 个模态的

累积解释方差占总解释方差的 60.7%,而前两个模
态的累积解释方差占总解释方差的 35.5%. 因此选

前两个模态所代表的空间型, 对其取正反, 得到四

种空间模态分布型: 全区一致偏旱 (图 5(a))、以长
江为界的 “南涝北旱” (图 5(b)) 或 “南旱北涝” (图

5(d))以及全区一致偏涝 (图 5(c)).

由于暴雨的局地性特征很强,同一场暴雨相邻

区域或站点的降水量可能相差很大,而考虑空间分
布时我们更注重暴雨过程控制的范围,所以用暴雨

发生频次分布更能宏观地表现其空间控制范围大

小. 统计 1960—2011年近 52年暴雨 “积成效应”时

段内区域各站点的暴雨发生频次行,然后对这一序

列进行 EOF 分解, 其前 6 个模态的累积解释方差
占总解释方差的 52.2%,而前两个模态的累积解释

方差占总解释方差的 31.6%. 与夏季总降水 EOF分

解前两个模态所占比例大致相当,对它前两个模态
按照相同处理取正反,得到 4种空间分布型,如图 6

所示,其分布与夏季总降水的 4种分布型十分类似,
即全区一致偏弱 (图 6(a))、以长江为界的 “南强北

弱” (图 6(b))或 “南弱北强” (图 6(d))以及全区一致

偏强 (图 6(c)).
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图 5 长江中下游地区夏季降水 EOF空间分布型 (a)全区一致偏旱; (b) “南涝北旱”; (c)全区一致偏涝; (d) “南旱北涝”

图 6 暴雨 “积成效应”控制范围 EOF空间分布型 (a)全区一致偏弱; (b) “南强北弱”; (c)全区一致偏强; (d) “南弱北强”

进一步以上述 EOF分解结果入手,利用每一年
的实况降水和暴雨 “积成效应”控制期暴雨发生频
次空间分布与上述 4个模态求相似,相似系数表达
式为

αi j =arccosSi j, (4)

si j =
p

∑
k=1

xikx jk

[√
p

∑
k=1

x2
ik

p

∑
k=1

x2
jk

]−1

, (5)

式中 i和 j表示某一时刻两个不同空间场, Si j 衡量

两个空间点的相似程度,对其取余弦得到两个场的
夹角 αi j, αi j 越小,表示两场间的夹角越小,两场越

相似, 反之则相反. 由此, 计算某一年实际场, 与上

述 EOF分解所得 4个模态场的 αi j,然后以 αi j大小

归类,将长江中下游地区夏季降水和暴雨 “积成效

应”空间范围分为四种类型,分别如表 3与表 4所

示. 其中 A1 和 B1 型分别对应夏季降水一致偏旱

和暴雨 “积成效应” 全区偏弱, A2 和 B2 型分别对

应夏季降水南多北少和暴雨 “积成效应”南强北弱,

A3 和 B3 分别对应夏季降水南少北多和暴雨 “积

成效应”南弱北强, A4和 B4分别对应夏季降水全

区偏多或暴雨 “积成效应” 全区偏强. 从表 3 和表
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4可以看出长江中下游地区夏季降水 A1型分布为
14年, A2型 12年, A3型 14年, A4型 12年, 对应
暴雨 “积成效应”空间范围 B1型 8年, B2型 11年,
B3型 22年, B4型 11年.
进一步分析两者的对应关系,对比表 3与表 4

统计得表 5. 从表中可以看出 B1型 8年中有 7年对
应 A1型, B2型 11年中有 9年对应 A2型, B3型 22
年中有 14年对应 A3, B4型 11年中有 8年对应 A4
型, 体现了对角线占优这一特征, 即长江中下游地
区夏季降水空间分布与暴雨 “积成效应”空间分布

具有很好的一一对应关系. 反之, 从整体降水型对

应暴雨 “积成效应”空间型来看, 以 A1型为例, 即

当整个夏季全区降水偏少时,暴雨 “积成效应”在空

间上也主要表现为一致偏弱的 B1型,其次是 B2型

和 B4型的 “南强北弱”和 “南弱北强”型,一致偏强

的 B3型很少. 此外, A3型全区降水偏多的 14年全

部对应了暴雨 “积成效应”一致偏强的 B3型. 可见

暴雨 “积成效应”空间范围的分布,对整个夏季不同

降水型的产生具有较大的影响.

表 3 长江中下游夏季降水分类

类型 年份

A1型 1960 1961 1966 1967 1971 1972 1976 1978 1981 1985 1988 1990 1992 2006

A2型 1963 1965 1968 1979 1984 1986 1991 2000 2003 2004 2005 2007

A3型 1962 1969 1975 1980 1982 1983 1987 1989 1995 1996 1998 2008 2010 2011

A4型 1964 1970 1973 1974 1977 1993 1994 1997 1999 2001 2002 2009

表 4 暴雨 “积成效应”空间分布分类

类型 年份

B1型 1961 1963 1966 1971 1978 1981 1985 1990

B2型 1965 1968 1972 1979 1984 1991 2000 2003 2004 2006 2007

B3型 1960 1962 1967 1969 1975 1980 1982 1983 1986 1987 1989 1993

1995 1996 1997 1998 1999 2002 2005 2008 2010 2011

B4型 1964 1970 1973 1976 1977 1988 1992 1994 1997 2001 2009

表 5 两种空间型的对应关系

A1型 A2型 A3型 A4型

B1型 7 1 — —

B2型 2 9 — —

B3型 2 2 14 4

B4型 3 — — 8

3.4 暴雨 “积成效应” 强弱与中国东部夏
季降水

以上几节通过定量的刻画暴雨 “积成效应”指

标,探讨其与长江中下游地区降水的时空分布之间

的对应关系, 发现两者间具有十分紧密的联系. 因

此,有必要定义一个指数来定量化地描述暴雨 “积

成效应”强弱的变化,以此探讨其变化特征以及与

相关气象因子之间的联系. 从暴雨 “积成效应” 的

本质来讲,它是多次强降水过程的累积或叠加效应,
首先会从降水量的角度影响并决定整个夏季降水,
其次则会通过大量的降水改变土壤含水量,从热能
输送和交换等方面, 对后期降水和温度产生影响.
因此,暴雨 “积成效应”时段内产生降水量的多少能
够较好反映出其作用的强弱. 据此定义暴雨 “积成
效应”强度指数 (BQDI):

BQDIi = Norm
(

Si

Sm
(i = 1,2, · · · ,n)

)
, (6)

式中 Si 是第 i年暴雨 “积成效应”时段内的总降水
量, Sm 是气候平均夏季降水总量,这两者的比值越
大表明暴雨 “积成效应”越强,其造成的降水与气候
平均夏季降水越接近,对第 i年夏季降水的贡献也
越大. Norm(· · ·)表示 BQDI (i = 1, 2, · · · ,52)为一条
标准序列.
图 7(a)为 1960—2011年 BQDI随时间的演变

呈现出明显的年际振荡变化,与 3.2节中长江中下
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游地区域平均夏季降水变化曲线对比,可以看到暴
雨 “积成效应” 强弱年与夏季降水多寡年 (相对于
气候平均)具有很好的对应关系,指数值在 1 (即 1
倍标准偏差)以上的年份基本对应降水显著偏多的
年份,而在 −1以下的年份基本对应降水显著偏少
的年,尤其在 1961, 1963, 1966和 1978年这几个长
江中下游大范围干旱年, 和 1969, 1980, 1982, 1998
年这几个长江中下游大范围偏涝年,指数值都分别
表现出显著偏弱和偏强的一致性响应变化特征. 将
这一指数与图 4(e)区域平均夏季降水做相关,其相
关系数为 0.79,明显高于 3.2节定义的三项指标与
夏季降水的相关, 说明暴雨 “积成效应” 的这一新
指标能更好地反映夏季降水多寡的特征. 图 7(a)中

10 年平均曲线演变显示, 20 世纪 90 年代以前, 暴

雨 “积成效应”强度值大都在 0以下,说明暴雨 “积

成效应”在这一时段内强度偏弱, 而 90年代初,指

数出现一次跳跃式变化, 从 0 值以下突然转到 0.5

以上,随后至今都处于 0值以上,说明 90年代以后

至今,暴雨 “积成效应”处于偏强期,这一转折变化

与长江中下游降水的年代际转折变化相一致 [22],

与中国东部地区由 “南旱北涝”向 “南涝北旱”的年

代际转折特征也有类似之处. 另外, 需要指出的是

21世纪近 10年,指数相较于 20世纪 90年代又有

所减弱, 这与近 10 年江淮雨带的向北迁移也有一

定的对应.

图 7 1960—2011年 BQDI变化 (a)及其与中国东部地区夏季降水的相关系数分布 (b) (相关系数乘以 100,阴影区表示通过
95%的置信度,正负相关分别用深浅阴影)

将这一指数与所选择的中国东部 394 个站点

夏季降水求相关,可以发现相关分布的强正值区主

要分布于 27◦N—34◦N范围的长江中下游区, 相关

性大都可通过 99%的置信度,另一较弱的正相关区

域位于 45◦N以北的东北西北部,两个显著负相关

区分别位于华南以及 35◦N—45◦N范围内的部分地

区 (可通过 95%的置信度),其中华南地区中心较弱,

而河套地区以及东北东南部中心较强,相关系数的

正负带状分布与中国东部夏季降水的雨带分布也

大致类似 (图 7(b)). 尽管这种同时期降水和降水的

相关不具有统计学意义,但这种相关性的好坏从某

种程度上反映出两者变化的密切性和同步性,因而

可以作为评判暴雨 “积成效应”在整个夏季降水中

的重要性的依据.

此外,选出 BQDI最大的五年 1969, 1975, 1982,

1998和 2010年,最小的五年 1961, 1963, 1966, 1978

和 1985年,分别合成暴雨 “积成效应”强、弱年中

国东部地区实际降水距平百分率 (图 8(a), (b)), 以

及两者差值分布 (图 8(c)), 由图可见, 合成结果与

上述相关分布近似一致, 即强指数年, 长江中下游

地区降水明显偏多, 华南和华北大部分地区降水

偏少, 东北地区除东部部分地区外降水亦呈偏多

趋势 (图 8(a)); 而弱指数年则大致相反, 表现为长

江中下游地区降水明显偏少, 华南部分地区、华

北和东北大范围降水偏多 (图 8(b)). 强年减弱年

合成差值分布更为明显, 可以看到所选长江中下

游区为显著正值区 (通过 95%置信度), 而华南及

华北和东北大部位显著负值区 (通过 95%置信度),

反之亦然, 说明长江中下游区 BDSI 强、弱年份,

整个东部地区的降水形式呈现出截然相反的两种

分布形势.

综合而言,长江中下游地区暴雨 “积成效应”所

产生的作用,与同期整个夏季降水具有十分密切的

联系,其强弱随时间的变化与同期夏季降水多寡随
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时间的变化具有很好的一致性,而其控制范围与长
江中下游地区夏季降水空间分布亦有很好的对应

关系.另外,长江中下游区暴雨 “积成效应”不仅能
够反映该地区的夏季降水多寡,还能在某种程度上

反映出整个东部旱涝的分布情况. 由此可见对长江
中下游地区暴雨 “积成效应”的把握和预估,对该区
夏季降水甚至整个东部雨带分布的的评估都有一

定的实际意义.

图 8 长江中下游 BQDI强年 (a)和弱年 (b)中国东部降水距平百分率合成及强 -弱年差值合成 (c) (阴影表示通过 95%置信
度,负值为浅色,正值为深色)

4 结论和讨论

本文选长江中下游地区,提出暴雨 “积成效应”
这一概念, 对其进行简单的刻画和分析, 探究它对
同期夏季降水的贡献和联系,得出以下结论.

1)从持续时间 (Ld)、控制面积 (Ar),以及降水
贡献率 (Qs)三个角度提出暴雨 “积成效应”的判定
标准,并对其特征进行分析,发现 Ld, Ar 及 Qs 三者

之间具有显著的相关性,说明三者之间具有密切的
内在联系;而长江中下游地区平均夏季降水亦有很
好相关,且表现出一致的年际和年代际变化.

2)利用暴雨发生频次描述暴雨的空间范围,并
利用 EOF分解,对长江中下游地区夏季降水和暴雨
“积成效应”空间分布进行分型,对比发现暴雨频次
分布范围和整个夏季降水型的空间模态具有较好

的一一映射关系.

3) 通过定义长江中下游地区暴雨 “积成效
应”BQDI, 并以此分析其与所选区域夏季降水及
整个东部地区降水的关系,发现该指数与整个夏季
平均降水具有一致的年际和年代际变化特征;而与
中国东部夏季降水相关的空间分布以及合成分析

显示,长江中下游地区暴雨 “积成效应”强弱,与中
国东部夏季降水多寡具有很好的一致性,强指数年,
长江中下游地区降水偏多, 华南和华北偏少; 而弱
指数年则大致相反.

本文通过选取暴雨这一天气尺度强降水为研

究对象, 建立它与季节尺度降水的关系, 从多次暴

雨累积和叠加的角度将其转化为一种中长期天气

过程考虑,提出暴雨 “积成效应”,并以长江中下游
地区为例, 对这一概念进行了定义, 并初步分析了
暴雨 “积成效应”的特征以及与同期夏季降水的关

系. 相关结论表明多次暴雨形成的 “积成效应” 所
造成的降水在整个夏季降水中占有十分重要的比

重, 且与夏季降水年际和年代际变化的一致性以
及强的相关性,显示出两者变化的同步性以及关系

的密切性. 因而暴雨 “积成效应” 概念的提出以及
进一步深入的研究具有其现实意义和潜在应用价

值：如对暴雨 “积成效应” 的认识, 将可能有助于

我们对诸如 2011年夏季长江中下游地区由暴雨这
一天气尺度过程引发 “旱涝急转”并导致整个夏季
降水雨带异常变化的成因做进一步的深入探讨;暴
雨灾害是我国重大气象灾害之一,每年暴雨洪涝损

失所占比例仅次于干旱灾害损失, 给生态、环境、
社会、经济带来诸多问题. 而暴雨 “积成效应” 造
成的危害要比一般暴雨过程范围更广、影响更严

重,且极端降水频次的增加 [24],将进一步加剧这种

危害发生的频率; 因此对其进行深入研究,分析其
潜在风险特征,对提高气象灾害监测、预警、服务
能力均很有必要; 再者, 目前我国汛期预测对暴雨

等这类天气过程的影响并未考虑,而实际过程中暴
雨对夏季雨带往往会产生一种决定性作用,因而从
暴雨 “积成效应”的角度或许能够为在汛期预测的
进一步提高提供一些新的思路;此外,暴雨 “积成效

069201-9
542



物理学报 Acta Phys. Sin. Vol. 62, No. 6 (2013) 069201

应”对土壤含水量的改变,导致土壤表面的反照率
和热容量以及输入大气的感热和潜热等能量的变

化, 又会影响到后期的降水和温度等, 这一过程又
具有某种 “气候效应”,对局地气候的变化也可能产

生作用 [25−30]. 对于以上问题, 我们将在本文基础
上,结合现有理论研究成果 [31−33] 进行深入的分析

和探索.
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1) ( College of Atmospheric Sciences, Lanzhou University, Lanzhou 730000, China )

2) ( Laboratory for Climate Studies of China Meteorological Administration, National Climate Center, Beijing 100081, China )

( Received 18 October 2012; revised manuscript received 2 November 2012 )

Abstract
To expand the torrential rain which is a meso-and-micro scale weather process to a meso-and-long scale weather process, in this

paper we choose the middle and lower reaches of the Yangtze River (MLRYZ) as a sample region, and propose the conception of
“Cumulative Effect” of torrential rain (CETR) by using the daily precipitation observational data from 740 stations in China. On the
statistical analysis of observations, we define CETR as the cumulation or superposition of many torrential rain processes, and three
indexes, which are continuous time (Ld), control area (Ar) and precipitation contribution rate (Qs), which are used for explaining the
conception of CETR. Then taking these three indexes into consideration, we establish the intensity index of CETR (BQDI) and study the
relationship between the BQDI and the summer precipitation in MLRYZ. Results show that the interannual and interdecadal variations
of BQDI are similar to those of summer precipitation in MLRYZ. The distribution of correlation coefficient between the BQDI and the
summer precipitation in Eastern China and the composite analysis of representative years in BQDI show a large positive relation area
in MLRYZ (significance test at the 95% level) and two large negative relation areas in North and South China (significance test at the
95% level), which reveals that the variations of BQDI not only correspond to the variations of summer precipitation in MLRYZ but
also correlate with the distribution of summer precipitation in Eastern China to some extent. Besides, an empirical orthogonal analysis
is performed on the frequency of torrential rain in MLRYZ, we find that the four major spatial modes of torrential rain are also similar
to those of summer precipitation in MLRYZ. In conclusion, the precipitation caused by CETR greatly influences even determines the
amount and distribution of summer rainfall, which is worth further investigating.

Keywords: middle and lower reaches of the Yangtze River, torrential rain, “Cumulative Effect”, summer precipita-
tion

PACS: 92.40.Ea, 92.60.Wc DOI: 10.7498/aps.62.069201
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欧亚中高纬阻塞高压关键区高度场动力-统计

跨季度预测实验*

赵俊虎1)2)† 杨杰1) 龚志强2) 支蓉2)

1) (兰州大学大气科学学院,兰州 730000 )

2) (国家气候中心气候研究开放实验室,北京 100081 )

( 2012年 11月 21日收到; 2013年 1月 6日收到修改稿 )

本文主要利用实际业务模式的预报结果和丰富的历史资料对乌拉尔山、贝加尔湖和鄂霍次克海三个阻塞高压

活动关键区夏季平均的 500 hPa高度场进行动力-统计跨季度预测实验,其结果显示该方法能在一定程度上减小模

式预报误差,提高预报技巧,显示出了良好的业务应用前景. 此外,敏感性实验显示,相似指标和相似年选取个数都

对预测结果有显著影响.

关键词: 阻塞高压,高度场,动力-统计,跨季度预测

PACS: 92.60.Wc, 9130.Pd DOI: 10.7498/aps.62.099206

1 引 言

阻塞高压是中高纬大气环流异常经向发展并

最后稳定的形态,它的生成、维持和崩溃会引起大
尺度气团质量和热量的强烈经向交换, 最终导致
大范围地区天气气候发生异常 [1]. 因此自 20世纪
中叶起就一直被气象学家重视, 并分别从其形成
机理及指数定义 [2−8],统计特征 [9,10]、天气气候影

响 [11−13] 等方面进行了研究,这些研究成果在后来
的实际业务预报中一直发挥着重要的指导作用. 国
外的研究侧重于冬季的阻塞高压,对夏季欧亚大陆
阻塞高压却涉及极少. 国内长期的业务实践和有
关研究均表明,欧亚中高纬阻塞高压是影响中国旱
涝的重大灾害性环流系统, 尤其夏季, 其异常活动
常常会造成中国区域性旱涝灾害 [14]. 例如, 陶诗
言 [15] 通过个例分析认为乌拉尔山与鄂霍茨克

海附近的阻塞高压对中国梅雨可能有重要影响;
Wang[16] 对夏季的欧亚阻塞高压进行了大量的统

计, 发现东亚阻塞高压的维持天数与梅雨量及梅
雨天数呈正相关; 1954年 [17]、1998年 [18] 及 1999

年 [19] 长江流域的洪涝均与欧亚中高纬阻塞高压

的异常活动有关. 因此, 研究欧亚中高纬地区的

阻塞高压及其对中国天气、气候的影响有着重要

的意义.

以往对具体某次阻塞高压的形成、维持和演

变过程及可能物理机理的研究较多,这些研究无疑

可以加深我们对阻塞过程的认识并提供预报基础.

但这些研究时间较早, 且多停留在天气学意义上.

随着研究的深入和国家对短期气候预测的重大需

求,人们开始意识到阻塞高压对短期气候异常具有

明显的作用. 在每年 3月份的全国汛期预测会商会

中, ENSO、西太副高、夏季风以及欧亚中高纬阻

塞高压都是讨论的重点. 相比之下, 阻塞高压的预

测更是一个薄弱环节, 这主要表现在, 阻塞高压的

形成机理和变化特征极为复杂,且统计和诊断研究

多而预测性研究少. 因此, 如何客观定量化地预测

阻塞高压是目前短期气候预测面临的迫切问题和

难点. 而当今的相关研究表明, 动力 - 统计相结合

是提高短期气候预测准确率的有效途径之一 [20,21].

围绕两者如何有效结合的问题,国内外开展了广泛

*国家自然科学基金 (批准号: 40930952, 41105055)和国家重点基础研究发展计划 (批准号: 2012CB955902, 2013CB430204)资助的课题.

† 通讯作者. E-mail: huzi348637577@sina.com

c⃝ 2013 中中中国国国物物物理理理学学学会会会 Chinese Physical Society http://wulixb.iphy.ac.cn
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的研究. 其中, 在气候模式预报基础上结合数理统
计方法,利用历史资料信息对模式误差进行预报是
引人注目的研究方向.早在 1958年, 顾震潮 [22] 就

提出将数值预报从初值问题改为演变问题,并指出
了数值天气预报中使用历史资料的重要性和可行

性. 丑纪范 [23,24] 从理论上探讨了在长期预报中实

现动力和统计相结合的做法, 在此基础上, 诸多学
者 [25−29] 分别发展了适用于动力季节预测的相似

误差订正方法, 并进行了预测实验, 其结果显示该
方法能有效提高热带降水和环流的预报技巧, 但
对中高纬的环流预报技巧依然很低;王启光等 [30]、

熊开国等 [31] 和杨杰等 [32] 利用较全面的历史资料,
发展了利用相似年的模式误差信息实现对预报年

气候模式预报误差预报的汛期降水动力 -统计客观
定量化预测方法,有效地改进了模式的预测结果.

基于此, 有必要利用近年来的新资料、数值
模式的结果和动力 - 统计预报原理来改善模式
对阻塞高压的预测能力. 经验表明 [33] 乌拉尔山

(40—50◦N, 40—70◦E)、贝加尔湖 (50—60◦N, 80—
110◦E)和鄂霍次克海 (50—60◦N, 120—150◦E)这三
个区域是阻塞高压发生频次最高的地区 (分别简称
为:乌阻区、贝阻区、鄂阻区),这三个地区夏季有
无阻塞高压建立和维持,对中国夏季旱涝分布影响
较大.因此,选取这三个区域 500 hPa高度场距平作
为动力 -统计预报的对象.本文即利用较全面的资
料,从动力-统计预报原理出发,利用 1983—2011年
国家气候中心 (NCC)季节/年际预测业务系统模式
(CGCM)回报和预报资料挖掘历史相似信息,并通
过对气候因子与预报对象及其模式误差的相关性

检验来确定关键影响因子,然后利用所选因子选取
历史相似对夏季阻塞高压活动关键区的 500 hPa高
度场进行动力 -统计跨季度预测实验. 本文独立样
本动力-统计预测指的是在不包含预报年及其以后
年份资料信息前提下所进行的回报检验.

2 资料和方法

1) 用到的大气及海洋资料包括 NCEP/NCAR
1948—2011年再分析 2.5◦×2.5◦ 的月平均 500 hPa
位势高度场资料, 美国国家海洋和大气管理局
(NOAA)1948—2011 年全球 2◦× 2◦ 月平均海温重
建资料; NCC/IAP T63全球海气耦合模式 (CGCM)
生成的 1983—2011 年共 29a 回报和预报的逐月
500 hPa高度场数据, 经纬度格点 2.5◦× 2.5◦, 本文

选用在 2 月底起报的 48 个初始场每年 6—8 月集
合平均结果,大气模式初值采用 2月最后 8天 00Z
的 NCEP/NCAR再分析资料,海洋初值为经过扰动
的 NCC海洋同化资料;

2) 环流和气候指数: 包括 NCC 的 74 项环
流特征量, 美国国家海洋和大气管理局 (NOAA)
发布的 40 项气候指数 [http://www.esrl.noaa.gov/
psd/data/climateindices/list/], 南半球环状模指数
SAMI[34]、北半球环状模指数 NAMI[35]、北大西

洋涛动指数 NAOI[36], 中国气象局整编的 1973—
2011年北半球、欧亚、高原、东北、新疆 5项积
雪面积指数, 亲潮区 (40—50◦N, 160—180◦E)、黑
潮区 (22—36◦N, 122—150◦E)、西风漂流区 (30—
40◦N, 170—220◦E) 海表温度距平 (SSTA) 指数, 共
计 125项因子.

3 欧亚中高纬阻塞高压关键区高度场
动力-统计跨季度预测实验

随着观测资料和模式状况的不断改善,数值天
气预报和短期气候预测得以快速发展,但目前应用
水平依然不高, 仍需进一步提升预报能力 [37]. 图
1 给出了 CGCM 1983—2011 年夏季平均 500 hPa
高度场系统订正 (SEC; 预报年模式预测场与模式
多年平均误差场相加) 与观测场的时间相关系数
(TCC)分布.
由图 1可见,季节预测技巧主要体现在热带和

海洋上,中高纬地区环流形势的整体预测技巧不高,
这也是当前国际上普遍存在的难题 [38]. 目前,业务
上主要采用数理统计方法和基于数值模式的动力

学方法做季度预报, 但二者各有优缺, 目前的共识
是将二者结合起来, 发挥各自优势来改善预报, 问
题的关键便成为如何将二者进行有效结合 [23,24].
众所周知, 数值模式本身不可避免地存在误差, 相
似 - 动力模式原理正是为了减小模式误差而提出
的, 但对于业务预报中使用的复杂模式而言, 直接
建立相似 -动力模式在技术上存在很大困难.目前,
主要从正面改进模式各个环节来减小模式误差,但
进一步提高预报水平的难度越来越大. 事实上, 要
充分利用物理规律和现有大量实况资料,莫过于就
以现有动力模式预报结果为基础,从反问题的角度
对模式误差进行动力 -统计订正预报. 任宏利和丑
纪范 [27,28] 近期工作中发展了一种适用于动力季节

预测的相似误差订正方法,并进行了初步预测实验,
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其结果显示该方法能进一步提高热带环流的预报

技巧, 但对中高纬的环流预报技巧依然很低. 基于
此,本文将主要针对欧亚中高纬三个阻塞高压关键
区的高度场,有针对性的开展动力 -统计的策略和
方案研究,并进行实际业务模式的跨季度预测实验.

3.1 动力-统计相似误差订正原理

一般来讲,数值预报是作为偏微分方程的初值

问题提出来的,可以数学表示为

∂ψ
∂ t

+L(ψ) = 0,

ψ(x, t0) = ψ0(x), (1)

其中 ψ(x, t)为模式预报变量, x和 t 分别表示空间

坐标和时间, L是 ψ 的微分算子, 对应于实际的数

值模式. t0 为初始时刻, ψ0 为初值.

图 1 夏季平均 500 hPa高度场系统订正与观测间的时间相关系数的空间分布 (阴影层次的相关系数为 0.35, 0.46和 0.56,分别对应
0.05, 0.01和 0.001信度的 t 检验水平;等值线间隔为 0.2)

长期业务预报的经验表明,在相似的初始场和
边界条件下,大气状况的演变在一定的时间尺度范
围内也具有一定的相似性 [27]. 因此在相似动力模
式中, 可以将当前的预报场 ψ 看成是历史相似 ψ̃
加上一个小扰动 ψ̂ ,即 ψ = ψ̃ + ψ̂ . 将历史参考态 ψ̃
代入 (1)式,有

∂ψ̃
∂ t

+L(ψ̃) = E(ψ̃),

ψ̃(x,0) = ψ̃0(x), (2)

其中, E 为模式的误差算子. (2)式结合 (1)式经过
一系列变换 [29],得到模式预报结果为

P̂(ψ0) = P(ψ0)+ P̆(ψ̃ j)−P(ψ̃ j), (3)

其中 P̂(ψ0) 为进行误差项相似估计的情况下所得

到的预报结果, P(ψ0) 为数值预报模式对当前初

值 ψ0 的预报结果, P̆(ψ̃ j) 为历史相似对应的实况,
P(ψ̃ j)为历史相似初值的预报结果.该方程的本质
是引入历史相似对应的预报误差信息来估计当前

的预报误差,即 (3)式右端的 P̆(ψ̃ j)−P(ψ̃ j),从而减

小数值模式误差,将数值模式预报问题转化为预报
误差的估计问题.

3.2 相似选取方案

在动力 -统计预报过程中,首先由初始信息选
取历史相似, 然后利用模式提取历史误差信息, 形
成当前预报误差的估计,并订正到原始预报中. 历
史相似的选取是动力 -统计预报的重要环节,不同
时间尺度和空间尺度预报问题需要采用有针对性

的相似选取方案.对于夏季欧亚中高纬三个阻塞高
压关键区环流的跨季度预测而言,我们考虑使用广
义初值,即模式初值所在的前期冬季要素场中的关
键气候影响因子作为相似选取指标,其物理依据在
于大气长期天气过程中显著地存在着 3—6个月的
韵律现象. Wang[39] 对环流异常相似演变的研究显

示, 在两年内如果 1月份环流异常相似, 则 6月或
8月的环流异常也会有一定相似. 这种相似韵律现
象,是指在两个不同年份的月平均距平场在某个起
始月相似后, 相似性会随之变差, 过了几个月后变
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得又相似, 这是一种环流自身演变的韵律活动, 很
多统计事实证实了长期天气异常演变过程中普遍

存在半年左右的相似韵律.事实上,当前我国每年 3
月份的汛期预测中,利用前冬要素场和气候因子的
异常信号来预报夏季异常状况是最主要手段方法.
因此,为了体现海气耦合系统中大气准半年相似韵
律特征,这里使用前冬平均要素场中对三个阻塞高
压活动关键区 500 hPa高度场有显著影响的气候因
子来选取历史相似.
以下方案选取相似年进行误差订正: 1) 分别

从 NCEP 和 CGCM 的 29a 回报数据中提取夏季
平均 500 hPa 高度场观测资料和模式结果, 并求
取高度场的预报误差场; 2) 提取 125 项气候因子
1982/83—2010/11 共 29 个冬季季节平均指数; 3)
分别计算 1983—2011 年 125 项前冬气候因子与
乌阻区、贝阻区、鄂阻区夏季区域平均的高度场

和模式误差场的相关系数, 获取关键因子后, 利用
预测年因子与历史因子之间的欧式距离选取历史

相似年.

其中 125项因子包括了海温、积雪及环流等,
这些因子从不同的角度刻画了气候系统主要模态

的变化特征,对因子与阻高区高度场进行相关性检
验,可以初步得出对夏季各阻高区高度场有影响的
前冬因子集;而模式预报误差与气候系统状态的变
化密切联系, 即误差是随状态而变的, 这与模式内
在误差依赖于状态变量有很大关系:当物理因子与
预报误差呈正相关时, 随着因子指数的增大 (代表
气候系统的某种主要模态的正位相在逐渐增强),模
式所对应的预报误差也呈增大趋势, 反之亦然; 当
预报因子与预报误差呈负相关时,随着因子指数的
减小 (代表气候系统的某种主要模态的负位相在逐
渐增强), 模式所对应的预报误差也会呈现增大趋
势,反之亦然. 由此可见,气候模式对于因子指数处
于较大振幅时的模拟能力逐渐变差,这反映出模式
可能对于此类气候模态的物理机理刻画不足. 因此,
通过对初步得到阻高区高度场的影响因子集与模

式误差进一步进行相关性检验,可以得到对模式误
差敏感的因子,进而作为相似选取指标.

表 1 影响阻高区夏季 500 hPa高度场的气候因子及其与模式误差的相关系数

影响乌阻区高度场的关键因子 R1 R2 影响贝阻区高度场的关键因子 R1 R2 影响鄂阻区高度场的关键因子 R1 R2

热带北大西洋 sst指数 0.48∗∗ 0.50∗∗ 全球平均陆地海洋温度 0.49∗∗ 0.45∗ 高原积雪面积 0.52∗∗ 0.50∗∗

北半球极涡强度指数 −0.45∗ −0.42∗ 印缅槽 0.44∗ 0.42∗ 西半球暖池 0.42∗ 0.40∗

太阳黑子 −0.41∗ −0.40∗ 大西洋几十年涛动 0.42∗ 0.40∗ 黑潮区 SST 0.39∗ 0.42∗

大西洋副高面积指数 0.4∗ 0.39∗ 北半球副高面积指数 0.40∗ 0.36∗ 热带北大西洋 SST 0.39∗ 0.38∗

北大西洋涛动指数 −0.4∗ −0.37∗ 热带北大西洋 SST 0.39∗ 0.38∗ 大西洋副高强度指数 0.39∗ 0.36∗

北半球环状模指数 −0.38∗ −0.35∗ 西太平洋副高面积指数 0.36∗ 0.33 北半球极涡中心位置 −0.32 −0.31

注: R1 为因子和阻高区夏季区域平均高度场的相关系数, R2 为因子与夏季区域平均模式误差的相关系数;上标 *和 **分别达到 0.05和 0.01

信度的 t 检验水平.

表 1分别给出了影响三个阻高区夏季 500 hPa

高度场的气候因子及其与模式误差的相关系数. 由

表 1可见,三个阻高区夏季 500 hPa高度场的影响

因子主要有海温、北半球的副高及涛动指数等,且

均包含与大西洋有关的物理因子. 在这些因子中,

选取哪个因子作为相似指标才能最好的提高预报

水平? 这还需要进一步分析因子与区域误差的时间

相关分布是否一致. 经普查, 乌阻区的影响因子中

太阳黑子与该区域模式误差相关符号高度一致 (图

2(a));贝阻区的影响因子中印缅槽与该区域模式误

差相关符号高度一致 (图 2(b));鄂阻区的影响因子

中黑潮区 SST与该区域模式误差相关高度符号一

致 (图 2(c)). 因此,这里选取太阳黑子、印缅槽和黑

潮区 SST分别作为乌阻、贝阻和鄂阻的相似选取

因子.

3.3 预测实验

综上可知, 作为对阻高区夏季 500 hPa高度场

有影响的表征气候系统各模态变化的前期物理因

子,若其与模式预报误差之间存在某种显著的相关

关系, 那么当因子发生变化, 所对应的气候系统状

态亦发生变化,并直接或间接影响到模式内部误差

的形态和演变, 进而反映到预报误差的变化上, 这

就形成了物理因子对模式预报误差分布状况的影
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响过程. 用这些因子作为相似选取指标,对相似年

个数的选取需要进行敏感性实验.

图 2 前冬气候因子与夏季 500 hPa高度模式误差场的相关系
数分布 (a)太阳黑子; (b)印缅槽; (c)黑潮区 SST(等值线间隔
0.1,其余说明同图 1)

图 3给出了用太阳黑子、印缅槽和黑潮区 SST

分别作为乌阻、贝阻和鄂阻区域夏季平均 500 hPa

高度场的相似选取指标,进行 2002—2011年 10年

系统订正和动力 -统计预测 (DSP)时平均的距平相

关系数 (ACC) 和均方根误差 (RMSE) 随相似年个

数变化的情况. 由图 3可见,针对不同的预报对象

和相似指标,最佳相似年个数有所不同.其中,用太

阳黑子指数预测乌阻区域 500 hPa高度场时,相似

年个数从 1增长到 7时 ACC逐渐增大,同时 RMSE

也逐步减小;当相似年个数为 7时, 10年平均 ACC

从系统订正的 −0.19提高到 0.49, RMSE从系统订

正的 17.32 降低到 14.36; 当因子个数继续增加时,

ACC 逐步下降, RMSE 也开始增大. 因此, 利用太

阳黑子对乌阻区域 500 hPa 高度场进行动力 - 统

计预测时, 选取 7 个相似年效果最佳. 而贝阻区选

取 4个相似年最佳, 10年平均 ACC从系统订正的

−0.23 提高到 0.33, RMSE 从系统订正的 17.42 降

低到 16.35;鄂阻区也是选取 4个相似年最佳, 10年

平均 ACC从系统订正的 −0.21提高到 0.32, RMSE

从系统订正的 20.08降低到 19.06.

图 3 预测的 10年平均 ACC和 RMSE随相似年个数的变化
(a)太阳黑子预测乌阻区; (b)印缅槽预测贝阻区; (c)黑潮区 SST
预测鄂阻区

为了直观地了解动力 -统计的预测效果,图 4

给出了 2002—2011年乌阻区、贝阻区和鄂阻区夏

季平均 500 hPa高度场独立样本动力 -统计预测和

系统订正的 ACC和 RMSE的年际变化对比. 由图

4可见,乌阻区 10年动力 -统计预测的ACC有 8年

比系统订正高, 2004年和 2005年比系统订正略低
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(图 4(a)); RMSE有 7年降低, 2004, 2005和 2009年
比系统订正略高 (图 4(d)). 贝阻区 10年动力 -统计
预测的 ACC有 9年比系统订正高,只有 2005年比
系统订正低 (图 4(b)); RMSE 有 8 年降低, 2005 年
和 2006年比系统订正略高 (图 4(e)). 鄂阻区 10年
动力 -统计预测的 ACC有 8年比系统订正高, 2003
年和 2010年比系统订正略低 (图 4(c)); RMSE有 6
年降低, 2002, 2003, 2009和 2010年比系统订正略
高 (图 4(f)). 总体来看,动力 -统计预测效果较系统
订正有明显的提高, 预测结果也比较稳定, 仅个别
年份预测改进不明显,这一方面与模式本身的预报
水平有关,另一方面也反映了物理因子与模式误差
的关系不是非常稳定、且资料长度有限只能选取

条件下的最佳相似年而不能选取绝对的相似年.
2006 年是欧亚中高纬阻塞高压盛行的一年,

乌阻异常强大 (图 5(a)), 鄂阻 (图 5(b)) 和贝阻 (图
5(c))次之.系统订正均没有预测出三个区域的阻塞
形势 (图 5(d)—(f), 分别为乌阻区、贝阻区、鄂阻
区), ACC分别为 −0.02, −0.49, −0.92, RMSE分别
为 33.90, 9.01, 21.26; 而动力 - 统计不仅预测出了
三个区域高度场距平的分布形态,还预测出了高度
场正距平中心的大体位置,仅高度场距平量级较观
测偏低 (图 5(g)—(i), 分别为乌阻区、贝阻区、鄂
阻区), ACC 分别为 0.95, 0.39, 0.89, RMSE 分别为
26.86, 11.70, 13.02, 乌阻区和鄂阻区的高度场预报
优于贝阻区.

图 4 2002—2011年系统订正和动力 -统计预测的 ACC (a), (b), (c)和 RMSE (d), (e), (f) (a), (b)乌阻; (c), (d)贝阻; (e), (f)鄂阻
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图 5 2006年夏季乌阻区 (a), (d), (g)、贝阻区 (b), (e), (h)和鄂阻区 (c), (f), (i) 500 hPa高度场距平 (a), (b), (c)观测; (d), (e), (f)系统订
正; (g), (h), (i)动力 -统计预测

4 结 论

本文主要利用实际业务模式的预报结果和丰

富的历史资料对乌拉尔山、贝加尔湖及鄂霍次克

海三个阻塞高压活动关键区夏季平均的 500 hPa高
度场进行动力 -统计的跨季度预测实验. 具体结论
简要概述如下: 三个关键区高度场 2002—2011 年
10年独立样本预测的平均 ACC分别从系统订正的
−0.19, −0.23和 −0.21提高到 0.49, 0.33和 0.32,平
均 RMSE 分别从系统订正的 17.32, 17.42 和 20.08
降低到 14.36, 16.35和 19.06,可见该方法能有效减
小模式预报误差、提高预报技巧,显示出良好的业
务应用前景.

由于篇幅有限,本文仅从季节尺度给出了夏季

欧亚阻塞高压的单因子预测实验方案,而夏季逐月

的阻塞形势即中高纬环流的调整及其与西太副高

的配置才是决定夏季旱涝的关键因素; 另外, 影响

中高纬阻塞高压的影响因子众多,仅用单个因子进

行预测难免会出现预测结果不稳定和效果不明显

等问题,因此多因子组合的预测方案和策略仍值得

进一步研究. 同时, 随着历史资料的进一步丰富和

数值模式的不断改进,历史资料能更好的描述预报

时段内实际大气的状态,而数值模式提供的有效信

息也越来越多,利用历史资料的动力 -统计预测方

法也将更有用武之地.
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Abstract
The blocking high in Eurasia mid-high latitudes (EMHBH) is one of the leading members of East Asian summer monsoon

circulation system, which also has a crucial influence on the summer flood/drought in China, especially in the region of Yangtze River.
However, the objective quantitative prediction of EMHBH is an urgent issue we are facing and also a complicated problem in the
current short-term climate prediction. This paper, by using the dynamical and statistical prediction (DSP) methods and based on the
forecast data of the numerical modal(CGCM) and the abundant historical observations, has carried out prediction experiments of the
above three blocking high regions in the summer averaged 500 hPa geopotential height fields. The results show that the DSP methods
can diminish the prediction errors to some extent, which is also suitable for operational application. In addition, sensitivity tests show
that the selection of the number of similar targets or similar yeas has significant influences on the prediction results.
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黑碳与非吸收性气溶胶的不同混合方式对其
光学性质的影响
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烄

烆

烌

烎１０００８１

摘要　为了研究不同混合方式对气溶胶粒子光学性质 的 影 响，利 用 典 型 外 混 合 模 型 和 三 种 内 混 合 模 型，计 算 了 黑

碳与硫酸盐及有 机 碳 组 成 的 混 合 气 溶 胶 在５５０ｎｍ波 长 处 的 光 学 性 质。结 果 表 明，除 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 与

Ｂｒｕｇｇｅｍａｎ模型的差异普遍小于２％外，所有混合模型对混合粒子及粒 子 群 的 光 学 性 质 都 有 明 显 影 响。相 比 于 外

混合粒子群，内混合粒子群的吸收系数增强了２０％以 上，散 射 系 数 则 削 弱 了１０％～１５％，并 导 致 消 光 系 数 的 最 大

增强达到２５％；内混合模型对于单次散射反照率的减弱效果最明显，尤其在黑碳体积比小于３０％和相对湿度高于

７０％的情况下，内混合模型使粒子群的单次散射反照率降低了２０％以上。此外，除不对称因子外，混合气溶胶的其

他光学性质与体积混合比以及相对湿度均呈现出明显的相关性。

关键词　散射；气溶胶；内外混合；黑碳；硫酸盐
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Ｎｏｎ－ＡｂｓｏｒｂｉｎｇＡｅｒｏｓｏｌｓ　ｏｎ　ｔｈｅ　Ｏｐｔｉｃａｌ　Ｐｒｏｐｅｒｔｉｅｓ

Ｚｈｏｕ　Ｃｈｅｎ１，２　Ｚｈａｎｇ　Ｈｕａ２　Ｗａｎｇ　Ｚｈｉｌｉ　３
１　Ｉｎｓｔｉｔｕｔｅ　ｏｆ　Ａｔｍｏｓｐｈｅｒｉｃ　Ｐｈｙｓｉｃｓ，Ｎａｎｊｉｎｇ　Ｕｎｉｖｅｒｓｉｔｙ　ｏｆ　Ｉｎｆｏｒｍａｔｉｏｎ　Ｓｃｉｅｎｃｅ　ａｎｄ　Ｔｅｃｈｎｏｌｏｇｙ，

Ｎａｎｊｉｎｇ，Ｊｉａｎｇｓｕ　２１００４４，Ｃｈｉｎａ
２　Ｌａｂｏｒａｔｏｒｙ　ｆｏｒ　Ｃｌｉｍａｔｅ　Ｓｔｕｄｉｅｓ，Ｎａｔｉｏｎａｌ　Ｃｌｉｍａｔｅ　Ｃｅｎｔｅｒ，Ｃｈｉｎａ　Ｍｅｔｅｏｒｏｌｏｇｉｃａｌ　Ａｄｍｉｎｉｓｔｒａｔｉｏｎ，Ｂｅｉｊｉｎｇ　１０００８１，Ｃｈｉｎａ

３　Ｃｈｉｎｅｓｅ　Ａｃａｄｅｍｙ　ｏｆ　Ｍｅｔｅｏｒｏｌｏｇｉｃａｌ　Ｓｃｉｅｎｃｅｓ，Ｂｅｉｊｉｎｇ　１０００８１，

烄

烆

烌

烎Ｃｈｉｎａ

Ａｂｓｔｒａｃｔ　Ｉｎ　ｏｒｄｅｒ　ｔｏ　ｓｔｕｄｙ　ｔｈｅ　ｉｍｐａｃｔ　ｏｆ　ｍｉｘｉｎｇ　ｗａｙｓ　ｏｆ　ａｅｒｏｓｏｌｓ　ｏｎ　ｔｈｅｉｒ　ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ，ｏｎｅ　ｔｙｐｉｃａｌ　ｅｘｔｅｒｎａｌ
ｍｉｘｉｎｇ　ｍｏｄｅｌ　ｐｌｕｓ　ｔｈｒｅｅ　ｄｉｆｆｅｒｅｎｔ　ｉｎｔｅｒｎａｌ　ｍｉｘｉｎｇ　ｍｏｄｅｌｓ　ｏｆ　ａｅｒｏｓｏｌｓ　ａｒｅ　ｉｎｔｒｏｄｕｃｅｄ．Ｔｈｅ　ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ　ｏｆ　ｍｉｘｅｄ
ａｅｒｏｓｏｌ　ｐａｒｔｉｃｌｅｓ　ｆｏｒｍｅｄ　ｂｙ　ｂｌａｃｋ　ｃａｒｂｏｎ，ｓｕｌｆａｔｅ　ａｎｄ　ｏｒｇａｎｉｃ　ｃａｒｂｏｎ　ａｔ　５５０　ｎｍ　ｗａｖｅｌｅｎｇｔｈ　ａｒｅ　ｃａｌｃｕｌａｔｅｄ．Ｔｈｅ　ｒｅｓｕｌｔｓ
ｓｈｏｗ　ｔｈａｔ　ｔｈｅｒｅ　ａｒｅ　ｇｒｅａｔ　ｄｉｆｆｅｒｅｎｃｅｓ　ｉｎ　ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ　ｏｆ　ｍｉｘｉｎｇ　ｐａｒｔｉｃｌｅｓ　ａｎｄ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ　ｏｂｔａｉｎｅｄ　ｂｙ　ｔｈｅｓｅ
ｍｏｄｅｌｓ　ｅｘｃｅｐｔ　Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ　ｍｏｄｅｌ　ａｎｄ　Ｂｒｕｇｇｅｍａｎ　ｍｏｄｅｌ（ｄｉｆｆｅｒｅｎｃｅ　ｌｅｓｓ　ｔｈａｎ　２％）．Ｃｏｍｐａｒｅｄ　ｗｉｔｈ　ｅｘｔｅｒｎａｌｌｙ
ｍｉｘｅｄ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ，ｔｈｅ　ｍａｓｓ　ａｂｓｏｒｐｔｉｏｎ　ｆａｃｔｏｒｓ　ｏｆ　ｉｎｔｅｒｎａｌｌｙ　ｍｉｘｅｄ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ　ａｒｅ　ｉｎｃｒｅａｓｅｄ　ｂｙ　ａｂｏｕｔ　２０％，
ｗｈｉｌｅ　ｔｈｅ　ｍａｓｓ　ｓｃａｔｔｅｒｉｎｇ　ｆａｃｔｏｒｓ　ｏｆ　ｔｈｅ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ　ａｒｅ　ｄｅｃｒｅａｓｅｄ　ｂｙ１０％～１５％ｉｎ　ｍｏｓｔ　ｃａｓｅｓ．Ｔｈｅ　ｉｎｔｅｒｎａｌ　ｍｉｘｉｎｇ
ｍｏｄｅｌｓ　ｍａｋｅ　ａ　ｌａｒｇｅ　ｅｎｈａｎｃｅｍｅｎｔ　ｏｆ　ｔｈｅ　ｍａｓｓ　ｅｘｔｉｎｃｔｉｏｎ　ｆａｃｔｏｒｓ　ｏｆ　ｍｉｘｅｄ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ　ｂｙ　２５％ｆｏｒ　ｍａｘｉｍｕｍ．
Ｆｕｒｔｈｅｒｍｏｒｅ，ｔｈｅ　ｒｅｄｕｃｔｉｏｎ　ｏｆ　ｓｉｎｇｌｅ　ｓｃａｔｔｅｒｉｎｇ　ａｌｂｅｄｏ　ｉｓ　ｓｉｇｎｉｆｉｃａｎｔ．Ｉｎ　ｐａｒｔｉｃｕｌａｒ，ｔｈｅ　ｒｅｄｕｃｔｉｏｎ　ｏｆ　ｔｈｅ　ｓｃａｔｔｅｒｉｎｇ
ａｌｂｅｄｏ　ｏｆ　ｔｈｅ　ｍｉｘｅｄ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ　ｃａｎ　ｂｅ　ｌａｒｇｅｒ　ｔｈａｎ２０％ｕｎｄｅｒ　ｃｉｒｃｕｍｓｔａｎｃｅｓ　ｔｈａｔ　ｔｈｅ　ｖｏｌｕｍｅ　ｒａｔｉｏ　ｏｆ　ｂｌａｃｋ　ｃａｒｂｏｎ　ｉｓ
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ｂｅｌｏｗ３０％ａｎｄ　ｔｈｅ　ｒｅｌａｔｉｖｅ　ｈｕｍｉｄｉｔｙ　ｉｓ　ａｂｏｖｅ　７０％．Ｉｎ　ａｄｄｉｔｉｏｎ，ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ　ｏｆ　ｍｉｘｅｄ　ｐａｒｔｉｃｌｅｓ，ｅｘｃｅｐｔ　ｔｈｅ
ａｓｙｍｍｅｔｒｙ　ｐａｒａｍｅｔｅｒ，ａｒｅ　ｄｉｓｔｉｎｃｔｌｙ　ｒｅｌａｔｅｄ　ｔｏ　ｔｈｅ　ｃｈａｎｇｅ　ｏｆ　ｖｏｌｕｍｅ　ｒａｔｉｏ　ｏｒ　ｒｅｌａｔｉｖｅ　ｈｕｍｉｄｉｔｙ．
Ｋｅｙ　ｗｏｒｄｓ　ｓｃａｔｔｅｒｉｎｇ；ａｅｒｏｓｏｌｓ；ｉｎｔｅｒｎａｌ　＆ｅｘｔｅｒｎａｌ　ｍｉｘｉｎｇ；ｂｌａｃｋ　ｃａｒｂｏｎ；ｓｕｌｆａｔｅ
ＯＣＩＳ　ｃｏｄｅｓ　２９０．１０９０；２９０．５８５０；２９０．４０２０；２９０．２２００

１　引　　言
大气气溶胶一般是指由悬浮在大气中、粒径大

小在１０－２～１０２μｍ的固态和液态微粒共同组成的

多相体系。气溶胶可以通过吸收和散射红外辐射和

太阳短波辐射直接影响地球大气辐射能量收支，造

成直接气候效应。气溶胶粒子也可以作为云凝结核

或者冰核，通过影响云滴数浓度、云滴有效半径和云

生命周期等云微物理特性而间接影响气候［１］。

黑碳（ＢＣ）气溶胶、硫酸盐气溶胶和有机碳气溶

胶是大气气溶胶的重要组成部分，三者具有部分同

源性。黑碳和有机碳气溶胶主要来源于化石燃料和

生物质燃料的燃烧，如汽车尾气排放、农作物燃烧、

森林大火和一些与燃烧石油相关的工业活动［２－３］；

硫酸盐气溶胶由ＳＯ２ 与大气中其他成分反应生成，

主要来源是石油等化石燃料的燃烧；有机碳气溶胶

通常伴随着黑碳气溶胶生成，但其自然来源贡献很

小，主要是由污染源直接排放的一次有机气溶胶（原
生气溶胶）和部分挥发性有机化合物经过大气化学

反应产生的二次有机气溶胶（次生气溶胶）组成。黑

碳气溶胶对于辐射的影响主要体现在其强烈的吸收

作用上，它能广泛地吸收从可见光到红外波段的太

阳辐射，从而增加地－气系统对太阳辐射的吸收，造

成正辐射强迫，对全球大气起到增温作用［３－６］并可

能对大尺度的气候过程如亚洲夏季风造成影响［７］。

硫酸盐气溶胶最大的特点是对于太阳辐射具有很强

的散射作用，能够有效地减少到达地表的太阳辐射，

降低地－气系统的能量收入，造成负强迫辐射。有机

碳气溶胶对短波和可见光波段辐射有明显的散射作

用，产生负辐射强迫，对地－气系统起冷却作用［８］。

许多观测研究表明，大气中大部分气溶胶粒子

是由多种成分混合形成的［９］，并且这些颗粒中有很

大一部分是以内混合形式存在的。内混合可能以多

种形式存在，不同的混合形式对粒子的光学性质的

影响均不相同。由于内混合的形成机制尚不明确以

及内混合模型自身的局限性，所以目前计算气溶胶

辐射强迫通常只考虑易于实现的外混合模型或均匀

混合模型。目前已经有一些专家着手开展内混合形

成的大气条件和成因的研究。Ｒｉｅｍｅｒ等［１０］研究了

一天中黑碳气溶胶的老化过程，结果显示新近排放

的黑碳气溶胶随着老化过程的加剧，更加倾向于和

其他气溶胶成 分 形 成 内 混 合 粒 子；Ｍａ等［１１］对 比 了

华北地区混合粒子中碳类气溶胶的质量比的日际变

化后发现碳类气溶胶的混合方式受混合层的日际变

化的影响明显，其在白天偏向于外部混合，而在夜间

则偏向于内部混合。
有大量的研究都指出，黑碳气溶胶在内混合气

溶胶形成过程中扮演至关重要的角色，其往往作为

核心部分与硫酸盐、水溶性有机碳等气溶胶形成内

混合，此时包裹在黑碳周围的水溶性成分可以充当

透镜［１２］，从而极 大 地 改 变 其 本 身 的 光 学 性 质，增 大

黑碳气溶胶的正辐射强迫［１３－１５］。Ｌｅｓｉｎｓ等［１６］指出

在内外混合方式下气溶胶粒子光学性质的差异可能

达到２５％以上，而湿状态下更可能达到５０％，而在

硫酸盐－黑碳质量比为９：１的情况下，使用内混合模

型替换外混合模型后，几乎所有原先估计的冷却效

应都会 消 失。Ｊａｃｏｂｓｏｎ［１７］通 过 比 较 不 同 混 合 情 况

下黑碳对大气的加热效率后指出：气溶胶内混合能

大幅加强黑碳的正辐射强迫，而加强的幅度又与气

溶胶粒子的凝结和增长效应有很大关系，这一影响

使得 黑 碳 可 能 成 为 仅 次 于 ＣＯ２ 的 全 球 变 暖 影 响

因子。
气溶胶的几何结构也是其光学性质的一个重要

影响因素。许多专家学者探讨了不同几何模型对光

学性质的影响：张小林等［１８］使用了包含三种成分的

包裹型内混合模型计算了灰尘、黑碳和水组成的气

溶胶的光学性质，讨论了等效复折射率在描述此类

内混合气溶胶系统时的适用性；卫晓东等［１９］使用Ｔ
矩阵和几何光学方法相结合，计算了具有一定形状

和谱分布的非球形沙尘粒子的光学性质，发现非球

形与球形沙尘粒子在可见光波段的相函数在短波波

段存在明显差异，并指出非球形效应对雷达和卫星

反演沙尘气溶胶光学厚度会造成一定影响；邵士勇

等［２０］利用Ｔ矩阵方法探讨了冰晶、沙尘和黑碳成分

的单分散气溶胶的相函数随散射角的变化关系；孙

贤明等［２１］还将Ｔ矩阵法扩展到含核椭球粒子的散

射性质计算中；Ｃｈｕｎｇ等［２２－２３］利用离散偶极子近似

（ＤＤＡ）算 法 计 算 了 Ｃｌｕｓｔｅｒ－ｃｌｕｓｔｅｒ　ａｇｇｒｅｇａｔｉｏｎ模

型的气溶胶粒子簇的光学性质，并描述了粒子簇内

的基本粒子半径和个数对其光学性质的影响。
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但是，迄今为止的内外混合粒子光学性质的研

究中考虑的影响因素仍不全面，很难对不同混合模

型的优缺点和适用条件给出详细的评估。此外，东

亚地区是黑碳气溶胶的主要源区，不同混合模型对

黑碳的辐射强迫影响很明显，但是目前针对该区域

的内混合气 溶 胶 光 学 性 质 的 全 面 认 识 仍 然 比 较 缺

乏。因此，全面地比较黑碳与非吸收性气溶胶成分

在多种混合模型和外部条件下的光学性质是今后合

理和精确地 计 算 混 合 气 溶 胶 辐 射 强 迫 的 基 础 和 前

提，是非常重要的基础研究。
本文利 用 三 种 不 同 的 内 混 合 模 型（Ｃｏｒｅ－ｓｈｅｌｌ

模型、Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模型和Ｂｒｕｇｇｅｍａｎ模型）以

及典型外混合模型，结合东亚实测气溶胶数浓度谱，
分别计算了黑碳－硫酸盐和黑碳－有机碳混合粒子群

在不同体积混合比（即某一成分的体积相对于粒子

整体的比例，以下也简称体积比）和不同相对湿度下

的光学特性，全面地讨论了不同混合模型对气溶胶

光学性质的影响，并解释了造成这些光学性质差异

的原因，初步给出了各种模型的适用条件。

２　原理和方法
２．１　气溶胶粒子的数浓度谱

气溶胶粒子的数浓度谱表征了大气中气溶胶粒

子在不同的粒径区间内的数量分布，对气溶胶粒子

群的光学性质有着决定性的作用，因此合理的气溶

胶数浓度谱是计算气溶胶辐射强迫的前提。目前，
气溶胶粒子数浓 度 谱ｎ（ｒ）普 遍 采 用 对 数 正 态 分 布

进行拟合：

ｎ（ｒ）＝ Ｎ
２槡π·ｒ

ｅｘｐ －１２
ｌｏｇ　ｒ－ｌｏｇ　ｒ０

ｌｏｇ（ ）［ ］δ
，

（１）
式中ｒ０ 为众 数 半 径，δ是 标 准 偏 差，Ｎ 为 单 位 体 积

大气中气溶胶粒子的个数，ｒ为气溶胶粒子的半径。
黑碳气溶胶数浓度谱参照东亚区域实测资料［２４］，众

数半径取０．１３μｍ，相对偏差为１．８，能够较好地拟

合中国地域的黑碳气溶胶数浓度谱。计算中假设每

一个混合粒子中只有一个黑碳粒子，混合粒子群的

数浓度谱积分依据其中包含的黑碳粒子所对应的数

浓度谱进行。

２．２　气溶胶的复折射指数

复 折 射 指 数 是 计 算 气 溶 胶 光 学 性 质 的 重 要 参

数，由实部、虚部两部分构成，实部的绝对值表征了

气溶胶成分的散射能力，虚部的绝对值则表征了气

溶胶成分的吸收能力。表１给出了干气溶胶颗粒在

５５０ｎｍ波长处的复折射指数和密度［２５］。
表１ 三种气溶胶成分在５５０ｎｍ波长处的

复折射指数和密度

Ｔａｂｌｅ　１ Ｃｏｍｐｌｅｘ　ｒｅｆｒａｃｔｉｖｅ　ｉｎｄｅｘ　ａｔ　５５０ｎｍ　ｗａｖｅｌｅｎｇｔｈ

ａｎｄ　ｄｅｎｓｉｔｙ　ｏｆ　ｔｈｒｅｅ　ｔｙｐｅｓ　ｏｆ　ａｅｒｏｓｏｌ

Ｃｏｍｐｏｎｅｎｔ Ｃｏｍｐｌｅｘ
ｒｅｆｒａｃｔｉｖｅ　ｉｎｄｅｘ Ｄｅｎｓｉｔｙ／（ｋｇ·ｍ－３）

Ｓｕｌｆａｔｅ　 １．４３－１．０×１０－８ｉ　 １７６９．０

Ｂｌａｃｋ　ｃａｒｂｏｎ　 １．７５－０．４４ｉ １５００．０

Ｏｒｇａｎｉｃ　ｃａｒｂｏｎ　 １．５３－０．００５９ｉ １３００．０

　　由于吸湿性气溶胶在潮解过程中与水汽混合，
其介电常数会发生变化，因此其复折射指数随相对

湿度也发生变化。不同相对湿度下气溶胶的复折射

指数需要根据非吸收性成分体积变化分数求得，计

算公式为［２６］

ｍ＝ｍｗ＋（ｍｄｒｙ－ｍｗ）×
［（ｒｍ）３－（ｒｄｒｙ）３

（ｒｍ）３］
，（２）

式中ｍ 为潮解后气溶胶的复折射指数，ｍｗ 为水的

复折射指数，ｍｄｒｙ为潮解前气溶胶的复折射指数，ｒｍ
为潮解后气溶胶粒子的有效半径，ｒｄｒｙ为干气溶胶粒

子的有效半径。根据Ｋｈｌｅｒ公式，能得到不同相对

湿度下硫酸盐和有机碳的增长幅度。因为黑碳的吸

水性很弱，此处没有考虑黑碳的吸湿增长。
图１为硫酸盐和有机碳在５５０ｎｍ波长的复折

射指数的实部和虚部随相对湿度的变化。硫酸盐和

有机碳的复折射指数与相对湿度密切相关，两种物

质的潮解 点 比 较 接 近，当 相 对 湿 度 达 到３５％左 右

时，两者复折射指数实部和虚部都会随即出现明显

的降低；此后，随着相对湿度的增加，复折射指数进

一步下降，并逐渐接近于水的复折射指数。

２．３　气溶胶粒子的混合模型

外混合模型相对简单，假设不同的气溶胶粒子

间并不相互发生理化作用，而是以球型粒子独立存

在于大气中，粒子间发生独立散射，即电磁波经一个

粒子散射后不再被另一个粒子散射，因此外混合粒

子的整体光学性质为各部分性质的体积加权求和。
内混合模型中不同气溶胶成分之间存在复杂的

相互关系。实际情况下内混合粒子的几何结构随机

性很强，视气溶胶成分不同 可 能 出 现 粘 连、包 裹、糅

合等多种情况，由此可以形成同心球、随机核分布、
均匀球、多核心、非对称和不完全包裹等多种混合状

态。为了研究内混合和外混合粒子的性质差异以及

内混合中不 对 称 结 构 对 于 混 合 粒 子 光 学 性 质 的 影

响，选择典型气溶胶外混合和Ｃｏｒｅ－ｓｈｅｌｌ、Ｍａｘｗｅｌｌ－
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图１ 硫酸盐和有机碳复折射指数随相对湿度的变化

Ｆｉｇ．１ Ｃｈａｎｇｅ　ｏｆ　ｃｏｍｐｌｅｘ　ｒｅｆｒａｃｔｉｖｅ　ｉｎｄｅｘ　ｏｆ　ｓｕｌｆａｔｅ　ａｎｄ　ｏｒｇａｎｉｃ　ｃａｒｂｏｎ　ｗｉｔｈ　ｒｅｌａｔｉｖｅ　ｈｕｍｉｄｉｔｙ

Ｇａｒｎｅｔｔ和Ｂｒｕｇｇｅｍａｎ三种气溶胶内混合模型进行

分析。
图２大致描绘了气溶胶粒子的几种混合方式。

其中图２（ａ）表示典型外混合模型，粒子各部分以球

型独立存在且不发生二次散射；图２（ｂ）为内混合中

的Ｃｏｒｅ－ｓｈｅｌｌ模型，由 吸 湿 性 成 分 包 裹 非 吸 湿 性 成

分形成同心球 结 构；图２（ｃ）为 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模

型，核心粒子的位置随机，通常由吸湿性成分包裹非

吸湿性成分形成；图２（ｄ）为Ｂｒｕｇｇｅｍａｎ模型，当粒

子各部分以相邻的拓扑关系存在时，Ｂｒｕｇｇｅｍａｎ模

型将其简化为相邻的球体进行处理。

图２ 几种不同的气溶胶混合模型

Ｆｉｇ．２ Ｓｅｖｅｒａｌ　ｄｉｆｆｅｒｅｎｔ　ｍｉｘｉｎｇ　ｍｏｄｅｌｓ　ｏｆ　ａｅｒｏｓｏｌ

２．４　内混合中吸湿性物质的透镜作用

有研究认为，内混合模型会使核心物质对于混

合粒子整体光学性质的影响明显增强，这可能是由

于吸湿性物质在混合粒子中充当了透镜所致。根据

折射定律，由光疏介质进入光密介质的辐射能量将

偏离原始的传输方向，入射角与折射角的关系为

ｃｏｓθｒｅ＝ｃｏｓθｉｎρ２／ρ１， （３）

式中θｒｅ为折射角，θｉｎ为入射角，ρ１ 为 入 射 前 介 质 密

度，ρ２ 为入射后介质密度。当辐射能量到达分层球

粒子的外壳部分时，除去被散射和吸收的部分，剩余

的辐射能量经过折射会有向中心会聚的趋势，从而

增大了内核物质与辐射能量作用的机率。

２．５　光学性质的计算方法

除Ｃｏｒｅ－ｓｈｅｌｌ模 型 外，其 余 模 型 光 学 性 质 的 计

算方法是基于米氏散射原理得来的。根据米氏散射

理论，可通过粒子的复折射指数、粒子半径、波长等

输入量求得单相系粒子的光学参数：消光系数、散射

系数、吸收系数、单次散射反照率和不对称因子。由

于米氏散射原理是针对单个均匀球形粒子的经典理

论，并不适用于非均质的内混合模型，因此需要对这

类内混合粒子进行处理使其转化为适用于米氏散射

原理的等效球体。
外混合方式实际上是粒子间的独立散射，混合

气溶胶性质为各气溶胶成分的体积加权之和。假设

混合气溶胶粒子中含 有ｉ种 成 分，αｉ 为 该 种 气 溶 胶

成分的某种光学性质，β为混合气溶胶的光学性质，

ｆｉ 为该种气溶胶成分的体积分数，则计算公式为

β＝∑
ｉ
ｆｉαｉ． （４）

对于内混合 中 的Ｃｏｒｅ－ｓｈｅｌｌ模 型，由 于 在 粒 子 内 部

发生多次散射过程，因此简单的权重分布在这种情

况下不适用，需要根据粒子的结构特性计算出该混

合粒子的等效复折射指数。Ｃｏｒｅ－ｓｈｅｌｌ模型的计算

方法来自Ｂｏｈｒｅｎ等提出的分层球米氏散射方法，粒
子内的多次散射过程需要依据壳物质复折射指数和

核物质复折射指数，以及内核体积混合比ｆ＝ａ３／ｂ３

（ａ为内核 半 径，ｂ为 外 壳 半 径）和 相 应 的 尺 度 参 数

０８２９００１－４
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２πａ／λ和２πｂ／λ来计算。
对于内混合中的核心随机分布情况，由于核物

质在混合粒子中的相对位置不确定，因此对于同一

种体积混合比也可能出现很大的光学性质差异。有

许多 研 究 资 料 表 明 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ理 论［２７］对 于

这种情况的计 算 精 度 较 高。Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ理 论

的简化模型是由液态成分包裹的球形固态核心构成

的球形混合 粒 子，这 些 固 态 核 心 的 位 置 是 随 机 的。
假设混合粒子的样本空间是无限的，通过统计学方

法，可以将同一种混合比下的混合粒子等效复折射

指数求出。通过知晓核物质的复折射指数ｍｃ 和外

壳物质的复折射指数ｍｓ 以及核心的体积比ｆｃ 可以

计算出混合粒子的等效复折射指数。计算公式为

ｍ＝ ｍ２ｓｍ
２
ｃ＋ｍ２ｓ＋２ｆｃ（ｍ２ｃ－ｍ２ｓ）
ｍ２ｃ＋２ｍ２ｓ－ｆｃ（ｍ２ｃ－ｍ２ｓ槡 ）．

（５）

　　Ｂｒｕｇｇｅｍａｎ理 论［２７］也 是 利 用 混 合 粒 子 各 部 分

的复折射指数和体积混合比求得混合粒子的等效复

折射指数后，将混合粒子作为球体导入米氏散射公

式求解光学性质。计算公式为（ｍ１ 和ｍ２ 分别代表

两种组成物质的复折射指数）

ｆ１ ｍ
２
１－ｍ２

ｍ２１＋２ｍ２
＋ｆ２ ｍ

２
２－ｍ２

ｍ２２＋２ｍ２
＝０． （６）

　　由于吸湿性成分的潮解作用的影响，处理吸湿

增长后的粒子需要根据不同相对湿度下粒子体积混

合比及复折射指数计算等效复折射指数，并将不同

相对湿度下的尺度参数和粒子质量导入米氏散射方

程组，求解光学性质。

３　结果分析
为了研究在不同体积混合比和相对湿度条件下

内外混合模型对气溶胶粒子光学特性的影响，计算

了四种混合模 型（体 积 权 重 平 均 外 混 合 模 型、Ｃｏｒｅ－
ｓｈｅｌｌ模型、Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 和Ｂｒｕｇｇｅｍａｎ模

型）下的 黑 碳－硫 酸 盐 和 黑 碳－有 机 碳 混 合 气 溶 胶 在

５５０ｎｍ波长处的光学性质。

３．１　单个混合气溶胶粒子的光学性质

粒子半径是米氏散射计算中重要的输入量，为

了排除气溶胶数浓度谱对光学性质的影响，引入单

个气溶胶粒子光学性质的比较。图３给出不同混合

方式下气溶胶粒子光学性质随等效半径的变化，从

左至右分别为５５０ｎｍ波长处硫酸盐－黑碳混合气溶

胶粒子的质量散射系数（Ｑｓ）、质量吸收系数（Ｑａ）以

及质量消光系数（Ｑｅ）随粒子等效半径的变化曲线，
混合粒子中黑碳体积比为２５％。此处等效半径的意

义按照混合方式有所不同：内混合的等效半径是指球

心至混合粒子表面的距离；外混合的等效半径是指与

粒子中各部分体积之和相等的球体之半径。

图３ 单个气溶胶粒子的光学性质（Ｑｓ，Ｑａ 和Ｑｅ）

Ｆｉｇ．３ Ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ　ｏｆ　ｓｉｎｇｌｅ　ａｅｒｏｓｏｌ　ｐａｒｔｉｃｌｅｓ（Ｑｓ，Ｑａａｎｄ　Ｑｅ）

　　一般来说米氏散射效率最大值出现在粒子直径

约等于半波长时，因此过小和过大的粒子的米氏散

射效率都较低，中间部分的粒子米氏散射效率最高。
从图３可知，粒子等效半径对于粒子的散射、吸收乃

至消光性质的影响趋势相似。混合气溶胶粒子的三

种光学性质都随着等效半径的增长出现一个显著的

上升 和 下 降 过 程，除 了 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 和

Ｂｒｕｇｇｅｍａｎ模型之间差异较小外，其他混合模型间

的粒子光学性质差异明显。
质量散射系数的定义与质量吸收系数相似，表示

了单位质量粒子对于辐射的散射作用。Ｃｏｒｅ－ｓｈｅｌｌ模

型粒子的质量散射系数在半径小于０．４５μｍ的区间

中小 于 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 和Ｂｒｕｇｇｅｍａｎ模 型 约

２０％，而在大于０．４５μｍ的区间中则大于这 两 者 约

３０％；外混合粒子的质量散射系数在半径小于０．２μｍ
的区间内与内混合粒子差异不大，但是在此后的区间
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中则明显高于内混合粒子。除 此 之 外，不 同 粒 子 质

量散射 系 数 的 峰 值 所 对 应 的 半 径 也 不 相 同，其 中

Ｃｏｒｅ－ｓｈｅｌｌ模 型 混 合 粒 子 的 峰 值 半 径 最 小，约 为

０．１８μｍ；Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 和 Ｂｒｕｇｇｅｍａｎ模

型粒子的峰值半径居中，约为０．２４μｍ；而外混合粒

子的峰值半径最大，约为０．３２μｍ。造 成 峰 值 半 径

差异的原因主要在于不同模型中非吸收性成分的尺

度差异：在Ｃｏｒｅ－ｓｈｅｌｌ模型中，由于粒子的黑碳核心

增大了硫酸盐外壳的外径，非吸收性成分的半径也

因此扩大，所以导致散射系数峰值对应的半径比较

小，但是由于多次散射过程中黑碳吸收了很大一部

分辐 射，因 此 Ｃｏｒｅ－ｓｈｅｌｌ模 型 散 射 系 数 峰 值 最 小；

Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模型和Ｂｒｕｇｇｅｍａｎ模型将两种混

合成分换算为另一种复折射指数介于黑碳和硫酸盐

之间的等效 介 质，粒 子 的 尺 度 仍 然 和Ｃｏｒｅ－ｓｈｅｌｌ模

型粒子保持一致，但散射性能有所降低，最大散射系

数对应的半径有所提高，但是由于不存在透镜效应，
所以散 射 系 数 的 峰 值 明 显 高 于 Ｃｏｒｅ－ｓｈｅｌｌ模 型 粒

子；外混合粒子中由于黑碳和硫酸盐分别组成独立

的球体，因此等效半径相同的粒子中非吸收性成分

的尺度显著小于内混合粒子，从而散射系数峰值出

现的位置也最靠后，但是外混合粒子各部分发生独

立散射，遂使得其散射系数峰值也最高。
质量吸收系数表示的是吸收截面与粒子的质量

之比，表示了单位质量该种混合粒子对于辐射的吸

收作用。在质量吸收系数的图线中可以发现，在半

径小于０．３μｍ时Ｃｏｒｅ－ｓｈｅｌｌ模型粒子的质量吸收

系数 高 于 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 和 Ｂｒｕｇｇｅｍａｎ模

型粒子，在此之后情况则恰好相反；在所有半径范围

内，外混合粒子的质量吸收系数都小于内混合粒子。

Ｃｏｒｅ－ｓｈｅｌｌ模型粒子和外混合粒子的质量吸收系数

峰值出现的位置是一致的，原因在于混合粒子的吸

收作用绝大多数由黑碳造成，而这两种混合粒子的

黑碳部 分 的 半 径 相 等；Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 粒 子

和Ｂｒｕｇｇｅｍａｎ模型粒 子 的 理 论 峰 值 半 径 应 略 大 于

Ｃｏｒｅ－ｓｈｅｌｌ模型粒子，但是由于涟漪结构（由粒子衍

射光和透射光相互干涉形成的光学性质曲线上有规

律的起伏波动）的存在，使其实际峰值半径减小至和

其他两种模型粒子大致相同。值得一提的是，随着

等效半径趋近于０，粒子的质量吸收系数无限趋 近

于某一数值，这一数值与构成混合粒子的物质及波

长均有关。
质量消光系数是质量吸收系数和质量散射系数

之和，表示 了 单 位 质 量 的 气 溶 胶 粒 子 的 消 光 能 力。
由图中可以看出在等效半径小于０．１５μｍ时，内混

合模型 粒 子 之 间 的 质 量 消 光 系 数 差 异 很 小，而 在

０．１５～０．４５μｍ区间内，Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模型粒子

和Ｂｒｕｇｇｅｍａｎ模 型 粒 子 的 质 量 消 光 系 数 比 Ｃｏｒｅ－
ｓｈｅｌｌ模 型 粒 子 高 约１５％，在 之 后 的 区 间 内，Ｃｏｒｅ－
ｓｈｅｌｌ模型粒子则比另外两者高约３０％；外混合粒子

的消光作用多数是由散射作用提供的，因此在等效

半径大于０．３μｍ的 范 围 内，外 混 合 粒 子 的 消 光 系

数明显地大于内混合粒子。
图４分别为 不 同 混 合 方 式 下 单 个 黑 碳－硫 酸 盐

混合粒子的单 次 散 射 反 照 率ω和 不 对 称 因 子ｇ 随

等效半径的变化规律。

图４ 单个气溶胶粒子的光学性质（ω和ｇ）

Ｆｉｇ．４ Ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ　ｏｆ　ｓｉｎｇｌｅ　ａｅｒｏｓｏｌ　ｐａｒｔｉｃｌｅｓ（ωａｎｄ　ｇ）

　　单次散射反照率是表征粒子散射消光占总消光

中比例的一个参数，是散射截面与消光截面的一个

比值。由图４可以发现外混合粒子的单次散射反照

率显著地高于内混合粒子，其仅在０～０．２μｍ的区

间内随着等效半径的增长发生了约１０％的增大，此

后基本不出现波动；内混合粒子的单次散射反照率

在０～０．２μｍ的 区 间 内 快 速 上 升，其 中Ｃｏｒｅ－ｓｈｅｌｌ
模型粒子在０．２μｍ以上的区间内单次散射反照率
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大 致 保 持 不 变，仅 有 细 小 的 涟 漪 状 波 动，而

Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模型粒子和Ｂｒｕｇｇｅｍａｎ模型粒子

的单次散射 反 照 率 则 会 再 经 历 一 个 显 著 的 下 降 过

程，最小值出现 在０．６３μｍ处，相 比 最 高 值 降 低 约

３１％。
不对称因子是表征粒子前向和后向散射不对称

性的参数，定 义 为 散 射 角 余 弦 的 加 权 平 均 值，值 域

［－１，１］。不同混合模型粒子的不对称因子差异较

小；等效半径０～０．２５μｍ是 混 合 粒 子 不 对 称 因 子

的快速上升区间；在０．２５～０．６μｍ的 区 间 中 不 同

模型混合粒子的不对称因子变化不大，且各自差异

不超过１５％；在０．６～１μｍ的范围内，Ｃｏｒｅ－ｓｈｅｌｌ模

型粒子的不对称因子在０．７附近振荡式变化，外混合

粒子经 历 一 个 振 荡 式 下 降 并 回 升 的 过 程，Ｍａｘｗｅｌｌ－
Ｇａｒｎｅｔｔ模型粒子和Ｂｒｕｇｇｅｍａｎ模型粒子的不对称因

子则随着等效半径增长略微升高约１３％。
总的来说，相 对 于０．５５μｍ波 长，等 效 半 径 在

０～１μｍ范围内的变化会显著影响混合粒子光学性

质：对于质量散射、吸收和消光系数的影响主要体现

在０～０．６μｍ内，均呈现出显著的先增大后减小规

律；对于混合粒子的单次散射反照率与不对称因子，
等效半径的影响则主要体现为０～０．２μｍ内 的 快

速增长过程。需要注意的是，等效半径对混合粒子

光学性质的影响视物质构成和体积分数的不同会存

在明显的差异。此外根据２．１节中计算的数浓度谱

可以发现黑碳粒子主要集中于０～０．４μｍ的 半 径

区间，依照本节０．２５的黑碳体积混合比换算成等效

半径约为０～０．６４μｍ，此后的区间内由于粒子个数

稀少，等效半径对光学性质的影响并不具有显著的

参考价值。

３．２　混合气溶胶光学特性随非吸收性物质体积分

数的变化

图５表示了不同混合方式下气溶胶粒子群的质

量吸收系数、质量散射系数和质量消光系数在５５０ｎｍ
波长 处 随 硫 酸 盐 和 有 机 碳 体 积 分 数 的 变 化。从

图５（ａ）可见，由于硫酸盐和有机碳在可见光波段主要

起散射作用，因此随着 非 吸 收 性 物 质 体 积 分 数 的 增

长，内外混合粒子群的质量吸收系数都有明显减弱。
外混合粒子群的质量吸收系数明显地小于内混合模

型，尤其是在非吸收性成分体积分数超过６０％的情

况下，外混合 比 内 混 合 平 均 低 了８２％，且 外 混 合 模

型对于混合比的敏感性强于内混合模型。这一差异

主要是因为内混合模型中透镜作用放大了黑碳对粒

子光学性质的影响，因此内混合模型受非吸收性成

分体积分数影响弱于外混合模型，尤其当黑碳体积

分数较小时，透镜作用的影响非常明显。通过不同

内混合模型结果之间的比较发现，Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ
模型和Ｂｒｕｇｇｅｍａｎ模 型 得 到 的 气 溶 胶 吸 收 系 数 之

间的差异在１％以内，当外壳体积比达到６０％以上

时Ｃｏｒｅ－ｓｈｅｌｌ模型得到的气溶胶的吸收系数相比另

外两者偏小１５％。
如图５（ｂ）所示，外混合粒子群的质量散射系数

明显地高于其他模型，且不同模型间的变化呈现很

大差异。从大趋势上看，内外混合粒子群的散射作

用都随着硫酸盐和有机碳体积分数的增长呈现明显

的下降趋势，造成降低的主要原因是等效复折射指

数 实 部 下 降 和 粒 子 尺 度 增 长。其 中 Ｍａｘｗｅｌｌ－
Ｇａｒｎｅｔｔ模型和Ｂｒｕｇｇｅｍａｎ模型粒子的质量散射系

数下降较平稳，只是当体积分数大于８０％时下降幅

度明显增大。Ｃｏｒｅ－ｓｈｅｌｌ模型和外混合模型粒子群

质量散射 系 数 都 经 历 一 个 下 降－增 长－下 降 的 过 程，
前者的表现更为明显，其两个极值点在５５％和８０％
附近。造 成 这 一 差 异 的 主 要 原 因 在 于 Ｍａｘｗｅｌｌ－
Ｇａｒｎｅｔｔ模型和Ｂｒｕｇｇｅｍａｎ模型是综合考虑了黑碳

粒子处于不同位置得到的平均等效复折射指数。混

合粒子趋向于均质化，粒子的光学性质不会出现明

显的波动。Ｃｏｒｅ－Ｓｈｅｌｌ模 型 几 何 结 构 特 殊，其 中 核

心与外壳之间发生的多次散射过程会随着粒子各部

分体积分数的变化发生改变并体现在粒子的散射系

数上，造成明显的波动。外混合粒子群质量散射系

数的第一个下降趋势是由于散射性能较弱的有机碳

和硫酸盐体积分数逐渐增大造成的；随着粒子群众

数直径逐渐接近半波长，米氏散射效率增大，造成了

随后的质量散射系数的上升；最后的下降趋势则主

要是质量和半径的增长共同影响的结果。Ｍａｘｗｅｌｌ－
Ｇａｒｎｅｔｔ模型和Ｂｒｕｇｇｅｍａｎ模型粒子群之间质量散

射系 数 的 差 异 仍 然 很 小，最 大 不 超 过２％；Ｃｏｒｅ－
ｓｈｅｌｌ模型在非吸收性成分体积比小于７０％时小于

另外 两 者９．６％，而 在 非 吸 收 性 成 分 体 积 比 大 于

７０％时则比其他两者高约７％。
由 图 ５（ｃ）可 见，Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ 模 型 和

Ｂｒｕｇｇｅｍａｎ模型 得 到 的 混 合 气 溶 胶 粒 子 群 的 消 光

作用 最 强，但 是 这 两 者 间 的 差 异 很 小，可 以 忽 略；

Ｃｏｒｅ－ｓｈｅｌｌ模 型 的 结 果 略 小 于 前 两 者，差 异 平 均 为

４．９％；外混合粒子群的消光作用明显小于内混合粒

子群，与Ｃｏｒｅ－ｓｈｅｌｌ模 型 的 差 异 最 大 达 到１４．９％。
从大趋势来看，混合粒子群质量消光系数的减弱与

非 吸收性成分体积分数的增长大致呈线性关系，各
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图５ 气溶胶粒子群光学性质随吸湿性物质体积分数的变化（Ｑａ，Ｑｓ 和Ｑｅ）

Ｆｉｇ．５ Ｃｈａｎｇｅ　ｏｆ　ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ　ｏｆ　ａｅｒｏｓｏｌ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ　ｗｉｔｈ　ｔｈｅ　ｖｏｌｕｍｅ　ｏｆ　ｔｈｅ　ｈｙｇｒｏｓｃｏｐｉｃ

ｓｕｂｓｔａｎｃｅ（Ｑａ，Ｑｓａｎｄ　Ｑｅ）

个模型消光系数差异的最大值出现在黑碳体积分数

５０％左右。
图６表示了不同混合方式下气溶胶单次散射反

照率和不对称因子随外壳体积分数的变化曲线。根

据图６（ａ）可知，外混合模型得出的粒子群单次散射

反照率 明 显 地 高 于 内 混 合 模 型；Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ
模型 和Ｂｒｕｇｇｅｍａｎ模 型 之 间 的 差 异 依 然 很 小，与

Ｃｏｒｅ－ｓｈｅｌｌ模型的平 均 差 异 为５．６％。不 同 模 型 粒

子群间单次 散 射 反 照 率 的 差 异 主 要 出 现 在 曲 线 右

端，说明细小的黑碳核心对于混合粒子整体的单次

散射反照率影响很大，而且黑碳不处于核心位置时

对于粒子单次散射反照率的影响更明显。由于硫酸

盐和有机碳在５５０ｎｍ波长的单次散射反照率接近

于１，因此在非吸收性成分占绝大多数时，外混合粒

子群的单次散射反照率约等于１。
如图６（ｂ）所示，随着非吸收性成分的体积分数

的 增 长，外 混 合 粒 子 群 的 不 对 称 因 子 略 微 减 小，

Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模型和Ｂｒｕｇｇｅｍａｎ模型曲线先增

大后减小，而Ｃｏｒｅ－ｓｈｅｌｌ模 型 则 呈 现 出 正 弦 函 数 波

动趋势，但是各模型的变化幅度都不大。不同模型

间的差异主要体现在黑碳体积分数较小时，但差异

的绝对值最大不超过０．１２。

３．３　混合气溶胶的光学特性随相对湿度的变化

根据观测资料，东亚地区含有黑碳的混合气溶

胶粒子半径与其中黑碳粒子的半径之比约为１．６。
为了研究混合气溶胶粒子中非吸收性成分潮解作用
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图６ 气溶胶粒子群光学性质随吸湿性物质体积分数的变化 （ω和ｇ）

Ｆｉｇ．６ Ｃｈａｎｇｅ　ｏｆ　ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ　ｏｆ　ａｅｒｏｓｏｌ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ　ｗｉｔｈ　ｔｈｅ　ｖｏｌｕｍｅ　ｏｆ　ｔｈｅ　ｈｙｇｒｏｓｃｏｐｉｃ　ｓｕｂｓｔａｎｃｅ（ωａｎｄ　ｇ）

对于混合气溶胶光学性质的影响，本组对比计算中

将黑碳体积分数定为２５％（半径比约为１．６），计算

了５５０ｎｍ波长不同相对湿度下的混合气溶胶光学

性质。图７表示了不同混合方式下黑碳－硫酸盐和

黑碳－有机碳混合气溶胶的质量吸收系数、质量散射

系数和质量消光系数随相对湿度的变化。

从 图７（ａ）可 知，除 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 与

Ｂｒｕｇｇｅｍａｎ模型 粒 子 群 间 的 质 量 吸 收 系 数 差 异 很

小之外，其余模型间均存在明显的差异。外混合粒

子群的质量吸收系数远小于内混合模型，因为外混

合模型的整体性质是根据体积权重分配的，硫酸盐

和有机碳在５５０ｎｍ波长下的吸收系数接近于０，而
潮解过程会显著增大非吸收性成分的体积并在一定

程度上减小其吸收能力；内混合模型中非吸收性成

分对辐射起了会聚作用，提高了黑碳在混合粒子中

的 影 响，因 此 吸 收 系 数 明 显 大 于 外 混 合 模 型。

Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模型和Ｂｒｕｇｇｅｍａｎ模型的质量吸

收作用比Ｃｏｒｅ－ｓｈｅｌｌ模型高约２５．８％，说明在黑碳

体积比很小的情况下，随机分布的黑碳核对于混合

粒子的光学性质影响明显高于处于球心位置的黑碳

核。在达到吸湿性物质的潮解点之前，相对湿度对

于气溶胶粒子群的光学性质没有影响，而达到潮解

点之后对粒子群的质量吸收系数有越发明显的减弱

趋势，主要原因是非吸收性成分与水汽混合后质量

大幅上升，特别 是 相 对 湿 度 达 到９０％以 上 时，粒 子

的质量呈指数形式上升，使单位质量的混合粒子的

吸收截面显著减小。

由图７（ｂ）分析得，相对湿度在潮解点到０．９的

区间内，随着非吸收性成分的体积增长各个模型粒

子群质量散 射 系 数 随 相 对 湿 度 呈 现 较 为 平 稳 的 增

长。外混合模型的变化幅度是四种模型中最小的，

最大值出现 在 相 对 湿 度６５％～７０％之 间。在 未 发

生潮解前，不同内混合模型之间的质量散射系数差异

很小，外混合模型则比内混合模型高１５．３％；发生潮

解后，Ｃｏｒｅ－ｓｈｅｌｌ模型粒子群的质量散射系数增长最

明显，比 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模型和Ｂｒｕｇｇｅｍａｎ模型高

了９．６％，在相对湿度７０％时超过外混合模型，并且

在８５％～９０％之 间 达 到 最 大 值。当 相 对 湿 度 达 到

９０％以后，各个模型的质量散射系数都呈指数形式

下降。图７（ｃ）的曲线比较平稳，可见大多数情况下

粒子的质量消光系数和相对湿度的相关性不大。由

于外混合粒子群的吸收作用大约只有内混合粒子的

２０％，因此根据外混合模型求得的质量消光系数明

显低于内混合模型；不同内混合模型间的差异不大，

特别是有机碳－黑碳的组合，差异仅在２％以内。当

相对湿度小于９０％时，由于吸收和散射作用的变化

趋势相互抵消，各个模型的质量消光系数没有明显

的波动；而相对 湿 度 达 到９０％以 后，混 合 气 溶 胶 的
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图７ 气溶胶粒子群光学性质随相对湿度的变化（Ｑｅ，Ｑａ 和Ｑｓ）

Ｆｉｇ．７ Ｃｈａｎｇｅ　ｏｆ　ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ　ｏｆ　ａｅｒｏｓｏｌ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ　ｗｉｔｈ　ｒｅｌａｔｉｖｅ　ｈｕｍｉｄｉｔｙ（Ｑｅ，Ｑａａｎｄ　Ｑｓ）

质量消光系数大幅下降，最后粒子群的消光作用绝

大部分都体现为散射。

图８给出不同混合方式下单次散射反照率和不

对称因子与相对湿度的关系。由图８（ａ）可知，单次

散射反照率随着相对湿度的增长有明显的增大。干

燥的内混合粒子群的初始值很接近；当相对湿度达

到潮 解 点 后，Ｃｏｒｅ－ｓｈｅｌｌ模 型 粒 子 群 的 单 次 散 射 反

照率 比 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 和 Ｂｒｕｇｇｅｍａｎ模 型

大了１１．９％。由 于 硫 酸 盐 和 有 机 碳 的 单 次 散 射 反

照率接近于１，因此外混合粒子群的单次散射反 照

率明显大于 内 混 合 粒 子 群 且 随 相 对 湿 度 变 化 不 明

显，只有当黑碳占有较大的混合比时，外混合粒子的

单次散射反照率才会对相对湿度表现敏感。

不 对 称 因 子 对 相 对 湿 度 的 变 化 不 敏 感，

Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 和Ｂｒｕｇｇｅｍａｎ模 型 最 高，外

混合模型则 比Ｃｏｒｅ－ｓｈｅｌｌ模 型 略 高，且 各 种 模 型 粒

子群的不对称因子随相对湿度的变化十分平缓，最

大差异不超过１０％。

四种混合模型各有优缺点和侧重面，受外界条

件影响的程度也不尽相同。外混合模型能够处理多

种气溶胶混合的情况，但是缺点也很明显：仅考虑了

各部分的体积比重关系，忽略了粒子各部分间的多

次散射，因此当非吸收性成分体积分数较大时，外混

合模型的误差很大。内混合模型考虑了粒子内多次

散射和几何特征的影响，显著地增强了混合粒子的

吸收系数，但是内混合模型对于气溶胶的成分有一

定要求且形成机制复杂，因此目前估计内混合在实

际混合中 出 现 的 概 率 主 要 靠 观 测 实 现。Ｃｏｒｅ－ｓｈｅｌｌ
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周　晨等：　黑碳与非吸收性气溶胶的不同混合方式对其光学性质的影响

图８ 气溶胶粒子群光学性质随相对湿度的变化 （ω和ｇ）

Ｆｉｇ．８ Ｃｈａｎｇｅ　ｏｆ　ｏｐｔｉｃａｌ　ｐｒｏｐｅｒｔｉｅｓ　ｏｆ　ａｅｒｏｓｏｌ　ｐａｒｔｉｃｌｅ　ｇｒｏｕｐｓ　ｗｉｔｈ　ｒｅｌａｔｉｖｅ　ｈｕｍｉｄｉｔｙ（ωａｎｄ　ｇ）

模型的优势在于模拟了外壳的透镜效应，因此显著

增强了核心物质对粒子光学性质的影响，但是这种

模型的几何结构过于理想化，对粒子光学性质的计

算 结 果 缺 乏 普 遍 性。Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模 型 和

Ｂｒｕｇｇｅｍａｎ模型 考 虑 了 各 部 分 物 质 在 混 合 粒 子 中

位置的随机 分 布，对 于Ｃｏｒｅ－ｓｈｅｌｌ模 型 中 粒 子 几 何

结构过于理想化的问题有一定改善，但是这两种混

合模型在计算过程中将混合粒子转化为等效均质球

体，因此与实际情况还有一定差距。通过内混合模

型的比较发现 Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ模型和Ｂｒｕｇｇｅｍａｎ
模型得到的等效复折射指数差异往往非常小，粒子

群的光学性质也基本一致，因此在气溶胶光学性质

的计算中只需要假设两者中的一种。

讨论中涉及的内混合模型可以处理的物质种类

较少，而且仅限于球形粒子，是比较基础且通用的模

型，虽然不能完全真实客观地演算内混合气溶胶的

光学性质，但是在现有的观测和理论设计能力下，也
不失为计算混合粒子气溶胶光学性质的实用方法，

比单纯假定的外混合方式更接近实际情况。希望在

将来能借助更多的观测结果，在以下方面完善内混

合气溶胶性质的研究：引入诸如多物质构成、多分层

结构的复杂 模 型；使 用 多 种 等 效 介 质 原 理，并 引 入

ＤＤＡ算法以求解混合气溶胶粒子簇的光学性质；利
用Ｔ矩阵方 法 尝 试 将 粒 子 外 形 的 不 对 称 性 引 入 内

混合气溶胶光学性质的演算中。

４　结　　论
引入相对湿度和体积混合比两种影响因子，讨

论了四种混合模型对黑碳－硫酸盐及黑碳－有机碳混

合气溶胶光学性质的影响，得到以下结论。
对于同一种混合模型，气溶胶粒子群的质量吸

收、散射和消光系数与非吸收性成分的体积比呈负

相关性，单次散射反照率与其呈正相关性；相对湿度

的增长对于粒子的质量吸收系数降低明显，并会大

幅提高粒子的单次散射反照率。不同混合方式能显

著影响气溶胶粒子群的光学性质：相对于外混合，内
混合模型使粒 子 群 的 质 量 吸 收 系 数 增 强 了２０％以

上，同时使质 量 散 射 系 数 降 低 了１０％～１５％，并 显

著增强粒子群的质量消光系数；内混合模型对于单

次散射反照率的减弱效果最为明显，尤其在黑碳体

积小于３０％和相对湿度高于７０％的情况下，内混合

模型使粒子群的单次散射反照率降低了２０％以上；
三 种 内 混 合 模 型 中，Ｍａｘｗｅｌｌ－Ｇａｒｎｅｔｔ 模 型 与

Ｂｒｕｇｇｅｍａｎ模 型 之 间 的 差 异 很 小，但 是 这 两 者 与

Ｃｏｒｅ－ｓｈｅｌｌ模型 在 质 量 散 射 系 数 上 存 在 较 大 的 差

异，当混合粒子各部分的体积分数相近时这一差异

最明显。体积混合比和相对湿度的变化会对不同模

型粒子群间质量散射系数的相对差异造成显著的影
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响，此外相对湿 度 大 于９０％是 一 个 特 殊 的 区 间，在

这个区间内粒子群的质量散射系数和质量消光系数

会出现指数形式的降低。
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Abstract  Validated satellite-derived sea surface tem-
peratures (SSTs) are widely used for climate monitoring 
and ocean data assimilation systems. In this study, the 
Fengyun-3A (FY-3A) SST experimental product is evalu-
ated using Advanced Very High Resolution Radiometer 
(AVHRR)-merged and in situ SSTs. A comparison of 
AVHRR-merged SSTs reveals a negative bias of more 
than 2 K in FY-3A SSTs in most of the tropical Pacific 
and low-latitude Indian and Atlantic Oceans. The error 
variance of FY-3A SSTs is estimated using three-way er-
ror analysis. FY-3A SSTs show regional error variance in 
global oceans with a maximum error variance of 2.2 K in 
the Pacific Ocean. In addition, a significant seasonal 
variation of error variance is present in FY-3A SSTs, 
which indicates that the quality of FY-3A SST could be 
improved by adjusting the parameters in the SST retrieval 
algorithm and by applying regional and seasonal algo-
rithms, particularly in key areas such as the tropical Pa-
cific Ocean. An objective analysis method is used to 
merge FY-3A SSTs with the drifter buoy data. The errors 
of FY-3A SSTs are decreased to –0.45K comparing with 
SST observations from GTSPP. 

 Keywords: FY-3A SST, satellite SST evaluation, 
AVHRR-merged SST, error analysis 
Citation: Zhou, W., Y.-J. Cheng, S.-J. Wang, et al., 2013: 
Evaluation and preprocess of Chinese Fengyun-3A sea 
surface temperature experimental product for data as-
similation, Atmos. Oceanic Sci. Lett., 6, 128–132. 

1  Introduction  
Sea surface temperature (SST) is an important indica-

tor of climate variability. SST variation in the tropical 
Pacific Ocean is one of the most important indices of El 
Niño-Southern Oscillation (ENSO), which strongly af-
fects the Asian monsoon and global climate change 
(Kawai and Kawamura, 1997). Therefore, global SST 
observations with high accuracy and fine resolution are 
necessary in climate research (Donlon et al., 2002). Satel-
lite observations of the ocean that provide global coverage 
and high-accuracy measurements of SST have become the 
primary tool for studying SST variability.  

Satellite-derived SST products are available in two 
types, infrared and microwave sensors, according to the 
sensors equipped on the satellites. Infrared sensors, which 
include the Advanced Very High Resolution Radiometer  
               
Corresponding author: ZHOU Wei, zhouwei@cma.gov.cn 

(AVHRR), are affected by clouds and volcanic aerosols in 
the atmosphere (Guan and Kawamura, 2003; Reynolds, 
1993). Microwave sensors are unaffected by these factors 
but are influenced by others such as wind speed and rain 
rate (Qiu et al., 2009; Reynolds, 1993). Chinese Fengyun- 
3A (FY-3A), a second-generation polar-orbiting satellite 
launched in May 2008 (Zou et al., 2011), provides both 
types of satellite-derived SST products with 11 in-
struments including the Visible and Infrared Radiometer 
(VIRR) and MicroWave Temperature Sounder (MWTS).   

As the amount of FY-3A SST experimental products 
increase, it becomes increasingly important to employ 
them in climate research and ocean data assimilation sys-
tems (Tang et al., 2004; Zheng et al., 2006, Zheng and 
Zhu, 2010). However, it is necessary to validate the accu-
racy of satellite-derived SSTs in the FY-3A product before 
assimilated into the ocean model. Currently, the number 
of available in situ ocean observations is increaseing, 
which also increases the reliability of satellite SST valida-
tion results. In this study, we evaluate the first distributed 
FY-3A SST experimental product with in situ observa-
tions to detect errors and provide insight to improve the 
quality of the final product prior to its public release. In 
addition, an objective analysis method is used to merge 
the FY-3A SSTs and in situ observations.  

2  Description of SST datasets 
2.1  FY-3A SST 

The evaluated FY-3A SSTs include VIRR SST pro-
ducts. VIRR contains two infrared channels in wavelength 
ranges of 10.3–11.3 μm (channel 4) and 11.5–12.5 μm 
(channel 5). The multichannel sea surface temperature 
(MCSST) algorithm was used to retrieve SSTs with accu-
racy of 1.0–1.5 K (Dong et al., 2009). The FY-3A SST 
measurements are based on radiance measurements from 
a VIRR sensor onboard the FY-3A polar orbiting satellite. 
These radiances were collected by FY-3A ground stations 
and were post-processed to produce MCSST estimates. A 
detailed description of the methodology for producing 
MCSST observations is given by McClain et al. (1985). 
The FY-3A data are supplied as an averaged clear-sky 
radiance product with a spatial resolution of 1.1 km. The 
daily averaged product was stored as an Hierarchical Data 
Format 5 (HDF5) data type and was used to decrease the 
match-up time window of the five-day, 10-day, and mon-
thly averaged products. 
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2.2  AVHRR merged product 

We used the AVHRR merged product (ftp://eclipse. 
ncdc.noaa.gov/pub/OI-daily/) created through optimal in-
terpolation (OI) to investigate the spatial distribution of 
bias in the FY-3A product. The spatial grid resolution was 
0.25°, and the temporal resolution was one-day (Reynolds 
et al., 2007). Two available products are based on the 
merging of in situ observations of different satellite prod-
ucts to adjust satellite biases. One employs satellite infra-
red data from AVHRR, and the other uses both AVHRR 
and satellite microwave data from the Advanced Micro-
wave Scanning Radiometer (AMSR). In this study, we 
used the AVHRR-only product to compare with FY-3A 
SSTs, which is provided from January 1985 to the present. 
Further details can be found in Reynolds et al. (2007). 

2.3  The Global Temperature and Salinity Profile 
Program (GTSPP) 

GTSPP is an international operational activity designed 
to provide timely access to the highest quality, highest 
resolution temperature and salinity profile data available 
(http://www.nodc.noaa.gov/GTSPP/). The primary goal of 
the GTSPP is to conduct global measurements of ocean 
temperature and salinity and to offer quick and easy ac- 
cess to the results. The GTSPP handles all temperature 
and salinity profile data, which include observations by 
using water samplers and continuous profiling instru- 
ments such as Argo floats and other devices to measure 
conductivity, temperature, and depth (CTDs) (Chu, 2011). 
Including the Argo floats data, the yearly number of tem- 
perature and salinity profiles was approximately 1.7 mil- 
lion in 2009. Quality control of the GTSPP data is divided 
into real-time and delayed-time modes and is handled by 
various offices (Sun et al., 2009). We downloaded real- 
time GTSPP data from the Internet to obtain further qual-
ity control and more reliable in situ SSTs.  

3  Validation methods and results 
3.1  Comparisons of FY-3A and AVHRR SSTs 

To examine simple quality control for the FY-3A SSTs 
data, we calculated the area-mean (MEANa) and standard 
deviation (STDa) of available satellite derived SSTs in 
each area of 0.25°×0.25°. When an absolute value of 
(SST-MEANa) was greater than twice the STDa, the SST 
observation was discarded. The selected FY-3A SSTs 
were then interpolated linearly onto AVHRR grids with 
spatial resolution of 0.25° to reduce high resolution of the 
FY-3A SST product. 

Availability of FY-3A SSTs was defined as the ratio of 
the number of available FY-3A SSTs to the total number 
of ocean grid points in the AVHRR grids (Qiu et al., 
2009). The monthly mean SST availabilities of FY-3A 
SSTs were in the range of 24.1%–29.3% with an annual 
mean value of 26.5% (not shown). The daily availability 
of FY-3A SSTs changed significantly during February 
2012, which may have been caused by the process      
of cloud detection. The distributions of annual mean  
AVHRR-merged SSTs and FY-3A SSTs, shown in Figs. 

1a and 1b respectively, indicate that the FY-3A SSTs were 
cooler than AVHRR-merged SSTs. The difference be-
tween these two satellite products was investigated by 
subtracting AVHRR-merged SSTs from FY-3A SSTs (Fig. 
1c). A cool bias of more than 2 K was present in most of 
the tropical Pacific and low-latitude Indian and Atlantic 
Oceans in the FY-3A SSTs. However, a 2 K warm bias 
was present in the Arctic waters. The difference in these 
two products was relatively smaller in middle-latitude 
oceans. Thus, the SST retrieval algorithm could be im-
proved by using an area-dependent algorithm in the fu-
ture.  

3.2  Comparisons of satellite-derived and in situ SSTs 

In situ SST observations are used to assess the accuracy 
of FY-3A and AVHRR-merged SSTs and to confirm ac-
tual cool/warm bias in FY-3A. The in situ SST observa- 
tions were obtained from GTSPP. A matchup database 
among FY-3A, AVHRR-merged, and in situ observed 
SSTs containing collocated observations was produced. 
We averaged the SST observations from GTSPP within 
each AVHRR grid (0.25°×0.25°) for daytime (7:00–19:00 

 

 
 

Figure 1  Annual mean (a) AVHRR-merged SSTs, (b) FY-3A SSTs, 
and (c) difference between AVHRR-merged and FY-3A SSTs during the 
period of 1 April 2011 to 1 April 2012. 
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LT) to correlate with FY-3A and AVHRR-merged SSTs, 
which is similar to the method used by Qiu et al. (2009).  

The relationship between the satellite-derived and in 
situ SSTs is shown in Fig. 2. FY-3A SSTs had a negative 
bias in the range of approximately 25–31 K and both 
negative and positive bias in the range of approximately 
15–22 K. The range of approximately 0–5 K was observ-
ed more in AVHRR-merged SSTs than that in FY-3A 
SSTs. Mean bias±STD of FY-3A and AVHRR-merged 
SST was –2.77±1.65 K and –0.01±0.47 K, respectively. 
The bias and STD of AVHRR-merged SST were smaller 
than those of FY-3A. The monthly variation of biases 
between the satellite-derived SSTs and in situ observa-
tions is shown in Fig. 3. The bias of FY-3A SSTs was 
negative at approximately –3 K and did not exhibit obvi-
ous seasonal variations. In contrast, AVHRR-merged 
SSTs showed a small positive bias from March to April 
2012 and a smaller negative bias in other months. Al-
though FY-3A SSTs were not merged in the in situ obser-
vations as AVHRR SSTs, the error in FY-3A SSTs is sig-
nificantly large; thus, the algorithm of FY-3A SSTs should 
be improved in the future. 

3.3  Error analysis 

It is important to understand of the error characteristics 
of FY-3A SSTs before they are used in global ocean data 
assimilation. Following (O’Carroll et al., 2008), the error 
variance in the FY-3A, AVHRR-merged, and in situ ob- 

 

 
 

Figure 2  Scatter diagrams of (a) FY-3A and GTSPP SSTs and (b) 
AVHRR and GTSPP SSTs. Black lines indicate satellite SSTs equal to 
GTSPP SSTs (units: °C). 

served SSTs can be estimated from the observation dif-
ference statistics, assuming the errors of these three ob-
servation types are unrelated. A set of simultaneous equa-
tions for estimating the error variances 2

iσ  for observa-
tion type i (where i = 1, 2, or 3) for an ensemble of collo-
cations of observation triplets: 
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where Vij is the variance of the difference between obser-
vation types i and j. Types 1, 2, and 3 denote FY-3A, 
AVHRR-merged, and in situ SSTs, respectively. Detailed 
derivation can be found in O’Carroll et al. (2008). 

To determine the regional error for these observation 
types and to develop the area-dependent algorithm for 
FY-3A SSTs, we estimated the error variance in the Pa-
cific Ocean, Indian Ocean, North Atlantic Ocean, and 
South China Sea. The estimated error variances of these 
three observation types are summarized in Table 1. Error 
variance differences were significant in specific areas for 
FY-3A SSTs, with the maximum (minimum) error vari-
ance existing in the Pacific Ocean (North Atlantic Ocean). 
The difference between maximum and minimum values 
of error variance reached up to 0.5 K, while the regional 
error variance difference in AVHRR-merged SSTs was 
smaller. The error of in situ observation was less than 0.5 
K, and the largest error existed in the South China Sea, 
which may be related to complex observing conditions 
and relatively fewer observations. In addition, the sea-
sonal variation in error variance of FY-3A SSTs was sig-
nificant, particularly in the boreal winter and autumn, 
which was also detected in AVHRR-merged SSTs. The 
regional and seasonal variations of error variance in 
FY-3A SSTs were obvious, which encourages the devel-
opment of regional and seasonal SST retrieval algorithms, 
particularly in key area such as the tropical Pacific Ocean. 

4  Merging FY-3A SSTs with drifter buoy data 
A global operational SST product with appropriate 

resolution in space and time is required in the global 
ocean data assimilation system. The quality of FY-3A 
SSTs should be improved before they can be assimilated 
 
Table 1  Seasonal and regional error variance of FY-3A, AVHRR- 
merged, and GTSPP. 

Season/area Number of 
matchups FY-3A AVHRR-

merged GTSPP

Winter 15960 1.75 0.57 0.15 

Spring 21293 1.85 0.34 0.35 

Summer 24032 2.04 0.21 0.34 

Autumn 20165 2.73 0.08 0.27 

Pacific Ocean 64736 2.23 0.21 0.31 

Indian Ocean 10387 2.08 0.24 0.29 

Atlantic Ocean 1454 1.70 0.52 0.41 

South China Sea 332 1.81 0.31 0.52 
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in the second generation of the Global Ocean Data As-
similation System of the Beijing Climate Center (BCC_ 
GODAS2.0). A relatively simple method used to decrease 
the errors of FY-3A SSTs is the merging of these tem-
peratures with drifter buoy SSTs (http://www.meds- 
sdmm.dfo-mpo.gc.ca/isdm-gdsi/index-eng.html). The sys-
tem errors are partly eliminated by calculating the differ-
ence between monthly averaged FY-3A and AVHRR- 
merged SSTs. Objective analysis is then applied to merge 
the FY-3A and drifter buoy SSTs to further decrease the 
errors, which is similar to the method introduced by Guan 
and Kawamura (2003): 

[ ( )]a b bX X y H X= − + − −Err W Err ,     (2) 
where Xa is the estimated SST; Xb is FY-3A SSTs evalu-
ated in the previous sections; Err is the system error ma-
trix determined by computing the difference between 
monthly averaged FY-3A and AVHRR-merged SSTs; y is 
the quality-controlled SST observations from drifter buoy 
data; H is the observation operator which interpolates the 
(Xb−Err) into the locations of y; and W is the weighting 
matrix. 

Considering that various SST data are available with 
irregular spatial and temporal gaps from drifter buoy data, 
the weighting matrix W is given by: 

2
,exp( / 2)i jr= −W ,               (3) 

2 2
, ,2

, 2 2
i j i j

i j
d t

r
L T

Δ
= + ,               (4) 

where di, j and Δti, j are the spatial distance and temporal 
difference between the estimation and observation data, 
respectively, and L and T are spatial and temporal correla-
tion scales, which are set to 1° and five days.   

FY-3A and drifter buoy data obtained during one year 
from April 2011 to March 2012 were merged. However, 
those from high-latitude oceans in excess of 60° were 
exempted because they offer few observations and are 
influenced by sea ice. The in situ SSTs from GTSPP were 
used to evaluate the accuracy of the merged SST products. 
Figure 4 shows the comparison of merged and buoy 
10-day mean SSTs. The errors of FY-3A were obviously 
decreased, and the biases between the FY-3A and GTSPP 
SSTs were decreased from –2.77 to –0.45 K.  

5  Conclusions  
FY-3A SST experimental product was quantitatively 

evaluated for one year from April 2011 to April 2012 in 
global oceans by using AVHRR-merged SSTs and in situ 
SST observations from the GTSPP. A comparison of 
AVHRR-merged SSTs revealed a negative bias of more 
than 2 K for FY-3A SSTs in the tropical Pacific and In-
dian Oceans and a positive bias of 2 K in the Arctic wa-
ters. Validation of the two satellite-derived SSTs by using 
in situ observations showed that the mean bias±STD of 
FY-3A and AVHRR-merged SST were –2.77±1.65 K and 
–0.01±0.47 K, respectively. The FY-3A SSTs exhibited 
regional error variance in the global oceans with a maxi- 
mum error variance of 2.2 K. The regional and seasonal 
differences between the maximum and the minimum 

 
 

Figure 3  Monthly bias and standard deviations of (a) FY-3A and (b) 
AVHRR against GTSPP SSTs during the period of 1 April 2011 to 1 
April 2012. 

 

 
 

Figure 4  Comparison of FY-3A merged and GTSPP 10-day mean 
SSTs from April 2011 to March 2012 (units: °C). 
 
value of error variance were more than 0.5 K, which in-
dicates that the quality of FY-3A SST could be improved 
by adjusting parameters in the SST retrieval algorithm 
and by applying regional and seasonal algorithms. An 
objective analysis method was used to merge FY-3A SSTs 
with the drifter buoy data. The errors of FY-3A SSTs were 
decreased to –0.45 K over SST observations from the 
GTSPP. The FY-3A SST product merged by using the 
objective analysis method is only a substitute for global 
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ocean data assimilation with an improved FY-3A SST 
product, including a new retrieval algorithm, which will 
be released in the near future. 
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基于三层嵌套网格的珠江口冬季 
盐度层化的数值模拟* 

周  巍1  王东晓2  俎婷婷2 ①  李海洋2, 3  肖贤俊1 
(1. 国家气候中心  中国气象局气候研究开放实验室  北京  100081; 2. 中国科学院南海海洋研究所  

 热带海洋环境国家重点实验室  广州  510301; 3. 广州市南沙区气象局  广州  511458) 

提要    运用三层嵌套网格的 ROMS 模式较好地模拟了 2009 年冬季珠江口的主要水动力过程和盐
度分布。结果表明, 珠江口盐度层化具有明显的潮周期变化特征, 涨潮时表底层盐度差较小, 层化较
弱; 落潮时层化较强。利用势能异常变化平衡方程分析影响层化的贡献项, 结果表明势能异常的平
流项和应变项是影响珠江口势能异常变化的主要因素。 
关键词    ROMS 模式; 盐度层化; 势能异常; 珠江口 
中图分类号    P731 

近几十年来, 由于人口增长及经济发展, 大量陆
源污染物和营养盐排入珠江口, 导致水质恶化, 给珠
江河口及其沿岸地区的水域带来前所未有的污染。此

外由于冬季径流量小, 潮汐混合作用增强, 盐水入侵
的问题很严重, 这直接影响 1500 多万人的供水安全
以及工农业生产。对于盐水入侵和污染物扩散问题的

治理, 需要对其物理机制进行深入地分析。层化的强
度直接影响进入河口的海水体积(Dyer, 1997; Chen et 
al, 2009), 因而探讨影响珠江口水体层化的物理机制
有利于掌握珠江口盐水入侵过程。 

经典的河口层化理论阐述的是由经向盐度梯度

产生的重力环流与潮汐混合之间的竞争关系(Hansen 
et al, 1965)。其中 Pritchard(1952)按河口的分层特点
和盐度的分布状况将河口类型划分为盐水楔河口、部

分混合河口和强混合河口。Hansen等(1966)使用两个
无量纲参数描述河口 : 分层参数 δS/S0 和环流参数

Us/Ut0, 其中 δS 表示表底层盐度差, S0表示断面平均

盐度, Us是表层流速, Ut0是垂向平均流速, 并据此提
出了分层-环流河口分类图。随着观测手段的提高和
数值模式的发展 , 近年来学者们越来越重视潮汐剪

切对盐度层化影响的研究(Jay et al, 1990; Lacy et al, 
2003; Sanay et al, 2007)。Simpson等(1990)观测到涨
潮时水体混合良好, 而退潮时水体层化增强, 他将这
种现象称作“应变导致的周期性层化”, 并首次提出潮
汐应变的概念。Nepf 等(1996)在 Hudson 河口观测到
潮汐应变在退潮时维持层化 , 而在涨潮时促进底边
界层附近的均匀混合 , 靠近河床最强和最弱的层化
通常发生在退潮和涨潮的末尾。Stacey 等(2001)发现
潮汐混合和层化在一个潮周期内存在涨-落潮不对称, 
表现在涨潮时底边界层剪切使河口环流减小 , 层化
减弱; 退潮时, 底边界层剪切使河口环流增强, 层化
增强。Stacey 等(2005)指出潮汐应变只发生在底边界
层。Geyer等(2000)在 Hudson河口发现涨潮时的涡动
粘性系数是落潮时的两倍。Li等(2009)探讨了层化在
涨-落潮过程和大、小潮周期内的变化, 并指出盐度、
速度和垂向扩散系数的垂向剖面在涨潮和落潮期间

有明显的差异 , 涨潮比落潮时的垂向混合更强。 
Cudaback 等(2000)发现退潮时底边界层的垂向剪切
增强, 而涨潮时垂向剪切减弱。退潮时由于较强的剪
切不稳定使得密跃层的厚度变厚, 而涨潮时变薄。 
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目前珠江口盐度层化的研究主要集中在对观测

资料的分析, 如应秩甫(1983)利用 1978—1979年现场
实测资料, 以混合指数、分层系数、淡水分值及分层
-环流图和盐度的横向分布等来表征珠江口伶仃洋咸
淡水混合特征 , 发现伶仃洋是一个垂直缓混合的河
口, 但有横向盐度的梯度, 其东西航道各测点在洪季
一般分层较好, 枯季为缓混合型。赵焕庭(1990)也探
讨了珠江河口湾的咸淡水混合特征 , 他指出珠江口
汛期表层盐度等值线呈 NE—SW 走向, 枯季盐度等
值线中间略弯曲, 呈“S”形。枯季, 东槽属于缓混合型, 
西槽属于强混合型。汛期, 东潮呈高度成层型, 西槽
呈缓混合型。包芸等(2005)根据 1999年 7月实测资料
首次发现珠江口伶仃洋盐度高度分层的现象 , 并运
用三维斜压模型模拟出伶仃洋盐度高度层化现象的

整体分布。然而目前对珠江口盐度层化在潮周期内和

大、小潮周期内的变化的报道还较少, 因此本文基于
ROMS 模式建立了一个珠江口三维水动力模式, 模
拟珠江口冬季的盐度层化 , 并探讨影响盐度层化的
物理机制。 

1  模式介绍及设置 

ROMS模式是由 Rutgers University与 UCLA两
校共同研发而成(Haidvogel et al, 2008; Shchepetkin et 
al, 2005), 它可以模拟不同尺度的运动, 如全球尺度
的环流模拟、中尺度涡旋和河口环流等(Barth et al, 
2007; Gan et al, 2009; Han et al, 2009; Warner, 2005; 
Warner et al, 2005)。湍流闭合模型可选用 Mellor and 
Yamada 2.5 阶、 the Generic Length Scale (GLS) 
parameterization、K-profile scheme 等(Warner et al, 
2005), 用来计算流场中无法直接进行求解的运动过
程。该模式成功地加入了多个生态模块如 NPZD、
NEMURO 等, 并已在多个海域的生态模拟中得到应
用(Fennel et al, 2006; Powell et al, 2006)。 
1.1  模式的建立及设置 

为考虑珠江河口与南海北部的水体交换 , 尤其
是南海北部遥强迫对珠江河口水动力的影响 , 本文
在南海-珠江口海域建立一套三层嵌套网格模式, 最
外层包括整个南海, 中间层包括南海北部, 最里层是
珠江河口。 
1.1.1  南海区域模式的设置    南海模式的网格范
围为 95°—133.5°E、0°—30°N, 包含整个南海以及西
太平洋的一部分(图 1), 模式网格和设置是在本课题
组之前的 POM模式工作基础上建立起来的(Shu et al, 

2009)。模式的西边界和北边界在岸界上, 从而减少了
开边界的个数 , 避免了由人为界定开边界而产生的
误差。模式南边界选在加里曼丹海峡, 这是因为该海
峡深度较浅, 且经过该海峡的流基本上平行于海峡, 
边界处的流场几乎与边界垂直 , 可以减少边界附近
切向速度模拟的误差。东边界延伸至西太平洋, 以确
保东边界的流量包含较准确的北赤道流信息 , 并在
吕宋海峡附近对网格进行加密 , 以更好地模拟出黑
潮。模式网格为正交曲线网格, 格点数为 250×150, 
水平网格平均的空间分辨率为 15km, 垂向使用 30层, 
theta-s设为 7.0、theta-b设为 0.1, 分别对表层和底层
加密。模式水深采用 National Geophysical Date Center 
(NGDC)提供的 Etopo5 地形数据, 通过线性插值法插
值到模式网格点上, 并对水深进行平滑, 以减小陡峭
地形引起的压强梯度误差, 模式最小水深设为 10m, 
最大为 5500m。 

 

 
 

图 1  三层嵌套网格覆盖的范围 
Fig.1  The domains of 3-level nested-grid models 

注: 最外层为南海模式网格的范围(灰色), 中层为南海北部模
式网格的范围(红色), 里层为珠江口模式网格的范围(蓝色区域) 

 

1.1.2  南海北部区域模式的设置    此模式的区域
为 116°E—121°E, 15°N—25°N, 模式格点数为 436× 
116, 平均分辨率为 5km, 垂向分 30 层。拉伸系数
theta_s设为 2.5, theta_b设为 0.4, 最小水深为 5m, 最
大水深为 1028m。模式的初始场和开边界条件的值由
南海模式提供 , 模式的设置方法与南海模式设置基
本相同, 除了加入珠江河口的淡水通量, 并由多年平
均的月流量赋值。 
1.1.3  珠江口模式的设置    模式区域为 112.6°E— 
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115.5°E、21.1°N —23.1°N。水平网格使用正交曲线
网格, 网格数为 356×384, 在河道内的分辨率大约为
0.1km, 河口外大约为 3km。垂向分 20 层, 拉伸系数
theta_s设为 5, theta_b设为 0.4, 使表底层同时得到加
密。网格中珠江河道的水深由 90 年代航道水深数据
插值得到, 这个航道数据集包含 1532 个横向断面的
水深数据。在伶仃洋和邻近海域, 水深数据通过融合
ETOPO2和数字化海图水深数据给定。模式初始场和
开边界条件设置与南海北部模式设置基本相同 , 不
同的是该模式在开边界加入了潮汐强迫, M2、S2、K1、

O1、P1、Q1、K2、N2八个分潮的调和常数来自于 OTIS 
(http://volkov.oce.orst.edu/tides/)。模拟时间为 2009年
1—2 月, 风场数据采用南沙气象站 2009 年每小时的
观测数据(图 2)。上游河流边界的流量由石角、高要、
博罗根据八大口门的分流比推算得出(图 2), 各分流 

 

 
 

图 2  2009年 1—2月(a)珠江总径流量(103m3/s)、(b)东西
方向的风应力(Pa)、(c)南北方向的风应力(Pa) 

Fig.2  Time series of (a) daily river discharge (103m3/s), (b) 
low-pass filtered east-west wind stress (Pa), (c) low-pass filtered 
north-south wind stress (Pa) during 2-month simulation period 

of 2009 

比的大小参见 Zhou等(2012)。湍流闭合方案采用 GLS
方案(Warner et al, 2005)。 
1.2  模式结果验证 

本文选取 2009年 2月多个站点(图 3)同步观测的
水位、流速、盐度数据来验证珠江口模式的可靠性。

为量化模拟结果与观测结果的吻合程度 , 本文采用
Warner(2005)定义的指标 MS, 其中 

( )
2

model obs
2

model obs obs obs

1
X X

MS
X X X X

−
= −

− + −

∑
∑

    (1) 

式中, Xmodel和 Xobs分别表示模拟值和观测值。该指标

也被用于衡量 ROMS在 Chesapeake湾和 Columbia河
口模拟结果的好坏(Li et al, 2005; Liu et al, 2009)。 

 

 
 

图 3  观测站位和模式分析断面的位置图 
Fig.3  Locations of the observation stations and transects for 

model result analysis. 
注: 红色实心点表示验潮站, 五角星表示流速和盐度观测站, 
黑色虚线表示模式分析断面位置。断面上 A、B、C三点分别

位于河口西滩、中槽和东滩 
 
本文将模拟的起始时刻 2009年 12月 1日 0点作

为第 0 天, 标记为 Day 0, 而 2009 年 2月 28 日 0 点
即第 59 日作为模拟的终止时刻, 标记为 Day 59, 其
他时刻的标记以此类推。图 4比较了 Day 40—48赤
湾、大万山和珠海三个站点每小时的模拟水位与观测

水位。结果表明, 水位的模拟结果在空间和时间变化
上与观测结果能很好地吻合, 且 MS值均高于 0.95。
图 5比较了 E01—E07七个站点模拟的经向流速与其 
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图 4  (a)赤湾、(b)大万山、(c)珠海观测(黑点)和模拟(红线)的水位(m) 
Fig.4  Time series of observed (black point) and modeled (red line) tidal surface elevations (m) at (a) Chiwan,  

(b) Dawanshan, (c) Zhuhai 
 

 
 

图 5  E01—E07站观测(黑点)与模拟(红线)的表层(左边)和底层(右边)流速(m/s) 
Fig.5  Time series of observed (black point) and modeled (red line) surface (left panel) and bottom (right panel) north-south velocity at 

seven stations (E01—E07) (m/s) 
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观测值, 比较时间分为两段, 分别是 2 月 16 日—18
日(小潮期间)、2月 24日—26日(大潮期间)。模拟流
速的 MS值都大于 0.85, 模拟结果能较好地再现观测
时的流速变化情况。盐度的观测时间和位置与流速相

同, 观测频率都为 1 小时, 比较结果表明盐度的模拟

精度小于水位和流速(图 6), 但除了 E01和 E07外, 大
部分站点盐度的 MS值都在 0.8以上。 

以上分析表明, 模型模拟的水位、流速和盐度误
差均在允许范围之内 , 能较好地反映珠江口的主要
水动力过程和盐度分布。 

 

 
 

图 6  E01—E07站观测(黑点)与模拟(红线)的表层(左边)和底层(右边)盐度 
Fig.6  Time series of observed (black point) and modeled (red line) surface (left panel) and bottom (right panel) salinity at seven sta-

tions (E01—E07) 
 

2  模式结果 

为探讨潮汐混合对珠江口盐度层化影响 , 本文
在下面的模拟试验中将径流量设为常数 4000m3/s,风
应力设为 0, 其他设置与前面验证过的模式设置相同。 

2.1  涨-落潮不对称 
本文选取图 3中横向断面 L2上的三个点(A、B、

C) , 分析涨、落潮时段的盐度、流速及垂向扩散系数
的变化。这三个点分别位于西部浅滩、中部深槽和东

部浅滩处, 水深分别为 4.96m、10.47m、4.62m。本文
首先分析大潮期间的涨、落潮不对称。 

从图 7可以看出, A和 B两点涨潮的底边界层厚
度比落潮时要厚 , 而且落潮时底边界层的盐度略大
于涨潮时, 这与 Li等(2009)的结果比较吻合。比较 A
和 B的盐度分布发现, 水深较大的地方, 落潮时的层
化也相对较强。C点位于东滩, 盐度明显高于位于西 

滩的 A点, 尽管这两个站点的水深相差很小, 但盐度
的变化却有很大的差异, C点涨潮时底边界层厚度小
于落潮时, 而盐度却高于落潮时。C点的流速剖面显
示在涨潮时出现次表层最大值。由于河口外的海表坡

度与陡峭的等盐度线共同作用产生亚潮压强 , 该压
强在近表层指向海, 在近底层指向岸, 落潮时增加上
层水体的流速以及减小下层水体的流速 , 使得落潮
时的流速从底部到表层呈线性增加。 

本文在 ROMS模式中采用 GLS混合方案计算垂
向湍粘性系数和扩散系数 , 并且将背景粘性系数和
扩散系数都设置为 5×10−6。如图 7所示, A和 B两点
涨潮时最大的湍扩散系数约为落潮时的两倍 , 这与
Geyer 等(2000)在 Hudson 河口的观测及 Li 等(2009)
的模拟结果非常吻合。但东滩站点C的情况恰好相反, 
具体原因还有待进一步分析。 

图 8显示了 L2断面的三个固定点不同水深处的 
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图 7  大潮期间 A、B、C站点的盐度、流速、湍扩散系数的垂向分布图 
Fig.7  The vertical profiles of salinity, current and eddy diffusivity at the peak flood (red lines) and peak ebb (blue lines) during spring 

tide at stations A, B and C 
注: a为大潮期间, 站点 B正压流速(m/s)的时间变化。b、c、d为站点 A, e、f、g为站点 B, h、i、j为站点 C的盐度、流速、湍扩散系

数的垂向分布。红色表示涨急, 蓝色表示落急 

 
流速、盐度和扩散系数在 5天观测期内变化。经向流
有明显的涨、落潮变化特征, 大部分涨潮流呈现次表
层最大值, 而落潮流在表层达到最大值。涨潮时, 水
深较大的地方流速也相对较大; 西滩的涨、落潮流速
均大于东滩。垂向盐度分布有明显的潮周期变化。落

潮时, 上游低盐水使表层水偏淡; 涨潮时, 陆架高盐
水的侵入, 经垂向混合作用致使底层水的盐度较高。
湍扩散系数的涨、落潮不对称体现在强混合区在涨潮

时比落潮时更靠近表层 , 即涨潮时混合强而落潮时
混合相对较弱。 涨潮时正压梯度力与底部向岸的斜
压梯度力的共同作用使底边界层附近产生较强的流

速剪切和底应力 , 而在落潮时正压梯度力与斜压梯
度力之间的竞争减弱了近底层的流速剪切和底应力。

深槽的底应力大于东滩和西滩 , 而西滩又略大于东
滩。以上分析表明伶仃洋的盐度、流速和底应力存在

涨、落潮不对称现象, 且具有明显的横向不对称。 

2.2  空间变化 
由于同一时刻的潮流的大小和相位在不同地点

不同, 为探讨涨、落潮不对称现象在空间上的变化, 
本文选取了一条横向断面和一条纵向断面分析盐度

和湍扩散系数的空间变化。珠江口长度和宽度都较大, 
其盐度呈现出明显的纵向和横向变化。为清楚地显示

纵向断面所有点所处的相位, 本文在图 9显示某一时
刻 L1 断面所有点的正压流速, 并选取了涨急和落急
两个不同时刻进行对比, 对应时刻分别为 Day 38.50
和 38.76。 

如图 9a所示, 在 Day 38.76时, L1断面上的点正
处于退潮期, 比较图 9c 和图 9d 可以发现, 涨潮时潮
汐混合大部分发生在靠近河床混合良好的底边界层, 
而退潮时潮汐混合可发生在层化区 , 这与 Nepf 等
(1996)的观测结果相吻合。瞬时湍扩散系数与潮周期
平均的湍扩散系数在底边界层相差不大 , 但在近表 

576



3期 周  巍等: 基于三层嵌套网格的珠江口冬季盐度层化的数值模拟 551 

 
 

图 8  大潮期间, 站点 A、B、C的流速(m/s)、盐度、湍扩散系数的对数的时间和垂向变化以及底应力(Pa)的时间变化 
Fig.8  Time-dependent vertical distributions of current (m/s), salinity and logarithm of eddy diffusivity and time series of bed stress  

(Pa) for station A, B and C during spring tide 

 
层却有明显的不同 , 表现在退潮时刻平均的湍扩散
系数在表层较强, 尤其是水深较浅区域, 而涨潮时近
表层的垂向混合较弱(图 9)。 

瞬时盐度与潮周期平均盐度之差可以反映涨、落

潮周期内盐度分布的变化(图略)。涨潮时, 陆架高盐
水进入河口, L1断面 22.2°N以北的区域, 盐度正异常, 
最大可达到 6psu; 相比而言, 退潮时冲淡水往下冲刷, 
使得河口上游的负异常达到 2。而 22°N 以南由于涨
潮或退潮时潮流都较弱, 盐度的变化很小。 

本文在 22.38°N 选取了一条横向断面(L2)探讨
盐度的侧向变化。 如图 10所示, (a)、(b)分别为退急
和涨急时断面 L2 上所有点的南北向正压流, 在退急
时, L2上所有点都处于退潮期, 在 113.75°E附近的深
槽层化较强, 强混合(梯度 Ri<0.25)都局限在底边界
层; 而在东、西两侧的浅滩区, 强混合能延伸到近表
层。在涨急时, 潮流减小层化并增加底部混合层的厚
度。113.75°E附近的深槽盐度层化减弱, 在东西两侧

的浅滩区强混合局限在底边界层。这与之前固定站点

的分析结果相吻合。此外, 不管是涨急还是退急, 盐
度最大值都位于横向断面的中心点附近 , 湍扩散系
数在退潮时大于涨潮时 , 尤其是在西部浅滩的近  
表层。 

退潮时 , 西滩表层的盐度比潮周期平均的盐度
要高 5左右(图 11), 中槽表层的盐度比潮周期平均的
盐度要低 5, 而东滩的盐度变化相对较小。涨潮时, 情
况正好相反, 西滩表层盐度比平均盐度要小 4, 深槽
表层盐度比平均盐度高 2。东滩底层盐度比平均盐度
高 2。比较图 11的平均湍扩散系数与图 10的瞬时湍
扩散系数发现 , 退潮时中槽表层的湍扩散系数小于
平均湍扩散系数; 涨潮时, 西滩表层的湍扩散系数小
于平均湍扩散系数。由于湍扩散系数越小, 表底层盐
度混合作用越弱, 从而使表层盐度相对减小, 这能较
好地解释退潮时的中槽和涨潮时的西滩表层盐度小

于平均盐度的现象。 
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图 9  L1断面大潮期间盐度(黑色等值线)和梯度 Richardson数(彩色)、南北向流速、湍扩散系数对数分布图 
Fig.9  Salinity (black line) and gradient Richardson Number (color contour), north-south velocity, and eddy diffusivity along transect 

L1 during spring tide 
注: 左边表示落潮, 右边表示涨潮时刻 

 

 
 

图 10  L2断面大潮期间盐度(黑色等值线)和梯度 Richardson数(彩色)、南北向流速、湍扩散系数对数分布图 
Fig.10  Salinity (black line) and gradient Richardson Number (color contour), north-south velocity, and eddy diffusivity along  

transect L2 during spring tide 
注: 左边表示落潮, 右边表示涨潮时刻 
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图 11  大潮期间 L2断面的平均盐度和湍扩散系数以及落潮和涨潮时刻盐度与平均盐度之差 
Fig.11  Tidally averaged salinity, logarithm of eddy diffusivity, and the salinity difference between ebb/flood and the tidal  

average along L2 transect at spring 

 
3  影响层化的源汇项 

本文将采用势能异常ϕ衡量层化的强度, Simpson
等(1990)定义势能异常的计算公式如下:  

1 ( )
H

gz dz
D

η
ϕ ρ ρ

−
= −∫           (2) 

ϕ在物理上表示将一定密度层化的水体瞬间混合
均匀所需要的能量, z 表示垂向坐标(底部为-H, 海表
面为 η), D表示水柱的深度(D = H + η), g表示重力加
速度, ρ表示水体密度, ρ 表示垂向平均的密度。φ等
于 0 表示完全混合, 大于 0 表示稳定层结, 小于 0 表
示不稳定层结。 

Burchard 等(2008)推导了势能异常变化方程, 其
方程式为:  
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其中, 公式(3)中的 A、B、C、D、E、F、G、H分别
表示势能异常的平流、垂向平均应变、非垂向平均应

变、垂向对流、垂向混合、海表和海底的浮力通量、

内部源或汇和水平湍流输运的辐散 , 其它变量的含
义详见(Burchard et al, 2008)。 

河口的层化主要受潮汐应变和混合之间的竞争

机制控制(Simpson et al, 1990)。本文将根据 Burchard
等(2008)推导的势能异常变化方程, 分析影响层化的
贡献项。根据势能异常的定义 , φt 为正 , 表示层化   
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增强。 
通过分析西滩和中槽两个站点的势能异常变化

项与方程(10)中的源汇项之间的关系, 发现在小潮期
(图 12), 西滩势能异常变化具有明显的涨、落潮变化
特征: 在涨潮时, 势能异常减小, 层化减弱; 落潮时, 
势能异常增加, 层化增强。比较图 12(a)与(b)发现势
能异常的增加(减小)主要由势能异常的平流项与应变
项的增加(减小)引起。势能异常的平流项、应变项与
水平湍流输运的辐散项是影响势能异常变化的主要

因素, 涨潮时, 潮汐应变为负值, 层化作用减弱; 落
潮时, 潮汐应变为正值, 层化作用加强。 

潮汐应变的大小与势能异常的平流项具有相同

的量级, 相似的变化趋势。大潮时浅滩的势能异常变
化幅度较小潮时增加一倍(图 13), 而势能异常的平流
项、应变项与水平湍流输运变化幅度也相应地增加一

倍。中槽区(站点 B)的势能异常变化幅度较浅滩区(站
点 A)增加一倍(图略), 势能异常与潮汐应变对势能异
常变化的贡献与浅滩基本一致 , 但非垂向平均应变
项(C 项)比浅滩处的影响要大, 在小潮时其大小甚至

超过潮汐应变。值得注意的是, 大潮期深槽的非垂向
平均应变项的变化幅度小于小潮期。 

4  结论 

本文利用 ROMS 模式建立了适用于珠江口的三
维水动力模型 , 探讨珠江口盐度的潮周期变化和空
间变化特征。模型验证结果表明, 模型的计算结果误
差较小 , 能较好的反映珠江口的主要水动力过程和
盐度分布。研究结果表明:  

(1) 珠江口盐度层化具有明显的潮周期变化特
征, 涨潮时表底层盐度差较小, 层化较弱; 落潮时表
底层盐度差较大, 层化较强。垂向盐度, 流速和扩散
系数剖面显示出明显的涨、落潮不对称。 

(2) 势能异常的平流项和应变项是影响珠江口
势能异常变化的主要因素。大潮时势能异常变化幅度

较小潮时增加一倍 , 而势能异常的平流项和应变项
也相应地增加一倍。深槽区的势能异常变化幅度大于

浅滩区 , 势能异常的平流项与潮汐应变对势能异常
变化的贡献与浅滩基本一致。 

 

 
 

图 12  站点 A方程 10中的各项以及势能异常变量在小潮的时间变化 
Fig.12  Time series of potential energy anomaly variation and different terms in Equation 10 at station A during neap tide 

注: 纵坐标单位为 10−3W/m3 
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图 13  站点 A方程 10中的各项以及势能异常变量在大潮的时间变化 
Fig.13  Time series of potential energy anomaly variation and different terms in Equation 10 at station A during spring tide 

注: 纵坐标单位为 10−3W/m3 
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NUMERICAL SIMULATION OF WINTER SALINITY STRATIFICATION  
IN THE PEARL RIVER ESTUARY (PRE) BASED ON A  

TRIPLE-NESTED MODELING SYSTEM 

ZHOU Wei1,  WANG Dong-Xiao2,  ZU Ting-Ting2,  LI Hai-Yang2, 3,  XIAO Xian-Jun1 
(1. Laboratory for Climate Studies, National Climate Center, China Meteorological Administration, Beijing, 100081;  

2. State Key Laboratory of Tropical Oceanography, South China Sea Institute of Oceanology, Chinese Academy of Sciences,  
Guangzhou, 510301; 3. Weather Station of Nansha District, Guangzhou, 511458) 

Abstract    A high-resolution three-dimensional numerical model using Regional Ocean Modeling System (ROMS) was 
built up to reproduce the primary hydrodynamics and the characteristic of salinity distribution in the Pearl River estuary 
(PRE). Stratification induced by intra-tidal variation of salinity is obvious in the PRE. The salinity difference between sur-
face and bottom is small and stratification is weak during flood, and the water tends to be stratified during ebb. A dynamic 
equation for the potential energy anomaly budget was used to investigate the contributing terms to the modulation of 
stratification. The depth-mean straining and potential energy anomaly advection appear to be the major terms that affect the 
potential energy anomaly in the PRE. 
Key words    ROMS model;  salinity stratification;  potential energy anomaly;  Pearl River estuary 

582



书书书

竺夏英，陈丽娟，李想．２０１３．２０１２年冬春季高原积雪异常对亚洲夏季风的影响．气象，３９（９）：１１１１１１１８．

２０１２年冬春季高原积雪异常对

亚洲夏季风的影响
�

竺夏英　陈丽娟　李　想
国家气候中心，中国气象局气候研究开放实验室，北京１０００８１

提　要：利用罗格斯大学积雪遥感资料、ＮＣＥＰ／ＮＣＡＲ再分析格点资料和 ＮＯＡＡ陆地降水分析数据ＰＲＥＣ／Ｌ，从２０１１／

２０１２年冬春季青藏高原积雪偏多现象与亚洲夏季风的观测事实与以往研究结果不一致出发，诊断分析了２０１１／２０１２年冬春

积雪与亚洲夏季风的可能联系。结果表明：２０１２年春季和前期冬季，青藏高原主体上空对流层主要为气旋性环流距平且气温

偏低，这与积雪偏多年的环流特征一致。尤其在９０°Ｅ以西，自青藏高原到热带地区，前期冬春季对流层中部气温表现为北冷

南暖的距平特征，有利于夏季自热带印度洋到高原温度梯度偏弱，造成南亚夏季风偏弱。但是在９０°Ｅ以东的高原东部到东亚

地区及其南侧的低纬度地区，对流层温度距平为北正南负型，温度梯度偏弱，有利于亚洲东南部大气环流冬夏季节转换偏早，

南海夏季风爆发偏早，东亚夏季风偏强，这种环流特征受到高原以外的其他外强迫信息的影响。２０１１／２０１２年冬春季积雪偏

多特征可能对南亚夏季风偏弱有重要贡献，而对东亚夏季风的影响不明显。

关键词：青藏高原，积雪，温度梯度，亚洲夏季风
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Ｓｅｐｔｅｍｂｅｒ　２０１３

 国家自然科学基金项目（４１２７５０７３）、国家科技支撑计划项目（２００９ＢＡＣ５１Ｂ０５）、公益性行业（气象）科研专项（ＧＹＨＹ２０１２０６０１７）和中国

气象局短期气候预测创新团队项目共同资助

２０１２年１２月１４日收稿；　２０１３年５月８日收修定稿

第一作者：竺夏英，主要从事青藏高原与亚洲季风研究．Ｅｍａｉｌ：ｚｈｕｘｙ＠ｃｍａ．ｇｏｖ．ｃｎ
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ｗｉｎｔｅｒａｎｄｓｐｒｉｎｇ，ｆａｖｏｒａｂｌｅｆｏｒｔｈｅｅａｒｌｉｅｒｓｅａｓｏｎａｌｔｒａｎｓｉｔｉｏｎｆｒｏｍｗｉｎｔｅｒｔｏｓｕｍｍｅｒｉｎｔｈｅｓｏｕｔｈｅａｓｔｅｒｎ

Ａｓｉａ，ｔｈｅｅａｒｌｉｅｒｏｎｓｅｔｏｆｔｈｅＳｏｕｔｈＣｈｉｎａＳｅａｓｕｍｍｅｒｍｏｎｓｏｏｎ，ａｎｄａｌｓｏｔｈｅｓｔｒｏｎｇｅｒＥａｓｔＡｓｉａｎｓｕｍｍｅｒ

ｍｏｎｓｏｏｎ．ＴｈｅｙｗｅｒｅｍｏｒｅｉｎｆｌｕｅｎｃｅｄｂｙｏｔｈｅｒｆｏｒｃｉｎｇｓｔｈａｎｔｈｅＴＰ．Ｔｈｅｒｅｆｏｒｅ，ｔｈｅｆａｃｔｏｆｍｏｒｅＴＰｓｎｏｗ

ｃｏｖｅｒｆｒｏｍｗｉｎｔｅｒ２０１１ｔｏｓｐｒｉｎｇ２０１２ｐｒｏｂａｂｌｙｍａｄｅａｓｉｇｎｉｆｉｃａｎｔｃｏｎｔｒｉｂｕｔｉｏｎｔｏｔｈｅｆｏｌｌｏｗｉｎｇｗｅａｋｅｒ

ＳｏｕｔｈＡｓｉａｎｓｕｍｍｅｒｍｏｎｓｏｏｎ，ａｎｄｈａｄｌｅｓｓｉｍｐａｃｔｏｎｔｈｅＥａｓｔＡｓｉａｎｓｕｍｍｅｒｍｏｎｓｏｏｎｉｎ２０１２．

犓犲狔狑狅狉犱狊：ＴｉｂｅｔａｎＰｌａｔｅａｕ，ｓｎｏｗｃｏｖｅｒ，ｔｅｍｐｅｒａｔｕｒｅｇｒａｄｉｅｎｔ，Ａｓｉａｎｓｕｍｍｅｒｍｏｎｓｏｏｎ

引　言

积雪一方面改变了下垫面的反照率，从而改变

地表接受的太阳辐射；另一方面，积雪通过融雪改变

地表潜热和感热的分配比例。积雪的总体效应是改

变下垫面的热力状况，从而对周围大气产生影响。

早在１００多年前，Ｂｌａｎｆｏｒｄ（１８８４）和 Ｗａｌｋｅｒ（１９１０）

根据很少的资料发现喜马拉雅山积雪范围和厚度与

印度西北部的夏季雨量呈负相关。然而在２０世纪

初以后的几十年，积雪和印度季风之间的关系变得

不显著，表明青藏高原积雪与印度季风的关系具有

复杂性（Ｂａｍｚａｉｅｔａｌ，１９９９；Ｆａｓｕｌｌｏ，２００４）。我国学

者在青藏高原对亚洲气候的影响方面也进行了大量

研究（陈烈庭等，１９７９；韦志刚等，１９９３；刘晓东等，

１９９４；卢咸池等，１９９４；陈丽娟等，１９９６；张顺利等，

２００１；朱玉祥等，２００７ａ；２００７ｂ；韦志刚等，２００８），罗

勇（１９９５）、朱玉祥等（２００７ａ）分别对此进行了系统的

回顾，指出虽然青藏高原积雪影响东亚夏季风的研

究还缺乏统一的认识，但大多数研究者认为：前期冬

春季高原积雪偏多（偏少），亚洲夏季风爆发偏晚（偏

早），强度偏弱（偏强）。主要的物理机制是：高原冬

春积雪偏多，反射率增大，高原地表吸收太阳辐射减

少；积雪融化时，吸收大量热量；积雪融化后，土壤湿

度增大，与大气相互作用，以上三方面均造成高原热

源偏弱，反之亦然（董敏等，１９９７；陈乾金等，２０００；张

顺利等，２００１；Ｑｉａｎｅｔａｌ，２００３；周悦等，２０１２）。另外，

统计分析（孙林海等，２００１）和数值实验（范广洲等，

１９９７）均表明与欧亚大陆雪盖相比，亚洲季风对青藏

高原积雪异常的响应更敏感。并且高原积雪的空间

分布不同对东亚、南亚季风的影响也不一致：高原中

东部多雪可能引起东亚夏季风的减弱幅度要大于印

度夏季风的减弱（范广洲等，１９９７）。对台站观测资料

的诊断分析（Ｗｕｅｔａｌ，２００３）也表明不同的青藏高原

积雪分布型对亚洲夏季风具有不同的影响。

２０１２年春季和前期冬季，青藏高原积雪范围持

续偏大，印度夏季风偏弱，但南海夏季风爆发偏早，

东亚副热带夏季风偏强，长江流域降水偏少（王艳姣

等，２０１３），因此前期冬春季高原积雪异常与亚洲夏

季风呈现复杂关系，不能一概而论。２０１２年前期冬

春季高原积雪偏多，但ＥＮＳＯ处于弱冷位相，这两

个外强迫因子以及其他的外强迫信号对亚洲夏季风

的作用是季节气候预测需要审视的问题。Ｗｕ等

（２０１２）指出近年来夏季高原西部雪盖具有偏少的趋

势，在此背景下，ＥＮＳＯ对东亚夏季风的作用要强于

积雪。彭京备等（２００５）的研究表明积雪和海温的年

代际气候跃变与中国夏季降水的相关程度在某些地

区高于年际变化。２０１２年东亚夏季风偏强和印度

夏季风偏弱与高原积雪偏多究竟具有怎样的物理联

系？本文即从青藏高原积雪监测以及东亚夏季风／

南亚季风的监测事实与以往研究不完全一致出发，

从环流空间分布异常的角度，通过诊断分析，获得

２０１２年春季和前期冬季高原积雪和亚洲夏季风特

征的可能联系。

１　资　料

本文所用积雪资料为罗格斯大学全球雪实验室

提供的月平均积雪范围（Ｒｏｂｉｎｓｏｎｅｔａｌ，１９９３），这

是一种可见光遥感资料，虽然存在着分辨率低、受云

的干扰大等缺点（曹梅盛，１９９５），但对于某些公认异

常多（少）雪的年份，如１９８２／１９８３年和１９９７／１９９８

年冬春多雪，１９８４／１９８５年冬春少雪均有较好的体

现，加上该资料更新及时、使用方便，故在气候监测

和预测中的应用较为广泛。环流场采用 ＮＣＥＰ／

ＮＣＡＲ逐月再分析资料（Ｋａｌｎａｙｅｔａｌ，１９９６）。另

外，本文还使用了ＮＯＡＡ提供的陆地降水分析数据

（ＰＲＥＣ／Ｌ），该资料由全球超过１７０００个台站观测

最优插值得到（Ｃｈｅｎｅｔａｌ，２００２）。文中各物理量的

气候态为１９８１—２０１０年平均。
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２　２０１２年春季和前期冬季积雪及大

气环流特征

　　国家气候中心的积雪监测业务显示２０１１／２０１２

年冬季（２０１１年１２月至２０１２年２月）和２０１２年春

季（３—５月）青藏高原地区积雪指数（定义见郭艳君

等，２００４）为正距平，表明积雪较常年偏多。但是从

积雪覆盖率距平空间分布（图１）显示：冬季，青藏高

原积雪空间分布不均，异常偏多中心区域主要有两

个，一个在高原东部，另一个在高原西北部；春季，积

雪偏多范围有所减小，但高原东部正距平中心依然

存在，而高原西北部仍为大范围的积雪偏多区。以

上特征与青藏高原台站积雪日数距平分布（图略）基

本一致。这两个多雪区与气候平均状况下高原积雪

鼎盛期的多雪区（李培基，１９９６）分布较吻合，它们的

异常可能具有较强的气候效应，而高原中部积雪雪

层很薄，气候效应不明显。２０１１／２０１２年冬春季积

雪分布与钱永甫等（２００３）用ＳＶＤ分析的第一模态

积雪的空间分布比较一致，即高原东部地区为积雪

偏多／少的典型区域。下面进一步分析高原积雪异

常对环流的可能影响。

图１　（ａ）２０１１／２０１２年冬季（２０１１年１２月至２０１２年２月）和（ｂ）２０１２年春季（３—５月）

积雪覆盖率距平（单位：％）

（黑色粗实线为３０００ｍ高度）

Ｆｉｇ．１　Ｓｅａｓｏｎａｌｍｅａｎｓｎｏｗｃｏｖｅｒｅｘｔｅｎｔａｎｏｍａｌｙｆｏｒ（ａ）ｗｉｎｔｅｒ（Ｄｅｃｅｍｂｅｒ２０１１－Ｆｅｂｒｕａｒｙ２０１２）

ａｎｄ（ｂ）ｓｐｒｉｎｇ（Ｍａｒｃｈ－Ｍａｙ２０１２）（ｕｎｉｔ：％）

（Ｂｌａｃｋｓｏｌｉｄｌｉｎｅｓｔａｎｄｓｆｏｒ３０００ｍＭＳＬ）

　　张顺利等（２００１）指出冬季青藏高原多雪年，在

对流层中上层，亚洲副热带地区（１０°～２５°Ｎ）西风带

偏强，东亚和西亚分别为气旋性环流距平，热带印度

洋上空为反气旋性环流距平，少雪年冬季的情况几

乎相反。然而２０１２年前期冬季的环流场表现为：亚

洲副热带地区西风偏弱，东亚和西亚各为一个强大

的反气旋式环流距平，热带印度洋上空为气旋式环

流距平（图２ａ），与典型多雪年的环流特征相反，只

是环流异常中心位置较张顺利等（２００１）给出的多雪

年环流异常中心位置整体偏南约５个纬度。２０１２

年春季的环流异常基本延续了前期冬季的环流配置

情况（图２ｂ），表现为西亚到阿拉伯半岛为反气旋式

环流距平，东亚为反气旋式环流距平，中南半岛到孟

加拉湾为气旋式环流距平。需要指出的是，２０１２年

图２　５００ｈＰａ环流及气温（阴影，单位：Ｋ）距平

（ａ）２０１１／２０１２年冬季，（ｂ）２０１２年春季

Ｆｉｇ．２　５００ｈＰａａｎｏｍａｌｉｅｓｏｆｃｉｒｃｕｌａｔｉｏｎａｎｄｔｅｍｐｅｒａｔｕｒｅ（ｕｎｉｔ：Ｋ）

ｆｏｒ（ａ）ｗｉｎｔｅｒ２０１１／２０１２ａｎｄ（ｂ）ｓｐｒｉｎｇ２０１２
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春季在青藏高原及其以西地区为气旋式环流距平，

这与典型多雪年的环流特征比较一致。以上环流信

息表明２０１１／２０１２年冬季，亚洲区域的大尺度大气

环流场与典型的异常多雪年环流具有较大差异，

２０１２年春季，在青藏高原及其以西地区为典型多雪

年的环流特征，但是在青藏高原以东和以南的地区

为与典型多雪年相反的环流特征。

　　此外，在温度场上，典型多（少）雪年，高原及其

附近地区为负（正）距平，高原以南地区为一致的正

（负）距平（张顺利等，２００１）。从２０１１／２０１２年冬春

季５００ｈＰａ气温场来看（图２阴影部分），２０１２年春

季（图２ｂ），在９０°Ｅ以西，自青藏高原及以西地区往

南到热带印度洋，温度距平从北向南为负—正—负

的空间分布，北部的气温负异常量值明显高于其南

侧的正异常和负异常量值，即从大范围空间分布来

看，高原及其以西的大部分地区气温和其南部的气

温相比为北冷南暖的梯度分布，不利于南亚地区从

冬到夏南北温度梯度的反转。在９０°Ｅ以东，自青藏

高原东部及其以东地区３５°Ｎ往南到热带地区，气

温距平呈北正南负的空间分布，即北暖南冷，有利于

东亚地区从冬到夏的经向温度梯度反转；以上特征

在冬季更加明显。因此，２０１２年春季和前期冬季对

流层气温分布与典型积雪偏多年不同，在９０°Ｅ以

西，接近于积雪偏多年，而在９０°Ｅ以东，不同于积雪

偏多年。即２０１１／２０１２年冬春季，高原东部和西部

的局地环流和温度场分布有差异。

综上分析，从监测看，２０１２年春季和前期冬季

青藏高原积雪面积异常偏大，但相应的对流层中层

的环流和气温异常分布与典型的积雪偏多年不同。

９０°Ｅ以西，尤其是南亚的环流和气温异常分布接近

积雪偏多年的特征；９０°Ｅ以东，高原东部及东亚地

区，对流层中部气温为北正南负的距平特征，东亚为

反气旋式环流距平，中南半岛及其邻近地区为气旋

式环流距平，类似于积雪偏少年的特征。为什么高

原积雪偏多的监测事实与东亚和南亚的环流特征不

吻合呢？根据陶亦为等（２０１１）的工作，当前期冬春

季ＥＮＳＯ为强暖（强冷）事件与高原积雪显著偏多

（显著偏少）共同作用的配置下，我国东部夏季雨带

往往偏南（偏北）。而当前期冬春季 Ｎｉｎｏ３区海温

略偏暖或正常偏暖（略偏冷或正常偏冷）与积雪略偏

多或正常偏多（略偏少或正常偏少）的配置下，夏季

雨带往往具有不确定性。而２０１１／２０１２年冬春季高

原积雪偏多，但 Ｎｉｎｏ３区海温为略偏暖，因此两个

外强迫因子对亚洲夏季风和我国雨带的作用具有较

大的不确定性。陈丽娟等（２０１３）对２０１２年夏季风

偏强的成因进行了分析，认为除了东亚大气对弱Ｌａ

Ｎｉｎａ事件有一定的响应外（Ｗａｎｇｅｔａｌ，２０００），冬季

北极海冰异常偏少和南极涛动异常偏强也对东亚夏

季风偏强有较大的贡献。下面将从诊断的角度分析

２０１１／２０１２年冬春季青藏高原积雪对亚洲夏季风的

贡献，着重于对南亚季风的影响。

３　２０１１／２０１２年冬春季青藏高原积雪

异常对亚洲夏季风的可能影响

　　青藏高原抬升的地表对大气的季节性加热产生

３０°Ｎ以南经向温度梯度的逆转，激发了亚洲大尺度

环流的变化（Ｆｌｏｈｎ，１９５７）。青藏高原积雪的多寡会

造成亚洲夏季风爆发相差２０天之多（张顺利等，

２００１）。为考察高原积雪对季节变化的影响，我们分

析了对流层温度梯度的转向和高层纬向风的逐候演

变。在气候平均状况下（图３ａ），亚洲东南部５月第

３候左右首先由西风转为东风，然后向东、向西扩

展。２０１２年（图３ｂ），５月第１候在亚洲东南部出现

稳定的东风，并分别向东、西方向延伸，表明亚洲东

南部冬夏环流的转换偏早，这与该地区对流层中高

层前期冬春季温度距平为北正南负，即温度梯度偏

弱（图２）有关，有利于春末夏初温度梯度反转偏早

（图略）。南海地区（１０°～２０°Ｎ、１１０°～１２０°Ｅ）８５０

ｈＰａ平均纬向风及假相当位温逐候演变（图略）表

明：２０１２年南海夏季风于５月４候爆发，较常年平

均偏早１候（见中国气象局国家气候中心２０１２年第

５期《东亚季风监测快报》）。因此，２０１２年亚洲东南

部的季节转换偏早与低纬度地区大气环流特征具有

密切联系，而这些环流特征与典型高原积雪偏多年

不一致，即２０１１／２０１２年冬春季高原积雪偏多对东

亚春夏季的环流影响很小。

Ｗｅｂｓｔｅｒ等（２００６）研究指出在强（弱）亚洲夏季

风的前期冬季和春季，亚洲副热带地区对流层上部

西风偏弱（强）。冬春季对流层高层风场的这种变化

很可能是亚洲夏季风强、弱变化的前兆信号之一，这

种前兆信号在对流层呈正压结构，并且可能与冬春

季高原积雪、南亚大陆上的土壤水分和ＥＮＳＯ事件

有关（Ｙａｎｇｅｔａｌ，１９９６）。监测显示，２０１２年春季和

前期冬季亚洲副热带地区对流层主要为东风距平，

即西风偏弱，有利于亚洲夏季风偏强。而典型的青
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图３　沿１５°Ｎ２００ｈＰａ纬向风（单位：ｍ·ｓ－１）的逐候演变

（ａ）１９８１—２０１０年平均，（ｂ）２０１２年

Ｆｉｇ．３　Ｔｈｅｐｅｎｔａｄｖａｒｉａｔｉｏｎｏｆ２００ｈＰａｚｏｎａｌｗｉｎｄｓ（ｕｎｉｔ：ｍ·ｓ
－１）ａｌｏｎｇ１５°Ｎ

ｆｏｒ（ａ）ａｖｅｒａｇｅｆｒｏｍ１９８１ｔｏ２０１０ａｎｄ（ｂ）２０１２

藏高原积雪偏多年，高原上空气温偏低，不利于亚洲

夏季风偏强。即２０１２年高原积雪偏多对亚洲夏季

风的影响有限。以下做具体的诊断分析。

　　图４给出了２０１２年夏季平均８５０ｈＰａ环流场

及降水率距平。东亚地区，南海北部到西太平洋一

带为气旋式环流距平，３０°Ｎ以北为反气旋式环流距

平，江淮流域上空为东风距平，表明西太平洋副热带

高压偏北，对应长江流域降水偏少，华北和华南降水

偏多，这种形势与典型的积雪偏少年环流型相对应，

该环流型主要是受弱ＬａＮｉｎａ事件、北极海冰偏少、

南极涛动偏强的影响（Ｈｕａｎｇｅｔａｌ，１９８９；陈丽娟

等，２０１３）造成的。南亚地区，除了印度东北部降水

偏多外，印度大部分地区降水较常年偏少，相应的对

流层低层为反气旋环流距平，这种环流型在对流层

中部（图５ａ）变得更加清晰，尤其是在印度半岛上空

为闭合的反气旋式距平环流，即印度热低压偏弱；在

对流层高层（图５ｂ），亚洲南部地区为气旋式环流距

平，１５°Ｎ附近为西风距平，即东风偏弱，以上这些表

图４　２０１２年夏季（６—８月）８５０ｈＰａ环流场

距平和降水率距平（阴影，单位：ｍｍ·ｄ－１）

（灰色粗实线为１５００ｍ高度）

Ｆｉｇ．４　８５０ｈＰａａｎｏｍａｌｉｅｓｏｆｃｉｒｃｕｌａｔｉｏｎａｎｄ

ｐｒｅｃｉｐｉｔａｔｉｏｎｒａｔｅ（ｓｈａｄｅｄ，ｕｎｉｔ：ｍｍ·ｄ
－１）

ｆｏｒｓｕｍｍｅｒ（Ｊｕｎｅ－Ａｕｇｕｓｔ）２０１２

（Ｔｈｅａｒｅａｓｉｎｃｌｕｄｅｄｂｙｔｈｅｇｒａｙｔｈｉｃｋ

ｃｕｒｅｓａｒｅ１５００ｍＭＳＬ）

图５　２０１２年夏季流场距平

（ａ）５００ｈＰａ，（ｂ）２００ｈＰａ

Ｆｉｇ．５　Ｈｏｒｉｚｏｎｔａｌｃｉｒｃｕｌａｔｉｏｎａｎｏｍａｌｙｆｏｒｓｕｍｍｅｒ２０１２

（ａ）５００ｈＰａ，（ｂ）２００ｈＰａ
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明２０１２年南亚夏季风偏弱。在青藏高原上空，５００

ｈＰａ距平流场上（图５ａ），高原东南部为气旋式环

流，高原西部为反气旋式环流，对应高原东部降水偏

多，西部降水偏少，这与以往积雪偏多年（张顺利等，

２００１；范广洲等，１９９７）一致；２００ｈＰａ距平流场（图

５ｂ）显示高原主体为反气旋式环流距平，中心在９０°Ｅ

附近，表明青藏高压模态偏强，它与南亚夏季风环流

偏弱成反位相变化。

　　为了进一步分析高原上空环流异常与南亚夏季

风的关系，我们继续分析了沿９０°Ｅ经圈环流垂直剖

面图（图６）。在气候平均状况下（图６ａ），孟加拉湾

至高原南侧为强的上升区，在对流层高层气流向南

图６　夏季平均沿９０°Ｅ垂直环流场距平剖面图

（ａ）气候态，（ｂ）２０１２年

［阴影为扩大２００倍的垂直运动（单位：Ｐａ·ｓ－１）］

Ｆｉｇ．６　Ｈｅｉｇｈｔｌａｔｉｔｕｄｅｃｒｏｓｓｓｅｃｔｉｏｎｏｆｓｕｍｍｅｒｍｅａｎｖｅｒｔｉｃａｌｃｉｒｃｕｌａｔｉｏｎ

ａｎｏｍａｌｉｅｓａｌｏｎｇ９０°Ｅｆｏｒ（ａ）ｃｌｉｍａｔｅｍｅａｎａｎｄ（ｂ）２０１２

［Ｖｅｒｔｉｃａｌｖｅｌｏｃｉｔｉｅｓ（ｓｈａｄｅｄ，ｕｎｉｔ：Ｐａ·ｓ－１）ａｒｅｅｎｌａｒｇｅｄ２００ｔｉｍｅｓ］

运动，于１５°Ｓ以南的南印度洋下沉，这是南亚季风

环流圈。在高原北侧存在另一子经圈环流，上升支

在高原上空，下沉支在新疆、甘肃地区，使得那里干

旱少雨。２０１２年（图６ｂ），高原南侧是反向的季风经

圈环流距平，２０°Ｓ为相对较弱的上升距平，孟加拉

湾至高原南侧以下沉距平为主，表明南亚夏季风环

流偏弱。高原北侧为一负的子经圈环流，新疆、甘肃

地区的下沉运动减弱，上升运动增强，该地区降水偏

多（图４）。

　　青藏高原积雪偏多，南亚夏季风环流偏弱，这很

可能是由于高原感热偏弱使得高原南侧温度对比偏

弱造成的（张顺利等，２００１）。我们计算了６０°～

９０°Ｅ平均的５００ｈＰａ气温距平的逐候演变（图７）。

１—３月，３０°Ｎ 以北的高原上空气温异常偏低，而

３０°Ｎ以南的印度半岛及附近海域上空气温明显偏

高，这与图２一致。４—８月，２０°Ｎ至高原地区几乎

持续偏冷，而２０°Ｎ以南至热带印度洋在５月底才出

图７　６０°～９０°Ｅ平均的５００ｈＰａ气温

距平（单位：Ｋ）逐候演变

Ｆｉｇ．７　Ｔｈｅｐｅｎｔａｄｖａｒｉａｔｉｏｎｏｆ５００ｈＰａ

ａｉｒｔｅｍｐｅｒａｔｕｒｅａｎｏｍａｌｉｅｓ（ｕｎｉｔ：Ｋ）

ａｖｅｒａｇｅｂｙ６０°－９０°Ｅ
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现弱的偏暖并维持到整个夏季。这种形态在高原近

地面层最明显，随着高度增加而减弱，但这足以说明

高原积雪的滞后效应。因此，前期冬春季青藏高原

积雪偏多，有利于夏季高原及其附近地区气温偏低，

导致夏季热带印度洋到高原西部地区大尺度温度梯

度偏小，利于南亚夏季风偏弱。

综上所述，２０１１／２０１２年冬春季亚洲低纬度地

区（特别是９０°Ｅ以东）大气环流受到海温、极冰、南

极涛动等因素的影响，有利于亚洲东南部的季节转

换偏早；而９０°Ｅ以西地区的环流，尤其是南亚夏季

风偏弱可能受到前期冬春季高原积雪异常偏多的作

用。

４　结论和讨论

２０１１／２０１２年冬春季青藏高原积雪面积异常偏

大，其上空对应的大气环流型与典型积雪偏多年具

有较大差异。不能简单地以高原对亚洲夏季风的影

响结果得出东亚夏季风偏弱的结论。资料分析显示

２０１２年冬春季，特别是在９０°Ｅ以东的东亚地区至

其南侧的低纬度地区，对流层温度距平为北正南负

型，温度梯度偏弱，有利于春末夏初温度梯度反转，

即有利于亚洲东南部大气环流冬夏季节转换偏早，

南海夏季风爆发偏早，但这种结果受到高原以外的

其他外强迫信息的影响。另一方面，前期冬春季高

原积雪偏多，有利于高原上空自冬到夏对流层中部

温度持续偏低，在９０°Ｅ以西，自青藏高原到热带地

区，前期冬春季对流层中部气温距平北冷南暖，夏季

自热带印度洋到高原温度梯度偏弱，南亚夏季风偏

弱。

２０１２年夏季，亚洲季风区的大气环流受到积

雪、弱ＬａＮｉｎａ事件、北极海冰、南极涛动等因素的

共同影响。一方面，高原积雪偏多，使得南亚夏季风

偏弱；另一方面，受ＬａＮｉｎａ、北极海冰、南极涛动等

的滞后影响，南海夏季风爆发早，东亚夏季风偏强。

因此，高原积雪异常和ＥＮＳＯ循环的不同位相以及

其他信号的组合作用使得它们对亚洲夏季风的影响

更加复杂。同时，高原积雪影响的复杂性也提示我

们积雪空间分布的差异、高原上空环流分布的局地

特征也能造成亚洲夏季风成员表现出不一致的影响

结果，提示预报员在实际业务中应谨慎对待外强迫

信号的组合效果。

参考文献

曹梅盛．１９９５．青藏高原ＮＯＡＡ／ＮＥＳＤＩＳ数字化积雪监测的评价．冰

川冻土，１７（４）：２９９３０２．

陈丽娟，吕世华，罗四维．１９９６．青藏高原春季积雪异常对亚洲季风降

水影响的数值试验．高原气象，１５（１）：１２４１３０．

陈丽娟，高辉，龚振淞，等．２０１３．２０１２年汛期气候预测的先兆信号和

应用．气象，３９（９）：１１０３１１１０．

陈烈庭，阎志新．１９７９．青藏高原冬春积雪对大气环流和我国南方汛

期降水的影响．中长期水文气象预报文集．北京：水利电力出版

社，１８５１９４．

陈乾金，高波，张强．２０００．青藏高原冬季雪盖异常与冬夏季风变异及

其相互联系的物理诊断研究．大气科学，２４（４）：４７７４９２．

董敏，余建锐．１９９７．青藏高原春季积雪对大气环流影响的模拟研究．

应用气象学报，８（增刊）：１００１０９．

范广洲，罗四维，吕世华．１９９７．青藏高原冬季积雪异常对东、南亚夏

季风影响的初步数值模拟研究．高原气象，１６（２）：１４０１５２．

郭艳君，李威，陈乾金．２００４．北半球积雪监测诊断业务系统．气象，３０

（１１）：２４２７．

李培基．１９９６．亚洲季风模拟试验中青藏高原积雪强迫问题的讨论．

高原气象，１５（３）：３５０３５５．

刘晓东，田良，韦志刚．１９９４．青藏高原地表反射率变化对东亚夏季风

影响的数值试验．高原气象，１３（１４）：４６８４７２．

卢咸池，罗勇．１９９４．青藏高原冬春季雪盖对东亚夏季大气环流影响

的数值试验．应用气象学报，５（４）：３８５３９３．

罗勇．１９９５．青藏高原冬春季雪盖对东亚夏季大气环流影响的研究．

高原气象，１４（４）：５０５５１２．

彭京备，陈烈庭，张庆云．２００５．青藏高原异常雪盖和ＥＮＳＯ的多尺

度变化及其与中国夏季降水的关系．高原气象，２４（３）：３６６３７７．

钱永甫，张艳，郑益群．２００３．青藏高原冬春季积雪异常对中国春夏季

降水的影响．干旱气象，２１（３）：１７．

孙林海，宋文玲．２００１．冬季积雪对我国夏季降水预测的评估分析．气

象，２７（８）：２４２７．

陶亦为，孙照渤，李维京，等．２０１１．ＥＮＳＯ与青藏高原积雪的关系及

其对我国夏季降水异常的影响．气象，３７（８）：９１９９２８．

韦志刚，罗四维．１９９３．中国西部积雪对我国汛期降水的影响．高原气

象，１２（４）：３４７３５４．

韦志刚，陈文，黄荣辉．２００８．青藏高原冬春积雪异常影响中国夏季降

水的数值模拟．高原山地气象研究，２８（１）：１７．

王艳姣，周兵，司东，等．２０１３．２０１２年夏季我国降水异常及成因分

析．气象，３９（１）：１２１１２５．

张顺利，陶诗言．２００１．青藏高原积雪对亚洲夏季风影响的诊断及数

值研究．大气科学，２５（３）：３７２３９０．

周悦，刘宣飞，陈海山．２０１２．青藏高原冬春积雪影响南海季风爆发的

数值研究．热带气象学报，２７（６）：９１２９１９．

朱玉祥，丁一汇．２００７ａ．青藏高原积雪对气候影响的研究进展和问

题．气象科技，３５（１）：１８．

朱玉祥，丁一汇，徐怀刚．２００７ｂ．青藏高原大气热源和冬春积雪与中

国东部降水的年代际变化关系．气象学报，６５（６）：９４６９５８．

ＢａｍｚａｉＡＳ，ＳｈｕｋｌａＪ．１９９９．ＲｅｌａｔｉｏｎｂｅｔｗｅｅｎＥｕｒａｓｉａｎｓｎｏｗｃｏｖｅｒ，

ｓｎｏｗｄｅｐｔｈ，ａｎｄｔｈｅＩｎｄｉａｎｓｕｍｍｅｒｍｏｎｓｏｏｎ：Ａｎｏｂｓｅｒｖａｔｉｏｎａｌ

７１１１　第９期　　　　　　 　　 　　　竺夏英等：２０１２年冬春季高原积雪异常对亚洲夏季风的影响　　　　　　　　　　　　

589



ｓｔｕｄｙ．ＪｏｕｒｎａｌｏｆＣｌｉｍａｔｅ，１２（１０）：３１１７３１３２．

ＢｌａｎｆｏｒｄＨＦ．１８８４．ＯｎｔｈｅｃｏｎｎｅｘｉｏｎｏｆｔｈｅＨｉｍａｌａｙａｓｎｏｗｆａｌｌｗｉｔｈ

ｄｒｙｗｉｎｄｓａｎｄｓｅａｓｏｎｓｏｆｄｒｏｕｇｈｔｉｎＩｎｄｉａ．Ｐｒｏｃｅｅｄｉｎｇｓｏｆｔｈｅ

ＲｏｙａｌＳｏｃｉｅｔｙｏｆＬｏｎｄｏｎ，３７（２３２２３４）：３２２．

ＣｈｅｎＭ，ＸｉｅＰ，ＪａｎｏｗｉａｋＪＥ，ｅｔａｌ．２００２．Ｇｌｏｂａｌｌａｎｄｐｒｅｃｉｐｉｔａｔｉｏｎ：

Ａ５０ｙｒｍｏｎｔｈｌｙａｎａｌｙｓｉｓｂａｓｅｄｏｎｇａｕｇｅｏｂｓｅｒｖａｔｉｏｎｓ．Ｊｏｕｒｎａｌ

ｏｆＨｙｄｒｏｍｅｔｅｏｒｏｌｏｇｙ，３（３）：２４９２６６．

ＦａｓｕｌｌｏＪＡ．２００４．ＳｔｒａｔｉｆｉｅｄｄｉａｇｎｏｓｉｓｏｆｔｈｅＩｎｄｉａｎｍｏｎｓｏｏｎ－Ｅｕｒａ

ｓｉａｎｓｎｏｗｃｏｖｅｒｒｅｌａｔｉｏｎｓｈｉｐ．ＪｏｕｒｎａｌｏｆＣｌｉｍａｔｅ，１７（５）：１１１０

１１２２．

ＦｌｏｈｎＨ．１９５７．Ｌａｒｇｅｓｃａｌｅａｓｐｅｃｔｓｏｆｔｈｅ“ｓｕｍｍｅｒｍｏｎｓｏｏｎ”ｉｎ

ＳｏｕｔｈａｎｄＥａｓｔＡｓｉａ．ＪｏｕｒｎａｌｏｆｔｈｅＭｅｔｅｏｒｏｌｏｇｉｃａｌＳｏｃｉｅｔｙｏｆ

Ｊａｐａｎ，７５：１８０１８６．

ＨｕａｎｇＲ，ＷｕＹ．１９８９．ＴｈｅｉｎｆｌｕｅｎｃｅｏｆＥＮＳＯｏｎｔｈｅｓｕｍｍｅｒｃｌｉ

ｍａｔｅｃｈａｎｇｅｉｎＣｈｉｎａａｎｄｉｔｓｍｅｃｈａｎｉｓｍ．ＡｄｖａｎｃｅｓｉｎＡｔｍｏｓ

ｐｈｅｒｉｃＳｃｉｅｎｃｅｓ，６（１）：２１３２．

ＫａｌｎａｙＥ，ＫａｎａｍｉｔｓｕＭ，ＫｉｓｔｌｅｒＲ，ｅｔａｌ．１９９６．ＴｈｅＮＣＥＰ／ＮＣＡＲ

４０ｙｅａｒｒｅａｎａｌｙｓｉｓｐｒｏｊｅｃｔ．ＢｕｌｌｅｔｉｎｏｆｔｈｅＡｍｅｒｉｃａｎＭｅｔｅｏｒｏ

ｌｏｇｉｃａｌＳｏｃｉｅｔｙ，７７（３）：４３７４７１．

ＱｉａｎＹ，ＺｈｅｎｇＹ，ＺｈａｎｇＹ，ｅｔａｌ．２００３．ＲｅｓｐｏｎｓｅｓｏｆＣｈｉｎａ’ｓｓｕｍ

ｍｅｒｍｏｎｓｏｏｎｃｌｉｍａｔｅｔｏｓｎｏｗａｎｏｍａｌｙｏｖｅｒｔｈｅＴｉｂｅｔａｎＰｌａｔ

ｅａｕ．ＩｎｔｅｒｎａｔｉｏｎａｌＪｏｕｒｎａｌｏｆＣｌｉｍａｔｏｌｏｇｙ，２３（６）：５９３６１３．

ＲｏｂｉｎｓｏｎＤＡ，ＦＤｅｗｅｙＫ，ＨｅｉｍＲＪｒ．１９９３．Ｇｌｏｂａｌｓｎｏｗｃｏｖｅｒｍｏ

ｎｉｔｏｒｉｎｇ：Ａｎｕｐｄａｔｅ．ＢｕｌｌｅｔｉｎｏｆｔｈｅＡｍｅｒｉｃａｎＭｅｔｅｏｒｏｌｏｇｉｃａｌ

Ｓｏｃｉｅｔｙ，７４：１６８９１６９６．

ＷａｌｋｅｒＧＴ．１９１０．Ｃｏｒｒｅｌａｔｉｏｎｉｎｓｅａｓｏｎａｌｖａｒｉａｔｉｏｎｏｆｗｅａｔｈｅｒ（ＩＩ）．

ＭｅｍＩｎｄｉａｎＭｅｔｅｏｒＤｅｐｔ，２１：２２４５．

ＷａｎｇＢ，ＷｕＲ，ＦｕＸ．２０００．ＰａｃｉｆｉｃＥａｓｔＡｓｉａｎｔｅｌｅｃｏｎｎｅｃｔｉｏｎ：Ｈｏｗ

ｄｏｅｓＥＮＳＯａｆｆｅｃｔＥａｓｔＡｓｉａｎｃｌｉｍａｔｅ？ＪｏｕｒｎａｌｏｆＣｌｉｍａｔｅ，１３

（９）：１５１７１５３６．

ＷｅｂｓｔｅｒＰＪ，ＹａｎｇＳ．２００６．ＭｏｎｓｏｏｎａｎｄＥＮＳＯ：Ｓｅｌｅｃｔｉｖｅｌｙｉｎｔｅｒａｃ

ｔｉｖｅｓｙｓｔｅｍｓ．ＱｕａｒｔｅｒｌｙＪｏｕｒｎａｌｏｆｔｈｅＲｏｙａｌＭｅｔｅｏｒｏｌｏｇｉｃａｌＳｏ

ｃｉｅｔｙ，１１８（５０７）：８７７９２６．

ＷｕＴＷ，ＱｉａｎＺＡ．２００３．ＴｈｅｒｅｌａｔｉｏｎｂｅｔｗｅｅｎｔｈｅＴｉｂｅｔａｎｗｉｎｔｅｒ

ｓｎｏｗａｎｄｔｈｅＡｓｉａｎｓｕｍｍｅｒｍｏｎｓｏｏｎａｎｄｒａｉｎｆａｌｌ：Ａｎｏｂｓｅｒｖａ

ｔｉｏｎａｌｉｎｖｅｓｔｉｇａｔｉｏｎ．ＪｏｕｒｎａｌｏｆＣｌｉｍａｔｅ，１６（１２）：２０３８２０５１．

ＷｕＺ，ＬｉＪ，ＪｉａｎｇＺ，ｅｔａｌ．２０１２．ＭｏｄｕｌａｔｉｏｎｏｆｔｈｅＴｉｂｅｔａｎＰｌａｔｅａｕ

ｓｎｏｗｃｏｖｅｒｏｎｔｈｅＥＮＳＯｔｅｌｅｃｏｎｎｅｃｔｉｏｎｓ：ＦｒｏｍｔｈｅＥａｓｔＡｓｉａｎ

ｓｕｍｍｅｒｍｏｎｓｏｏｎｐｅｒｓｐｅｃｔｉｖｅ．ＪｏｕｒｎａｌｏｆＣｌｉｍａｔｅ，２５（７）：２４８１

２４８９．

ＹａｎｇＳ，ＬａｕＫＭ，ＳａｎｋａｒＲａｏＭ．１９９６．Ｐｒｅｃｕｒｓｏｒｙｓｉｇｎａｌｓａｓｓｏｃｉａｔｅｄ

ｗｉｔｈｔｈｅｉｎｔｅｒａｎｎｕａｌｖａｒｉａｂｉｌｉｔｙｏｆｔｈｅＡｓｉａｎｓｕｍｍｅｒｍｏｎｓｏｏｎ．

ＪｏｕｒｎａｌｏｆＣｌｉｍａｔｅ，９（５）：９４９９６４．

８１１１　　　　　　　　　　　　　　　　　　　 　气　　象　　　　　　　　　　　　　　　 　　 　　　第３９卷　

590



ADVANCES IN CLIMATE CHANGE RESEARCH 4(4): 242-249, 2013

www.climatechange.cn

DOI: 10.3724/SP.J.1248.2013.242

CHANGES IN CLIMATE SYSTEM

Representation of the Arctic Oscillation

in the CMIP5 Models

ZUO Jin-Qing1,2, LI Wei-Jing2, REN Hong-Li2

1Chinese Academy of Meteorological Sciences, Beijing 100081, China

2Laboratory for Climate Studies, National Climate Center, China Meteorological Administration, Beijing 100081, China

Abstract

The temporal variability and spatial pattern of the Arctic Oscillation (AO) simulated in the historical experiment of

26 coupled climate models participating in the Coupled Model Intercomparison Project Phase 5 (CMIP5) are evaluated.

Spectral analysis of the monthly AO index indicates that 23 out of the 26 CMIP5 models exhibit no statistically

significant spectral peak in the historical experiment, as seen in the observations. These models are able to reproduce

the AO pattern in the sea level pressure anomaly field during boreal winter, but the intensity of the AO pattern tends

to be overestimated in all the models. The zonal-mean zonal wind anomalies associated with the AO is dominated by a

meridional dipole in the mid-high latitudes of the Northern Hemisphere during boreal winter, which is well reproduced

by only a few models. Most models show significant biases in both strength and location of the dipole compared to

the observation. In considering the temporal variability as well as spatial structures in both horizontal and vertical

directions, the MPI-ESM-P model reproduces an AO pattern that resembles the observation the best.
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1 Introduction

It is well known that the global mean surface tem-

perature has been increased in recent decades [Tang et

al., 2012]. Detection of recent climate changes, attri-

bution of causes, and projection of parameter changes

are the main topics in climate change research [Wang

et al., 2012]. Coupled global climate models (CGCM)

are the major objective tools available for climate

change attribution and projection studies. In general,

we assume that the models, which are able to repro-

duce past climate changes the best, might also be able

to simulate future changes with high accuracy. For

that reason, it is crucial to assess the ability of CGCMs

in simulating the observed climate changes, especially

the dominant modes of the atmospheric low-frequency

variability [Stoner et al., 2009].

The Arctic Oscillation (AO) is the leading mode

of the extra-tropical low-frequency variability and is

characterized by a seesaw of pressure anomalies be-

tween the middle and high latitudes of the Northern

Hemisphere [Thompson and Wallace, 1998]. Due to

the quasi-zonally symmetric structure of the AO, it is

also referred to as the Northern Hemisphere annular

mode [Thompson and Wallace, 2000]. Many previous

studies have demonstrated that the AO has important

impact on the surface climate variability and storm

track activity over wide regions of the Northern Hemi-
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sphere [Thompson and Wallace, 2000; 2001]. In par-

ticular, the surface air temperature anomalies over

North America, Greenland, Eurasia, and North Africa

are closely related to the AO variability during win-

ter. Also, the AO has an obvious influence on the East

Asian winter monsoon as well as the winter surface air

temperature and precipitation over China [Gong et al.,

2001; Wu and Wang, 2002; Gong and Wang, 2003].

In the last two decades of the 20th century, the AO

experienced a positive phase of extremes during win-

ter, which intensified the warm anomalies over Eura-

sia, including Northeast Asia [Thompson and Wallace,

2001; Jü et al., 2004]. Therefore, changes in the phases

of the AO tend to alter the range of surface climate

conditions as experienced in many locations over the

Northern Hemisphere, and may have implications on

future changes.

The ability of CGCMs to simulate the AO vari-

ability is an important aspect of model evaluation.

Previous studies show that atmospheric general circu-

lation models (AGCM) and atmosphere-ocean coupled

models are both able to reproduce the AO pattern,

but have difficulties in simulating the observed posi-

tive trend of the winter AO in the second half of the

20th century [Yamazaki and Shinya, 1999; Robertson,

2001]. The AO pattern as simulated by CGCMs has

been widely evaluated using the outputs of 20th cen-

tury simulations from the Coupled Model Intercom-

parison Project Phase 3 (CMIP3) [Miller et al., 2006;

Xin et al., 2008; Zhu and Wang, 2008; Stoner et al.,

2009]. It has been demonstrated that almost all the

CMIP3 models are able to reproduce the spatial pat-

tern of the AO, whereas their ability to simulate the

magnitude and location of the pattern as well as its

temporal variability needs to be improved.

The latest CMIP project, namely CMIP5, was

coordinated by the World Climate Research Pro-

gramme’s (WCRP’s) Working Group on Coupled

Modeling (WGCM). This project involved about 30

climate modeling groups around the world. The

CMIP5 project is designed to advance our knowledge

of climate variability and climate change, and to pro-

vide simulations for evaluation in the IPCC Fifth As-

sessment Report (AR5) [Taylor et al., 2012]. Most

CMIP5 models have been improved in physical pro-

cesses and the coupled carbon cycle. For this reason,

we will evaluate the ability of those state-of-the-art

coupled climate models in simulating the AO variabil-

ity. Here, the temporal variability and spatial pattern

of the AO simulated in historical experiments of 26

CMIP5 models are focused on. A comparison of the

simulated AO variability between CMIP5 and CMIP3

models was given by Zhu et al. [2013].

2 Model simulations and calculation

methods

In this paper, the simulations from 26 coupled cli-

mate models participating in the CMIP5 project are

listed. Model provenance and resolution are provided

in Table 1. These models are from 18 institutions in

11 countries. Most of the atmospheric components

have a horizontal resolution in the range of 2◦ to 3◦,

with the MRI-CGCM3 having the highest resolution of

1.1◦. Ten models are physical climate system models

that do not include the carbon cycle, while the other

16 models are Earth system models that incorporate

a coupled carbon cycle.

Model outputs used in this study are obtained

from the CMIP5 historical run, which is initiated from

an arbitrary point of a quasi-equilibrium control run

and integrating no less than 156 years (1850–2005).

The CMIP5 historical run is forced by time-evolving

greenhouse gases, ozone, aerosols, and a solar constant

that are consistent with the observations, and, for the

first time, including time-evolving land cover/land use

pattern [Taylor et al., 2012]. All the model outputs

are interpolated to a regular grid of 2.5◦×2.5◦before

the actual analysis.

We compare the historical simulations with

observed sea level pressure (SLP) obtained from

the Hadley Centre HadSLP2 dataset at a resolu-

tion of 5◦×5◦ [Allan and Ansell, 2006] and quasi-

observational zonal wind from the NCEP/NCAR re-

analysis project at a resolution of 2.5◦×2.5◦ [Kalnay

et al., 1996]. The observation and reanalysis are both

referred to as observation in this study, though the

reanalysis is not a real observation.
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Table 1 Information of CMIP5 climate models
Model name Country Resolution

ACCESS1.0 Australia 1.875×1.25

BCC-CSM1.1 China 2.8×2.8

CanESM2 Canada 2.8×2.8

CCSM4 United States 1.25×0.94

CESM1-CAM5 (FV2) United States 2.5×1.9

CNRM-CM5 France 1.4×1.4

FGOALS-g2 China 2.8×2.8

FIO-ESM China 2.8×2.8

GFDL-CM3 United States 2.5×2.0

GFDL-ESM2M United States 2.5×2.0

GFDL-ESM2G United States 2.5×2.0

GISS-E2-H United States 2.5×2.0

GISS-E2-R United States 2.5×2.0

HadCM3 United Kingdom 3.75×2.5

HadGEM2-AO Korea 1.875×1.25

HadGEM2-ES United Kingdom 1.875×1.25

HadGEM2-CC United Kingdom 1.875×1.25

INMCM4 Russia 2.0×1.5

IPSL-CM5A-LR France 3.75×1.875

IPSL-CM5A-MR France 2.5×1.25

MIROC5 Japan 1.4×1.4

MIROC-ESM Japan 2.8×2.8

MPI-ESM-LR Germany 1.9×1.9

MPI-ESM-P Germany 1.9×1.9

MRI-CGCM3 Japan 1.1×1.1

NorESM1-M Norway 2.5×1.875

According to Thompson and Wallace [2000], we

define the AO as the first leading empirical orthogonal

function (EOF) mode of monthly mean SLP anoma-

lies poleward of 20◦N. To ensure equal area weight-

ing for the covariance matrix for the EOF analysis,

the SLP anomalies are weighted by the square root

of the cosine of latitude. The AO index is defined as

the normalized time series corresponding to the first

leading EOF. The spatial pattern of the AO, compa-

rable to the EOF, is presented as the regressions of

SLP anomalies onto the time series of the AO index.

The regression coefficients correspond to amplitudes

of one standard deviation of the index. Simulations

and observations for the period of 1950–2005 are ana-

lyzed in this study. Since the AO is most prominent in

the cold season, and its activity centers always move

northward in winter, as compared to summer [Barn-

ston and Livezey, 1987], only spatial patterns of the

winter AO (December to next February) are shown in

this study. All monthly data per year are used for the

spectral analysis. The linear trends are removed prior

to the correlation/regression analysis.

3 Comparison of AO patterns between

simulations and observations

3.1 Temporal variability

Figure 1 shows the power spectra for the monthly

AO index derived from observations and from each

model simulation. Notable peaks in observations are

found near 6-, 12-, and 36-month cycles (Fig. 1a),

indicating semiannual and annual behavior and lower-

frequency variability of the AO pattern, although all

these peaks are not statistically significant at the 95%

confidence level. All the spectral peaks in the model

simulations are not statistically significant either, ex-

cept those for three models (HadCM3, HadGEM2-CC,

and HadGEM2-ES) from the Hadley Centre. Most

models reproduce the semiannual behavior, as seen

in the observations. However, less than half of the

models capture the observed annual behavior. The

GFDL-CM3, GFDL-ESM2G and MPI-ESM-LR ex-

hibit a near 3-year cycle, similar to the observation,

whereas this cycle in the GFDL-CM3 is obviously

stronger than in the observation. The three models

from the Hadley Centre exhibit a significant and tall

peak near 1 year and two relatively smaller peaks near

4 and 6 months, indicating large seasonal and inter-

annual variability of the AO pattern in these model

simulations. In addition, some models display peaks

at about 4 months, 8–9 months, 2 years and/or 4–5

years, which cannot be found in the observations.

The observational analysis shows that the nega-

tive phase of the winter AO is more frequent from the

1950s to the 1970s, but less frequent thereafter. The

phase of the winter AO tends to change from posi-

tive to negative in the first decade of the 21st century,

indicating a large inter-decadal variability of the AO

pattern. In Figure 1a, the observed AO indices show a

final peak beginning from near 6-year and increasing

in power until the end of the analyzed period, which

confirms the large inter-decadal variability of the AO

pattern. However, only a few CMIP5 models, in-

cluding BCC-CSM1.1, CNRM-CM5, HadGEM2-AO,

MPI-ESM-P, and MRI-CGCM3, are able to capture

the inter-decadal component in the observed AO vari-

ability. On the contrary, the power tends to decrease
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Figure 1 Smoothed power spectra for the time series of monthly AO index derived from (a) observation (HadSLP2;

also dotted line), and (b, c) the CMIP5 model simulations (solid lines) (the dashed line indicates the 95% confidence

limit above the red noise spectrum; b1–b10 are the physical climate system models and c1–c16 the Earth system

models)

with the period in about half of the CMIP5 model

simulations, indicating that the inter-decadal variabil-

ity is weaker compared to the observations. In ad-

dition, the spectral analysis is applied to the winter-

mean AO index (Figures not shown), where the power

spectrum for the winter-mean AO index agrees well

with the monthly AO index at annual to inter-decadal

time scales. Overall, the majority of the CMIP5

models simulate the AO temporal variability quite

poor. There is no significant difference in the ability

to simulate the AO temporal variability between the

physical climate system models and the Earth system

models.

3.2 Spatial patterns in the SLP field

To assess the ability of the CMIP5 models in sim-

ulating the spatial patterns of the AO, Figure 2 shows

the regression of SLP anomalies on the AO index dur-

ing winter. It can be seen that all the CMIP5 models,

except those from the Hadley Centre, clearly simulate

a recognizable AO pattern. The first leading EOF for

the winter SLP anomalies simulated by the HadCM3

(Fig. 2b8) and HadGEM2-CC (Fig. 2c7) are featured

594



246 ADVANCES IN CLIMATE CHANGE RESEARCH

by a negative anomaly over the pole and Eurasia, with

a maximum centered over northern Eurasia. For the

HadGEM2-ES, a positive anomaly mainly occurs over

the middle latitudes of North America, the northeast-

ern Atlantic and Eurasia, whereas a negative anomaly

occurs over the North Pacific, Greenland and the ad-

jacent regions (Fig. 2c8). These results indicate that

the models from Hadley Centre may have difficulties

in simulating the spatial patterns of the winter AO.

In particular, they all exaggerate the relationship be-

tween AO and SLP anomalies over Siberia.

The observed AO pattern consists of three activ-

ity centers as denoted by the star symbol (Fig. 2a).

One is located near the pole (A1), and the other two

are located in the middle latitudes of the Atlantic (A2)

and the Pacific (A3). The observed A1 is character-

ized by a single-pole structure and centered near the

Atlantic. More than half of the CMIP5 models pro-

duce an A1 shifting to the Eastern Hemisphere and/or

with a dipole structure. In addition, most models dis-

Figure 2 Regressions of SLP anomalies in winter on the AO index derived from the observation (HadSLP2) and the

CMIP5 model simulations (the dashed line indicates negative values and the thick solid line is zero; the percentage of

variance explained by the winter AO pattern is given at the top right-hand corner of each frame; F shows the three

activity centers of the AO obtained from the observation)
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place A2 more eastward or westward. Only five

models, IPSL-CM5A-MR, MIROC5, MPI-ESM-LR,

MPI-ESM-P and MRI-CGCM3, reproduce A3 with a

weaker magnitude than A2, as is observed.

Almost all the models overestimate the magni-

tude of the AO pattern, especially the activity center

in the North Pacific. To quantitatively measure the

resemblance of the simulated AO pattern to the ob-

served, the Taylor diagram [Taylor, 2001], which sum-

marizes the comparison of wintertime AO pattern be-

tween the observation and the CMIP5 model simula-

tions, is shown in Figure 3. The results indicate that

the spatial correlation coefficient with the observation

is above 0.80 for all the CMIP5 models, except the

three models from Hadley Centre. More than half of

the models have a spatial correlation coefficient with

the observation of no less than 0.90. The amplitude of

the AO pattern for each model is about 1.2 to 1.9 times

as that of the observation, which further confirms that

all models overestimate the amplitude of AO pattern.

The majority of the physical climate models re-

produce an AO pattern that more resembles the ob-

servation than the Earth system models (Fig. 3). The

AO is a dominant mode of the extra-tropical, low-

frequency atmospheric variability, and its formation

and maintenance are closely related to the atmospheric

internal dynamics. Since the Earth system model in-

Figure 3 Taylor diagram, comparison of wintertime AO

pattern between observation and CMIP5 model simula-

tions. The radial distance from the origin indicates the

standard deviation of AO pattern for each model normal-

ized by the observed value. The azimuthal position denotes

the correlation between the observed and simulated AO

pattern. A solid circle indicates a physical climate system

model and a hollow circle an Earth system model

corporates a coupled carbon cycle, the reproduction

may be more complicated than the physical climate

model, which only consists of interactions between the

ocean, land, atmosphere and sea ice. In other words,

the latter is advantageous in simulating the AO pat-

tern at the recent development in coupled models.

3.3 Vertical structure in the zonal-mean zonal

wind field

The AO is characterized by an equivalent

barotropic structure from the surface upward into

the lower stratosphere during boreal winter [Thomp-

son and Wallace, 2001]. The zonal-mean zonal wind

anomalies associated with the AO exhibit a merid-

ional dipole in the mid-high latitudes of the Northern

Hemisphere. Corresponding to the positive phase of

the AO, easterly anomalies occur in the middle lati-

tudes south of 45◦N, with a maximum in the upper

troposphere, while westerly anomalies are observed in

high latitudes, amplifying with height upward into the

lower stratosphere (Fig. 4a). These wind anomalies

correspond to the weakened subtropical westerly jet

and the strengthened polar jet [Li and Wang, 2003].

To evaluate the vertical structure of the AO as

simulated by the CMIP5 models, Figure 4 shows the

regression of zonal-mean zonal wind anomaly onto the

AO index derived from the observation and the model

simulations during winter. It is indicated that almost

all of the CMIP5 models exhibit a meridional dipole

in the zonal-mean zonal wind anomaly field associated

with the AO in the mid-high latitudes of the Northern

Hemisphere, as seen in observation. But the models

tend to overestimate or underestimate the observed

amplitude of the dipole. In addition, there are signif-

icant biases in the location of the dipole between the

simulations and the observation. The mid- and high-

latitude activities of the dipole are hereafter referred

to as SJ and PJ, respectively. The CMIP5 models, ex-

cept GISS-E2-R (Fig. 4b7), MRI-CGCM3 (Fig. 4c15)

and the three models from the Hadley Centre (Fig.

4-b8, 4-c7 and 4-c8), are all able to reproduce the ob-

served PJ amplifying and titling poleward with height.

But most models tend to display the PJ more north-

ward. Some models have difficulties in simulating the

location of the wind maximum corresponding to the

PJ. For example, the FGOALS-g2 (Fig. 4b4), GFDL-
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Figure 4 Regressions of the wintertime zonal-mean zonal wind anomaly (m s−1) with the AO index derived from (a)

the observation (NCEP) and (b, c) the CMIP5 model simulations (gray shading indicates significance at the 95%

confidence level)

ESM2G (Fig. 4c5), GFDL-ESM2M (Fig. 4c6), IN-

MCM4 (Fig. 4c9), MIROC5 (Fig. 4b10) and MIROC-

ESM (Fig. 4c12) display the wind maximum of the PJ

more downward to the upper or middle troposphere.

The wind maximum of the SJ is centered in the tro-

posphere in most of the model simulations, similar to

the observation. However, there are some models, such

as GISS-E2-H (Fig. 4b6) and GISS-E2-R (Fig. 4b7),

which display the wind maximum of the SJ more up-

ward to the lower stratosphere. In the CCSM4 (Fig.

4b2), CESM1-CAM5 (Fig. 4b3) and GFDL-CM3 (Fig.

4b5), the SJ extends more southward compared to the

observation. Overall, the vertical structure of the AO

is best simulated by the MPI-ESM-P than the other

CMIP5 models.

4 Conclusions and discussion

The temporal variability and spatial pattern of

the AO simulated in the historical experiment of 26

CMIP5 models were evaluated. The spectral anal-

ysis of monthly AO index indicates that only the

HadCM3, HadGEM2-CC, and HadGEM2-ES, all from

the Hadley Centre, exhibit a significant and tall peak

near 1 year and two relatively small peaks near 4 and

6 months. The other 23 models exhibit no statistically

significant spectral peak in the historical experiment,

as similar to the observations. Also, these models are

able to reproduce the AO pattern in the SLP anomaly

field during winter. But the magnitudes of the AO pat-

tern tend to be overestimated in all models. The ma-

jority of the physical climate models reproduce an AO

pattern that resembles the observation better than the

Earth system models. The observed zonal-mean zonal

wind anomalies associated with the AO are character-

ized by a meridional dipole in the mid-high latitudes

of the Northern Hemisphere during winter. Although

almost all CMIP5 models can capture a dipole, there

are significant biases in both magnitude and location

of the dipole between the simulations and observation,
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indicating that the ability of most CMIP5 models to

simulate the vertical structure of the AO needs to be

improved. Considering the temporal variability and

spatial structures in both horizontal and vertical di-

rections, the MPI-ESM-P reproduces the best AO pat-

tern in comparison of the 26 CMIP5 models and the

observation.
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ABSTRACT

A strong (weak) East Asian summer monsoon (EASM) is usually concurrent with the tripole pattern of
North Atlantic SST anomalies on the interannual timescale during summer, which has positive (negative)
SST anomalies in the northwestern North Atlantic and negative (positive) SST anomalies in the subpolar and
tropical ocean. The mechanisms responsible for this linkage are diagnosed in the present study. It is shown
that a barotropic wave-train pattern occurring over the Atlantic-Eurasia region likely acts as a link between
the EASM and the SST tripole during summer. This wave-train pattern is concurrent with geopotential
height anomalies over the Ural Mountains, which has a substantial effect on the EASM. Diagnosis based on
observations and linear dynamical model results reveals that the mechanism for maintaining the wave-train
pattern involves both the anomalous diabatic heating and synoptic eddy-vorticity forcing. Since the North
Atlantic SST tripole is closely coupled with the North Atlantic Oscillation (NAO), the relationships between
these two factors and the EASM are also examined. It is found that the connection of the EASM with the
summer SST tripole is sensitive to the meridional location of the tripole, which is characterized by large
seasonal variations due to the north–south movement of the activity centers of the NAO. The SST tripole
that has a strong relationship with the EASM appears to be closely coupled with the NAO in the previous
spring rather than in the simultaneous summer.

Key words: EASM, North Atlantic SST tripole, diabatic heating, eddy-vorticity forcing, NAO
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surface temperature tripole on the East Asian summer monsoon. Adv. Atmos. Sci., 30(4), 1173–1186, doi:
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1. Introduction

The East Asian summer monsoon (EASM) prevails
over China, especially over Eastern China. The sum-
mer drought/flood events over this region, which usu-
ally cause a large impact on society and the economy,
are closely related to EASM variations (Ding, 1992).
Owing to the complex nature of the EASM, a better
understanding of cause-effect and potential predictors
for EASM variability is needed, and thus this issue is
a hot topic in the climate research.

EASM variability is influenced by atmospheric cir-
culation anomalies, not only over the tropical and sub-

tropical monsoon region, but also over the middle and
high latitudes of the Northern Hemisphere (Zhang and
Tao, 1998; Wu and Zhang, 2011). Recent studies
have demonstrated that North Atlantic SST anoma-
lies could exert an important impact on East Asian
climate variability by inducing a zonal wave-train pat-
tern occurring over the Atlantic-Eurasia region dur-
ing summer (Wu et al., 2010, 2011). In particular,
a strong EASM is usually concurrent with a tripole
pattern of SST anomalies in the North Atlantic on
the interannual timescale (Wu et al., 2009; Zuo et al.,
2012), which features positive SST anomalies in the
Northwest Atlantic and negative SST anomalies in the
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Physics (IAP) and Science Press and Springer-Verlag Berlin Heidelberg 2013
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subpolar and tropical ocean, and vice versa. Gu et
al (2009) pointed out that this SST tripole also has
an important effect on EASM rainfall on the decadal
timescale. However, these studies focused mainly on
the persistence of the SST tripole from spring through
summer, and far too little attention has been paid to
the mechanism responsible for the linkage between the
tripole and the EASM. Thus, in this study we attempt
to answer the question of how the summer SST tripole
in the North Atlantic induces changes in atmospheric
circulation and then exerts an impact on the EASM
on the interannual timescale.

Previous studies have revealed that the North At-
lantic Oscillation (NAO), which is believed to be a
potential predictor for EASM variability on the inter-
annual timescale (Ogi et al., 2003; Sung et al., 2006),
is always followed by the SST tripole in the North At-
lantic (Cayan, 1992; Deser and Timlin, 1997; Czaja
and Frankignoul, 2002; Zhou et al., 2006). Owing to
the strong persistence of the SST tripole from spring
through summer, the tripole tends to act as a link
between the spring NAO and the EASM (Wu et al.,
2009). It has been indicated that the NAO is an atmo-
spheric teleconnection pattern evident in all the sea-
sons of the year in the Northern Hemisphere (Barnston
and Livezey, 1987). Nevertheless, the interannual vari-
ability of East Asian summer climate is strongly corre-
lated with the NAO and the associated North Atlantic
SST tripole in the previous spring rather than in the
simultaneous summer (Wu et al., 2009, 2010, 2011).
This raises the question as to why the relationship of
the EASM with the previous spring NAO is better
than that with the simultaneous summer NAO. Thus,
another issue to be addressed in this study is whether
there are differences in the NAO-induced SST tripole
between spring and summer as well as in the relation-
ships between these two factors and the EASM on the
interannual timescale.

This paper is composed of six sections. The obser-
vational data and two linear dynamic models applied
in the study are described in section 2. The linkage
between EASM and the North Atlantic summer SST
tripole is illustrated in section 3 and the mechanisms
responsible for it are explored in section 4. The rela-
tionships among the North Atlantic SST tripole, NAO
and EASM are further discussed in section 5. Finally,
a summary and discussion are given in section 6.

2. Data and models

2.1 Observational data

The daily and monthly geopotential height and
zonal and meridional wind components, with a
horizontal resolution of 2.5◦×2.5◦, were obtained

from the National Centers for Environmental Pre-
diction/National Center for Atmospheric Research
(NCEP/NCAR) reanalysis (Kalnay et al., 1996).
These variables are available at standard pressure lev-
els and cover the period 1948–2011. This study also
employed monthly sensible and latent heat fluxes, as
well as 10-m horizontal winds, with 192 equally-spaced
longitudinal grid points and 94 unequally-spaced lat-
itudinal grid points, derived from the NCEP/NCAR
reanalysis. In addition, we utilized monthly SST data
from the National Oceanic and Atmospheric Admin-
istration (NOAA) for the period 1948–2011 (Smith et
al., 2008). These data have a horizontal resolution of
2.0◦×2.0◦. The monthly mean rainfall data, with a
horizontal resolution of 2.5◦×2.5◦, were obtained from
the Climate Prediction Center (CPC) Merged Analy-
sis of Precipitation (CMAP) (Xie and Arkin, 1997) for
the period 1979–2009.

The EASM index used in the study was defined
as the difference in regional-averaged 850-hPa zonal
wind between the East Asian tropical monsoon trough
region (5◦–15◦N, 90◦–130◦E) and the East Asian
subtropical region (22.5◦–32.5◦N, 110◦–140◦E) (Wang
and Fan, 1999). A high EASM index denoted a strong
EASM, which was generally concurrent with drought
in the Yangtze River region in China during summer,
and vice versa. According to Li and Wang (2003), the
NAO index was calculated based on monthly differ-
ences in normalized sea level pressure between 35◦N
and 65◦N over the North Atlantic (80◦W–30◦E).

To quantitatively describe the interannual varia-
tions of the North Atlantic SST tripole that had a
strong relationship with the EASM, a SST index (here-
inafter referred to as TI) was constructed as the differ-
ence between regional-averaged SST anomalies in the
middle North Atlantic (34◦–44◦N, 72◦–62◦W) and the
sum of regional-averaged SST anomalies in the trop-
ics (44◦–56◦N, 40◦–24◦W) and in the subpolar ocean
(0◦–18◦N, 46◦–24◦W). The choice of these domains
was based on the linear correlations of the EASM in-
dex with SST anomalies in the North Atlantic during
summer (Zuo et al., 2012; see their Fig. 3h). Dur-
ing the positive (negative) phase of the SST tripole,
SST anomalies were higher (lower) than normal in the
Northwest Atlantic, and lower (higher) than normal
in the subpolar and tropical ocean. Figure 1 displays
the time series of normalized summer TI and EASM
indices during the period 1979–2011. It can be seen
that the EASM index had a significant in-phase re-
lationship with the summer TI. Their correlation co-
efficient was 0.55, which was significant at the 95%
confidence level.

Owing to the weak correlation between the EASM
and the North Atlantic summer SST tripole before
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Fig. 1. Time series of the normalized summer tripole SST index (TI), EASM index
(EASMI) and Ural geopotential height index (UI), and the preceding winter Nino3.4
SST index (Nino34I) for the period 1979–2011. R is the linear correlation coefficient.

the late 1970s (Zuo et al., 2012), the observational
analysis in this study was performed for the period
1979–2011, expect for the moving-correlation shown
in Fig. 10. Besides, the linear trends of all the time
series were removed before the analysis.

2.2 Linear dynamic models

In this study, the role of diabatic heating in main-
taining the anomalous low-frequency flow was diag-
nosed via a linear barotropic model. This model was
a time-independent model with a horizontal resolution
of T42 and followed a simple barotropic vorticity equa-
tion given as:

∂t∇2ψ′ + J
(
ψ,∇2ψ′) + J

(
ψ′,∇2ψ + f

)
+

ν∇6ψ′ + α∇2ψ′ = S′ , (1)

where t denotes the time derivative; J represents a
Jacobian operator; ψ and ψ′ are the basic state and
perturbation stream functions, respectively; f is the
Coriolis parameter; and S′ is the anomalous vorticity
source induced by the divergent part of the circula-
tion. The barotropic model included a linear damping
term that represented the Rayleigh friction, and scale-
selective biharmonic diffusion. The biharmonic diffu-
sion coefficient v was selected to dampen the small-
scale eddy in one day, while the Rayleigh friction co-
efficient α was set at (10 d)−1, which ensured that the
system was stable at integration (Watanabe, 2004).

The linear baroclinic model employed in this study
was a time-dependent model based on primitive equa-
tions. The model had a resolution of T42 in the hori-
zontal direction and 20 sigma (σ) levels in the vertical
direction. Rayleigh friction and Newtonian damping
employed in the model were given as the rate of (1 d)−1

for the lower (σ�0.03) and upper (σ�0.9) levels, and
(30 d)−1 for the other levels. The biharmonic diffusion
coefficient was 2×1016 m4 s−1. More details relating
to this model can be found in Watanabe and Kimoto

(2000) and Watanabe and Jin (2003). With the dissi-
pation terms adopted, the model response took about
20 days to approach a steady state. So, the average of
the last five days of a 30-day integration is analyzed
in this paper.

3. The linkage between the EASM and the
North Atlantic summer SST tripole

To expose the connection between the EASM and
the summer SST tripole in the North Atlantic, we
employed regression analysis to the summer TI and
geopotential height anomalies at 300 hPa, 500 hPa
and 850 hPa, respectively. The associated results are
given in Fig. 2. Also included in Fig. 2a is the upper-
level westerly jet stream represented by the climato-
logical summer mean of 300-hPa zonal wind. It can
be seen that a clear zonal wave-train pattern occurs
over the Atlantic-Eurasia region. For convenience, this
wave-train pattern will be referred to simply as NAE
throughout the remainder of the paper. Note that the
NAE pattern has the same phase in the lower, middle
and upper troposphere, thereby showing an equivalent
barotropic structure in the entire troposphere. Asso-
ciated with the NAE pattern, negative height anoma-
lies prevail over both the subpolar North Atlantic and
the region around the Ural Mountains, while positive
height anomalies prevail over both the northwest At-
lantic and western Europe. These height anomaly cen-
ters are mainly located along the upper-level westerly
jet stream. The NAE pattern seems to be induced
by the North Atlantic summer SST tripole, and the
mechanisms that maintain this pattern will be further
explored in section 4. In addition, a meridional wave-
train pattern can be seen along the East Asian Coast,
which is possibly related to the diabatic heating over
the tropical Northwest Pacific (Huang and Li, 1987;
Nitta, 1987; Huang and Sun, 1992) and thus beyond
the scope of this study.
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Fig. 2. Geopotential height anomalies (contour; gpm)
at (a) 300 hPa, (b) 500 hPa, and (c) 850 hPa, obtained
by regressing upon the tripole SST index during sum-
mer. Shading in (a) represents the climatological sum-
mer mean of 300-hPa zonal wind (m s−1). Dots in (a)
and shading in (b) and (c) indicate those regions that
are significant at the 95% confidence level. The box in
(b) denotes the domain for defining the Ural geopotential
height index.

From the above analysis, the EASM and the North
Atlantic summer SST tripole appear to be linked by
the NAE pattern, which is concurrent with geopo-
tential height anomalies over the region around the
Ural Mountains. Many previous studies have revealed
that atmospheric circulation anomalies over the Ural
Mountains have a substantial effect on the EASM
(Zhang and Tao, 1998; Li and Ji, 2001). A posi-
tive anomaly of seasonal-mean 500-hPa geopotential
height around the Ural Mountains represents inten-
sified blocking activity over this region, which favors
an enhanced East Asian subtropical front that tends
to result in a weakened EASM, and vice versa. As
mentioned above, the negative (positive) geopoten-
tial height anomalies over the Ural Mountains coin-
cide with the positive (negative) phase of the North
Atlantic SST tripole during summer (Fig. 2), which

agrees with the in-phase relationship between the
tripole and the EASM (Fig. 1). This result indicates
that the impact of the summer SST tripole on the
EASM is closely linked to the Ural circulation anoma-
lies. Wu et al. (2009) pointed out that the SST
tripole could also result in circulation anomalies over
the Okhotsk Sea, but our results show that the re-
gressed geopotential height anomalies over this region
are insignificant during summer (Fig. 2).

To support the role of Ural circulation anomalies in
linking the EASM and the North Atlantic summer SST
tripole, we plotted in Fig. 3 the correlations of summer
SST anomalies in the North Atlantic with the summer
Ural height index (UI) and EASM index, respectively.
The UI here is defined as the regional-averaged 500-
hPa geopotential height anomalies in the Ural region
(45◦–60◦N, 45◦–65◦E). For the convenience of compar-
ison, the sign of the UI has been reversed. It can be
seen that the pattern of correlations between the UI
and SST anomalies greatly resembles that of the cor-
relations between the EASM index and SST anoma-
lies, not only in shape but also in meridional loca-
tion, both projecting on the positive tripole mode in
the North Atlantic. In addition, the correlation co-
efficients of the summer UI with the summer TI and
EASM index were −0.36 and −0.35, respectively, both
of which were significant at the 95% confidence level.
These results indicate that geopotential height anoma-
lies around the Ural Mountains have a close relation-
ship with the North Atlantic SST tripole during sum-
mer, which supports the conclusion that the former
appears to play a key role in linking the SST tripole
and the EASM on the interannual timescale.

4. Mechanism diagnostics

The results reported in section 3 suggested that
the NAE pattern occurring over the Atlantic-Eurasia
region appears to act as a link between the EASM
and the North Atlantic summer SST tripole. In this
section, the mechanisms responsible for maintaining
the NAE pattern are further discussed by focusing
on the diabatic heating and synoptic eddy-vorticity
forcing, which are the two most important forcings
among all forcings to maintain the anomalous low-
frequency in middle latitudes (Branstator, 1992; Peng
and Whitaker, 1999; Peng et al., 2003).

4.1 Role of diabatic heating in maintaining
the NAE pattern

The SST anomalies initially induce changes in the
local atmospheric circulation through diabatic heat-
ing and then could exert an impact on the remote at-
mospheric circulation by energy dispersion of Rossby
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Fig. 3. Correlation coefficients between SST anomalies and (a) Ural geopotential height in-
dex (UI) and (b) EASM index during summer. Shading represents those regions that are
significant at the 95% confidence level. For convenience of comparison, the sign of UI has
been reversed.

waves (Trenberth et al., 1998; Peng and Whitaker,
1999; Peng et al., 2003). Hence, the role of diabatic
heating associated with the North Atlantic summer
SST tripole in maintaining the NAE pattern is diag-
nosed.

Figures 4a–c show the anomalies of SST, 500-hPa
vertical velocity and precipitation, respectively, ob-
tained by regressing upon the TI during summer. Pos-
itive (negative) values of vertical velocity denote ris-
ing (sinking) motion. Owing to the similar pattern
of regressed anomalies between the positive and neg-
ative phases of the SST tripole, except for a reversal
in the sign, a detailed description is only given for the
positive phase as follows. It is shown that there are
positive SST anomalies in the Northwest Atlantic be-
tween 30◦N and 45◦N, and negative SST anomalies in
the tropical North Atlantic between 5◦N and 15◦N, as
well as in the subpolar ocean between 45◦N and 60◦N
(Fig. 4a). Anomalous descent at 500 hPa (Fig. 4b)
and below-normal precipitation (Fig. 4c) are seen over
the tropical North Atlantic where the SST anomalies
are negative, thereby indicating a suppressed convec-
tive activity by the cold SST anomaly. To balance
the anomalous descent in the troposphere, anoma-
lous convergent flow prevails in the upper troposphere
(data not shown), which further triggers an anomalous
Rossby wave source (Sardeshmuhk and Hoskins, 1988)
and thus tends to provide a forcing for maintaining the
NAE pattern. Negative precipitation anomalies can be
seen over the middle North Atlantic, which are concur-
rent with the positive local SST anomalies, indicating
that the associated diabatic heating appears to be in-
significant over this region.

As expected, anomalous cyclonic flow prevails in
the upper troposphere (Fig. 2a) and anticyclonic flow
in the lower troposphere (Fig. 2c) over the Caribbean

Sea and the adjacent regions, which feature a Gill-
type response (Gill, 1980) to the tropical North At-
lantic cooling. Note that a meridional wave-train pat-
tern of geopotential height anomalies can be seen along
the North American East Coast (Fig. 2), which is con-
nected with the NAE pattern. These results indicate
that the maintenance of the NAE pattern appears to
depend on the tropical North Atlantic diabatic heat-
ing.

To confirm the role of diabatic heating in maintain-
ing the NAE pattern, in Fig. 4d we show the turbulent
heat flux (the sum of sensible and latent heat flux, and
hereinafter referred to as SHLE) anomalies obtained
by regressing upon the TI during summer. Positive
(negative) SHLE indicates heat flux out of (into) the
ocean surface. The 10-m horizontal wind anomalies
regressed upon the TI is also included in Fig. 4d. Neg-
ative SHLE anomalies can be seen over the Northeast
Atlantic between 10◦N and 30◦N, which are concur-
rent with the negative SST anomalies and neutral sur-
face wind anomalies over this region. This indicates
that the SST plays an active role in determining SHLE
anomalies in the low latitudes of the North Atlantic.
On the other hand, weak and positive SHLE anomalies
are found over the western subtropical North Atlantic,
corresponding to the warm SST anomalies, but less
precipitation and southerly anomalies are found over
this region. Moreover, positive SHLE anomalies can be
seen over the subpolar North Atlantic, which are con-
current with the cold SST anomalies and strengthened
westerlies over this region. Therefore, it appears that
the positive SHLE anomalies over the subtropical (sub-
polar) North Atlantic mainly result from the strength-
ened southerly (westerly) flows, suggesting that atmo-
spheric circulation plays a dominant role in determin-
ing the SHLE and SST anomalies in the extratropical
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Fig. 4. (a) SST anomalies (K) obtained by regressing upon the tripole SST index during summer.
Shading represents those regions that are significant at the 95% confidence level. (b) The same
as in (a), but for the vertical velocity anomaly (10−3 Pa s−1) at 500 hPa. Positive values in (b)
denote rising motion. (c) The same as in (a), but for the precipitation anomaly (mm d−1). (d)
The same as in (a), but for the anomalies of total heat flux (sum of latent and sensible heat flux;
contour; W m−2) and 10-m horizontal wind vectors (vector; m s−1). (e–f) The same as in (a), but
for sensible and latent heat flux anomalies (W m−2), respectively. A positive (negative) heat flux
anomaly indicates heat flux out of (into) the ocean surface.
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North Atlantic. To examine the respective contribu-
tion of sensible heat flux (SH) and latent heat flux
(LE) to the SHLE, regression analysis was further ap-
plied to the summer TI and SH and LE anomalies,
respectively. The results show that the SH anomalies
are relatively weak over almost the whole North At-
lantic (Fig. 4e), but the pattern of the LE anomalies
(Fig. 4f) resembles closely that of the SHLE anomalies
in the North Atlantic (Fig. 4d). Moreover, the magni-
tude of LE anomalies is comparable with that of SHLE
anomalies. Therefore, the SHLE anomalies associated
with the North Atlantic SST tripole are mainly de-
termined by the LE anomalies during summer. These
results support the importance of the role of tropi-
cal North Atlantic diabatic heating in maintaining the
NAE pattern.

Further evidence for the connection of the NAE
pattern with tropical North Atlantic diabatic heating
is given in Fig. 5a, which shows the 500-hPa stream
function anomaly and associated wave-activity flux
(WAF) (Takaya and Nakamura, 2001) obtained by re-
gressing upon the TI during summer. Associated with
the NAE pattern, there are significant WAFs extended

Fig. 5. (a) 500-hPa stream function anomaly (contour;
106 m2 s−1) and the associated wave-activity flux (vec-
tor; m2 s−2) obtained by regressing upon the tripole SST
index during summer. (b) The same as in (a), but for the
steady barotropic model response to the idealized vortic-
ity forcing centered at (15◦N, 50◦W) (denoted by a closed
circle).

northward from the middle North Atlantic to the sub-
polar ocean and then divided into two branches. One is
southward to North Africa, and the other eastward to

the region around the Ural Mountains. This suggests
that tropical North Atlantic diabatic heating makes
an important contribution to Atlantic–Eurasian circu-
lation change through the NAE pattern.

Owing to the barotropic nature of the NAE pat-
tern and its possible connection with tropical North
Atlantic diabatic heating, processes that generate the
height anomalies are conceivably understood in a
barotropic vorticity equation (Branstator, 1983). For
this purpose, an idealized experiment was conducted
by using the linear barotropic model forced by the
anomalous vorticity source. Based on the 500-hPa
vertical velocity and precipitation anomalies shown in
Figs. 4b and c, the prescribed vorticity forcing in the
model was placed over the tropical North Atlantic with
a maximum of 2.0×10−11 s−2 at (15◦N, 50◦W). The
model was linearized about the climatological summer
mean of the 300-hPa stream function derived from the
NCEP/NCAR reanalysis. Figure 5b shows the stream
function response and associated WAF to the ideal-
ized vorticity forcing. A clear wave-train pattern was
found over the Atlantic-Eurasia region (Fig. 5b), which
resembles the observed NAE pattern (Fig. 5a). In par-
ticular, anomalous cyclonic flows were identified over
the Ural Mountains in both the model and observa-
tions, though the former shifted southward compared
with the latter. These results support the importance
of the role of tropical North Atlantic diabatic heat-
ing in maintaining the NAE pattern. Note that the
stream function response in the model was smaller
compared with the observational regression over the
middle North Atlantic, but larger over the tropics. Ac-
tually, the observational regression reflected the equi-
librium state among all the forcings. This implies that
other factors, such as transient eddy forcing, may make
an important contribution to maintaining the NAE
pattern.

4.2 Role of synoptic eddy-vorticity forcing in
enhancing the NAE pattern

In addition to diabatic heating, synoptic eddy forc-
ing is another of the most important forcings in main-
taining the anomalous low-frequency flow over the
middle latitudes (Lau and Nath, 1991; Kug and Jin,
2009; Ren et al., 2009). In particular, synoptic eddy-
vorticity forcing is the most important component of
the eddy forcings (Branstator, 1992). Previous numer-
ical studies have revealed that synoptic eddy-vorticity
forcing is of vital importance to maintaining the atmo-
spheric response to the North Atlantic SST anomalies
during winter (Watanabe and Kimoto, 2000; Peng et
al., 2003; Li, 2004; Li et al., 2007; Pan, 2007; Han et
al, 2011). However, synoptic eddy forcing is sensitive
to the background flow (Peng and Whitaker, 1999).
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Hence, the role of synoptic eddy-vorticity forcing as-
sociated with the North Atlantic summer SST tripole
in maintaining the NAE pattern is investigated.

According to the quasi-geostrophic potential vor-
ticity equation, the synoptic eddy-vorticity feedback
to the anomalous low-frequency flow could be depicted
by a stream function tendency (ψt) satisfying the re-
lationship as (Lau and Holopainen, 1984):

∇2ψt = −∇ · V ′ζ′ , (2)

where V and ζ are the horizontal wind vector and rela-
tive vorticity, respectively. Here, the prime represents
the synoptic-eddy component, and the overbar denotes
a time average. To obtain the synoptic-eddy compo-
nent, we applied the Lanczos filter (Duchon, 1979) to
the daily zonal and meridional winds for the period
ranging from two to eight days. The stream function
tendency due to synoptic eddy-vorticity forcing was
obtained by solving the Poisson equation.

Since synoptic eddy-vorticity forcing is highly cor-
related with storm-track activity, we examine both
the anomalies of storm-track activity (Fig. 6a) and
the eddy-induced stream function tendency at 300
hPa (Fig. 6b) obtained by regressing upon the TI dur-
ing summer. The storm-track activity is represented
by the root mean square of band-pass filtered (2–8

days) 500-hPa geopotential height. Also included in
Figs. 6a and b are the climatological summer mean
of storm-track activity and 300-hPa zonal wind, re-
spectively. Owing to the barotropic nature of synop-
tic eddy-vorticity forcing and its largest effect on the
low-frequency flow in the upper troposphere (Lau and
Nath, 1991; Branstator, 1992), regression analysis was
only applied to the 300-hPa eddy-induced stream func-
tion tendency in this study. We find that the regressed
anomalies of storm-track activity show a north–south
dipole straddling its mean position over the North At-
lantic (Fig. 6a). During the positive phase of the North
Atlantic SST tripole, the storm-track activity is en-
hanced on the south side and weakened in the north,
which indicates a southward shift of the storm-track
activity. Moreover, obvious and negative eddy-induced
stream function tendency can be seen over the region
near the North Atlantic upper-level westerly jet exit
(Fig. 6b), which coincides with the negative geopoten-
tial height anomaly over this region (Fig. 2), thereby
indicating a positive eddy-vorticity feedback. The neg-
ative eddy-induced stream function tendency also co-
incides with the southward shift of the storm-track
activity over the North Atlantic, which indicates that
the synoptic eddy-vorticity forcing is closely related to
changes in the storm-track activity. An opposite sce-

Fig. 6. (a) Anomalies of the storm-track activity (contour) obtained
by regressing upon the tripole SST index during summer. The storm-
track activity is defined as the root mean square of band-pass filtered
500-hPa geopotential height in the period of 2–8 days. Shading indi-
cates the climatological summer mean of storm-track activity. Units
are gpm. (b) The same as in (a), but for the stream function tendency
(contour; m2 s−2) due to synoptic eddy-vorticity forcing at 300 hPa.
Shading represents the climatological summer mean of zonal wind for
the same layer (m s−1).
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Fig. 7. (a) The vertical mean of eddy-vorticity forcing and (b) vertical profile of the forcing
centered at (55◦N, 30◦W). Units: 10−11 s−2.

nario can be seen for the negative phase of the North
Atlantic SST tripole. There, results suggest that the
synoptic eddy-vorticity flux divergence associated with
the North Atlantic SST tripole appears to play an im-
portant role in maintaining the NAE pattern via a
positive feedback mechanism during summer.

Linear baroclinic models are useful tools to diag-
nose the mechanism for maintaining the anomalous
low-frequency flow by synoptic eddy forcing (Watan-
abe and Kimoto, 2000; Peng et al., 2003). Thus, an
idealized experiment was performed by using a linear
baroclinic model to confirm the role of synoptic eddy-
vorticity forcing in maintaining the NAE pattern. For
this experiment, the model was linearized about the
summer climatology derived from the NCEP/NCAR
reanalysis and forced by the synoptic eddy-vorticity
flux divergence, which acted as the synoptic eddy-
vorticity forcing. The horizontal distribution of depth-
averaged eddy-vorticity forcing and the vertical profile
of the maximum forcing in the initial state are given in
Fig. 7. According to the observed eddy-induced stream
function tendency (Fig. 6b), the eddy-vorticity forcing

in the model was centered at σ=0.29 in the vertical
direction and (55◦N, 30◦W) in the horizontal direc-
tion. As shown in Fig. 8, these idealized eddy-vorticity
forcings applied to the baroclinic model triggered a
negative stream function response right over the re-
gion where the forcings were placed, and two branches
of Rossby waves to the east. One was southeastward
to North Africa, and the other was eastward to East
Asia, which resulted in a negative stream function re-
sponse over the Ural Mountains. Note that the pattern
of stream function response in the baroclinic model
greatly resembled the observations shown in Fig. 5a.
Therefore, the consistency between model simulation
and observations is strong enough to support an active
role of synoptic eddy-vorticity forcing in enhancing the
NAE pattern during summer.

Experiments with an atmospheric general circula-
tion model and a diagnostic linear baroclinic model
by Li et al. (2007) suggested that the extratropical re-
sponse to a tropical Atlantic SST anomaly is main-
tained primarily by synoptic eddy-vorticity forcing
during winter. In other words, synoptic eddy-vorticity

Fig. 8. Steady baroclinic model response as represented by the stream
function (contour; 106 m2 s−1) and the associated wave-activity flux
(vector; m2 s−2) at σ=0.29 to the idealized eddy-vorticity forcing shown
in Fig. 7. Shading denotes the climatological summer mean of zonal
wind (m s−1) for the same layer.
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forcing is of vital importance in maintaining the atmo-
spheric response to the North Atlantic SST anomalies
during both winter and summer.

Also of note is that the Asian response (Fig. 8) is
mainly trapped in the upper-level westerly jet, whereas
the observed anomalies in the NAE pattern (Fig. 2a)
prevail along the poleward flank of the Asian jet.
Namely, the position of the NAE pattern in Fig. 8
relative to the upper-level jet is different from that
seen in observations over Asia. It has been demon-
strated that two-way synoptic eddy and low-frequency
(SELF) feedback plays an essential role in generating
the low-frequency anomalies in the extratropics (Jin
et al., 2006; Pan et al., 2006; Ren et al., 2012), but
synoptic eddy forcing is just considered as an external
forcing in the linear model used in this study. There-
fore, a lack of two-way SELF feedback may contribute
to the aforementioned difference between the model
simulation and observations.

5. Relationships among the North Atlantic
SST tripole, NAO and EASM

The tripole-like SST anomalies in the North At-
lantic Ocean primarily result from the NAO-like dipole
in the atmospheric circulation (Cayan, 1992; Deser and
Timlin, 1997; Czaja and Frankignoul, 2002; Zhou et
al., 2006). Given this, is the North Atlantic summer
SST tripole that has a strong relationship with the
EASM (referred to as the EASM-related SST tripole)
coupled with the simultaneous summer NAO? To ad-
dress this question, we calculated the correlation co-
efficients between SST anomalies in the North At-
lantic and the NAO index during summer, and the
results are shown in Fig. 9a. It can be seen that
the correlations show a clear tripole pattern in the

North Atlantic, which suggests that the SST tripole
is closely coupled with the NAO during summer. A
comparison of Fig. 9a and Fig. 3b reveals that the sum-
mer NAO-coupled SST tripole resembles closely the
EASM-related SST tripole in shape, but the loca-
tion of the former is about 5◦–10◦ northward com-
pared with that of the latter. The summer NAO-
coupled SST tripole is mainly located in the extratrop-
ics northward of about 20◦N, while the EASM-related
SST tripole has significant SST anomalies in the trop-
ics southward of about 20◦N. These results imply the
EASM-related SST tripole seems to have no significant
relationship with the simultaneous summer NAO.

It has been indicated that the activity centers of
the NAO would move northward systematically from
winter to summer (Barnston and Livezey, 1987), which
may lead to seasonal changes in the meridional loca-
tion of the NAO-induced SST tripole in the North
Atlantic. This raises the possibility that the EASM-
related SST tripole may be linked to the previous
spring NAO. Thus, in Fig. 9b we display the corre-
lations between SST anomalies in the North Atlantic
and the NAO index during spring. It can be seen that
their correlations exhibit a tripole pattern in the North
Atlantic, thereby indicating that the SST tripole is
also coupled with the NAO during spring. Moreover,
the NAO-coupled SST tripole in the spring is located
more southward than that in the summer. The former
resembles closely the EASM-related SST tripole not
only in shape but also in meridional location. These
results indicate that the summer SST tripole that has
a strong relationship with the EASM tends to result
from the NAO in the previous spring rather than in
the simultaneous summer.

To further understand the relationships among the
EASM, North Atlantic SST tripole and NAO on the

Fig. 9. Correlation coefficients between the NAO index and SST anomalies during (a) sum-
mer and (b) spring. Shading represents those regions that are significant at the 95% confi-
dence level.

608



NO. 4 ZUO ET AL. 1183

Fig. 10. Lead/lag moving-correlations between summer EASM index (EASMI) and 3-
month-running-averaged NAO indices from the preceding January to the following September
with a 21-yr moving window for the period 1948–2011. Shading shows significance at the
95% confidence level. (b) The same as in (a), but for the summer tripole SST index (TI).
(c) The same as in (a), but for the summer EASMI and the 3-month-running-averaged TI
from the preceding January to the following September. (d) The same as in (c), but for the
summer TI.

interannual timescale, in Fig. 10a (Fig. 10b) we show
the lead/lag moving-correlations between the summer
EASM index (TI) and the 3-month-running-avaraged
NAO indices from the preceding January to the fol-
lowing September with a 21-yr moving window for the
period 1948–2011. We also calculated the lead/lag
moving-correlations between the EASM index and 3-
month-running-avaraged TI for the same period, as
shown in Fig. 10c. Note that the TI here is to describe
the interannual variations of the EASM-related SST
tripole. It can be seen that the summer EASM in-
dex and TI are both correlated most closely with the
previous spring NAO index, while the EASM index is
linked most closely to the simultaneous summer TI,
though their sliding correlations are all characterized
by large decadal variations. The decadal changes in
the relationships among the EASM, TI and NAO in-
dices occur in the late 1970s, a possible mechanism
for which was given in our previous study (Zuo et al.,
2012). These results support the conclusion that the
summer SST tripole that has a significant impact on
the EASM is closely related to the NAO in the previ-
ous spring rather than in the simultaneous summer.

To briefly investigate the persistence of the North
Atlantic SST tripole, the lead/lag sliding cross-

autocorrelations of the summer TI were calculated (see
Fig. 10d). We can see that the summer TI is correlated
closely with the previous spring TI for the whole pe-
riod from 1948 to 2011, which indicates the SST tripole
has a relatively strong persistence from spring through
summer, being in good agreement with previous work
(Wu et al., 2009). The seasonal northward movement
of the activity centers of the NAO tends to provide
favorable conditions for the NAO-induced SST tripole
to persist from spring through summer.

We can infer from the above results that the im-
pact of the North Atlantic summer SST tripole on the
EASM is sensitive to the meridional location of the
tripole. In order to confirm this hypothesis, another
idealized experiment was performed by using the lin-
ear barotropic model. In this experiment, the hori-
zontal distribution of the anomalous vorticity forcing
was the same as in Fig. 5b, except the center for max-
imum forcing shifted 10◦ northward and was located
at (25◦N, 50◦W). The steady stream function response
and the associated WAF to this idealized vorticity forc-
ing are given in Fig. 11. Note that a clear wave-train
pattern propagated from the subtropical North At-
lantic to Western Europe, and then divided into two
branches. One was northeastward to Eurasia north-
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Fig. 11. The same as in Fig. 5b, but for the idealized vor-
ticity forcing with a maximum centered at (25◦N, 50◦W).

ward of about 60◦N, and the other southward to North
Africa. There was no obvious stream function response
over the Ural Mountains and East Asia. By comparing
Fig. 11 with Fig. 5b, we can see that there was a sig-
nificant difference in the pathways of the atmospheric
wave-train response to the idealized vorticity forcing
with different meridional location, supporting the hy-
pothesis that the impact of the summer SST tripole on
the EASM is sensitive to the meridional location of the
tripole. Our conclusion is also supported by previous
studies in which it was demonstrated that the pattern
of the atmospheric response to the heating with differ-
ent meridional locations may be different because the
synoptic eddy-vorticity feedback depends on the posi-
tion of the heating relative to the storm track (Peng
and Whitaker, 1999; Li et al., 2006).

6. Summary and discussion

A strong (weak) EASM is usually concurrent with
the North Atlantic summer SST tripole on the inter-
annual timescale, which has positive (negative) SST
anomalies in the Northwest Atlantic and negative
(positive) SST anomalies in the subpolar and tropical
ocean. In the present study, the mechanism respon-
sible for this linkage was diagnosed by using observa-
tions for the period 1979–2011. It has been shown
that the NAE pattern occurring over the Atlantic-
Eurasia region appears to act as a link between the
EASM and the summer SST tripole. The NAE pattern
is concurrent with the geopotential height anomaly
over the region around the Ural Mountains, which has
a substantial effect on the EASM. Further diagnosis
based on observations and a linear barotropic model
revealed that the maintenance of the NAE pattern ap-
pears to depend on the diabatic heating associated
with the tropical North Atlantic SST anomaly. On
the other hand, the NAE pattern in turn induces a
southward/northward shift of the storm-track activ-
ity over the North Atlantic, which tends to result in
a positive eddy-vorticity feedback, and thus enhances
the NAE pattern. Diagnosis based on a linear baro-

clinic model confirmed the active role of synoptic eddy-
vorticity forcing in maintaining the NAE pattern.

Since the North Atlantic SST tripole mainly re-
sults from the driving of the NAO-like atmospheric
forcing, relationships between these two factors and
the EASM were further investigated on the interan-
nual timescale. It was revealed that the summer SST
tripole that has a strong relationship with the EASM is
closely coupled with the NAO in the preceding spring
rather than in the simultaneous summer, which ap-
pears to be attributable to the seasonal north–south
movement of the activity centers of the NAO. The
spring NAO-coupled SST tripole has pronounced SST
anomalies in the tropics, while the summer NAO-
coupled SST tripole is mainly confined to the extrat-
ropics due to the northward shift of the summer NAO
itself. Barotropic modeling results confirmed that the
type of SST tripole located in the extratropics has no
significant impact on the EASM. Therefore, the rela-
tionship of the EASM with the North Atlantic summer
SST tripole is sensitive to the meridional location of
the tripole on the interannual timescale.

The present analysis indicates that the tropical
component of the North Atlantic summer SST tripole
plays the key role in influencing the EASM. On the
other hand, SST changes in the tropical North At-
lantic are influenced strongly not only by the NAO,
but also by ENSO [Xie and Carton (2004), and refer-
ences therein]. Thus, a question arises as to whether
the results regarding the linkage between the North
Atlantic summer SST tripole and EASM are contam-
inated by the ENSO signals. As illustrated by Wu et
al. (2011), the relationship between the North Atlantic
spring SST tripole and the preceding winter ENSO is
significant in the 1980s and 1990s, but weak in the lat-
est decade. In this study, we found that the correlation
coefficient between the summer tripole SST index and
the preceding winter Nino3.4 SST was only −0.23 for
the period 1979–2011 (Fig. 1), which is not significant
at the 90% confidence level. In addition, the NAE
pattern that acts as a link between the North Atlantic
summer SST tripole and EASM was still robust after
removing the ENSO signals from the summer tripole
SST index and the atmospheric fields based on a linear
regression method using the winter-mean Nino3.4 SST
index (data not shown). Therefore, it appears that the
relationship between the North Atlantic summer SST
tripole and EASM is independent of ENSO during the
period analyzed in this study. Wu et al. (2011) sug-
gested that the North Atlantic SST tripole can have
an impact on Northeast China summer temperature,
independent of ENSO, which is in agreement with our
conclusions.

Previous numerical studies have suggested that
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SST anomalies in the extratropical North Atlantic
tend to have a considerable impact on atmospheric
circulation (Peng et al., 2003; Li, 2004). This raises
the possibility that extratropical SST anomalies cor-
responding to the North Atlantic summer SST tripole
may make a contribution to the linkage between the
tripole and the EASM, which is, however, hard to
identify by observational diagnosis due to the dom-
inant role of the atmosphere during the interannual
ocean–atmosphere interaction processes over this re-
gion. Though the numerical simulation by Watan-
abe and Kimoto (2000) revealed that the mid-latitude
SST anomaly corresponding to the North Atlantic SST
tripole has positive feedback on the anomalous atmo-
spheric circulation during winter, observational analy-
sis in this study indicated that its effect appears to be
relatively weak during summer. However, more stud-
ies are needed to identify the relative contribution of
the tropical and extratropical SST anomalies corre-
sponding to the North Atlantic summer SST tripole
by using climate models in which the atmospheric in-
trinsic variability could be well reproduced.
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  The Arctic Oscillation in the CMIP5 Models

1 Chinese Academy of Meteorological Sciences, Beijing 100081, China; 2 Laboratory for Climate Studies, National Climate Center,

China Meteorological Administration, Beijing 100081, China

Abstract: The temporal variability and spatial pattern of the Arctic Oscillation (AO) simulated in the historical

experiment of 26 coupled climate models participating in the Coupled Model Intercomparison Project Phase 5 (CMIP5)

were evaluated. Spectral analysis of the monthly AO time series indicates that 23 out of 26 of the CMIP5 models

exhibit no statistically significant spectral peak in the historical experiment, as seen in the observed time series. Also,

these models are able to reproduce the AO pattern in the sea level pressure anomaly field during boreal winter. But

the strength of AO pattern tends to be overestimated in all the models. The zonal-mean zonal wind anomalies associated

with the winter AO exhibit a dipole in latitude, which is only well reproduced by a few models. Most models show

significant biases in both strength and location of the meridional dipole in the zonal-mean zonal wind anomaly filed

associated with the winter AO. In considering the temporal variability as well as spatial structures in both horizontal

and vertical directions, the model MPI-ESM-P reproduces an AO pattern that more resembles the observation.

Key words:  Arctic Oscillation; model evaluation; coupled climate model; CMIP5

Zuo Jinqing1, 2, Li Weijing2, Ren Hongli2
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Table 1  Information of CMIP5 climate models

� 2==CMIP3�� !

Table 2  Information of CMIP3 climate models
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�� 

�� 

��

�� !
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��

��

��
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2.8�� 2.8�
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MPI-ESM-MR

MPI-ESM-P

MRI-CGCM3

NorESM1-M

NorESM1-ME

�� !"�� !"

��

��

��

��

��

��

�� 

��

��

��

��

��

��

��

��

��

��

��

��

2.5�� 2.0�

2.5�� 2.0�

3.75�� 2.5�

1.875�� 1.25�

1.875�� 1.25�

1.875�� 1.25�

2.0�� 1.5�

3.75�� 1.875�

2.5�� 1.25�

3.75�� 1.875�

1.4�� 1.4�

2.8�� 2.8�

2.8�� 2.8�

1.9�� 1.9�

1.875�� 1.875�

1.9�� 1.9�

1.1�� 1.1�

2.5�� 1.875�

2.5�� 1.875�

621



书书书

论文编目索引

１．陈丽娟，袁　媛，杨明珠，等．２０１３：海温异常对东亚夏季风影响机理的研究进展．应用气象学报，２４（５）：

５２１５３２．

２．达朝究，冯爱霞，龚志强，宋　健．２０１３：缓变下垫面对浅水方程的动力学订正．物理学报，６２（３）：０３９２０２，

２０１３３．

３．封国林，孙树鹏，赵俊虎，郑志海．２０１３：基于２００９年初长江中下游地区持续阴雨过程的１０—３０天延伸期

稳定分量的提取及配置分析．中国科学：地球科学，４３（５）：８３６８４７．

４．封国林，赵俊虎，支　蓉，等．２０１３：动力统计客观定量化汛期降水预测研究新进展．应用气象学报，２４

（６）：６５６６６５．

５．冯亚文，任国玉，刘志雨，吴吉东，张　雷．２０１３：长江上游降水变化及其对径流的影响．资源科学，３５（６）：

１２６８１２７６．

６．Ｇｅ，Ｂ．，Ｙ．Ｓｕｎ，Ｙ．Ｌｉｕ，Ｈ．Ｄｏｎｇ，Ｄ．Ｊｉ，Ｑ．Ｊｉａｎｇ，Ｊ．Ｌｉ，ａｎｄＺ．Ｗａｎｇ．２０１３：Ｎｉｔｒｏｇｅｎｄｉｏｘｉｄｅｍｅａｓｕｒｅ

ｍｅｎｔｂｙｃａｖｉｔｙａｔｔｅｎｕａｔｅｄｐｈａｓｅｓｈｉｆｔｓｐｅｃｔｒｏｓｃｏｐｙ（ＣＡＰＳ）ａｎｄｉｍｐｌｉｃａｔｉｏｎｓｉｎｏｚｏｎｅｐｒｏｄｕｃｔｉｏｎｅｆｆｉｃｉｅｎｃｙ

ａｎｄｎｉｔｒａｔｅｆｏｒｍａｔｉｏｎｉｎＢｅｉｊｉｎｇ，Ｃｈｉｎａ．犑狅狌狉狀犪犾狅犳犌犲狅狆犺狔狊犻犮犪犾犚犲狊犲犪狉犮犺：犃狋犿狅狊狆犺犲狉犲狊，１１８，１１１，ｄｏｉ：

１０．１００２／ｊｇｒｄ．５０７５７．

７．龚振淞，陈丽娟．２０１３：２０１０年西北太平洋与南海热带气旋活动异常的成因分析．气候与环境研究，１８（３）：

３４２３５２．

８．胡娅敏，覃志年，陈丽娟，等．２０１３：基于多时间尺度的回归集成预测模型．气象，３９（９）：１１８２１１８９．

９．贾小龙，陈丽娟，等．２０１３：利用海气耦合模式预测的大尺度环流进行热带气旋年频数的预测试验．热带气

象学报，２９（１）：３７４６．

１０．李　娇，任国玉，战云健．２０１３：浅谈极端气温事件研究中阈值确定方法．气象科技进展，ＤＯＩ：１０．３９６９／ｊ．

ｉｓｓｎ．２０９５１９７３．２０１３．０５．００６．

１１．李维京，李　怡，陈丽娟，赵振国．２０１３：我国冬季气温与影响因子关系的年代际变化．应用气象学报，２４

（４）：３８５３９６．

１２．ＬｉｕＹ，ＦａｎＫ，ＹａｎＹＰ．２０１３：Ａｎｅｗｓｔａｔｉｓｔｉｃａｌｄｏｗｎｓｃａｌｉｎｇｓｃｈｅｍｅｆｏｒｐｒｅｄｉｃｔｉｎｇｗｉｎｔｅｒｐｒｅｃｉｐｉｔａｔｉｏｎｉｎ

Ｃｈｉｎａ．犃狋犿狅狊狆犺犲狉犻犮犪狀犱犗犮犲犪狀犻犮犛犮犻犲狀犮犲犔犲狋狋犲狉狊，６：３３２３３６，ｄｏｉ：１０．３８７８／ｊ．ｉｓｓｎ．１６７４２８３４．１３．０００８．

１３．刘　颖，范　可，张　颖．２０１３：基于ＣＦＳ模式的中国站点夏季降水统计降尺度预测．大气科学，３７（６）：

１２８７１２９６，ｄｏｉ：１０．３８７８／ｊ．ｉｓｓｎ．１００６９８９５．２０１２．１２１４３．

１４．刘玉莲，任国玉，于宏敏，康恒元．２０１３：我国强降雪气候特征及其变化．应用气象学报，２４（３）：３０４３１３．

１５．彭　杰，张　华，沈新勇．２０１３：东亚地区云垂直结构的ＣｌｏｕｄＳａｔ卫星观测研究．大气科学，３７（１）：９１

１００．

１６．覃志年，胡娅敏，陈丽娟．２０１３：广西夏季降水的多时间尺度特征及影响因子．应用气象学报，２４（５）：５６５

５７５．

１７．Ｒｅｎ，ＨｏｎｇＬｉ，ａｎｄＦｅｉＦｅｉＪｉｎ．２０１３：ＲｅｃｈａｒｇｅＯｓｃｉｌｌａｔｏｒＭｅｃｈａｎｉｓｍｓｉｎＴｗｏＴｙｐｅｓｏｆＥＮＳＯ．犑狅狌狉狀犪犾

狅犳犆犾犻犿犪狋犲，２６（１７），６５０６６５２３，ｄｏｉ：１０．１１７５／ＪＣＬＩＤ１２００６０１．１．

１８．Ｒｅｎ，ＨｏｎｇＬｉ，ＦｅｉＦｅｉＪｉｎ，ＭａｌｔｅＦ．Ｓｔｕｅｃｋｅｒ，ＲｕｉｈｕａｎｇＸｉｅ．２０１３：ＥＮＳＯｒｅｇｉｍｅｃｈａｎｇｅｓｉｎｃｅｔｈｅｌａｔｅ

Ⅰ



１９７０ｓａｓｍａｎｉｆｅｓｔｅｄｂｙｔｗｏｔｙｐｅｓｏｆＥＮＳＯ．犑狅狌狉狀犪犾狅犳狋犺犲犕犲狋犲狅狉狅犾狅犵犻犮犪犾犛狅犮犻犲狋狔狅犳犑犪狆犪狀，９１（６）：８３５

８４２，ＤＯＩ：１０．２１５１／ｊｍｓｊ．２０１３６０８．ｓ００７０４０１３０８９４０．

１９．沈志超，任国玉，李　娇，孙秀宝．２０１３：中国东北地区冬季气温变化特征及其与大气环流异常的关系．气

象与环境学报，２９（１）：４７５４．

２０．ＤｏｎｇＳＩａｎｄＹｉｈｕｉＤＩＮＧ．２０１３：ＤｅｃａｄａｌＣｈａｎｇｅｉｎｔｈｅＣｏｒｒｅｌａｔｉｏｎＰａｔｔｅｒｎｂｅｔｗｅｅｎｔｈｅＴｉｂｅｔａｎＰｌａｔｅａｕ

ＷｉｎｔｅｒＳｎｏｗａｎｄｔｈｅＥａｓｔＡｓｉａｎＳｕｍｍｅｒＰｒｅｃｉｐｉｔａｔｉｏｎｄｕｒｉｎｇ１９７９－２０１１．犑狅狌狉狀犪犾狅犳犆犾犻犿犪狋犲，２６：７６２２

７６３４．

２１．苏　涛，张世轩，支　蓉，陈丽娟．２０１３：江淮流域夏季降水对前冬持续时间长短的响应．物理学报，６２

（６）：ＤＯＩ：１０．７４９８／ａｐｓ．６２．０６９２０３．

２２．孙秀宝，任国玉，任芝花，沈志超．２０１３：风场变形误差对冬季降雪测量及其趋势估算的影响．气候与环境

研究，１８（２）：１７８１８６．

２３．孙　颖，尹　红，田沁花，等．２０１３：全球和中国区域近５０年气候变化检测归因研究进展．气候变化研究进

展，９（４）：２３５２４５．

２４．王东阡，周　兵，孙丞虎，等．２０１３：２０１２／２０１３年东亚冬季风活动特征及其可能成因分析．气象，３９（７）：

９３０９３７．

２５．ＷａｎｇＫ，ＦｅｎｇＧ，ｅｔａｌ．２０１３：Ａｎａｌｙｓｉｓｏｆｓｔａｂｌｅｃｏｍｐｏｎｅｎｔｓｉｎｅｘｔｅｎｄｅｄｒａｎｇｅｆｏｒｅｃａｓｔｆｏｒｔｈｅｃｏｍｉｎｇ１０

３０ｄａｙｓｉｎｗｉｎｔｅｒ２０１０ａｎｄ２０１１．犆犺犻狀犲狊犲犘犺狔狊犻犮狊犅，２２（１２）：１２９２０２．

２６．王小玲，丁一汇．２０１３：２０１０年夏季欧亚异常阻高演变过程及对天气气候的影响．气象，３９（９）：１０８９

１０９５．

２７．王晓娟，沈柏竹，龚志强，封国林．２０１３：中国冬季区域性极端低温事件分类及其与气候指数极端性的联

系．物理学报，６２（２２）：２２９２０１．

２８．ＺｈｉｌｉＷａｎｇ，ＨｕａＺｈａｎｇ，ｅｔａｌ．２０１３：Ｅｆｆｅｃｔｏｆｎｏｎｓｐｈｅｒｉｃａｌｄｕｓｔａｅｒｏｓｏｌｏｎｉｔｓｄｉｒｅｃｔｒａｄｉａｔｉｖｅｆｏｒｃｉｎｇ．

犃狋犿狅狊狆犺犲狉犻犮犚犲狊犲犪狉犮犺，１２０１２１：１１２１２６．

２９．ＺｈｉｌｉＷａｎｇ，ＨｕａＺｈａｎｇ，ｅｔａｌ．２０１３：Ｒａｄｉａｔｉｖｅｆｏｒｃｉｎｇａｎｄｃｌｉｍａｔｅｒｅｓｐｏｎｓｅｄｕｅｔｏｔｈｅｐｒｅｓｅｎｃｅｏｆｂｌａｃｋ

ｃａｒｂｏｎｉｎｃｌｏｕｄｄｒｏｐｌｅｔｓ．犑狅狌狉狀犪犾狅犳犌犲狅狆犺狔狊犻犮犪犾犚犲狊犲犪狉犮犺，１１８（９）：３６６２３６７５．

３０．吴焕萍，张永强，孙家民，邵鹏程．２０１３：气候信息交互显示与分析平台（ＣＩＰＡＳ）设计与实现．应用气象学

报，２４（５）：６３１６４０．

３１．吴　佳，高学杰．２０１３：一套格点化的中国区域逐日观测资料及与其它资料的对比．地球物理学报，５６（４）：

１１０２１１１１，ｄｏｉ：１０．６０３８／ｃｊｇ２０１３０４０６．

３２．Ｘｉｅ，Ｓ．Ｐ．，Ｂ．Ｌｕ（ｃｏｆｉｒｓｔａｕｔｈｏｒ），ａｎｄＢ．Ｘｉａｎｇ．２０１３：Ｓｉｍｉｌａｒｓｐａｔｉａｌｐａｔｔｅｒｎｓｏｆｃｌｉｍａｔｅｒｅｓｐｏｎｓｅｓｔｏ

ａｅｒｏｓｏｌａｎｄｇｒｅｅｎｈｏｕｓｅｇａｓｃｈａｎｇｅｓ．犖犪狋狌狉犲犌犲狅狊犮犻犲狀犮犲，６，８２８８３２．

３３．杨明珠，陈丽娟，宋文玲．２０１３：黑潮区海温对中国北方初霜冻日期的影响研究．气象，３９（９）：１１２５１１３２．

３４．Ｙａｎｇ，Ｐ．，Ｇ．Ｙ．Ｒｅｎ，Ｗ．Ｄ．Ｌｉｕ．２０１３：ＳｐａｔｉａｌａｎｄｔｅｍｐｏｒａｌｃｈａｒａｃｔｅｒｉｓｔｉｃｓｏｆＢｅｉｊｉｎｇｕｒｂａｎｈｅａｔｉｓｌａｎｄ

ｉｎｔｅｎｓｉｔｙ．犑狅狌狉狀犪犾狅犳犃狆狆犾犻犲犱犕犲狋犲狅狉狅犾狅犵狔犪狀犱犆犾犻犿犪狋狅犾狅犵狔，５２：１８０３１８１６，ＤＯＩ：１０．１１７５／ＪＡＭＣＤ１２

０１２５．１．

３５．ＱｉｎｇｌｏｎｇＹｏｕ，ＫｌａｕｓＦｒａｅｄｒｉｃｈ，ＪｉｎｚｈｏｎｇＭｉｎ，ＳｈｉｃｈａｎｇＫａｎｇ，ＸｉｕｈｕａＺｈｕ，ＧｕｏｙｕＲｅｎ，ｅｔａｌ．２０１３：

ＣａｎｔｅｍｐｅｒａｔｕｒｅｅｘｔｒｅｍｅｓｉｎＣｈｉｎａｂｅｃａｌｃｕｌａｔｅｄｆｒｏｍｒｅａｎａｌｙｓｉｓ？犌犾狅犫犪犾犪狀犱犘犾犪狀犲狋犪狉狔犆犺犪狀犵犲，１１１

（２０１３）２６８２７９．

Ⅱ



３６．ＱｉｎｇｌｏｎｇＹｏｕ，ＹａｎｇＪｉａｏ，ＨｏｕｂｏＬｉｎ，ＪｉｎｚｈｏｎｇＭｉｎ，ＳｈｉｃｈａｎｇＫａｎｇ，ＧｕｏｙｕＲｅｎ，ｅｔａｌ．２０１３：Ｃｏｍｐａｒｉ

ｓｏｎｏｆＮＣＥＰ／ＮＣＡＲａｎｄＥＲＡ４０ｔｏｔａｌｃｌｏｕｄｃｏｖｅｒｗｉｔｈｓｕｒｆａｃｅｏｂｓｅｒｖａｔｉｏｎｓｏｖｅｒｔｈｅＴｉｂｅｔａｎＰｌａｔｅａｕ．犐狀

狋犲狉犪狀狋犻狅狀犪犾犑狅狌狉狀犪犾狅犳犆犾犻犿犪狋狅犾狅犵狔，（２０１３）ＤＯＩ：１０．１００２／ｊｏｃ．３８５２．

３７．ＱｉｎｇｌｏｎｇＹｏｕ，ＡｒｔｕｒｏＳａｎｃｈｅｚＬｏｒｅｎｚｏ，ＭａｒｔｉｎＷｉｌｄ，ＤｏｒｉｓＦｏｌｉｎｉ，ＫｌａｕｓＦｒａｅｄｒｉｃｈ，ＧｕｏｙｕＲｅｎ，ｅｔａｌ．

２０１３：ＤｅｃａｄａｌｖａｒｉａｔｉｏｎｏｆｓｕｒｆａｃｅｓｏｌａｒｒａｄｉａｔｉｏｎｉｎｔｈｅＴｉｂｅｔａｎＰｌａｔｅａｕｆｒｏｍｏｂｓｅｒｖａｔｉｏｎｓ，ｒｅａｎａｌｙｓｉｓａｎｄ

ｍｏｄｅｌｓｉｍｕｌａｔｉｏｎｓ．犆犾犻犿犇狔狀，（２０１３）４０：２０７３２０８６，ＤＯＩ１０．１００７／ｓ００３８２０１２１３８３３．

３８．ＱｉｎｇｌｏｎｇＹｏｕ，ＫｌａｕｓＦｒａｅｄｒｉｃｈ，ＧｕｏｙｕＲｅｎ，ｅｔａｌ．２０１３：ＶａｒｉａｂｉｌｉｔｙｏｆｔｅｍｐｅｒａｔｕｒｅｉｎｔｈｅＴｉｂｅｔａｎＰｌａｔ

ｅａｕｂａｓｅｄｏｎｈｏｍｏｇｅｎｉｚｅｄｓｕｒｆａｃｅｓｔａｔｉｏｎｓａｎｄｒｅａｎａｌｙｓｉｓｄａｔａ．犐狀狋犲狉犪狀狋犻狅狀犪犾犑狅狌狉狀犪犾狅犳犆犾犻犿犪狋狅犾狅犵狔，３３：

１３３７１３４７，ＤＯＩ：１０．１００２／ｊｏｃ．３５１２．

３９．ＱｉｎｇｌｏｎｇＹｏｕ，ＧｕｏｙｕＲｅｎ，ＫｌａｕｓＦｒａｅｄｒｉｃｈ，ＳｈｉｃｈａｎｇＫａｎｇａ，ＹｕｙｕＲｅｎ，ｅｔａｌ．２０１３：Ｗｉｎｔｅｒｔｅｍｐｅｒａ

ｔｕｒｅｅｘｔｒｅｍｅｓｉｎＣｈｉｎａａｎｄｔｈｅｉｒｐｏｓｓｉｂｌｅｃａｕｓｅｓ．犐狀狋犲狉狀犪狋犻狅狀犪犾犑狅狌狉犪狀犾狅犳犆犾犻犿犪狋狅犾狅犵狔，３３：１４４４１４５５，

ＤＯＩ：１０．１００２／ｊｏｃ．３５２５．

４０．ＱｉｎｇｌｏｎｇＹｏｕ，ＫｌａｕｓＦｒａｅｄｒｉｃｈ，ＦｒａｎｋＳｉｅｌｍａｎｎ，ＪｉｎｚｈｏｎｇＭｉｎ，ＳｈｉｃｈａｎｇＫａｎｇ，ＺｈｅｎｍｉｎｇＪｉ，Ｘｉｕｈｕａ

Ｚｈｕ，ＧｕｏｙｕＲｅｎ．２０１３：ＰｒｅｓｅｎｔａｎｄｐｒｏｊｅｃｔｅｄｄｅｇｒｅｅｄａｙｓｉｎＣｈｉｎａｆｒｏｍｏｂｓｅｒｖａｔｉｏｎ，ｒｅａｎａｌｙｓｉｓａｎｄｓｉｍｕ

ｌａｔｉｏｎｓ．犆犾犻犿犇狔狀，ＤＯＩ：１０．１００７／ｓ００３８２０１３１９６００．

４１．于宏敏，任国玉，刘玉莲．２０１３：黑龙江省大气边界层不同高度风速变化．自然资源学报，２８（１０）：１７１８

１７３０．

４２．战云健，任国玉，任玉玉，等．２０１３：１９５１—２００９年东亚地区日降水趋势特征分析．气候与环境研究，１８

（６）：７６７７８０，ｄｏｉ：１０．３８７８／ｊ．ｉｓｓｎ．１００６９５８５．

４３．张本志，任国玉，张子曰，等．２０１３：北京中心商务区夏季近地面气温时空分布特征．气象与环境学报，２９

（５）：２６３４．

４４．Ｚｈａｎｇ，Ｈ．，Ｊｉｎｇ，Ｘ．ａｎｄＬｉ，Ｊ．２０１３：ＡｐｐｌｉｃａｔｉｏｎａｎｄｅｖａｌｕａｔｉｏｎｏｆＭｃＩＣＡｓｃｈｅｍｅｗｉｔｈｎｅｗｒａｄｉａｔｉｏｎ

ｃｏｄｅｉｎＢＣＣ＿ＡＧＣＭ２．０．１．Ｇｅｏｓｃｉ．犕狅犱犲犾犇犲狏犲犾狅狆犿犲狀狋犇犻狊犮狌狊狊犻狅狀狊，６，４９３３４９８２．

４５．ＺＨＡＮＧＨｕａ，ＰＥＮＧＪｉｅ，ＪＩＮＧＸｉａｎＷｅｎ，ＬＩＪｉａｎｇＮａｎ．２０１３：ＴｈｅｆｅａｔｕｒｅｓｏｆｃｌｏｕｄｏｖｅｒｌａｐｐｉｎｇｉｎＥａｓｔ

ｅｒｎＡｓｉａａｎｄｔｈｅｉｒｅｆｆｅｃｔｏｎｃｌｏｕｄｒａｄｉａｔｉｖｅｆｏｒｃｉｎｇ．犛犮犻犲狀犮犲犆犺犻狀犪犈犪狉狋犺犛犮犻犲狀犮犲狊，２０１３，５６（５）：７３７７４７．

４６．张　华，彭　杰，等．２０１３：东亚地区云的垂直重叠特性及其对云辐射强迫的影响．中国科学：地球科学，４３

（４）：５２３５３５．

４７．ＨｕａＺｈａｎｇ，ＱｉｎｇＹｉｎｅｔａｌ．２０１３：Ｉｎｆｌｕｅｎｃｅｏｆｃｈａｎｇｅｓｉｎｓｏｌａｒｒａｄｉａｔｉｏｎｏｎｃｈａｎｇｅｓｏｆｓｕｒｆａｃｅｔｅｍｐｅｒａｔｕｒｅ

ｉｎＣｈｉｎａ．犃犮狋犪犕犲狋犲狅狉狅犾狅犵犻犮犪犛犻狀犻犮犪，２７（１），８７９７，ｄｏｉ：１０．１００７／ｓ１３３５１０１３０１０９８．

４８．ＨｕａＺｈａｎｇ，ＲｕｏｙｕＺｈａｎｇ，ＧｕａｎｇｙｕＳｈｉ．２０１３：ＡｎｕｐｄａｔｅｄｅｓｔｉｍａｔｉｏｎｏｆｒａｄｉａｔｉｖｅｆｏｒｃｉｎｇｄｕｅｔｏＣＯ２ａｎｄ

ｉｔｓｅｆｆｅｃｔｏｎｇｌｏｂａｌｓｕｒｆａｃｅｔｅｍｐｅｒａｔｕｒｅｃｈａｎｇｅ．犃犱狏犪狀犮犲狊犻狀犃狋犿狅狊狆犺犲狉犻犮犛犮犻犲狀犮犲狊，３０（４）：１０１７１０２４．

４９．张　华，张若玉，何金海，等．２０１３：ＣＨ４ 和 Ｎ２Ｏ的辐射强迫与全球增温潜能．大气科学，３７（３）：７４５

７５４．

５０．Ｚｈａｎｇ，Ｌ．，Ｇ．Ｙ．Ｒｅｎ，Ｙ．Ｙ．Ｒｅｎ，Ａ．Ｙ．Ｚｈａｎｇ，Ｚ．Ｙ．Ｃｈｕ，Ｙ．Ｑ．Ｚｈｏｕ．２０１３：Ｅｆｆｅｃｔｏｆｄａｔａｈｏｍｏｇｅｎｉ

ｚａｔｉｏｎｏｎｅｓｔｉｍａｔｅｏｆｔｅｍｐｅｒａｔｕｒｅｔｒｅｎｄ：ａｃａｓｅｏｆＨｕａｉｒｏｕｓｔａｔｉｏｎｉｎＢｅｉｊｉｎｇＭｕｎｉｃｉｐａｌｉｔｙ．犜犺犲狅狉犃狆狆犾犆犾犻

犿犪狋狅犾，ＤＯＩ：１０．１００７／ｓ００７０４０１３０８９４０．

５１．张世轩，封国林，赵俊虎．２０１３：长江中下游地区暴雨“积成效应”．物理学报，６２（６）：０２９２０１．

５２．赵俊虎，杨　杰，龚志强，等．２０１３：欧亚中高纬阻塞高压关键区高度场动力统计跨季度预测实验．物理学

Ⅲ



报，６２（９）：０９９２０６．

５３．周　晨，张　华，王志立．２０１３：黑碳与非吸收性气溶胶的不同混合方式对其光学性质的影响．光学学报，

３３（８）：２７０２８１．

５４．ＺＨＯＵ Ｗｅｉ，ＣＨＥＮＧ ＹａｎＪｉｅ，ＷＡＮＧＳｕＪｕａｎ，ｅｔａｌ．２０１３：ＥｖａｌｕａｔｉｏｎａｎｄＰｒｅｐｒｏｃｅｓｓｏｆＣｈｉｎｅｓｅ

Ｆｅｎｇｙｕｎ３ＡＳｅａＳｕｒｆａｃｅＴｅｍｐｅｒａｔｕｒｅＥｘｐｅｒｉｍｅｎｔａｌＰｒｏｄｕｃｔｆｏｒＤａｔａＡｓｓｉｍｉｌａｔｉｏｎ．犃狋犿狅狊狆犺犲狉犻犮犪狀犱犗犮犲

犪狀犻犮犛犮犻犲狀犮犲犔犲狋狋犲狉狊，６（３）：１２８１３２．

５５．周　巍，王东晓，俎婷婷，等．２０１３：基于三层嵌套网格的珠江口冬季盐度层化的数值模拟．海洋与湖沼，

４４（３）：５４５５５６．

５６．竺夏英，陈丽娟，李　想．２０１３：２０１２年冬春季高原积雪异常对亚洲夏季风的影响．气象，３９（９）：１１１１

１１１８．

５７．ＺＵＯＪｉｎＱｉｎｇ，ＬＩＷｅｉＪｉｎｇ，ＲＥＮＨｏｎｇＬｉ．２０１３：ＲｅｐｒｅｓｅｎｔａｔｉｏｎｏｆｔｈｅＡｒｃｔｉｃＯｓｃｉｌｌａｔｉｏｎｉｎｔｈｅＣＭＩＰ５

Ｍｏｄｅｌｓ．犃犱狏犪狀犮犲狊犻狀犆犾犻犿犪狋犲犆犺犪狀犵犲犚犲狊犲犪狉犮犺，４（４）：２４２２４９．

５８．ＺｕｏＪｉｎｑｉｎｇ，ＬｉＷｅｉｊｉｎｇ，ＳｕｎＣｈｅｎｇｈｕ，ＸｕＬｉ，ａｎｄＲｅｎＨｏｎｇＬｉ．２０１３：ＩｍｐａｃｔｏｆｔｈｅＮｏｒｔｈＡｔｌａｎｔｉｃＳｅａ

ＳｕｒｆａｃｅＴｅｍｐｅｒａｔｕｒｅＴｒｉｐｏｌｅｏｎｔｈｅＥａｓｔＡｓｉａｎＳｕｍｍｅｒＭｏｎｓｏｏｎ．犃犱狏犪狀犮犲狊犻狀犃狋犿狅狊狆犺犲狉犻犮犛犮犻犲狀犮犲狊，３０

（４）：１１７３１１８６．

５９．左金清，李维京，任宏利．２０１３：ＣＭＩＰ５模式对北极涛动的模拟评估．气候变化研究进展，３９（３）：１５７１６４．

Ⅳ



LCS

(2013)

中 国 气 象 局 气 候 研 究 开 放 实 验 室

论文汇编

第 十 六 卷

气候研究开放实验室

LCS

气候研究开放实验室

论
文
汇
编

气

候

研

究

开

放

实

验

室

中    

国    

气    

象    

局

第
十
六
卷


	NRJJ.pdf
	ML.pdf
	1    2013_海温异常对东亚夏季风影响机理的研究进展.pdf
	2       缓变下垫面对浅水方程的动力学订正.pdf
	3     基于2009年初长江中下游地区持续阴雨过程_省略_10_30天延伸期稳定分量的提.pdf
	4    动力+统计客观定量化汛期降水预测研究新进展.pdf
	5     长江上游降水变化及其对径流的影响.pdf
	6    Nitrogen dioxide measurement by cavity...刘颖.pdf
	7     2013_2010年西北太平洋与南海热带气旋活动异常的成因分析.pdf
	8     hym.pdf
	9       2013_利用海气耦合模式预测的大尺度环流进行热带气旋年频数的预测试验.pdf
	10      李娇P020131113604182814013.pdf
	11      2013_我国冬季气温与影响因子关系的年代际变化.pdf
	12     A New Statistical Downscaling Scheme for Predicting Winter Precipitation in China刘颖.pdf
	13       基于CFS模式的中国站点夏季降水统计降尺度预测-刘颖.pdf
	14     我国强降雪气候特征及其变化.pdf
	15       彭杰-2013-东亚地区云垂直结构的CloudSat卫星观测研究.pdf
	16       2013_广西夏季降水的多时间尺度特征及影响因子.pdf
	17      Ren and Jin 2013-JC-Recharge Oscillator Mechanisms in Two Types of ENSO.pdf
	18     Ren Jin Stuecker Xie 2013-JMSJ-ENSO Regime Change since the Late 1970s as Manifested by Two Types of ENSO.pdf
	19      中国东北地区冬季气温变化特征及其大气环流异常的关系.pdf
	20       司东-Decadal Change in the Correlation Pattern between the Tibetan Plateau Winter Snow.pdf
	21      2013_江淮流域夏季降水对前冬持续时间长短的响应.pdf
	22     风场变形误差对冬季降雪测量及其趋势估算的影响.pdf
	23      尹红全球和中国区域近50年气候变化检测归因研究进展.pdf
	24    wdq.pdf
	25    Chinese Physics B.pdf
	1. Introduction
	2. Data and method
	2.1. Data
	2.2. Method

	3. Geopotential field and temperature field at 500 hPa in winter 2010
	3.1. Geopotential field at 500 hPa
	3.1.1. The 0=CV00.0433em0 analysis of truth field
	3.1.2. The CV analysis of climatological background field

	3.2. Temperature field at 500 hPa
	3.2.1. The CV analysis of truth field
	3.2.2. The CV analysis of climatological background field


	4. Geopotential field and temperature field at 500 hPa in winter 2011
	4.1. Geopotential field at 500 hPa
	4.1.1. The CV analysis of truth field
	4.1.2. The CV analysis of climatological background field

	4.2. Temperature field at 500 hPa
	4.2.1. The CV analysis of truth field
	4.2.2. The CV analysis of climatological background field


	5. Conclusion and discussion
	References

	26    wxl.pdf
	27      20131030_flow_toAuthor_Content_1002_473292.pdf
	28        Wang_2013_Effect of non-spherical dust aerosol on its direct radiative forcing.pdf
	Effect of non-spherical dust aerosol on its direct radiative forcing
	1. Introduction
	2. Model description and methods
	2.1. Basic model information
	2.2. Methods and experimental design

	3. Results
	3.1. Comparison between the optical properties of spherical and non-spherical dust particles
	3.2. Difference in IRF between non-spherical and spherical dust aerosols
	3.3. Difference in AF between non-spherical and spherical dust aerosols

	4. Conclusions
	Acknowledgements
	References


	29       Wangzhili_2013_JGR_Radiative forcing and climate response due to the presence of black carbon in cloud droplets.pdf
	30       气候信息交互显示与分析平台（CIPAS）设计与实现.pdf
	31     一套格点化的中国区域逐日观测资料及与其它资料的对比.pdf
	32       xie s p    ngeo1931-陆波.pdf
	Similar spatial patterns of climate responses to aerosol and greenhouse gas changes
	Methods
	Historical runs.
	Fixed SST runs.

	Figure 1 Radiative forcing and climate response.
	Figure 2 Climate response pattern.
	Figure 3 Mechanisms for ocean temperature pattern.
	Figure 4 Aerosol forcing and temperature response.
	References
	Acknowledgements
	Author contributions
	Additional information
	Competing financial interests

	33      ymz.pdf
	34     yang ping jamc-d-12-0125%2E1.pdf
	35     2013 Can temperature extremes in China be calculated from reanalysis.pdf
	Can temperature extremes in China be calculated from reanalysis?
	1. Introduction
	2. Data and methods
	2.1. Reanalysis data
	2.2. Observations
	2.3. Extreme indices and calculation

	3. Results
	3.1. Percentile-based indices (TX10, TN10, TX90, and TN90)
	3.2. Absolute indices (TXn, TXx, TNx, TNn, and DTR)
	3.3. Threshold indices (FD, ID, SU, and TR)
	3.4. Duration indices (GSL, CSU, CDF, CWDI, CWFI, HWDI, and HWFI)

	4. Discussion and conclusions
	Acknowledgments
	References


	36      2013 Comparison of NCEPNCAR and ERA-40 total cloud cover with surface observations over the Tibetan Plateau.pdf
	37       2013 Decadal variation of surface solar radiation in the Tibetan Plateau from observations reanalysis and model simulations.pdf
	Decadal variation of surface solar radiation in the Tibetan Plateau from observations, reanalysis and model simulations
	Abstract
	Introduction
	Data and methods
	Surface dataset
	NCEP/NCAR and ERA-40 reanalysis
	The ECHAM5-HAM model

	Methods
	Results
	Changes of all-sky and clear-sky SSR from observational data
	Changes of all-sky and clear-sky SSR from reanalysis data
	Changes of simulated all-sky and clear-sky ensemble SSR by ECHAM5-HAM

	Discussion and conclusions
	Acknowledgments
	References


	38      2013 Variablity of temperature in the Tibetan Plateau based on homogenized surface stations and reanalysis data.pdf
	39    2013 Winter temperature extremes in China and their possible causes.pdf
	40       2013+Present+and+projected+degree+days+in+China+from+observations_reanalysis+and+simulations.pdf
	Present and projected degree days in China from observation, reanalysis and simulations
	Abstract
	Introduction
	Data and methods
	Results: past and future changes of degree days
	Heating degree days (HDD)
	Cooling degree days (CDD)
	Number of degree days (NHDD and NCDD)
	Future changes

	Discussions and conclusion
	Acknowledgments
	References


	41       于宏敏2013-10-1718.pdf
	42       1951～2009年东亚地区日降水趋势特征分析.pdf
	43       北京中心商务区夏季近地面气温时空分布特征 (1).pdf
	44         Zhang_2013_GMDD_application and evaluation of McICA.pdf
	45        Zhang_2013_SCEC_The feature of cloud overlapping.pdf
	46     张华-2013-东亚地区云的垂直重叠特性及其对云辐射强迫的影响.pdf
	47        Zhang_2013_AMS_Influence of changes in solar radiatiion on changes of surface temperature in China.pdf
	48     Zhang_2013_AAS_An updated estimation of radiative forcing due to CO2.pdf
	49     张华_2013_CH4和 N2O 的辐射强迫与全球增温潜能.pdf
	50       zhanglei 10.1007_s00704-013-0894-0.pdf
	Effect of data homogenization on estimate of temperature trend: a case of Huairou station in Beijing Municipality
	Abstract
	Introduction
	Data and methods
	The results
	Detection and adjustment of data inhomogeneities
	Urban biases in adjusted and original data series

	Discussion
	Conclusions
	References


	51       长江中下游地区暴雨_积成效应_.pdf
	52      欧亚中高纬阻塞高压关键区高度场动力-统计跨季度预测实验.pdf
	53    周晨-2013-黑碳与非吸收性气溶胶的不同混合方式对其光学性质的影响.pdf
	54       ZHOU Wei-Chenlijuan published.pdf
	55       基于三层嵌套网格的珠江口冬季盐度层化的数值模拟_周巍.pdf
	56    zxy.pdf
	57     2013 Representation of the Arctic Oscillation in the CMIP5 Models.pdf
	58     2013 Impact of the North Atlantic Sea Surface Temperature Tripole on the East Asian Summer Monsoon.pdf
	59     左金清2013 CMIP5模式对北极涛动的模拟评估.pdf
	P157.pdf
	P158.pdf
	P159.pdf
	P160.pdf
	P161.pdf
	P162.pdf
	P163.pdf
	P164.pdf
	P234.pdf

	Lwjsy.pdf


<<
  /ASCII85EncodePages false
  /AllowTransparency false
  /AutoPositionEPSFiles true
  /AutoRotatePages /All
  /Binding /Left
  /CalGrayProfile (None)
  /CalRGBProfile (ECI-RGB.icc)
  /CalCMYKProfile (Photoshop 5 Default CMYK)
  /sRGBProfile (sRGB IEC61966-2.1)
  /CannotEmbedFontPolicy /Warning
  /CompatibilityLevel 1.6
  /CompressObjects /Off
  /CompressPages true
  /ConvertImagesToIndexed true
  /PassThroughJPEGImages false
  /CreateJobTicket false
  /DefaultRenderingIntent /Default
  /DetectBlends true
  /DetectCurves 0.1000
  /ColorConversionStrategy /sRGB
  /DoThumbnails false
  /EmbedAllFonts true
  /EmbedOpenType false
  /ParseICCProfilesInComments true
  /EmbedJobOptions true
  /DSCReportingLevel 0
  /EmitDSCWarnings false
  /EndPage -1
  /ImageMemory 524288
  /LockDistillerParams false
  /MaxSubsetPct 100
  /Optimize true
  /OPM 1
  /ParseDSCComments true
  /ParseDSCCommentsForDocInfo true
  /PreserveCopyPage true
  /PreserveDICMYKValues true
  /PreserveEPSInfo false
  /PreserveFlatness false
  /PreserveHalftoneInfo false
  /PreserveOPIComments false
  /PreserveOverprintSettings true
  /StartPage 1
  /SubsetFonts true
  /TransferFunctionInfo /Preserve
  /UCRandBGInfo /Remove
  /UsePrologue false
  /ColorSettingsFile ()
  /AlwaysEmbed [ true
  ]
  /NeverEmbed [ true
    /Courier
    /Courier-Bold
    /Courier-BoldOblique
    /Courier-Oblique
    /Helvetica
    /Helvetica-Bold
    /Helvetica-BoldOblique
    /Helvetica-Oblique
    /Symbol
    /Times-Bold
    /Times-BoldItalic
    /Times-Italic
    /Times-Roman
    /ZapfDingbats
  ]
  /AntiAliasColorImages false
  /CropColorImages false
  /ColorImageMinResolution 300
  /ColorImageMinResolutionPolicy /OK
  /DownsampleColorImages true
  /ColorImageDownsampleType /Bicubic
  /ColorImageResolution 300
  /ColorImageDepth -1
  /ColorImageMinDownsampleDepth 1
  /ColorImageDownsampleThreshold 1.00000
  /EncodeColorImages true
  /ColorImageFilter /DCTEncode
  /AutoFilterColorImages true
  /ColorImageAutoFilterStrategy /JPEG
  /ColorACSImageDict <<
    /QFactor 0.76
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /ColorImageDict <<
    /QFactor 0.76
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /JPEG2000ColorACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 15
  >>
  /JPEG2000ColorImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 15
  >>
  /AntiAliasGrayImages false
  /CropGrayImages false
  /GrayImageMinResolution 300
  /GrayImageMinResolutionPolicy /OK
  /DownsampleGrayImages true
  /GrayImageDownsampleType /Bicubic
  /GrayImageResolution 300
  /GrayImageDepth -1
  /GrayImageMinDownsampleDepth 2
  /GrayImageDownsampleThreshold 1.00000
  /EncodeGrayImages true
  /GrayImageFilter /DCTEncode
  /AutoFilterGrayImages true
  /GrayImageAutoFilterStrategy /JPEG
  /GrayACSImageDict <<
    /QFactor 0.76
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /GrayImageDict <<
    /QFactor 0.76
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /JPEG2000GrayACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 15
  >>
  /JPEG2000GrayImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 15
  >>
  /AntiAliasMonoImages false
  /CropMonoImages false
  /MonoImageMinResolution 1200
  /MonoImageMinResolutionPolicy /OK
  /DownsampleMonoImages true
  /MonoImageDownsampleType /Bicubic
  /MonoImageResolution 400
  /MonoImageDepth -1
  /MonoImageDownsampleThreshold 1.00000
  /EncodeMonoImages true
  /MonoImageFilter /CCITTFaxEncode
  /MonoImageDict <<
    /K -1
  >>
  /AllowPSXObjects true
  /CheckCompliance [
    /None
  ]
  /PDFX1aCheck false
  /PDFX3Check false
  /PDFXCompliantPDFOnly false
  /PDFXNoTrimBoxError true
  /PDFXTrimBoxToMediaBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXSetBleedBoxToMediaBox true
  /PDFXBleedBoxToTrimBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXOutputIntentProfile ()
  /PDFXOutputConditionIdentifier ()
  /PDFXOutputCondition ()
  /PDFXRegistryName ()
  /PDFXTrapped /False

  /CreateJDFFile false
  /Description <<
    /ENU ()
  >>
  /Namespace [
    (Adobe)
    (Common)
    (1.0)
  ]
  /OtherNamespaces [
    <<
      /AsReaderSpreads false
      /CropImagesToFrames true
      /ErrorControl /WarnAndContinue
      /FlattenerIgnoreSpreadOverrides false
      /IncludeGuidesGrids false
      /IncludeNonPrinting false
      /IncludeSlug false
      /Namespace [
        (Adobe)
        (InDesign)
        (4.0)
      ]
      /OmitPlacedBitmaps false
      /OmitPlacedEPS false
      /OmitPlacedPDF false
      /SimulateOverprint /Legacy
    >>
    <<
      /AllowImageBreaks true
      /AllowTableBreaks true
      /ExpandPage false
      /HonorBaseURL true
      /HonorRolloverEffect false
      /IgnoreHTMLPageBreaks false
      /IncludeHeaderFooter false
      /MarginOffset [
        0
        0
        0
        0
      ]
      /MetadataAuthor ()
      /MetadataKeywords ()
      /MetadataSubject ()
      /MetadataTitle ()
      /MetricPageSize [
        0
        0
      ]
      /MetricUnit /inch
      /MobileCompatible 0
      /Namespace [
        (Adobe)
        (GoLive)
        (8.0)
      ]
      /OpenZoomToHTMLFontSize false
      /PageOrientation /Portrait
      /RemoveBackground false
      /ShrinkContent true
      /TreatColorsAs /MainMonitorColors
      /UseEmbeddedProfiles false
      /UseHTMLTitleAsMetadata true
    >>
    <<
      /AddBleedMarks false
      /AddColorBars false
      /AddCropMarks false
      /AddPageInfo false
      /AddRegMarks false
      /BleedOffset [
        0
        0
        0
        0
      ]
      /ConvertColors /ConvertToRGB
      /DestinationProfileName (sRGB IEC61966-2.1)
      /DestinationProfileSelector /UseName
      /Downsample16BitImages true
      /FlattenerPreset <<
        /PresetSelector /MediumResolution
      >>
      /FormElements true
      /GenerateStructure false
      /IncludeBookmarks false
      /IncludeHyperlinks false
      /IncludeInteractive false
      /IncludeLayers false
      /IncludeProfiles true
      /MarksOffset 6
      /MarksWeight 0.250000
      /MultimediaHandling /UseObjectSettings
      /Namespace [
        (Adobe)
        (CreativeSuite)
        (2.0)
      ]
      /PDFXOutputIntentProfileSelector /DocumentCMYK
      /PageMarksFile /RomanDefault
      /PreserveEditing true
      /UntaggedCMYKHandling /UseDocumentProfile
      /UntaggedRGBHandling /UseDocumentProfile
      /UseDocumentBleed false
    >>
  ]
>> setdistillerparams
<<
  /HWResolution [600 600]
  /PageSize [612.000 792.000]
>> setpagedevice



<<
  /ASCII85EncodePages false
  /AllowTransparency false
  /AutoPositionEPSFiles true
  /AutoRotatePages /All
  /Binding /Left
  /CalGrayProfile (Dot Gain 20%)
  /CalRGBProfile (sRGB IEC61966-2.1)
  /CalCMYKProfile (U.S. Web Coated \050SWOP\051 v2)
  /sRGBProfile (sRGB IEC61966-2.1)
  /CannotEmbedFontPolicy /Warning
  /CompatibilityLevel 1.4
  /CompressObjects /Tags
  /CompressPages true
  /ConvertImagesToIndexed true
  /PassThroughJPEGImages true
  /CreateJDFFile false
  /CreateJobTicket false
  /DefaultRenderingIntent /Default
  /DetectBlends true
  /DetectCurves 0.0000
  /ColorConversionStrategy /LeaveColorUnchanged
  /DoThumbnails false
  /EmbedAllFonts true
  /EmbedOpenType false
  /ParseICCProfilesInComments true
  /EmbedJobOptions true
  /DSCReportingLevel 0
  /EmitDSCWarnings false
  /EndPage -1
  /ImageMemory 1048576
  /LockDistillerParams false
  /MaxSubsetPct 100
  /Optimize true
  /OPM 1
  /ParseDSCComments true
  /ParseDSCCommentsForDocInfo true
  /PreserveCopyPage true
  /PreserveDICMYKValues true
  /PreserveEPSInfo true
  /PreserveFlatness true
  /PreserveHalftoneInfo false
  /PreserveOPIComments false
  /PreserveOverprintSettings true
  /StartPage 1
  /SubsetFonts true
  /TransferFunctionInfo /Apply
  /UCRandBGInfo /Preserve
  /UsePrologue false
  /ColorSettingsFile ()
  /AlwaysEmbed [ true
  ]
  /NeverEmbed [ true
  ]
  /AntiAliasColorImages false
  /CropColorImages true
  /ColorImageMinResolution 300
  /ColorImageMinResolutionPolicy /OK
  /DownsampleColorImages true
  /ColorImageDownsampleType /Bicubic
  /ColorImageResolution 300
  /ColorImageDepth -1
  /ColorImageMinDownsampleDepth 1
  /ColorImageDownsampleThreshold 1.50000
  /EncodeColorImages true
  /ColorImageFilter /DCTEncode
  /AutoFilterColorImages true
  /ColorImageAutoFilterStrategy /JPEG
  /ColorACSImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /ColorImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000ColorACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000ColorImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasGrayImages false
  /CropGrayImages true
  /GrayImageMinResolution 300
  /GrayImageMinResolutionPolicy /OK
  /DownsampleGrayImages true
  /GrayImageDownsampleType /Bicubic
  /GrayImageResolution 300
  /GrayImageDepth -1
  /GrayImageMinDownsampleDepth 2
  /GrayImageDownsampleThreshold 1.50000
  /EncodeGrayImages true
  /GrayImageFilter /DCTEncode
  /AutoFilterGrayImages true
  /GrayImageAutoFilterStrategy /JPEG
  /GrayACSImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /GrayImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000GrayACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000GrayImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasMonoImages false
  /CropMonoImages true
  /MonoImageMinResolution 1200
  /MonoImageMinResolutionPolicy /OK
  /DownsampleMonoImages true
  /MonoImageDownsampleType /Bicubic
  /MonoImageResolution 1200
  /MonoImageDepth -1
  /MonoImageDownsampleThreshold 1.50000
  /EncodeMonoImages true
  /MonoImageFilter /CCITTFaxEncode
  /MonoImageDict <<
    /K -1
  >>
  /AllowPSXObjects false
  /CheckCompliance [
    /None
  ]
  /PDFX1aCheck false
  /PDFX3Check false
  /PDFXCompliantPDFOnly false
  /PDFXNoTrimBoxError true
  /PDFXTrimBoxToMediaBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXSetBleedBoxToMediaBox true
  /PDFXBleedBoxToTrimBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXOutputIntentProfile ()
  /PDFXOutputConditionIdentifier ()
  /PDFXOutputCondition ()
  /PDFXRegistryName ()
  /PDFXTrapped /False

  /Description <<
    /CHS <FEFF4f7f75288fd94e9b8bbe5b9a521b5efa7684002000500044004600206587686353ef901a8fc7684c976262535370673a548c002000700072006f006f00660065007200208fdb884c9ad88d2891cf62535370300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200035002e003000204ee553ca66f49ad87248672c676562535f00521b5efa768400200050004400460020658768633002>
    /CHT <FEFF4f7f752890194e9b8a2d7f6e5efa7acb7684002000410064006f006200650020005000440046002065874ef653ef5728684c9762537088686a5f548c002000700072006f006f00660065007200204e0a73725f979ad854c18cea7684521753706548679c300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200035002e003000204ee553ca66f49ad87248672c4f86958b555f5df25efa7acb76840020005000440046002065874ef63002>
    /DAN <>
    /DEU <>
    /ESP <>
    /FRA <>
    /ITA <>
    /JPN <>
    /KOR <FEFFc7740020c124c815c7440020c0acc6a9d558c5ec0020b370c2a4d06cd0d10020d504b9b0d1300020bc0f0020ad50c815ae30c5d0c11c0020ace0d488c9c8b85c0020c778c1c4d560002000410064006f0062006500200050004400460020bb38c11cb97c0020c791c131d569b2c8b2e4002e0020c774b807ac8c0020c791c131b41c00200050004400460020bb38c11cb2940020004100630072006f0062006100740020bc0f002000410064006f00620065002000520065006100640065007200200035002e00300020c774c0c1c5d0c11c0020c5f40020c2180020c788c2b5b2c8b2e4002e>
    /NLD (Gebruik deze instellingen om Adobe PDF-documenten te maken voor kwaliteitsafdrukken op desktopprinters en proofers. De gemaakte PDF-documenten kunnen worden geopend met Acrobat en Adobe Reader 5.0 en hoger.)
    /NOR <>
    /PTB <>
    /SUO <>
    /SVE <>
    /ENU (Use these settings to create Adobe PDF documents for quality printing on desktop printers and proofers.  Created PDF documents can be opened with Acrobat and Adobe Reader 5.0 and later.)
  >>
  /Namespace [
    (Adobe)
    (Common)
    (1.0)
  ]
  /OtherNamespaces [
    <<
      /AsReaderSpreads false
      /CropImagesToFrames true
      /ErrorControl /WarnAndContinue
      /FlattenerIgnoreSpreadOverrides false
      /IncludeGuidesGrids false
      /IncludeNonPrinting false
      /IncludeSlug false
      /Namespace [
        (Adobe)
        (InDesign)
        (4.0)
      ]
      /OmitPlacedBitmaps false
      /OmitPlacedEPS false
      /OmitPlacedPDF false
      /SimulateOverprint /Legacy
    >>
    <<
      /AddBleedMarks false
      /AddColorBars false
      /AddCropMarks false
      /AddPageInfo false
      /AddRegMarks false
      /ConvertColors /NoConversion
      /DestinationProfileName ()
      /DestinationProfileSelector /NA
      /Downsample16BitImages true
      /FlattenerPreset <<
        /PresetSelector /MediumResolution
      >>
      /FormElements false
      /GenerateStructure true
      /IncludeBookmarks false
      /IncludeHyperlinks false
      /IncludeInteractive false
      /IncludeLayers false
      /IncludeProfiles true
      /MultimediaHandling /UseObjectSettings
      /Namespace [
        (Adobe)
        (CreativeSuite)
        (2.0)
      ]
      /PDFXOutputIntentProfileSelector /NA
      /PreserveEditing true
      /UntaggedCMYKHandling /LeaveUntagged
      /UntaggedRGBHandling /LeaveUntagged
      /UseDocumentBleed false
    >>
  ]
>> setdistillerparams
<<
  /HWResolution [2400 2400]
  /PageSize [612.000 792.000]
>> setpagedevice



<<
  /ASCII85EncodePages false
  /AllowTransparency false
  /AutoPositionEPSFiles true
  /AutoRotatePages /All
  /Binding /Left
  /CalGrayProfile (Gray Gamma 2.2)
  /CalRGBProfile (sRGB IEC61966-2.1)
  /CalCMYKProfile (Japan Color 2001 Coated)
  /sRGBProfile (sRGB IEC61966-2.1)
  /CannotEmbedFontPolicy /Warning
  /CompatibilityLevel 1.5
  /CompressObjects /Tags
  /CompressPages true
  /ConvertImagesToIndexed true
  /PassThroughJPEGImages false
  /CreateJDFFile false
  /CreateJobTicket false
  /DefaultRenderingIntent /Default
  /DetectBlends true
  /DetectCurves 0.1000
  /ColorConversionStrategy /LeaveColorUnchanged
  /DoThumbnails false
  /EmbedAllFonts true
  /EmbedOpenType false
  /ParseICCProfilesInComments true
  /EmbedJobOptions true
  /DSCReportingLevel 0
  /EmitDSCWarnings false
  /EndPage -1
  /ImageMemory 1048576
  /LockDistillerParams false
  /MaxSubsetPct 100
  /Optimize true
  /OPM 1
  /ParseDSCComments true
  /ParseDSCCommentsForDocInfo false
  /PreserveCopyPage true
  /PreserveDICMYKValues true
  /PreserveEPSInfo false
  /PreserveFlatness false
  /PreserveHalftoneInfo false
  /PreserveOPIComments false
  /PreserveOverprintSettings true
  /StartPage 1
  /SubsetFonts true
  /TransferFunctionInfo /Apply
  /UCRandBGInfo /Remove
  /UsePrologue false
  /ColorSettingsFile (None)
  /AlwaysEmbed [ true
  ]
  /NeverEmbed [ true
  ]
  /AntiAliasColorImages false
  /CropColorImages false
  /ColorImageMinResolution 100
  /ColorImageMinResolutionPolicy /OK
  /DownsampleColorImages true
  /ColorImageDownsampleType /Bicubic
  /ColorImageResolution 300
  /ColorImageDepth -1
  /ColorImageMinDownsampleDepth 1
  /ColorImageDownsampleThreshold 1.17000
  /EncodeColorImages true
  /ColorImageFilter /DCTEncode
  /AutoFilterColorImages true
  /ColorImageAutoFilterStrategy /JPEG
  /ColorACSImageDict <<
    /QFactor 1.30
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /ColorImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000ColorACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000ColorImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasGrayImages false
  /CropGrayImages false
  /GrayImageMinResolution 150
  /GrayImageMinResolutionPolicy /OK
  /DownsampleGrayImages true
  /GrayImageDownsampleType /Bicubic
  /GrayImageResolution 300
  /GrayImageDepth -1
  /GrayImageMinDownsampleDepth 2
  /GrayImageDownsampleThreshold 1.17000
  /EncodeGrayImages true
  /GrayImageFilter /DCTEncode
  /AutoFilterGrayImages true
  /GrayImageAutoFilterStrategy /JPEG
  /GrayACSImageDict <<
    /QFactor 1.30
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /GrayImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000GrayACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000GrayImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasMonoImages false
  /CropMonoImages false
  /MonoImageMinResolution 300
  /MonoImageMinResolutionPolicy /OK
  /DownsampleMonoImages true
  /MonoImageDownsampleType /Bicubic
  /MonoImageResolution 600
  /MonoImageDepth -1
  /MonoImageDownsampleThreshold 1.33333
  /EncodeMonoImages true
  /MonoImageFilter /CCITTFaxEncode
  /MonoImageDict <<
    /K -1
  >>
  /AllowPSXObjects true
  /CheckCompliance [
    /None
  ]
  /PDFX1aCheck false
  /PDFX3Check false
  /PDFXCompliantPDFOnly false
  /PDFXNoTrimBoxError true
  /PDFXTrimBoxToMediaBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXSetBleedBoxToMediaBox true
  /PDFXBleedBoxToTrimBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXOutputIntentProfile (Japan Color 2001 Coated)
  /PDFXOutputConditionIdentifier (JC200103)
  /PDFXOutputCondition ()
  /PDFXRegistryName (http://www.color.org)
  /PDFXTrapped /False

  /Description <<
>
    /BGR <>
    /CHS <FEFF4f7f75288fd94e9b8bbe5b9a521b5efa7684002000410064006f006200650020005000440046002065876863900275284e8e5c4f5e55663e793a3001901a8fc775355b5090ae4ef653d190014ee553ca901a8fc756e072797f5153d15e03300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200036002e003000204ee553ca66f49ad87248672c676562535f00521b5efa768400200050004400460020658768633002>
    /CHT <FEFF4f7f752890194e9b8a2d7f6e5efa7acb7684002000410064006f006200650020005000440046002065874ef69069752865bc87a25e55986f793a3001901a904e96fb5b5090f54ef650b390014ee553ca57287db2969b7db28def4e0a767c5e03300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200036002e003000204ee553ca66f49ad87248672c4f86958b555f5df25efa7acb76840020005000440046002065874ef63002>
    /CZE <>
    /DAN <>
    /DEU <>
    /ENU (Use these settings to create Adobe PDF documents best suited for on-screen display, e-mail, and the Internet.  Created PDF documents can be opened with Acrobat and Adobe Reader 6.0 and later.)
    /ESP <>
    /ETI <>
    /FRA <>
    /GRE <>
>
    /HRV <>
    /HUN <>
    /ITA <>
    /KOR <FEFFc7740020c124c815c7440020c0acc6a9d558c5ec0020d654ba740020d45cc2dc002c0020c804c7900020ba54c77c002c0020c778d130b137c5d00020ac00c7a50020c801d569d55c002000410064006f0062006500200050004400460020bb38c11cb97c0020c791c131d569b2c8b2e4002e0020c774b807ac8c0020c791c131b41c00200050004400460020bb38c11cb2940020004100630072006f0062006100740020bc0f002000410064006f00620065002000520065006100640065007200200036002e00300020c774c0c1c5d0c11c0020c5f40020c2180020c788c2b5b2c8b2e4002e>
    /LTH <>
    /LVI <>
    /NLD (Gebruik deze instellingen om Adobe PDF-documenten te maken die zijn geoptimaliseerd voor weergave op een beeldscherm, e-mail en internet. De gemaakte PDF-documenten kunnen worden geopend met Acrobat en Adobe Reader 6.0 en hoger.)
    /NOR <>
    /POL <>
    /PTB <>
    /RUM <>
    /RUS <>
    /SKY <>
    /SLV <>
    /SUO <>
    /SVE <>
    /TUR <>
    /UKR <>
    /JPN <>
  >>
  /Namespace [
    (Adobe)
    (Common)
    (1.0)
  ]
  /OtherNamespaces [
    <<
      /AsReaderSpreads false
      /CropImagesToFrames true
      /ErrorControl /WarnAndContinue
      /FlattenerIgnoreSpreadOverrides false
      /IncludeGuidesGrids false
      /IncludeNonPrinting false
      /IncludeSlug false
      /Namespace [
        (Adobe)
        (InDesign)
        (4.0)
      ]
      /OmitPlacedBitmaps false
      /OmitPlacedEPS false
      /OmitPlacedPDF false
      /SimulateOverprint /Legacy
    >>
    <<
      /AddBleedMarks false
      /AddColorBars false
      /AddCropMarks false
      /AddPageInfo false
      /AddRegMarks false
      /BleedOffset [
        0
        0
        0
        0
      ]
      /ConvertColors /ConvertToRGB
      /DestinationProfileName (Japan Color 2001 Coated)
      /DestinationProfileSelector /UseName
      /Downsample16BitImages true
      /FlattenerPreset <<
        /PresetSelector /MediumResolution
      >>
      /FormElements false
      /GenerateStructure false
      /IncludeBookmarks false
      /IncludeHyperlinks false
      /IncludeInteractive false
      /IncludeLayers false
      /IncludeProfiles true
      /MarksOffset 0
      /MarksWeight 0.283460
      /MultimediaHandling /UseObjectSettings
      /Namespace [
        (Adobe)
        (CreativeSuite)
        (2.0)
      ]
      /PDFXOutputIntentProfileSelector /UseName
      /PageMarksFile /JapaneseWithCircle
      /PreserveEditing false
      /UntaggedCMYKHandling /UseDocumentProfile
      /UntaggedRGBHandling /UseDocumentProfile
      /UseDocumentBleed true
    >>
    <<
      /AllowImageBreaks true
      /AllowTableBreaks true
      /ExpandPage false
      /HonorBaseURL true
      /HonorRolloverEffect false
      /IgnoreHTMLPageBreaks false
      /IncludeHeaderFooter false
      /MarginOffset [
        0
        0
        0
        0
      ]
      /MetadataAuthor ()
      /MetadataKeywords ()
      /MetadataSubject ()
      /MetadataTitle ()
      /MetricPageSize [
        0
        0
      ]
      /MetricUnit /inch
      /MobileCompatible 0
      /Namespace [
        (Adobe)
        (GoLive)
        (8.0)
      ]
      /OpenZoomToHTMLFontSize false
      /PageOrientation /Portrait
      /RemoveBackground false
      /ShrinkContent true
      /TreatColorsAs /MainMonitorColors
      /UseEmbeddedProfiles false
      /UseHTMLTitleAsMetadata true
    >>
  ]
>> setdistillerparams
<<
  /HWResolution [600 600]
  /PageSize [612.000 792.000]
>> setpagedevice



<<
  /ASCII85EncodePages false
  /AllowTransparency false
  /AutoPositionEPSFiles true
  /AutoRotatePages /All
  /Binding /Left
  /CalGrayProfile (None)
  /CalRGBProfile (ECI-RGB.icc)
  /CalCMYKProfile (Photoshop 5 Default CMYK)
  /sRGBProfile (sRGB IEC61966-2.1)
  /CannotEmbedFontPolicy /Warning
  /CompatibilityLevel 1.6
  /CompressObjects /Off
  /CompressPages true
  /ConvertImagesToIndexed true
  /PassThroughJPEGImages false
  /CreateJobTicket false
  /DefaultRenderingIntent /Default
  /DetectBlends true
  /DetectCurves 0.1000
  /ColorConversionStrategy /sRGB
  /DoThumbnails false
  /EmbedAllFonts true
  /EmbedOpenType false
  /ParseICCProfilesInComments true
  /EmbedJobOptions true
  /DSCReportingLevel 0
  /EmitDSCWarnings false
  /EndPage -1
  /ImageMemory 524288
  /LockDistillerParams false
  /MaxSubsetPct 100
  /Optimize true
  /OPM 1
  /ParseDSCComments true
  /ParseDSCCommentsForDocInfo true
  /PreserveCopyPage true
  /PreserveDICMYKValues true
  /PreserveEPSInfo false
  /PreserveFlatness false
  /PreserveHalftoneInfo false
  /PreserveOPIComments false
  /PreserveOverprintSettings true
  /StartPage 1
  /SubsetFonts true
  /TransferFunctionInfo /Preserve
  /UCRandBGInfo /Remove
  /UsePrologue false
  /ColorSettingsFile ()
  /AlwaysEmbed [ true
  ]
  /NeverEmbed [ true
    /Courier
    /Courier-Bold
    /Courier-BoldOblique
    /Courier-Oblique
    /Helvetica
    /Helvetica-Bold
    /Helvetica-BoldOblique
    /Helvetica-Oblique
    /Symbol
    /Times-Bold
    /Times-BoldItalic
    /Times-Italic
    /Times-Roman
    /ZapfDingbats
  ]
  /AntiAliasColorImages false
  /CropColorImages false
  /ColorImageMinResolution 300
  /ColorImageMinResolutionPolicy /OK
  /DownsampleColorImages true
  /ColorImageDownsampleType /Bicubic
  /ColorImageResolution 300
  /ColorImageDepth -1
  /ColorImageMinDownsampleDepth 1
  /ColorImageDownsampleThreshold 1.00000
  /EncodeColorImages true
  /ColorImageFilter /DCTEncode
  /AutoFilterColorImages true
  /ColorImageAutoFilterStrategy /JPEG
  /ColorACSImageDict <<
    /QFactor 0.76
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /ColorImageDict <<
    /QFactor 0.76
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /JPEG2000ColorACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 15
  >>
  /JPEG2000ColorImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 15
  >>
  /AntiAliasGrayImages false
  /CropGrayImages false
  /GrayImageMinResolution 300
  /GrayImageMinResolutionPolicy /OK
  /DownsampleGrayImages true
  /GrayImageDownsampleType /Bicubic
  /GrayImageResolution 300
  /GrayImageDepth -1
  /GrayImageMinDownsampleDepth 2
  /GrayImageDownsampleThreshold 1.00000
  /EncodeGrayImages true
  /GrayImageFilter /DCTEncode
  /AutoFilterGrayImages true
  /GrayImageAutoFilterStrategy /JPEG
  /GrayACSImageDict <<
    /QFactor 0.76
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /GrayImageDict <<
    /QFactor 0.76
    /HSamples [2 1 1 2] /VSamples [2 1 1 2]
  >>
  /JPEG2000GrayACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 15
  >>
  /JPEG2000GrayImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 15
  >>
  /AntiAliasMonoImages false
  /CropMonoImages false
  /MonoImageMinResolution 1200
  /MonoImageMinResolutionPolicy /OK
  /DownsampleMonoImages true
  /MonoImageDownsampleType /Bicubic
  /MonoImageResolution 400
  /MonoImageDepth -1
  /MonoImageDownsampleThreshold 1.00000
  /EncodeMonoImages true
  /MonoImageFilter /CCITTFaxEncode
  /MonoImageDict <<
    /K -1
  >>
  /AllowPSXObjects true
  /CheckCompliance [
    /None
  ]
  /PDFX1aCheck false
  /PDFX3Check false
  /PDFXCompliantPDFOnly false
  /PDFXNoTrimBoxError true
  /PDFXTrimBoxToMediaBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXSetBleedBoxToMediaBox true
  /PDFXBleedBoxToTrimBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXOutputIntentProfile ()
  /PDFXOutputConditionIdentifier ()
  /PDFXOutputCondition ()
  /PDFXRegistryName ()
  /PDFXTrapped /False

  /CreateJDFFile false
  /Description <<
    /ENU ()
  >>
  /Namespace [
    (Adobe)
    (Common)
    (1.0)
  ]
  /OtherNamespaces [
    <<
      /AsReaderSpreads false
      /CropImagesToFrames true
      /ErrorControl /WarnAndContinue
      /FlattenerIgnoreSpreadOverrides false
      /IncludeGuidesGrids false
      /IncludeNonPrinting false
      /IncludeSlug false
      /Namespace [
        (Adobe)
        (InDesign)
        (4.0)
      ]
      /OmitPlacedBitmaps false
      /OmitPlacedEPS false
      /OmitPlacedPDF false
      /SimulateOverprint /Legacy
    >>
    <<
      /AllowImageBreaks true
      /AllowTableBreaks true
      /ExpandPage false
      /HonorBaseURL true
      /HonorRolloverEffect false
      /IgnoreHTMLPageBreaks false
      /IncludeHeaderFooter false
      /MarginOffset [
        0
        0
        0
        0
      ]
      /MetadataAuthor ()
      /MetadataKeywords ()
      /MetadataSubject ()
      /MetadataTitle ()
      /MetricPageSize [
        0
        0
      ]
      /MetricUnit /inch
      /MobileCompatible 0
      /Namespace [
        (Adobe)
        (GoLive)
        (8.0)
      ]
      /OpenZoomToHTMLFontSize false
      /PageOrientation /Portrait
      /RemoveBackground false
      /ShrinkContent true
      /TreatColorsAs /MainMonitorColors
      /UseEmbeddedProfiles false
      /UseHTMLTitleAsMetadata true
    >>
    <<
      /AddBleedMarks false
      /AddColorBars false
      /AddCropMarks false
      /AddPageInfo false
      /AddRegMarks false
      /BleedOffset [
        0
        0
        0
        0
      ]
      /ConvertColors /ConvertToRGB
      /DestinationProfileName (sRGB IEC61966-2.1)
      /DestinationProfileSelector /UseName
      /Downsample16BitImages true
      /FlattenerPreset <<
        /PresetSelector /MediumResolution
      >>
      /FormElements true
      /GenerateStructure false
      /IncludeBookmarks false
      /IncludeHyperlinks false
      /IncludeInteractive false
      /IncludeLayers false
      /IncludeProfiles true
      /MarksOffset 6
      /MarksWeight 0.250000
      /MultimediaHandling /UseObjectSettings
      /Namespace [
        (Adobe)
        (CreativeSuite)
        (2.0)
      ]
      /PDFXOutputIntentProfileSelector /DocumentCMYK
      /PageMarksFile /RomanDefault
      /PreserveEditing true
      /UntaggedCMYKHandling /UseDocumentProfile
      /UntaggedRGBHandling /UseDocumentProfile
      /UseDocumentBleed false
    >>
  ]
>> setdistillerparams
<<
  /HWResolution [600 600]
  /PageSize [612.000 792.000]
>> setpagedevice



<<
  /ASCII85EncodePages false
  /AllowTransparency false
  /AutoPositionEPSFiles true
  /AutoRotatePages /All
  /Binding /Left
  /CalGrayProfile (Dot Gain 20%)
  /CalRGBProfile (sRGB IEC61966-2.1)
  /CalCMYKProfile (U.S. Web Coated \050SWOP\051 v2)
  /sRGBProfile (sRGB IEC61966-2.1)
  /CannotEmbedFontPolicy /Warning
  /CompatibilityLevel 1.4
  /CompressObjects /Tags
  /CompressPages true
  /ConvertImagesToIndexed true
  /PassThroughJPEGImages true
  /CreateJDFFile false
  /CreateJobTicket false
  /DefaultRenderingIntent /Default
  /DetectBlends true
  /DetectCurves 0.0000
  /ColorConversionStrategy /LeaveColorUnchanged
  /DoThumbnails false
  /EmbedAllFonts true
  /EmbedOpenType false
  /ParseICCProfilesInComments true
  /EmbedJobOptions true
  /DSCReportingLevel 0
  /EmitDSCWarnings false
  /EndPage -1
  /ImageMemory 1048576
  /LockDistillerParams false
  /MaxSubsetPct 100
  /Optimize true
  /OPM 1
  /ParseDSCComments true
  /ParseDSCCommentsForDocInfo true
  /PreserveCopyPage true
  /PreserveDICMYKValues true
  /PreserveEPSInfo true
  /PreserveFlatness true
  /PreserveHalftoneInfo false
  /PreserveOPIComments false
  /PreserveOverprintSettings true
  /StartPage 1
  /SubsetFonts true
  /TransferFunctionInfo /Apply
  /UCRandBGInfo /Remove
  /UsePrologue false
  /ColorSettingsFile ()
  /AlwaysEmbed [ true
  ]
  /NeverEmbed [ true
  ]
  /AntiAliasColorImages false
  /CropColorImages true
  /ColorImageMinResolution 300
  /ColorImageMinResolutionPolicy /OK
  /DownsampleColorImages true
  /ColorImageDownsampleType /Bicubic
  /ColorImageResolution 600
  /ColorImageDepth -1
  /ColorImageMinDownsampleDepth 1
  /ColorImageDownsampleThreshold 1.50000
  /EncodeColorImages true
  /ColorImageFilter /DCTEncode
  /AutoFilterColorImages true
  /ColorImageAutoFilterStrategy /JPEG
  /ColorACSImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /ColorImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000ColorACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000ColorImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasGrayImages false
  /CropGrayImages true
  /GrayImageMinResolution 300
  /GrayImageMinResolutionPolicy /OK
  /DownsampleGrayImages true
  /GrayImageDownsampleType /Bicubic
  /GrayImageResolution 600
  /GrayImageDepth -1
  /GrayImageMinDownsampleDepth 2
  /GrayImageDownsampleThreshold 1.50000
  /EncodeGrayImages true
  /GrayImageFilter /DCTEncode
  /AutoFilterGrayImages true
  /GrayImageAutoFilterStrategy /JPEG
  /GrayACSImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /GrayImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000GrayACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000GrayImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasMonoImages false
  /CropMonoImages true
  /MonoImageMinResolution 1200
  /MonoImageMinResolutionPolicy /OK
  /DownsampleMonoImages true
  /MonoImageDownsampleType /Bicubic
  /MonoImageResolution 1200
  /MonoImageDepth -1
  /MonoImageDownsampleThreshold 1.50000
  /EncodeMonoImages true
  /MonoImageFilter /CCITTFaxEncode
  /MonoImageDict <<
    /K -1
  >>
  /AllowPSXObjects false
  /CheckCompliance [
    /None
  ]
  /PDFX1aCheck false
  /PDFX3Check false
  /PDFXCompliantPDFOnly false
  /PDFXNoTrimBoxError true
  /PDFXTrimBoxToMediaBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXSetBleedBoxToMediaBox true
  /PDFXBleedBoxToTrimBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXOutputIntentProfile (None)
  /PDFXOutputConditionIdentifier ()
  /PDFXOutputCondition ()
  /PDFXRegistryName ()
  /PDFXTrapped /False

  /Description <<
    /CHT <FEFF4f7f752890194e9b8a2d7f6e5efa7acb7684002000410064006f006200650020005000440046002065874ef653ef5728684c9762537088686a5f548c002000700072006f006f00660065007200204e0a73725f979ad854c18cea7684521753706548679c300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200035002e003000204ee553ca66f49ad87248672c4f86958b555f5df25efa7acb76840020005000440046002065874ef63002>
    /DAN <>
    /DEU <>
    /ESP <>
    /FRA <>
    /ITA <>
    /JPN <>
    /KOR <FEFFc7740020c124c815c7440020c0acc6a9d558c5ec0020b370c2a4d06cd0d10020d504b9b0d1300020bc0f0020ad50c815ae30c5d0c11c0020ace0d488c9c8b85c0020c778c1c4d560002000410064006f0062006500200050004400460020bb38c11cb97c0020c791c131d569b2c8b2e4002e0020c774b807ac8c0020c791c131b41c00200050004400460020bb38c11cb2940020004100630072006f0062006100740020bc0f002000410064006f00620065002000520065006100640065007200200035002e00300020c774c0c1c5d0c11c0020c5f40020c2180020c788c2b5b2c8b2e4002e>
    /NLD (Gebruik deze instellingen om Adobe PDF-documenten te maken voor kwaliteitsafdrukken op desktopprinters en proofers. De gemaakte PDF-documenten kunnen worden geopend met Acrobat en Adobe Reader 5.0 en hoger.)
    /NOR <>
    /PTB <>
    /SUO <>
    /SVE <>
    /ENU (Use these settings to create Adobe PDF documents for quality printing on desktop printers and proofers.  Created PDF documents can be opened with Acrobat and Adobe Reader 5.0 and later.)
    /CHS <FEFF4f7f75288fd94e9b8bbe5b9a521b5efa7684002000500044004600206587686353ef901a8fc7684c976262535370673a548c002000700072006f006f00660065007200208fdb884c9ad88d2891cf62535370300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200035002e003000204ee553ca66f49ad87248672c676562535f00521b5efa768400200050004400460020658768633002>
  >>
  /Namespace [
    (Adobe)
    (Common)
    (1.0)
  ]
  /OtherNamespaces [
    <<
      /AsReaderSpreads false
      /CropImagesToFrames true
      /ErrorControl /WarnAndContinue
      /FlattenerIgnoreSpreadOverrides false
      /IncludeGuidesGrids false
      /IncludeNonPrinting false
      /IncludeSlug false
      /Namespace [
        (Adobe)
        (InDesign)
        (4.0)
      ]
      /OmitPlacedBitmaps false
      /OmitPlacedEPS false
      /OmitPlacedPDF false
      /SimulateOverprint /Legacy
    >>
    <<
      /AddBleedMarks false
      /AddColorBars false
      /AddCropMarks false
      /AddPageInfo false
      /AddRegMarks false
      /ConvertColors /NoConversion
      /DestinationProfileName ()
      /DestinationProfileSelector /NA
      /Downsample16BitImages true
      /FlattenerPreset <<
        /PresetSelector /MediumResolution
      >>
      /FormElements false
      /GenerateStructure true
      /IncludeBookmarks false
      /IncludeHyperlinks false
      /IncludeInteractive false
      /IncludeLayers false
      /IncludeProfiles true
      /MultimediaHandling /UseObjectSettings
      /Namespace [
        (Adobe)
        (CreativeSuite)
        (2.0)
      ]
      /PDFXOutputIntentProfileSelector /NA
      /PreserveEditing true
      /UntaggedCMYKHandling /LeaveUntagged
      /UntaggedRGBHandling /LeaveUntagged
      /UseDocumentBleed false
    >>
  ]
>> setdistillerparams
<<
  /HWResolution [2400 2400]
  /PageSize [595.276 841.890]
>> setpagedevice



<<
  /ASCII85EncodePages false
  /AllowTransparency false
  /AutoPositionEPSFiles true
  /AutoRotatePages /All
  /Binding /Left
  /CalGrayProfile (Dot Gain 20%)
  /CalRGBProfile (sRGB IEC61966-2.1)
  /CalCMYKProfile (U.S. Web Coated \050SWOP\051 v2)
  /sRGBProfile (sRGB IEC61966-2.1)
  /CannotEmbedFontPolicy /Warning
  /CompatibilityLevel 1.4
  /CompressObjects /Tags
  /CompressPages true
  /ConvertImagesToIndexed true
  /PassThroughJPEGImages true
  /CreateJDFFile false
  /CreateJobTicket false
  /DefaultRenderingIntent /Default
  /DetectBlends true
  /DetectCurves 0.0000
  /ColorConversionStrategy /LeaveColorUnchanged
  /DoThumbnails false
  /EmbedAllFonts true
  /EmbedOpenType false
  /ParseICCProfilesInComments true
  /EmbedJobOptions true
  /DSCReportingLevel 0
  /EmitDSCWarnings false
  /EndPage -1
  /ImageMemory 1048576
  /LockDistillerParams false
  /MaxSubsetPct 100
  /Optimize true
  /OPM 1
  /ParseDSCComments true
  /ParseDSCCommentsForDocInfo true
  /PreserveCopyPage true
  /PreserveDICMYKValues true
  /PreserveEPSInfo true
  /PreserveFlatness true
  /PreserveHalftoneInfo false
  /PreserveOPIComments false
  /PreserveOverprintSettings true
  /StartPage 1
  /SubsetFonts true
  /TransferFunctionInfo /Apply
  /UCRandBGInfo /Remove
  /UsePrologue false
  /ColorSettingsFile ()
  /AlwaysEmbed [ true
  ]
  /NeverEmbed [ true
  ]
  /AntiAliasColorImages false
  /CropColorImages true
  /ColorImageMinResolution 300
  /ColorImageMinResolutionPolicy /OK
  /DownsampleColorImages true
  /ColorImageDownsampleType /Bicubic
  /ColorImageResolution 600
  /ColorImageDepth -1
  /ColorImageMinDownsampleDepth 1
  /ColorImageDownsampleThreshold 1.50000
  /EncodeColorImages true
  /ColorImageFilter /DCTEncode
  /AutoFilterColorImages true
  /ColorImageAutoFilterStrategy /JPEG
  /ColorACSImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /ColorImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000ColorACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000ColorImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasGrayImages false
  /CropGrayImages true
  /GrayImageMinResolution 300
  /GrayImageMinResolutionPolicy /OK
  /DownsampleGrayImages true
  /GrayImageDownsampleType /Bicubic
  /GrayImageResolution 600
  /GrayImageDepth -1
  /GrayImageMinDownsampleDepth 2
  /GrayImageDownsampleThreshold 1.50000
  /EncodeGrayImages true
  /GrayImageFilter /DCTEncode
  /AutoFilterGrayImages true
  /GrayImageAutoFilterStrategy /JPEG
  /GrayACSImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /GrayImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000GrayACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000GrayImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasMonoImages false
  /CropMonoImages true
  /MonoImageMinResolution 1200
  /MonoImageMinResolutionPolicy /OK
  /DownsampleMonoImages true
  /MonoImageDownsampleType /Bicubic
  /MonoImageResolution 1200
  /MonoImageDepth -1
  /MonoImageDownsampleThreshold 1.50000
  /EncodeMonoImages true
  /MonoImageFilter /CCITTFaxEncode
  /MonoImageDict <<
    /K -1
  >>
  /AllowPSXObjects false
  /CheckCompliance [
    /None
  ]
  /PDFX1aCheck false
  /PDFX3Check false
  /PDFXCompliantPDFOnly false
  /PDFXNoTrimBoxError true
  /PDFXTrimBoxToMediaBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXSetBleedBoxToMediaBox true
  /PDFXBleedBoxToTrimBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXOutputIntentProfile (None)
  /PDFXOutputConditionIdentifier ()
  /PDFXOutputCondition ()
  /PDFXRegistryName ()
  /PDFXTrapped /False

  /Description <<
    /CHT <FEFF4f7f752890194e9b8a2d7f6e5efa7acb7684002000410064006f006200650020005000440046002065874ef653ef5728684c9762537088686a5f548c002000700072006f006f00660065007200204e0a73725f979ad854c18cea7684521753706548679c300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200035002e003000204ee553ca66f49ad87248672c4f86958b555f5df25efa7acb76840020005000440046002065874ef63002>
    /DAN <>
    /DEU <>
    /ESP <>
    /FRA <>
    /ITA <>
    /JPN <>
    /KOR <FEFFc7740020c124c815c7440020c0acc6a9d558c5ec0020b370c2a4d06cd0d10020d504b9b0d1300020bc0f0020ad50c815ae30c5d0c11c0020ace0d488c9c8b85c0020c778c1c4d560002000410064006f0062006500200050004400460020bb38c11cb97c0020c791c131d569b2c8b2e4002e0020c774b807ac8c0020c791c131b41c00200050004400460020bb38c11cb2940020004100630072006f0062006100740020bc0f002000410064006f00620065002000520065006100640065007200200035002e00300020c774c0c1c5d0c11c0020c5f40020c2180020c788c2b5b2c8b2e4002e>
    /NLD (Gebruik deze instellingen om Adobe PDF-documenten te maken voor kwaliteitsafdrukken op desktopprinters en proofers. De gemaakte PDF-documenten kunnen worden geopend met Acrobat en Adobe Reader 5.0 en hoger.)
    /NOR <>
    /PTB <>
    /SUO <>
    /SVE <>
    /ENU (Use these settings to create Adobe PDF documents for quality printing on desktop printers and proofers.  Created PDF documents can be opened with Acrobat and Adobe Reader 5.0 and later.)
    /CHS <FEFF4f7f75288fd94e9b8bbe5b9a521b5efa7684002000500044004600206587686353ef901a8fc7684c976262535370673a548c002000700072006f006f00660065007200208fdb884c9ad88d2891cf62535370300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200035002e003000204ee553ca66f49ad87248672c676562535f00521b5efa768400200050004400460020658768633002>
  >>
  /Namespace [
    (Adobe)
    (Common)
    (1.0)
  ]
  /OtherNamespaces [
    <<
      /AsReaderSpreads false
      /CropImagesToFrames true
      /ErrorControl /WarnAndContinue
      /FlattenerIgnoreSpreadOverrides false
      /IncludeGuidesGrids false
      /IncludeNonPrinting false
      /IncludeSlug false
      /Namespace [
        (Adobe)
        (InDesign)
        (4.0)
      ]
      /OmitPlacedBitmaps false
      /OmitPlacedEPS false
      /OmitPlacedPDF false
      /SimulateOverprint /Legacy
    >>
    <<
      /AddBleedMarks false
      /AddColorBars false
      /AddCropMarks false
      /AddPageInfo false
      /AddRegMarks false
      /ConvertColors /NoConversion
      /DestinationProfileName ()
      /DestinationProfileSelector /NA
      /Downsample16BitImages true
      /FlattenerPreset <<
        /PresetSelector /MediumResolution
      >>
      /FormElements false
      /GenerateStructure true
      /IncludeBookmarks false
      /IncludeHyperlinks false
      /IncludeInteractive false
      /IncludeLayers false
      /IncludeProfiles true
      /MultimediaHandling /UseObjectSettings
      /Namespace [
        (Adobe)
        (CreativeSuite)
        (2.0)
      ]
      /PDFXOutputIntentProfileSelector /NA
      /PreserveEditing true
      /UntaggedCMYKHandling /LeaveUntagged
      /UntaggedRGBHandling /LeaveUntagged
      /UseDocumentBleed false
    >>
  ]
>> setdistillerparams
<<
  /HWResolution [2400 2400]
  /PageSize [595.276 841.890]
>> setpagedevice



<<
  /ASCII85EncodePages false
  /AllowTransparency false
  /AutoPositionEPSFiles true
  /AutoRotatePages /All
  /Binding /Left
  /CalGrayProfile (Dot Gain 20%)
  /CalRGBProfile (sRGB IEC61966-2.1)
  /CalCMYKProfile (U.S. Web Coated \050SWOP\051 v2)
  /sRGBProfile (sRGB IEC61966-2.1)
  /CannotEmbedFontPolicy /Warning
  /CompatibilityLevel 1.4
  /CompressObjects /Tags
  /CompressPages true
  /ConvertImagesToIndexed true
  /PassThroughJPEGImages true
  /CreateJDFFile false
  /CreateJobTicket false
  /DefaultRenderingIntent /Default
  /DetectBlends true
  /DetectCurves 0.0000
  /ColorConversionStrategy /LeaveColorUnchanged
  /DoThumbnails false
  /EmbedAllFonts true
  /EmbedOpenType false
  /ParseICCProfilesInComments true
  /EmbedJobOptions true
  /DSCReportingLevel 0
  /EmitDSCWarnings false
  /EndPage -1
  /ImageMemory 1048576
  /LockDistillerParams false
  /MaxSubsetPct 100
  /Optimize true
  /OPM 1
  /ParseDSCComments true
  /ParseDSCCommentsForDocInfo true
  /PreserveCopyPage true
  /PreserveDICMYKValues true
  /PreserveEPSInfo true
  /PreserveFlatness true
  /PreserveHalftoneInfo false
  /PreserveOPIComments false
  /PreserveOverprintSettings true
  /StartPage 1
  /SubsetFonts true
  /TransferFunctionInfo /Apply
  /UCRandBGInfo /Remove
  /UsePrologue false
  /ColorSettingsFile ()
  /AlwaysEmbed [ true
  ]
  /NeverEmbed [ true
  ]
  /AntiAliasColorImages false
  /CropColorImages true
  /ColorImageMinResolution 300
  /ColorImageMinResolutionPolicy /OK
  /DownsampleColorImages true
  /ColorImageDownsampleType /Bicubic
  /ColorImageResolution 600
  /ColorImageDepth -1
  /ColorImageMinDownsampleDepth 1
  /ColorImageDownsampleThreshold 1.50000
  /EncodeColorImages true
  /ColorImageFilter /DCTEncode
  /AutoFilterColorImages true
  /ColorImageAutoFilterStrategy /JPEG
  /ColorACSImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /ColorImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000ColorACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000ColorImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasGrayImages false
  /CropGrayImages true
  /GrayImageMinResolution 300
  /GrayImageMinResolutionPolicy /OK
  /DownsampleGrayImages true
  /GrayImageDownsampleType /Bicubic
  /GrayImageResolution 600
  /GrayImageDepth -1
  /GrayImageMinDownsampleDepth 2
  /GrayImageDownsampleThreshold 1.50000
  /EncodeGrayImages true
  /GrayImageFilter /DCTEncode
  /AutoFilterGrayImages true
  /GrayImageAutoFilterStrategy /JPEG
  /GrayACSImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /GrayImageDict <<
    /QFactor 0.15
    /HSamples [1 1 1 1] /VSamples [1 1 1 1]
  >>
  /JPEG2000GrayACSImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /JPEG2000GrayImageDict <<
    /TileWidth 256
    /TileHeight 256
    /Quality 30
  >>
  /AntiAliasMonoImages false
  /CropMonoImages true
  /MonoImageMinResolution 1200
  /MonoImageMinResolutionPolicy /OK
  /DownsampleMonoImages true
  /MonoImageDownsampleType /Bicubic
  /MonoImageResolution 1200
  /MonoImageDepth -1
  /MonoImageDownsampleThreshold 1.50000
  /EncodeMonoImages true
  /MonoImageFilter /CCITTFaxEncode
  /MonoImageDict <<
    /K -1
  >>
  /AllowPSXObjects false
  /CheckCompliance [
    /None
  ]
  /PDFX1aCheck false
  /PDFX3Check false
  /PDFXCompliantPDFOnly false
  /PDFXNoTrimBoxError true
  /PDFXTrimBoxToMediaBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXSetBleedBoxToMediaBox true
  /PDFXBleedBoxToTrimBoxOffset [
    0.00000
    0.00000
    0.00000
    0.00000
  ]
  /PDFXOutputIntentProfile (None)
  /PDFXOutputConditionIdentifier ()
  /PDFXOutputCondition ()
  /PDFXRegistryName ()
  /PDFXTrapped /False

  /Description <<
    /CHT <FEFF4f7f752890194e9b8a2d7f6e5efa7acb7684002000410064006f006200650020005000440046002065874ef653ef5728684c9762537088686a5f548c002000700072006f006f00660065007200204e0a73725f979ad854c18cea7684521753706548679c300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200035002e003000204ee553ca66f49ad87248672c4f86958b555f5df25efa7acb76840020005000440046002065874ef63002>
    /DAN <>
    /DEU <>
    /ESP <>
    /FRA <>
    /ITA <>
    /JPN <>
    /KOR <FEFFc7740020c124c815c7440020c0acc6a9d558c5ec0020b370c2a4d06cd0d10020d504b9b0d1300020bc0f0020ad50c815ae30c5d0c11c0020ace0d488c9c8b85c0020c778c1c4d560002000410064006f0062006500200050004400460020bb38c11cb97c0020c791c131d569b2c8b2e4002e0020c774b807ac8c0020c791c131b41c00200050004400460020bb38c11cb2940020004100630072006f0062006100740020bc0f002000410064006f00620065002000520065006100640065007200200035002e00300020c774c0c1c5d0c11c0020c5f40020c2180020c788c2b5b2c8b2e4002e>
    /NLD (Gebruik deze instellingen om Adobe PDF-documenten te maken voor kwaliteitsafdrukken op desktopprinters en proofers. De gemaakte PDF-documenten kunnen worden geopend met Acrobat en Adobe Reader 5.0 en hoger.)
    /NOR <>
    /PTB <>
    /SUO <>
    /SVE <>
    /ENU (Use these settings to create Adobe PDF documents for quality printing on desktop printers and proofers.  Created PDF documents can be opened with Acrobat and Adobe Reader 5.0 and later.)
    /CHS <FEFF4f7f75288fd94e9b8bbe5b9a521b5efa7684002000500044004600206587686353ef901a8fc7684c976262535370673a548c002000700072006f006f00660065007200208fdb884c9ad88d2891cf62535370300260a853ef4ee54f7f75280020004100630072006f0062006100740020548c002000410064006f00620065002000520065006100640065007200200035002e003000204ee553ca66f49ad87248672c676562535f00521b5efa768400200050004400460020658768633002>
  >>
  /Namespace [
    (Adobe)
    (Common)
    (1.0)
  ]
  /OtherNamespaces [
    <<
      /AsReaderSpreads false
      /CropImagesToFrames true
      /ErrorControl /WarnAndContinue
      /FlattenerIgnoreSpreadOverrides false
      /IncludeGuidesGrids false
      /IncludeNonPrinting false
      /IncludeSlug false
      /Namespace [
        (Adobe)
        (InDesign)
        (4.0)
      ]
      /OmitPlacedBitmaps false
      /OmitPlacedEPS false
      /OmitPlacedPDF false
      /SimulateOverprint /Legacy
    >>
    <<
      /AddBleedMarks false
      /AddColorBars false
      /AddCropMarks false
      /AddPageInfo false
      /AddRegMarks false
      /ConvertColors /NoConversion
      /DestinationProfileName ()
      /DestinationProfileSelector /NA
      /Downsample16BitImages true
      /FlattenerPreset <<
        /PresetSelector /MediumResolution
      >>
      /FormElements false
      /GenerateStructure true
      /IncludeBookmarks false
      /IncludeHyperlinks false
      /IncludeInteractive false
      /IncludeLayers false
      /IncludeProfiles true
      /MultimediaHandling /UseObjectSettings
      /Namespace [
        (Adobe)
        (CreativeSuite)
        (2.0)
      ]
      /PDFXOutputIntentProfileSelector /NA
      /PreserveEditing true
      /UntaggedCMYKHandling /LeaveUntagged
      /UntaggedRGBHandling /LeaveUntagged
      /UseDocumentBleed false
    >>
  ]
>> setdistillerparams
<<
  /HWResolution [2400 2400]
  /PageSize [595.276 841.890]
>> setpagedevice




